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a b s t r a c t
Recently, it has been shown that U–Th dated speleothems may provide a valuable archive of atmospheric
radiocarbon (14 C), but the reliability of these records is dependent upon the stability of the dead
carbon proportion (DCP) derived from the soil and bedrock. In order to assess climatic inﬂuences on
speleothem DCP, we have investigated DCP variability over the Holocene interval where atmospheric 14 C
is well known based on dendrochronologically dated tree rings by conducting 14 C measurements on
a U–Th dated stalagmite (HS4) from Heshang Cave, Hubei Province, China (30◦ 27 N, 110◦ 25 E; 294 m)
spanning 0.5–9.6 ka. We investigated climatic controls on DCP, and found that DCP in HS4 has an average
value over the Holocene of 10.3 ± 1.5%, with an average age offset from atmospheric radiocarbon of
875 ± 130 years, and displays a response to both precipitation increases and decreases. HS4 DCP increases
during the wetter mid-Holocene interval (∼5.5–7.1 ka), likely reﬂecting a shift to more closed-system
dissolution in response to increased soil moisture. DCP decreases during the 8.2 ka event, a time period
of dry conditions at Heshang Cave, though the lower amplitude of this shift indicates that DCP may be
less sensitive to dry events. Speleothems are potentially valuable archives of atmospheric radiocarbon,
especially in older portions of the 14 C calibration curve where knowledge of atmospheric 14 C is limited,
however minor climatic inﬂuences on DCP could introduce uncertainties of several hundred years to
calibrated ages.
© 2014 Elsevier B.V. All rights reserved.

1. Introduction
1.1. Calibration of atmospheric radiocarbon
In order to study the causes and effects of past changes in
Earth’s climate, precise and accurate chronologies and chronometers are key. Many paleoclimate proxy records rely on measurements of the concentration of radiocarbon (14 C) in calcite (CaCO3 )
or organic matter for construction of their calendar age chronologies. However, radiocarbon-based geochronology, which is theoretically possible to at least 50 ka, is complicated by changing atmospheric concentrations of 14 C, which are controlled by: (1) nonconstant 14 C production rates in the upper atmosphere, which
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vary with geomagnetic ﬁeld intensity and solar variations over a
wide-range of timescales (Bard, 1998), and (2) changes in carbon
cycling which redistributes carbon, including 14 C, between ocean,
atmosphere, and biosphere reservoirs. In order to use 14 C as a
chronometer, and investigate changes in carbon cycling, the 14 C
timescale must be calibrated by reconstruction of records of atmospheric 14 C tied to robust independent chronologies.
Tree ring records of 14 C with calendar ages derived from dendrochronology are considered the most robust records of atmospheric 14 C because they directly incorporate atmospheric CO2
during photosynthesis and have a high-resolution independent
chronology. Tree ring records from central and northern Europe are
the basis of the most recent IntCal13 radiocarbon calibration curve
to 13.9 ka (Reimer et al., 2013). Before this point, regional climate
conditions were less hospitable to trees, and the tree ring records
are no longer the basis of 14 C calibration curves, although there are
some ﬂoating tree ring chronologies covering earlier intervals (e.g.
Turney et al., 2007; Muscheler et al., 2008; Kromer et al., 2004;
Hua et al., 2009; Hogg et al., 2013).
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The only true non-tree ring record of atmospheric 14 C extending beyond 13.9 ka is a record from Lake Suigetsu, Japan, which
is based on macrofossils paired with a varve counting chronology (Kitagawa and van der Plicht, 1998a, 1998b, 2000; Staff et al.,
2010; Bronk Ramsey et al., 2012) and covers the interval 0–52.8 ka.
The Lake Suigetsu record presented by Kitagawa and van der Plicht
(1998a, 1998b, 2000) showed signiﬁcant divergence from other
atmospheric radiocarbon reconstructions prior to ∼25 ka, which
was found to be due to errors in the calendar chronology because of incomplete core retrieval during sampling (Staff et al.,
2010). A new set of overlapping cores was taken and a new
high-resolution record with an improved chronology has been constructed, though the record displays large scatter in the 14 C ages
in the interval >28 ka due to small sample sizes, as well as large
uncertainty in the layer-counting age model (Bronk Ramsey et al.,
2012). Nonetheless, the Lake Suigetsu 14 C record provides a valuable “backbone” for the atmospheric 14 C record, which is reﬁned
by a variety of other 14 C records.
In the absence of true atmospheric records, the majority of calibration efforts have been focused on marine sediment records with
a constant correction applied to account for the marine reservoir
effect – the offset between the concentration of 14 C in the ocean
and the atmosphere. The use of marine records for calibration of
terrestrial radiocarbon dates is complicated by the potential for
climatically driven variations in marine reservoir age. It is well
known that large and rapid changes in climate occurred during the
deglacial period, which were likely associated with changes in the
Atlantic Meridional Overturning Circulation (McManus et al., 2004;
Vellinga and Wood, 2002). These climatic changes were accompanied by large variations in surface ocean 14 C (Broecker and Barker,
2007; Hughen et al., 2000), consistent with the idea that they involved major shifts in the carbon cycle, which would have had
large impacts on marine reservoir ages. Despite this complication,
the agreement between these reservoir corrected marine records
and the Lake Suigetsu record is very good to ∼28 ka. Before 28 ka
the divergence between records increases (Reimer et al., 2013), as
does the variance in the Lake Suigetsu record (Bronk Ramsey et al.,
2012), with differences between records on the order of thousands
of years, leading to high uncertainty in the atmospheric 14 C record
in the earlier intervals.
1.2. Speleothem-based records of atmospheric radiocarbon
Recently, there has been interest in using speleothems to create records for radiocarbon calibration, in part because they have
many features which may make them valuable sources of records
which resolve the calibration curve in older intervals (e.g. Beck
et al., 2001; Weyhenmeyer et al., 2003; Dorale et al., 2008;
McDermott et al., 2008; Hoffmann et al., 2010; Southon et al.,
2012). Speleothems hold some key advantages over ﬂoating tree
rings, varved chronologies, and marine records: (1) They can be
precisely and absolutely dated using U–Th methods (Richards and
Dorale, 2003); (2) Their fast growth rates, highly resolvable stratigraphy, and excellent preservation allow for often continuous highresolution 14 C measurement over the entire 14 C dating range; (3)
they are widely used for paleoclimate reconstruction (Fairchild et
al., 2006) so access to numerous U–Th dated samples is possible
and will allow for replication of records and direct comparison
with climate proxy data. There are, however, several complicating
factors affecting speleothem-based radiocarbon calibrations stemming from the way that speleothems are formed.
Formation of speleothem calcite is driven by CO2 degassing of
cave drip water that has accumulated carbon from the soil and
bedrock. Meteoric waters equilibrate with soil CO2 to form carbonic acid, which drives carbonate dissolution as drip water percolates through the limestone cave host bedrock. Consequently, 14 C
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in speleothem calcite is offset from contemporaneous atmospheric
14
C because a proportion of speleothem carbon comes from old
soil organic matter (SOM) and radiocarbon-free “dead carbon” from
the bedrock. To date, the offset between speleothem 14 C and contemporaneous atmospheric 14 C has been referred to in a variety of
different ways across the literature, often using the same acronym
to refer to different metrics, which has been a source of some
confusion. In this manuscript we will refer to the dead carbon proportion (DCP) as a percentage as deﬁned by Genty and Massault
(1997), but we also refer to the DCP as a “correction” or “offset”
with units of 14 C years.
Hendy (1971) considered two end member scenarios under
which dissolution of carbonate bedrock can occur: open and closed
system dissolution. In open-system dissolution, the solution dissolving the bedrock is continually in contact with soil CO2 , which
leads to speleothem 14 C compositions dominated by a soil CO2
signature, as isotopic equilibrium with soil C and the dissolved
inorganic carbon (DIC) pool is maintained during dissolution. In
closed system dissolution, dissolution of the bedrock takes place
in isolation from soil CO2 , leading to 14 C compositions shifted
towards a bedrock 14 C isotope signature. Therefore, completely
open-system dissolution, where soil CO2 14 C values are identical to atmospheric values would lead to an apparent DCP =
0%, whereas a completely closed-system dissolution wherein one
mole of carbonate is required to neutralize one mole of dissolved
CO2 would lead to a theoretical DCP = 50%. However, soil gas
14
CO2 is rarely equal to atmospheric 14 CO2 , because soil CO2 is
a mixture of atmospheric CO2 , root respiration, and CO2 from decomposition of aged SOM, leading to the potential for a DCP >
50%, and making a DCP = 0% unlikely. In natural systems, carbonate dissolution usually falls somewhere between the two end
member scenarios, with average DCP around 15 ± 5% (Genty et
al., 1999). Despite the potential for variable DCP to complicate
speleothem-based reconstructions of atmospheric 14 C, speleothem
radiocarbon records have been used to provide valuable constraints
on the calibration curve during intervals where true atmospheric
14
C data is limited (Beck et al., 2001; Hoffmann et al., 2010;
Southon et al., 2012).
The speleothem-based records of atmospheric 14 C that have
been included in IntCal13 are a record spanning 10.6–26.8 ka from
Hulu Cave, China (Southon et al., 2012), and a record spanning
11.1–44.1 from the Bahamas (Beck et al., 2001; Hoffmann et al.,
2010). These records were constructed using a trench-and-wall
sampling technique, where 14 C measurements on intact chips of
calcite from the walls are interleaved with U–Th measurements
on powder from drilled trenches, resulting in a robust and wellconstrained calendar chronology for the 14 C record. The record
from Hulu Cave, based on speleothem H82, has a very low and
stable DCP of 5.4 ± 0.7% (450 ± 50), calculated from the period of
overlap between H82 with the master tree ring records spanning
10.7–12.6 ka, which covers the Younger Dryas/Holocene transition
– a period of rapid climate change which is likely to have altered
cave hydrology (Southon et al., 2012). The Bahamas speleothem
record based on GB-89-24-1 spanning 11–45 ka was initially published in Beck et al. (2001) and showed extremely large variations
in 14 C in the interval 41–44 ka. These variations were found to be
an analytical artifact, and a new sampling of GB-89-24-1 covering
41–44 ka as well as a new record based on speleothem GB-89-25-3
spanning 28–44 ka and 11–15 ka to establish the DCP, was constructed by Hoffmann et al. (2010). GB-89-25-3 has a high DCP of
22.7 ± 5.9% (2075 ± 540), while GB-89-24-1 has a slightly lower
DCP of 16.5 ± 4.7% (1450 ± 470).
There has been some hesitation in using speleothems for 14 C
calibration, because of the potential for undetected variations in
DCP, as well as the large variations in DCP seen in the Bahamas speleothem records. However, even with this additional
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Fig. 1. Comparison of period of overlap between existing speleothem-based reconstructions of atmospheric 14 C H82 Hulu Cave (ﬁlled red circles), GB-89-24-1
Bahamas speleothem (open green circles), and GB-89-25-3 Bahamas speleothem
(ﬁlled blue circles) and tree ring records of atmospheric 14 C included in IntCal13
(black dashes). (For interpretation of the references to color in this ﬁgure legend,
the reader is referred to the web version of this article.)

uncertainty, the existing speleothem records of 14 C have been instrumental in improving our understanding of the history of the
carbon cycle through identifying past changes in ocean circulation, and marine reservoir age, and therefore improving the 14 C
calibration curve. Comparison between the Cariaco Basin record
and both the Hulu Cave speleothem and Bahamas speleothem
14
C records conﬁrmed that the marine reservoir age in Cariaco
Basin varied signiﬁcantly during Heinrich Stadial I (Southon et al.,
2012), which resulted in the removal of the Cariaco Basin 14 C
data during Heinrich Stadial I from IntCal13 (Reimer et al., 2013).
Additionally, while the new Lake Suigetsu core has an improved
varve counting chronology, complications inherent to varve counting based chronologies still limit the certainty of the calendar
chronology, especially in older sections. To address this, the drift
in the varve chronology was corrected for by comparison between
the Lake Suigetsu record and the U–Th based calendar chronology
of Hulu Cave H82 and Bahamas GB-89-25-3 speleothem records
(Bronk Ramsey et al., 2012), which resulted in major reductions
in the 1σ error of the Lake Suigetsu calendar chronology, ranging
from a factor of ∼2 at 13 ka to at least a factor of 10 at >30 ka.
The combination of true atmospheric 14 C measurements from Lake
Suigetsu with robust absolute U–Th based calendar chronology
from speleothems has resulted in signiﬁcant improvement in the
calibration curve.
Speleothem records of 14 C have proven to be valuable for
improving the calibration curve, but to be able to fully take
advantage of speleothems as records of atmospheric 14 C, improved understanding of the controls on dead carbon incorporation in speleothems must be developed. Reconstructions of 14 C
in speleothems over the interval where atmospheric 14 C is well
known from the tree ring record allows for precise constraint on
DCP variability and for investigation of the controls on variability in DCP. The Bahamas and Hulu 14 C records included in IntCal13
(Southon et al., 2012; Beck et al., 2001; Hoffmann et al., 2010) have
very short periods of overlap with the tree ring records (Fig. 1),
of only 2.8 ka in GB-89-24-1, 3.1 ka in GB-89-25-3, and 3.2 ka
in H82, which severely limits knowledge of the extent of variability of DCP in these records. To study the variation of DCP in
speleothem records over a wide range of climatic conditions and
over a range of timescales, we have created a stalagmite-based
record of Holocene 14 C, as the Holocene represents the interval
where atmospheric 14 C is best known based on dendrochronologically dated trees. This record, based on a Holocene stalagmite

referred to as HS4 from Heshang Cave in the Hubei Province of
China, is particularly well-suited for this study as it lies in the East
Asian Summer Monsoon (EASM) region, a location which has likely
experienced large changes in precipitation in response to changing Northern Hemisphere summer insolation (Wang et al., 2008;
Morrill et al., 2003; Hu et al., 2008) and abrupt events linked
to high-latitudes (Liu et al., 2013). Furthermore, as the HS4 stalagmite has been the subject of extensive paleoclimate research
(Johnson et al., 2006; Hu et al., 2008; Liu et al., 2013) and Heshang
Cave is the site of a long-term modern calibration study (Hu et
al., 2008), robust paleoclimate records are available for comparison
with the 14 C record. In this paper, we present a new speleothembased atmospheric 14 C record spanning 0.5–9.6 ka based on a total
of 8414 C measurements made on HS4 with a calendar age model
based on U–Th measurements from Hu et al. (2008) and Liu et al.
(2013). In addition, to investigate the DCP response to abrupt climate events, we present high-resolution 14 C measurements over
the 8.2 ka event, a time period characterized by very dry conditions at the cave site (Liu et al., 2013).
2. Study location and methods
Heshang Cave is located in the Hubei Provence of China
(30.44◦ N, 110.42◦ E), ∼100 km west of the city of Yichang in the
middle reaches of the Yangtze Valley. The cave is 250 m long,
roughly horizontal, well ventilated, and overlain with 400 m of
Cambrian dolomite. HS4 is a 2.5 m long annually-banded stalagmite that was actively forming when it was collected from
Heshang Cave in 2001. HS4 has previously been measured for δ 18 O
and δ 13 C at high resolution and an age model was constructed using 21 U–Th measurements and layer-counting (Hu et al., 2008).
The stalagmite has a high mean growth rate of 0.28 mm/yr.
The stalagmite was cut in half parallel to the growth axis and
the surface was polished to reveal laminations consisting of submm scale light and dark couplets, which have been shown to be
annual (Hu et al., 2008). HS4 calcite is milky, opaque, and porous,
with a fabric dominantly characterized as open columnar using
the terminology of Frisia and Borsato (2010). Fifty-four samples for
14
C analysis were taken as intact wafers of calcite using a “moatand-spall” technique, whereby a small trench is drilled around the
desired sample region using a 0.5 mm dental drill and the solid
wafer is then snapped off at its base. Similar sampling methods
have been employed in this study and previous studies (e.g. Beck
et al., 2001; Hoffmann et al., 2010; Southon et al., 2012) because
of concern that contamination of sample material by atmospheric
CO2 may occur, as shifts in isotopic values have been observed in
some carbonate samples collected as powder (e.g. Gill et al., 1995).
21 wafer samples were taken from the same depths as the original 21 U–Th dates and an additional 33 were interspersed along
the HS4 growth axis to give an average spacing of ∼1 sample every 4 cm. Wafers were subsequently crushed into smaller pieces to
achieve the desired mass of carbon for measurements – typically
12–14 mg of calcite for AMS 14 C measurements.
A recent study by Liu et al. (2013) of the 8.2 ka event in Heshang HS4 indicated a sharp decrease in precipitation over Heshang
Cave at that time based on δ 18 O, Mg/Ca, and annual layer thickness
evidence. To investigate how abrupt changes in precipitation affect
DCP, an additional 30 samples ranging from 3–7 mg were drilled
from this interval at 100 μm resolution with a New Wave Research
micromill and measured for 14 C. At this high resolution samples
must be drilled as powder, but the good agreement between these
powder samples and the samples drilled as wafers suggests that
there was no atmospheric contamination of these samples.
Carbonate samples for 14 C measurements drilled as chunks
were pretreated with a 30% leach by reaction with a measured volume of weak HCl to dissolve 30% of the sample mass while sam-

A.L. Noronha et al. / Earth and Planetary Science Letters 394 (2014) 20–29

ples drilled with powder were only leached 10%. All carbonate was
subsequently hydrolyzed in 85% H3 PO4 . Samples were graphitized
by iron catalyzed hydrogen reduction following standard protocols,
and geologic calcite samples were used as procedural blanks. All
radiocarbon measurements were made at University of California
Irvine on a NEC Compact (1.5 SDH) AMS system, using six aliquots
of Oxalic Acid I as the normalizing standard. Each mg-sized carbon
sample was measured multiple times (typically 8–15 runs) over a
24 h period.
Due to the aforementioned disparities in terminology used in
the literature to describe the offset between speleothem calcite
and contemporaneous atmospheric 14 C, we undertake a detailed
explanation of the metric we use in this paper, in hopes that perhaps a standard can be set in the literature. In this manuscript the
term referred to as the DCP is simply the percentage of old 14 Cfree “dead carbon” incorporated in the speleothem at the time of
formation. The percentage is calculated via the procedure of Genty
and Massault (1997):





DCP = 1 −

a14 Cinit

23

Table 1
OxCal Bayesian ages.
Distance from top
(cm)

Bayes max
(yrs BP)

Bayes min
(yrs BP)

Bayes age 1σ error
(yrs BP)

228
229
230.1
231
232
233
234
235
235.9
236.8

8024
8084
8147
8209
8266
8320
8373
8432
8498
8643

7844
7875
7909
7945
7984
8025
8066
8117
8166
8245

7934 ± 45
7979.5 ± 52
8028 ± 60
8077 ± 66
8125 ± 71
8172.5 ± 74
8219.5 ± 77
8274.5 ± 79
8332 ± 83
8444 ± 100



a14 Catm.init.

100%

(1)

where a14 Cinit , the initial activity of the calcite is:

a14 Cinit =

a14 Cmeas

(2)

e λt

and the atmospheric 14 C activity at the time the calcite precipitated, a14 Catm.init. , is obtained from the 14 C calibration curve at the
calendar age, λ is the decay constant of 14 C, using a 5730 a half
life, t is the calendar age of the sample in years, and a14 Cmeas is
the 14 C concentration measured in the stalagmite. All a14 C values
are in units of percent modern carbon (pMC). The error in DCP is
calculated from the error in the calibration curve, the error in the
stalagmite 14 C measurement, and the calendar chronology by:



σDCP =


 

a14 Cinit
a14 Catm.init.

σa14 Cinit
a14 Cinit

2


+

σa14 Catm.init.
a14 Catm.init.

2 
100%
(3)

where the error on the initial activity of the calcite (a14 Cinit ) is:



14

σa14 Cinit = a Cinit



σa14 Cmeas
a14 Cmeas

2
+ (λσt )2

(4)

When referring to the age offset in 14 C years that results from
incorporation of dead carbon, we refer to the DCP “correction”
or “offset”, which is a simple difference between the measured
speleothem 14 C and the contemporaneous atmospheric 14 C. The
error is found by propagating the uncertainty in both the calibration curve and the measured value. In these calculations, because
the calibration curve has 5-year resolution over the interval deﬁned by the tree rings in practice the atmospheric 14 C age used is
that of the nearest IntCal point.
U–Th ages published by Hu et al. (2008) and Liu et al. (2013)
are the basis of the calendar age model for HS4. Following the
methods of Liu et al. (2013), the age depth model derived from
the 9 U–Th dates covering the 8.2 ka event has been reﬁned by
the precise annual layer-counting ﬂoating age model for the 8.2 ka
event using the OxCal Bayesian software (Bronk Ramsey, 2008).
The OxCal analysis of the U–Th dates for the 8.2 ka event interval
was repeated in this study on the 9 U–Th dates with the addition
of the U–Th date from Hu et al. (2008) from 238 cm depth, because
of its proximity to the high-resolution U–Th dates and smaller uncertainty relative to the nine high-resolution U–Th dates from Liu
et al. (2013). The resulting Bayesian OxCal ages are shown in Table 1. The age model for the HS4 Holocene 14 C record was created

Fig. 2. Comparison of the HS4 14 C record (open blue circles) and the DCF corrected
HS4 14 C record (ﬁlled red circles) with IntCal13. (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web version of this
article.)

using the 10 Bayesian OxCal ages and the remaining 20 U–Th dates
from Hu et al. (2008), using the R statistical software program StalAge (Scholz and Hoffmann, 2011) which are shown in Table 2.
14
C results are shown in Table 2 as conventional radiocarbon ages
(Stuiver and Polach, 1977). Uncertainties are shown at 1σ and include contributions from background corrections, normalization to
standards, as well as counting statistics.
3. Results
The record spanning 0.5–9.6 ka is plotted in uncalibrated 14 C
years with IntCal13 in Fig. 2. The HS4 data shows reasonably constant offset from the IntCal13 record, but exhibits some interesting
non-random structure including, most prominently, a sharp decrease in 14 C age before 9.2 ka (250 cm stalagmite depth) that is
not seen in IntCal13. This sharp decrease in DCP before 9.2 ka, occurs concurrently with an increase in Mg/Ca, δ 18 O, δ 13 C and 238 U
(Supplementary Fig. 1) and is suggestive of mineralogical alteration of this lowest section of HS4 (see Supplementary Discussion).
Because of this anomalous shift in speleothem geochemistry, measurements below 250 cm were not included in the calculation of
the average DCP for the whole Holocene record. The mean DCP and
standard deviation were calculated from the difference between
each HS4 14 C measurement and equivalent IntCal13 points, giving a mean DCP of 10.3 ± 1.5% (DCP correction of 875 ± 130 14 C
years). HS4 DCP is higher than Hulu Cave H82’s DCP of 5.4 ± 0.7%
(Southon et al., 2012), but signiﬁcantly lower and less variable
than the DCP of both of the speleothem records from the Bahamas
(GB-89-25-3 = 22.7 ± 5.9%, GB-89-24-1 = 16.5 ± 4.7%) (Beck et al.,
2001; Hoffmann et al., 2010)
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Table 2
StalAge age model and radiocarbon measurements.
UCIAMS
#

Distance
from top
(cm)

StalAge
model
(yrs BP)

StalAge
1σ
error

Fraction
Modern

14 C
(h)

93 902
77 412
93 903
77 413
93 904
77 414
77 415
93 905
77 416
77 417
77 418
93 906
77 421
77 422
93 907
77 423
93 908
77 424
93 909
77 425
93 910
77 426
77 427
77 428
93 913
93 914
77 429
77 430
93 915
93 916
77 433
93 917
93 918
77 434
77 464
77 470
77 435
77 471
77 465
77 472
77 466
93 919
94 750
94 751
93 920
94 752
94 753
94 754
94 755
94 756
94 757
94 758
94 759
94 760
94 761
94 762
94 763
94 750
94 751
94 752
94 753
94 754
77 473
94 764
94 765
94 766
94 767
94 768
94 769
94 770
94 771
94 772
94 773

24.65
28.5
33
43
48.25
52.85
59
63.25
67
73
78.6
83.4
85.25
90.6
95.45
99.9
104.5
109
111.7
115
118.35
121.7
131.5
141.75
145.85
149.8
154
166
169.1
172.8
176.7
179
181.15
183.6
193.25
200.5
208.1
212.2
216.7
222
228
230.6
232.05
232.2
232.25
232.3
232.35
232.45
232.55
232.65
232.75
232.85
232.95
233.05
233.15
233.25
233.35
233.45
233.55
233.65
233.75
233.85
233.9
233.95
234.05
234.15
234.25
234.35
234.45
234.55
234.65
234.75
234.85

556
651
762
985
1113
1253
1456
1634
1779
2004
2211
2382
2447
2633
2799
2927
3077
3225
3315
3446
3754
3931
4195
4480
4632
4817
4989
5456
5629
5894
6162
6384
6560
6634
6911
7134
7365
7490
7629
7783
7951
8050
8123
8131
8134
8137
8140
8145
8150
8156
8161
8167
8172
8178
8183
8189
8194
8200
8205
8211
8217
8222
8225
8228
8234
8239
8245
8251
8257
8263
8269
8275
8281

58
49
47
94
50
25
45
48
39
27
17
23
24
21
31
35
23
27
81
178
152
26
11
34
54
57
23
29
37
91
31
92
63
36
23
75
61
68
59
95
33
20
26
26
27
27
27
28
28
28
29
29
29
30
30
30
30
30
30
30
30
30
30
30
30
30
29
29
29
29
29
29
29

0.8394 ± 0.0012
0.8182 ± 0.0011
0.8043 ± 0.0016
0.7908 ± 0.0012
0.7740 ± 0.0011
0.7696 ± 0.0011
0.7324 ± 0.0011
0.7258 ± 0.0019
0.7127 ± 0.0012
0.7046 ± 0.0010
0.6844 ± 0.0010
0.6836 ± 0.0009
0.6781 ± 0.0010
0.6532 ± 0.0011
0.6375 ± 0.0009
0.6287 ± 0.0009
0.6300 ± 0.0023
0.6242 ± 0.0010
0.6081 ± 0.0010
0.5973 ± 0.0009
0.5917 ± 0.0009
0.5798 ± 0.0009
0.5568 ± 0.0010
0.5513 ± 0.0011
0.5353 ± 0.0009
0.5361 ± 0.0008
0.5201 ± 0.0009
0.4915 ± 0.0014
0.4772 ± 0.0008
0.4616 ± 0.0008
0.4443 ± 0.0008
0.4318 ± 0.0007
0.4329 ± 0.0007
0.4270 ± 0.0008
0.4198 ± 0.0010
0.4062 ± 0.0010
0.4055 ± 0.0007
0.4011 ± 0.0010
0.3914 ± 0.0009
0.3760 ± 0.0010
0.3696 ± 0.0009
0.3709 ± 0.0006
0.3668 ± 0.0012
0.3719 ± 0.0016
0.3624 ± 0.0008
0.3663 ± 0.0012
0.3692 ± 0.0009
0.3680 ± 0.0009
0.3642 ± 0.0016
0.3627 ± 0.0015
0.3651 ± 0.0009
0.3669 ± 0.0009
0.3686 ± 0.0009
0.3684 ± 0.0008
0.3689 ± 0.0008
0.3654 ± 0.0008
0.3659 ± 0.0009
0.3667 ± 0.0008
0.3652 ± 0.0012
0.3638 ± 0.0009
0.3638 ± 0.0016
0.3613 ± 0.0009
0.3548 ± 0.0009
0.3584 ± 0.0009
0.3572 ± 0.0008
0.3549 ± 0.0008
0.3590 ± 0.0008
0.3598 ± 0.0008
0.3581 ± 0.0009
0.3589 ± 0.0009
0.3588 ± 0.0010
0.3565 ± 0.0009
0.3559 ± 0.0009

−102.2 ± 1.2
−114.8 ± 1.1
−118.1 ± 1.6
−109.2 ± 1.2
−114.4 ± 1.1
−104.5 ± 1.1
−126.5 ± 1.1
−115.5 ± 1.9
−116.2 ± 1.2
−102.2 ± 1.0
−105.8 ± 1.0
−88.1 ± 0.9
−88.3 ± 1.0
−101.7 ± 1.1
−105.7 ± 0.9
−104.3 ± 0.9
−85.9 ± 2.3
−78.0 ± 1.0
−92.0 ± 1.0
−93.8 ± 0.9
−68.2 ± 0.9
−67.2 ± 0.9
−75.1 ± 1.0
−52.1 ± 1.1
−62.5 ± 0.9
−39.9 ± 0.8
−49.0 ± 0.9
−49.1 ± 1.4
−57.2 ± 0.8
−58.2 ± 0.8
−63.7 ± 0.8
−65.3 ± 0.7
−42.7 ± 0.7
−47.3 ± 0.8
−31.4 ± 1.0
−37.4 ± 1.0
−11.8 ± 0.7
−7.6 ± 1.0
−15.1 ± 0.9
−36.0 ± 1.0
−33.0 ± 0.9
−17.9 ± 0.6
−20.1 ± 1.2
−5.5 ± 1.6
−30.5 ± 0.8
−19.9 ± 1.2
−11.9 ± 0.9
−14.3 ± 0.9
−23.7 ± 1.6
−27.2 ± 1.5
−20.2 ± 0.9
−14.6 ± 0.9
−9.4 ± 0.9
−9.3 ± 0.8
−7.4 ± 0.8
−16.2 ± 0.8
−14.2 ± 0.9
−11.3 ± 0.8
−14.6 ± 1.2
−17.8 ± 0.9
−17.1 ± 1.6
−23.3 ± 0.9
−40.3 ± 0.9
−30.5 ± 0.9
−33.0 ± 0.8
−38.5 ± 0.8
−26.8 ± 0.8
−23.8 ± 0.8
−27.8 ± 0.9
−24.9 ± 0.9
−24.3 ± 1.0
−30.1 ± 0.9
−30.9 ± 0.9

14
C age
(yrs BP)

14

C age DCF
corrected
(yrs BP)

DCP
(%)

1405 ± 15
1610 ± 15
1750 ± 20
1885 ± 15
2060 ± 15
2105 ± 15
2500 ± 15
2575 ± 25
2720 ± 15
2815 ± 15
3045 ± 15
3055 ± 15
3120 ± 15
3420 ± 15
3615 ± 15
3730 ± 15
3710 ± 30
3785 ± 15
3995 ± 15
4140 ± 15
4215 ± 15
4380 ± 15
4705 ± 15
4785 ± 20
5020 ± 15
5010 ± 15
5250 ± 15
5705 ± 25
5945 ± 15
6210 ± 15
6515 ± 15
6745 ± 15
6725 ± 15
6835 ± 15
6970 ± 20
7240 ± 20
7250 ± 15
7340 ± 25
7535 ± 20
7860 ± 25
7995 ± 25
7965 ± 15
8055 ± 30
7945 ± 35
8155 ± 20
8070 ± 30
8005 ± 20
8030 ± 20
8115 ± 35
8145 ± 35
8095 ± 20
8055 ± 20
8015 ± 25
8020 ± 20
8010 ± 20
8090 ± 20
8075 ± 25
8060 ± 20
8090 ± 30
8125 ± 20
8125 ± 40
8180 ± 20
8325 ± 20
8245 ± 25
8270 ± 20
8320 ± 20
8230 ± 20
8210 ± 20
8250 ± 20
8230 ± 20
8235 ± 25
8285 ± 20
8300 ± 20

530 ± 131
735 ± 131
875 ± 132
1010 ± 131
1185 ± 131
1230 ± 131
1625 ± 131
1700 ± 132
1845 ± 131
1940 ± 131
2170 ± 131
2180 ± 131
2245 ± 131
2545 ± 131
2740 ± 131
2855 ± 131
2835 ± 133
2910 ± 131
3120 ± 131
3265 ± 131
3340 ± 131
3505 ± 131
3830 ± 131
3910 ± 132
4145 ± 131
4135 ± 131
4375 ± 131
4830 ± 132
5070 ± 131
5335 ± 131
5640 ± 131
5870 ± 131
5850 ± 131
5960 ± 131
6095 ± 132
6365 ± 132
6375 ± 131
6465 ± 132
6660 ± 132
6985 ± 132
7120 ± 132
7090 ± 131
7180 ± 133
7070 ± 135
7280 ± 132
7195 ± 133
7130 ± 132
7155 ± 132
7240 ± 135
7270 ± 135
7220 ± 132
7180 ± 132
7140 ± 132
7145 ± 132
7135 ± 132
7215 ± 132
7200 ± 132
7185 ± 132
7215 ± 133
7250 ± 132
7250 ± 136
7305 ± 132
7450 ± 132
7370 ± 132
7395 ± 132
7445 ± 132
7355 ± 132
7335 ± 132
7375 ± 132
7355 ± 132
7360 ± 132
7410 ± 132
7425 ± 132

9.74 ± 0.66
11.37 ± 0.56
10.48 ± 0.56
9.19 ± 1.05
10.26 ± 0.58
9.86 ± 0.34
10.75 ± 0.52
9.73 ± 0.60
10.48 ± 0.48
8.82 ± 0.35
9.61 ± 0.29
7.49 ± 0.33
8.32 ± 0.33
10.91 ± 0.31
10.44 ± 0.39
10.69 ± 0.43
9.29 ± 0.45
9.08 ± 0.37
11.18 ± 0.90
10.83 ± 1.93
8.72 ± 1.69
8.83 ± 0.36
10.36 ± 0.23
9.14 ± 0.44
10.38 ± 0.62
9.88 ± 0.65
9.70 ± 0.33
11.90 ± 0.41
12.10 ± 0.44
13.05 ± 0.98
14.14 ± 0.39
13.70 ± 0.98
11.28 ± 0.71
12.19 ± 0.44
10.78 ± 0.36
12.80 ± 0.83
9.85 ± 0.71
8.78 ± 0.81
8.83 ± 0.71
10.87 ± 1.07
10.45 ± 0.46
8.22 ± 0.39
9.28 ± 0.45
7.97 ± 0.45
10.23 ± 0.40
9.25 ± 0.53
8.62 ± 0.45
9.00 ± 0.45
9.91 ± 0.45
10.16 ± 0.45
9.44 ± 0.60
8.80 ± 0.48
8.23 ± 0.45
7.91 ± 0.46
7.59 ± 0.46
8.31 ± 0.46
8.09 ± 0.48
7.76 ± 0.45
8.01 ± 0.46
8.27 ± 0.70
8.17 ± 0.46
8.75 ± 0.46
10.35 ± 0.44
9.50 ± 0.45
9.80 ± 0.44
10.41 ± 0.44
9.44 ± 0.44
9.21 ± 0.45
9.59 ± 0.43
9.68 ± 0.42
9.77 ± 0.43
10.35 ± 0.49
10.40 ± 0.42
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Table 2 (Continued)
UCIAMS
#

Distance
from top
(cm)

StalAge
model
(yrs BP)

StalAge
1σ
error

Fraction
Modern

14 C
(h)

94 774
94 775
94 776
94 777
94 778
94 779
77 468
93 926
93 927
77 469
93 928

234.95
236.2
237.7
239.85
242.3
244.85
247.75
249.9
252.35
254.05
255.4

8288
8371
8472
8609
8765
8927
9110
9246
9402
9509
9595

29
29
27
33
25
16
18
21
23
26
28

0.3582 ± 0.0012
0.3448 ± 0.0006
0.3406 ± 0.0035
0.3363 ± 0.0008
0.3353 ± 0.0006
0.3249 ± 0.0007
0.3276 ± 0.0008
0.3261 ± 0.0006
0.3379 ± 0.0008
0.3307 ± 0.0008
0.3318 ± 0.0036

−23.9 ± 1.2
−50.8 ± 0.6
−50.9 ± 3.5
−47.1 ± 0.8
−31.9 ± 0.6
−43.5 ± 0.7
−13.7 ± 0.8
−2.1 ± 0.6
53.8 ± 0.8
44.7 ± 0.8
58.9 ± 3.6

14

C age
(yrs BP)

14

C age DCF
corrected
(yrs BP)

DCP
(%)

8250 ± 30
8555 ± 15
8650 ± 90
8755 ± 20
8780 ± 15
9030 ± 20
8965 ± 20
9000 ± 20
8715 ± 20
8890 ± 25
8860 ± 90

7375 ± 133
7680 ± 131
7775 ± 158
7880 ± 132
7905 ± 131
8155 ± 132
8090 ± 132
8125 ± 132
7840 ± 132
8015 ± 132
7985 ± 158

9.78 ± 0.42
12.03 ± 0.38
11.13 ± 0.98
10.59 ± 0.46
9.98 ± 0.36
12.52 ± 0.32
9.45 ± 0.35
9.22 ± 0.40
4.78 ± 0.41
4.89 ± 0.43
2.36 ± 1.13

Fig. 3. Comparison of HS4 DCP (black) and precipitation at HS4 based on the δ 18 O record from Hu et al. (2008) (red). δ 18 O has been recalculated using HS4 on the
StalAge model presented in this text. Grey bars show the means of the regimes identiﬁed with the sequential t-test method (Rodionov, 2004). U–Th dates are shown at the
top of the ﬁgure. (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web version of this article.)

To assess whether non-random variability exists in the HS4
DCP record, a runs test utilizing the Matlab ‘runstest’ function
was conducted, which rejected the null hypothesis (Ho ) that the
DCP variability is entirely random (p < 0.0001). Even if the clearly
anomalous data prior to 9.2 ka is excluded, Ho can be rejected
at the 90% signiﬁcance level (p = 0.0982), suggesting that there
is likely some non-random structure to the DCP residuals during
other parts of the Holocene that may reﬂect minor inﬂuence of
climate or other factors on speleothem DCP. To objectively identify periods of distinct DCP, a sequential t-test method (Rodionov,
2004; cut-off length = 10, α = 0.05) was applied to identify statistically signiﬁcant shifts between one or more DCP regimes. To
avoid bias from the dense sampling around the 8.2 ka event, only
the low-resolution HS4 DCP data was included in the analysis. Results show four distinct regimes: 0.556–4.989 ka (mean DCP =
9.8%), 5.456–7.134 ka (mean DCP = 12.4%), 7.365–9.246 ka (mean
DCP = 10.2%), and 9.402–9.09 ka (mean DCP = 4.0%). The 8.2 ka
event is characterized by decreased DCP values, with a minimum
of 7.6% but this event is not recognized by the sequential t-test
method, even when the high-resolution data is included in the
analysis. Furthermore, z-scores were calculated for each DCP point.
During the mid-Holocene period of elevated DCP, the probability
of observing the two highest values, z = 2.52 and 2.28, is only
0.0058 and 0.0113 respectively, while during the 8.2 event, the
probability of observing the lowest DCP value observed is 0.1170.
Together, these results suggest that the elevated DCP observed during the mid-Holocene, from ∼5.5 to 7.1 ka, is unlikely to represent
random chance and instead may reﬂect a climatically driven shift
in speleothem DCP. The observed DCP decrease during the 8.2 ka
event, while it may also reﬂect a climatically driven shift, is less
clear than the mid-Holocene shift.

The rapid decrease in DCP from 10.9% to 7.5% between 2.6–
2.4 ka BP lags a peak at 2.7 ka in atmospheric 14 C caused by the
Homeric Solar Minimum, and is therefore most likely an artifact of
the fact that speleothem carbon is not directly sourced from atmospheric CO2 , but from soil CO2 . As was highlighted in Fohlmeister
et al. (2011a) because of the contribution of old SOM to soil CO2 ,
centennial scale events in atmospheric 14 C, like solar events, will
be smoothed in speleothem calcite and create apparent DCP excursions which are caused by comparing a smoothed record (the
speleothem) with a higher resolution record (IntCal13).
4. Discussion
4.1. Climatic inﬂuences on DCP during the mid-Holocene
Paleoclimate records indicate that the mid-Holocene was wetter and warmer in central China, suggesting that the increase
in DCP seen in HS4 during the mid-Holocene was climatically
or hydrologically driven. Through comparison of the δ 18 O record
from Heshang Cave with a similar record from speleothem DA
from Dongge Cave (25◦ 17 N, 108◦ 5 E, 680 m asl) (Wang et al.,
2005), 600 km SW and along the same moisture trajectory as
Heshang Cave, Hu et al. (2008) showed that annual rainfall in
Southwest China was higher than modern values between 8.2
and 3.0 ka, peaking at 8% above the modern value between 6.4
and 5 ka. The period of increased rainfall between 6.4 and 5 ka
represents the period of highest rainfall during the Holocene, indicating that the peak in DCP in this interval could be driven
by increased precipitation and/or soil moisture (Fig. 3). Several
modeling studies have conﬁrmed the presence of a strengthened
EASM during this interval. The Paleoclimate Modeling Intercomparison Project (PMIP) reported the results of 18 models that
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showed that ampliﬁcation of the northern hemispheric seasonal
cycle of insolation during the mid-Holocene, speciﬁcally at 6 ka,
caused a northward shift in monsoon precipitation (Joussaume
et al., 1999). A well-dated peat core from Dajiuhu Lake located
125 km north of Heshang Cave (at 31.49◦ N, 109.99◦ E, 1760 m),
has been studied extensively using a variety of paleoclimate proxies including pollen (Zhu et al., 2006, 2010; Chen et al., 2008;
Zhao and Chen, 2010), minerogenic matter (Zhu et al., 2010), total organic carbon (Ma et al., 2008), and degree of humiﬁcation
(Ma et al., 2009). All proxies from the Dajiuhu peat core show
the same general trend of gradually increasing summer monsoon
strength from the Late-glacial interval to 6 ka, with interruptions at
the Younger Dryas and 8.2 ka event. All proxies show the wettest,
warmest, most stable values occurring between ∼4.5–7.0, with an
abrupt shift to drier and colder conditions occurring ∼4.2–4.5 ka,
and pollen records indicating peak monsoon strength at 6 ka (Zhu
et al., 2010). The good agreement between the interval of highest
monsoon intensity in the Holocene as shown by the paleoclimate
records and the period of increased DCP in HS4 suggests a relationship between rainfall amount and DCP.
The change in DCP due to changing rainfall amount could be
caused by accelerating SOM decomposition rates, and therefore increasing mean age of soil gas CO2 , and/or changing open/closed
system dissolution. The mean DCP correction during the midHolocene period of increased DCP is 1065 years, while the mean
DCP corrections during the early-Holocene and late-Holocene are
845 years and 830 years respectively. If the mid-Holocene increase
in DCP was entirely due to increasing decomposition rate of old
SOM, and therefore increasing soil CO2 age, the mean age of soil
CO2 would have had to increase by ∼220 years for a period of
1.6 ka during the mid-Holocene. If we make the assumption that
SOM was at steady state during the early-Holocene, and no longer
at equilibrium during the mid-Holocene when decomposition of
the old SOM pools was greatly accelerated causing the mean age
of soil CO2 to increase by 220 years, we can do a simple mass balance calculation to estimate if it is possible for the mid-Holocene
increase in DCP to be caused predominately by an increase in the
mean age of soil CO2 .
SOM in tropical sites that have been studied using 14 C, which
may not be analogous to SOM in karst sites, show that ∼20% of the
SOM has a turnover time of <10 years, 60% has a turnover time
on the order of decades, and 20% has a turnover time of >6000
(Trumbore, 2000). For simplicity, in our mass balance calculations
we consider only two SOM pools, an annual pool, and a millennial pool, and assume that the mass of the contribution from the
annual pool stays constant between the steady state and the accelerated decomposition modes. Decomposition of a millennial pool
with a mean age of >5000 years would initially have to be occurring roughly 650 times faster than at steady state if the pool
accounted for 25% of the SOM, and 215 times faster if the pool accounted for 50% of the SOM to achieve the 220 year increase in
mean age of soil CO2 , and either case would result in the complete
consumption of the millennial pool on a timescale on the order
of decades – much less than necessary to explain the 1.6 ka long
period of increased DCP seen in HS4 at the mid-Holocene.
Moreover, barring a major disturbance event like tilling or ﬁre,
which would have effects that are much shorter in duration than
the mid-Holocene period of DCP increase, the decomposition rates
of old SOM required for increasing soil CO2 age to be the primary
cause of the increase in DCP seen at the mid-Holocene in HS4 are
diﬃcult to explain physically. The Q10 of SOM decomposition, the
increase in reaction rates given a 10 ◦ C increase in temperature,
is generally thought to be about 2 (Davidson and Janssens, 2006),
ruling out warming as the cause of the increase in SOM decomposition rates necessary to increase the mean age of soil CO2 by 220
years. The increase in precipitation known to have occurred during

the mid-Holocene at Heshang Cave would be expected to cause
a decrease in SOM decomposition because increased soil moisture
would limit oxygen diffusion in the soil, shifting decomposition towards a more anaerobic mode which is a slower process (Davidson
and Janssens, 2006). Additionally, observations of soil 14 CO2 show
that soil CO2 has a mean age of ∼1 year in tropical sites, ∼3 years
in temperate sites, and ∼16 years in boreal sites (Trumbore, 2000),
suggesting that soil CO2 mean ages on the order of hundreds of
years are unlikely in a sub-tropical site like Heshang Cave.
There has been some effort to understand how changing SOM
decomposition affects speleothem DCP (e.g. Genty and Massault,
1999; Fohlmeister et al., 2010, 2011a, 2011b; Griﬃths et al., 2012,
Rudzka et al., 2011; Rudzka-Phillips et al., 2013) most often using
a simple three-box soil carbon model and the shape of the atmospheric 14 C bomb peak in modern speleothems to estimate the
relative size and turnover times of three SOM pools. The models
employed in these studies require that the soil CO2 equilibrating with the soil water DIC have mean ages ranging from ∼40
to 500 years during the twentieth century (Rudzka-Phillips et al.,
2013), which appears to be at odds with the observations of soil
CO2 . This discrepancy between the age distribution of soil carbon
incorporated in DIC required by the shape of the bomb peak observed in speleothems, and the observations of soil CO2 ages is
a critical point in our understanding of the role of dead carbon
incorporation in speleothems. The discrepancy suggests that it is
very likely that processes in soils above karsts are unlike those in
sites where soil CO2 age has been studied to date, therefore limiting our ability to interpret the role of changing age of soil 14 CO2
on DCP in speleothems.
Given observations of the mean age of soil CO2 observed in
tropical sites (Trumbore, 2000), we tend to favor the explanation
that changes in the offset between speleothem calcite and contemporaneous atmospheric 14 C of centennial magnitude in observed in
the mid-Holocene in HS4 were driven by an increasing proportion
of the dripwater DIC derived from the bedrock – that is a more
closed system dissolution regime. A similar relationship between
rainfall amount and DCP as is observed in HS4 was observed in
a record based on an Indonesian speleothem, LR06-B1 from Liang
Luar Cave (8◦ 32 N, 120◦ 26 W) (Griﬃths et al., 2012). Griﬃths et al.
(2012) hypothesized that increased precipitation at the cave site
would increase saturation of the voids in the soil zone, thereby
limiting exchange between soil gas and soil moisture. Lower CO2
diffusion in the soil zone due to soil saturation would shift dissolution to a more closed system, increasing speleothem DCP by
increasing the relative proportion of carbon sourced from the
radiocarbon-free limestone host rock. Conversely, periods of decreased rainfall should lead to lower DCP as soil would be less
saturated, allowing for more CO2 diffusion, and would lead to more
open system dissolution. The increased DCP observed in HS4 during the mid-Holocene (∼5.5–7.1 ka) is consistent with this mechanism and indicates that increases in precipitation may in fact lead
to more closed system dissolution and a higher DCP.
4.2. Climatic inﬂuences on DCP during the 8.2 ka event
Hu et al. (2008) showed that the most pronounced dry event at
Heshang Cave occurred at 8.2 ka, when rainfall was ∼7% lower
than present. This interval was identiﬁed by Liu et al. (2013)
as having synchronous onset and similar duration to the 8.2 ka
event seen in the Greenland ice core record. HS4 δ 18 O, Mg/Ca,
and layer thickness data demonstrate that the 8.2 ka event at Heshang Cave was characterized by an abrupt decrease in precipitation
that lasted for 150 years. To investigate the effect of abrupt precipitation decreases on DCP, the 8.2 ka interval was sampled for
14
C at high resolution. These high-resolution 14 C measurements
show a rapid decrease in DCP to a minimum of 7.6% (Fig. 4),

A.L. Noronha et al. / Earth and Planetary Science Letters 394 (2014) 20–29

Fig. 4. Plot of DCP and δ 18 O in the interval deﬁned by the 8.2 ka event. Top panel
shows high-resolution measurements of DCP at 8.2 ka event as small open circles
and lower resolution measurements as larger open circles. Bottom panel shows
high-resolution δ 18 O measurements covering the 8.2 ka event (Liu et al., 2013)
without markers and lower resolution δ 18 O measurements in the interval (Hu et
al., 2008) shown with open circles. Both δ 18 O records are plotted on the StalAge
age model presented in this manuscript. U–Th ages deﬁning this interval, including
the 10 Bayesian OxCal corrected ages, are shown at the top of the ﬁgure.

but the interval is not signiﬁcantly different than the proceeding early Holocene DCP values as demonstrated by a sequential
t-test method (Rodionov, 2004). If the relationship between rainfall amount and DCP described by Griﬃths et al. (2012) controls
DCP in HS4, we might expect a more pronounced drop in DCP at
the 8.2 ka event. Under this mechanism, decreases in DCP during
periods of lower rainfall are driven by more open system dissolution because of increased exchange between soil CO2 and DIC
in soil moisture relative to the exchange that would occur in a
saturated soil zone. A possible explanation of the muted DCP response to the 8.2 ka dry event at Heshang Cave is that the relationship between closed-vs-open system dissolution and rainfall
amount may be non-linear. A completely closed system dissolution
regime would result in DCP of 50%, indicating that even during the
mid-Holocene when DCP reached a high of 14.1%, carbonate dissolution took place in a largely open system. There is likely a limit
to how much the lack of saturation of voids in the soil zone increases exchange between soil CO2 and soil moisture, i.e. once soil
reaches a speciﬁc level of dryness, the degree of open-system dissolution will be less sensitive to further decreases in soil moisture.
Moreover, even in a completely open system, where all speleothem
carbon is derived from soil CO2 , there will be some contribution
of 14 C-depleted carbon from aged SOM, putting a lower limit on
speleothem DCP. The lack of a signiﬁcant decrease in DCP in HS4
at the 8.2 ka event suggests that DCP in speleothems formed in
relatively open system regimes, i.e. speleothems with low average
DCP, may be less affected by dry events than by wet events.
Consistent with this hypothesis, DCP is remarkably stable in
Hulu Cave speleothem H82 throughout the Younger Dryas (YD)
climate event, which was likely a period of reduced EASM intensity (Wang et al., 2001; Yancheva et al., 2007). The Bahamas
speleothem GB-89-24-1 is also stable over the Younger Dryas interval, though GB-89-25-3, which has a much higher average DCP,
shows large ﬂuctuations in DCP at the YD suggesting that climate
did have an effect on DCP in some speleothems in the region
during the YD interval. Rudzka et al. (2011) produced records of
DCP over the YD interval in three stalagmites: So-1 from Sofular
Cave in northwestern Turkey (41◦ 25 N, 31◦ 56 E), stalagmite Candela from El Pindal Cave in northern Spain (43◦ 23 N, 4◦ 30 W),
and stalagmite GAR-01 from La Garma Cave in northern Spain
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(43◦ 24 N, 3◦ 39 W) which also show muted responses to the YD
in DCP. There is a decrease of 3.24 ± 2.27% (1σ ) in DCP in the
Turkish speleothem, So-1, between the two measurements bracketing the Bølling–Allerød/YD transition (from 9.58 ± 1.87% at 13.1 ka
to 6.34 ± 1.29% at 12.8 ka), but DCP rebounds to pre-YD values
by the next measurement at 12.4 ka. The two speleothems from
Northern Spain, Candela and GAR-01, are separated by only 70 km
but display very different responses to the YD climate event. Candela shows a largely stable DCP over the YD interval, with some
indication of a slight increasing trend in DCP. GAR-01 shows a decrease in DCP of 4.43 ± 1.77% (pre-YD maximum of 6.13 ± 1.15%
to a mean of 1.7 ± 1.72%) at the onset of the YD, but DCP rebounds to 5.42 ± 0.92% at 12.2 ka and drops back to a mean of
1.93 ± 1.34% for the remainder of the YD interval. Given the high
uncertainty, low resolution, and lack of knowledge of what the
range of variability is in DCP in GAR-01 over stable climate intervals, it is diﬃcult to assess whether the decreases in GAR-01 are
signiﬁcant. We interpret HS4, H82, GB-89-24-1, So-1 and Candela
as speleothems with low average DCP without pronounced drops
in DCP during dry events, lending support to the hypothesis that
DCP in some speleothems with low DCP may be somewhat less
sensitive to decreases in rainfall amount. However, many of these
records are limited in duration and do not span periods of precipitation increase so it is diﬃcult to discern with certainty whether
this asymmetric response of DCP to rainfall amount observed in
Heshang Cave exists in other speleothems, and more speleothem
records covering both stable climate intervals and abrupt climate
transitions need to be investigated to verify this hypothesis.
5. Conclusions
This new high-resolution record of 14 C from speleothem HS4
from Heshang Cave, China, contributes to the developing understanding of the controls on variability of dead carbon incorporation
in speleothems, which is critically important to our ability to use
speleothems as records of atmospheric 14 C. This record shows evidence of climatically controlled variation in DCP, with an increase
in DCP during the warmer and wetter mid-Holocene interval, and
a smaller shift towards lower DCP during the 8.2 ka dry event.
We suggest that the increase in precipitation during the midHolocene caused increased soil moisture, which limited diffusion
of soil CO2 and equilibration between soil moisture and soil CO2 ,
therefore shifting carbonate dissolution towards a more closed system regime and increasing DCP. The lower amplitude change in
DCP during the very dry 8.2 ka event suggests that there may be
an asymmetric response of speleothem DCP to rainfall amount. Development of other speleothem 14 C records that span both wet and
dry events is necessary to conﬁrm this mechanism, and continue
to develop understanding of the controls on variability in dead carbon incorporation in speleothems.
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