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ABSTRACT OF THE DISSERTATION 

 

High-Resolution Paleoceanography and Modeling of Abrupt Warming Events 
 on Greenhouse Earth 

 

by 

 

Sandra Kirtland Turner 

 

Doctor of Philosophy in Oceanography 

 

University of California, San Diego, 2012 

 

Professor Richard D. Norris, chair 

 

 In this dissertation I investigate the paleoceanography and 

paleoclimatology of greenhouse climates, with a focus on the preservation of 

abrupt warming events, or hyperthermals, in the sedimentary record. My 

research focuses on the integrative use of high-resolution datasets combined 

with data-model integration.  

 I begin by investigating patterns of global overturning circulation in the 

warm Paleocene epoch, a time when previous studies have suggested weak 



 

 xix 

deep-ocean aging gradients and sluggish circulation. Using a new benthic 

foraminiferal stable isotope dataset from the high-latitude South Pacific, I 

demonstrate that deep waters formed in the Southern Pacific (probably around 

the Ross Sea) at least intermittently during the Paleocene. I also suggest a 

number of distinct reorganizations of overturning during this epoch.  

 I continue by assessing the potential connections between a series of 

postulated hyperthermal events in the early-middle Eocene with the sequence of 

hyperthermals in the late Paleocene to early Eocene that bracket the Paleocene-

Eocene Thermal Maximum (~56 Ma). Through a detailed comparison of the 

structure of all the suggested events in this interval, I demonstrate the similarity 

of most events, with the PETM and the subsequent Elmo event ~2 Myr later 

appearing as outliers. I also use a new method for identifying whether events 

appear significantly different from background variability. Finally, I adapt a 

threshold model to suggest that a common mechanism is plausible for all events. 

 I extend my analysis of the multiple hyperthermal events of the Paleocene-

Eocene to synthesize records of all possible hyperthermal events from ~250 to 

~40 Ma. I primarily compare records of bulk carbonate carbon isotopes, but also 

assess other environmental consequences of each event. This study represents 

the first such synthesis of postulated hyperthermals. 

 Finally, I use the GENIE model to assess the degree to which an individual 

deep-sea sedimentary record records the magnitude of environmental 

perturbation represented by an early-middle Eocene hyperthermal. I develop a 
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method to ʻbackʼ out the true excursion size by utilizing the sedimentary model in 

GENIE. I use model results to compare the range of and controls on inter-site 

variability in the size, timing, and overall duration of the event.  
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CHAPTER 1 

Introduction to the Dissertation
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 Today, anthropogenic activities have cumulatively released ~300 billion 

tons (Gt) (1 Gt = 1015 g C) of carbon to the atmosphere. Most of this release has 

occurred over the last 60 years, as rates of carbon release have increased 

exponentially. Continuing this trajectory, total emissions will exceed 1000 Gt C by 

the end of the century without major mitigation efforts. Many reports on climate 

change pay special attention to the year 2100; it is often used as the target for 

determining the potential significance of impacts. Reports show predictions for 

total warming by the centuryʼs end, total change in sea level, total loss of Arctic 

sea ice and high altitude glaciers, etc. Yet the true impacts of anthropogenic 

global warming will far outlast the year 2100. In their 2009 paper, Archer et al., 

noted that “in practice, the tail is generally thrown out of [greenhouse warming 

potential] calculations by truncating the integral at 100 years, a timescale that we 

argue arises from our own lifetimes rather than anything intrinsic about the 

carbon cycle.”  

 This “tail” is precisely what makes the CO2-problem unique compared to 

other types of human pollution—CO2 has a very long-lasting impact on the 

climate system. However, there is broad misunderstanding of the true time-scale 

of the impact of fossil fuel carbon on the climate. Archer et al., 2009, point out 

that even the 2007 Intergovernmental Panel on Climate Change Report may 

underestimate the extent of this long tail of elevated atmospheric CO2 

concentration by suggesting that 80% of the excess CO2 is removed over 

centuries (Solomon et al., 2007).  
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 In truth, depending on the ultimate magnitude of the CO2 perturbation, a 

consistent result of coupled climate-carbon cycle models is that the climate 

impacts of elevated atmospheric CO2 will persist for tens, if not hundreds of 

thousands of years (Archer et al., 1997; Archer et al., 1998; Archer, 2005; 

Ridgwell and Hargreaves, 2007; Tyrell et al., 2007; Lenton and Britton, 2006; 

Archer et al., 2009; Goodwin and Ridgwell, 2010). Archer et al., 2009, succinctly 

summarize the discrepancy between the oft-repeated description of climate 

change as a century-scale problem and the understanding among carbon cycle 

researchers that the effects will persist much longer. They note that estimates for 

an atmospheric lifetime of CO2 that range from decades to centuries only 

address the first mechanism of CO2 drawdown—largely equilibration with the 

oceans. While the process of ʻocean invasionʼ (the dissolution and transport of 

CO2 through the oceans) happens on a timescale of hundreds of years, the 

residual CO2 in the atmosphere after this process may be as high as 40% 

(Archer et al., 2009). The most significant CO2 drawdown processes (in terms of 

the total excess CO2 removed) are the so-called sedimentary feedbacks, namely 

seafloor and terrestrial carbonate neutralization. Together, these processes 

restore the pH of the oceans and allow further ocean invasion to occur, but after 

their completion, perhaps 6-10% of the anthropogenic CO2 will still remain in the 

atmosphere, removed only by the very slow, hundreds of thousands of years 

process of silicate weathering (Goodwin and Ridgwell, 2010).  
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 While 6-10% may sound small, if total anthropogenic emissions reach 

5,000 Gt (a number often cited for available fossil fuel reserves considering 

conventional extraction methods), this represents an excess of as much as 500 

Gt of carbon in the atmosphere compared to pre-industrial concentrations. 

Today, there is an excess of ~200 Gt C in the atmosphere, and many would 

argue that we have already begun to see the climate impacts of this change.  

 Yet, while we have a good understanding of the thermodynamics of the 

carbonate system that allow the estimates above, the geological record provides 

some of the most compelling evidence for the long-lasting consequences of 

abrupt atmospheric CO2 loading. Studying the geologic record of rapid warming 

events provides a complete snapshot of the feedbacks that operate to magnify 

and eventually recover from the initial perturbation.  

 In the early 1990s, the discovery of massive warming at the 

Paleocene/Eocene boundary, combined with indications of the release of 

massive quantities of isotopically depleted carbon to the oceans and atmosphere 

over perhaps a few tens of thousands of years, provided a possible analog for 

modern climate change (Kennett and Stott, 1991). Since the initial discovery, 

records of the Paleocene/Eocene Thermal Maximum (PETM) have proliferated 

across the globe. The characteristic features of the PETM—an isotopic excursion 

of the carbon isotopic composition of the atmosphere and oceans, widespread 

dissolution of carbonates in the deep sea, and warming of 5-7°C globally—are 

considered hallmarks of hyperthermal events. However, there are still many 
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active debates regarding aspects of the event that are important in order to fully 

exploit the PETM to assess climate sensitivity, potential feedbacks, and the 

timescale of recovery. Uncertainties in paleo-boundary conditions like geography 

and atmospheric composition, combined with complex regional responses to a 

global perturbation and the myriad local processes that influence the PETM 

record at any single site, conspire to impede a straightforward application of 

climate models to study the event. In fact, while the sheer size of the PETM 

makes its occurrence recognizable in multiple settings, the environmental impact 

of such extreme change further complicates the fidelity of records. Though 

multiple studies have provided hypotheses, the amount of carbon released at the 

P/E boundary, the source or isotopic composition of that carbon, and the duration 

of each stage of the event are still active research questions.  

 More recently, increasing resolution of records of warm-Earth 

paleoclimates (in particular the Paleocene and Eocene epochs), has led to the 

discovery of multiple events with hyperthermal-like features. These small 

hyperthermal events are the motivation behind the primary question addressed in 

this dissertation: how ubiquitous are abrupt warming events in warm background 

climates without the existence of permanent, large ice sheets?  

 The scientific opportunities offered by studying multiple hyperthermals of 

various sizes are two-fold. First, the existence of multiple events provides a 

spectrum across which it is possible to assess the potential range of 

environmental impacts. Though estimates for the absolute magnitude of carbon 
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release at the PETM are imprecise, a range of 4000-6000 Gt C is most likely. 

This estimate suggests that the PETM is most comparable with a modern worst-

case scenario where human activity releases nearly the total available fossil fuel 

reservoir (of ~5000 Gt C), though the modern scenario is occurring on a 

considerably faster timescale. Multiple events of various sizes may help generate 

understanding of the fundamental dynamics operating over geologically short 

timescales in a warm climate, a step beyond studying what originally appeared to 

be a one-off event. For instance, how much range is there in the recovery 

timescales between events, and do the same set of feedbacks appear to operate 

consistently? When Archer et al., 2009, assessed the climate feedbacks 

associated with abrupt carbon release and warming, they found that up to 50% of 

climate feedbacks in some models were a function of biological response—a 

particularly difficult system to model. However, if productivity increase, say, is a 

consistent feature during multiple hyperthermal recoveries, the case is stronger 

for its parameterization in climate models.  

 The second advantage of studying multiple hyperthermals involves the 

impossibility of extracting completely unbiased information from any single record 

of an event. The source in which a record is generated (i.e. bulk carbonate, shell 

material, organic compounds) as well as site-specific characteristics (latitude, 

water depth, sediment composition, sediment accumulation rate) all influence the 

record ultimately measured. The more abrupt warming events, the more likely it 

is to develop a systematic understanding of the biases involved in preserving 
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such abrupt perturbations, with the ultimate goal of producing a consistent 

mechanism to quantitatively address such biases before interpreting the fidelity of 

a given record.  

 

1.1 Outline of the Dissertation   

This dissertation attempts to utilize multiple methods to study variability in 

greenhouse Earth climates. In particular, I combine the development and 

interpretation of sedimentary records (especially stable isotopes) with the use of 

an Earth system model of intermediate complexity called c-GENIE (Grid-Enabled 

Integrated Earth system model). 

Chapter 2 addresses a classic problem in studying warm epochs: whether 

overturning circulation was significantly weaker and/or dominated by convection 

in the low latitudes (by the formation of so-called ʻwarm saline deep watersʼ). We 

provide the first record of deep-sea conditions from a high-latitude Southern 

Pacific site in the Paleocene, demonstrating the possibility of a nearby site of 

deep-water formation, which we suggest was the Ross Sea.  

In Chapter 3, I combine high-resolution records of a series of hyperthermal 

events recently identified from the early-middle Eocene, with records of 

previously identified hyperthermals from the late Paleocene to early Eocene to 

systematically assess the extent of inter-site variability in the magnitude and 

duration of recorded events. I suggest a method for determining whether an 

individual event is sufficiently large relative to background variability to qualify as 
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a hyperthermal. Finally, I suggest a connection between the events of the early-

middle Eocene and the late Paleocene-early Eocene. 

Chapter 4 goes one step further in synthesizing records of multiple 

hyperthermal events. Here, I compile and compare records of 44 separate events 

occurring between ~250 to ~40 Ma. All events are predominately identified 

through the existence of a carbon isotope excursion—I compare these recorded 

carbon isotope excursions for each event from bulk carbonate datasets in order 

to assess the range in sizes and shapes of identified events. I also assess 

additional common environmental changes associated with each event—from the 

development of anoxia to associated biotic change.  

Finally, in Chapter 5 I use the GENIE model to assess a small 

hyperthermal event from the early-middle Eocene through its carbon isotope 

excursion. The sedimentary module of GENIE allows me to develop an iterative 

method to back out an estimated ʻtrueʼ size for the excursion in the atmosphere 

and dissolved inorganic carbon implied by the sedimentary record. I use these 

model results to assess the causes of inter-site variability, with a particular focus 

on the influence of sedimentation rate differences in altering the apparent size 

and timing of an event.  

Cumulatively, these chapters represent an effort to extract as much 

relevant information as possible from records of abrupt carbon release and warm 

climates. The goals are to understand the fundamental characteristics of large-

scale environmental change on a greenhouse Earth, while also considering the 
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small-scale, site-specific processes that affect our ability to fully utilize records of 

Earthʼs climatic past.  
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CHAPTER 2  

A South Pacific Source of Deep Water during the Paleocene
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 The formation of deep waters is critical for the redistribution of heat and 

nutrients in the global ocean, but details of how this system operated in the warm 

Paleocene Epoch are controversial. Previous studies have separately suggested 

deep water formation at various high latitude sites (particularly in the South 

Atlantic), as well as the existence of low-latitude deep water formation. However, 

the lack of a high latitude Pacific site has hampered reconstructions of 

overturning, especially as the Pacific must have dominated the characteristics of 

the global Paleocene ocean as a result of its sheer size. A new Paleocene stable 

isotope record from the South Pacific shows that deep waters formed in this 

region during the early Danian and Selandian.  Additionally, a seismic reflection 

profile indicates the presence of a contourite drift offshore of the Campbell 

Plateau, New Zealand, suggesting that deep waters originated in the nearby 

Ross Sea. Our results provide physical evidence of strong deep current velocities 

and suggest that deep convection occurred at multiple high latitude sites in the 

Paleocene.  
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2.1 Introduction 

 In an integral part of the modern thermohaline circulation, cold, dense 

waters formed in the North Atlantic and around Antarctica sink, fill the global 

ocean, and eventually upwell to the surface in a few thousand years, resulting in 

substantial aging gradients in the deep ocean. Yet, it is not clear that the oceans 

have always worked this way, particularly during past warm periods. Indeed, 

isotopic evidence demonstrates that circulation in the Paleocene (55-65 Ma on 

the BKSA95 timescale) was marked by relatively weak inter-ocean deep water 

gradients compared to today. Researchers have suggested greater ocean heat 

transport to explain extreme warmth at high latitudes (e.g. Barron, 1987; Lyle, 

1997), but more recent modeling studies have suggested such an increase is 

unrealistic (Huber and Sloan, 2001, Heinemann et al., 2009), and that deep 

current velocities were similar to modern despite reduced temperature gradients 

(Huber and Sloan, 2001; Bice and Marotzke, 2003). Conversely, the apparent 

lack of sediment drifts older than Oligocene age and the discovery of Atlantic 

shales of Paleocene age have led to the suggestion that circulation was sluggish 

(Davies et al., 2001; Tucholke and Vogt, 1979). Further, researchers have 

invoked reduced inter-ocean isotopic gradients observed through detailed 

reconstructions of Palecene deep water sites as evidence for weak circulation 

(Cramer et al., 2009).  

Records of δ13C from sites of intermediate to deep depths have been 

extensively used to reconstruct sites of formation and flow paths of deep water, 
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by comparing values at a given site to the mean ocean value (Curry and Lohman, 

1982; Shackleton et al., 1983; Katz and Miller, 1991; Pak and Miller, 1992; 

Corfield and Cartlidge, 1992; Corfield, 1994; Quillévéré, 2002; Nunes and Norris, 

2006). Young waters recently isolated from the surface are depleted in organic 

carbon and have a relatively positive δ13C, while older waters acquire relatively 

negative δ13C signatures as they accumulate remineralized organic matter. 

Through comparison of global δ13C records, most authors have suggested a 

Southern Atlantic source of deep water throughout most of the Paleocene, with 

possible periodic influence of a North Atlantic source (Pak and Miller, 1992; 

Corfield and Cartlidge, 1992; Mountain and Miller, 1992; Corfield and Norris, 

1998; Quillévéré et al., 2002; Nunes and Norris, 2006). In the Selandian through 

Thanetian, a noted collapse of inter-ocean δ13C gradients and homogenous deep 

ocean temperature and salinity have led to the suggestion that overturning 

circulation was halothermal, or driven by the evaporation-induced density 

increase of warm waters at low latitudes (referred to as warm saline deep water, 

WSDW) (Brass et al., 1982; Kennett and Stott, 1990; Pak and Miller, 1992; 

MacLeod and Huber, 1996). Changes in the inferred strength and source of deep 

water flow during the Paleocene are of particular interest given the potential links 

between changes in circulation and changes in climate, with both modeling and 

proxy studies suggesting that there may be large and abrupt changes in global 

circulation during transient climatic events (Bice and Marotzke, 2003; Tripati and 

Elderfield, 2005; Nunes and Norris, 2006).  
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Despite numerous reconstructions of Paleocene deep water gradients, a 

lack of records from the high-latitude Pacific has hampered detailed 

reconstruction of overturning patterns. While the Pacific Ocean must have 

dominated the mean-ocean signal of the Paleocene due to its shear size, the 

best Paleocene Pacific records are from equatorial paleo-latitudes, given that 

Southern Pacific sites tend to be carbonate-poor. Scher and Martin (2004) used 

neodymium isotopes from the tropical Pacific to infer evidence of bipolar deep 

convection in the North Pacific and Southern Ocean from ~65-45 Ma, but the 

data cannot determine which sector of the Southern Ocean produced deep 

waters (Thomas et al., 2004; Thomas et al., 2008).  While equatorial sites can 

help reconstruct differences in water chemistry and temperature between major 

ocean basins, they cannot definitively distinguish where deep waters formed. 

Here, we use new δ13C and δ18O records from the South Pacific to improve 

reconstructions of global deep water gradients and isolate a possible southern 

Pacific source of deep water.  

 

2.2 Methods 

2.2.1 Site Description  

 The Campbell Plateau is a submerged continental block southeast of the 

South Island, New Zealand. At the base of the plateau sits the Campbell ʻdrift,ʼ a 

850 x 170 km feature originally interpreted as a Neogene drift associated with the 
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development of the modern deep western boundary current (see Figure 2-1) 

(Carter and McCave, 1997). However, drilling during Ocean Drilling Program 

(ODP) Leg 181 on the edge of the Campbell ʻdriftʼ revealed the feature to be of 

Paleocene age, with less than 10 meters of Pleistocene clay overlying Paleocene 

material (Carter et al., 1999). This led to the re-interpretation of the ʻdriftʼ as an 

eroded pelagic apron formed from sediments off the Campbell Plateau (Carter et 

al., 2004).  

 

	  

Figure 2-1. Paleogeographic reconstruction for the mid-Paleocene (60 Ma) 
showing the location of records used in this study. Reconstruction modified from 
a paleomap created using the web-based ODSN software. Inset (box) shows a 
detailed reconstruction of the Southwest Pacific (60 Ma) from S. Cande, including 
the location of the Campbell Drift and the seismic line Ewing 9201 described in 
this study. 

 

 At the edge of the drift near the base of the Plateau, ODP Hole 1121B 

(50°53.876ʼS, 176°59.862ʼE) recovered approximately 140 meters of Paleocene 

sediments with an average sedimentation rate of 3-4 cm/kyr. Hole 1124C 
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(39°29.901ʼS, 176°31.894ʼE) off the North Island, New Zealand, also recovered 

sediments of Paleocene-Cretaceous age. Both holes are in deep water (4000 

meters), and therefore near the modern carbonate compensation depth (CCD). 

The paleodepth estimate for hole 1121B is about 3500 m and 2000-3000 m for 

hole 1124C--approximately at the depth of the Paleocene CCD (Carter et al., 

1999).  

 

2.2.2 Seismic Reflection Data 

To test the interpretation of the Campbell ʻdriftʼ as an eroded pelagic 

apron, we obtained a multi-channel seismic line from Steve Cande that had been 

collected by the R/V Ewing as it transited over the Campbell ʻdriftʼ during the 

EW9201 cruise in 1992 (from 53°50.9392ʼS, 174°22.4946ʼE to 55°16.3181ʼS, 

174°40.1100ʼE). We processed MCS data using Seismic Unix and SIOSEIS, 

employing noisy channel muting, bandpass filtering, predictive deconvolution, 

normal move-out correction, stacking, water column muting, and time-varied 

gain.  

 

2.2.3 Stable Isotope Data 

 We generated δ13C and δ18O data from the benthic foraminifer Nuttalides 

truempyi at 50 cm spacing from ODP sites 1121B and 1124C, with additional 

intervals at 1121B sampled at 10 cm spacing (Appendix Table A1). Benthic 
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foraminifera are present but relatively low in abundance (typically only around 10 

specimens (>150 microns) were available to analyze per 2 cm. sample). 

However, Wei et al (2005) concluded that diagenesis/dissolution was not 

significant because of the lack of systematic variation of δ18O measures of bulk 

sediment with sediment wt% CaCO3. Benthic foraminifera samples were 

analyzed at the UC, Santa Cruz stable isotope lab on a GVI Prism Isotope Ratio 

Mass Spectrometer with dual inlet automated carbonate device, with 

measurement precision of ± 0.04 ‰ for δ13C and ± 0.06 ‰ for δ18O.  All data are 

corrected to VPDB using NBS-19 as a standard. Combined, holes 1124C and 

1121B provide a record of the Paleocene from approximately 57-65 Ma, though 

there are a few considerable gaps—most notably from ~60.2-63.2 Ma in hole 

1124C. In addition to incomplete core recovery in both holes, an insufficient 

quantity of benthic foraminifera in some intervals also accounts for data gaps.  

  

2.2.4 Age Model 

For holes 1121B and 1124C, we have developed age models using 

biostratigraphic and magnetostratigraphic markers identified by the shipboard 

party and dated using the geological timescale from Berggren et al., 1995 

(BKSA95). For hole 1121B, use of minimal tie points and linear interpolation 

between select biostratigraphic datums (primarily calcareous nannoplankton) 

yields a linear sedimentation rate of 4.0 cm/kyr from 32-94 mbsf and a linear 
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sedimentation rate of 3.04 cm/kyr from 94-133 mbsf. For hole 1124C we use a 

0.93 cm/kyr sedimentation rate for the shallower Paleocene sections and a 0.84 

cm/kyr sedimentation rate for deeper sections, separated by an unconformity at 

~448 mbsf representing ~3 myr. For hole 1121B, two published age models exist 

(from Hollis, 2002 and Wei et al., 2005), but these disagree substantially on the 

sedimentation rate during the latest Paleocene (3 cm/kyr versus 17 cm/kyr). The 

high sedimentation rate inferred by Wei et al. (2005) is based on a calibration of 

features in a bulk δ13C record from 1121B to records from DSDP 577 (Shatsky 

Rise, Central Pacific). We have selected the linear sedimentation rate age model 

in order to use minimal calibration points. However, for hole 1121B, age control 

provided by the biostratigraphic datums is sufficient to ensure that the top of the 

core is no younger than 57 Ma, and the base of the core is at least ~59.9 Ma, 

though may be as old as ~60.7 Ma. 

In order to compare data from sites 1121 and 1124 to a global composite, 

we compiled Paleocene stable isotope data generated from Nuttalides truempyi 

at the following sites: DSDP 384 (J-Anomaly Ridge, North Atlantic from Berggren 

and Norris, 1997), ODP 1209 (Shatsky Rise, Central Pacific, from Westerhold et 

al., in press), DSDP 525/527 (Walvis Ridge, South Atlantic, from Shackleton et 

al., 1984 and Thomas and Shackleton, 1996), ODP 738 (Kerguelen Plateau, 

South Atlantic from Barrera and Huber, 1991), ODP 690 (Maud Rise, South 

Atlantic from Kennett and Stott, 1990), and ODP 761 (Wombat Plateau, Indian 

Ocean, Quillévéré et al., 2002). These sites all have paleodepths >1500 m, and 
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Sites DSDP 384 and DSDP 527 have paleodepths >2500 m. We have 

reassessed age models for all sites based on biostratigraphic (calcareous 

nanoplankton and planktonic foraminifera) and magnetostratigraphic datums 

plotted on the Berggren 1995 timescale. For sites where the Paleocene/Eocene 

Thermal Maximum and Cretaceous/Paleogene boundary are recorded (DSDP 

577, ODP 1209, DSDP 525/527, ODP 690), they are also used as tie-points 

dated at 55.5 Ma and 65 Ma, respectively (see Appendix Table A2).  

 

2.3 Results and Discussion 

2.3.1 Is the Campbell ʻDriftʼ a Paleogene Drift?  

The seismic profile (see Figure 2-2) perpendicular to the edge of the 

Campbell Plateau reveals a lenticular sedimentary feature at the base of the 

Plateau overlying volcanic basement, sedimentary infill, and a prominent reflector 

(likely an erosional surface corresponding to the K/Pg boundary). Unlike the low 

amplitude infill interpreted as Cretaceous non-marine clastics below this reflector 

(Carter et al., 1999), the overlying sedimentary body has an internal structure that 

is much more complicated and contains features indicative of a contourite drift 

(Figure 2-2). The most prominent feature is a ridge crest (or channel levee) 

directly overlying the relatively flat K/Pg boundary reflector and onlapped by 

younger Paleogene sediments. Reflectors within the ridge crest show evidence of 

upslope migration, with a thinner sedimentary package accumulating towards the 
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Figure 2-2. Multichannel seismic reflection profile of Ewing 9201 showing a 
cross-section of the Campbell sediment drift. Drilling on nearby ODP Site 1121 
demonstrate that the Campbell Drift is largely composed of Paleocene age 
sediments. Boxes demonstrate characteristic features suggesting that the 
Campbell Drift is a contourite drift formed by a deep western boundary current 
flowing along the Campbell Plateau: A) shows reflectors pinching out, reflecting 
that the main body of the drift accumulated offshore and terminates before 
reaching the base of the Plateau, B) traced line demonstrates the existence of a 
ridge crest formed from continuous overlay of upslope migrating downlapping 
reflectors, and C) traced line demonstrates the existence of sub-parallel reflectors 
in the sedimentary body that do not correspond to the basement structure.
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flat unconformity. Throughout the drift, reflectors are subparallel to the acoustic 

basement and the interpreted K-Pg sequences pinch out before reaching the 

base of the Campbell Plateau, though some modern deep western boundary 

current activity may be responsible for erosion of sediments. Site 1121 was 

drilled at the edge of the drift, and so did not recover the highly expanded 

Paleocene section further offshore (where Paleocene sediments reach almost 

500 m thickness), yet sedimentation rates from 1121 (3-4 cm/kyr) are still well 

above pelagic rates of ~1 cm/kyr and consistent with drift sedimentation.  

 

2.3.2 Global Ocean Stable Isotope Compilation 

In order to asses the relative strength of deep water formation at various 

sites, we compare δ13C values in the global composite to an inferred mean ocean 

value, represented by ODP Site 1209 in the equatorial Pacific (shown in Figure 2-

3 as a dashed grey line) as a result of the Pacificʼs dominance of the global 

ocean. Previous studies have argued that the principal loci of deep water 

formation in the early Danian and Thanetian (approx. 65-64 and 58-55 Ma) was 

in the South Atlantic and have noted that the relative collapse in δ13C gradients 

during the late Danian and Selandian (from approx. 64-58 Ma) may suggest the 

possible weakening of overturning strength or the development of a low-latitude 

Pacific or Tethys source (Katz and Miller, 1991, Pak and Miller, 1992, Corfield,
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Figure 2-3. Paleocene composite of multisite benthic foraminiferal (all Nuttalides 
truempyi) δ13C and δ18O records plotted against age in millions of years. New 
data from this study (ODP Sites 1121B and 1124C in the Southwest Pacific) are 
plotted in black. Grey dashed line shows data from ODP Site 1209 in the 
Equatorial Pacific (data from Westerhold et al., in press) and is used here to 
represent mean ocean values. Data is plotted based on ocean basin, with all 
sites in a given ocean plotted as the same shape to highlight inter-ocean 
gradients. All sites chosen for this composite had paleodepths greater than at 
least 1500 meters and all data has been re-plotted using the most up-to-date 
biomagnetostratigraphy available for each site on the Berggren 1995 timescale. 
Temperature is calculated using the linear equations of Bemis et al (1998) after 
adjusting δ18O values to Cibicidoides following the corrections given by Katz et 
al (2003) and using a δ18O for seawater of -1.27 ‰. Data source: DSDP 384 (J-
Anomaly Ridge, North Atlantic from Berggren and Norris, 1997), ODP 1209 
(Shatsky Rise, Central Pacific, from Westerhold et al., in press), DSDP 525/527 
(Walvis Ridge, South Atlantic, from Shackleton et al., 1984 and Thomas and 
Shackleton, 1996), ODP 738 (Kerguelen Plateau, South Atlantic from Barrera 
and Huber, 1991), ODP 690 (Maud Rise, South Atlantic from Kennett and Stott, 
1990), and ODP 761 (Wombat Plateau, Indian Ocean, Quillévéré et al., 2002).
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1994, Quillévéré, et al., 2002). Our revised composite suggests that the 

Southwest Pacific had the heaviest carbon isotope values at times during the 

Danian and Selandian, consistent with intermittent deep water formation in the 

southern Pacific for a total of about 4 million years. 

In the Danian (~64.7-63.2 Ma), our new δ13C data show that the South 

Pacific is ~0.3-0.8 ‰ heavier than the mean ocean value and slightly more 

positive (~0.3 ‰) than the South Atlantic and North Atlantic. The large decline in 

δ13C values after the K/Pg boundary at both South and North Atlantic sites is 

accompanied by an increase in δ13C values from the South Pacific, suggesting a 

possible reorganization of circulation and the establishment of multiple sites of 

overturning—potentially in the North Atlantic and at various sites around 

Antarctica. Our lack of recovery in the late Danian and early Selandian (~63.2-

60.4 Ma) prohibits interpretation of South Pacific deep water formation in this 

interval, during which South Atlantic sites continue to have the heaviest δ13C 

values. In the late Selandian and Thanetian, the global composite of Quillévéré et 

al., 2002, mistakenly used planktonic foraminiferal δ13C values from Site 690 to 

establish global benthic δ13C gradients, causing the Southern Atlantic to appear 

significantly heavier (by >1 ‰) than other sites from ~58.3-56 Ma, whereas our 

revised composite demonstrates that South Atlantic δ13C actually decreases at 

~60 Ma and is either equal to or lighter than the global mean until ~58 Ma. During 

this interval (~60.4-58 Ma), the South Pacific has the heaviest δ13C values by as 

much as 0.5 ‰. Within this interval there are episodic decreases in gradient 
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strength—notably at ~59.8 and ~58 Ma. At 58 Ma, the decrease in gradient 

coincides with the transition of heaviest δ13C values from the South Pacific to the 

South Atlantic, with South Atlantic δ13C reaching the most positive values from 

~57.5-56 Ma. While our South Pacific δ13C records show the increasing trend 

common at other sites, likely reflecting the Paleocene Carbon Isotope Maximum 

(PCIM), the increase is substantially less pronounced. This may be a function of 

the declining significance of the South Pacific as a source of deep water 

beginning around 58 Ma. The addition of this new South Pacific dataset to our 

revised composite alters the previous interpretation of minimal aging gradients in 

the mid-Paleocene followed by the late Paleocene establishment of strong 

overturning in the South Atlantic and demonstrates that aging gradients at times 

during the Selandian (at least as early as 60.4 Ma) were approximately as large 

as those in the later Paleocene. 

Our δ18O records from the South Pacific generally show values similar to 

(or slightly warmer than) the global average throughout the early and mid-late 

Paleocene. An increasing trend of ~1 ‰ from the Selandian to Thanetian (~61-

57.5 Ma), records the long term cooling recognized at other sites (Quillévéré et 

al., 2002).  Temperatures, based on calculations from δ18O following the 

paleotemperature equation of Bemis et al., 1998, with all N. truempyi δ18O values 

first corrected to Cibicidoides following the correction given by Katz et al., 2003, 

and using a δ18O of seawater of -1.27‰, range from as high as 13 °C in the 

Selandian to 6-7 °C by the end of our record (and the height of the Paleocene 
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carbon isotope maximum). The large range in δ18O values in our dataset from 

Site 1121 compared to the global composite—especially from 57.4-58.9 Ma—is 

at least partially a result of the larger number of measurements from Site 1121 

compared to other sites in this interval. Another explanation might be that this site 

intermittently records an intermediate water mass. Scatter from 59.9-60.4 likely 

reflects a lack of age control in the lowest 10 m of the core, given the range (from 

60-64) in biostratigraphic datums in this interval (Carter et al., 1999).  

 

2.3.3 Possible Site of Deep Water Formation 

Today, the bulk of Southern-component deep water forms in the southern 

and western Weddell Sea with smaller contributions to Southern component deep 

water from other sites around Antarctica, including the Ross Sea in the Pacific 

sector. In the Weddell Sea, newly formed deep water flows northward on the 

western side of the basin and exits through gaps in the South Scotia Ridge, with 

bottom currents reaching speeds of 10-15 cm/s (Pudsey, 1992). In the northern 

Weddell Sea and the southern Scotia Sea, multiple studies have described 

various drift deposits up to 1 km thickness, formed by deposition of sediment 

from suspension in the nephloid layer and best developed along the western 

sides of the basins (Pudsey 1992; Howe et al. 1998; Camerlenghi et al., 2001; 

Maldonado et al., 2003).  
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During the Paleocene, paleogeographic reconstructions demonstrate that 

the location of Australia and the Tasman Rise formed a barrier to circum-

Antarctic flow (see Figure 2-1); thus, any deep western boundary current 

emanating from the Ross Sea would be constrained to flow along the Campbell 

Plateau. Combined with positive δ13C values recorded from the South Pacific 

during the mid-Paleocene, the existence of a sediment drift along the base of the 

Campbell Plateau suggests that the Ross Sea may have been an important site 

of deep convection similar to the Weddell Sea today. Comparable to the modern 

sediment deposits formed in the path of newly formed bottom water flowing out of 

the Weddell Sea, we suggest Ross Sea deep water flowing out of the basin could 

have formed the Campbell Drift. The Paleocene age of sediments recovered from 

the Campbell Drift as well as seismic reflection evidence indicating a mode of 

formation consistent with strong deep boundary currents, demonstrate that the 

Campbell ʻdriftʼ is a sediment drift recording outflow of deep water formed in the 

Ross Sea.   

 

2.4 Conclusions 

Stable isotope and seismic data provide compelling evidence that the 

Pacific sector of the Southern Ocean (in particular, the Ross Sea) was a site of 

deep convection during the early Danian and Selandian for a total of 

approximately 4 Myr. While inter-ocean carbon isotopic gradients were 
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undoubtedly reduced compared to the modern throughout the entire Paleocene, 

our data reject the story of a large-scale collapse in gradients for the Selandian 

followed by the establishment of a strong, South Atlantic deep water source in 

the Thanetian. Rather, Paleocene overturning circulation appears to have been 

characterized by multiple episodes of pronounced reorganization (notably at ~58 

Ma), with reversals in the primary loci of deep water formation and also with 

intervals where it is likely that deep water formation occurred in both the northern 

and southern hemispheres and the Atlantic and Pacific oceans. In particular, our 

revised δ13C composite further reduces the likelihood of a low-latitude warm 

saline deep water mass during the Selandian and demonstrates that high-latitude 

sites had the most positive δ13C values throughout the Paleocene.  Rather than a 

sluggish ocean, it appears that convection was active during the warm 

Paleocene, with reduced gradients more likely due to multiple active sites of 

overturning than to a reduction in the intensity of deep convection.  

 

Chapter 2, in full, has been submitted for publication, and is currently 

under revision. The material may appear in Geology, 2012, Kirtland Turner, S., 

Norris, R.D., and Kluesner, J. A South Pacific Source of Deep Water during the 

Paleocene. I am the primary investigator and author of this paper. 
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2.6 Appendix 

Table 2-A1. Benthic foraminiferal carbon and oxygen stable isotope data from 
ODP Sites 1121 and 1124 generated from N. truempyi.  

Sample ID 
Depth 
(mbsf) 

Age 
(Ma) δ13C δ18O 

ODP Site 1121B         
6X-1 12-14 32.82 57.07 1.78 0.32 
6X-1 62-64 33.32 57.08 1.86 0.33 
6X-1 110-112 33.8 57.10 1.88 0.69 
6X-2 10-12 34.3 57.11 1.74 0.27 
6X-2 66-68 34.86 57.12 1.83 0.74 
6X-2 110-112 35.3 57.13 1.45 0.63 
6X-3 10-12 35.8 57.15 1.7 0.57 
6X-CC 7-9 37.08 57.18 1.74 0.45 
7X-1 59-61 42.89 57.32 2.29 0.39 
7X-1 110-112 43.4 57.34 1.91 0.04 
7X-2 10-12 43.9 57.35 2.19 0.33 
7X-2 60-62 44.4 57.36 2.23 0.54 
7X-2 110-112 44.9 57.37 1.86 0.32 
7X-3 10-12 45.4 57.39 1.88 0.13 
7X-3 60-62 45.9 57.40 2 0.44 
7X-3 110-112 46.4 57.41 1.85 0.34 
7X-4 10-12 46.9 57.42 1.77 0.64 
7X-4 59-61 47.39 57.43 1.7 0.64 
7X-4 110-112 47.9 57.45 1.88 0.74 
7X-5 10-12 48.4 57.46 2.09 0.4 
7X-5 60-62 48.9 57.47 1.66 0.37 
7X-5 110-112 49.4 57.49 1.89 0.09 
7X-6 10-12 49.9 57.50 2.04 0.6 
7X-6 59-61 50.39 57.51 1.51 0.09 
8X-1 10-12 52.1 57.55 1.78 0.48 
8X-1 60-62 52.6 57.57 0.99 0.21 
8X-1 110-112 53.1 57.58 1.41 0.72 
8X-2 10-12 53.6 57.59 1.93 0.48 
8X-2 60-62 54.1 57.60 1.79 0.64 
8X-2 110-112 54.6 57.62 1.41 0.01 
8X-3 10-12 55.1 57.63 1.85 0.34 
8X-3 60-62 55.6 57.64 2.05 0.69 
8X-4 10-12 56.6 57.67 1.3 0.59 
8X-4 60-62 57.1 57.68 1.2 0.54 
8X-5 10-12 58.1 57.70 1.51 0.66 
8X-6 10-12 59.45 57.74 1.85 0.18 
8X-6 60-62 59.95 57.75 1.78 0.17 
8X-6 110-112 60.45 57.76 1.92 0.34 
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Table 2-A1, Continued. 

Sample ID 
Depth 
(mbsf) 

Age 
(Ma) δ13C δ18O 

9X-1 10-12 61.7 57.79 1.81 0.21 
9X-1 59-61 62.19 57.80 1.78 0.21 
9X-1 110-112 62.7 57.82 1.93 0.27 
9X-2 10-12 63.2 57.83 1.86 0.29 
9X-2 60-62 63.7 57.84 1.78 0.34 
9X-2 110-112 64.2 57.86 1.78 0.13 
9X-3 10-12 64.7 57.87 1.71 0.17 
9X-3 60-62 65.2 57.88 1.77 0.21 
9X-3 110-112 65.7 57.89 1.69 0.26 
9X-4 10-12 66.2 57.91 1.63 0.00 
9X-4 60-62 66.7 57.92 1.47 0.02 
9X-4 110-112 67.2 57.93 1.75 0.19 
9X-5 10-12 67.7 57.94 1.63 0.23 
9X-5 60-62 68.2 57.96 1.65 0.10 
9X-5 110-112 68.7 57.97 1.66 0.04 
9X-6 10-12 69.2 57.98 1.50 0.22 
9X-6 60-62 69.7 57.99 1.87 0.17 
9X-6 110-112 70.2 58.01 1.50 0.04 
9X-CC 10-12 71.13 58.03 1.58 -0.03 
10X-1 10-12 71.3 58.03 1.74 0.34 
10X-1 60-62 71.8 58.05 1.74 0.32 
10X-2 10-12 72.8 58.07 1.73 0.40 
10X-2 60-62 73.3 58.08 1.45 0.23 
10X-3 110-112 75.3 58.13 1.77 0.45 
10X-4 10-12 75.59 58.14 1.81 0.39 
10X-4 60-62 76.09 58.15 1.43 0.41 
11X-1 10-12 81 58.28 1.97 0.04 
11X-1 60-62 81.5 58.29 2.07 0.16 
11X-1 110-112 82 58.30 1.42 -0.36 
11X-2 10-12 82.5 58.31 2.04 0.37 
11X-2 60-62 83 58.33 1.64 -0.1 
11X-2 112-114 83.52 58.34 1.56 0.06 
11X-3 10-12 84 58.35 1.53 0.54 
11X-3 64-66 84.54 58.36 1.63 -0.11 
11X-3 116-118 85.06 58.38 1.36 -0.05 
11X-4 10-12 85.5 58.39 1.47 0.14 
11X-4 60-62 86 58.40 1.87 0.21 
11X-4 110-112 86.5 58.41 1.49 -0.02 
11X-5 12-14 87.02 58.43 1.27 0.12 
12X-1 110-112 91.6 58.54 0.43 0.31 
12X-2 10-12 92.1 58.55 0.08 0.53 
12X-2 60-62 92.6 58.57 1.34 -0.09 
12X-2 110-112 93.1 58.58 1.3 0.04 
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Table 2-A1, Continued. 

Sample ID 
Depth 
(mbsf) 

Age 
(Ma) δ13C δ18O 

12X-3 12-14 93.62 58.59 0.91 -0.04 
12X-3 60-62 94.1 58.87 1.23 -0.39 
14X-CC 17-19 109.87 59.49 1.91 0.23 
15X-1 115-117 120.55 59.91 1.61 -0.17 
15X-2 10-12 121 59.93 2.03 0.2 
15X-2 57-59 121.47 59.94 1.4 -0.38 
15X-2 110-112 122 59.96 0.83 0.05 
15X-CC 10-12 122.14 59.97 1.66 -0.52 
16X-1 14-16 126.14 60.13 1.62 0.04 
16X-1 60-62 126.6 60.14 1.47 -0.43 
16X-1 106-108 127.06 60.16 1.62 -0.22 
17X-1 10-12 130.1 60.28 1.32 0.27 
17X-1 62-64 130.62 60.30 1.28 0.27 
17X-2 10-12 131.6 60.34 1.41 0.1 
17X-2 60-62 132.1 60.36 1.18 -0.34 
17X-2 112-114 132.62 60.38 1.29 -0.72 
ODP Site 1124C         
45X-1 10-12 429.1 58.37 1.31 0.1 
45X-1 64-66 429.64 58.43 1.79 0.35 
45X-1 114-116 430.14 58.48 1.6 0.38 
45X-2 11-13 430.61 58.53 2.05 0.32 
45X-2 68-70 431.18 58.59 2.05 0.48 
45X-2 115-117 431.65 58.64 2.18 0.62 
45X-3 12-14 432.12 58.70 2.15 0.53 
45X-3 66-68 432.66 58.75 1.61 -0.19 
45X-3 114-116 433.14 58.80 1.46 -0.16 
45X-4 10-12 433.6 58.85 1.92 0.55 
45X-4 60-62 434.1 58.91 1.93 0.55 
45X-4 112-114 434.62 58.96 1.9 0.43 
45X-5 15-17 435.15 59.02 2.01 0.45 
45X-5 63-65 435.63 59.07 1.74 0.34 
45X-5 114-118 436.14 59.13 1.69 0.31 
45X-6 12-14 436.62 59.18 1.98 0.34 
45X-6 63-65 437.13 59.23 1.36 0.38 
45X-6 113-115 437.63 59.29 1.45 0.3 
45X-7 14-16 438.14 59.34 1.59 0.27 
45X-CC 12-14 438.59 59.39 1.35 0.2 
46X-1 9-11 438.79 59.41 1.54 0.13 
46X-1 60-62 439.3 59.47 1.36 0.19 
46X-1 110-112 439.8 59.52 1.47 0.21 
46X-2 10-12 440.3 59.57 1.6 0.45 
46X-2 57-59 440.77 59.63 1.19 -0.02 
46X-2 107-109 441.27 59.68 1.32 0.28 
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Table 2-A1, Continued. 

Sample ID 
Depth 
(mbsf) 

Age 
(Ma) δ13C δ18O 

46X-3 10-12 441.8 59.74 1.27 0.19 
46X-3 64-66 442.34 59.79 1.28 0.28 
46X-3 113-115 442.83 59.85 1.31 0.29 
46X-4 10-12 443.3 59.90 1.25 0.2 
46X-4 63-65 443.83 59.95 1.42 0.23 
46X-4 110-112 444.3 60.00 1.46 -0.17 
46X-5 10-12 444.8 60.06 1.56 -0.24 
46X-5 60-62 445.3 60.11 1.71 0.08 
46X-CC 16-18 445.7 60.16 1.23 0.09 
47X-1 10-12 448.4 63.16 1.61 -0.07 
47X-1 60-62 448.9 63.22 1.68 0.04 
47X-1 109-111 449.39 63.28 1.34 0.38 
47X-2 10-12 449.9 63.34 1.65 0 
47X-2 60-62 450.4 63.40 1.58 0.13 
47X-2 110-112 450.9 63.46 1.56 0.03 
47X-3 14-16 451.44 63.52 1.37 -0.11 
47X-3 62-64 451.92 63.58 1.5 -0.2 
47X-3 108-110 452.38 63.64 1.36 -0.18 
47X-4 8-10 452.88 63.69 1.41 -0.1 
47X-4 64-66 453.44 63.76 1.36 -0.32 
47X-4 110-112 453.9 63.82 1.49 -0.14 
47X-5 14-16 454.44 63.88 1.7 0.11 
47X-5 56-58 454.86 63.93 1.7 0 
47X-5 110-112 455.4 63.99 1.7 -0.14 
47X-6 10-12 455.9 64.05 1.73 0.05 
47X-6 60-62 456.4 64.11 1.83 -0.03 
48X-1 10-12 458 64.30 1.58 -0.26 
48X-1 60-62 458.5 64.36 1.38 -0.21 
48X-1 118-120 459.08 64.43 1.77 -0.05 
48X-2 6-8 459.46 64.48 1.66 -0.09 
48X-2 60-62 460 64.54 1.72 -0.14 
48X-2 110-112 460.5 64.60 1.65 -0.3 
48X-3 10-12 461 64.66 1.83 -0.05 
48X-3 60-62 461.5 64.72 1.58 -0.25 
48X-3 110-112 462 64.78 1.44 -0.21 
48X-4 14-16 462.54 64.84 1.56 -0.05 
48X-4 74-76 463.14 64.92 1.33 -0.22 
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Table 2-A2. Tie points used to construct age models for Paleocene stable 
isotope compilation (Figure 2-3).  
Age Models     
Datum Depth Age 
ODP Site 1121 (from 1Carter et al, 1999; 2Hollis et 
al., 2002)     
FAD Heliolithus riedeli1 35.74 57.30 
FAD Pterocodon poculum2 36.9 57.60 
FAD Aspis velutochlamydosaurus2 75.4 58.40 
FAD Heliolithus kleinpelli1 82.05 58.40 
FAD Sethochytris babylonis2 93.8 59.00 
FAD Plectodiscus circularis2 93.8 59.00 
FAD Buryella pentadica2 93.8 59.00 
FAD Cassideus aff. mariae2 93.8 59.50 
FAD Fasciculithus tympaniformis1 115.26 59.70 
FAD Fasciculithus ulii1 134.42 59.90 
FAD Chiasmolithus bidens1 134.42 60.70 
FAD Buryella tetradica tetradica2 121.4 61.00 
FAD Buryella foremanae2 134.42 63.00 
FAD Chiasmolithus danicus1 134.42 63.80 
FAD Buryella granulata2 134.42 64.20 
ODP Site 1124 (from Carter et al., 1999)     
LAD Gavelinella beccariiformis 429.1 55.00 
LAD Hornibrookina teuriensis 429.28 58.30 
FAD Fasciculithus tympaniformis 442.2 59.70 
FAD Chiasmolithus bidens 438.62 60.70 
LAD Aragonia ouezzanensis 438.7 55.00 
FAD Morozovella conicotruncata 438.7 60.90 
FAD Morozovella angulata 438.7 61.00 
FAD Morozovella praecursoria 438.7 61.20 
FAD Morozovella trinidadensis 438.7 63.00 
FAD Sphenolithus primus 445.83 60.60 
FAD Cruciplacolithus tenuis 460.39 64.50 
FAD Globbanomalina compresa 457.6 63.50 
LAD Globoconusa daubjergensis 457.6 63.00 
LAD Globigerina fringa 457.6 63.00 
FAD Hornibrookina teuriensis 463.32 64.90 
ODP Site 1209 (from Bralower, 2005)     
PETM (peak) 217.99 55.50 
FAD Discoaster multiradiatus 228.05 56.30 
FAD Discoaster mohleri 233.719 57.50 
FAD Heliolithus kleinpellii 236.485 58.40 
FAD Sphenolithus anarrhopus 236.485 58.40 
FAD Fasciculithus tympaniformis 244.01 59.70 
FAD Fasciculithus spp. 245.015 59.90 
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Table 2-A2, Continued. 
Datum Depth Age 
FAD Chiasmolithus bidens 246.853 60.70 
FAD Sphenolithus primus 250.596 60.60 
FAD Ellipsolithus macellus 253.558 62.20 
FAD Chiasmolithus danicus 256.719 63.80 
FAD Cruciplacolithus tenuis 260.785 64.50 
K/T boundary 261.86 65.00 
ODP Site 761 (from Quillevere et al., 2002)     
FAD Morozovella subbotinae 125.5 55.90 
LAD Globanomalina pseudomendardii 125.5 55.90 
Chron C25n/C25r 128 56.39 
LCO Acarinina subsphaerica 130.3 57.10 
FAD Heliolithus riedelii 132.445 57.30 
FAD Discoaster mohleri 134 57.50 
FAD Heliolithus kleinpelli 140.475 58.40 
FAD Acarinina subsphaerica 148.25 59.20 
FAD Fasciculithus tympaniformis 155.5 59.70 
FAD Igorina albeari 158.75 60.00 
FAD Sphenolithus primus 162.75 60.60 
FAD Igorina pusilla 162.95 61.00 
FAD Morozovella angulata 162.95 61.00 
ODP Site 761 (from Quillevere et al., 2002)     
FAD Praemurica uncinata 165.5 61.20 
Chron C27n/C27r 166.05 61.27 
FAD Ellipsolithus macellus 167 62.20 
Chron C27r/C28n 171.025 62.49 
FAD Praemurica inconstans 173.75 63.00 
Chron C28n/C28r 175.455 63.63 
FAD Chiasmolithus danicus 176.01 63.80 
ODP Site 690 (from Quillevere et al., 2002)     
FAD Tribrachiatus bramlettei 148.9 55.00 
PETM (peak) 170.65 55.50 
Chron C24r/C25n 185.475 55.90 
FAD Discoaster multiradiatus 185.8 56.20 
Chron C25n/C25r 195.94 56.39 
FAD Discoaster nobilis 192.25 56.90 
FAD Heliolithus riedelli 198.35 57.30 
FAD Discoaster mohleri 205.24 57.50 
ODP Site 738 (from Huber, 1991; Wei and 
Thierstein, 1991)     
FAD Discoaster sublodoensis 227.03 49.70 
FAD Acarinina pentacamerata 259.7 52.30 
FAD Discoaster lodoensis 264.43 52.85 
FAD Morozovella gracilis 285.3 54.70 
FAD Discoaster multiradiatus 302.65 56.20 



 

42 

Table 2-A2, Continued. 
Datum Depth Age 
FAD Discoaster mohleri 326.75 57.50 
FAD Heliolithus kleinpellii 334.95 58.40 
FAD Acarinina mckannai 337.75 59.10 
FAD Chiasmolithus bidens 351.5 60.70 
FAD Prinsius martinii 360.68 62.20 
FAD Chiasmolithus danicus 364.6 63.80 
FAD Cruciplacolithus tenuis 376.39 64.50 
FAD Biantholithus sparsus 377.16 65.00 
DSDP 527 (from 1Boersma, 1984; 2Shackleton et al., 
1984)     
FAD Nannotetrina fulgens 146.02 43.10 
FAD Discoaster sublodoensis2 152.74 49.70 
LAD Tribrachiatus orthostylus 160.34 50.60 
FAD Discoaster lodoensis 170.5 52.85 
FAD Tribrachiatus orthostylus 182.34 53.64 
DSDP 527 (from 1Boersma, 1984; 2Shackleton et al., 
1984)     
LAD Tribrachiatus contortus 182.34 54.17 
FAD Tribrachiatus contortus 189 54.37 
PETM 201.07 55.50 
FAD Discoaster multiradiatus 220.75 56.20 
FAD Heliolitus riedeli 231.96 57.30 
FAD Discoaster mohleri 235.08 57.50 
FAD H. kleinpelli 245.43 58.40 
FAD Fasciculithus tympaniformis 249.78 59.70 
FAD Morozovella conicotruncata1 258.5 60.90 
FAD Morozovella pusilla pusilla1 258.5 61.00 
FAD Chiasmolithus danicus 271.1 63.80 
FAD Cruciplacolithus tenuis 276.19 64.50 
FAD Planorotalites eugubinus1 279.9 64.70 
K/T boundary 280.02 65.00 
DSDP 525 (from Boersma, 1984; Shackleton et al., 
1984)     
FAD Tribrachiatus contortus 387.84 54.37 
PETM 392.81 55.50 
FAD Discoaster multiradiatus 401.88 56.20 
FAD Heliolithus riedeli 413.13 57.30 
FAD Discoaster mohleri 419.63 57.50 
FAD Heliolithus kleinpellii 428.35 58.40 
FAD Fasciculithus tympaniformis 433.95 59.70 
FAD Cruciplacolithus tenuis 449.3 64.50 
ODP Site 384 (from Berggren et al., 2000     
FAD Discoaster multiradiatus 100.75 56.20 
FAD Discoaster okadai 109.61 56.80 
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Table 2-A2, Continued. 
Datum Depth Age 
FAD Discoaster nobilis 109.61 56.90 
FAD Heliolithus riedeli 120.58 57.30 
FAD Discoaster mohleri 122.68 57.50 
FAD Sphenolithus anarrhopus 126.04 58.40 
FAD Heliolithus kleinpelli 127.16 58.40 
FAD Chiasmolithus consuetus 138.94 59.70 
FAD Fasciculithus tympaniformis 138.94 59.70 
FAD Sphenolithus primus 146.02 60.60 
FAD Fasciculithus ulii 146.92 59.90 
FAD Ellipsolithus macellus 157.26 62.20 
FAD Chiasmolithus danicus 163.59 63.80 
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CHAPTER 3  

Comparison of Hyperthermal Events from the Late Paleocene to the Early-

Middle Eocene: Is there a Common Link?
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 Multiple hyperthermals, or abrupt warming events, occur through the late 

Paleocene to early Eocene (~57.5-53 Ma). The largest of these events is the 

Paleocene-Eocene Thermal Maximum (PETM, ~56 Ma). While most studies 

assume that this regular sequence of hyperthermals terminated with the Early 

Eocene Climatic Optimum, there is also evidence for small, regularly paced 

hyperthermal events in the early-middle Eocene (~50-47.5 Ma). Here, we provide 

the first multi-site stable isotope records of these early-middle Eocene 

hyperthermals that demonstrate that they are global events similar to those from 

the late Paleocene-early Eocene. We also provide a detailed comparison of the 

structure of individual hyperthermal events to demonstrate that it is possible to 

identify hyperthermals through a statistical assessment of their departure from 

background variability rather than through a qualitative description of common 

features. Our detailed comparison suggests that not all named hyperthermals 

from the late Paleocene through early-middle Eocene represent major global 

anomalies in the carbon cycle and climate. We assess causes for inter-site 

variability in order to demonstrate how site-specific environmental characteristics 

generate heterogeneity in the apparent size and duration of events. Finally, we 

suggest how a common mechanism may explain orbital pacing of carbon release 

during both the late Paleocene-early Eocene hyperthermals and the early-middle 

Eocene events. 
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3.1 Introduction 

Bracketing the massive warming of the PETM, multiple studies have 

recorded a ~4.4 million year sequence of quasi-regularly paced ʻhyperthermalʼ 

events, or brief episodes of intense global warming during the Early Eocene, 

ending with the late Early Eocene Climatic Optimum (EECO, 51-53 Ma) (Zachos 

et al., 2010; Galeotti et al., 2010; Westerhold et al., 2009; Westerhold et al., 

2007; Niccolo et al, 2007; Lourens et al., 2005; Cramer et al., 2003). During 

these hyperthermal events, warming correlates with abrupt negative carbon 

isotope excursions and carbonate dissolution horizons, suggesting the release of 

large quantities of isotopically light carbon to the oceans and atmosphere during 

relatively rapid (<104 years) intervals. As global temperatures rise from the late 

Paleocene through the early Eocene, there is a trend after the PETM towards 

smaller, more closely spaced events (Zachos et al., 2010; Lunt et al., 2011). The 

quasi-periodic occurrence of these events, coupled with their generally 

decreasing size, has led to proposals that hyperthermals (possibly excepting the 

PETM) were driven by repeated, orbitally-forced releases of carbon from a 

perturbable reservoir (such as methane hydrates, peat, or permafrost) (Lunt et 

al., 2011; Zachos et al, 2010; DeConto et al., 2012). Under this scenario, rising 

temperatures might account for the depletion of the buried carbon reservoirs by 

the height of the EECO, resulting in the end of the hyperthermal sequence. 

Recently, Sexton et al., 2011, has shown that regular hyperthermal events 

are not confined to the Early Eocene interval bracketing the PETM. Using a 
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record from the equatorial Atlantic (Demerara Rise, ODP Site 1258) spanning the 

middle Eocene interval 50-47.6 Ma, Sexton et al., 2011, found the repeat 

occurrence of 13 rapid, brief carbon isotope excursions (CIEs), which appear to 

correlate with warming of 2-4°C and decreases in carbonate preservation at 

Demerara Rise (Sexton et al., 2011). Decreases in carbonate preservation at two 

other sites in the southern Atlantic and central Pacific (Walvis Ridge, ODP Site 

1267 and Shatsky Rise, ODP Site 1210) appear to correlate with the δ13C 

excursions identified from Demerara, suggesting that events are global. Spacing 

of 100-400 kyr between δ13C events raised the possibility of orbital pacing 

(Sexton et al., 2011). The Demerara benthic isotope record represents the only 

complete isotopic record from this interval of comparable resolution to those that 

record the PETM-bracketing sequence in the early Eocene. Mirroring that 

succession, the events of Sexton et al., 2011, occur at the onset of long-term 

global cooling following the end of the EECO, with cooling of roughly 5°C over the 

entire 2.4-myr record (Figure 3-1). As a result, these events raise the possibility 

that the common mechanism responsible for the early Eocene hyperthermals 

continued to operate (or re-started) following the height of early Eocene warmth. 

The primary difficulty in attempting to determine the frequency of these 

events, and the total duration of the interval over which the inferred carbon-

release mechanism operated, is that some perturbations are difficult to 

distinguish from background variability. Given differences in the amplitude of this 

background variability (or even the difficulty of defining background variability) 



 

48 
 

among different sites, simply identifying ʻhyperthermalsʼ is a non-trivial exercise. 

As a result, not all sites that record the late Paleocene to early-middle Eocene 

show clear evidence of the same number of hyperthermals, and this is not always 

a function of obvious stratigraphic gaps in such records. It is necessary to both 

clarify the total number of hyperthermals that occurred over this interval and 

obtain a good estimate of their true magnitude in order to determine if periodic 

 

 

Figure 3-1. Long-term climatic context of the events discussed in this paper. 
Benthic foraminiferal δ13C and δ18O compilation is from Cramer et al., 2009. Red 
lines indicate the time intervals of the A-L events identified from the early Eocene 
and the C22r-C21r events of the early-middle Eocene. The largest hyperthermal, 
the PETM, is indicated by an arrow. 

 

orbital forcing triggered events and to provide constraints on the rate of recharge 

and total mass of potential carbon reservoirs. 

Here, we assess multi-site deep-sea records of the hyperthermals 

bracketing the PETM (Events A-L following the Cramer et al., 2003, terminology) 
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as well as the 13 events from the early-middle Eocene (Chron 22r-Chron 21r) 

identified by Sexton et al., 2011. For each postulated event, excluding the PETM, 

we compare the eventʼs apparent structure (particularly the magnitude and 

duration) from bulk carbonate and benthic foraminiferal stable isotope records at 

each site.  We also assess the relative size of these events compared to 

background variability from each site for the longer-term interval. We use bulk 

carbonate and benthic stable isotope records from the following sites: ODP 1262 

(Stap et al., 2009; Stap et al., 2010; Zachos et al., 2010), ODP 1263 (Stap et al., 

2009; Stap et al., 2010), ODP 1265 (Stap et al., 2009; Stap et al., 2010a; Stap et 

al., 2010b), ODP 1267 (Stap et al., 2009; this study), ODP 1051 (Cramer et al., 

2003), DSDP 550 (Cramer et al., 2003), DSDP 577 (Cramer et al., 2003), ODP 

690 (Cramer et al., 2003; Stap et al., 2010), ODP 1258 (Sexton et al., 2011; this 

study), and ODP 1210 (this study). Although some events have also been 

identified from shallow water or restricted basin sections, we exclude these 

records here and consider only deep-sea (>1500 m paleodepth) sites (e.g. 

Niccolo et al., 2007; Galeotti et al., 2010). These deep-sea sites have the 

greatest completeness for records of the Paleocene-Eocene and are most often 

used in the identification of hyperthermal events.  

In order to assess the hyperthermals identified by Sexton et al., 2011, we 

have developed very high-resolution (3 kyr or less) bulk carbonate stable isotope 

(δ13C and δ18O) records across five of the largest events identified from the 

Demerara benthic isotope record from ODP Sites 1258, 1267, and 1210. We 
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have also generated preliminary benthic stable isotope data from a few events at 

ODP Sites 1210 and 1267. We will use results from these high-resolution 

datasets to comment on the remaining eight hyperthermal events identified only 

from benthic foraminifera at Demerara Rise.  

Our results demonstrate the large influence of inter-site variability on 

records of hyperthermal events. We compare details of the magnitude and 

duration of recorded hyperthermals with site characteristics (paleodepth, wt% 

CaCO3, and sedimentation rate) in order to assess factors controlling inter-site 

variability. We suggest additional factors that may explain large differences in the 

relative magnitude and duration of events between sites, including discrepancies 

in age models, deep ocean circulation patterns, changes in the carbonate 

compensation depth (CCD), and orbital effects. In particular, we note the difficulty 

in identifying hyperthermal events from a single site. Finally, we discuss the 

carbon cycle and climate implications of the long-term series of hyperthermals 

bracketing the PETM, including the early-middle Eocene hyperthermals typically 

excluded from such consideration. 

 

3.2 Methods 

To assess multiple hyperthermal events from the late Paleocene through 

early-middle Eocene, we compiled records of the A-L hyperthermals from deep-

sea sites. For each site where a given event has been identified, we assess the 

magnitude and duration of the carbon isotope excursion and the magnitude of the 
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oxygen isotope excursion (if apparent). We use age models from the original 

studies for each record. We calculate the magnitude of each carbon isotope 

excursion by the difference between the most positive point at the start of an 

event (oldest material) after which values begin to decline and the point at which 

minimum value are recorded. We calculate duration by the difference between 

the identified starting point and the point at which δ13C returns to values 

approximately as positive as the starting point. These calculations are somewhat 

subjective, but different choices for the starting/ending points would not change 

calculations of the magnitude and duration by more than a few hundredths of a 

per mil or a few thousand years, respectively.  

To compare multi-site expression of the hyperthermals from Sexton et al., 

2011, we selected 5 prominent hyperthermal events from the Demerara Rise, 

ODP 1258, benthic isotope record for high-resolution analysis (C22rH2, C22nH2, 

C22nH3, C21rH1, and C21rH5). Our criteria were that: 1) events have coincident 

minima in δ13C and δ18O, 2) more than one data point marks the excursion event, 

and 3) δ13C excursions are of a large magnitude relative to others in the record 

(approaching 1.0 ‰). In order to determine correlative intervals to analyze at 

additional sites, we used estimated wt% CaCO3 records from Sites 1210 and 

1267 plotted on a common age model, developed by hanging each record on the 

Last Appearance Datum (LAD) of Discoaster lodoensis. We also tuned clear, 

correlatable events in the Site 1210 and 1267 estimated wt% CaCO3 records to 

the astronomically calibrated estimated wt% CaCO3 record from ODP Site 1258 
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(Sexton et al., 2011). Each interval selected for analysis at Sites 1210 and 1267 

corresponded to a distinct decrease in estimated wt% CaCO3. Sexton et al., 

2011, used a minimum number of tie points during the tuning process, so we 

analyzed samples from intervals at Sites 1210 and 1267 that bracketed each 

entire wt% CaCO3 decrease, even if this meant that the assigned ages for the 

selected interval at each site differed slightly (Figure 3-2).  

 

Figure 3-2. Records of estimated wt% CaCO3 from ODP Sites 1258, 1267, and 
1210 (after Sexton et al., 2011). Inter-site correlations for these three sites were 
developed based on the common occurrence of the LAD of D. lodoensis and 
further tuned using features of the wt% CaCO3 records common to all three sites. 
Grey bars indicate the 5 events selected for high-resolution analysis. 

 

We generated stable carbon and oxygen isotope measurements from bulk 

sediment samples collected at 1-cm spacing across each of the 5 events at Sites 

1258, 1267, and 1210 (total of 1,181 samples) using an automated common acid 

bath carbonate preparation device attached to a Finnigan MAT 252 Mass 
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Spectrometer at Scripps Institution of Oceanography. Replicate analysis of an in-

house standard (n=916) over the period of time when samples were run yielded 

machine error of 0.08 ‰ for δ18O and 0.07 ‰ for δ13C. Benthic foraminiferal 

stable isotope data for ODP Sites 1210 and 1267 was generated at the National 

Oceanography Centre, University of Southampton, U.K., using a Europa Geo 20-

20 mass spectrometer equipped with an automatic carbonate preparation 

system. For each sample, between 10-15 mono-specific samples (Nuttalides 

truempyi or Oridorsalis umbonatus) were analyzed. External analytical precision, 

based on replicate analyses of in-house standards calibrated to NBS-19, is better 

than ±0.1‰ for δ18O and δ13C. All data are reported relative to the Vienna 

Peedee Belemnite standard (VPDB). For reporting O. umbonatus data, these are 

first corrected to N. truempyi by the correction factors of Katz et al., 2003, i.e. 

adding 0.47‰ for carbon isotope data and subtracting 0.36‰ for oxygen isotope 

data. (For complete bulk datasets, see Appendix, Table A1). 

In order to analyze available isotope data in the context of local 

environmental characteristics, we have also assembled relevant parameters 

describing each site (Table 1). We report both sedimentation rate and wt% 

CaCO3 as averages from long-term records at each site rather than determining 

them separately for each event. Detailed wt% CaCO3 records are available only 

from ODP Sites 1210, 1258, 1262, 1263, 1265, and 1267 for Events H1, H2, and 

the middle-Eocene events of Sexton et al., 2011. 
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 Table 3-1. Summary of site characteristics for all the sites used to obtain stable 
isotope data considered in this study.  

Site Location Events 
Recorded 

Paleodepth Sedimentation 
Rate 

wt% 
CaCO3 

Source 

DSDP 
550 

North 
Atlantic 

C1, C2, D1, 
D2, E1, F, 
H1, H2, I1, 
I2, J, K, L 

4300 m 2.3 cm/kyr 30-60 %  
(avg. 
45%) 

DSDP 
Initial 
Reports 
Vol. 80 

DSDP 
577 

Central 
Pacific 

A, B1, B2, 
C1, C2, D1, 
F, H1, H2, I1, 
I2, J, K 

2500 m 0.27 cm/kyr ~90% DSDP 
Initial 
Reports 
Vol. 86 

ODP 
1051A 

North 
Atlantic 

A, B1, B2, 
C1, C2, D1, 
G, H1, H2, I1, 
I2, J 

2300 m 2.7 cm/kyr 37-72% 
(avg. 
52%) 

ODP 
Initial 
Reports 
Vol. 
171B 

ODP 
1051B 

North 
Atlantic 

C1, C2, D1, 
D2, E1, E2, 
F, G 

2300 m 3.1 cm/kyr 37-72%  
(avg. 
52%) 

ODP 
Initial 
Reports 
Vol. 
171B 

ODP 
690 

South 
Atlantic 

A, B1, B2, 
C1, C2, D1, 
D2, E1, E2, 
F, G, H1 

2000 m 2.4 cm/kyr 60-90% ODP 
Initial 
Reports 
Vol. 113 

ODP 
1262 

South 
Atlantic 

B1, B2, C1, 
C2, D1, D2, 
E1, E2, F, 
H1, H2, I1, 
I2, J 

3600 m 1.2 cm/kyr 85% Stap et 
al., 
2009; 
Zachos 
et al., 
2005; 
Zachos 
et al., 
2010 

ODP 
1263 

South 
Atlantic 

H1, H2 1500 m 1.7 cm/kyr 93% Stap et 
al., 
2009; 
Zachos 
et al., 
2005 

ODP 
1265 
 
 
 
 
 
 
 
 

South 
Atlantic 

H1, H2 2000 m 1.6 cm/kyr 92% Stap et 
al., 
2009; 
Zachos 
et al., 
2005 
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Table 3-1, Continued. 
Site Location Events 

Recorded 
Paleodepth Sedimentation 

Rate 
wt% 
CaCO3 

Source 

ODP 
1267 
(early 
Eocen
e) 

South 
Atlantic 

H1, H2 3000 m 1.1 cm/kyr 92% Stap et 
al., 
2009; 
Zachos 
et al., 
2005 

ODP 
1267 
(middl
e 
Eocen
e) 

South 
Atlantic 

C22rH2, 
C22nH2, 
C22nH3, 
C21rH1, 
C21rH5 

3000 m 0.6 cm/kyr 90% ODP 
Initial 
Reports 
Vol. 
208; 
Sexton 
et al., 
2011 

ODP 
1258 

Central 
Atlantic 

C22rH1, 
C22rH2, 
C22rH3, 
C22nH1, 
C22nH2, 
C22nH3,  
C22nH4, 
C21rH1, 
C21rH2, 
C21rH3, 
C21rH4, 
C21rH5, 
C21rH6 

3000 m 0.8 cm/kyr 51% Sexton 
et al., 
2006 

ODP 
1210 

Central 
Pacific 
 

C22rH2, 
C22nH2, 
C22nH3, 
C21rH1, 
C21rH5 

2000 m 0.7 cm/kyr 96% ODP 
Initial 
Reports 
Vol. 
198; 
Sexton 
et al., 
2011 

 

3.3 Results 

 Bulk carbonate stable isotope records have been used extensively to 

identify the existence of hyperthermal events (i.e. Cramer et al., 2003; Lourens et 

al., 2005; Stap et al., 2009; Zachos et al., 2010). Benthic foraminiferal records 
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are comparatively rare for the smaller hyperthermal events of the early Eocene—

aside from the PETM, the only benthic foraminiferal records are for Events H1  

 (also known as Elmo, Eocene Thermal Maximum-2, or ETM2) and H2. Figure 3-

3 shows the magnitude and duration of hyperthermals identified from high-

resolution bulk carbonate stable isotope data. There is no correlation between 

size and duration for these events. All events except for H1 are smaller in 

magnitude than 1‰, and all events are between 20-200 kyr in duration. Inter-site 

variability (indicated by the ±1σ error bars from the mean of all available records 

for each event) is large relative to the size of the recorded CIEs. The average 

CIE size is 0.48‰ and the average 1σ is 0.14‰. The amount of variability in the 

 

 

Figure 3-3. CIE size (‰) plotted against CIE duration (kyr) determined from bulk 
carbonate stable isotope data for Events A-L, C22rH2, C22nH2, C22nH3, 
C21rH1, and C21rH5. Error bars are ±1σ determined from all deep-sea 
expressions of each event. The single event with a mean CIE size greater than 
1‰ is the H1 (Elmo) event.  
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duration of each event across all available sites is similarly large; average 

duration is 79 kyr with an average 1σ of 23 kyr. From this plot, Elmo appears an 

outlier compared to the other events.  

Hyperthermals are typically assumed to represent increased greenhouse 

gas loading in the atmosphere and oceans—driving warming as well as 

carbonate dissolution. To assess the relationship between the amount of 

warming and the size of the carbon cycle perturbation, we compare δ18O 

excursions and δ13C excursions from bulk carbonate (Figure 3-4). Bulk carbonate 

δ18O excursions predominantly reflect the temperature history of some relatively 

undefined portion of the water column—most likely the upper ocean recorded in 

calcareous nannofossils—so we cannot directly convert these excursions to 

temperature changes. Further, the oxygen isotope fractionation in the formation 

of carbonate is more complicated than carbon isotope fractionation because 

oxygen is also exchanged with the ocean water in addition to the dissolved 

carbon species (Zeebe, 2007).  

However, there is a weakly positive correlation between the magnitude of 

excursions in δ18O and δ13C for each event recorded at each site. Bulk carbonate 

δ18O datasets show less variability than δ13C datasets (based on 1σ calculated 

from long-term records), and oxygen isotope excursions are typically smaller than 

carbon isotope excursions (slope of best fit line line <1 in Figure 3-4), suggesting 

that bulk carbonate δ18O is a less sensitive recorder of environmental changes in 

the water column. Other workers have suggested that δ18O records are more 
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often compromised by diagenesis compared to δ13C records, so bulk carbonate 

δ18O are often relatively neglected in studies identifying hyperthermals (Cramer 

et al., 2003, Zachos et al., 2010, Galeotti et al., 2010). We find it is not 

uncommon for δ18O to fail to record evidence of an excursion identified from δ13C 

data. Out of the 95 records of the early-middle Eocene CIEs included in Figure 3-

3, 22 show no clear δ18O excursion corresponding with the identified CIE.  

 

 

Figure 3-4. Bulk carbonate CIE size (‰) plotted against bulk carbonate OIE 
(oxygen isotope excursion) size (‰).  

 

While there are comparatively few benthic foraminiferal records for each 

event, these records are more reliable indicators of water chemistry than bulk 

datasets, 1) because the benthic foraminifer records indicate the chemistry of a 

specified portion of the water column (i.e. the sediment-water interface) and 2) 

mono-specific records mean there is a consistent offset from equilibrium 

fractionation of carbonate from seawater. With bulk records, it is impossible to 
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verify the precise composition of nannofossils that make up an individual sample 

or to understand how changing populations may affect the record. The goal in all 

these samples (both bulk and benthic) is to approximate changes in the isotopic 

composition of dissolved inorganic carbon—benthic foraminifera are arguably the 

most useful tracers for such an approximation (e.g. Zachos et al., 2001).  

 

 

Figure 3-5. CIE size (‰) plotted against CIE duration (kyr) determined from 
benthic foraminiferal stable isotope data for Events H1, H2, C22rH1, C22rH2, 
C22rH3, C22nH1, C22nH2, C22nH3, C22nH4, C21rH1, C21rH2, C21rH3, 
C21rH4, C21rH5, and C21rH6. Error bars are ±1σ determined from all deep-sea 
expressions of each event. The single event with a mean CIE size greater than 
1.5‰ is the H1 (Elmo) event.  

 

A comparison of the overall magnitude and duration of all available benthic 

foraminiferal records for the early-middle Eocene hyperthermals (excluding the 

PETM) does show a positive correlation between the size and duration of events 

(Figure 3-5). In addition, there is also a much stronger correlation between the 

size of the correlative excursions in δ18O and δ13C (Figure 3-6). This is most 
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likely a function of the generally larger benthic oxygen isotope excursions 

compared to bulk oxygen isotope excursions as well as the likelihood that benthic 

δ18O records are providing a better estimate of temperature change throughout 

than event than bulk carbonate δ18O. 

 

 

Figure 3-6. Benthic foraminiferal CIE size (‰) plotted against benthic 
foraminiferal OIE (oxygen isotope excursion) size (‰).  

 

For a more detailed analysis of the inter-site variation for individual events, 

we analyze high-resolution bulk carbonate stable isotope data generated in this 

study for events C22rH2, C22nH2, C22nH3, C21rH1, and C21rH5 from three 

sites (ODP Sites 1258, 1267, and 1210).  We compare these records to the 

original (lower-resolution) benthic foraminifer stable isotope records from Site 

1258 and lower resolution benthic foraminiferal stable isotope records from Site 

1210 and 1267 where available (Figure 3-7). We test the inter-site correlations 

developed from estimated wt% CaCO3 records (Figure 3-2) by plotting all stable 
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Figure 3-7. High-resolution records of events (from top to bottom) C22rH2, 
C22nH2, C22nH3, C21rH1, and C21rH5 from ODP Site 1258 (black), 1267 (grey) 
and 1210 (blue). Bulk records (closed circles) are of higher resolution than 
benthic records (open squares) where they exist. For each event, both carbon 
isotopes and oxygen isotopes are plotted. All records are plotted over a 100 kyr 
interval except for C22nH3 at ODP Site 1210, which is plotted over 120 kyr.
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Figure 3-7, Continued. 
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Figure 3-7, Continued. 

 

isotope records on our original age models, without any tuning based on feature 

in the isotopic data. Such tuning could actually introduce additional error since 1) 

wt% CaCO3 decreases and isotope excursions are always synchronous at a 

given site and 2) site-specific characteristics can influence both the magnitude 

and apparent timing of the event (see Chapter 5). There is a large amount of 

inter-site variability for each event, though more so for some events.  
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 C22rH2 is perhaps the clearest of the five events. The bulk carbonate 

carbon and oxygen isotope records are very similar to benthic records for the 

event at ODP Site 1258 in both magnitude and duration. Additionally, the carbon 

and oxygen isotope excursions are apparent in bulk carbonate records from ODP 

Site 1267 and 1210, and are broadly similar in shape and overall duration. 

Excursions are also relatively clear in both bulk and benthic carbon and oxygen 

isotopes at all three sites for both C22nH3 and C21rH1. In contrast, C22nH2 

shows no obvious bulk carbonate CIE at ODP Site 1267, though a benthic CIE is 

clear, and oxygen isotope records are difficult to interpret at all three sites (with 

either inconsistent results between bulk and benthic records, or no clear 

excursion at all). Excursions are also particularly difficult to identify for C21rH1 at 

ODP Site 1267, though there is a long-term decreasing trend in the bulk 

carbonate carbon isotopes, which may correspond to the onset of the excursion, 

which appears relatively slow in the benthic foraminiferal carbon isotope record 

from ODP Site 1258. 

 To summarize results of our inter-site records for these five events, we 

compare bulk to benthic carbon isotope excursion size, oxygen isotope excursion 

size, and duration. We include only events where both bulk and benthic data 

exist from multiple sites, so in addition to three of the C22r-C21r events, we also 

use records of the Elmo and H2 events, since both have multi-site benthic 

foraminiferal records (Figure 3-8).  
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Figure 3-8. For each plot A-C, black markers indicate the mean for each event 
and error bars indicate ±1σ calculated from records for all available sites. A) 
Benthic CIE size (‰) vs. bulk carbonate CIE size (‰) for Elmo, H2, C22nH2, 
C22nH3, and C21rH1. B) Benthic OIE size (‰) vs. bulk carbonate OIE size (‰) 
for Elmo, H2, C22nH2, C22nH3, and C21rH1. C) Benthic CIE duration (kyr) vs. 
bulk carbonate CIE duration (kyr) for Elmo, H2, C22nH2, C22nH3, and C21rH1. 
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 Comparing benthic foraminiferal to bulk carbonate records shows that 

there is generally good agreement between benthic foraminifera and bulk 

carbonate for the characteristic size and duration of a given event, though the 

correlation is the weakest for oxygen isotope records. This is consistent with our 

expectation that bulk carbonate oxygen isotope records tend to be the least 

reliable indicators of an event. Benthic carbon isotope excursions are generally 

larger at a given site than bulk carbonate carbon isotope excursions, though 

there are a few examples of bulk carbonate CIEs exceeding benthic foraminiferal 

CIEs in magnitude (H1 at ODP Site 1263, C22nH2 at ODP Sites 1210 and 1267, 

C22nH3 at ODP Site 1267). Our results support the use of bulk carbonate 

records to determine the relative size of different events where benthic 

foraminiferal data are unavailable.  

 We also compare, for all sites where available, changes in wt% CaCO3 

corresponding to each carbon isotope excursion (Figure 3-9). A common feature 

among most events is that the minimum in wt% CaCO3 occurs before the most 

negative carbon isotope values are reached. This is not an artifact of age models, 

core splices, or inter-site correlations because plots show bulk carbon isotope 

data and estimated wt% CaCO3 records for the exact same intervals of core.  

The only other sites for which there are detailed records of wt% CaCO3 

corresponding with isotope data are from the Walvis Ridge transects of Elmo and 

H2 from Stap et al., 2009. Again, wt% CaCO3 and bulk carbonate carbon isotope 

data follow the same age model for the same samples. For these events, the 
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Figure 3-9. High-resolution records of bulk carbonate carbon isotopes at ODP 
Sites 1258 (black lines), 1267 (grey lines), and 1210 (blue lines) plotted against 
estimated wt% CaCO3 (red lines) for each site for events C22rH2, C22nH2, 
C22nH3, C21rH1, and C21rH5.
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Figure 3-9, Continued. 

 

lead of the carbonate minima compared to the carbon isotope excursion is 

apparent for H2, but not for the Elmo event (Figure 3-10). For Elmo, carbon 

isotope and wt% CaCO3 records either show synchronous minima, or the wt% 

CaCO3 minima are slightly delayed. Decreases in wt% CaCO3 are considerably 

larger for Elmo than the other hyperthermals, suggesting a connection between 

the size of the recorded wt% CaCO3 decrease and its temporal lead.  

Stap et al., 2009, suggested that the wt% CaCO3 decreases associated 

with Elmo equated to large amounts of dissolution (as much as 96% at Walvis 

sites). In contrast, the smaller wt% CaCO3 decreases associated with the other 
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hyperthermals (including H2), do not indicate large amounts of dissolution. 

Rather, we suggest that they are the result of decreased carbonate accumulation  

 

 

Figure 3-10. High-resolution records of bulk carbonate carbon isotopes at ODP 
Sites 1263, 1265, 1267, and 1262 (black lines) plotted against estimated wt% 
CaCO3 (red lines) for each site for events H1 (Elmo) and H2. All data are from 
Stap et al., 2009. Orange lines indicate the peak of the carbon isotope excursions 
for H1 and H2. 
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on the seafloor related to decreased sea surface production. Changes resulting 

from conditions at the sea surface may be expected to register much more 

rapidly than changes in the whole ocean dissolved inorganic carbon isotopic 

composition, explaining the lead in reduced wt% CaCO3 compared to the carbon 

isotope excursion for the small events. 

 In contrast, extensive dissolution is the result of changes in the carbonate 

compensation depth, which should have a longer timescale, comparable to that 

required for recording the isotopic change. When extensive dissolution occurs, 

this will make the wt% CaCO3 minima correspond to the carbon isotope minima. 

Further, the wt% CaCO3 records for Elmo (Figure 3-10) show small decreases in 

wt% CaCO3, followed by short-lived recoveries, preceding the main wt% CaCO3 

decrease at ODP Sites 1263, 1265, and 1267. These small decreases may 

represent the early signal of reduced carbonate production and export from the 

sea surface, in contrast to the dissolution indicated by the subsequent wt% 

CaCO3 decrease.  

To compare the magnitude of wt% CaCO3 decrease between sites with 

different initial wt% CaCO3 values and to compare the wt% CaCO3 decrease to 

the size of the carbon isotope excursion, we calculate the magnitude of the 

normalized wt% CaCO3 decrease at each site as  

                                                   wt% CaCO3 (initial) – wt% CaCO3 (final) 
Δn wt% CaCO3       =                  wt% CaCO3 (initial) 
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As explained by Panchuk, 2007, the benefit of this method (as opposed to 

simply calculating the change in wt% CaCO3 at each site) is that the normalized  

wt% CaCO3 decrease can account for the different amount of dissolution 

suggested by two sites with the same magnitude of wt% CaCO3 decrease but 

different initial wt% CaCO3.  

 There is a positive correlation between the size of the carbon isotope 

excursion and the magnitude of the normalized wt% CaCO3 decrease at a given 

site (Figure 3-11). However, the strength of this positive correlation derives from 

the inclusion of data for Elmo. Excluding all Elmo records from cross-plots of 

benthic carbon isotope excursion magnitude and normalized wt% CaCO3 

decrease results in no correlation between the two (R2=0.0074).  

 

 

Figure 3-11. Benthic foraminiferal carbon isotope excursion magnitude plotted 
against normalized wt% CaCO3 decrease at each individual site from which both 
types of data are available (these are for events H1, H2, C22nH2, C22nH3, and 
C21rH1).  
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 The weak correlation suggests that using the magnitude of normalized 

wt% CaCO3 decrease alone is a poor predictor of the size of a carbon isotope 

excursion, especially for smaller events that do not cause extensive dissolution. 

Researchers should therefore use caution in interpreting magnetic susceptibility 

records or Fe intensity data derived from X- ray fluorescence scanning to suggest 

the relative magnitude of isotopic change that may be indicated by peaks in these 

proxies. Finally, we find that for individual events, the magnitude of normalized 

wt% CaCO3 decrease is consistently greatest at the deepest sites. 

 

3.4 Discussion 

3.4.1 Causes of inter-site variability  

A primary result from both our assessment of multi-site records of the A-L 

hyperthermals and our new multi-site datasets for events C22rH2, C22nH2, 

C22nH3, C21rH1, and C21rH5 is that there is a great deal of inter-site variability 

in the sedimentary expression of various events apparent from both bulk 

carbonate and benthic foraminiferal datasets. The extent of inter-site variability 

for individual events in the magnitude of the carbon isotope excursion is slightly 

smaller for benthic foraminiferal records than for bulk carbonate, especially when 

considered relative to the size of the recorded excursion. For instance, in 

comparing only events where both bulk carbonate and benthic foraminiferal data 

exist, the average 1σ for benthic CIEs represents 13% of the size of the mean 
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benthic CIE. In contrast, the average 1σ for bulk carbonate CIEs represents 23% 

of the size of the mean bulk CIE. The same relationship holds for comparison of 

the magnitude of oxygen isotope excursions and the duration of events between 

benthic and bulk carbonate records—i.e. bulk records show more inter-site 

variability compared to benthic records.  

 In order to assess possible site-specific controls on the shape (magnitude 

and duration) of the carbon isotope excursions recorded at each site, we 

compare the magnitude and duration of carbon isotope excursions from each 

site, normalized to the mean magnitude and duration from all sites for a given 

event, to paleodepth, sedimentation rate, and initial wt% CaCO3. By normalizing 

each siteʼs record of an eventʼs magnitude and duration to the mean magnitude 

and duration of that event from all available sites, we are able to correct for the 

fact that we do not have records of each event from a full range of sites with 

different conditions. In these analyses, we include both bulk and benthic records 

(Figure 3-12).  

Overall, correlations between site characteristics and the magnitude and 

duration of carbon isotope excursions is relatively weak, and there are no 

correlations between duration and site characteristics with an R2 >0.1. The 

strongest correlation is between the magnitude of the carbon isotope excursion 

and the initial wt% CaCO3 (R2 = 0.11687). Sites with higher wt% CaCO3 record 

relatively smaller excursions. There is also a positive correlation between 

paleodepth and CIE magnitude (R2 = 0.10924), where greater paleodepths are  
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Figure 3-12. Comparison of individual site characteristics with the size and 
duration of carbon isotope excursions from all available bulk and benthic records. 
Both CIE magnitude and duration for each record are normalized to the mean 
size and duration of that event calculated from all available sites. A site where the 
CIE has the exact same magnitude as the mean CIE from all sites would have a 
normalized CIE magnitude of 1. A) Paleodepth versus normalized CIE size. B) 
Sedimentation rate versus normalized CIE size. C) Initial wt% CaCO3 versus 
normalized CIE size. D) Paleodepth versus normalized CIE duration. E) 
Sedimentation rate versus normalized CIE duration. F) Initial wt% CaCO3 versus 
normalized CIE duration.
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Figure 3-12, Continued. 

 

associated with larger CIEs (greater paleodepths typically correspond to lower 

initial wt% CaCO3. 

Though the correlations are weak, this result is counterintuitive. For the 

PETM, the opposite is generally true—shallower sites and sites on carbonate 
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platforms and continental margins record some of the largest CIEs (i.e. Panchuk, 

2007; John et al., 2008; Robinson, 2010). Depth transects for the PETM and 

Elmo developed from Walvis Ridge in the Southern Atlantic (data from these 

sites for Elmo and H2 have been used in analyses here) show larger CIEs at 

shallower sites (Zachos et al., 2005; Stap et al., 2009). For H2, the relationship 

between depth and CIE size from the Walvis Ridge transect is less conclusive.

 The explanation for the depth-size relationship for the PETM and Elmo is 

usually that the more extensive dissolution at deeper sites means that sediments 

do not record the most depleted isotopic values (Zachos et al., 2005; Panchuk, 

2007; Stap et al., 2009). Specifically, Panchuk, 2007, finds that the most 

significant factor in the recorded size of the PETM at a given site is the delay 

between the recovery of the isotopic composition of dissolved inorganic carbon 

and the resumption of sedimentation after the dissolution pulse has ceased. 

Given that dissolution is significantly less substantial for the smaller 

hyperthermals compared to Elmo and the PETM, the likeliest explanation for the 

counter-intuitive relationship between paleodepth, initial wt% CaCO3, and CIE 

size is that without substantial dissolution, paleodepth and the amount of 

carbonate available for dissolution are much less significant factors in recording 

the true CIE size. 

 A more surprising result is the lack of correlation between sedimentation 

rate and carbon isotope excursion size or duration. Panchuk, 2007, suggested 

that bioturbation is a significant factor in the size of the PETM CIE recorded at a 
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given site, since bioturbation returns older, isotopically heavy carbonate to the 

sediment surface during an event, damping the apparent excursion size. By 

mixing depleted carbonate down the sediment column, bioturbation might also 

increase the apparent duration of an event. If bioturbation intensity were 

equivalent at every site, sedimentation rate would control the impact of 

bioturbation on the sediment record by determining the total age of the mixed 

layer of sediment.  

Sedimentation rate is likely the most uncertain of all our calculated site 

characteristics for the hyperthermal events assessed here. We calculate the 

sedimentation rate for each site by a linear line of best fit through age-depth plots 

for each site over 2-4 myr intervals (for ODP Site 1267, which we use for both the 

H1 and H2 events as well as the C22r-C21r events, we calculate sedimentation 

rate separately for these two intervals). This method ignores shorter-term 

changes in sedimentation rate, which are both likely and potentially larger (for 

instance, we use an average sedimentation rate for ODP Site 1210 of 0.7 cm/kyr, 

but during the interval over which hyperthermals occur, our age models suggest 

sedimentation rates vary between 0.3-1.5 cm/kyr and for ODP Site 1267, the 

early-middle Eocene average sedimentation rate of 0.6 cm/kyr masks variations 

between 0.2-1.8 cm/kyr.  

 Further, the age models on which sedimentation rates are based add 

uncertainty. All the age models used for the datasets presented here are based 

on astronomically tuning cycles present in physical property data (estimated wt% 
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CaCO3, magnetic suceptibiliy, and Fe intensity) (Cramer et al., 2003; Stap et al., 

2009, Zachos et al., 2010; Sexton et al., 2011). Such methods do not always 

agree on either the orbital frequency represented by sediment cycles or with 

alternative methods for age model calibration (including extraterrestrial 3He). 

However, separately assessing inter-site records for individual events does 

suggest that the site with the lowest sedimentation rate (DSDP Site 577, with a 

sedimentation rate of ~0.3 cm/kyr) consistently records the smallest early Eocene 

carbon isotope excursions compared to other sites. In general, it is reasonable to 

assume that higher sedimentation rate sites will yield less biased records of 

hyperthermals.  

 

3.4.2 Significance of event shape 

Assessing records of hyperthermal events in detail (i.e. Figure 3-7) 

demonstrates the wide variety of event shapes. The characteristic shape of the 

PETM is asymmetrical—there is a very abrupt onset (perhaps <10 kyr) followed 

by a plateau of depleted isotopic values for a few tens of thousands of years, and 

a recovery over approximately 100 kyr (Cohen et al., 2007). In contrast, Elmo has 

a more symmetrical shape, with an extended onset over around 50 kyr and a 

recovery of equal duration (Stap et al., 2009; Stap et al., 2010). For the remaining 

A-L and C22r-C21r hyperthermals, there are all sorts of event shapes—some 

have relatively rapid onsets and slow recoveries, some are almost perfectly 
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symmetrical, and others have recoveries that appear more abrupt than their 

onsets.  

Given that event shape is determined by the relative duration of onset, 

peak, and recovery, the inferred shape of an event is highly dependent on the 

assigned age model. Just as disagreement over the duration of the PETM 

derives from differences in the calculated length of the long recovery interval 

between astronomical versus 3He-based age models (Norris and Rohl, 1999; 

Farley and Elgroth, 2003; Rohl et al., 2007), changes in sedimentation rate 

throughout an event can greatly impact apparent event shape. Differences in 

site-specific characteristics can also alter event shape based on, for example, 

inter-site differences in mixing intensity and dissolution.  

 

Figure 3-13. Comparison of the shapes of the C22r-C21r hyperthermal events 
from a single site (ODP Site 1258). All carbon isotope records are adjusted so 
that the onset of an event is at 0 ‰ and 0 Ma. All benthic data are from Sexton et 
al., 2011. A) C21r events 1-6. B) C22n events 1-4. C) C22r events 1-3. 

	  
To provide an example of the range of shapes among different events at a 

single site, where a consistent age model is used for each event, we analyze all 



 

84 

13 benthic foraminiferal δ13C records from events C22r-C21r in detail using 

datasets from Sexton et al., 2011 (Figure 3-13). We adjust records for each event 

to a common starting point (time=0, δ13C=0 ‰). We identify the starting point for 

each event as the point of most positive δ13C before values begin to decline 

towards the excursion. In each case, we select the end of the event as where 

δ13C reaches a value at least as positive as the starting point.  

Roughly, it is possible to group the events into two characteristic shapes—

those with durations of less than 48 kyr (the mean duration for all events) and an 

abrupt onset to excursion values (less than half the eventʼs total duration), and 

those with a duration of more than 48 kyr and a slow onset (more than half the 

eventʼs total duration). Events C22rH1, C22rH2, C22rH3, C22nH1, C22nH3, 

C21rH1, C21rH2, C21rH3, C21rH4 fall into the first category, and C22nH2, 

C22nH4, and C21rH5 fall into the second. C21rH6 is the only event that does not 

fit this classification, with a total duration of more than 48 kyr, but an onset less 

than half of the total duration.  

It is unlikely that the age model overly impacts the differences in shape 

between these 13 events, since event shapes persist when plotting each carbon 

isotope record against depth rather than calculated age. In addition, the few 

events with relatively slow onsets show many more data points between the 

onset of the event and the peak of the excursion compared to events with 

relatively rapid onsets—demonstrating the slow onsets are not imposed by the 

age model. 
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Where we have generated additional very high-resolution bulk carbonate 

records, the carbon isotope data supports the description of event shape inferred 

from analysis of the lower resolution benthic foraminiferal carbon isotope records. 

This suggests our assessment of event shape is not strongly affected by aliasing.  

3.4.3 How many hyperthermals were there? 

Our high-resolution bulk carbonate stable isotope records for events 

C22rH2, C22nH2, C22nH3, C21rH1, and C21rH5 typically show smaller 

excursions compared to benthic foraminiferal records from the same site, and 

benthic foraminiferal isotope records for C22nH2, C22nH3, and C21rH1 from 

ODP Sites 1210 and 1267 also show smaller excursion than those originally 

identified at ODP Site 1258. The smallest of the five events selected for high 

resolution, multi-site analysis, C21rH5, shows a benthic foraminiferal CIE of 

0.65‰ at ODP Site 1258 and a bulk carbonate CIE of 0.66‰; however, bulk 

carbonate CIEs are less than 0.3‰ at Sites 1210 and 1267. At such a small size, 

it becomes difficult to confidently identify an event from background variability.  

We attempt to define criteria for identifying hyperthermals from 

background variability in carbon isotope records. To do this, we use the long-term 

benthic foraminiferal δ13C record from ODP Site 1258 for the C22r-C21r 

hyperthermals, and for the A-L hyperthermals, we use long-term bulk carbonate 

carbon isotope records from DSDP 550, DSDP 577, ODP 1051A, ODP 1051B, 

ODP 690, and ODP 1262. We define unusual short-term variability as excursions 

that exceed a magnitude of 2σ, calculated from each record after removing 
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Figure 3-14. Long-term carbon isotope records for the early Eocene from DSDP 
550, DSDP 577, ODP 1051A, ODP 1051B, ODP 690, ODP 1262 (bulk carbonate, 
from Cramer et al., 2003), and for the early-middle Eocene from ODP Site 1258 
(benthic foraminifera, from Sexton et al., 2011). Early Eocene records are plotted 
on age models relative to the timing of the PETM from Cramer et al., 2003, and 
the early-middle Eocene record is plotted on the age model from Sexton et al., 
2011. Center red lines indicate lines of best fit for de-trended records and 
envelope indicates ±1σ calculated from de-trended record. We de-trend each 
record using a polynomial line of best fit (best fit lines shown in Figure 3-A1). 
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Figure 3-14, Continued. 
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Figure 3-14, Continued. 
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Figure 3-14, Continued. 

 

long-term trends from the data by de-trending datasets using a polynomial line of 

best fit with order based on the length of each record (see Figure 3-14 and Figure 

3-A1). Before de-trending early Eocene records, we remove the carbon isotope 

data corresponding to the PETM, since this event is an extreme outlier from 

background variability. If an ʻeventʼ fails to exceed this threshold, it grades into 

background variability, and it becomes difficult to justify it as an anomaly.  

 When we compare assessed CIE sizes to the 2σ values for each site, we 

eliminate different events from each site (see Table 2). This highlights the degree 

of inter-site variability in records of hyperthermals. Our analysis suggests 

removing some events from consideration as anomalies: events A and G are 

eliminated from all site, and events D1, E1, E2, and F are eliminated from more 
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than half of the sites from which they were originally identified. In the record from 

Sexton et al., 2011, events C22nH2 and C22nH4 fail to pass the threshold and 

C22rH1 is very close, suggesting that there are perhaps only 10 events that 

justify the label of ʻhyperthermalʼ in this record. 

 

Table 3-2. Comparison of CIE sizes to 2σ values calculated from de-trended 
long-term carbon isotope records. 

Site Identified CIEs CIEs failing to pass 2σ 
threshold 

DSDP 550 C1, C2, D1, D2, E1, E2, F, H1, 
H2, I1, I2, J, K,L 

E2, H2 

DSDP 577 A, B1, B2, C1, C2, D1, F, H1, 
H2, I1, I2, J, K 

A, C2, D1, F, I2 

ODP 1051A A, B1, B2, C1, C2, D1, G, H1, 
H2, I1, I2, J 

A, B2, C1, D1, G, I2, J 

ODP 1051B C1, C2, D1, D2, E1, E2, F, G C1, D2, E1, F, G 
ODP 690 A, B1, B2, C1, C2, D1, E1, E2, 

F, G, H1 
A, D1, E1, E2, F, G 

ODP 1262 B1, B2, C1, C2, D1, D2, E1, 
E2, F, H1, H2, I1, I2, J 

C2, E1, E2 

ODP 1258 C21r-C22r C22nH1, C22nH4 
 

 From Table 2, it appears that some sites are better recorders of 

hyperthermals than others. This raises the question of whether variability that 

passes the threshold at a single site is justifiably a hyperthermal event, or if some 

sites are more sensitive recorders of short-term variability. Aside from previously 

discussed site characteristics, including paleodepth, sedimentation rate, and 

carbonate content, other inter-site differences may explain the appearance of 

more short-term excursions appearing to pass the threshold for defining 

anomalies at some sites compared to others. For example, a siteʼs position 
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relative to the location of bottom water formation may make an event a 

particularly sensitive recorder to changes in overturning strength.  

Lunt et al., 2010, used a fully coupled atmosphere-ocean general 

circulation model configured for the Eocene to demonstrate the sensitivity of 

overturning circulation to changes in seasonality in a high CO2 world, with the 

transition from minimum to maximum precession-modulated eccentricity (for 

maximum southern hemisphere seasonality) driving a slow-down in deep water 

formation in the southern Atlantic. In addition to causing intermediate water 

warming, such a slowdown could alter the chemistry of a nearby siteʼs overlying 

water mass. Sites far from the location of overturning at the ʻendʼ of the deep 

water flow path may not record such transitions as strongly as nearby sites. 

 Lunt et al., 2010, suggested that this mechanism could explain the 

intensity of deep-sea dissolution at Walvis Ridge in the South Atlantic during the 

PETM compared to other sites, but it could also explain regional differences in 

the number of apparent hyperthermals during the early Eocene. Transitions 

between two different water masses bathing a site (such as corrosive, relatively 

negative δ13C bottom water and relatively younger bottom waters) could explain 

both isotopic excursions and estimated % CaCO3 decreases. 

 Another variable factor among sites is the position of the CCD.  Studies 

have demonstrated regional differences in the position of the CCD before and 

across the PETM (Panchuk et al., 2008; Zeebe et al., 2009). Differences in both 

the depth of the CCD at a given site (influencing the siteʼs carbonate content) but 
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also in the extent of CCD shoaling and the rate of recovery of the CCD at a given 

location (influencing the magnitude of changes in carbonate content) can 

influence the size of the recorded excursion (i.e. Panchuk, 2007). Further, sites 

may respond differently to orbitally paced changes in the export ratio of 

carbonate to organic carbon from the sea surface. Models attempting to assess 

the presence of orbital forcing in carbon isotope records typically involve 

parameterizing fluctuations in this ratio (Palike et al., 2006; Russon et al., 2010). 

However, orbital forcing varies with latitude, so it is likely that the latitude of 

different sites will influence the magnitude of changes in this ratio and thus 

influence the threshold for identifying an anomalous event. 

Finally, inaccuracies in age models and inter-site correlations might also 

explain the mismatch between events identified at each site. Identifying extreme 

events like the PETM at multiple sites may be relatively straightforward, but when 

events are small and the timescales separating events are shorter than the age-

depth tie-points available from bio- or magnetostratigraphy, cycle counting can 

introduce errors by inaccurately representing the number of cycles or the 

dominant orbital frequency recorded at a given site. Differences in sedimentation 

rate between sites can further affect cycle counting by acting as a filter on the 

frequencies preserved.  

Inter-site differences in the number of apparent hyperthermal events 

suggest using caution in identifying an isotope excursion recognized at a single 

site as a global hyperthermal event. As a first criterion, it is important to establish 
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that the identified event is truly anomalous in the context of that siteʼs background 

variability. Inter-site expressions of an event are important to assess its 

occurrence, particularly in order to rule out the original record as unusual as a 

result of local characteristics. In particular, records of an event from widely 

spaced sites unlikely to be influenced by local or regional changes in an 

individual water mass would provide the strongest evidence that an event is 

global. 

 

3.4.4 Long-term hyperthermal sequence 

Competing hypotheses for the mechanism to explain the occurrence of 

repeated hyperthermal events in the early Eocene include repeated, orbitally 

paced releases of carbon from methane hydrates, permafrost carbon, or peat 

(Lunt et al., 2011, DeConto et al., 2012, Zachos et al., 2010). However, all of 

these hypotheses address only the sequence of hyperthermals in the early 

Eocene. Sexton et al., 2011, separately suggested that release of dissolved 

organic carbon from a deep abyssal ocean reservoir could drive the C22r-C21r 

hyperthermals.  However, the overall similarity in size and duration between the 

early Eocene and early-middle Eocene hyperthermals suggests that a common 

mechanism to explain all of them is plausible. Most records of the early Eocene 

sequence of hyperthermals leading up to the EECO stop around 52.5 Ma, and 

there are currently no high-resolution records from ~52.5-50 Ma (the interval 

between event L and event C22rH1). Many of the hypothesized mechanisms for 



 

95 

Figure 3-15. Threshold model of orbitally-paced methane hydrate release and 
abrupt warming events during the early-middle Eocene adapted from Lunt et al., 
2011. A) Eccentricity forcing derived from the eccentricity component of the 
astronomical solution from Laskar et al., 2004, for the interval 40-58 Ma 
combined with a linear warming trend for the interval 58-50 Ma, followed by a 
linear cooling trend from 50-40 Ma. Dotted line indicates the threshold where 
eccentricity forcing will result in a slowdown of overturning circulation and 
intermediate water warming (threshold defined by GCM model results from Lunt 
et al., 2011). B) Intermediate ocean temperatures reflecting background 
warming/cooling trend and abrupt increases in intermediate ocean temperature 
as a result of eccentricity maxima-induced slow-down in overturning circulation. 
C) Storage of methane hydrates—total potential storage is based on background 
temperature and is smaller for warmer climate. Release events occur when 
forcing crosses the threshold in A. D) Global mean temperature, reflecting the 
occurrence of abrupt warming events corresponding to times when forcing 
crosses the threshold in A. The magnitude of each abrupt warming event is 
related to the size of the available hydrate reservoir (itself a function of 
background temperature). 
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the multiple hyperthermals of the early Eocene suggest that the sequence ended 

when temperatures became too warm to allow the maintenance of a sufficiently 

large, perturbable carbon reservoir (Lunt et al., 2011; DeConto et al., 2012). 

None of these studies suggests that hyperthermals might be expected to restart 

once global temperature cooled slightly at the end of the EECO.  

 We used the threshold model of Lunt et al., 2011, to test whether it is 

conceptually plausible to link the occurrence of repeated warming events during 

background cooling following peak warmth at the height of the EECO to the 

repeated events during the warming trend preceding the EECO. Lunt et al., 2011, 

developed the threshold model using the observation from general circulation 

model results that eccentricity forcing (causing variations in seasonality) could 

lead to changes in overturning circulation and intermediate water warming. The 

threshold to this circulation switch was dependent on background climate, 

simulated as a function of CO2 driven warming. This finding provided a 

mechanism to explain repeated releases from a hydrate reservoir, which 

increased in frequency as a result of the background warming trend of the early 

Eocene, yet decreased in magnitude as the potential available hydrate reservoir 

diminished in size. Lunt et al., 2011, emphasized that the model is not 

conceptually exclusive to hydrates as the carbon source; a similar mechanism 

could account for orbitally-paced release of carbon from another reservoir—such 

as permafrost, dissolved organic carbon, or peat.  
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We modified the orbital forcing in the threshold model to add eccentricity 

forcing until 44 Ma, and followed the linear warming trend with a linear cooling 

trend (to simulate the end of the EECO). The modified forcing produced a series 

of events imposed on the cooling trend in addition to those previously identified 

for the warming trend of the early Eocene. The events superimposed on the 

cooling trend are closely spaced because as temperatures cool, the climate is 

still close to the threshold for carbon release and can cross it at practically every 

eccentricity maxima (Figure 3-15). As the temperatures decline, the potential 

carbon reservoir refills, but at some point, background temperatures decline to a 

level where the reservoir is stable despite eccentricity forcing. 

While this model is highly tunable—especially in terms of the rate of 

recharge of the perturbable carbon reservoir and the rate of warming and cooling 

across the early-middle Eocene, our results suggest that it is logical to extend 

hypotheses for the early Eocene hyperthermals to include those recorded in the 

early-middle Eocene. In addition to similar structure in terms of magnitude and 

duration, these events occur in an interval where the combination of large 

changes in global temperature and orbital forcing may have led to major  

instability in the global carbon cycle, resulting in climate-carbon cycle interactions 

of a magnitude more commonly associated with Plio-Pleistocene glaciations.  
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3.5 Conclusions 

We have demonstrated that the more commonly known sequence of 

hyperthermals in the early Eocene extends into the early-middle Eocene by 

identifying that at least some of the C22r-C21r hyperthermals are global and 

similar in size and duration to the A-L hyperthermals. Records of hyperthermal 

events show considerable inter-site variability, which is not a simple function of 

any single site characteristic, but rather a complicated function of factors 

including the siteʼs latitude, paleodepth, position relative to sites of deep water 

formation, the local depth of the lysocline, the rain ratio of carbonate to organic 

carbon exported from the sea surface, total sedimentary carbonate content, and 

sedimentation rate. As a result of these variations, it is not always possible to 

conclusively identify an event at every site, even when no obvious stratigraphic 

gaps are present.  

Some of the early-middle Eocene hyperthermals are so small that they 

grade into background variability. Defining a threshold for identifying events at 

individual sites, we have demonstrated that some of the previously identified 

events may not justifiably be termed hyperthermals. In particular, events A, G, 

C22nH1, and C22nH4 are most likely not major global events. If carbon cycle 

variability in the Eocene represents a continuum of scales, then perhaps the 

hyperthermal terminology is misleading. While the PETM, and probably Elmo, are 

clearly outliers among the carbon cycle and climate variability of this interval, the 
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smaller events appear more as nodes in orbital forcing of the carbon and climate 

cycle. 

 

Chapter 3, in part, is currently being prepared for submission for 

publication. I am the primary investigator and author of this paper in collaboration 

with co-authors Philip Sexton and Richard Norris. 
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 Figure 3-A1. Long-term carbon isotope records for the early Eocene from DSDP 
550, DSDP 577, ODP 1051A, ODP 1051B, ODP 690, ODP 1262 (bulk carbonate, 
from Cramer et al., 2003), and for the early-middle Eocene from ODP Site 1258 
(benthic foraminifera, from Sexton et al., 2011). Early Eocene records are plotted 
on age models relative to the timing of the PETM from Cramer et al., 2003, and 
the early-middle Eocene record is plotted on the age model from Sexton et al., 
2011. Center red lines indicate polynomial lines of best fit with order specified for 
each record based on the recordʼs length. We de-trend each record using these 
calculated lines of best fi in Figure 3-14.
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Figure 3-A1, Continued. 
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Figure 3-A1, Continued. 
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Figure 3-A1, Continued. 
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Table 3-A1. High-resolution bulk carbonate carbon and oxygen isotope data for 
Events C22rH2, C22nH2, C22nH3, C21rH1, and C21rH5 from ODP Sites 1258, 
1267, and 1210. 
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 
C22rH2               

1258 A 7 3 136 49.8751 1.195 -1.358 
1258 A 7 3 137 49.8759 1.298 -1.269 
1258 A 7 3 138 49.8767 1.332 -1.275 
1258 A 7 3 139 49.8775 1.252 -1.446 
1258 A 7 3 140 49.8783 1.354 -1.338 
1258 A 7 3 141 49.8791 1.166 -1.210 
1258 A 7 3 142 49.8798 1.330 -1.351 
1258 A 7 3 143 49.8806 1.290 -1.268 
1258 A 7 3 144 49.8814 1.240 -1.359 
1258 A 7 3 145 49.8822 1.302 -1.288 
1258 A 7 3 146 49.8830 1.068 -1.307 
1258 A 7 3 147 49.8838 1.046 -1.305 
1258 A 7 3 148 49.8845 1.057 -1.259 
1258 A 7 3 149 49.8853 1.012 -1.303 
1258 A 7 3 150 49.8861 1.093 -1.448 
1258 A 7 4 0 49.8861 1.255 -1.483 
1258 A 7 4 1 49.8869 1.153 -1.520 
1258 A 7 4 2 49.8877 1.253 -1.520 
1258 A 7 4 3 49.8885 1.091 -1.520 
1258 A 7 4 4 49.8892 1.122 -1.351 
1258 A 7 4 5 49.8900 1.303 -1.663 
1258 A 7 4 6 49.8908 0.998 -1.282 
1258 A 7 4 7 49.8916 1.224 -1.402 
1258 A 7 4 8 49.8924 1.296 -1.317 
1258 A 7 4 9 49.8931 1.088 -1.160 
1258 A 7 4 10 49.8939 1.145 -1.317 
1258 A 7 4 11 49.8947 1.166 -1.293 
1258 A 7 4 12 49.8955 1.157 -1.313 
1258 A 7 4 13 49.8963 0.922 -1.922 
1258 A 7 4 14 49.8971 1.084 -1.234 
1258 A 7 4 15 49.8979 1.061 -1.210 
1258 A 7 4 16 49.8986 1.009 -1.301 
1258 A 7 4 17 49.8994 0.954 -1.549 
1258 A 7 4 18 49.9002 0.917 -1.577 
1258 A 7 4 19 49.9010 1.027 -1.439 
1258 A 7 4 20 49.9018 1.114 -1.551 
1258 A 7 4 21 49.9025 1.181 -1.528 
1258 A 7 4 22 49.9033 1.175 -1.396 
1258 A 7 4 23 49.9041 1.101 -1.555 
1258 A 7 4 24 49.9049 1.154 -1.636 
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Table 3-A1, Continued. 
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1258 A 7 4 25 49.9057 1.071 -1.653 
1258 A 7 4 26 49.9064 0.985 -1.546 
1258 A 7 4 27 49.9072 1.124 -1.609 
1258 A 7 4 28 49.9080 0.872 -1.590 
1258 A 7 4 29 49.9087 0.776 -1.577 
1258 A 7 4 30 49.9095 1.056 -1.713 
1258 A 7 4 31 49.9102 0.704 -1.552 
1258 A 7 4 32 49.9109 0.645 -1.726 
1258 A 7 4 33 49.9116 0.759 -1.718 
1258 A 7 4 34 49.9122 0.720 -1.753 
1258 A 7 4 35 49.9128 0.778 -1.777 
1258 A 7 4 36 49.9135 0.682 -1.711 
1258 A 7 4 37 49.9141 0.976 -2.002 
1258 A 7 4 38 49.9147 1.062 -1.932 
1258 A 7 4 39 49.9153 0.907 -1.835 
1258 A 7 4 40 49.9160 0.964 -1.918 
1258 A 7 4 41 49.9166 1.208 -1.972 
1258 A 7 4 42 49.9172 1.126 -1.771 
1258 A 7 4 43 49.9179 1.026 -1.631 
1258 A 7 4 44 49.9185 1.197 -1.667 
1258 A 7 4 45 49.9191 1.120 -1.559 
1258 A 7 4 46 49.9198 1.128 -1.723 
1258 A 7 4 47 49.9204 1.334 -1.597 
1258 A 7 4 48 49.9210 1.435 -1.769 
1258 A 7 4 49 49.9216 1.082 -1.575 
1258 A 7 4 51 49.9229 1.236 -1.440 
1258 A 7 4 52 49.9235 1.281 -1.919 
1258 A 7 4 53 49.9242 1.267 -1.576 
1258 A 7 4 54 49.9248 1.158 -1.554 
1258 A 7 4 55 49.9254 1.189 -1.439 
1258 A 7 4 56 49.9260 1.248 -1.431 
1258 A 7 4 57 49.9267 1.283 -1.378 
1258 A 7 4 58 49.9273 1.101 -1.452 
1258 A 7 4 59 49.9279 1.232 -1.367 
1258 A 7 4 60 49.9286 1.195 -1.313 
1258 A 7 4 61 49.9292 1.062 -1.437 
1258 A 7 4 62 49.9298 1.119 -1.290 
1258 A 7 4 63 49.9304 1.200 -1.179 
1258 A 7 4 64 49.9311 1.115 -1.167 
1258 A 7 4 65 49.9317 1.195 -1.464 
1258 A 7 4 66 49.9323 1.215 -1.305 
1258 A 7 4 67 49.9330 1.306 -1.306 
1258 A 7 4 68 49.9336 1.247 -1.285 
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Table 3-A1, Continued. 
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1258 A 7 4 69 49.9342 1.167 -1.641 
1258 A 7 4 70 49.9348 1.149 -1.402 
1258 A 7 4 71 49.9355 1.323 -1.376 
1258 A 7 4 72 49.9361 1.229 -1.494 
1258 A 7 4 73 49.9367 1.206 -1.366 
1258 A 7 4 74 49.9374 1.097 -1.455 
1258 A 7 4 75 49.9380 1.185 -1.441 

C22nH2               
1258 B 6 3 1 49.4616 1.203 -1.518 
1258 B 6 3 2 49.4627 1.285 -1.666 
1258 B 6 3 3 49.4637 1.400 -1.617 
1258 B 6 3 4 49.4648 1.240 -1.591 
1258 B 6 3 5 49.4659 1.360 -1.679 
1258 B 6 3 6 49.4669 1.403 -1.753 
1258 B 6 3 7 49.4680 1.238 -1.804 
1258 B 6 3 8 49.4690 1.328 -1.736 
1258 B 6 3 9 49.4701 1.397 -1.811 
1258 B 6 3 10 49.4711 1.507 -1.817 
1258 B 6 3 11 49.4722 1.314 -1.780 
1258 B 6 3 12 49.4732 1.290 -1.646 
1258 B 6 3 13 49.4743 1.373 -1.700 
1258 B 6 3 14 49.4754 1.559 -1.827 
1258 B 6 3 15 49.4764 1.258 -1.682 
1258 B 6 3 16 49.4775 1.281 -1.752 
1258 B 6 3 17 49.4785 1.432 -1.789 
1258 B 6 3 18 49.4797 1.364 -1.678 
1258 B 6 3 19 49.4808 1.233 -1.624 
1258 B 6 3 20 49.4819 1.275 -1.700 
1258 B 6 3 21 49.4831 1.232 -1.674 
1258 B 6 3 22 49.4842 1.164 -1.846 
1258 B 6 3 23 49.4853 1.167 -1.709 
1258 B 6 3 24 49.4865 1.138 -1.668 
1258 B 6 3 25 49.4876 1.291 -1.562 
1258 B 6 3 26 49.4888 1.138 -1.569 
1258 B 6 3 27 49.4899 1.265 -1.715 
1258 B 6 3 28 49.4910 1.237 -1.702 
1258 B 6 3 29 49.4922 1.328 -1.675 
1258 B 6 3 30 49.4933 1.364 -1.693 
1258 B 6 3 31 49.4945 1.416 -1.847 
1258 B 6 3 32 49.4956 1.281 -1.723 
1258 B 6 3 33 49.4968 1.321 -1.768 
1258 B 6 3 34 49.4979 1.297 -1.677 
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Table 3-A1, Continued. 
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1258 B 6 3 35 49.4991 1.165 -1.844 
1258 B 6 3 36 49.5002 1.295 -1.691 
1258 B 6 3 37 49.5013 1.192 -1.652 
1258 B 6 3 38 49.5025 1.283 -1.728 
1258 B 6 3 39 49.5036 1.135 -1.609 
1258 B 6 3 40 49.5048 1.194 -1.704 
1258 B 6 3 41 49.5059 1.159 -1.683 
1258 B 6 3 42 49.5071 1.066 -1.712 
1258 B 6 3 43 49.5083 1.058 -1.627 
1258 B 6 3 44 49.5095 0.858 -1.920 
1258 B 6 3 45 49.5107 0.972 -1.767 
1258 B 6 3 46 49.5119 0.910 -1.811 
1258 B 6 3 47 49.5131 1.019 -1.801 
1258 B 6 3 48 49.5144 0.934 -1.754 
1258 B 6 3 49 49.5156 1.128 -1.653 
1258 B 6 3 50 49.5168 1.092 -1.776 
1258 B 6 3 51 49.5180 1.117 -1.916 
1258 B 6 3 52 49.5193 1.288 -2.003 
1258 B 6 3 53 49.5206 1.155 -1.842 
1258 B 6 3 54 49.5220 0.802 -1.736 
1258 B 6 3 55 49.5234 0.798 -2.106 
1258 B 6 3 56 49.5248 0.756 -1.821 
1258 B 6 3 57 49.5262 1.106 -1.996 
1258 B 6 3 58 49.5276 0.842 -2.052 
1258 B 6 3 59 49.5289 0.898 -1.901 
1258 B 6 3 60 49.5303 0.837 -1.824 
1258 B 6 3 61 49.5317 1.048 -1.947 
1258 B 6 3 62 49.5331 0.850 -1.963 
1258 B 6 3 63 49.5345 0.897 -1.763 
1258 B 6 3 64 49.5359 1.106 -1.996 
1258 B 6 3 65 49.5373 1.150 -1.891 
1258 B 6 3 66 49.5387 1.160 -1.844 
1258 B 6 3 67 49.5400 0.985 -1.746 
1258 B 6 3 68 49.5414 0.976 -1.759 
1258 B 6 3 69 49.5428 1.099 -1.729 
1258 B 6 3 70 49.5442 1.006 -1.738 
1258 B 6 3 71 49.5456 0.925 -1.937 
1258 B 6 3 72 49.5470 0.967 -2.322 
1258 B 6 3 73 49.5484 1.198 -2.341 
1258 B 6 3 74 49.5498 1.190 -2.106 
1258 B 6 3 75 49.5511 1.173 -1.911 
1258 B 6 3 76 49.5525 1.453 -1.870 
1258 B 6 3 77 49.5539 1.256 -1.903 

	  



 

114 

Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1258 B 6 3 78 49.5553 1.356 -1.990 
1258 B 6 3 79 49.5567 1.438 -1.865 
1258 B 6 3 80 49.5581 1.372 -1.996 
1258 B 6 3 81 49.5596 1.341 -1.774 
1258 B 6 3 82 49.5611 1.359 -1.978 
1258 B 6 3 83 49.5629 1.462 -1.874 
1258 B 6 3 84 49.5650 1.286 -1.764 
1258 B 6 3 85 49.5670 1.456 -1.786 
1258 B 6 3 86 49.5691 1.302 -1.805 
1258 B 6 3 87 49.5712 1.226 -1.791 
1258 B 6 3 88 49.5733 1.556 -1.903 
1258 B 6 3 89 49.5755 1.295 -1.857 
1258 B 6 3 90 49.5778 1.120 -1.887 

C22nH3               
1258 A 6 5 110 49.0897 1.432 -1.245 
1258 A 6 5 111 49.0911 1.472 -1.188 
1258 A 6 5 112 49.0925 1.296 -1.315 
1258 A 6 5 113 49.0939 1.440 -1.061 
1258 A 6 5 114 49.0953 1.376 -1.117 
1258 A 6 5 115 49.0967 1.350 -1.286 
1258 A 6 5 116 49.0981 1.309 -1.156 
1258 A 6 5 117 49.0995 1.345 -1.283 
1258 A 6 5 118 49.1008 1.442 -1.232 
1258 A 6 5 119 49.1022 1.430 -1.310 
1258 A 6 5 120 49.1036 1.664 -1.476 
1258 A 6 5 121 49.1050 1.344 -1.247 
1258 A 6 5 122 49.1064 1.313 -1.340 
1258 A 6 5 123 49.1077 1.359 -1.332 
1258 A 6 5 124 49.1091 1.291 -1.368 
1258 A 6 5 125 49.1104 1.447 -1.415 
1258 A 6 5 126 49.1117 1.408 -1.415 
1258 A 6 5 127 49.1130 1.432 -1.304 
1258 A 6 5 128 49.1143 1.410 -1.310 
1258 A 6 5 129 49.1156 1.307 -1.361 
1258 A 6 5 130 49.1169 1.394 -1.414 
1258 A 6 5 131 49.1182 1.394 -1.417 
1258 A 6 5 132 49.1194 1.151 -1.382 
1258 A 6 5 133 49.1207 1.312 -1.418 
1258 A 6 5 134 49.1220 1.413 -1.478 
1258 A 6 5 135 49.1232 1.451 -1.480 
1258 A 6 5 136 49.1245 1.357 -1.532 
1258 A 6 5 137 49.1258 1.377 -1.419 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1258 A 6 5 138 49.1271 1.294 -1.340 
1258 A 6 5 139 49.1283 1.396 -1.626 
1258 A 6 5 140 49.1296 1.255 -1.525 
1258 A 6 5 141 49.1309 1.345 -1.525 
1258 A 6 5 142 49.1321 1.452 -1.488 
1258 A 6 5 143 49.1334 1.202 -1.466 
1258 A 6 5 144 49.1347 1.414 -1.599 
1258 A 6 5 145 49.1360 1.444 -1.593 
1258 A 6 5 146 49.1372 1.341 -1.578 
1258 A 6 5 147 49.1385 1.349 -1.558 
1258 A 6 5 148 49.1398 1.414 -1.641 
1258 A 6 5 149 49.1410 1.412 -1.457 
1258 A 6 5 150 49.1423 1.495 -1.497 
1258 A 6 6 1 49.1436 1.483 -1.486 
1258 A 6 6 2 49.1449 1.396 -2.013 
1258 A 6 6 3 49.1461 1.337 -1.666 
1258 A 6 6 4 49.1474 1.439 -1.615 
1258 A 6 6 5 49.1487 1.365 -1.661 
1258 A 6 6 6 49.1502 1.559 -1.679 
1258 A 6 6 7 49.1517 1.394 -1.628 
1258 A 6 6 8 49.1534 1.373 -1.607 
1258 A 6 6 9 49.1552 1.484 -1.610 
1258 A 6 6 10 49.1571 1.304 -1.549 
1258 A 6 6 11 49.1590 1.456 -1.575 
1258 A 6 6 12 49.1609 1.299 -1.517 
1258 A 6 6 13 49.1629 1.262 -1.348 
1258 A 6 6 14 49.1651 1.328 -1.419 
1258 A 6 6 15 49.1673 1.341 -1.486 
1258 A 6 6 16 49.1694 1.247 -1.484 
1258 A 6 6 17 49.1716 1.327 -1.416 
1258 A 6 6 18 49.1738 1.489 -1.582 
1258 A 6 6 19 49.1759 1.404 -1.632 
1258 A 6 6 20 49.1781 1.279 -1.596 
1258 A 6 6 21 49.1803 1.324 -1.503 
1258 A 6 6 22 49.1824 1.023 -1.880 
1258 A 6 6 23 49.1846 1.158 -1.553 
1258 A 6 6 24 49.1868 1.364 -1.622 
1258 A 6 6 25 49.1889 1.410 -1.619 
1258 A 6 6 26 49.1909 1.230 -1.708 
1258 A 6 6 27 49.1929 1.184 -1.754 
1258 A 6 6 28 49.1945 1.375 -1.660 
1258 A 6 6 29 49.1957 1.325 -1.581 
1258 A 6 6 30 49.1969 1.371 -1.613 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1258 A 6 6 31 49.1981 1.156 -1.608 
1258 A 6 6 32 49.1992 1.368 -1.615 
1258 A 6 6 33 49.2004 1.555 -1.638 
1258 A 6 6 34 49.2016 1.296 -1.399 
1258 A 6 6 35 49.2028 1.408 -1.425 
1258 A 6 6 36 49.2040 1.532 -1.293 
1258 A 6 6 37 49.2052 1.360 -1.304 
1258 A 6 6 38 49.2064 1.331 -1.414 
1258 A 6 6 39 49.2076 1.418 -1.437 
1258 A 6 6 40 49.2088 1.414 -1.353 
1258 A 6 6 41 49.2099 1.378 -1.495 
1258 A 6 6 42 49.2111 1.464 -1.781 
1258 A 6 6 43 49.2123 1.314 -1.440 
1258 A 6 6 44 49.2135 1.287 -1.414 
1258 A 6 6 45 49.2147 1.391 -1.486 
1258 A 6 6 46 49.2159 1.224 -1.552 
1258 A 6 6 47 49.2171 1.265 -1.327 
1258 A 6 6 48 49.2183 1.395 -1.510 
1258 A 6 6 49 49.2195 1.296 -1.605 
1258 A 6 6 50 49.2206 1.289 -1.611 
1258 A 6 6 51 49.2218 1.133 -1.573 
1258 A 6 6 52 49.2230 1.283 -1.493 
1258 A 6 6 53 49.2241 1.003 -1.426 
1258 A 6 6 54 49.2251 1.250 -1.671 
1258 A 6 6 55 49.2262 1.199 -1.590 
1258 A 6 6 56 49.2272 1.195 -1.662 
1258 A 6 6 57 49.2283 1.187 -1.724 
1258 A 6 6 58 49.2293 0.937 -1.674 
1258 A 6 6 59 49.2302 1.296 -1.798 
1258 A 6 6 60 49.2312 1.254 -1.999 
1258 A 6 6 61 49.2321 0.975 -1.680 
1258 A 6 6 62 49.2331 1.080 -1.791 
1258 A 6 6 63 49.2340 0.778 -1.866 
1258 A 6 6 64 49.2350 0.912 -1.730 
1258 A 6 6 65 49.2360 1.176 -1.862 
1258 A 6 6 66 49.2369 1.050 -1.826 
1258 A 6 6 67 49.2379 0.927 -1.707 
1258 A 6 6 68 49.2388 0.836 -1.833 
1258 A 6 6 69 49.2398 1.018 -1.993 
1258 A 6 6 70 49.2407 0.660 -2.196 
1258 A 6 6 71 49.2417 0.885 -1.899 
1258 A 6 6 72 49.2427 0.876 -1.904 
1258 A 6 6 73 49.2436 1.083 -2.037 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1258 A 6 6 74 49.2446 1.087 -1.978 
1258 A 6 6 75 49.2455 0.927 -1.770 
1258 A 6 6 76 49.2456 1.123 -1.738 
1258 A 6 6 77 49.2457 1.194 -1.698 
1258 A 6 6 78 49.2460 1.072 -1.747 
1258 A 6 6 79 49.2466 1.051 -1.667 
1258 A 6 6 80 49.2471 1.054 -1.696 
1258 A 6 6 81 49.2476 0.824 -1.718 
1258 A 6 6 82 49.2482 0.903 -1.757 
1258 B 6 1 135 49.2465 1.189 -1.591 
1258 B 6 1 136 49.2474 1.069 -1.641 
1258 B 6 1 137 49.2484 1.003 -1.636 
1258 B 6 1 138 49.2493 1.224 -1.666 
1258 B 6 1 139 49.2503 1.146 -1.670 
1258 B 6 1 140 49.2513 1.033 -1.662 
1258 B 6 1 141 49.2522 1.102 -1.729 
1258 B 6 1 142 49.2532 1.115 -1.680 
1258 B 6 1 143 49.2541 1.108 -1.638 
1258 B 6 1 144 49.2551 1.107 -1.697 
1258 B 6 1 145 49.2560 1.038 -1.711 
1258 B 6 1 146 49.2570 1.310 -1.843 
1258 B 6 1 147 49.2580 1.091 -1.718 
1258 B 6 1 148 49.2589 1.080 -1.718 
1258 B 6 1 149 49.2599 0.876 -1.676 
1258 B 6 1 150 49.2608 1.081 -1.667 

C21rH1               
1258 A 6 3 130 48.7226 1.218 -1.376 
1258 A 6 3 131 48.7243 1.265 -1.349 
1258 A 6 3 132 48.7259 1.617 -1.659 
1258 A 6 3 133 48.7274 1.228 -1.332 
1258 A 6 3 134 48.7288 1.216 -1.444 
1258 A 6 3 135 48.7301 1.187 -1.411 
1258 A 6 3 136 48.7314 1.252 -1.454 
1258 A 6 3 137 48.7327 1.309 -1.371 
1258 A 6 3 138 48.7340 1.244 -1.478 
1258 A 6 3 139 48.7354 1.205 -1.524 
1258 A 6 3 140 48.7367 1.244 -1.482 
1258 A 6 3 141 48.7380 1.101 -1.492 
1258 A 6 3 142 48.7393 1.120 -1.402 
1258 A 6 3 143 48.7406 1.278 -1.420 
1258 A 6 3 144 48.7420 1.184 -1.439 
1258 A 6 3 145 48.7433 1.287 -1.496 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1258 A 6 3 146 48.7446 1.186 -1.551 
1258 A 6 3 147 48.7459 1.055 -1.503 
1258 A 6 3 148 48.7472 1.271 -1.593 
1258 A 6 3 149 48.7486 1.091 -1.542 
1258 A 6 3 150 48.7499 1.135 -1.373 
1258 A 6 4 1 48.7512 0.965 -1.327 
1258 A 6 4 2 48.7525 1.106 -1.502 
1258 A 6 4 3 48.7538 1.035 -1.306 
1258 A 6 4 4 48.7552 0.990 -1.365 
1258 A 6 4 5 48.7565 1.036 -1.360 
1258 A 6 4 6 48.7578 0.932 -1.330 
1258 A 6 4 7 48.7591 1.232 -1.439 
1258 A 6 4 8 48.7605 0.902 -1.504 
1258 A 6 4 9 48.7618 0.982 -1.640 
1258 A 6 4 10 48.7632 0.892 -1.767 
1258 A 6 4 11 48.7645 1.005 -1.699 
1258 A 6 4 12 48.7659 0.910 -1.676 
1258 A 6 4 13 48.7672 0.934 -1.695 
1258 A 6 4 14 48.7686 1.086 -1.764 
1258 A 6 4 15 48.7700 0.949 -1.951 
1258 A 6 4 16 48.7714 1.153 -2.098 
1258 A 6 4 17 48.7727 1.239 -1.777 
1258 A 6 4 18 48.7741 1.225 -1.871 
1258 A 6 4 19 48.7755 1.242 -1.839 
1258 A 6 4 20 48.7769 1.227 -1.725 
1258 A 6 4 21 48.7782 1.172 -1.976 
1258 A 6 4 22 48.7796 1.489 -1.511 
1258 A 6 4 23 48.7810 1.446 -1.551 
1258 A 6 4 24 48.7823 1.363 -1.472 
1258 A 6 4 25 48.7837 1.441 -1.523 
1258 A 6 4 26 48.7851 1.225 -1.682 
1258 A 6 4 27 48.7865 1.398 -1.556 
1258 A 6 4 28 48.7878 1.431 -1.701 
1258 A 6 4 29 48.7892 1.381 -1.697 
1258 A 6 4 30 48.7906 1.362 -1.603 
1258 A 6 4 31 48.7919 1.375 -1.586 
1258 A 6 4 32 48.7933 1.308 -1.557 
1258 A 6 4 33 48.7947 1.448 -1.546 
1258 A 6 4 34 48.7961 1.331 -1.529 
1258 A 6 4 35 48.7974 1.492 -1.639 
1258 A 6 4 36 48.7988 1.304 -1.553 
1258 A 6 4 37 48.8002 1.514 -1.544 
1258 A 6 4 38 48.8015 1.312 -1.644 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1258 A 6 4 39 48.8029 1.428 -1.542 
1258 A 6 4 40 48.8043 1.255 -1.551 

C21rH5               
1258 B 5 3 25 48.2354 1.347 -1.534 
1258 B 5 3 26 48.2363 1.144 -1.669 
1258 B 5 3 27 48.2372 1.407 -1.366 
1258 B 5 3 28 48.2381 1.464 -1.409 
1258 B 5 3 29 48.2391 1.449 -1.365 
1258 B 5 3 30 48.2401 1.492 -1.345 
1258 B 5 3 31 48.2411 1.481 -1.322 
1258 B 5 3 32 48.2422 1.363 -1.339 
1258 B 5 3 33 48.2434 1.372 -1.343 
1258 B 5 3 34 48.2447 1.571 -1.463 
1258 B 5 3 35 48.2460 1.495 -1.364 
1258 B 5 3 36 48.2473 1.650 -1.467 
1258 B 5 3 37 48.2486 1.490 -1.397 
1258 B 5 3 38 48.2499 1.484 -1.283 
1258 B 5 3 39 48.2512 1.495 -1.232 
1258 B 5 3 40 48.2525 1.480 -1.277 
1258 B 5 3 41 48.2538 1.583 -1.465 
1258 B 5 3 42 48.2551 1.569 -1.356 
1258 B 5 3 43 48.2564 1.568 -1.481 
1258 B 5 3 44 48.2577 1.504 -1.443 
1258 B 5 3 45 48.2590 1.422 -1.353 
1258 B 5 3 46 48.2604 1.248 -1.354 
1258 B 5 3 47 48.2617 1.505 -1.310 
1258 B 5 3 48 48.2630 1.352 -1.384 
1258 B 5 3 49 48.2643 1.333 -1.273 
1258 B 5 3 50 48.2656 1.298 -1.334 
1258 B 5 3 51 48.2669 1.505 -1.508 
1258 B 5 3 52 48.2682 1.208 -2.010 
1258 B 5 3 53 48.2695 1.305 -1.428 
1258 B 5 3 54 48.2708 0.976 -1.950 
1258 B 5 3 55 48.2721 1.276 -1.561 
1258 B 5 3 56 48.2734 1.191 -1.451 
1258 B 5 3 57 48.2747 1.452 -1.573 
1258 B 5 3 58 48.2760 1.464 -1.555 
1258 B 5 3 59 48.2773 1.418 -1.760 
1258 B 5 3 60 48.2786 1.029 -1.534 
1258 B 5 3 61 48.2799 1.166 -1.426 
1258 B 5 3 62 48.2811 1.163 -1.650 
1258 B 5 3 63 48.2824 1.153 -1.563 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1258 B 5 3 64 48.2835 1.084 -1.564 
1258 B 5 3 65 48.2847 1.496 -1.792 
1258 B 5 3 66 48.2859 1.392 -1.737 
1258 B 5 3 67 48.2870 1.421 -1.604 
1258 B 5 3 68 48.2882 1.190 -1.337 
1258 B 5 3 69 48.2894 1.684 -1.747 
1258 B 5 3 70 48.2906 1.445 -1.866 
1258 B 5 3 71 48.2917 1.296 -1.533 
1258 B 5 3 72 48.2929 1.290 -1.447 
1258 B 5 3 73 48.2941 1.486 -1.527 
1258 B 5 3 74 48.2952 1.307 -1.423 
1258 B 5 3 75 48.2964 1.563 -1.776 
1258 B 5 3 76 48.2976 1.523 -1.563 
1258 B 5 3 77 48.2988 1.358 -1.558 
1258 B 5 3 78 48.2999 1.433 -1.433 
1258 B 5 3 79 48.3011 1.492 -1.488 
1258 B 5 3 80 48.3023 1.521 -1.434 
1258 B 5 3 81 48.3034 1.379 -1.177 
1258 B 5 3 82 48.3046 1.436 -1.558 
1258 B 5 3 83 48.3058 1.479 -1.359 
1258 B 5 3 84 48.3069 1.426 -1.297 
1258 B 5 3 85 48.3081 1.542 -1.397 
1258 B 5 3 86 48.3093 1.513 -1.570 
1258 B 5 3 87 48.3105 1.532 -1.653 
1258 B 5 3 88 48.3116 1.320 -1.374 
1258 B 5 3 89 48.3128 1.452 -1.340 
1258 B 5 3 90 48.3140 1.761 -1.361 
1258 B 5 3 91 48.3152 1.475 -1.211 
1258 B 5 3 92 48.3164 1.638 -1.345 
1258 B 5 3 93 48.3177 1.505 -1.390 
1258 B 5 3 94 48.3191 1.539 -1.426 
1258 B 5 3 95 48.3205 1.465 -1.284 
1258 B 5 3 96 48.3220 1.501 -1.182 
1258 B 5 3 97 48.3234 1.331 -1.338 
1258 B 5 3 98 48.3248 1.590 -1.254 
1258 B 5 3 99 48.3262 1.413 -1.364 
1258 B 5 3 100 48.3276 1.576 -1.334 
1258 B 5 3 101 48.3291 1.510 -1.240 
1258 B 5 3 102 48.3305 1.345 -1.489 
1258 B 5 3 103 48.3321 1.279 -1.589 
1258 B 5 3 104 48.3337 1.306 -1.400 
1258 B 5 3 105 48.3354 1.367 -1.308 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 
C22rH2               

1267 B 18 5 5 49.8731 1.990 -0.482 
1267 B 18 5 6 49.8737 2.037 -0.414 
1267 B 18 5 7 49.8744 2.019 -0.445 
1267 B 18 5 8 49.8750 2.103 -0.277 
1267 B 18 5 9 49.8757 2.051 -0.401 
1267 B 18 5 10 49.8764 2.059 -0.222 
1267 B 18 5 11 49.8770 2.055 -0.340 
1267 B 18 5 12 49.8777 1.825 -0.881 
1267 B 18 5 13 49.8783 1.976 -0.566 
1267 B 18 5 14 49.8790 2.042 -0.427 
1267 B 18 5 16 49.8803 1.926 -0.567 
1267 B 18 5 17 49.8810 1.977 -0.623 
1267 B 18 5 18 49.8816 1.911 -0.634 
1267 B 18 5 19 49.8823 1.988 -0.637 
1267 B 18 5 20 49.8829 1.934 -0.692 
1267 B 18 5 21 49.8835 1.925 -0.698 
1267 B 18 5 22 49.8842 1.924 -0.772 
1267 B 18 5 23 49.8848 1.994 -0.665 
1267 B 18 5 24 49.8855 1.945 -0.769 
1267 B 18 5 25 49.8862 2.047 -0.640 
1267 B 18 5 26 49.8868 2.073 -0.667 
1267 B 18 5 27 49.8875 2.154 -0.478 
1267 B 18 5 28 49.8881 2.089 -0.438 
1267 B 18 5 29 49.8888 2.074 -0.483 
1267 B 18 5 30 49.8894 2.134 -0.349 
1267 B 18 5 31 49.8901 2.152 -0.355 
1267 B 18 5 33 49.8914 2.111 -0.282 
1267 B 18 5 34 49.8921 2.177 -0.370 
1267 B 18 5 35 49.8927 2.178 -0.346 
1267 B 18 5 36 49.8933 2.116 -0.302 
1267 B 18 5 37 49.8940 2.085 -0.361 
1267 B 18 5 38 49.8946 2.053 -0.322 
1267 B 18 5 39 49.8953 2.068 -0.339 
1267 B 18 5 40 49.8960 2.059 -0.384 
1267 B 18 5 41 49.8966 2.009 -0.350 
1267 B 18 5 42 49.8973 1.963 -0.373 
1267 B 18 5 43 49.8979 2.013 -0.395 
1267 B 18 5 44 49.8986 1.892 -0.437 
1267 B 18 5 45 49.8992 1.976 -0.323 
1267 B 18 5 46 49.8999 1.808 -0.556 
1267 B 18 5 47 49.9006 1.757 -0.772 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1267 B 18 5 48 49.9012 1.888 -0.446 
1267 B 18 5 49 49.9019 1.814 -0.563 
1267 B 18 5 50 49.9025 1.816 -0.541 
1267 B 18 5 51 49.9031 1.864 -0.517 
1267 B 18 5 52 49.9038 1.765 -0.615 
1267 B 18 5 53 49.9044 1.671 -0.656 
1267 B 18 5 54 49.9051 1.851 -0.456 
1267 B 18 5 55 49.9058 1.787 -0.544 
1267 B 18 5 56 49.9064 1.730 -0.586 
1267 B 18 5 57 49.9071 1.812 -0.452 
1267 B 18 5 58 49.9078 1.758 -0.558 
1267 B 18 5 59 49.9086 1.649 -0.724 
1267 B 18 5 60 49.9094 1.896 -0.411 
1267 B 18 5 61 49.9102 1.653 -0.569 
1267 B 18 5 62 49.9111 1.808 -0.441 
1267 B 18 5 63 49.9119 1.709 -0.476 
1267 B 18 5 64 49.9128 1.720 -0.439 
1267 B 18 5 66 49.9144 1.637 -0.803 
1267 B 18 5 67 49.9152 1.587 -0.806 
1267 B 18 5 68 49.9160 1.732 -0.646 
1267 B 18 5 69 49.9169 1.617 -0.724 
1267 B 18 5 70 49.9177 1.478 -1.062 
1267 B 18 5 71 49.9185 1.596 -0.855 
1267 B 18 5 72 49.9194 1.534 -0.787 
1267 B 18 5 73 49.9202 1.553 -0.900 
1267 B 18 5 74 49.9211 1.499 -1.022 
1267 B 18 5 75 49.9219 1.609 -0.833 
1267 B 18 5 76 49.9229 1.822 -0.663 
1267 B 18 5 77 49.9238 1.919 -0.665 
1267 B 18 5 78 49.9249 1.810 -0.641 
1267 B 18 5 79 49.9260 1.767 -0.750 
1267 B 18 5 80 49.9271 1.731 -0.662 
1267 B 18 5 81 49.9283 1.882 -0.555 
1267 B 18 5 82 49.9294 1.830 -0.665 
1267 B 18 5 83 49.9306 1.729 -0.633 
1267 B 18 5 84 49.9317 1.710 -0.767 
1267 B 18 5 85 49.9328 1.834 -0.485 
1267 B 18 5 86 49.9340 1.747 -0.758 
1267 B 18 5 87 49.9351 1.844 -0.707 
1267 B 18 5 88 49.9363 1.717 -0.947 
1267 B 18 5 89 49.9374 1.821 -0.783 
1267 B 18 5 90 49.9386 1.754 -0.855 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 
C22nH2               

1267 A 17 6 20 49.4752 2.037 -0.563 
1267 A 17 6 21 49.4764 2.109 -0.534 
1267 A 17 6 22 49.4775 2.050 -0.575 
1267 A 17 6 23 49.4787 2.007 -0.619 
1267 A 17 6 24 49.4829 2.027 -0.665 
1267 A 17 6 25 49.4870 2.037 -0.763 
1267 A 17 6 26 49.4888 1.980 -0.643 
1267 A 17 6 27 49.4905 1.953 -0.577 
1267 A 17 6 28 49.4923 1.963 -0.728 
1267 A 17 6 29 49.4949 2.048 -0.786 
1267 A 17 6 30 49.4975 1.969 -0.684 
1267 A 17 6 31 49.4996 1.961 -0.726 
1267 A 17 6 32 49.5017 1.990 -0.655 
1267 A 17 6 33 49.5038 1.920 -0.638 
1267 A 17 6 34 49.5059 1.932 -0.539 
1267 A 17 6 35 49.5080 1.881 -0.583 
1267 A 17 6 36 49.5101 1.982 -0.342 
1267 A 17 6 37 49.5122 1.949 -0.490 
1267 A 17 6 38 49.5142 1.980 -0.488 
1267 A 17 6 39 49.5163 1.889 -0.590 
1267 A 17 6 40 49.5184 1.982 -0.642 
1267 A 17 6 41 49.5205 1.903 -0.696 
1267 A 17 6 42 49.5226 1.725 -0.826 
1267 A 17 6 43 49.5246 1.864 -0.648 
1267 A 17 6 44 49.5267 1.936 -0.597 
1267 A 17 6 45 49.5288 1.815 -0.638 
1267 A 17 6 46 49.5309 1.835 -0.625 
1267 A 17 6 47 49.5330 1.853 -0.748 
1267 A 17 6 48 49.5351 1.840 -0.654 
1267 A 17 6 49 49.5372 1.796 -0.690 
1267 A 17 6 50 49.5393 1.847 -0.733 
1267 A 17 6 51 49.5414 1.812 -0.848 
1267 A 17 6 52 49.5435 1.805 -0.904 
1267 A 17 6 53 49.5465 1.782 -0.908 
1267 A 17 6 54 49.5506 1.884 -0.876 
1267 A 17 6 55 49.5546 1.846 -0.887 
1267 A 17 6 56 49.5587 1.909 -0.813 
1267 A 17 6 57 49.5628 1.933 -0.839 
1267 A 17 6 58 49.5668 1.895 -0.640 
1267 A 17 6 59 49.5709 1.874 -0.724 
1267 A 17 6 60 49.5749 1.850 -0.806 
1267 A 17 6 61 49.5789 1.896 -0.655 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 
C22nH3               

1267 A 17 5 12 49.1987 1.841 -0.627 
1267 A 17 5 13 49.2011 1.867 -0.609 
1267 A 17 5 14 49.2035 1.825 -0.649 
1267 A 17 5 15 49.2059 1.956 -0.650 
1267 A 17 5 16 49.2067 2.048 -0.583 
1267 A 17 5 17 49.2074 1.961 -0.608 
1267 A 17 5 19 49.2089 1.946 -0.651 
1267 A 17 5 20 49.2097 1.981 -0.606 
1267 A 17 5 21 49.2105 1.893 -0.700 
1267 A 17 5 22 49.2112 1.995 -0.575 
1267 A 17 5 23 49.2120 1.964 -0.602 
1267 A 17 5 24 49.2127 1.977 -0.648 
1267 A 17 5 25 49.2135 1.969 -0.466 
1267 A 17 5 26 49.2143 1.910 -0.692 
1267 A 17 5 27 49.2150 2.031 -0.598 
1267 A 17 5 28 49.2158 1.968 -0.555 
1267 A 17 5 29 49.2165 2.041 -0.594 
1267 A 17 5 30 49.2173 1.996 -0.624 
1267 A 17 5 31 49.2180 2.088 -0.586 
1267 A 17 5 32 49.2187 2.061 -0.615 
1267 A 17 5 33 49.2195 2.046 -0.641 
1267 A 17 5 34 49.2202 2.053 -0.556 
1267 A 17 5 35 49.2210 2.099 -0.477 
1267 A 17 5 36 49.2218 2.019 -0.551 
1267 A 17 5 37 49.2225 2.108 -0.566 
1267 A 17 5 38 49.2233 1.981 -0.453 
1267 A 17 5 39 49.2240 2.026 -0.480 
1267 A 17 5 40 49.2248 1.954 -0.523 
1267 A 17 5 41 49.2256 1.899 -0.502 
1267 A 17 5 42 49.2263 1.970 -0.430 
1267 A 17 5 43 49.2271 1.909 -0.482 
1267 A 17 5 44 49.2278 1.945 -0.460 
1267 A 17 5 45 49.2286 1.945 -0.443 
1267 A 17 5 46 49.2301 1.904 -0.527 
1267 A 17 5 47 49.2316 1.874 -0.534 
1267 A 17 5 48 49.2331 1.786 -0.687 
1267 A 17 5 49 49.2347 1.754 -0.663 
1267 A 17 5 50 49.2363 1.822 -0.605 
1267 A 17 5 51 49.2379 1.675 -0.761 
1267 A 17 5 52 49.2395 1.727 -0.707 
1267 A 17 5 53 49.2406 1.745 -0.810 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1267 A 17 5 54 49.2413 1.735 -0.822 
1267 A 17 5 55 49.2419 1.611 -0.994 
1267 A 17 5 56 49.2425 1.766 -0.780 
1267 A 17 5 57 49.2432 1.852 -0.798 
1267 A 17 5 58 49.2438 1.902 -0.747 
1267 A 17 5 59 49.2445 1.854 -0.793 
1267 A 17 5 60 49.2451 1.864 -0.819 
1267 A 17 5 61 49.2465 1.888 -0.814 
1267 A 17 5 62 49.2478 1.912 -0.618 
1267 A 17 5 63 49.2494 1.998 -0.703 
1267 A 17 5 64 49.2511 1.970 -0.758 
1267 A 17 5 65 49.2528 2.093 -0.719 
1267 A 17 5 66 49.2546 2.100 -0.678 
1267 A 17 5 67 49.2563 1.952 -0.729 
1267 A 17 5 68 49.2581 2.190 -0.525 
1267 A 17 5 69 49.2598 2.051 -0.576 
1267 A 17 5 70 49.2615 2.038 -0.665 
1267 A 17 5 71 49.2633 2.038 -0.596 
1267 A 17 5 72 49.2650 2.062 -0.585 
1267 A 17 5 73 49.2668 2.040 -0.518 
1267 A 17 5 74 49.2685 1.958 -0.171 
1267 A 17 5 76 49.2719 2.071 -0.561 
1267 A 17 5 77 49.2736 2.044 -0.586 
1267 A 17 5 78 49.2754 2.003 -0.521 
1267 A 17 5 79 49.2771 1.938 -0.421 
1267 A 17 5 80 49.2789 2.122 -0.686 
1267 A 17 5 81 49.2806 1.690 -0.914 
1267 A 17 5 82 49.2823 1.869 -0.522 
1267 A 17 5 83 49.2845 2.089 -0.644 
1267 A 17 5 84 49.2872 2.103 -0.649 
1267 A 17 5 85 49.2898 2.101 -0.677 
1267 A 17 5 86 49.2929 2.128 -0.672 
1267 A 17 5 87 49.2960 2.198 -0.511 
1267 A 17 5 88 49.2991 2.219 -0.569 

C21rH1               
1267 A 17 4 25 48.7321 1.919 -0.749 
1267 A 17 4 26 48.7336 1.990 -0.626 
1267 A 17 4 27 48.7351 2.058 -0.797 
1267 A 17 4 28 48.7365 2.013 -0.766 
1267 A 17 4 29 48.7380 2.033 -0.652 
1267 A 17 4 30 48.7395 2.023 -0.631 
1267 A 17 4 31 48.7410 2.022 -0.648 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1267 A 17 4 32 48.7425 2.024 -0.570 
1267 A 17 4 35 48.7469 2.148 -0.368 
1267 A 17 4 36 48.7484 2.098 -0.425 
1267 A 17 4 37 48.7499 1.893 -0.361 
1267 A 17 4 38 48.7513 2.036 -0.009 
1267 A 17 4 39 48.7528 1.950 -0.427 
1267 A 17 4 40 48.7543 1.991 -0.352 
1267 A 17 4 41 48.7558 1.919 -0.579 
1267 A 17 4 42 48.7573 1.977 -0.430 
1267 A 17 4 43 48.7587 1.964 -0.369 
1267 A 17 4 44 48.7602 1.809 -0.573 
1267 A 17 4 45 48.7617 1.874 -0.376 
1267 A 17 4 46 48.7632 1.978 -0.346 
1267 A 17 4 47 48.7647 1.765 -0.653 
1267 A 17 4 48 48.7661 1.788 -0.472 
1267 A 17 4 49 48.7676 1.761 -0.468 
1267 A 17 4 50 48.7691 1.674 -0.605 
1267 A 17 4 51 48.7706 1.678 -0.674 
1267 A 17 4 52 48.7721 1.796 -0.334 
1267 A 17 4 53 48.7735 1.812 -0.702 
1267 A 17 4 54 48.7750 2.109 -0.535 
1267 A 17 4 55 48.7765 2.066 -0.752 
1267 A 17 4 56 48.7780 2.135 -0.605 
1267 A 17 4 57 48.7795 2.102 -0.574 
1267 A 17 4 58 48.7817 2.117 -0.574 
1267 A 17 4 59 48.7847 2.012 -0.717 
1267 A 17 4 60 48.7877 2.148 -0.549 
1267 A 17 4 61 48.7907 2.092 -0.634 
1267 A 17 4 62 48.7938 2.098 -0.665 
1267 A 17 4 63 48.7968 2.580 -1.016 
1267 A 17 4 64 48.7999 2.130 -0.504 
1267 A 17 4 65 48.8029 2.135 -0.475 
1267 A 17 4 66 48.8059 2.062 -0.583 
1267 A 17 4 67 48.8090 2.091 -0.472 
1267 A 17 4 68 48.8120 2.030 -0.437 
1267 A 17 4 69 48.8151 2.003 -0.497 
1267 A 17 4 70 48.8181 1.913 -0.337 
1267 A 17 4 71 48.8211 2.099 -0.539 
1267 A 17 4 72 48.8242 2.160 -0.511 
1267 A 17 4 73 48.8272 2.122 -0.582 
1267 A 17 4 74 48.8303 2.186 -0.570 
1267 A 17 4 75 48.8333 2.107 -0.621 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 
C21rH5               

1267 B 17 6 25 48.2295 2.034 -0.484 
1267 B 17 6 26 48.2318 1.932 -0.591 
1267 B 17 6 27 48.2341 2.008 -0.462 
1267 B 17 6 28 48.2365 1.986 -0.446 
1267 B 17 6 29 48.2388 2.037 -0.472 
1267 B 17 6 30 48.2411 2.029 -0.442 
1267 B 17 6 31 48.2434 1.972 -0.466 
1267 B 17 6 33 48.2481 1.877 -0.500 
1267 B 17 6 34 48.2504 1.944 -0.457 
1267 B 17 6 35 48.2527 1.910 -0.447 
1267 B 17 6 36 48.2550 1.872 -0.501 
1267 B 17 6 37 48.2573 1.895 -0.646 
1267 B 17 6 38 48.2597 1.889 -0.602 
1267 B 17 6 39 48.2620 1.974 -0.532 
1267 B 17 6 40 48.2643 1.974 -0.547 
1267 B 17 6 41 48.2660 2.048 -0.474 
1267 B 17 6 42 48.2677 2.021 -0.495 
1267 B 17 6 43 48.2693 2.068 -0.459 
1267 B 17 6 44 48.2710 2.068 -0.407 
1267 B 17 6 45 48.2727 1.917 -0.704 
1267 B 17 6 46 48.2744 2.023 -0.473 
1267 B 17 6 47 48.2761 1.984 -0.555 
1267 B 17 6 48 48.2777 1.957 -0.470 
1267 B 17 6 49 48.2794 1.974 -0.664 
1267 B 17 6 50 48.2811 2.070 -0.538 
1267 B 17 6 51 48.2820 2.062 -0.453 
1267 B 17 6 52 48.2829 2.093 -0.502 
1267 B 17 6 53 48.2837 2.133 -0.433 
1267 B 17 6 54 48.2845 2.036 -0.483 
1267 B 17 6 55 48.2853 2.111 -0.442 
1267 B 17 6 56 48.2861 2.051 -0.534 
1267 B 17 6 57 48.2869 2.096 -0.470 
1267 B 17 6 58 48.2877 2.016 -0.580 
1267 B 17 6 59 48.2885 2.026 -0.600 
1267 B 17 6 60 48.2893 2.053 -0.511 
1267 B 17 6 61 48.2901 1.832 -0.753 
1267 B 17 6 62 48.2909 2.043 -0.593 
1267 B 17 6 63 48.2917 2.092 -0.477 
1267 B 17 6 64 48.2925 2.098 -0.488 
1267 B 17 6 65 48.2933 2.099 -0.529 
1267 B 17 6 66 48.2951 2.147 -0.471 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1267 B 17 6 67 48.2968 2.022 -0.619 
1267 B 17 6 68 48.2986 2.119 -0.433 
1267 B 17 6 69 48.3005 2.152 -0.437 
1267 B 17 6 71 48.3041 2.164 -0.471 
1267 B 17 6 73 48.3078 2.144 -0.505 
1267 B 17 6 74 48.3095 2.189 -0.477 
1267 B 17 6 75 48.3112 2.243 -0.454 
1267 B 17 6 76 48.3118 2.158 -0.679 
1267 B 17 6 77 48.3124 2.173 -0.551 
1267 B 17 6 78 48.3130 2.112 -0.729 
1267 B 17 6 79 48.3135 2.191 -0.475 
1267 B 17 6 80 48.3141 2.141 -0.733 
1267 B 17 6 81 48.3147 2.143 -0.527 
1267 B 17 6 82 48.3153 2.028 -0.754 
1267 B 17 6 84 48.3164 2.085 -0.651 
1267 B 17 6 86 48.3176 1.949 -0.600 
1267 B 17 6 87 48.3182 1.761 -1.271 
1267 B 17 6 89 48.3194 2.202 -0.518 
1267 B 17 6 90 48.3200 2.183 -0.530 
1267 B 17 6 91 48.3206 2.081 -0.359 
1267 B 17 6 92 48.3213 2.133 -0.671 
1267 B 17 6 93 48.3222 2.117 -0.676 

C22rH2               
1210 B 17 6 36 49.8010 1.803 -0.804 
1210 B 17 6 37 49.8022 1.820 -0.533 
1210 B 17 6 38 49.8035 1.820 -0.609 
1210 B 17 6 39 49.8047 1.819 -0.526 
1210 B 17 6 40 49.8059 1.840 -0.458 
1210 B 17 6 41 49.8071 1.815 -0.497 
1210 B 17 6 42 49.8083 1.810 -0.453 
1210 B 17 6 43 49.8095 1.856 -0.427 
1210 B 17 6 44 49.8108 1.887 -0.440 
1210 B 17 6 45 49.8120 1.893 -0.369 
1210 B 17 6 46 49.8132 1.871 -0.420 
1210 B 17 6 47 49.8144 1.829 -0.406 
1210 B 17 6 48 49.8156 1.835 -0.439 
1210 B 17 6 49 49.8168 1.723 -0.608 
1210 B 17 6 50 49.8180 1.790 -0.491 
1210 B 17 6 51 49.8192 1.782 -0.458 
1210 B 17 6 52 49.8204 1.745 -0.612 
1210 B 17 6 53 49.8216 1.721 -0.625 
1210 B 17 6 54 49.8228 1.785 -0.543 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1210 B 17 6 55 49.8241 1.761 -0.535 
1210 B 17 6 56 49.8253 1.748 -0.524 
1210 B 17 6 57 49.8265 1.708 -0.631 
1210 B 17 6 58 49.8277 1.769 -0.451 
1210 B 17 6 59 49.8289 1.701 -0.624 
1210 B 17 6 60 49.8301 1.767 -0.474 
1210 B 17 6 61 49.8313 1.760 -0.573 
1210 B 17 6 62 49.8325 1.749 -0.621 
1210 B 17 6 63 49.8337 1.829 -0.629 
1210 B 17 6 64 49.8349 1.867 -0.640 
1210 B 17 6 65 49.8361 1.920 -0.574 
1210 B 17 6 66 49.8374 1.871 -0.614 
1210 B 17 6 67 49.8386 1.905 -0.619 
1210 B 17 6 68 49.8398 1.863 -0.650 
1210 B 17 6 69 49.8410 1.877 -0.651 
1210 B 17 6 70 49.8423 1.833 -0.702 
1210 B 17 6 71 49.8437 1.843 -0.590 
1210 B 17 6 72 49.8451 1.867 -0.493 
1210 B 17 6 73 49.8464 1.817 -0.529 
1210 B 17 6 74 49.8478 1.854 -0.445 
1210 B 17 6 75 49.8492 1.828 -0.463 
1210 B 17 6 76 49.8505 1.791 -0.551 
1210 B 17 6 77 49.8519 1.760 -0.575 
1210 B 17 6 78 49.8532 1.753 -0.576 
1210 B 17 6 79 49.8546 1.801 -0.587 
1210 B 17 6 80 49.8560 1.823 -0.474 
1210 B 17 6 81 49.8573 1.792 -0.542 
1210 B 17 6 82 49.8587 1.807 -0.481 
1210 B 17 6 83 49.8601 1.820 -0.490 
1210 B 17 6 84 49.8614 1.815 -0.420 
1210 B 17 6 85 49.8628 1.814 -0.426 
1210 B 17 6 86 49.8641 1.818 -0.467 
1210 B 17 6 87 49.8655 1.750 -0.463 
1210 B 17 6 88 49.8669 1.772 -0.513 
1210 B 17 6 89 49.8682 1.823 -0.453 
1210 B 17 6 90 49.8696 1.817 -0.464 
1210 B 17 6 91 49.8709 1.770 -0.465 
1210 B 17 6 92 49.8723 1.757 -0.516 
1210 B 17 6 93 49.8737 1.748 -0.527 
1210 B 17 6 94 49.8750 1.716 -0.500 
1210 B 17 6 95 49.8764 1.703 -0.526 
1210 B 17 6 96 49.8778 1.651 -0.673 
1210 B 17 6 97 49.8791 1.721 -0.495 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1210 B 17 6 98 49.8805 1.647 -0.546 
1210 B 17 6 99 49.8818 1.810 -0.440 
1210 B 17 6 100 49.8832 1.754 -0.471 
1210 B 17 6 101 49.8846 1.780 -0.422 
1210 B 17 6 102 49.8859 1.736 -0.389 
1210 B 17 6 103 49.8873 1.787 -0.337 
1210 B 17 6 104 49.8886 1.808 -0.372 
1210 B 17 6 105 49.8900 1.683 -0.371 
1210 B 17 6 106 49.8914 1.812 -0.385 
1210 B 17 6 107 49.8927 1.734 -0.421 
1210 B 17 6 108 49.8941 1.722 -0.422 
1210 B 17 6 109 49.8955 1.746 -0.398 
1210 B 17 6 110 49.8968 1.693 -0.411 
1210 B 17 6 111 49.8982 1.834 -0.560 
1210 B 17 6 112 49.8995 1.567 -0.539 
1210 B 17 6 113 49.9009 1.666 -0.371 
1210 B 17 6 114 49.9023 1.662 -0.427 
1210 B 17 6 115 49.9036 1.650 -0.599 
1210 B 17 6 116 49.9050 1.607 -0.478 
1210 B 17 6 117 49.9064 1.698 -0.404 
1210 B 17 6 118 49.9077 1.627 -0.453 
1210 B 17 6 119 49.9091 1.625 -0.203 
1210 B 17 6 120 49.9104 1.635 -0.418 
1210 B 17 6 121 49.9118 1.570 -0.497 
1210 B 17 6 122 49.9131 1.489 -0.273 
1210 B 17 6 123 49.9145 1.420 -0.691 
1210 B 17 6 124 49.9157 1.408 -0.637 
1210 B 17 6 125 49.9168 1.389 -0.692 
1210 B 17 6 126 49.9180 1.461 -0.671 
1210 B 17 6 127 49.9192 1.428 -0.748 
1210 B 17 6 128 49.9204 1.417 -0.701 
1210 B 17 6 129 49.9216 1.315 -0.885 
1210 B 17 6 130 49.9227 1.351 -0.623 
1210 B 17 6 131 49.9239 1.344 -0.739 
1210 B 17 6 132 49.9251 1.389 -0.831 
1210 B 17 6 133 49.9263 1.489 -0.712 
1210 B 17 6 134 49.9274 1.461 -0.814 
1210 B 17 6 135 49.9286 1.360 -1.111 
1210 A 18 2 111 49.9286 1.480 -0.842 
1210 A 18 2 112 49.9293 1.576 -0.641 
1210 A 18 2 113 49.9300 1.510 -0.835 
1210 A 18 2 114 49.9306 1.577 -0.651 
1210 A 18 2 115 49.9313 1.682 -0.568 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1210 A 18 2 116 49.9319 1.695 -0.492 
1210 A 18 2 117 49.9326 1.658 -0.335 
1210 A 18 2 119 49.9339 1.582 -0.776 
1210 A 18 2 120 49.9346 1.655 -0.649 
1210 A 18 2 121 49.9352 1.614 -0.752 
1210 A 18 2 122 49.9359 1.728 -0.806 
1210 A 18 2 123 49.9366 1.748 -0.504 
1210 A 18 2 124 49.9372 1.696 -0.799 
1210 A 18 2 125 49.9379 1.676 -0.767 
1210 A 18 2 126 49.9385 1.731 -0.650 
1210 A 18 2 127 49.9392 1.657 -0.676 
1210 A 18 2 128 49.9398 1.667 -0.781 

C22nH2               
1210 B 17 4 127 49.4671 1.735 -0.535 
1210 B 17 4 128 49.4691 1.712 -0.603 
1210 B 17 4 129 49.4710 1.740 -0.529 
1210 B 17 4 130 49.4730 1.745 -0.505 
1210 B 17 4 131 49.4749 1.802 -0.482 
1210 B 17 4 132 49.4768 1.745 -0.601 
1210 B 17 4 133 49.4788 1.754 -0.629 
1210 B 17 4 134 49.4807 1.779 -0.512 
1210 B 17 4 135 49.4827 1.711 -0.408 
1210 B 17 4 136 49.4846 1.724 -0.578 
1210 B 17 4 137 49.4866 1.734 -0.414 
1210 B 17 4 138 49.4885 1.586 -0.287 
1210 B 17 4 139 49.4905 1.636 -0.379 
1210 B 17 4 140 49.4924 1.633 -0.393 
1210 B 17 4 141 49.4944 1.614 -0.451 
1210 B 17 4 142 49.4963 1.593 -0.517 
1210 B 17 4 143 49.4982 1.655 -0.354 
1210 B 17 4 144 49.5002 1.686 -0.340 
1210 B 17 4 145 49.5021 1.654 -0.419 
1210 B 17 4 146 49.5041 1.588 -0.513 
1210 B 17 4 147 49.5060 1.697 -0.328 
1210 B 17 4 148 49.5080 1.624 -0.453 
1210 B 17 4 149 49.5099 1.646 -0.309 
1210 B 17 4 150 49.5119 1.628 -0.345 
1210 B 17 5 0 49.5119 1.615 -0.340 
1210 B 17 5 1 49.5138 1.604 -0.391 
1210 B 17 5 2 49.5157 1.578 -0.364 
1210 B 17 5 3 49.5177 1.460 -0.497 
1210 B 17 5 4 49.5196 1.504 -0.420 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1210 B 17 5 5 49.5216 1.491 -0.180 
1210 B 17 5 6 49.5235 1.541 -0.505 
1210 B 17 5 8 49.5272 1.561 -0.436 
1210 B 17 5 9 49.5290 1.541 -0.433 
1210 B 17 5 10 49.5308 1.516 -0.550 
1210 B 17 5 11 49.5325 1.511 -0.523 
1210 B 17 5 12 49.5343 1.417 -0.789 
1210 B 17 5 13 49.5360 1.521 -0.644 
1210 B 17 5 14 49.5378 1.548 -0.641 
1210 B 17 5 15 49.5395 1.650 -0.636 
1210 B 17 5 16 49.5412 1.621 -0.665 
1210 B 17 5 17 49.5429 1.700 -0.544 
1210 B 17 5 18 49.5446 1.681 -0.502 
1210 B 17 5 19 49.5457 1.718 -0.520 
1210 B 17 5 20 49.5467 1.688 -0.454 
1210 B 17 5 21 49.5477 1.755 -0.552 
1210 B 17 5 22 49.5487 1.747 -0.417 
1210 B 17 5 23 49.5498 1.838 -0.578 
1210 B 17 5 24 49.5508 1.827 -0.338 
1210 B 17 5 25 49.5518 1.786 -0.465 
1210 B 17 5 26 49.5528 1.755 -0.394 
1210 B 17 5 27 49.5539 1.739 -0.679 
1210 B 17 5 28 49.5549 1.772 -0.597 
1210 B 17 5 29 49.5559 1.778 -0.462 
1210 B 17 5 30 49.5570 1.880 -0.545 
1210 B 17 5 31 49.5580 1.657 -0.646 
1210 B 17 5 32 49.5590 1.783 -0.536 
1210 B 17 5 33 49.5600 1.808 -0.441 
1210 B 17 5 34 49.5611 1.807 -0.411 
1210 B 17 5 35 49.5621 1.782 -0.462 
1210 B 17 5 36 49.5631 1.786 -0.421 
1210 B 17 5 37 49.5641 1.757 -0.560 
1210 B 17 5 38 49.5652 1.749 -0.538 
1210 B 17 5 39 49.5662 1.785 -0.487 
1210 B 17 5 40 49.5672 1.781 -0.483 
1210 B 17 5 41 49.5682 1.822 -0.404 
1210 B 17 5 42 49.5693 1.784 -0.518 
1210 B 17 5 43 49.5703 1.782 -0.471 
1210 B 17 5 44 49.5713 1.794 -0.483 
1210 B 17 5 45 49.5723 1.781 -0.520 
1210 B 17 5 46 49.5734 1.779 -0.472 
1210 B 17 5 47 49.5744 1.750 -0.476 
1210 B 17 5 48 49.5754 1.830 -0.413 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1210 B 17 5 49 49.5766 1.836 -0.425 
1210 B 17 5 50 49.5777 1.808 -0.451 
1210 B 17 5 51 49.5788 1.772 -0.410 
1210 B 17 5 52 49.5800 1.824 -0.470 
1210 B 17 5 53 49.5811 1.767 -0.424 
1210 B 17 5 54 49.5822 1.799 -0.444 
1210 B 17 5 55 49.5834 1.789 -0.427 
1210 B 17 5 56 49.5845 1.752 -0.437 
1210 B 17 5 57 49.5856 1.747 -0.453 

C22nH3               
1210 B 17 3 65 49.1015 1.950 -0.277 
1210 B 17 3 66 49.1038 1.988 -0.218 
1210 B 17 3 67 49.1062 2.028 -0.057 
1210 B 17 3 68 49.1086 2.006 -0.002 
1210 B 17 3 69 49.1110 1.866 -0.302 
1210 B 17 3 70 49.1146 1.924 -0.113 
1210 B 17 3 71 49.1183 1.783 -0.216 
1210 B 17 3 72 49.1219 1.881 -0.019 
1210 B 17 3 73 49.1256 1.908 0.022 
1210 B 17 3 74 49.1292 1.912 0.014 
1210 B 17 3 75 49.1329 1.957 0.034 
1210 B 17 3 76 49.1365 1.777 -0.196 
1210 B 17 3 77 49.1401 1.890 -0.032 
1210 B 17 3 78 49.1438 1.886 0.070 
1210 B 17 3 79 49.1474 1.896 0.024 
1210 B 17 3 80 49.1511 1.821 -0.117 
1210 B 17 3 81 49.1547 1.844 -0.090 
1210 B 17 3 82 49.1584 1.799 -0.310 
1210 B 17 3 83 49.1620 1.788 -0.184 
1210 B 17 3 84 49.1657 1.743 -0.405 
1210 B 17 3 85 49.1693 1.800 -0.284 
1210 B 17 3 86 49.1729 1.795 -0.324 
1210 B 17 3 87 49.1766 1.740 -0.484 
1210 B 17 3 88 49.1778 1.746 -0.367 
1210 B 17 3 89 49.1789 1.765 -0.337 
1210 B 17 3 90 49.1801 1.852 -0.078 
1210 B 17 3 91 49.1811 1.873 -0.186 
1210 B 17 3 92 49.1821 1.811 -0.180 
1210 B 17 3 93 49.1831 1.802 -0.330 
1210 B 17 3 94 49.1840 1.834 -0.069 
1210 B 17 3 95 49.1850 1.821 -0.120 
1210 B 17 3 96 49.1860 1.798 -0.181 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1210 B 17 3 97 49.1870 1.696 -0.383 
1210 B 17 3 98 49.1879 1.777 -0.217 
1210 B 17 3 99 49.1889 1.796 -0.163 
1210 B 17 3 100 49.1899 1.832 -0.117 
1210 B 17 3 101 49.1909 1.738 -0.254 
1210 B 17 3 102 49.1919 1.821 -0.106 
1210 B 17 3 103 49.1928 1.786 -0.155 
1210 B 17 3 104 49.1938 1.815 -0.337 
1210 B 17 3 105 49.1948 1.870 -0.209 
1210 B 17 3 106 49.1958 1.801 -0.319 
1210 B 17 3 107 49.1967 1.780 -0.334 
1210 B 17 3 108 49.1977 1.894 -0.311 
1210 B 17 3 109 49.1987 1.838 -0.450 
1210 B 17 3 110 49.1997 1.890 -0.213 
1210 B 17 3 111 49.2007 1.594 -0.430 
1210 B 17 3 112 49.2016 1.924 -0.429 
1210 B 17 3 113 49.2026 1.784 -0.340 
1210 B 17 3 114 49.2036 1.682 -0.445 
1210 B 17 3 115 49.2046 1.813 -0.510 
1210 B 17 3 116 49.2057 1.946 -0.549 
1210 B 17 3 117 49.2067 1.891 -0.514 
1210 B 17 3 118 49.2083 1.871 -0.432 
1210 B 17 3 119 49.2098 1.815 -0.383 
1210 B 17 3 120 49.2113 1.804 -0.379 
1210 B 17 3 121 49.2128 1.838 -0.240 
1210 B 17 3 122 49.2144 1.908 -0.278 
1210 B 17 3 123 49.2159 1.840 -0.144 
1210 B 17 3 124 49.2174 1.817 -0.246 
1210 B 17 3 125 49.2189 1.733 -0.323 
1210 B 17 3 126 49.2204 1.776 -0.290 
1210 B 17 3 127 49.2212 1.672 -0.328 
1210 B 17 3 128 49.2219 1.757 -0.077 
1210 B 17 3 129 49.2227 1.773 -0.255 
1210 B 17 3 130 49.2234 1.583 -0.465 
1210 B 17 3 131 49.2241 1.577 -0.479 
1210 B 17 3 132 49.2248 1.608 -0.385 
1210 B 17 3 133 49.2255 1.604 -0.432 
1210 B 17 3 134 49.2262 1.612 -0.308 
1210 B 17 3 135 49.2269 1.555 -0.451 
1210 B 17 3 136 49.2277 1.536 -0.367 
1210 B 17 3 137 49.2284 1.563 -0.302 
1210 B 17 3 138 49.2291 1.461 -0.551 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1210 B 17 3 139 49.2298 1.515 -0.401 
1210 B 17 3 140 49.2305 1.491 -0.412 
1210 B 17 3 141 49.2312 1.527 -0.525 
1210 B 17 3 142 49.2319 1.512 -0.427 
1210 B 17 3 143 49.2326 1.465 -0.569 
1210 B 17 3 144 49.2334 1.467 -0.499 
1210 B 17 3 145 49.2341 1.458 -0.552 
1210 B 17 3 146 49.2348 1.407 -0.612 
1210 B 17 3 147 49.2355 1.595 -0.497 
1210 B 17 3 149 49.2369 1.561 -0.472 
1210 B 17 4 0 49.2376 1.483 -0.620 
1210 B 17 4 2 49.2391 1.831 -0.526 
1210 B 17 4 3 49.2398 1.706 -0.300 
1210 B 17 4 4 49.2405 1.644 -0.543 
1210 B 17 4 5 49.2412 1.635 -0.401 
1210 B 17 4 6 49.2419 1.646 -0.322 
1210 B 17 4 7 49.2426 1.637 -0.486 
1210 B 17 4 8 49.2433 1.513 -0.748 
1210 B 17 4 9 49.2441 1.712 -0.596 
1210 B 17 4 10 49.2448 1.795 -0.533 
1210 B 17 4 11 49.2455 1.716 -0.414 
1210 B 17 4 12 49.2462 1.775 -0.426 
1210 B 17 4 13 49.2474 1.737 -0.586 
1210 B 17 4 14 49.2485 1.765 -0.558 
1210 B 17 4 15 49.2497 1.775 -0.329 
1210 B 17 4 16 49.2509 1.705 -0.431 
1210 B 17 4 17 49.2521 1.812 -0.385 
1210 B 17 4 18 49.2532 1.822 -0.372 
1210 B 17 4 19 49.2544 1.751 -0.381 
1210 B 17 4 20 49.2556 1.736 -0.530 
1210 B 17 4 21 49.2568 1.806 -0.434 
1210 B 17 4 22 49.2579 1.831 -0.262 
1210 B 17 4 23 49.2591 1.770 -0.458 
1210 B 17 4 24 49.2603 1.790 -0.448 
1210 B 17 4 25 49.2615 1.601 -0.499 
1210 B 17 4 26 49.2626 1.636 -0.395 

C21rH1               
1210 A 17 5 30 48.7330 1.780 -0.202 
1210 A 17 5 31 48.7349 1.651 -0.251 
1210 A 17 5 32 48.7367 1.766 -0.321 
1210 A 17 5 33 48.7385 1.764 -0.176 
1210 A 17 5 34 48.7403 1.651 -0.332 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1210 A 17 5 35 48.7421 1.592 -0.443 
1210 A 17 5 36 48.7439 1.716 -0.147 
1210 A 17 5 37 48.7458 1.647 -0.293 
1210 A 17 5 38 48.7476 1.571 -0.377 
1210 A 17 5 39 48.7494 1.681 -0.254 
1210 A 17 5 40 48.7512 1.634 -0.264 
1210 A 17 5 41 48.7530 1.480 -0.363 
1210 A 17 5 43 48.7566 1.514 -0.394 
1210 A 17 5 44 48.7585 1.505 -0.358 
1210 A 17 5 45 48.7603 1.491 -0.406 
1210 A 17 5 46 48.7621 1.431 -0.660 
1210 A 17 5 47 48.7639 1.539 -0.494 
1210 B 17 2 84 48.7657 1.460 -0.502 
1210 B 17 2 85 48.7675 1.592 -0.528 
1210 B 17 2 86 48.7694 1.522 -0.516 
1210 B 17 2 87 48.7712 1.664 -0.567 
1210 B 17 2 88 48.7730 1.828 -0.633 
1210 B 17 2 89 48.7748 1.666 -0.487 
1210 B 17 2 90 48.7766 1.815 -0.390 
1210 B 17 2 91 48.7787 1.810 -0.396 
1210 B 17 2 92 48.7808 1.885 -0.307 
1210 B 17 2 93 48.7829 1.917 -0.254 
1210 B 17 2 94 48.7850 1.920 -0.262 
1210 B 17 2 95 48.7871 1.906 -0.138 
1210 B 17 2 96 48.7892 1.961 -0.255 
1210 B 17 2 97 48.7913 1.904 -0.126 
1210 B 17 2 98 48.7934 1.930 -0.395 
1210 B 17 2 99 48.7955 1.955 -0.411 
1210 B 17 2 100 48.7976 1.879 -0.274 
1210 B 17 2 101 48.7997 1.869 -0.441 
1210 B 17 2 102 48.8018 1.877 -0.430 
1210 B 17 2 103 48.8039 1.950 -0.378 
1210 B 17 2 104 48.8061 2.000 -0.506 
1210 B 17 2 105 48.8082 2.002 -0.406 
1210 B 17 2 106 48.8113 2.058 -0.513 
1210 B 17 2 107 48.8145 1.989 -0.501 
1210 B 17 2 108 48.8177 1.988 -0.465 
1210 B 17 2 109 48.8210 2.043 -0.401 
1210 B 17 2 110 48.8243 1.930 -0.567 
1210 B 17 2 111 48.8277 2.026 -0.292 
1210 B 17 2 112 48.8310 2.012 -0.175 
1210 B 17 2 113 48.8343 1.942 -0.336 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1210 B 17 2 114 48.8376 1.952 -0.160 
1210 B 17 2 115 48.8409 1.989 -0.202 
1210 B 17 2 116 48.8442 2.042 -0.162 
1210 B 17 2 117 48.8476 1.922 -0.218 
1210 B 17 2 118 48.8509 2.057 -0.145 
1210 B 17 2 119 48.8542 1.943 -0.298 

C21rH5               
1210 B 16 6 54 48.2322 1.824 -0.157 
1210 B 16 6 55 48.2336 1.820 -0.345 
1210 B 16 6 56 48.2350 1.888 -0.281 
1210 B 16 6 57 48.2364 1.831 -0.234 
1210 B 16 6 58 48.2378 1.863 -0.409 
1210 B 16 6 59 48.2391 1.809 -0.234 
1210 B 16 6 60 48.2405 1.831 -0.354 
1210 B 16 6 61 48.2419 1.730 -0.146 
1210 B 16 6 62 48.2433 1.804 -0.220 
1210 B 16 6 63 48.2447 1.681 -0.217 
1210 B 16 6 64 48.2461 1.845 -0.278 
1210 B 16 6 65 48.2475 1.743 -0.224 
1210 B 16 6 66 48.2488 1.749 -0.163 
1210 B 16 6 67 48.2502 1.677 -0.287 
1210 B 16 6 68 48.2516 1.711 -0.246 
1210 B 16 6 69 48.2530 1.730 -0.266 
1210 B 16 6 70 48.2544 1.708 -0.203 
1210 B 16 6 71 48.2558 1.759 -0.156 
1210 B 16 6 72 48.2572 1.757 -0.387 
1210 B 16 6 73 48.2585 1.813 -0.418 
1210 B 16 6 74 48.2599 1.747 -0.452 
1210 B 16 6 75 48.2613 1.823 -0.297 
1210 B 16 6 77 48.2641 1.790 -0.234 
1210 B 16 6 78 48.2655 1.782 -0.286 
1210 B 16 6 79 48.2663 1.779 -0.227 
1210 B 16 6 80 48.2671 1.706 -0.294 
1210 B 16 6 81 48.2680 1.747 -0.333 
1210 B 16 6 82 48.2688 1.779 -0.262 
1210 B 16 6 83 48.2696 1.633 -0.360 
1210 B 16 6 84 48.2704 1.675 -0.369 
1210 B 16 6 85 48.2712 1.717 -0.276 
1210 B 16 6 86 48.2720 1.639 -0.398 
1210 B 16 6 87 48.2729 1.504 -0.635 
1210 B 16 6 88 48.2737 1.694 -0.345 

 

 



 

138 

Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1210 B 16 6 89 48.2745 1.686 -0.336 
1210 B 16 6 90 48.2753 1.705 -0.327 
1210 B 16 6 91 48.2761 1.673 -0.430 
1210 B 16 6 93 48.2778 1.722 -0.363 
1210 B 16 6 94 48.2786 1.726 -0.363 
1210 B 16 6 95 48.2794 1.697 -0.383 
1210 B 16 6 96 48.2802 1.652 -0.366 
1210 B 16 6 97 48.2810 1.643 -0.340 
1210 B 16 6 98 48.2818 1.663 -0.358 
1210 B 16 6 99 48.2827 1.666 -0.185 
1210 B 16 6 100 48.2835 1.585 -0.375 
1210 B 16 6 101 48.2843 1.574 -0.431 
1210 B 16 6 102 48.2851 1.570 -0.541 
1210 B 16 6 103 48.2859 1.673 -0.358 
1210 B 16 6 104 48.2867 1.725 -0.304 
1210 B 16 6 105 48.2876 1.577 -0.427 
1210 B 16 6 106 48.2884 1.662 -0.479 
1210 B 16 6 107 48.2892 1.723 -0.432 
1210 B 16 6 108 48.2900 1.601 -0.559 
1210 B 16 6 109 48.2910 1.733 -0.374 
1210 B 16 6 110 48.2920 1.722 -0.350 
1210 B 16 6 111 48.2929 1.795 -0.324 
1210 B 16 6 112 48.2940 1.738 -0.395 
1210 B 16 6 113 48.2950 1.788 -0.352 
1210 B 16 6 115 48.2970 1.769 -0.364 
1210 B 16 6 116 48.2980 1.707 -0.473 
1210 B 16 6 117 48.2990 1.791 -0.457 
1210 B 16 6 118 48.3000 1.753 -0.346 
1210 B 16 6 119 48.3010 1.773 -0.366 
1210 B 16 6 120 48.3020 1.725 -0.352 
1210 B 16 6 121 48.3030 1.658 -0.411 
1210 B 16 6 122 48.3040 1.607 -0.438 
1210 B 16 6 123 48.3050 1.737 -0.356 
1210 B 16 6 124 48.3060 1.663 -0.304 
1210 B 16 6 125 48.3070 1.700 -0.308 
1210 B 16 6 126 48.3080 1.656 -0.495 
1210 B 16 6 127 48.3090 1.776 -0.392 
1210 B 16 6 128 48.3101 1.800 -0.372 
1210 B 16 6 129 48.3111 1.754 -0.348 
1210 B 16 6 130 48.3129 1.772 -0.305 
1210 B 16 6 131 48.3148 1.716 -0.254 
1210 B 16 6 132 48.3166 1.719 -0.284 
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Table 3-A1, Continued.	  
Site Hole Core Section Top Calculated Age (Ma) δ13C (‰) δ18O (‰) 

1210 B 16 6 133 48.3185 1.730 -0.221 
1210 B 16 6 134 48.3203 1.678 -0.203 
1210 B 16 6 135 48.3222 1.770 -0.172 
1210 B 16 6 136 48.3241 1.646 -0.172 
1210 B 16 6 137 48.3260 1.730 -0.091 
1210 B 16 6 138 48.3278 1.749 -0.165 
1210 B 16 6 139 48.3297 1.749 -0.127 
1210 B 16 6 140 48.3316 1.676 -0.306 
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CHAPTER 4  

A Synthesis of Carbon Isotope Excursions in Greenhouse Climates
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 Records of greenhouse Earth climates (prior to the onset of widespread 

glaciation at ~34 Ma) have demonstrated the occurrence of numerous transient 

episodes of extreme warming corresponding to major disruptions of the carbon 

cycle. Called ʻhyperthermals,ʼ or sometimes carbon isotope excursions, for the 

characteristic signature of such events in the sedimentary record, these events 

provide plausible analogs for future greenhouse gas-induced warming and global 

change. Here, we synthesize records of potential hyperthermal events from ~250 

to 40 Ma. We identify 44 potential hyperthermals based on identification of 

negative carbon isotope excursions. We compare carbon isotope excursions 

identified from sedimentary carbonate records to demonstrate that the Toarcian 

(~180 Ma) is the largest event, and that most events are comparatively small—

only the Toarcian, PETM, Permian-Triassic boundary, Triassic-Jurassic 

boundary, and Aptian Ocean Anoxic event are show bulk carbonate carbon 

isotope excursions greater than 2‰. However, the 44 purported hyperthermals 

show a number of commonalities in terms of evidence for warming, extinction 

and/or biotic turnover, dissolution of carbonates, weathering, and anoxia. Finally, 

based on the temporal relationship between hyperthermal events and the 

existence of widespread anoxia-favoring geography, we suggest that such 

geography is a necessary precondition for the occurrence of hyperthermal events 

in geologic history. 
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4.1 Introduction 

Records of carbon and oxygen stable isotopes from marine carbonates 

are the primary tools for reconstructing Earthʼs long-term climatic trends (Scholle 

and Arthur, 1980; Shackleton 1985; Zachos et al., 2001). Numerous authors 

have identified episodes of rapid change in the isotopic composition of oxygen 

(reflecting changes in temperature and ice volume) and carbon (reflecting 

changes in the carbon cycle). Zachos et al., 2001, illustrated the three most 

prominent climatic perturbations of the Cenozoic as the Paleocene-Eocene 

Thermal Maximum (PETM) at ~56 Ma, the onset of Antarctic glaciation at ~34 

Ma, and glaciation at the Oligocene-Miocene boundary at ~23 Ma.  

The abundance of high-resolution of records from the late Cenozoic 

spanning the glacial-interglacial cycles of the Plio-Pleistocene compared to the 

warm, early Cenozoic, has given the impression of reduced climatic and carbon 

cycle variability during warm climates. Continuing improvements to the resolution 

of proxy records from the early Cenozoic, in particular the Paleogene period, 

have revealed numerous fluctuations punctuating a warm, greenhouse climate. 

Records extending further, into the Jurassic and Cretaceous periods, have 

revealed a number of discrete ocean anoxic events (OAEs), coupled with 

extreme warmth. These records demonstrate that abrupt climatic variability is not 

unique to recent geologic time. It is not obvious that climates of greenhouse 

Earth were more equable than icehouse Earth. 

         Carbon has a long (105 years) residence time in the exogenic system (not 
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including the lithosphere). Over this timescale, the mass and isotopic 

composition of exogenic carbon is a function of the balance between input via 

volcanism/metamorphism and organic matter weathering and removal via 

sedimentary burial of organic carbon and carbonate (Kump and Arthur 1999; 

Berner 2003). Fluctuations in the isotopic composition of marine carbonates are 

generally interpreted to indicate deviations from steady state, with positive 

excursions representing increases in organic matter burial through some 

combination of increased productivity and/or increased organic matter 

preservation, and negative excursions representing the reverse. Unfortunately, a 

straightforward interpretation of measured carbonate isotopic values to determine 

changes in the burial ratio is complicated by the possibility of changes in either 

the isotopic composition of carbon inputs or the fractionation between organic 

carbon and carbonate through time (Kump and Arthur, 1999).   

         In contrast, shorter-term fluctuations are traditionally interpreted as 

transfers of organic carbon between reservoirs. Researchers explain the negative 

δ13C excursion of 0.3-0.4‰ associated with the Last Glacial Maximum by the 

transfer of large quantities (300-700 Gt) of terrestrial organic carbon to the 

oceans-atmosphere (Curry et al., 1988; Bird et al., 1994; Sigman and Boyle, 

2000). Large negative carbon isotopic excursions (CIEs) identified from earlier 

geologic intervals, in contrast, coincide with indications of intense, abrupt 

warming.  

The most famous, well-studied example of these events is the PETM, 
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where an abrupt negative CIE of >3‰ corresponds with 5-6°C warming (Zachos 

et al., 2007; Dunkley Jones et al., 2010). Researchers have suggested that the 

massive size of the CIE during the PETM makes it improbable that transfer of 

carbon between exogenic reservoirs could be the cause—the mass of organic 

carbon required would be approximately equal to the entire present-day organic 

carbon reservoir—as a result, Dickens, 1995, suggested that the massive 

dissociation and release of methane hydrates might have been responsible. This 

source of sedimentary carbon is separate from the readily exchangeable 

exogenic system and its release represents massive disruption to the carbon 

cycle. 

 In addition to the CIE, the PETM shows evidence of intense dissolution of 

deep-sea carbonates, indicating shoaling of the lysocline and carbonate 

compensation depth, which provides additional constraints on the magnitude of 

the required carbon input (Zachos et al., 2005; Panchuk et al., 2008). The PETM 

is called a ʻhyperthermalʼ event because of the magnitude of disruption to the 

carbon cycle and extent of warming at the end-Paleocene, which stands out as 

one of the major climatic events of the entire Cenozoic. 

         Over the past 20 years since the discovery of carbon injection and 

warming at the PETM, multiple authors have described additional carbon cycle 

perturbations, sometimes coupled with warming, which they have labeled as 

ʻhyperthermalsʼ comparable to, though smaller than, the PETM. The postulated 

causes of these events include smaller releases of carbon from a methane 
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hydrate reservoir or redistribution of dissolved organic carbon from the deep 

ocean (Zachos et al., 2008; Lourens et al., 2005; Niccolo et al., 2007; Sexton et 

al., 2010).  

In addition, increasing resolution of carbon isotope records across OAEs 

demonstrate that rapid negative CIEs often preceded the positive CIEs typically 

associated with deposition of black shales or organic-rich sediments (Jenkyns, 

2010). These negative CIEs have been attributed to volcanic CO2 release as well 

as dissociation of methane hydrates and thermal metamorphism of organic 

matter (Hesselbo et al., 2000; Jahren et al., 2001; Jenkyns 2003; McElwain et al., 

2005; Kuroda et al., 2007; Jenkyns, 2010). While some of these CIEs are clearly 

above-background in magnitude and correspond with evidence of warming and 

often carbonate dissolution, some of the identified ʻhyperthermalsʼ show relatively 

moderate environmental change. To date, there has been no comprehensive 

evaluation of events labeled as ʻhyperthermals,ʼ or attempts to assign criteria for 

the definition of a ʻhyperthermal.ʼ 

         This study seeks to synthesize records of ʻhyperthermalsʼ and assess their 

ubiquity during greenhouse intervals. We will also contrast ʻhyperthermalʼ records 

with variability from the later Cenozoic. The Middle Eocene Climatic Optimum is 

the last identified ʻhyperthermalʼ event at ~40 Ma (Bohaty and Zachos, 2003; 

Bohaty et al; 2009). Providing a lower bound on the occurrence of hyperthermals 

is more complicated because of the scarcity of deep-sea records earlier than the 

mid-Cretaceous due to seafloor subduction. The Toarcian OAE during the 
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Jurassic period (~183 Ma), is the oldest event that has been labeled as a 

ʻhyperthermal,ʼ though large negative CIEs have been identified earlier, including 

at the Triassic-Jurassic boundary (T/J ~200 Ma), the Permian-Triassic (P/T ~251 

Ma), and from Proterozoic cap carbonates (Kennedy et al., 2001; Hesselbo et al., 

2002; Payne et al., 2004). This study will not consider events before the Permian-

Triassic, given the absence of pelagic calcifiers in earlier time periods (Ridgwell 

and Zeebe, 2005; Honisch et al., 2012). 

  

4.2 Datasets 

We have selected 44 potential ʻhyperthermalʼ events from ~252-40 Ma for 

comparison (though some events counted as two distinct events may be 

considered a single event). The majority of the selected records are from the 

Paleogene—these are the events typically described as ʻhyperthermalsʼ in the 

literature—though we also include 5 Mesozoic OAEs that show negative CIEs 

before the positive CIEs more commonly associated with their occurrence (Table 

1), as well as records of the CIEs associated with the T/J and P/T mass 

extinctions.  

Our primary focus of comparison for each event is the CIE itself—

researchers have frequently used the existence of a negative CIE as their main 

criteria for identification of a hyperthermal. It is possible to identify CIEs from 

multiple sources—both carbonates (including both bulk carbonate and 

foraminifera) and organic matter (including bulk and specific compounds). In 
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contrast, it is often more difficult to find unequivocal evidence for intense warming 

from the same proxy for each event. Oxygen isotopic compositions of 

foraminifera are more susceptible to diagenetic overprinting than carbon isotopes 

(Sexton et al., 2006), and using δ18O from bulk carbonates to infer temperature 

change is complicated by the possibility of changes in fractionation of different 

species of calcareous nannoplankton. For organic matter, alternative temperature 

proxies are necessary, such as the TEX86 sea surface temperature proxy 

(Zachos et al., 2006). 

The multiple sources available for recording δ13C during each event are 

also problematic because different sources consistently record different 

magnitude excursions for a single event. The PETM has records from the largest 

number of sources, allowing comparison of the range of different magnitudes for 

a given, global event. In general, organic carbon records larger excursions than 

carbonate, with typical marine carbonate excursions between 2-3.5‰ (Zachos et 

al., 2007; Panchuk, 2007), but organic carbon excursions as large as 6‰ (Pagani 

et al., 2006).  

Carbonate records are often compromised by dissolution, with the result 

that the peak of the CIE is not preserved, and by changes in pH during the event, 

which can alter the size of the excursion recorded through the carbonate ion 

effect (Panchuk, 2007; Pagani et al., 2006; Spero et al., 1997). For this reason, 

Pagani et al., 2006, suggested organic carbon records might provide better 

estimates for the CIE magnitude. However, other authors have cautioned against 
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the use of organic matter for determining CIE magnitude, since compositional 

changes of bulk organic matter (terrestrial versus marine) may compromise the 

primary signal (Corsetti et al., 2005). Studies have targeted carbon isotopic 

compositions of bulk organic matter as well as specific compounds, such as 

higher plant n-alkanes supposed to preserve an atmospheric signal; however, 

there is a possibility that hydrological cycle or other environmental changes could 

have affected fractionation in these sources (Bowen et al., 2004; Schouten et al., 

2007). Schouten et al., 2007, demonstrated that angiosperms recorded a larger 

excursion than conifers during the PETM: evidence that terrestrial organic carbon 

records might not demonstrate the exact CIE magnitude in the atmosphere-

oceans. 

 
Table 4-1. List of all ʻhyperthermalʼ events evaluated in this study with absolute 
ages provided from the literature. For Events A-L, ages are calculated relative to 
the PETM. 

Event Name Approximate Age 
(Ma) 

Sources 

Permian-Triassic Boundary 
Excursion 

252.3 Meyer et al., 2011; Corsetti et 
al., 2005 

Triassic-Jurassic Boundary Event 200 Palfy et al., 2008 
Toarcian T-OAE 183 Hermoso et al., 2012; 

Jenkyns et al., 2010; Cohen 
et al., 2007; Kump et al., 

2005; Jenkyns et al., 2003 
Early Aptian OAE 1a (Selli Event) 120 Jenkyns et al., 1995; 

Menegatti et al., 1998; 
Bellanca et al., 2002 

Early Albian OAE 1b (Paquier 
Event) 

111 Herrle et al., 2003; Wagner et 
al., 2007; Erbacher et al., 

1996 
Late Albian OAE 1d (Breistroffer 

Event) 
99.2 Wilson and Norris, 2001 

Cenomanian-Turonian C/T OAE, 
OAE 2 (Bonarelli Event) 

94 Voigt et al., 2006 

Dan-C2 Event 65.1 Quillevere et al., 2008 
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Table 4-1, Continued. 
Event Name Approximate Age 

(Ma) 
Sources 

Latest Danian Event (Top Chron 
27 Event) 

61.75 Bornemann et al., 2009; 
Westerhold et al., 2011 

Mid-Paleocene Biotic Event 
(Early-Late Paleocene Event) 

58.4 Bernaola et al., 2007 

ʻAʼ Event 57.5 Cramer et al., 2003; Zachos et 
al., 2010 

ʻB1ʼ Event 57.4 Cramer et al., 2003; Zachos et 
al., 2010 

ʻB2ʼ Event 57.3 Cramer et al., 2003; Zachos et 
al., 2010 

ʻC1ʼ Event 57 Cramer et al., 2003; Zachos et 
al., 2010 

ʻC2ʼ Event 56.9 Cramer et al., 2003; Zachos et 
al., 2010 

ʻD1ʼ Event 56.5 Cramer et al., 2003; Zachos et 
al., 2010 

ʻD2ʼ Event 56.4 Cramer et al., 2003; Zachos et 
al., 2010 

Paleocene Thermal Maximum 
(PETM) 

56 Bralower et al., 1997; Bains et 
al., 2003; Cohen et al., 2007; 

Zachos et al., 2005; Zachos et 
al., 2007; Pagani et al., 2006; 

Bowen et al., 2004 
ʻE1ʼ Event 55.9 Cramer et al., 2003 
ʻE2ʼ Event 55.8 Cramer et al., 2003 
ʻFʼ Event 55.4 Cramer et al., 2003 
ʻGʼ Event 55.1 Cramer et al., 2003 

Eocene Thermal Maximum 2 
(Elmo); ʻH1ʼ Event 

54.6 Cramer et al., 2003; Lourens 
et al., 2005; Stap et al., 2009; 

Zachos et al., 2010 
ʻH2ʼ Event 54.5 Cramer et al., 2003; Lourens 

et al., 2005; Stap et al., 2009; 
Zachos et al., 2010 

ʻI1ʼ Event 54.2 Cramer et al., 2003; Zachos et 
al., 2010 

ʻI2ʼ Event 54.1 Cramer et al., 2003; Zachos et 
al., 2010 

ʻJʼ Event 53.8 Cramer et al., 2003; Zachos et 
al., 2010 

ʻKʼ or ʻXʼ Event 53.4 Cramer et al., 2003 
ʻLʼ Event 53.1 Cramer et al., 2003 
C22rH1 49.97 Sexton et al., 2011 
C22rH2 49.92 Sexton et al., 2011; this study 
C22rH3 49.84 Sexton et al., 2011 
C22nH1 49.69 Sexton et al., 2011 
C22nH2 49.56 Sexton et al., 2011 
C22nH3 49.25 Sexton et al., 2011; this study 
C22nH4 49.16 Sexton et al., 2011 
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Table 4-1, Continued. 
Event Name Approximate Age 

(Ma) 
Sources 

C21rH1 48.78 Sexton et al., 2011; this study 
C21rH2 48.65 Sexton et al., 2011 
C21rH3 48.42 Sexton et al., 2011 
C21rH4 48.38 Sexton et al., 2011 
C21rH5 48.33 Sexton et al., 2011 
C21rH6 48.11 Sexton et al., 2011 

C19r Event 41.8 Edgar et al., 2007 
Middle Eocene Climatic Optimum 

(MECO) 
40 Bohaty and Zachos 2003; 

Bohaty et al., 2009 
 

While bulk or foraminiferal carbonate records exist for all of the events 

assessed here, δ13C records from bulk organic carbon are more common for the 

OAEs, given that most OAEs are characterized by organic-rich sediments and 

often show low carbonate content. Where records from multiple sources exist, we 

will evaluate the range of magnitudes for a given event; for detailed comparison 

of individual records, however, we use bulk carbonate datasets. In addition to 

assessing the absolute magnitude of the recorded CIE, we will also compare 

(where published age models are available) the total duration, rate of onset, and 

rate of recovery of each ʻhyperthermalʼ as defined by the carbon isotope data. 

         Many CIEs are associated with multiple signs of rapid and intense 

environmental change. For some events, particularly the PETM, there are studies 

detailing global and regional impacts on biology, weathering, carbonate 

preservation and ocean carbonate chemistry, anoxia, and the hydrological cycle 

(e.g. Thomas et al., 2002; Zachos et al., 2005; Bowen et al., 2004; Sluijs et al., 

2006). The Permain-Triassic and Triassic-Jurassic Boundary are well known 

episodes of mass extinction. For most postulated ʻhyperthermals,ʼ in contrast, 
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there is insufficient data to constrain the full environmental implications of the 

carbon cycle perturbation recorded. Still, there appear to be commonalities to 

many ʻhyperthermalsʼ beyond the record of the CIE. In general, these episodes 

coincide with evidence for warming and dissolution of carbonates, and many 

show some degree of biotic turnover. For each event, we will also assess the 

evidence for warming, extinction and/or biotic turnover, dissolution, weathering, 

anoxia, and evidence for the eventʼs global occurrence. 

         Previous reviews have suggested links between the PETM and Toarcian 

events, and also suggested connections between the PETM and the smaller 

ʻhyperthermalsʼ that occur in a ~5 Myr bracketing interval (Cohen et al., 2007; 

Zachos et al., 2010; Lunt et al., 2011). This study will compare a much larger 

selection of events in an attempt to isolate criteria necessary for defining an 

event as a hyperthermal, which will be useful in seeking to understand the 

likelihood that a common mechanism is responsible for the occurrence of at least 

some of these events. 

 

4.3 Evaluation of Carbon Isotope Excursions 

CIEs associated with identified ʻhyperthermalsʼ demonstrate a large range 

in size—from bulk carbonate CIEs of <0.4‰ to bulk organic carbon CIEs of up to 

8‰. Figure 4-1 shows the range of CIE magnitudes for the 44 events listed in 

Table 1. Larger ranges are partly a function of the number of records available for 

an individual event. The PETM, the most well studied event, shows a range 
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across all sources of 1-6‰, though a consensus has emerged around a CIE-size 

of ~4‰ (Dunkley-Jones et al., 2010). Many of the Paleogene events have fewer 

than 5 records (and most of the C22r-C21r events have isotope data from only a 

single site). In general, earlier events also have larger ranges. The largest range 

exists for the T/J (1.5-8‰), but van Schootbrugge et al., 2008, actually argue that 

no negative excursion occurred in the exogenic carbon pool at the T/J because 

1) compositional changes can explain organic C δ13C shifts, 2) there are bulk 

carbonate δ13C records across the T/J that show no evidence of a negative CIE, 

and 3) diagnetic overprinting may explain negative CIEs from other bulk 

carbonate records. 

 

Figure 4-1. Ranges in CIE size (δ13C ‰) plotted against absolute age for each 
event listed in Table 1. Sizes are taken from all available sources (including both 
carbonate and organic carbon records). Records are only excluded if diagnosis is 
obvious. Sources of records used are listed in Table 1.  
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4.3.1 Effects of CIE Duration 

The durations of each CIE are generally more similar (Figure 4-2). Again, 

greater uncertainty exists for earlier events; in particular, estimates for the 

duration of the CIE at the P/T boundary range from 165 kyr to 2 Myr (Corsetti et 

al., 2005), and estimates for the duration of the T/J event range from 20-40kyr to 

~600 kyr (Ruhl et al., 2011; Hesselbo et al., 2002). Excluding the large end of the 

range for these events, CIEs are typically no more than 300 kyr in duration (~300 

kyr is the preferred estimate for the duration of the Toarcian based on 

astronomical cycle counts) (Kemp et al., 2005; Cohen et al., 2007). A large 

majority of events (38 of 44) are less than 150 kyr in duration. Further, some of 

the events with total durations greater than 150 kyr have either very abrupt (10-

20 kyr) onsets (like the Toarcian and PETM), or may actually constitute two 

separate events (the LDE and TJ both exhibit double-peak isotopic excursions).  

This upper limit of ~150 kyr is equivalent to the residence time of carbon in 

the exogenic system, suggesting CIEs represent carbon release events, with the 

timescale of recovery ultimately controlled by the rate of silicate weathering 

(though faster recoveries may indicate additional mechanisms of CO2 

drawdown). Events with a longer duration suggest multiple pulses of carbon or an 

extended duration of carbon release. 
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Figure 4-2. Ranges in CIE duration (in kyr) plotted against absolute age for each 
event listed in Table 1.  

 

4.3.2 Controls on CIE size 

The smallest CIE for a given event is typically associated with bulk and 

benthic foraminiferal carbonate from deep-sea sections (Kennett and Stott, 1991; 

Thomas et al., 1999, Zachos et al., 2003; Zachos et al., 2005). Zachos et al., 

2005, demonstrated that dissolution was the most intense in the deep-sea during 

the PETM, suggesting the primary reason for the subdued CIEs is that the total 

loss of carbonate prevented the recording of peak excursion values. A carbonate 

ion effect may also reduce the apparent size of the excursion in carbonates—a 

decrease in the carbonate ion concentration in seawater, which is an expected 

effect of decreasing pH associated with massive carbon input to the atmosphere-

oceans, will cause a positive shift in the isotopic composition of carbonates, 
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partially offsetting the negative excursion (Spero et al., 1997).  

In contrast, the largest CIEs recorded for the PETM are from marine 

organic carbon, higher plant n-alkanes, and pedogenic (terrestrial) carbonates 

(Sluijs et al., 2006; Pagani et al., 2006; Bowen et al., 2004). This relationship—

with larger CIEs recorded in organic carbon—occurs in Toarcian records as well 

(Cohen et al., 2007). The difference in magnitude between the carbonate and 

organic carbon excursions even occurs in individual sections (Jenkyns et al., 

2001; Hesselbo et al., 2007). While organic carbon records are more common for 

earlier events, records for the large number of Paleogene events are only from 

bulk and benthic foraminiferal calcite. The source of these records may bias our 

interpretation of these CIEs towards smaller sizes.  

Comparing bulk carbonate records alone is still an imperfect method of 

assessing relative CIE magnitude because individual site characteristics can 

impact the details of the size and shape of the recorded CIE. Sedimentation rate, 

by controlling the extent to which bioturbation ʻsmearsʼ the signal, can exert a 

strong control on CIE-magnitude—Earth system modeling suggests that a 50% 

decrease in sedimentation rate can decrease the apparent CIE size by around a 

third (see Chapter 5).  

Given that dissolution intensity is at least partly a function of depth, 

differences in paleodepth may also influence CIE size—Zachos et al., 2005, and 

Stap et al., 2009, use depth transects recording the PETM, ETM-2, and H2, 

which show that shallower sites record consistently larger excursions. Given that 
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records of OAEs, the T/J, and P/T are typically from shallow sites as a result of 

the subduction of old seafloor, our interpretation of these CIEs may be biased 

towards larger sizes. Additionally, dissolution intensity is a function of the amount 

of carbon released, so the influence of dissolution on the recorded excursion size 

will be greater for large excursions than for small, suggesting smaller excursions 

may not be as biased as larger ones that cause massive dissolution. 

 Larger carbon release events should also result in a larger range of 

recorded CIEs across different sites. This is consistent with model results 

demonstrating that larger carbon pulses (though with varying carbon isotopic 

compositions, all intended to simulate the negative 4‰ CIE of the PETM) show a 

wider range in surface dissolved inorganic carbon δ13C excursions (Panchuk 

2007).  

Combined, inter-site characteristics and the size of carbon input during 

each event impact the degree to which a single site accurately records an 

individual event. In general, however, these effects will tend to reduce the 

apparent CIE-size—none of these proposed mechanisms would enhance CIE-

size in carbonates relative to the ʻtrueʼ excursion in the oceans-atmosphere. 

Diagenesis, in contrast, provides one possible mechanism for enhancing the 

apparent CIE size. Bralower et al., 1997, suggest diagenesis is responsible for 

the extremely large magnitude CIE (12‰) recorded in bulk carbonate at ODP 

Site 999 in the Caribbean for the PETM.  

One oft-used method for assessing diagenetic overprinting is to generate 
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cross-plots of δ13C and δ18O values, with strong correlation taken as evidence of 

diagenesis. However, modern foraminiferal shell values of δ18O and δ13C almost 

always display this covariance, so covariant trends are not absolute indicators of 

diagenesis (Veizer et al., 1999). None of our selected records have evidence of 

diagenesis reported, so using the largest CIE recorded represents the best guess 

among bulk carbonate records of an individual event, while still serving as a 

minimum estimate of the eventʼs true size. 

 

4.3.3 Comparison of CIEs 

In order to compare details of individual bulk carbonate CIEs, we have 

plotted adjusted δ13C records against depth for each of our 44 events that has 

been identified from multiple sites (Figure 4-3). Using only bulk carbonate records 

requires the exclusion of a number of the proposed hyperthermals of Sexton et 

al., 2011, where benthic foraminiferal records from a single site provide the only 

isotopic evidence of occurrence. Bulk carbonate isotopic data identifying CIEs 

are available from multiple sites for three of these events, C22rH2, C22nH3, and 

C21rH1, so we include records from these three events in Figure 4-3. In addition, 

we exclude the Chron 19r event despite the availability of bulk carbonate data, 

because of its identification at only a single Atlantic site (Edgar et al., 2007). 

Similarly, we do not show a record for OAE-1d, since we were not able to find a 

bulk record clearly showing a preceding negative CIE (though foraminiferal data 

from ODP Site 1052 do show such an excursion, which we include in Figure 4-1) 
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(Wilson and Norris, 2001).  

The one exception to our multi-site rule is the Mid-Paleocene Biotic Event. 

Though there is only one isotopic record for this event from a pelagic section in 

the Pyrenean Basin (Bernaola et al., 2007), correlatable sections in the Pacific, 

Atlantic, and Caribbean all show evidence for an unusually massive dissolution 

event (Westerhold et al., 2007). 

Where multiple bulk carbonate records are available, we select the largest 

recorded excursion. Each event is shifted so that its onset occurs at zero, where 

we define onset as the maximum value after which values begin to decrease 

continuously towards the δ13C minimum. We also include the estimated duration 

of each event (though not on separate axes, since detailed age models are not 

available for each record). The estimated ranges in duration are for all records of 

an event and are therefore not specific to the records plotted here. 

 

4.3.4 The Toarcian and PETM events 

The largest excursion in bulk carbonate, 6.3‰, is from the Toarcian 

(Hermoso et al., 2012). Like other records of the Toarcian CIE, there is a stepped 

decrease in isotopic values towards the excursion peak, which authors have 

interpreted as evidence for multiple pulses of carbon release (Hermoso et al., 

2012, Jenkyns and Clayton, 1997; Jenkyns et al., 2001). The Toarcian record 

plotted here is from the Parris Basin at ~30°N, a sub-basin off of the north 

epicontinental seaway, with a paleodepth of just 100-200 meters (Hermoso et al., 
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2009). This comparatively shallow depth suggests that the record has not been 

highly compromised by dissolution, as does its similarity to the δ13C record from 

bulk organic carbon from the same locality (Hermoso et al., 2012).  

In general, the shallow depths of most Toarcian carbonate records means 

that carbonate CIEs are much closer in magnitude to organic carbon CIEs than 

for the PETM. Counting of inferred orbital cycles suggests an absolute duration of 

~300 kyr for the Toarcian, with the series of pulses to negative δ13C values 

occurring over a total of ~60 kyr (Kemp et al., 2005). This timescale suggests the 

Toarcian has an asymmetrical shape—with a recovery interval longer than the 

onset. Though not clearly apparent in our selected Toarcian δ13C record, others 

show an extended duration for the peak of the CIE—the δ13Corg record from 

Yorkshire, England, used by Kemp et al., 2005, for their astronomical 

calculations showed a plateau in δ13C values for ~120 kyr. 

          The Toarcian and PETM CIEs share multiple features—including a 

stepped onset and an asymmetrical shape, as well as a broadly similar timescale 

(the PETM has a duration of roughly 220 kyr) (Cohen et al., 2007). The PETM 

record in Figure 4-3, with a CIE of -3‰, is one of the largest identified in marine 

bulk carbonate, from ODP Site 1001 in the Caribbean with a paleodepth of 1500-

2500 m (Bralower et al., 1997). Shallower sections, including a Pacific carbonate 

platform (Limalok Guyot, ODP Site 871) also show an  ~-3‰ CIE (Robinson, 

2010). The extremely abrupt onset, with no intermediate values, is typical of 

PETM records where, as at Site 1001, wt% CaCO3 drops to zero during the 
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event. Even at sites where dissolution is less intense, the rate of onset for the 

PETM still appears extremely rapid, <10 kyr (Thomas et al., 2002; Sluijs et al., 

2008; Dunkley-Jones et al., 2010). In contrast, most PETM records show a 

relatively extended recovery phase, which has often been used as evidence that 

silicate weathering was the primary mechanism responsible for removal of 

excess carbon. 

 

4.3.5 Hyperthermal Shape 

 Event shapes are apparent from δ13C records plotted against depth in 

Figure 4-3. However, changes in sedimentation rate are probable during an 

event, so age models should improve interpretation of the true shape. As a result 

of these eventsʼ relatively short duration, most age models are developed 

through orbital tuning, assuming regular cycles in proxy records represent 

specific orbital periods (typically precession). For the PETM, an age model 

developed for ODP Site 690 using extraterrestrial 3He, assumed to be a constant 

sedimentation rate tracer, disagrees with orbital age models for the recovery 

phase at this site by more than 100 kyr (Farley and Eltgroth, 2003). Age models 

for the PETM from ODP Leg 208 sites in the South Atlantic agree with the Site 

690 age models, suggesting a relatively more rapid recovery from excursion 

values, with sedimentation rates increasing during the recovery phase (Murphy et 

al., 2010). These alternative age models suggest that the PETM may not be as 

asymmetrical as previously assumed, with implications for the mode of recovery



 

161 

 

Figure 4-3. Individual CIE records from bulk carbonate for each event of the 44 
listed in Table 1 that can be identified at multiple sites. P/T record from Daijiang 
China, Meyer et al., 2011; T/J record from Hungary, Palfy et al., 2001; Toarcian 
record from Paris Basin, Hermoso et al., 2012; Aptian record Alison Guyot ODP 
Site 809, from Jenkyns et al., 2001; Albian record from; C/T record from Voigt et 
al., 2006; Dan C-2 record from Quillevere et al., 2008; LDE record from 
Borneman et al., 2009; MBE record from Zumaia, Spain, Bernaola et al., 2007; 
ʻAʼ from ODP 609, Cramer et al., 2003; B1 from Cramer et al., 2003; B2 from 
Cramer et al., 2003; C1 from Cramer et al., 2003; C2 from Cramer et al., 2003; 
D1 from Cramer et al., 2003; PETM from Bralower et al., 1997; E1 from Cramer 
et al., 2003; E2 from Cramer et al., 2003; F from Cramer et al., 2003; G from 
Cramer et a., 2004; H1 and H2 from Stap et al., 2009; I1 and I2 from Cramer et 
al., 2003; K from Cramer et al., 2003; L from Cramer et al., 2003; C22rH2 from 
this study; C22nH3 from this study; C21rH1 from this study; MECO from Bohaty 
et al., 2009. Grey shaded boxes indicate the body of the CIE. All δ- values are 
plotted with the ʻstartingʼ value adjusted to 0‰ for comparison. 



 

162 

 



 

163 

 
 
 
 
 
 
 
 
 
 

 
 
Figure 4-3, Continued. 
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Figure 4-3, Continued. 
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Figure 4-3, Continued. 
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 In fact, most CIEs show a symmetrical shape, with rate of onset similar to 

rates of recovery. This is not simply a feature of small CIEs—the large excursions 

at the P/T and T/J boundaries are roughly symmetrical as well. Age models for 

the events in Figure 4-3 do not greatly alter their apparent shape, and all age 

models (with the exception of the PETM) are from orbital tuning. Age models may 

differ significantly depending on which orbital periods cycles are assumed to 

represent; this is particularly true for the earlier events, which show a wide range 

of estimates for their total duration.  

For other events (and for the P/T and T/J as well, if shorter estimates are 

more accurate), onsets occur in less than 60 kyr. The apparent rapidity of onset, 

rather than the size of the CIE alone, is what makes these events unique from 

gradual trends common in δ13C records. Rates of recovery are slightly longer. 

For Paleogene events, the PETM recovery appears to be the longest, with the 

remainder of recoveries occurring over less than 100 kyr. Timescales of recovery 

for the negative CIEs preceding the OAEs are more uncertain, but also appear 

rapid. For the pre-OAE events, values usually transition from the negative CIE 

directly into a large, extended positive excursion, associated with black shale 

deposition and enhanced productivity and/or organic matter preservation 

(Jenkyns, 2010). 

Many of the records in Figure 4-3 show a double peak in δ13C. In some 

cases, these double peaks have been identified as separate events. Cramer et 

al., 2003, adopted the convention of labeling paired transients from the late 
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Paleocene to early Eocene with the same letter, parts ʻ1ʼ and ʻ2.ʼ For this study, 

in determining whether to plot these CIEs as individual events or double peak 

events, we assessed whether there was a clear recovery between each event 

based on the number of intervening ʻbackgroundʼ values. When values appear to 

decline immediately following the recovery from the first excursion (using sites 

where the largest CIEs are recorded), we plot both excursions as a single event. 

Of the twelve transients Cramer et al., 2003, identified, six occurred as pairs. 

However, the double peak shape also occurs in the early Paleocene (Latest 

Danian Event and Dan-C2 event), for a number of the OAEs, and possibly at the 

T/J boundary.  

These double peaks suggest that carbon input occurs in discrete pulses 

and also implies the operation of strong feedbacks during an event that could 

result in rapid and preferential drawdown of 12C, such as enhanced organic 

matter preservation (Bowen and Zachos, 2010). Less common are records where 

δ13C values plateau during the excursion, though this is at least partly a factor of 

sampling resolution. Extensive records exist for the PETM and Toarcian, and 

both show that the most negative values are maintained for an extended 

interval—perhaps 85-120 kyr (Cohen et al., 2007). The extended duration of 

peak excursion values also necessitates multiple pulses of carbon addition (Cui 

et al., 2011). 
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4.4 Comparison of CIEs to background δ13C variability 

         Carbon cycle events identified as ʻhyperthermalsʼ clearly represent a 

spectrum in the degree of environmental impact. Figure 4-3 demonstrates that 

the majority of the identified events, in particular events A-L and the mid-late 

Eocene C22r-C21r events, are as much as an order of magnitude smaller than 

the large excursions associated with the Toarcian, T/J boundary, P/T boundary, 

Aptian OAE, and PETM. To identify all these events as ʻhyperthermalsʼ should 

suggest a degree of uniqueness—that the events are clearly distinguishable from 

typical amplitude variations in δ13C records. 

         Variability in δ13C records is often associated with orbital forcing of the 

carbon cycle (Woodruff and Savin; 1991; Flower and Kennett, 1995; Diester-

Haas et al., 1996; Zachos et al., 1996; Zachos et al., 2001; Cramer et al., 2003; 

Palike et al., 2006). The long residence time of carbon in the exogenic system 

(105 years) acts as a filter on the δ13C variability recorded in carbonates, such 

that long period orbital cycles are most identifiable (Cramer et al., 2003; Palike et 

al., 2006).  

Carbon isotope records throughout the Cenozoic show prominent short 

eccentricity cycles (~100 kyr), which many authors have interpreted as evidence 

of a precessional influence on the carbon cycle, since eccentricity maxima are 

times of greatest precessional variability, and precession forcing has a stronger 

radiative impact than eccentricity forcing (Flower and Kennett, 1995; Diester-

Haas et al., 1996; Zachos et al., 1996; Zachos et al., 2001; Cramer et al., 2003). 
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Others have identified longer-period cycles in δ13C, consistent with long period 

(400-500 kyr) eccentricity modulation of precession and long-period modulated 

obliquity (1.4 Myr). These cycles are generally interpreted as a function of 

changes in the burial ratio of organic carbon to carbonate and changes in total 

marine productivity (Woodruff and Savin, 1991; Palike et al., 2006; Russon et al., 

2010). Zachos et al., 2010, suggested that cycles in the late Paleocene-early 

Eocene are the result of changes in amount of organic carbon buried on land.

 The standard deviation for mean values of carbonate δ13C for Cretaceous 

through Cenozoic bulk carbonate records is 0.3‰ (2σ of 0.6‰) (Shackleton, 

1987; Hayes et al., 1999). For long-period (~400 kyr) fluctuations over the past 5 

Myr, typical amplitude variability is 0.5-0.15‰ (Russon et al., 2010). However, 

studies from the Neogene, Oligocene, and Paleogene have all identified up to 

1‰ fluctuations in the δ13C of carbonates associated with orbital periods. 

         Whereas the amplitude of δ13C and δ18O variability in the Neogene (and 

Oligocene) has often been ascribed to the influence of ice-sheets as amplifiers of 

orbitally-induced climatic changes, Cramer et al., 2003, point out that equivalent 

variations are equally large in the Paleogene, when widespread ice sheets did 

not exit. Further, they suggest that ʻhyperthermalsʼ (though not the PETM), are 

climatic perturbations occurring at eccentricity maxima. Zachos et al., 2010, 

confirm this relationship between a number of Paleogene ʻhyperthermalsʼ and 

orbital cycles, noting that the PETM is out of phase with the long (405 kyr) 

eccentricity cycle, but possibly occurs at a short eccentricity maxima. 
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         If ʻhyperthermalsʼ occur at eccentricity maxima, questions arise whether 1) 

they occur at all eccentricity maxima, and 2) whether a regular, orbitally-paced 

climatic cycle can be connected with larger events, including the PETM and the 

CIEs preceding the OAEs. The regular, orbitally-paced A-L CIEs identified in bulk 

carbonate records are also apparent in benthic foraminiferal δ13C, demonstrating 

a whole-ocean signal, and correspond with negative excursions in benthic 

foraminiferal δ18O, suggesting 1-4°C bottom water warming (Cramer et al., 

2003). This is similar to the Chron 22r-21r events from Sexton et al., 2011, with 

13 purported ʻhyperthermalsʼ in a 2.4 Myr interval, with power at the short and 

long eccentricity frequencies. 

         Not all of the A-L and C22r-C21r ʻhyperthermalsʼ are clearly larger in 

magnitude than short-term, orbitally-paced variability from the rest of the 

Cenozoic. Figure 4-4 shows selected benthic foraminiferal δ13C records for 2.5 

Myr time-slices through the Cenozoic (0-5 Myr from ODP Site 846, 10-12.5 Myr 

from ODP Site 574, 14-16.5 Myr from ODP Site 1171, 22.5-32.5 Myr from ODP 

Site 1218, 47.5-50 Myr from ODP Site 1258, and 57.5-65 Myr from ODP Site 

1209).  Each record is from an individual site, chosen because these sites have 

relatively high (approximately 15 kyr or less) resolution, sufficient for detecting 

longer period (excluding precession) orbital cyclicity.  

The highest resolution records (unsurprisingly) are from the 0-5 Myr 

interval, at ODP Site 846, which has very high sedimentation rates ranging from 

1.5 to 7 cm/kyr (Mix et al., 1995). In contrast, the Paleocene records, from ODP 
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Site 1209, have sedimentation rates typically less than 1 cm/kyr (Westerhold et 

al., 2011). Low sedimentation rates should act as a filter on high-frequency 

variability, with greater time averaging, so it is impossible to make an absolute 

evaluation of δ13C variability by comparing records for each interval from sites 

with different sedimentation rates. For this reason, we assess the amplitude of 

δ13C variability relative to each individual interval. 4-4 shows the 95% confidence 

envelope for each 2.5 Myr timeslice (plotted as ±1σ from a least squared error 

line of best fit)—we calculate standard deviation from 2.5 Myr intervals because 

this is the length of the record from Sexton et al., 2011, identifying 13 

ʻhyperthermals.ʼ  

We compare the δ13C variability and magnitude of ʻhyperthermalsʼ from 

this interval with the variability of δ13C from records with resolution equal to or 

better than the record from Sexton et al., 2011. The greatest σ values (~0.6) 

occur from records of the Pliocene-late Miocene, with very rapid, short-lived 

excursions of as much as 2‰. For the remainder of the Cenozoic, σ values are 

~0.2, though individual excursions sometimes reach ~1‰. In Figure 4-4, the 

events that have been identified as hyperthermals are shaded in grey. We do not 

show the A-L hyperthermals because benthic foraminiferal records with orbital 

scale-resolution are still in progress for this interval from ODP Site 1262 (Littler et 

al., 2011).  

The relative size of excursions compared to the 95% confidence envelope 

in a given interval, combined with the structure of each excursion (i.e. negative
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Figure 4-4. 2.5 Myr intervals of δ13C from sites with temporal resolution of ~15 
kyr or greater. 0-5, 10-12.5, and 14-16.5 from Cramer et al., 2009; 22.5-32.5 from 
Palike et al., 2006; 47.5-50 from Sexton et al., 2011; and 57.5-65 from 
Westerhold et al., 2011. For each 2.5 Myr interval, we calculate the standard 
deviation and plot this as ± 1σ from a least squared error line of best fit calculated 
for that interval.  
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Figure 4-4, Continued. 
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Figure 4-4, Continued. 
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values persist for at least a few thousand years), differentiate at least some of the 

ʻhyperthermalʼ events of Sexton et al., 2011, from the short-term δ13C fluctuations 

of the later Cenozoic (see Chapter 3 for more detail). While these records cannot 

provide an absolute size-requirement for an excursion to be considered unusual, 

decreases in δ13C of less than 2σ do not seem sufficiently large to consider as 

CIEs. 

 Given the small size of so many of the purported ʻhyperthermalsʼ 

compared to Cenozoic short-term δ13C variability, their significance is probably 

not as individual events, but that they represent such a strong carbon cycle-

climate response to orbital forcing in an ice-free geologic interval. Lunt et al., 

2011, suggested that the combination of a long-term warming trend from the late 

Paleocene to early Eocene (caused by rising CO2), coupled with orbital forcing, 

could generate abrupt warming events through periodic destabilization of a 

methane hydrate reservoir. They noted that the use of methane hydrates as the 

perturbable reservoir was not exclusive: terrestrial or marine organic carbon 

could also act as the readily-exchangeable carbon source. 

If most of the purported Paleogene ʻhyperthermalsʼ are not significantly 

larger in magnitude than short-term δ13C variability characteristic throughout the 

Cenozoic, then why have so many authors identified specific, individual ʻeventsʼ 

from this interval, but not from the Pliocene, when CIEs of this magnitude were 

common? First, Plio-Pleistocene records show an inverse relationship between 

δ13C and δ18O, with negative CIEs corresponding to evidence of colder 
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temperatures and higher ice volumes. In the earlier Cenozoic, the opposite is 

true—lower δ13C tends to coincide with lower δ18O. Second, while variation is 

greater in Plio-Pleistocene records, this means that few cycles stand out, while 

the CIEs in the early Cenozoic appear relatively more rare. Still, it is clear that 

ʻhyperthermalsʼ should be identified relative to the variability apparent in a 

surrounding interval. For instance, the P/T boundary excursion is not obviously 

different than the other huge swings in δ13C records for the Early Triassic (Payne 

et al., 2004). The relative size of a CIE compared to background variability is 

arguably more significant than the absolute magnitude of the excursion. 

  

4.5 Evidence for warming during CIEs 

The term ʻhyperthermalʼ derives from indications for abrupt warming 

coincident with CIEs. All the CIEs identified here correspond with evidence of 

warming. In general, the amount of warming scales with the size of the CIE—the 

A-L, 22r-C21r, LDE and Dan C2 events show deep-sea warming of 1-4°C, while 

temperatures increased by more than 5°C during the PETM (Cramer et al., 2003; 

Dunkley-Jones et al., 2010). Relating the timing of temperature changes to OAEs 

can be difficult, but all OAEs correspond with evidence for warming, with 

estimates of 6-7°C for the Toarcian and C/T events, and approximately 8°C for 

the Aptian and Albian events (Jenkyns, 2010; Ando et al., 2008; Voigt et al., 

2006; Bailey et al., 2003; Herrle et al., 2003). Estimates are up to 10°C 

temperature increase at the T/J boundary and 5-6°C at the P/T (Korte et al., 
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2009; Kidder and Worsley, 2004). 

It is difficult to directly compare estimates of warming because of the 

variety of proxies used to deduce temperature change. Temperature estimates 

are derived from δ18O of calcite (including bulk carbonate and shells of 

foraminifera, belemnites, and oysters), Mg/Ca of calcite, and TEX86, each of 

which reconstructs temperature change in a different environment. For instance, 

estimates derived from benthic foraminiferal calcite may be influenced by 

changes in overturning circulation.  

The most straightforward use of decreases in δ18O as indicators of 

warming are from benthic foraminiferal records from the ice-free Paleogene. Bulk 

δ18O records are generally interpreted to reflect temperature signals, but 

differential fractionation and/or changing nannoplankton abundances prohibit a 

direct estimate of paleotemperatures, and δ18O is also more susceptible to 

diagenesis than bulk δ13C, though this should impact overall values more than 

short-term trends (Zachos et al., 2010). The δ18O paleotemperature estimates for 

OAEs and earlier events generally come from bulk carbonate (or shells of 

belemnites and oysters), whereas benthic foraminiferal records are available for 

temperature estimates for the Paleogene. However, the observation that negative 

CIEs correspond with temperature increase appears robust—differentiating the 

pre-Neogene negative CIEs from carbon cycle oscillations from the more recent 

past.  
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4.6 Dissolution and weathering during CIEs 

         CIEs commonly occur with decreases in wt% CaCO3, or increases in Fe 

concentration, typically interpreted as evidence for the decreased accumulation 

of carbonates and/or dissolution of previously deposited carbonate. These 

geochemical changes suggest the occurrence of ocean acidification—or more 

precisely a reduction in the saturation state of seawater with respect to calcite. 

However, it is not possible to quantify the extent of reduced saturation from 

individual records of carbonate accumulation.  

The most successful attempts to constrain the extent of lysocline and/or 

CCD shoaling are for the PETM (Zachos et al., 2005; Panchuk et al., 2008; 

Zeebe et al., 2009), but this is a function of the large number of wt% CaCO3 

records available to constrain the depth of the initial and final CCD. The amount 

of dissolution varies widely for PETM sites—normalized decreases in wt% 

CaCO3 (corrected for the initial wt% CaCO3) vary from 0-1, with systematic 

differences between the Atlantic and Pacific (Panchuk, 2007; Panchuk et al., 

2008). Also for the PETM, deep sites consistently experienced greater dissolution 

than shallow sites (Zachos et al., 2005), suggesting that uncertainties in 

paleodepth for hyperthermal records can bias estimates of the severity of 

reduced carbonate saturation. For the OAEs, T/J, and P/T events, the lack of 

deep seafloor also restricts estimates of carbonate dissolution (e.g. Honisch et 

al., 2012). 

         For the PETM, inter-site variation in the magnitude of normalized 
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carbonate decrease does not simply correspond with inter-site variation in the 

magnitude of the recorded CIE. Similarly, the magnitude of normalized carbonate 

decrease does not always scale with CIE size for different events. For instance, 

the Fe increase and wt% CaCO3 decrease associated with the MPBE at ODP 

Site 1209 in the Pacific is almost as large as for the PETM at the same site 

(Westerhold et al., 2009), though the only available isotopic data for the MPBE 

suggests a substantially smaller CIE.  

Further, using records of sedimentary Fe content to estimate dissolution 

during an event may be complicated by the likelihood of changes in dust 

accumulation associated with CIEs. Woodard et al., 2011, demonstrate an 

influence of orbital cycles on dust flux and show that Fe content variations cannot 

be explained by dissolution or changes in carbonate production alone. Along with 

the timing of many Paleogene hyperthermals, peaks in dust flux occur during 

eccentricity maxima, where extremes in seasonality favor increased weathering 

and dust flux (Woodard et al., 2011). Independent proxies (including Sr and Os 

isotope systems) have also suggested enhanced weathering rates during the 

PETM and some OAEs (Jones et al., 1994; McArthur et al., 2000; Jones and 

Jenkyns, 2001; Jenkyns, 2002; Bralower et al., 1997; Frija and Parente, 2008; 

Kelly et al., 2005). 

         A number of ʻhyperthermalʼ events show the decrease in wt% CaCO3 

leading the peak of the CIE for individual sites. Zachos et al., 2005, explain the 

lead in carbonate reduction for the PETM as a result of carbonate burn-down or 
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cessation in carbonate deposition—either the peak of the CIE has dissolved or 

was never recorded. Hermoso et al., 2012, note a similar feature in a high-

resolution record of the Toarcian, which they argue cannot be a result of burn-

down because the site is shallow (~100 m) and wt% CaCO3 never goes to zero. 

Instead, they interpret the lead in carbonate reduction as evidence of high CO2 

levels with relatively heavy isotopic composition occurring ~15 kyr before input of 

isotopically depleted CO2. Leads in carbonate reduction also occur for the C22r-

C21r events; based on the published age models, these leads are typically 8-15 

kyr. 

         Earth system modeling suggests that such temporal offsets occur in 

sediment records when a single pulse of carbon is applied to the atmosphere-

oceans, without requiring complete carbonate burn-down or CO2 rises decoupled 

from isotopic change. We suggest that the lead in carbonate reduction is a result 

of carbonate neutralization/compensation and the weathering of carbonates. A 

pulse of isotopically depleted carbon to the oceans-atmosphere must mix through 

the oceans before it is recorded at the seafloor in either benthic foraminifera or 

bulk carbonates. 

In contrast, decreases in wt% CaCO3 are partly a function of lower 

carbonate export due to decreased carbonate saturation in the surface ocean. As 

a result, carbonate accumulation begins to recover while the δ13C of carbonates 

is still decreasing. The result is an offset in the time of greatest reduction in 

carbonate accumulation and the point at which the whole ocean δ13C reaches a 
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minimum. In sedimentary records where carbonate burn-down is unlikely to have 

occurred, explanation of temporal offsets thus does not require additional input of 

isotopically heavy CO2 preceding the pulse of light CO2. 

  

4.7 Biotic change during CIEs 

The co-occurrence of CIEs and mass extinctions is clearly the most 

extreme example of biotic change associated with these events. The P/T and T/J 

are two of the five major mass extinctions of the Phanerozoic (Raup and 

Sepkoski, 1984). The extreme degree of biotic change during these events is 

likely, in and of itself, to have influenced recorded δ13C, making it difficult to fully 

ascribe the CIEs associated with these events to carbon-input processes.  

While the P/T and T/J are extreme examples, some degree of biotic 

change is common to many of the postulated ʻhyperthermals.ʼ The widespread 

extinction of benthic foraminifera is a well-known feature of the PETM (Kaiho et 

al., 1994; Thomas 2007). The Toarcian event has been linked to high rates of 

marine and continental extinction and is a large extinction event for bivalves 

(Little and Benton, 1995; Palfy and Smith, 2000; Aberhan and Baumiller 2003). 

High rates of extinction and turnover are also evident for other OAEs—Leckie et 

al., 2002, note the highest rates of tunover in calcareous nannoplankton during 

the Cretaceous at the Aptian and C/T events and Erbacher et al., 1996, 

demonstrate that the highest rates of turnover in radiolara during the Cretaceous 

also coincide with the OAEs. 
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         For the smaller Paleogene events, there is some indication of biotic 

impacts (or associated change). The Dan-C2 event correlates with low diversity 

and genus richness in benthic foraminifera and the presence of opportunistic taxa 

(Alegret and Thomas, 2004; Coccioni 2010). Across the Dan-C2, LDE, and 

MPBE, nannofossil and foraminiferal assemblages shift from high-diversity to 

low-diversity, with increases in the relative abundance of taxa indicative of warm 

water, oligotrophic environments (Youssef Ali, 2009; Bornemann et al., 2009; 

Bernaola et al., 2007; Petrizzo, 2005). Significantly less data on biotic change 

exists for the late Paleocene-mid Eocene ʻhyperthermals,ʼ though Gibbs et al., 

2012, demonstrates that the larger events (H1 or ELMO and I1) are associated 

with above-background variance in calcareous nannoplankton populations at 

ODP Site 1209, though no such indication of biotic change is apparent for the 

smaller events (including H2 and I2). 

         While there is no published biological or ecological data for many of the 

smaller Paleogene events, the Gibbs et al., 2012, study suggests a minimum 

CIE-size for detecting biotic effects. They suggest that CIEs smaller than 0.6‰ 

(in between the size of I1 and H2 recorded from ODP Site 1209) are not 

associated with perceivable biotic change. It is impossible to take a specific CIE-

magnitude requirement for the recognition of biotic change from a single site, 

however, particularly because ODP Site 1209 has relatively low sedimentation 

rates (~1 cm/kyr), which suppresses the amplitude of high-frequency variability 

and thus may make events appear smaller (Westerhold et al., 2008).  
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Another complication arises from the fact that changing nannoplankton 

assemblages themselves can have an impact on δ13C variability. For instance, 

Rickaby et al., 2007, postulate a linkage between secular trends in δ13C over the 

past 1 Myr and shifts from high productivity assemblages dominated by 

calcareous nannoplankton to low productivity assemblages dominated by 

siliceous nannoplankton. Similar changes may account for at least part of the 

δ13C signal recorded during a CIE—extracting the influence of similar population 

changes on carbon isotope records is therefore important for determining the 

mass of carbon transfer/input required to explain each event. 

  

4.8 Anoxia and changes in productivity and organic matter burial 

         Deposition of sedimentary sections rich in organic matter indicates 

extensive anoxia during the P/T—widespread development of euxinic conditions 

has been suggested as a cause of the mass extinction at this time (Hallam and 

Wignall, 1997; Isozaki, 1997; Meyer and Kump, 2008). The CIEs associated with 

the Toarcian and Cretaceous OAEs appear to precede the deposition of black 

shales and organic-rich sediments indicative of widespread anoxia (Jenkyns, 

2010).  

While specific details of how anoxia developed are still widely debated, 

some have hypothesized that the preceding negative CIEs indicate carbon 

release and warming led to increased stratification, increased nutrient supply, 

and elevated productivity and/or enhanced organic matter burial, all of which lead 
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to oxygen depletion (Hesselbo et al., 2000; Jahren et al., 2001; Jenkyns et al., 

2003; McElwain et al., 2005; Kuroda et al., 2007; Jenkyns, 2010). The Toarcian, 

Aptian, and C/T events all show evidence that, at least in some locations, euxinic 

conditions prevailed high in the water column, though there is clearly regional 

heterogeneity in the extent and severity of oxygen depletion (Jenkyns, 2010; 

Sinninghe Damste and Koster, 1998; Pancost et al., 2004; van Breugel et al., 

2007; van Bentum et al., 2009). It is not clear that all the Cretaceous OAEs were 

global—in particular, the Albian OAE-1b may be a regional event of the Atlantic-

Tethys (Jenkyns, 2003). 

Similarly, some have suggested that the PETM represents an incipient 

ocean anoxic event, with clear evidence for anoxia in the Arctic, North Sea, and 

North African and North American continental margins (Speijer and Wagner, 

2002; Sluijs et al., 2008; Cohen et al., 2007; John et al., 2008; Jenkyns, 2010). 

Increased organic matter and a lack of benthic microfossils indicate anoxia 

corresponding to the LDE in the Tethys Egypt margin (Speijer et al., 2003; 

Sprong et al., 2012). There is also evidence for anoxia in the Arctic during the 

ELMO event that suggests very similar environmental conditions to those 

prevailing during the PETM (Sluijs et al., 2008).  

Further, the Azolla events of the early-middle Eocene, when the Arctic 

experienced massive, episodic blooms of the eponymous freshwater fern, are 

correlated with a highly stratified water column and high rates of organic matter 

burial (Brinkhuis et al., 2006). The absence of benthic microfossils and presence 
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of thin laminations in Arctic sediments from this interval suggest anoxic 

conditions (Brinkhuis et al., 2006). A minimum estimate for the duration of the 

Azolla blooms, from ~48.1-49.3 (Speelman et al., 2009), demonstrates that these 

events temporally coincide with a number of the C22r-C21r events. The CIEs 

themselves have not been identified from Arctic sedimentary sections, but this is 

owing to a lack of calcareous sediment, as well as the likelihood that bulk organic 

carbon isotopes largely record the presence or absence of Azolla rather than a 

global signal. 

         There is still debate whether anoxia during these events is a function of 

increased organic matter preservation or increased productivity. For the PETM, 

there have been suggestions of increased productivity facilitating excess CO2 

drawdown, but there is also evidence that increases in export production lagged 

the onset of the event by around 70 kyr (Bains et al., 2000; Torfstein et al., 2010). 

For the C/T event, increases in phosphorus accumulation rates and Ba/Al ratios 

suggest an increase in productivity (Mort et al., 2007; Kuypers et al., 2002). Erba 

et al., 2004, interpret changes in calcareous nannofossil assemblages preceding 

anoxia and the deposition of organic-rich sediments to infer high productivity 

during the Toarcian, Aptian, and C/T OAEs, and Browning and Watkins, 2008, 

use calcareous nannofossil assemblage change to infer increases in productivity 

across the Albian OAE as well. Meyer et al., 2011, use surface to deep δ13C 

gradients to infer strong productivity at the end-Permian. 
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4.9 Importance of shallow epicontinental seas? 

         Basin geography—including sill depth, sea level, and connection to 

rivers—is significant for the development of localized anoxia and the formation of 

black shales. Today, anoxia develops in silled basins like the Black Sea, 

restricted basins such as the Cariaco in Venezuela and the Santa Barbara off 

California, fijords, and unmixed lakes, though not in the open ocean (Meyer and 

Kump, 2008). However, during the P/T, OAEs, and some hyperthermals, anoxia 

was clearly much more widespread. Meyer and Kump, 2008, suggest that the 

development of such widespread anoxia requires geography that favors 

extensive ʻnutrient-trappingʼ regions—these are typically narrow oceans and 

epicontinental seas. Using the GENIE model, they demonstrate the large extent 

of such regions at the end Permian, a time of widespread and intense anoxia. 

Nutrient-trapping efficiency is similarly widespread during the Cretaceous, more 

limited at the PETM, and minimal in the modern (Meyer and Kump, 2008). 

There is an interesting correlation between anoxia-favoring 

paleogeography and the occurrence and size of the CIEs described here. Over 

the Cenozoic, there is a clear trend towards opening seaways and a reduction in 

the extent of epicontinental seas. In particular, Arctic ventilation began sometime 

between the middle-Eocene to Miocene, with some evidence placing the end of 

Arctic isolation at ~36 Ma (OʼRegen et al., 2011). The Arctic was the last large 

basin favorable to the development of anoxia during the Cenozoic. Its opening 

also roughly coincides with the date of the last hyperthermal, the MECO, at ~40 
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Ma.  

We suggest that the anoxia-favoring geography is a necessary pre-

condition for the occurrence of hyperthermal events, since this geography allows 

the development of a large organic carbon reservoir. Higgins and Schrag, 2006, 

hypothesize that dessication of organic matter following the isolation and uplift of 

an ~3 x 106 km2 shallow epicontinental seaway could contribute the ~5000 Gt 

organic carbon over 10-30 kyr necessary to explain the PETM. They argue that 

the occurrence of multiple hyperthermals (citing the ELMO and X events) further 

complicates the methane hydrate hypothesis for hyperthermal generation by 

requiring either a larger than expected methane hydrate reservoir during such a 

warm background climate (which would reduce the hydrate stability zone) or a 

rapid rate of recharge following depletion events. In contrast, they suggest that 

additional hyperthermal events might be expected during periods of large 

epicontinental seas.   

While Higgins and Schrag, 2006, suggest a tectonic mechanism for 

isolation and uplift of a shallow epicontinental sea to drive organic matter 

dessication, we suggest that tectonic uplift is not necessary to explain the link 

between the existence of epicontinetal seaways and hyperthermals in every 

event. For instance, during the Azolla events in the Arctic during the early-middle 

Eocene, cyclical stratification and subsequent oxygenation of deep waters, 

leading to the oxidation and release of both sedimentary organic carbon and 

dissolved organic carbon in the water column could occur as a result of changes 
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in the hydrology and freshwater input to the Arctic basin, changing sea level, or 

changing sill depth. Similarly, the build-up of and release of marine reservoirs of 

organic carbon could be strongly affected by changes in overturning circulation, 

which general circulation modeling results have linked to eccentricity--potentially 

explaining the link between eccentricity forcing and the timing of multiple 

hyperthermals in the late Paleocene-early Eocene (Lunt et al., 2011).  

The existence of major epicontinental seas favorable to the build-up and 

storage of large quantities of organic matter may explain the dynamic carbon 

cycle response to orbital forcing before the existence of ice sheets. Further, the 

areal extent of epicontinental seaways may provide a limit on the potential 

magnitude of a given ʻhyperthermalʼ event, with smaller events related to the 

progressive opening of narrow seaways throughout the early Cenozoic.

 Moreover, the regularity of events (i.e. whether they occur at every 

eccentricity maxima) may be related to a combination of background climate and 

tectonic forcing, which together determines the sensitivity of the organic carbon 

reservoir to orbital forcing (in a method analogous to Lunt et al., 2011). In this 

conceptual framework, the proximity to some threshold determines the regularity 

of events, while simultaneously placing a constraint on the total size of each 

release event related to the potential rate of recharge. Organic carbon from 

epicontinetal seas need not be the exclusive carbon source during events; in 

particular, the largest events may have included terrestrial organic carbon 

oxidation and the release of some methane hydrates, but we suggest that 
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oxidation of organic carbon is a common factor among all events.  

The existence of epicontinental seas also potentially influences the 

recovery from events. The same geography that dictates the build-up of large 

quantities of organic matter preceding an event would favor enhanced organic 

carbon burial following a release event. In fact, the release of nutrients during 

organic carbon oxidation might explain the unexpectedly rapid rates of CO2 

drawdown following hyperthermals by stimulating productivity. Reduced oxygen 

availability and increased demand in large, restricted basins, leading to enhanced 

organic carbon burial, represents a mechanism for the preferential removal of 

12C. For the Mesozoic CIEs, this negative feedback may have been sufficiently 

strong that the recoveries developed into full-blown ocean anoxic events. It is not 

uncommon for even the smallest hyperthermals to overshoot (reflected in δ13C 

values becoming more positive following the recovery than before the onset of 

the event).  

The importance of paleogeography in controlling the strength of recovery 

is evident in the differential strength of recovery with respect to event size 

between the Mesozoic CIEs and the PETM. For instance, the negative CIE that 

precedes the C/T OAE is significantly smaller than the PETM, but the C/T 

represents a major, global anoxic event, whereas anoxia during or immediately 

following the PETM negative CIE was regional. Demonstrated by Meyer and 

Kump, 2008, geography during the Mesozoic was more favorable to anoxia than 

at the PETM, thus explaining the difference in recoveries.   
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4.10 Concluding remarks: What is a hyperthermal event? 

  Qualitatively, the defining criteria for hyperthermal events are clear: a 

negative CIE accompanied by evidence of warming and dissolution and/or the 

reduced accumulation of carbonates that develops rapidly and occurs over a 

geologically short interval. Secondary evidence includes high rates of organic 

carbon burial, biotic turnover, and enhanced rates of weathering. It is 

substantially more difficult to develop a set of quantitative criteria for conclusively 

labeling an event as a hyperthermal. It is likely that improving resolution of δ13C 

records from high resolution sites of the early Cenozoic and Mesozoic will lead to 

continuing identification of rapid, 1-2‰ excursions. Whether these should all 

qualify as individual “events” or simply be taken to reflect large variability in 

carbon cycling at orbital-scale cyclicity is unclear.  

 The temporal correlation between widespread shallow epicontinetal seas 

and hyperthermals, as well as the apparent orbital pacing of many of the 

Paleogene events, suggest that hyperthermals may be scaled responses to 

similar forcing mechanisms—with ultimate size controlled by the extent of the 

perturbable carbon reservoir. Alternatively, the largest events may represent a 

combination of feedbacks that lead to carbon release from additional reservoirs 

(such as methane hydrates), thereby accounting for the necessity of multiple 

pulses of carbon release for events with a long duration. 

As proposed analogs for future global warming, research into 

hyperthermals will likely continue, with different events providing a ʻbest matchʼ 
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for the modern in different ways (i.e. similarity of continental configuration, 

background climate, rate of change, etc). It is important to continue considering 

the context provided by other identified events (not simply the PETM and/or 

Toarcian), as researchers continue to identify and describe these events. 

 

Chapter 4, in part, is currently being prepared for submission for 

publication. I am the primary investigator and author of this paper in collaboration 

with co-author Richard Norris.  
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CHAPTER 5  

Evaluating the Sedimentary Record of a Small Eocene Hyperthermal  

using an Earth System Model of Intermediate Complexity
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 Hyperthermal events, or episodes of abrupt global warming associated 

with the massive injection of carbon into the oceans and atmosphere, provide 

possible analogs for future climate change. However, the use of these events to 

understand climate sensitivity and carbon cycle feedbacks is complicated by 

uncertainties in their true magnitude, rate, and duration. Here, we use an Earth 

system model of intermediate complexity to assess the likely magnitude and rate 

of carbon input associated with a small hyperthermal event from the early-middle 

Eocene. We use an iterative method, combined with a sediment model simulating 

the formation and mixing of deep-sea sediment cores, to back out the likely 

magnitude of the carbon cycle perturbation in the atmosphere and ocean. We 

find that the method depends on generating a close match between the model 

site and the site from which the data derives. Our method provides a quantitative 

estimate of the degree to which sediment mixing has biased the apparent 

magnitude and duration of an event. In particular, we show that an event 

characterized by a δ13C excursion of 0.6-0.95‰ in the deep sea is consistent 

with an atmospheric CO2 δ13C excursion of 1.6‰. We assess controls inter-site 

variation of event shape in model sediments and find that sedimentation rate is 

strongest determinant of event size, with higher sedimentation rate sites 

recording atmospheric and ocean signals more accurately. Our revised estimate 

for the true size of an event increases calculations of the required rate and total 

magnitude of carbon input by approximately 84%.  
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5.1 Introduction 

Earth system models of intermediate complexity offer the possibility to 

assess the carbon cycle and climate implications of events identified in the paleo-

record. Whereas highly complex coupled general circulation models (GCMs) 

represent the most advanced state of knowledge about the operation of the 

modern climate system, these models are often inappropriate for investigating 

paleo-events, where insufficient data exists to constrain important model 

parameters, and high computational demand means experiments with a long 

duration (thousands of years) are impossible. Earth system models, by contrast, 

combine simplified ocean and atmosphere dynamics with representations of 

biogeochemical cycles, sediments, and weathering, and can accommodate 

experiments of 105 model-years.  

 Researchers have used multiple models (from box models to GCMs) in 

order to investigate the causes and consequences of the Paleocene/Eocene 

Thermal Maximum (PETM; ~56 Ma). In particular, studies by have used the Grid-

Enabled Earth System model (GENIE) to diagnose the likeliest mass and isotopic 

composition of a carbon input necessary to generate the PETM (by Panchuk et 

al., 2008) and have also calculated the likely rate and duration of carbon input 

(Cui et al., 2011). Additionally, Panchuk, 2007, used GENIE-1 to assess causes 

for differences in the size of the carbon isotope excursion (CIE) between various 

deep-sea records of the PETM. However, there is no published application of 

Earth system models to assess the other, smaller hyperthermal events of the 
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Paleocene and Eocene. Very few modeling studies have addressed the myriad 

climate-carbon cycle events occurring in these epochs.  

 Not only is it possible to adapt methods used for studying the PETM to the 

analysis of these smaller events, it is also possible to use these events to test the 

functioning of Earth system models over a larger range of scenarios.  Assessing 

a multitude of events allows comparison of the impacts on the climate, 

biogeochemistry, and sediments of various forcings and indicates the fidelity of 

the model at reproducing various paleo-records. Such analysis has the potential 

to provide clues as to what factors most influence the record of various tracers in 

the sediments, which scenarios are most similar to modern climate change, and 

what significant components may be missing from the model.  

 This study has three primary aims: to assess the ʻtrueʼ magnitude of CIEs 

recorded from the early-middle Eocene, to diagnose the likely rate and duration 

of carbon input necessary to generate these events, and to understand the 

factors that control the sedimentary expression of these events across different 

sites.  

 

5.2 Methods 

As a result of studies of the PETM, GENIE has been optimized for 

studying the late Paleocene/early Eocene. The version of GENIE used for PETM 

experiments by Panchuk et al., 2008, Ridgwell and Schmidt 2010, and Cui et al., 

2011 is GENIE-1, which includes C-GOLDSTEIN—a fast climate model with a 
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frictional geostrophic ocean, a one-layer energy and moisture balance 

atmosphere, and a thermodynamic sea ice model  (Edwards and Marsh, 2005; 

Hargreaves et al., 2004; Ridgwell et al., 2007), BIOGEM—an ocean 

biogeochemistry model, ATCHEM—an atmospheric chemistry model, 

SEDGEM—a model representing the delivery of sediments to the deep sea, and 

ROCKGEM—a model to calculate the supply of weathering products from the 

land to the ocean. (Ridgwell and Hargreaves, 2007; Ridgwell et al., 2007). For 

this study, we use cGENIE, a developmental offshoot of GENIE-1 maintained by 

A. Ridgwell at the University of Bristol.  

 The SEDGEM model provides the most significant advantage over other 

models for this study; in particular, SEDGEM allows the creation of virtual 

sediment cores, or stacked records of deep-sea sediment, which we can directly 

compare to sediment core data (Ridgwell and Hargreaves, 2007). SEDGEM links 

to the biogeochemistry module through the preservation and/or dissolution of 

carbonate. In BIOGEM, export production of particulate organic carbon (POC) is 

calculated from surface nutrient concentrations (phosphate), and carbonate flux 

is related to the export POC flux using a thermodynamic modifier of carbonate 

production based on the ambient saturation state of seawater with respect to 

calcite (Ridgwell et al., 2007). In contrast, remineralization depends on the 

saturation state, the length scale (with a calibrated value of 600 m), a calibrated 

scalar, and the depth below the euphotic zone (Ridgwell et al., 2007). 
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 Carbonate reaching the seafloor can be buried or dissolved, according to 

the calculated dissolution flux from the oxic-only component of the dissolution 

model of Archer 1991 (Ridgwell and Hargreaves, 2007). The dissolution flux is 

highly dependent on the rain ratio of carbonate to POC, which is a user-imposed 

constraint in cGENIE. Any organic carbon that reaches the seafloor is 

remineralized there, so the only preserved components in the sediment model 

are carbonate and detrital material, which is another imposed condition.  

For this study, we use a detrital flux that has been determined by an 

ensemble of runs to select the best fit to documented late-Paleocene wt% 

carbonate distributions (Chun, unpublished data) (Figure 5-1). We use a rain ratio 

generated to best match sites from which we have data on wt% CaCO3 for the 

early-middle Eocene, which falls within the range used for simulations of the late 

Paleocene (between 0.15-0.2). As a result, we use a spatially varying detrital flux 

fit, where detrital flux is specified at each ocean grid-cell, and a rain ratio of 0.175 

(Figure 5-2). In steady state, we force the model to maintain an atmospheric 

concentration of 3X pre-industrial CO2 (834 ppm) and a CO2 δ13C of -4.9‰. 

Sediments accumulate in a 5 cm-thick surface layer, where dissolution flux 

calculations mostly occur. According to the mass balance calculated in this 

surface layer (of constant thickness), the underlying first layer in the sediment 

stack can vary from 0-1 cm. The other layers in the sediment stack are all 1-cm 

thick, and diffusive transfer between the layers results in mixing or ʻbioturbationʼ 

of the sediment column that decreases with depth with an e-folding length of  
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Figure 5-1. Seafloor carbonate distribution used as the initial condition for all 
subsequent experiments. Locations of three model sites (selected to approximate 
ODP Site 1258 in the equatorial Atlantic, ODP Site 1267 in the South Atlantic, 
and ODP Site 1210 in the Central Pacific) are shown in open black circles 
corresponding to their grid location. All three sites have carbonate greater than 
50% at the start of the experiment and are thus inferred to be above the 
carbonate compensation depth. 

 
 
1-cm (Ridgwell and Hargreaves, 2007). As carbonate is deposited to the 

sediment column, it is tagged with an ʻageʼ (or the model year in years before 

present), with the resulting age of a layer in the sediment column equal to the 

average of the tagged ages of all the carbonate which makes up that layer 

(Ridgwell and Hargreaves, 2007). As a result of homogenization of sediments in 

the core-top layer, as well as bioturbation further down-core, the core-top age will 

always be slightly older than the model time (Figure 5-3). These functions of 

SEDGEM allow for the creation of time-series of core properties, which can be 

correlated with model time in order to assess the relative timing of signals 
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Figure 5-2. Spatially prescribed detrital flux forcing (in mol cm-2 yr-1) used to 
generate initial conditions for all subsequent experiments. This detrital flux fit 
identifies the detrital flux at each sediment grid point (72x72). Together, sediment 
carbonate content plus the detrital component must equal 100%.  

 
 
recorded in sediments with those recorded in ocean and atmosphere 

biogeochemistry. Additionally, it is possible to compare cores from specific-grid 

points to their data equivalent, but due to uncertainties in bathymetry, these cores 

are not always in the exact same locations as the calculated paleo-coordinates 

for a given site. 

 For this study we use a configuration of the Eocene similar to that of 

Ridgwell and Schmidt (2010), but with differences in the detrital flux and rain ratio 

described above. This version of cGENIE has a reduced solar constant of 0.46%, 
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an early Eocene continental configuration and bathymetry, annual average 

surface ocean wind stress and wind speed, zonally and annually averaged

 

	  
Figure 5-3. Model schematic (from Ridgwell, 2007) of the GENIE SEDGEM 
model. The balance between carbonate accumulation/dissolution is calculated in 
the surface sediment layer of constant 1 cm thickness. Below this layer is the top 
of the sediment stack, which may grow or shrink depending on the mass balance 
calculated from the surface sediment layer. Bioturbation in the sediment stack is 
modeled as mixing between adjacent layers. Bioturbation intensity decreases 
with depth in the sediment stack, with deeply buried sediments no longer 
bioturbated. In the model schematic, yellow indicates carbonate and grey 
indicates detrital material, which together equal 100% of sediment content 
(particular organic carbon is not preserved in the sediments, but remineralized at 
the sediment surface).
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albedo re-gridded from the coupled GCM HADCM3L (Tindall et al., 2010) forced 

at x3CO2, a 1% decrease in mean ocean salinity (to represent an ice-free world), 

an increase in the air-sea gas transfer coefficient (from 0.31 to 0.52), and the 

following initial carbon cycle conditions: Ca2+ of 18.22 mmol/kg, Mg2+ of 29.89 

mmol/kg, SO4
2- of 15 mmol/kg, and alkalinity of 2,075 µmol/kg, which produces 

ocean dissolved inorganic carbon (DIC) of 2,081 µmol/kg, a global deep-sea 

sediment burial rate of 16.8 Tmol Ca2+/yr, and mean CaCO3 content below 176 m 

of 38.38%. Finally, there is a prescribed weathering rate of 10 Tmol of CaCO3 per 

year with δ13C of 2.0 ‰ (equivalent to 20 Tmol HCO3
- yr-1), which is midway 

between the shallow and deep CCD options from Cui et al., 2011 of 9 Tmol 

HCO3
- yr-1 and 32 Tmol HCO3

- yr-1.  

 For each experiment, the first step is to calculate the steady state 

composition of the climate and carbon cycle with a fixed weathering input. We 

use the ʻfirst-guess closed system spin-upʼ methodology, where cGENIE is run as 

a closed system for 25 kyr, with a solute input applied to the ocean but balanced 

by subtraction from ocean cells overlying sediments and bioturbation is set ʻoff.ʼ 

Next, we run an open spin-up for 50 kyr, where the prescribed weathering flux is 

revised based on the diagnosed global CaCO3 burial rate from the closed system 

spin-up and bioturbation is set ʻon.ʼ In addition to bringing the system to steady 

state, with solute input due to weathering balancing the carbonate burial in deep 

sea sediments, these spin-ups are run to provide a sufficient sediment column to
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perturb during experiments (i.e. if an experiment causes dissolution, there will 

always be older carbonate to dissolve).  

 The initial motivation for this study is work by Cui et al., 2011, who 

developed a methodology to diagnose the rate of carbon input during the PETM 

by forcing the model atmospheric CO2 δ13C to follow a prescribed curve. They 

assumed that a record they had generated of total organic carbon δ13C 

represented the CIE seen by the atmosphere during the PETM. They adjusted 

their record to atmospheric values (relative to -6.5‰) and forced the atmosphere 

pCO2 δ13C to match this curve by either adding or removing carbon with a 

specified isotopic composition from the atmosphere. They found two best fits to 

their data—in one experiment they used a carbon input with δ13C of -60 ‰ 

(methane) and a shallow CCD (caused by lower weathering input from rivers of 9 

Tmol HCO3
- yr-1), and in the other they used carbon with δ13C of -25 ‰ (organic 

carbon) and a deeper CCD (weathering input of 32 Tmol HCO3
- yr-1). 

 For the smaller hyperthermal events of the early-middle Eocene, there are 

relatively few records compared to the PETM, and these are primarily from deep-

sea sites. As a result, our best records for the CIEs during these events come 

from benthic foraminifera. These records are usually highly influenced by 

preservational effects including bioturbation, sedimentation rate, and dissolution.

 For the PETM, the wide range of shapes and sizes among CIEs from 

various sites demonstrates how much a given sediment record of an event may 

differ from the actual event in the atmosphere and surface ocean. However, 
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SEDGEM has the ability to simulate many of these factors, with bioturbation 

modeled as diffusive transfer between adjacent sediment layers, dissolution flux 

of carbonate calculated according to the oxic-only model of Archer (1991, 1996), 

and sedimentation rates spatially variable based on the productivity and 

chemistry of the overlying water column modeled by BIOGEM.  

In addition, it is possible to approximate actual sediment cores to their 

model-equivalent. Here, we use these aspects of cGENIE to ʻback outʼ the likely 

magnitude of the CIE in the atmosphere by combining the method of Cui et al., 

2010, with an iterative process to calculate the difference between the CIE 

applied to that atmosphere and that recorded in the sediments.  

 We start by forcing the atmospheric CO2 δ13C in the model to follow a 

curve generated from the benthic foraminiferal δ13C record, adjusted relative to a 

starting value of -4.9‰. For this experiment, we have selected event C22nH3 

from Sexton et al., 2011, recorded at Demerara Rise in the equatorial Atlantic, 

ODP Site 1258 (Figure 5-4). C22nH3 occurred at ~49.2 Ma and lasted for ~36 

kyr (defined as starting at the point at which values begin to decrease towards 

the peak of the excursion and ending where δ13C returns to a value 

approximately as heavy as the starting value). ODP 1258 has a paleodepth for 

the Eocene of ~3000 m with pre-event wt% CaCO3 of 52% and a sedimentation 

that reaches a maximum of 2-2.5 cm/kyr. The CIE recorded at 1258 for C22nH3 

has a magnitude of 0.95‰ with the peak occurring 15 kyr after the onset of the 

event and sample spacing of 3-5 kyr.  
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We run the model for 55 kyr, forcing the atmospheric CO2 δ13C to match 

the prescribed curve for 36 kyr and then remaining at the final value for the 

duration of the run. The extra run time (as opposed to stopping at 36 kyr) is 

necessary in order to ensure sufficient time to record the entire excursion in the 

sediments, given the delay in transmitting the signal from the surface to the deep 

ocean and the possibility that the excursion is smeared out in the sediments. In 

order to more accurately reproduce the paleo-record in the model sediments, we 

have developed planktonic and benthic foraminiferal tracers that form from 

 

 

Figure 5-4. a) 50 Ma reconstruction showing location of ODP Site 1258, ODP 
Site 1267, and ODP 1210, three sites used for comparison to GENIE model 
results. b) Benthic foraminiferal δ13C record for event C22nH3 from ODP Site 
1258 (data from Sexton et al., 2011). This record is the source of the curve used 
to force atmospheric CO2 δ13C (after adjusting to atmospheric values by setting 
the onset at -4.9‰). 

 
 
the surface and benthic DIC pools, respectively. This newly formed calcite has a 

δ13C equal to that of the DIC pool, plus a positive fractionation factor that 
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increases with temperature. We must specify the δ13C of the carbon input, which 

we assign as -25‰ (organic carbon) consistent with the hypothesis for the 

source of carbon from Sexton et al., 2011. 

 We assess the sedimentary CIE generated by forcing the atmosphere with 

a -0.95‰ excursion using a model sediment core corresponding to Site 1258 in 

the model, with a paleodepth of 2500 m, an initial wt% CaCO3 of 55% and a 

sedimentation rate of ~2.5 cm/kyr (Figure 5-5). We plot model sediment core 

results as benthic foraminiferal δ13C against CaCO3 age in yr BP. For comparison 

with the record of CO2 δ13C applied to the atmosphere, we assign the start of the 

excursion using an ash tracer in SEDGEM, where a pulse of ash, as a tracer of 

mixing, is applied to the sediments at the start of each run.  

 

Figure 5-5. Locations of model sites used in this study plotted against model 
depth. ʻ1258ʼ has a depth of 2500 m, ʻ1267ʼ has a depth of 3000 m, and ʻ1210ʼ 
has a depth of 2400 m. 
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The deepest model sediment core interval containing ash indicates the deepest 

point to which material dating from the start of the run has mixed. We define the 

end of the excursion when δ13C values have reached their most positive ratios. 

By this method, we can compare the magnitude, duration and relative timing of 

the CIE in the model sediment core benthic foraminiferal record to the 

atmosphere. 

We calculate the difference between the excursion magnitude in the data 

and in the model sediment core benthic record in order to derive the new 

excursion to be applied to the atmosphere in the subsequent experiment. First, 

we assess the difference in the timing of the peak excursion and the overall 

excursion duration in the model sediment core compared to the model 

atmosphere. After forcing atmospheric CO2 δ13C with the original curve, the 

resulting sediment core benthic foraminiferal δ13C record shows the peak of the 

excursion occurring over 19 kyr after the start of the event and an overall event 

duration of ~48 kyr.  

We determine the new timescale of the atmospheric forcing by calculating 

the difference between these times: 

tpeak(new) =   tpeak(initial)
2 

                  tpeak(sedcore)  

where tpeak(initial) is the time of the peak in the original forcing (15 kyr), tpeak(sedcore) is 

the time of the peak in the model sediment core, and tpeak(new) is the timing of the 

peak in the new forcing. Similarly, to calculate the new duration of the forcing: 
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T(new) =   T(initial)
2 

                  T(sedcore)  
 

where T(initial) is the total duration of the original forcing (36 kyr), T(sedcore) is the 

total duration of the carbon isotope excursion in the model sediment core, and 

T(new) is the total duration of the new forcing. 

 Our subsequent runs alter only the timing, not the magnitude of the 

original forcing, so we use the modified time of the peak and total duration as tie 

points to calculate new times for each δ-value. Altering timing alone is important, 

since changes in the rate of onset influence the magnitude of the excursion 

recorded in the sediment core—an event with the same magnitude but more 

rapid onset will result in a smaller recorded δ13C excursion. 

 After iteratively altering the timing of the atmospheric forcing in order to 

achieve a model sediment core result with the peak in the benthic foraminiferal 

δ13C tracer at approximately 15 kyr and a total duration of ~36 kyr (in this case, 

three runs were necessary), we begin to modify the magnitude of the δ13C 

excursion. We modified the magnitude of the run in an analogous method to the 

timing modification: 

CIE (new) =   CIE (initial)
2 

                              CIE (time-modified sedcore)  

where CIE (new) is the new magnitude of the CIE to be applied to atmospheric CO2 

δ13C, CIE(initial) is the original magnitude of the CIE (0.95‰), and CIE(time-modified 

sedcore) is the CIE magnitude in the model sediment core after adjusting the timing. 

Again we use the new magnitude and linearly interpolate to generate the new 



 

 
 

228 

forcing curve. We iteratively repeat this process to derive a 0.95‰ excursion in 

the benthic foraminiferal δ13C tracer of the model sediment core. The curve 

applied to the atmosphere to generate this sediment core CIE is our ʻbacked outʼ 

or approximated true CIE (Figure 5-6). 

 

 

Figure 5-6. Illustration of the iterative process of backing out the ʻtrueʼ 
atmospheric CO2 δ13C excursion using the benthic foraminiferal δ13C record from 
ODP Site 1258 (black line) adjusted to atmospheric values. The blue curve 
represents time-modification of the forcing only (where same magnitude 
excursion as the initial forcing is applied, but altered to produce correct timing of 
the peak and total duration of the event in the ʻ1258ʼ model sediment core).  The 
red curve represents both time-modification and magnitude-modification (where 
the curve is now altered to produce a 0.95‰ excursion in the ʻ1258ʼ model 
sediment core). The red curve is the final forcing applied to the atmosphere; all 
described model results are derived from the experiment using this curve. 

 
 
 While we only use one site for this exercise (1258 and its model-

equivalent) because we have the highest resolution benthic record from this site, 

it is possible to repeat this exercise using data from another site, as long as there 
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is approximate match between the model site and the actual site (in terms of 

paleodepth, sedimentation rate, and wt% CaCO3). 

 

5.3 Results 

Applying a -0.95‰ excursion to the atmosphere results in a benthic 

foraminiferal CIE in our selected model sediment core (to approximate ODP Site 

1258) of -0.65‰. By following the iterative method described above, we generate 

a 0.95‰ excursion in the model sediment core benthic foraminiferal δ13C by 

applying a -1.60‰ excursion to the atmosphere. The -1.60‰ excursion 

represents the approximated ʻtrueʼ excursion size, from which we calculate the 

required carbon input and compare inter-site characteristics of CIE shape. 

 

5.3.1 Excursion in BIOGEM 

 With an atmospheric CO2 CIE of -1.60‰, the CIE in average surface DIC 

δ13C is 1.88‰ and 1.71‰ in average benthic DIC δ13C. The enhanced magnitude 

of the excursion in DIC compared to the atmosphere is a result of changing 

fractionation between dissolved CO2 and DIC from the onset to the peak of the 

event. As the model progressively adds more CO2 to the atmosphere, surface 

ocean temperature rises, and excess CO2 dissolves in the surface ocean, 

lowering pH and increasing the fraction of HCO3
- in DIC but decreasing the 

fraction of CO3
2-. Fractionation between dissolved CO2 and total DIC depends on 
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the relative proportion of the different carbon species in seawater (CO2, HCO3
-, 

and CO3
2-) as well as temperature (the fractionation scheme during air-sea gas 

transfer follows that of Marchal et al., 1998), so by the peak of the event, there is 

smaller fractionation between atmospheric CO2 δ13C and surface DIC δ13C than 

at the onset. As a result, the excursion magnitude is larger in DIC than in the 

atmosphere.  

 

Figure 5-7. a) Distribution of initial surface dissolved inorganic carbon δ13C. 
Differences in values are largely a function of surface productivity, estimated from 
available surface nutrient concentrations and limited by the annual strength of 
local insolation, so areas with higher δ-values correspond to greater surface 
productivity. b) Global distribution of the size of the carbon isotope excursion in 
surface DIC δ13C. The excursion magnitude ranges from -1.0‰ to -2.0‰, 
compared to a -1.6‰ excursion in atmospheric CO2. 

	  
Panchuk (2007) noted that the magnitude of the CIE in surface DIC is not 

globally homogenous, but varies based on the initial surface DIC δ13C, explaining 

that the range of excursion sizes is a function of the difference between the mass 

of carbon added and the total mass of carbon in the exogenic system after the 

addition. Another factor in the size of the excursion at a given site is that sites 

with a higher initial DIC δ13C experience greater fractionation between dissolved 
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CO2 and DIC, so the reduction in fractionation is more pronounced compared to 

sites where CO2 to DIC fractionation is smaller (Figure 5-7).  

 

5.3.2 Excursion in SEDGEM 

 Calcite (including the benthic and planktonic foraminiferal tracers) forms 

from the DIC pool. However, the magnitude of the excursion in calcite recorded in 

SEDGEM is not equivalent to the DIC CIE—excursion magnitudes across core-

top calcite are smaller than in DIC, with a range from 0.00-1.00‰ (Figure 5-8). 

The range in recorded excursion sizes is a result of the range in size of the DIC 

excursion as well as different model site characteristics (e.g. depth and 

sedimentation rate).  

The excursion magnitudes are smaller in core-top calcite compared to DIC 

because of temperature dependent fractionation during the formation of calcite 

from HCO3
- (Panchuk 2007) and mixing at the sediment surface. At higher 

temperatures, fractionation between calcite and bicarbonate is reduced, so the 

CIE is reduced in CaCO3 relative to the DIC pool. Model sediment core-top 

records record tracer properties in the top layer of carbonate before the layer is 

transferred to the sediment stack, and all tracer values are homogenized in the 5 

cm-thick core top. This homogenization means that newly deposited carbonate is 

constantly mixed with older, isotopically heavier material, damping the apparent 

size of the excursion.  
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Figure 5-8. Global distribution of the size of the carbon isotope excursion in core-
top sediment CaCO3. The target was to generate a CIE of 0.95‰ at model site 
ʻ1258.ʼ A 0.95‰ CIE is approximately the median size of those recorded globally. 
Some sites record no CIE—these are sites with very low carbonate content. 
There are also very few spots where the recorded CIE approximates the 
atmospheric CO2 excursion magnitude of 1.6‰. 

 
 Comparison of model sediment core results with sediment core-top 

records provides an indication of the relative importance of bioturbation within the 

sediment core in reducing the apparent magnitude of the CIE. In experiments 

modeling the PETM CIE, Panchuk (2007) suggested that the core-top and 

sediment core δ13C excursions are of the same magnitude, but this is not 

consistent with what we find here. In contrast, we find that the core-top and 

sediment core CIEs can differ greatly.  

Bioturbation in the sediment core is modeled as a biodiffusion rate that 

decreases with an e-folding depth of 1 cm—this depth profile of mixing intensity 

is the same globally (Ridgwell, 2001; Ridgwell, 2007). However, sedimentation 



 

 
 

233 

rates vary from site to site in the model, so the relative range of δ13C values 

across which mixing takes place varies depending on the sedimentation rate at a 

given site.  With the carbonate age tracer, it is possible to calculate the 

sedimentation rate for each sediment core. The core-top record from our model-

site corresponding to ODP Site 1258 has a CIE of 1.78‰ in bulk CaCO3 δ13C 

compared to an excursion of 1.10‰ in bulk CaCO3 δ13C in the model sediment 

core; the sediment core sedimentation rate is 2.5 cm/kyr, similar to the 

sedimentation rate at ODP Site 1258 (Figure 5-9).  

 

 

Figure 5-9. Comparison of core-top CIE (black line) and sediment core CIE (blue 
line) from model site ʻ1258.ʼ The core-top CIE is larger in magnitude than the 
atmospheric CO2 CIE but closely approximates the CIE in benthic DIC of the 
overlying water column at this site. The difference in these two curves is a result 
of bioturbation between buried sediment layers. 

 
 
 In addition to the sediment core records from the model-site equivalent to 

ODP Site 1258, we can also compare model sediment core records for other 

sites from which we have data for this event. These are ODP Site 1210 in the 
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central Pacific (paleodepth ~2000 m) and ODP Site 1267 in the southern Atlantic 

(paleodepth ~3000 m). The cores that most closely match these sites are at 

depths of 2400 m and 3000 m, respectively. The CIE recorded in these two 

model sites is smaller than that recorded in the model sediment core ʻ1258.ʼ In 

model sediment core ʻ1210ʼ the benthic foraminiferal CIE is -0.66, and in model 

sediment core ʻ1267,ʼ the benthic foraminiferal CIE is -0.75‰. Both sites have 

higher initial wt% CaCO3 compared to model sediment core ʻ1258ʼ and lower 

sedimentation rates (0.8 cm/kyr at site ʻ1210 and and 1.7 cm/kyr at site ʻ1267ʼ).

 The CIE in sediment core ʻ1267ʼ is similar to preliminary data for C22nH3 

from ODP Site 1267, which show a benthic foraminiferal CIE of approximately      

-0.6‰ (Figure 5-10). Comparing the sediment core bulk CaCO3 δ13C excursions 

to the core-top bulk CaCO3 δ13C excursions from these model sites shows larger 

differences compared to that for model site ʻ1258,ʼ consistent with the relative 

difference in sedimentation rate. At model site ʻ1210ʼ, the difference in δ13C 

excursion size between the model core-top and model sediment core records is 

1.13‰. With an intermediate sedimentation rate, model site ʻ1267ʼ falls in 

between with a difference of 1.05‰. 

 The wt% CaCO3 decrease and CIE size do not obviously co-vary in data 

for C22nH3 from our three sites, and in the model results, the order of the CIE 

size across the sediment cores from the three sites is consistent with the initial 

wt% CaCO3 but not the magnitude of the normalized decrease in wt% CaCO3 

across each event. 
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Figure 5-10. Sediment core benthic foraminiferal δ13C record for model site 
ʻ1267ʼ (black line) plotted against actual ODP Site 1267 benthic foraminiferal 
δ13C data (black dotted line). Actual Site 1267 data is plotted on an age model 
developed by tuning % CaCO3 records from ODP Site 1267 to ODP Site 1258, 
with year zero assigned to the age from the ODP Site 1258 benthic foraminiferal 
δ13C record where values begin to descend towards the δ13C nadir. The ~0.2‰ 
difference between the data and model-derived CIEs is likely a result of the 
relatively high sedimentation rate in cGENIE for model site ʻ1267.ʼ Both records 
(data and model) have been adjusted to relative to 0‰ for ease of comparison. 

 
  

Normalized change in wt% CaCO3, after Panchuk (2007) is defined as: 

Δn CaCO3 =     CaCO3initial – CaCO3final 

                      CaCO3initial 

The sediment core with the lowest initial wt% CaCO3 (sediment core 

ʻ1258ʼ) records the largest CIE, but the largest Δn CaCO3 occurs at ʻ1267ʼ with a 

slightly smaller CIE. In general, we expect an inverse relationship between initial 

carbonate wt% and normalized carbonate decrease because greater initial 
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carbonate increases buffering capacity. In the core-top records, where all the 

sites show relatively similar CIEs in bulk CaCO3, the CIE size is largely a function 

of the CIE of DIC in the overlying water column and not much influenced by 

sedimentary characteristics of the site (Figure 5-11).  

 

 

Figure 5-11. CIE size versus normalized change in wt% CaCO3 for the three 
model sites, both core-top (closed circles) and sediment core (open circles). 
Core-top records show less variability in CIE size than do sediment core records. 
Core-top records also show slightly larger normalized wt% CaCO3 changes 
compared to sediment cores, since mixing within the sediment stack can mix up 
CaCO3 from adjacent sediment layers to mask the full extent of reduced CaCO3 
accumulation and/or dissolution. 

	  
 As a result of the inconsistent relationship between CIE size and wt% 

CaCO3, we infer that the extent of bioturbation is the most important factor in 

determining the sediment core CIE size. Furthermore, the sedimentation rate 

(and extent of mixing) can influence the amount of CaCO3 that dissolves, since 

more extensive bioturbation can deliver more old CaCO3 to the sediment surface 

to dissolve (Panchuk, 2007), which means that sedimentation rate effects the 
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magnitude of the normalized % CaCO3 decrease in addition to the CIE size 

(explaining differences in Δn CaCO3 between model core-top and sediment core 

records). 

 

5.3.3 Timing of the CIE 

 In addition to the overall magnitude of the CIE, the rate of onset and timing 

of the peak are important factors in the shape of the recorded event. The peak of 

the excursion is approximately synchronous in surface DIC δ13C and in the core-

top carbonate at all three sites (Figure 5-12a). Though the excursion is slightly 

delayed in benthic DIC, most of the core-top carbonate has an isotopic value set 

when carbonate forms nearer to the ocean surface. However, once a new 

storage layer at the surface is transferred into the sediment stack, it will begin 

mixing with sediments in the layer below. In other words, once the core-top layer 

with the ʻpeakʼ values is transferred into the sediment stack, mixing will push the 

signal into older material. As a result, within the sediment cores, the peak of the 

CIE is consistently earlier than the peak in DIC. Bioturbation also means that the 

entire excursion looks spread out over a greater duration in the sediment core 

compared to DIC (Figure 5-12b).  

 The relative lag in the core-top peak and lead in the sediment core peak is 

also related to the sedimentation rate at each model site. The greatest delay in 

the core-top peak occurs at ʻ1258,ʼ with the highest sedimentation rate, and the  
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Figure 5-12. a) CIE recorded in surface (solid black line) and benthic (dashed 
black line) DIC and in core-top records for ʻ1258ʼ (grey line), ʻ1267ʼ (blue line), 
and ʻ1210ʼ (red line). Vertical grey line shows the timing of the peak in surface 
DIC δ13C. Benthic DIC CIE peak lags surface DIC CIE slightly; core-top CIE 
peaks are synchronous with surface DIC CIE peak. b) CIE recorded in surface 
DIC (solid black line) and in model sediment cores for ʻ1258ʼ (grey line), ʻ1267ʼ 
(blue line), and ʻ1210ʼ (red line). Vertical grey line shows the timing of the peak in 
surface DIC δ13C. The peak in model sediment cores leads the DIC CIE peak at 
all three sites. The lead is greatest at ʻ1210ʼ (red line) with the lowest 
sedimentation rate. 

 
smallest delay occurs at ʻ1210,ʼ with the lowest. In the sediment core, the higher 

the sedimentation rate, the smaller the impact of ʻsmearing,ʼ and so the smaller 

the lead in the apparent timing of the peak compared to DIC. Additionally, the 

high sedimentation rate sites show a shorter duration between onset and peak 
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compared to the low sedimentation rate sites, and the overall event duration is 

shorter in the high sedimentation rate sites.  

  Another consistent feature of the relative timing of the CIE peak in the 

sediment core records is that it consistently lags the minima in wt% carbonate 

(Figure 5-13). Of the three sites observed, wt% carbonate never goes to zero, 

even in the core-top records (it is important to distinguish between core-top and 

sediment core carbonate records because sediment cores can record non-zero 

wt% CaCO3 even when no carbonate reaches the seafloor as a result of 

bioturbation, which brings old carbonate to the surface, e.g. Panchuk, 2007).  As 

a result, the lag of the CIE with respect to the wt% CaCO3 minima is not because 

there is no carbonate with which to record the most negative isotopic values, 

which might occur with greater carbon release (such as at the PETM). In the 

model, the surface CO3
2- concentration reaches a minimum before surface DIC 

δ13C reaches its most negative value. Translated to the sediments, this means 

that the minimum in carbonate export production occurs before the isotopically 

depleted carbon mixes through the whole ocean.  

 

5.3.4 Diagnosed Carbon Input 

 In our final iteration of the atmospheric pCO2 δ13C inversion, atmospheric 

CO2 increases from 834 to a peak of 1,219 ppm. The total amount of carbon 

(δ13C = -25‰) added to the atmosphere is 2,349 Pg C, with a maximum rate of  
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Figure 5-13. Records of model sediment core benthic foraminiferal δ13C plotted 
against model sediment core wt% CaCO3 for a) model site ʻ1258,ʼ b) model site 
ʻ1267,ʼ and c) model site ʻ1210.ʼ In each model sediment core, the minimum in 
wt% CaCO3 occurs before the peak of the CIE.  
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0.42 Pg C/yr. In contrast, to generate the first iteration, the total carbon addition is 

1,275 Pg with a maximum addition rate of 0.25 Pg/yr, suggesting that the iterative 

method of backing out the ʻtrueʼ sediment excursion results in a 84% increase in 

the magnitude of the required carbon input. However, in order to generate a 

sediment core CIE with a 36 kyr duration, atmospheric CO2 only stays at its 

maximum of ~1400 ppm for ~200 years, and then begins to decline more rapidly 

than it rose, with a maximum carbon removal rate reaching 0.58 Pg/yr (Figure 5-

14). Atmospheric CO2 concentration levels out at 730 ppm (lower than the initial 

concentration). Effectively, it requires a larger perturbation to the carbon cycle to 

recover from the event than it does to generate it (i.e. rate of removal is greater 

than rate of addition). The diagnosed rate of addition is significantly smaller than 

that for the PETM (~1.7 Pg/yr), though the removal rate is comparable (Cui et al., 

2011). 

It is possible to compare this inversion experiment (forcing the atmosphere 

to follow the prescribed -1.60 ‰ excursion), with a similar ʻflux-forcingʼ 

experiment in cGENIE—applying a pulse of carbon calculated to generate a 

~1.60‰ excursion in the total carbon reservoir (excluding terrigenous carbon, 

which is not represented). According to isotopic mass balance: 

 Mp = MT * (δT - δTʼ) 

                 (δT - δp) 

where MT and Mp are the mass of carbon in the total exogenic system and the 

mass of the carbon pulse and  δT, δTʼ, and δp are the δ13C of the total carbon 
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reservoir before and after the pulse, and the δ13C of the added carbon, a -1.60% 

excursion requires a carbon addition of ~2,000 Pg C. Applying this pulse evenly 

over 12 kyr (the time of the intended CIE peak) at a rate of around 0.2 Pg C/yr 

 

 

 

Figure 5-14. a) Diagnosed rate of carbon addition/removal in Pg yr-1 when 
forcing atmospheric CO2 δ13C to match the 1.60‰ excursion. b) Total carbon 
added to generate the 1.6‰ CIE. Compare to rates of 1.7 Pg yr-1 and 12,500 Pg 
total carbon if organic carbon is used to generate the PETM (Cui et al., 2011). 
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causes atmospheric CO2 concentrations to rise and δ13C of CO2 and DIC, and 

sedimentary CaCO3 content to decrease, but all these time-series show a long 

tail, with the recovery of isotopes much slower than the recovery of CO2 and 

sedimentary CaCO3 content (Figure 5-15).  

 

 

Figure 5-15. Results of flux forcing experiment, where a pulse of organic carbon   
(-25‰) is applied to the atmosphere at a constant rate over 12 kyr, after which 
the model continues to run without a carbon input for the remaining duration (55 
kyr total). a) Change in atmospheric pCO2 concentration (ppm). b) Carbon 
isotope excursion in surface DIC. c) Global decrease in sedimentary wt% CaCO3.  
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This result is typical of CO2 injection experiments in general, both for 

PETM simulations (e.g. Panchuk 2007; Panchuk et al., 2008; Cui et al., 2011) as 

well as modern fossil fuel emissions experiments (Ridgwell et al., 2007; Archer et 

al., 2009). The long tail in atmospheric CO2 concentration is a result of the slow 

rate of carbonate compensation in drawing excess CO2 from the atmosphere. 

The difference between the rate of recovery in the flux experiment and the rate of 

recovery in our inversion experiment represents cumulative drawdown processes 

not explicitly modeled in cGENIE. While the maximum rate of removal exceeds 

the maximum rate of addition in our inversion experiment, the removal rate never 

exceeds the addition rate in the flux experiment.  

 

5.4 Discussion  

The primary purpose of this study is to use cGENIE to analyze the smaller 

hyperthermal events identified from the early to middle Eocene. We select one 

event, C22nH3, as the target carbon isotope excursion because we have 

relatively high-resolution benthic foraminiferal data from this event (~5 kyr 

resolution) and because this event (~1.0 ‰) has a magnitude that is a rough 

average of the sizes represented among the CIEs identified from the Paleogene 

(compared to those identified by Cramer et al., 2003; Zachos et al., 2010).  Very 

few of the smaller CIEs of the Paleogene have published foraminiferal isotope 

records.  
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The exceptions are the hyperthermal events of Sexton et al., (2011), from 

which we obtain the record for C22nH3, and the Stap et al., (2010) record of the 

Elmo (or ETM-2) and H2 events. However, comparison of Elmo with the other 

hyperthermal events indicates that it is the second largest event (after the 

PETM). All other isotopic records for identified CIEs come from bulk carbonate 

samples (see Chapter 3). 

  

5.4.1 Backing out the CIE magnitude 

 Our first aim is to assess the approximate true magnitude of the CIE 

during C22nH3. The advantage of benthic foraminiferal data for this exercise is 

that benthic foraminifera provide the most accurate signal of DIC δ13C (though 

offset due to vital effects), and thus CO2 δ13C (though DIC δ13C is more spatially 

variable than CO2 δ13C as a result of photosynthesis and air-sea mixing) (Gruber 

et al., 1999; Lynch-Stieglitz et al., 1995; Tipple et al., 2010).   

Planktonic foraminferal δ13C is influenced by photosynthesis, depth-

habitat, seasonal variability, preservation-effects, and individual specimen size 

(due to photosymbionts) (Tipple et al., 2010). While both planktonic and benthic 

foraminifera are subject to diagenesis after burial (or recrystallization and the 

incorporation of secondary calcite), these factors are likely less significant for 

benthics, owing to their heavily calcified skeletons (Tipple et al., 2010).  
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cGENIE has benthic and planktonic foraminiferal tracers, but the 

planktonic tracer does not capture the full range of controls on the actual δ13C 

recorded by individual species of planktonics—it simply forms calcite with a 

temperature dependent fractionation step from the surface DIC pool. The benthic 

tracer does not capture species-specific vital effects either (which is why we 

assess the relative magnitude of CIEs generated in this model tracer rather than 

the specific δ13C-values), but for the reasons mentioned above, we expect that 

this failure will be less critical for benthics compared to planktonics.  

cGENIE also has a tracer for the δ13C of bulk carbonate, but this model-

version cannot be expected to accurately represent measurements of bulk 

CaCO3 δ13C. While GENIE generates carbonate from the global DIC pool, actual 

bulk carbonate δ13C measurements incorporate many unidentified species of 

calcareous nannoplankton, the relative proportions of which may vary during 

episodes of environmental change, and whose fractionation with respect to DIC 

is not well understood.  

 The difference between measurements of the δ13C of bulk carbonate, 

benthic foraminifera, and planktonic foraminifera for C22nH3 compared to the 

model-derived sedimentary records from our inversion experiment reflect the 

advantage of using the benthic foraminiferal record to assess the true size of the 

CIE. While the observed benthic foraminiferal CIE is -0.95‰, the CIE in 

planktonic foraminifera is slightly smaller (-0.83‰), and the bulk CIE is the 

smallest (-0.6‰). This pattern of relative size is not matched in the model output, 
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where the planktonic foraminiferal tracer records the largest excursion, followed 

by bulk carbonate, and the benthic foraminiferal tracer records the smallest. In 

the data, we infer that the large magnitude of the excursion in benthic 

foraminifera reflects the close approximation to DIC. In contrast, in the model, the 

large magnitude of the planktonic foraminiferal CIE reflects the fact that the 

greatest excursion occurs in surface ocean DIC. The bulk carbonate CIE 

recorded in the data is likely the smallest because changes in species 

composition, and thus the relative fractionation between carbonate and the DIC 

from which it forms, has dampened some of the excursion in a method that 

cannot be easily reproduced by cGENIE.  

 Using the extent of mixing calculated in the model sediment core that most 

closely correlates to the site from which our isotopic records derive, we are able 

to back out the magnitude of a CIE in atmospheric CO2 δ13C that would generate 

a benthic foraminiferal δ13C excursion in our target model sediment core of           

-0.95‰. The calculated atmospheric CO2 CIE is 1.6‰. The difference between 

the two excursion sizes is relatively small compared to the difference between 

the excursion in the atmosphere and the other model sediment cores; this is a 

result of the high sedimentation rate at the model site used (~2.5 cm/kyr) and 

therefore the relatively low impact of mixing in ʻsmearingʼ the record. Still, this 

model sedimentation rate is probably slightly too high based on age models 

developed for ODP Site 1258 in this interval (Sexton et al., 2006; Westerhold et 

al., 2009), so our ʻtrueʼ excursion is still a minimum estimate. For instance, if we 
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used our method to ʻback outʼ the true magnitude on a site with a lower 

sedimentation rate of ~1.7 cm/kyr (our model site ʻ1267ʼ), while the site is not in 

the right location and has too high much preserved carbonate, the resulting 

atmospheric CIE would be larger.  

 A caveat to this exercise of backing out the true CIE size, then, is that it is 

important to match details of the model sites to the data as closely as possible. 

Sedimentation rate is largely a function of the productivity of the overlying water 

column and the applied detrital flux fit, so varying the 2D spatially prescribed 

detrital flux field can result in variations of the sedimentation rate. To vary the 

initial wt% carbonate, we can vary either the rain ratio of CaCO3 to POC or the 

weathering flux of bicarbonate, where a higher rain ratio and/or greater flux of 

bicarbonate will effectively deepen the CCD and increase the total CaCO3 

preserved at each site. We do not have nearly as many sites to provide 

information for the early-middle Eocene as for the late Paleocene, and the 

bathymetry is also set for the late Paleocene, so our values for the detrital, rain 

ratio, and weathering parameters are best guesses from an ensemble meant to 

match the late Paleocene. Initial conditions at the three model sites that we 

describe here do not perfectly describe available data, but tuning model 

parameters to yield perfect matches at these sites (especially by altering 

bathymetry from the late Paleocene configuration), is not justified by the relatively 

small number of datasets used to constrain initial configurations compared to the 

late Paleocene. 
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 Even without a perfect match between model and data site characteristics, 

our method still reveals the best possible guess for the δ13C of atmospheric CO2 

suggested by the available sedimentary records. It is possible to repeat this 

exercise for the same event (C22nH3), but using records from a different site, to 

back out a similar CIE in the atmosphere. For instance, preliminary benthic data 

from ODP Site 1267 suggests a negative excursion of ~0.6‰ for C22nH3, in 

comparison with the -0.95‰ excursion recorded at ODP 1258. This difference is 

similar to the model difference between the CIE in sedcore ʻ1258ʼ and ʻ1267ʼ 

(0.95 vs. 0.75‰).  

The slightly larger size of the model-derived CIE compared to the 

measured CIE is likely a result of the slightly high sedimentation rate estimated 

for the site (model sedimentation rate of 1.7 cm/kyr compared to ~1 cm/kyr actual 

sedimentation rate). However, the larger difference between the atmospheric CIE 

and the modeled benthic foraminiferal CIE at model site ʻ1267ʼ suggests that if 

we forced the model to match the -0.6‰ excursion initially, and then backed out 

the true excursion using the sediment core ʻ1267ʼ record, the true excursion 

would differ from the initial excursion by a larger amount than the difference 

between the backed-out atmospheric CIE using the ʻ1258ʼ data and the original   

0.95‰ CIE. Thus, we would converge on a similar ʻtrueʼ excursion magnitude. 
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5.4.2 Diagnosing carbon input and removal 

 The second goal of this study is to diagnose the rate and duration of the 

carbon input during a smaller ʻhyperthermalʼ event. Unfortunately, we do not yet 

have sufficient information for the change in CCD during these events to 

constrain the isotopic composition of the input in a manner analogous to that of 

Panchuk et al., 2008. The three sites from which we have data for C22nH3 fall in 

a ~1000 m depth range and appear to be above the CCD for the entire event, 

based on the operational definition that a site is above the CCD if it preserves 

greater than 10% carbonate (Ridgwell and Zeebe, 2005; Goodwin and Ridgwell, 

2010). Data from the actual sites shows that, in the Atlantic, wt% CaCO3 drops to 

42% at ODP Site 1258 and 62% at Site 1267 (both sites at ~3000 m paleodepth), 

while in the Pacific, wt% CaCO3 never falls below 92% at ODP Site 1210 

(paleodepth ~2000 m). While a site could presumably stop accumulating 

carbonate during an event as the CCD shoaled and yet never have wt% CaCO3 

fall to zero because mixing continued to deliver older, already deposited 

carbonate to the sediment surface, wt% CaCO3 seems sufficiently high for this 

not to be the case. Still, the narrow depth range of our sites means we have 

insufficient information on the depth of the CCD or the extent of shoaling. Without 

this information, we are lacking a critical variable to calculate the likeliest mass of 

carbon input. As a result, a variety of carbon inputs of varying isotopic 

compositions could account for the -1.60‰ excursion.  
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Fortunately, flux-forcing experiments do provide some bounds on the 

feasible mass (and thus isotopic composition) of the carbon pulse. To generate a 

-1.60‰ excursion with methane (δ13C= -60‰) requires a pulse of ~900 Pg C. 

Such a small carbon pulse does not generate decreases in wt% CaCO3 at our 

model sites that are as large as those in the actual sites. In contrast, using 

volcanic CO2 (δ13C=-5‰) requires a pulse of more than 11,000 Pg C and takes 

wt% CaCO3 close to zero in our model sediment cores. These are not strictly 

quantitative bounds on the pulse size, but they suggest that organic carbon 

(δ13C=-25‰), or perhaps carbon from a mixture of sources with an intermediate 

δ13C, is most consistent with observations.   

 The diagnosed rate of carbon input is a maximum of 0.42 Pg C/yr, and the 

pulse has a symmetrical shape, with the total carbon input occurring in a pulse 

spread over ~8 kyr, and the maximum addition rate maintained for ~1.5 kyr 

(Figure 5-14). This rate of input is just a quarter of that diagnosed by Cui et al., 

2011, for the PETM of 1.7 Pg/yr, though the PETM CIE they generate is around 

2.5 times the size of the CIE for C22nH3, demonstrating a non-linear relationship 

between CIE size and the rate of carbon input required.  

Both the PETM and C22nH3 carbon input curves show two distinct peaks 

of addition. For the PETM, the second peak in input rate is much greater than the 

first, whereas for C22nH3, the input rate peaks twice at the same rate. In contrast 

to our experiment, where we force the atmosphere to the δ13C minimum at 11.5 

kyr, the curve used for the PETM simulation does not reach the atmospheric CO2 
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δ13C minima until 20 kyr after values have begun to decline. However, both pulse 

shapes appear consistent with hypotheses that favor multiple injections of CO2 

into the atmosphere, possibly from different sources as a result of carbon cycle 

feedbacks due to warming. In fact, during the onset of the PETM, the input rate 

hits a value 0.4 Pg/yr and maintains this rate for a few thousand years. Given that 

this input rate is roughly comparable to the input rate for C22nH3, it is plausible 

to interpret the pulses of carbon responsible for generating the smaller CIEs of 

the Paleogene as comparable to the early stages of the PETM. Whereas 

negative feedbacks were apparently able to halt the carbon input and begin the 

recovery from these small events, during the PETM, the input rate only 

accelerated, perhaps because there was a greater reservoir of carbon available 

for perturbation.  

 In comparison, the maximum rate of carbon removal during the recovery 

of C22nH3 diagnosed in our experiment is similar to the PETM, at 0.5 Pg/yr (Cui 

et al., 2011). For the PETM, this asymmetry between the rate of C-input and the 

rate of removal reflects the long tail of negative δ13C values recorded for the 

PETM, with a complete recovery achieved ~150 kyr after the onset (Cui et al., 

2011). In our experiment, the rate of removal hits its maximum shortly after the 

most negative isotopic values are reached (just as in the PETM simulation), and 

removal of excess carbon is complete by 25 kyr after the event onset (Figure 5-

14).  
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A rate of removal that can draw-down CO2 to levels lower (in this case) 

than at the onset of the event is not achieved in flux experiments where the 

atmosphere is not explicitly forced to remove isotopically light CO2 from the 

atmosphere in order to rapidly return δ13C to heavier values. In their study of the 

PETM, Cui et al., 2011, noted that enhanced silicate weathering could lead to 

more rapid CO2 drawdown, though this would not change the isotopic 

composition of surface ocean DIC, and thus could not remove the long tail in the 

isotopic time-series. Additionally, silicate weathering operates on a longer 

timescale (hundreds of thousands of years) compared to carbonate 

compensation (Ridgwell and Hargreaves, 2007; Goodwin and Ridgwell, 2010), 

and so could not explain the rapid recovery in CO2 concentration either.  

As a result, Cui et al. invoke excess organic carbon drawdown as the 

mechanism responsible for relatively rapid recovery of isotopes in records of the 

PETM compared to model simulations. Bowen and Zachos, 2010, suggested that 

the rapid rate of recovery post-PETM could be explained partially by differences 

from modern in the total mass of the Paleocene exogenic carbon reservoir or the 

rate of fluxes into/out of the lithosphere. However, their analysis of proxy-data on 

the Paleocene carbon cycle suggested that the mass of the exogenic carbon 

reservoir was no less than ~75% of its modern size and flux rates (on the basis of 

carbonate accumulation) were not obviously greater than modern. As a result, 

they hypothesized that enhanced organic carbon burial was necessary to explain 
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the rapid rate of recovery, which would preferentially remove isotopically light 

carbon from the exogenic system.  

 Ridgwell and Hargreaves, 2007, describe the role of ocean-sediment 

feedbacks in GENIE in controlling the long-term (tens of thousands of years) 

model response to a carbon input. Dissolution of deep-sea carbonates and the 

imbalance in weathering and sedimentation as a result of declining carbonate 

burial cause a drawdown in CO2 beyond simple redistribution of carbon between 

the atmosphere and ocean. Goodwin and Ridgwell, 2010, calculate that 6-10% of 

carbon emissions will remain in the ocean after a new steady state is reached 

following carbonate compensation. 

 However, cGENIE does not currently include a scheme for the 

preservation of organic carbon in the sediments—all organic carbon that escapes 

degradation in the water column is simply remineralized when it reaches the 

sediments (Ridgwell, 2007; Ridgwell and Hargreaves, 2007). Ongoing additions 

of sedimentary organic carbon preservation in cGENIE may soon enable direct 

calculation of the excess removal of light carbon through, for instance, changes 

in deep ocean redox conditions and/or increasing productivity. However, since 

our inversion experiment only allows the model to add or subtract CO2 with δ13C 

of -25‰, we are effectively constraining the preferential extraction from light 

carbon from the system as no greater than 0.5 Pg/yr.  

In order to match the prescribed isotopic curve, CO2 removal begins as 

soon as the atmospheric CO2 hits the δ13C minima. The forced CO2 extraction 
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prevents DIC from increasing by as much as it normally would—in the flux forcing 

experiment, DIC increases by more than the size of the carbon pulse as a result 

of the dissolution of old carbonates (e.g. Panchuk et al., 2007) and the reduction 

in carbonate burial and build up of weathering products in the ocean (Figure 5-

16). These processes (sea-floor carbonate neutralization and terrestrial 

carbonate neutralization, respectively) normally allow atmospheric CO2 to 

decrease by more than ocean invasion only (which occurs due to the difference 

in partial pressure of CO2 across the air-sea interface as a result of the carbon 

pulse). A few tens of thousands of years after the cessation of the carbon pulse,  

 

 

Figure 5-16. Comparison of the global ocean DIC concentration during the 
inversion experiment, where the atmosphere CO2 is forced to match a specified 
curve by either adding or removing CO2 (black line), and during the flux forcing 
experiment, where a pulse of CO2 is applied to the atmosphere at a constant rate 
over 12 kyr (grey line). Without artificially forcing the removal of excess CO2, 
global DIC concentration continues to rise as dissolved carbonate and 
weathering products accumulate in the ocean. 
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DIC levels out at a concentration higher than its initial state, though [CO3
2-] 

recovers to approximately its initial value and so has the mean sediment surface 

wt% carbonate (Goodwin and Ridgwell, 2010).  

In our inversion experiments, however, the forced removal of carbon 

means that while DIC continues to increase for ~2 kyr after the forced CO2 

extraction has already begun, it then decreases for the remainder of the 

experiment (Figure 5-16). This forced removal prevents carbonate compensation 

from occurring normally, so preferential organic carbon burial does not have to 

account for the entire 0.5 Pg/yr removal rate.  

The rate of recovery of DIC δ13C in the flux experiment is relatively slow 

compared to the recovery of atmospheric CO2 concentration (Figure 5-15). In the 

flux experiment, DIC δ13C recovers at a linear rate of ~0.003‰/kyr compared to 

the >0.1‰/kyr rate from our inversion experiment. In the flux experiment, DIC 

δ13C recovers only because of the continual addition of weathering CaCO3 

products with a δ13C of 2.0‰ after addition of the light carbon has stopped, while 

carbonate continues to precipitate from the depleted DIC pool. Even if the rate of 

CO2 removal from the atmosphere were increased by enhanced weathering, 

unless the removal process preferentially selected isotopically light carbon, it 

would not be possible to greatly increase the rate of DIC δ13C recovery—

therefore is it the rate of recovery of carbon isotopes, more than the rate of 

recovery of CO2 concentrations, which requires an additional carbon 

sequestration mechanism.  
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5.4.3 Factors controlling sedimentary CIE expression 

The third priority of this study is to assess the factors that control the 

shape of the carbon isotope excursion eventually recorded in the sediments. 

Panchuk, 2007, addressed a similar issue using flux experiments with carbon 

pulses of varying isotopic composition to generate the PETM. Her primary 

conclusions included 1) that there is no simple relationship between either initial 

wt% carbonate or the extent of carbonate decrease and CIE size and 2) that the 

rate of recovery of the saturation state of seawater with respect to calcite and the 

extent of bioturbation were key factors in controlling CIE shape. Panchukʼs study 

evaluated how different size carbon pulses could affect the sedimentary signal, 

with pulses varying from 2,300 to 70,000 Pg of carbon. Consequently, the results 

mostly focused on the role that dissolution plays in altering records of the CIE. 

When pulses of carbon are large enough to cause significant dissolution, they 

introduce intervals in which it is not possible to record the changing isotopic 

composition of seawater—bioturbation can mask this signal by making it appear 

that a record is continuous by mixing previously deposited carbonate to the 

sediment surface (Panchuk, 2007). This issue has long presented difficulties for 

researchers trying to generate a record of the onset of the PETM, determine its 

rapidity, and assess the true CIE magnitude.  

 In contrast, the smaller CIEs of the Paleogene are often insufficiently large 

to cause major dissolution of carbonates throughout the deep-sea. A pulse of 

~900 Pg of carbon (if in the form of methane) could have generated a 1.60‰ 
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CIE, and our inversion experiment, using organic carbon (δ13C of -25‰), requires 

approximately the same amount of carbon as the smallest possible PETM carbon 

pulse used by Panchuk, 2007. At 2000 m, our record from the Pacific still shows 

wt% CaCO3 at the peak of the event of around 88%. The largest normalized  

wt% CaCO3 decrease during C22nH3 is less than 0.4, where at the same site 

during the PETM, all carbonate was lost.  The advantage of the smaller pulse 

size required to generate our event is that we can largely remove the influence of 

extensive carbonate dissolution on the recorded CIE.  

 As a result, the most critical factor in determining the size and shape of 

our event is sedimentation rate, which controls the extent of bioturbation. By 

applying a prescribed isotopic curve to the atmosphere and assessing the 

resulting sediment records, we find that sites with the highest sedimentation rates 

most closely record the ʻtrueʼ CIE magnitude. It is possible to remove the 

influence of other environmental factors that vary between sites by comparing the 

core-top and model sediment core records for a given site. Across sites, the core-

top CIE varies in size because DIC δ13C is not globally homogenous, but varies 

depending on productivity at the surface and patterns of deep-ocean overturning. 

Within a given site, the difference between the CIE magnitude recorded in the 

model sediment core and core-top is a function of sedimentation rate—the lower 

the sedimentation rate, the larger the difference between the CIE magnitude in 

the core-top bulk CaCO3 δ13C tracer and the model sediment core bulk CaCO3 

δ13C tracer.  
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 The sedimentation rate (and extent of mixing) also controls the timing of 

the CIE at each site. When sedimentation rate is low, bioturbation more 

effectively ʻsmears outʼ the CIE, resulting in an apparently longer event. However, 

mixing means the peak is advanced in the model sediment core relative to DIC. 

These effects are therefore more extreme at sites with low sedimentation rate—a 

lower rate means a longer apparent event and an apparently earlier CIE peak. 

Furthermore, the apparent rate of onset varies across sites, with the low 

sedimentation rate sites showing δ13C begin to decrease first, but at slower rate, 

compared to higher sedimentation rate sites. This result has implications for 

attempts to tune inter-site records of CIEs. Such tuning is typically accomplished 

by one of two methods—either aligning the peaks at each site, or the onsets. Our 

results suggest that for a given, globally contemporaneous event, records of both 

the time of onset and time of peak will vary as a function of sedimentation rate 

(not including any effects of overturning circulation). Aligning records with 

different sedimentation rates can therefore introduce a few thousand years of 

error into age models created by assigning an absolute age to an isotopic event. 

 

5.4.4 Leads and lags in carbonate burial and δ13C 

 Model results from every site, as well as all our collected data for event 

C22nH3, show minima in wt% carbonate preceding the peak of the CIE. The lead 

is more pronounced for sites with higher sedimentation rates (less affected by 
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mixing). This lead is also present in the relative timing of the point at which 

undersaturation in the carbonate ion is greatest compared to the CIE in DIC.

 Since bicarbonate is by far the largest constituent of the DIC pool, its 

isotopic composition mostly determines the isotopic composition of DIC. 

However, as CO2 hydrolysis adds bicarbonate to the DIC pool, and free hydrogen 

ions cause a reduction in carbonate ion, the large size of the bicarbonate pool 

means that changing its isotopic composition proceeds more slowly than the rate 

at which the carbonate ion concentration falls. The minima in [CO3
2-] occurs a few 

hundred years before the minima in surface ocean DIC δ13C, but the effect is 

pronounced in the sediment core records because the minima in [CO3
2-] 

immediately materializes as a reduction in carbonate export, while the CaCO3 

δ13C minima requires the depleted carbon to fully mix through the ocean DIC 

pool.  

The temporal offset between wt% CaCO3 and δ13C also has important 

implications for tuning of records. It is not uncommon to tie physical property 

records (including wt% CaCO3) to isotope records; for instance, tying minima in 

wt% CaCO3 at ODP Sites 1210 and 1267 to CIEs at ODP Site 1258 is the 

method used by Sexton et al., 2011, to develop inter-site correlations. Using age 

models developed from these correlations to plot isotope data reveals offsets in 

the timing of the CIE at each site. These results suggest that both sedimentation 

rate differences between sites, and lags between features in wt% CaCO3 and 

isotope records from a single site have strong impacts on inter-site correlation.  
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5.5 Conclusions 

Records of past carbon cycle events recorded at individual sites are 

heavily biased by site-specific preservational effects, but this does not mean that 

they are useless for providing information about the global events they partially 

record. Earth system models, with representations of climate, biogeochemistry, 

and the formation of deep-sea sediment records are important tools for extracting 

useful information from these datasets. The cGENIE model allows us to generate 

a quantitative estimate for the true magnitude of the carbon isotope excursion 

that characterizes C22nH3 by removing the influence of sediment mixing in 

smearing the excursion in the sediments—reducing its magnitude and increasing 

its apparent duration. The factors influencing the preservation of smaller CIEs, 

like C22nH3, may be less complicated than for the PETM, since dissolution was 

not nearly as extensive during these events. As a result, it appears that 

sedimentation rate most strongly influences the details of the excursion recorded 

at a single site, after accounting for spatial differences in DIC δ13C as a result of 

productivity and circulation.  

 An improved assessment of the true magnitude of the isotopic excursion in 

the atmosphere allows us to predict the likeliest rate and shape of both carbon 

release and sequestration. Carbon input required to generate these events is 

much slower than the rate of fossil fuel release due to anthropogenic emissions 

today, and slower than the rate predicted for the PETM as well. As a result, it 

does not appear that these events are particularly good analogs for the modern 
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in terms of their rate of onset—though their total size would be roughly equivalent 

to a relatively optimistic scenario of future fossil fuel release, where carbon 

emissions are kept below 2000 Gt C.  

However, the rapidity of recovery from these events is more rapid that can 

be explained by enhanced ocean sequestration and carbonate compensation 

alone. In particular, our results support the hypothesis proposed for the PETM 

that these events caused some change in productivity and/or ocean redox 

conditions which favored the preferential removal of organic carbon. The rate of 

carbon removal predicted from this experiment is roughly equivalent to that 

predicted for the PETM—information that may be used to test ongoing 

improvements to models of organic carbon preservation and burial, and 

ultimately help improve understanding of negative feedbacks that may speed-up 

recovery from carbon cycle perturbations.   

 

Chapter 5, in part, is currently being prepared for submission for 

publication. I am the primary investigator and author of this paper in collaboration 

with Andy Ridgwell.
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CHAPTER 6  

Conclusion to the Dissertation 
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 The unifying goal of this dissertation has been to understand the Earth 

system during greenhouse climates—intervals when the Earth had no large, 

permanent ice sheets. The icehouse conditions that exist today characterized the 

past ~30 million years, but for hundreds of millions of years before that, the Earth 

was generally a much warmer place. In comparison, roughly the entire existence 

of humans has occurred in the past two to three million years while the Earth 

oscillated between glacial and interglacial periods marked by the waxing and 

waning of ice sheetsʼ total extent in the Northern hemisphere.  

 Anthropogenic climate change not only threatens to disrupt modern 

societies—it may shift the Earth into a state similar to one last seen tens of 

millions of years ago. While the deep past is undoubtedly an imperfect analog for 

the future, fully comprehending the potential impacts of fossil fuel emissions 

requires an understanding of past greenhouse climates.  

 Despite the clear need to study warm intervals in Earth history, the 

majority of paleoclimate research has focused on the more recent past—

particularly the Holocene and the glacial-interglacial transitions. In the most 

recent report from the Intergovernmental Panel on Climate Change, only a single 

column on a single page was devoted to climate prior to the Pliocene (around 3 

Ma). The primary reason for this lack of attention is the quantity and quality of 

available data. Moving further back in time, records become scarce, resolution is 

generally worse, and proxies and time-scales become more uncertain. It is 

difficult to imagine achieving anything similar to the reconstructions of surface 
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temperature for the past two millennia from Mann et al., 2008, for intervals in the 

early Cenozoic.  

 I summarize major conclusions from this dissertation below. Overall there 

are two major themes throughout the previous chapters. First, I address ʻbig 

pictureʼ questions about characteristics of a warm world. Chapter 2 provides 

information helpful in reconstructing deep-ocean circulation from the Paleocene 

greenhouse, while Chapters 3 and 4 address the ubiquity of abrupt warming 

events from the Jurassic through the Eocene. Second, I critically assess how well 

individual records record abrupt climatic variability through the use of data and 

modeling. This question is particularly pertinent for deep-time paleoclimatology, 

where descriptions of an event often hinge on very few datasets. A major goal in 

Chapters 3 and 5 is to move beyond the traditional, qualitative description of 

records of abrupt climatic transitions called hyperthermals to a more quantitative 

approach. While spatial and temporal coverage of these events must improve to 

allow the development of more useful model simulations, an interdisciplinary 

model-data approach at the early stages of study (as exemplified in this 

dissertation) can help suggest which types of datasets to target.  

  

6.1 Major conclusions 

1. An updated global composite of benthic foraminiferal carbon isotopes, with 

new data from a high latitude Southern Pacific site, suggests that deep 

waters formed in the Pacific sector of the Southern Ocean around 
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Antarctica at least intermittently during the Paleocene epoch. The most 

likely site of deep-water formation in this area is the Ross Sea.  

2. Very high-resolution stable isotope records from multiple sites 

demonstrate that at least 5 of the hyperthermals identified from Sexton et 

al., 2011, were global events.  

3. Comparative analysis of multi-site records of multiple hyperthermals from 

the late Paleocene through early-middle Eocene suggests similarity 

between most of these events, with the PETM and Elmo events appearing 

as clear outliers in terms of magnitude and duration.  

4. A new method for determining the significance of an individual ʻeventʼ 

based on the amplitude of variability preserved at each site suggests that 

a number of previously identified hyperthermals are not obviously distinct 

from background variability.  

5. Adaptation of a threshold model from Lunt et al., 2011, suggests a 

common mechanism could be responsible for the sequence of 

hyperthermals from the late Paleocene through the early-middle Eocene. 

6. For small hyperthermals, there is a consistent offset in the timing of lowest 

carbonate content compared to the most negative isotopic values 

preserved. This is consistent with model results of the consequences of a 

pulse of carbon released to the atmosphere and oceans, suggesting that 

the lead in wt% CaCO3 minima is likely a result of decreased carbonate 
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production and export, rather than an indication of separate episodes of 

carbon release.  

7. Synthesis of carbon isotope excursions from ~250-44 Ma reveals 28 

events that show clear bulk carbonate excursions at multiple sites 

coincident with evidence for warming. These events exhibit additional 

commonalities, with events generally corresponding to evidence for 

dissolution of carbonates, increases in weathering, and biotic change. 

8. A newly developed iterative inversion method suggests an estimate for the 

true size of the carbon isotope excursion associated with a modestly sized 

early-middle Eocene hyperthermal. We demonstrate that a sedimentary 

record of a carbon isotope excursion of 0.95‰ from a single site is most 

consistent with an excursion of 1.6‰ in atmospheric pCO2.  

9. We show that a primary control on the recorded magnitude of small 

hyperthermals is the sedimentation rate, which controls the extent to which 

a record is mixed. For these smaller events, dissolution is not a major 

factor in altering the preserved sedimentary record.  

10.  Differences in sedimentation rate between sites can alter the apparent 

relative timing of a globally synchronous event at each site, suggesting 

that tuning records based on the assumption that events should appear 

synchronous can add bias to age models. 

11.  We demonstrate that climate feedbacks, ocean invasion, and carbonate 

compensation alone are insufficient to account for the rapid recovery from 
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small hyperthermal events, similar to suggestions that additional 

mechanisms of carbon drawdown are necessary to explain the PETM 

recovery. 
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