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Abstract

Applications of the uranium decay systems in deep time and the Quaternary:

chronologic insights within planetary interiors and beneath glaciers

by

Graham Harper Edwards

Isotopes of uranium and their radioactive decay products are important time-

keepers for geologic and planetary processes, capable of recording precise dates

across an enormous range of timescales and environments. This dissertation en-

compasses four distinct studies that employ the U decay systems to explore both

time and physical processes in various geologic and planetary systems. While the

focus of the chapters vary in both geologic and temporal setting, the studies fall

under a unifying theme of pairing geochronologic methods with models that relate

chronologies to Earth system and asteroidal processes.

The first two chapters use U-Pb thermochronology to measure high-temperature

cooling processes in deep time (million-to-billion-year timescales). The first chap-

ter interprets the cooling dates of U-Pb thermochronometers from middle-to-lower

crustal xenoliths with thermal models to reconstruct the thermal history of the

Superior craton, constraining the timing, temperature, and lithospheric response

of the region to mantle plume heating 1.1 billion years ago. The second chapter

interprets Pb-Pb cooling dates of phosphate minerals in LL ordinary chondrites

with thermal models to reconstruct the size and timeframes of accretion of the LL

parent planetesimal, revealing a large (>150 km diameter) asteroidal body that

accreted rapidly after the formation of its constituent chondrule particles.

The latter chapters use intermediate decay products of the 238U-series to ex-

plore subglacial conditions over the Pleistocene. The third chapter explores phys-

ical and chemical weathering processes in the hyperarid polar environment of

ix



Taylor Valley, Antarctica and confirms that Taylor Glacier actively comminutes

sediment at its base, challenging canonical assumptions that glaciers in the Mc-

Murdo Dry Valleys are non-erosive. The fourth chapter dates subglacial melting

events beneath the northern Laurentide Ice Sheet and reveals their coincidence

with Heinrich events, recurring episodes of voluminous iceberg discharge into the

North Atlantic during the last glacial period. This terrestrial record of basal ice

sheet processes corroborates subsurface ocean warming as the primary stimulus

for Heinrich events and identifies subglacial aquifers and permafrost as impor-

tant reservoirs involved in deglacial perturbations of the Atlantic Ocean uranium

budget.

Collectively, the studies herein span timeframes that exceed the age of the

Earth and peer into deep planetary interiors as well as the geosphere-cryosphere

interface, each applying U decay systems in distinct ways to explore both geologic

time and process.
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Introduction

The geochronometric utility of the element uranium (U) was realized (Ruther-

ford, 1906; Strutt, 1908; Holmes, 1911) not long after the discovery of its radioac-

tivity (Becquerel, 1896). When Soddy (1913) summarized the concept of isotopes,

the foundation of modern radiometric geochronology, his insight was gained from

studies of the early intermediate daughter products of the 238U decay chain. In the

ensuing century, the chronometric capacity of the U decay systems have expanded

with developments in analytical capabilities, which currently enable determination

of U-series, U-Pb, and Pb-Pb dates with single to sub-per mille confidence intervals

(Cheng et al., 2013; Schoene, 2013). Contemporary high-precision measurements

of isotopes from the uranium decay systems provide indispensable chronologic

constraints within numerous fields, including planetary sciences (Barboni et al.,

2017), geology (Burgess et al., 2017), climate science (Wang et al., 2001), and

archaeology (Holen et al., 2017).

This dissertation attempts to build on this precedent and uses well-established

geochemical techniques to explore novel applications of U radioisotopes and daugh-

ter nuclides as chronometers in terrestrial and asteroidal systems. The systems

studied herein range among planetesimals formed during our solar system’s in-

fancy, the deep crust of Precambrian Earth, and subglacial systems in Antarctica

and North America. Yet, these studies are related not only under a theme of

radiogenic isotope geochemistry of the U decay systems but by a general scientific
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approach. In each study, high-precision isotopic measurements are interpreted

in the context of mathematical and geochemical models that simulate both iso-

topic systems as well as physical processes in corresponding natural systems. Each

chapter of this dissertation strives not only to measure time but to resolve process.

Chapters 1 and 2 focus on the application of high-temperature U-Pb ther-

mochronology to assess timescales of heating and cooling in planetary interiors in

deep time. In these studies, I applied well-established laboratory and analytical

techniques to measure U-Pb isotopic compositions that I interpreted in novel ways

with thermochronologic models.

In Chapter 1, we discerned a reheating signal from U-Pb thermochronome-

ters in middle-to-lower crustal xenoliths from northern Ontario that reflect the

thermal impact of 1.1 Ga plume heating. By pairing U-Pb data of thermochrono-

logic accessory mineral phases (rutile, apatite) with coupled lithosphere thermal

and thermochronometric Pb-production-diffusion models, we statistically identi-

fied the most probable conditions of plume temperature and lithospheric thinning

due to plume impingement near Attawapiskat, Canada. This study, published in

the journal Geology, emphasizes the massive size and thermal fingerprint of the

Keweenawan mantle plume that fueled 1.1 Ga volcanism at the Midcontinent Rift.

In Chapter 2, we reported 207Pb-206Pb dates of phosphate minerals from LL

chondrites, and verified the accuracy and primacy of these dates with paired U-

Pb systematics. We interpreted the Pb-phosphate cooling dates in the context of

coupled planetesimal thermal models and Pb-production-difussion in phosphate

models, revealing that these cooling dates require not only a large (≥150 km ra-

dius) parent planetesimal radius but also that the timing of LL chondrite parent

planetesimal accretion closely overlapped with the formation of its constituent

chondrules. Published in Science Advances, these findings add to a growing body

2



of scholarship that support the rapid accretion of large (>100 km diameter) pro-

toplanetary bodies in the early solar system, a process that may circumvent the

so-called “meter-size barrier” that has long obstructed the accretion of planetary

bodies under canonical accretion models.

Chapters 3 and 4 shift in setting and time from ancient planetary interiors

to subglacial environments during the Pleistocene. This shifted spatiotemporal

frame requires a concomitant shift in geochronologic methods, and in these studies

I replace U-Pb chronometry with U-series isotopes and U-Th chronometry, relying

on the sub-million-year resolution of the 238U decay series.

Chapter 3 explores physical and chemical weathering processes in the hyper-

arid polar environment of Taylor Valley, Antarctica through the lens of 230Th-234U-
238U isotopes. These so-called U-series radioisotopes trace weathering processes

in silicate sediments through chemical and physical fractionation processes. The

elements U and Th fractionate chemically during detrital mineral dissolution and

authigenic mineral precipitation. Intermediate daughter isotopes 230Th and 234U

fractionate physically due to the energetic recoil of radionuclides across grain-

boundaries during α-decay events. Since these physical fractionation processes

depend on radioactive decay, they can record chronologic information about phys-

ical sediment production and chemical alteration. We explore these processes in

a systematic study of glacigenic sediments that were deposited by Taylor Glacier

over the course of the last >1.5 Ma, and explore the timescales of both chemical

weathering processes as well as physical comminution of fine-grained particles.

Our data show that silicate rock comminution has recently occurred beneath Tay-

lor Glacier, challenging canonical models of limited physical weathering in the

modern McMurdo Dry Valleys and, instead, supporting a growing body of ev-

idence that Taylor Glacier boasts subsolidus waters at its base that promotes

3



localized basal sliding and erosion. Following deposition, U-series isotopes record

a complex suite of chemical weathering processes, the most prominent of which is
230Th and 234U implantation into silicate sediments from uraniferous authigenic

phases, a process that may be relevant in other hyperarid soil environments, in-

cluding Martian soils.

In Chapter 4 we date a suite of subglacially formed carbonate precipitates

from central Baffin Island with 230Th-234U-238U geochronology. Since carbonate

minerals are aqueously precipitated from liquid waters, these dates record sub-

glacial melting events beneath the northern Laurentide Ice Sheet (LIS), which

overlap with the timing of Heinrich events, episodic ice loss events during the

last glacial period that occurred at approximately 7000 year intervals when ice

surged out of the Hudson Strait and released swarms of icebergs into the North

Atlantic Ocean (Hemming, 2004). While Heinrich events have historically been

studied through climate records and ocean sediment archives, our data provide a

novel terrestrial perspective that shows ice stream acceleration on Baffin Island

coincident with Hudson Strait ice streaming, implying a shared trigger by ocean

subsurface warming. In addition, the precipitates record distinct chemical com-

positions reflected in isotopes of oxygen, carbon, strontium, and U that indicate

mixture of local meltwaters with groundwaters substantially enriched in the iso-

tope 234U. We identify subglacial groundwaters and permafrosts as an important

hydrologic reservoir that may regulate the ocean U budget over the course of

Pleistocene glacial cycles (Esat and Yokoyama, 2006; Chen et al., 2016; Arendt

et al., 2018).

The studies herein detail a subset of the far-reaching applications of the U

decay systems as both geochronometers and geochemical tracers. The collective

timeframes span all of geologic time, and the environments range from deep plane-

4



tary interiors to the margins of glaciers. Building on over 100 years of geochrono-

logic precedent with the U decay system, this work strives to unravel further

nuance in Earth and planetary sciences by using chronologies to more carefully

explore processes.
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Chapter 1

Detecting the extent of ca. 1.1 Ga

Midcontinent Rift plume heating

using U-Pb thermochronology of

the lower crust

Reprinted from:

Edwards, G.H. & Blackburn, T., 2018. “Detecting the extent of ca. 1.1 Ga Mid-

continent Rift plume heating using U-Pb thermochronology of the lower crust,”

Geology 46, 911–914. DOI: 10.1130/G45150.1
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Detecting the extent of ca. 1.1 Ga Midcontinent Rift plume 
heating using U-Pb thermochronology of the lower crust
Graham Harper Edwards and Terrence Blackburn
Department of Earth and Planetary Sciences, University of California Santa Cruz, 1156 High Street, EMS A232, Santa Cruz, 
California 95064, USA

ABSTRACT
The occurrence of mantle plumes in the geologic past is hypothe-

sized to be marked by voluminous basaltic volcanism and topographic 
and gravitational anomalies. Missing from these identifying charac-
teristics is a direct measurement of the elevated mantle temperatures 
associated with an upwelling channel from the deep mantle. To assess 
the extent of plume heating in the 1.1 Ga Midcontinent Rift System 
(North America), we present U-Pb thermochronologic evidence for 
a ca. 1.1 Ga sublithosphere heat source near Attawapiskat, Canada, 
>600 km from the inferred plume center. Apatite and rutile U-Pb 
cooling dates from middle to lower crustal xenoliths exhumed in the 
Jurassic Victor kimberlite record a thermal history >2.5 b.y. in dura-
tion. Shallow amphibolite and gabbro yield Archean to Paleoprotero-
zoic dates with high U-Pb discordance, consistent with middle crust 
cooling prior to 1.1 Ga. Deeper garnet-bearing samples yield younger 
dates with low U-Pb discordance. Replicating these data with models 
reveals a thermal history in which the extent of heating corresponds 
with sample depth, an observation consistent with heating from below. 
Thermochronologic data are best �t by model simulations in which 
the Attawapiskat lithosphere experienced a ca. 1.1 Ga heating event 
triggered by partial lithosphere removal and mantle temperatures 
>200 °C in excess of that of ambient mantle, consistent with a model 
of ~100 m.y. plume head residence beneath the Attawapiskat region.

INTRODUCTION
The Midcontinent Rift (MCR), or Keweenawan Rift, of North America 

is an ~2000-km-long failed continental rift structure centered at the south-
ern extent of the Superior Province (Fig. 1). MCR �ood basalts erupted 
over a span of 24 m.y. between 1108 and 1084 Ma (Davis and Green, 
1997; Fairchild et al., 2017). Mantle plume heating has been invoked as 
the driver of the MCR and Keweenawan large igneous province for a 
variety of reasons. The large volume of igneous rock and isotopic signa-
tures of MCR volcanics support an enriched mantle source (Nicholson 
and Shirey, 1990). Geophysical and geochemical models indicate elevated 
mantle potential temperatures of >1500 °C (Hutchinson et al., 1990). 
The coincidence of a radial drainage pattern and a negative gravitational 
anomaly centered about the Lake Superior Basin has been interpreted 
as the result of magmatic addition and underplating related to a mantle 
plume (Allen et al., 1992). Away from the inferred plume center, ca. 1.1 
Ga alkali basalts and carbonatite eruptions are proposed to be small partial 
melts triggered by plume heating (Fig. 1; Ernst and Bell, 2010). Seismic 
tomography of the surrounding region combined with mantle xenolith 
geochemistry place the chemically depleted Archean chemical boundary 

layer to a contemporary depth of ~125 km, underlain by a thermal bound-
ary layer consisting of conductively cooled, though less depleted and 
possibly younger, lithospheric mantle reaching ~200 km in depth (Yuan 
and Romanowicz, 2010). Such a mantle lithosphere structure is consistent 
with the regrowth of a thermal boundary layer following basal lithosphere 
erosion by a plume head.

The aforementioned lines of evidence support a plume heat source for 
MCR volcanism, yet the nature of the plume-lithosphere interaction is not 
well understood. Swanson-Hysell et al. (2014) reconciled plate velocities 
>20 cm/yr with 24 m.y. of MCR volcanism by invoking an upside-down 
drainage model (Sleep, 1997) whereby crustal thinning drives pooling 
and protracted residence of hot plume material beneath the Midcontinent 
Rift. We present evidence for heating of the basal lithosphere, a predicted 
hallmark of plume impingement, at ca. 1.1 Ga beneath the Attawapiskat 
region, 600 km north of the Midcontinent Rift.

Kimberlites in the Attawapiskat region of northern Ontario, Canada, 
contain crustal (amphibolite, gabbro, granulite) and mantle xenoliths that 
provide a glimpse into the ancient lithosphere conditions at this location 
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(Fig. 1). The Kyle Lake kimberlites erupted coincidently with rifting (ca. 
1075 Ma), while the Attawapiskat kimberlites, including the Victor kim-
berlite, are Jurassic in age (ca. 170 Ma; U-Pb perovskite; Heaman et al., 
2004; Fig. 1). The thermal conditions of the Superior Province mantle 
lithosphere are recorded by the pressure and temperature conditions of 
silicate minerals and the nitrogen aggregation states of diamonds entrained 
within both kimberlite families. The observation that thermally mature 
diamonds exhumed in the Proterozoic were replaced by a less-heated 
diamond population in the Jurassic suggests that the region experienced 
a major regional heating event that raised the geothermal gradient of the 
entire lithosphere, exceeding the temperature of the diamond stability �eld, 
and then resumed cooling and diamond growth prior to Jurassic kimberlite 
eruption (Smit et al., 2014b), with diamond stability reestablished by ca. 
720 Ma (Aulbach et al., 2017). These data, however, neither constrain 
the time scales of reheating more precisely than between ca. 720 and 
ca. 1100 Ma nor permit testing of possible sublithosphere heat sources.

Uranium-lead (U-Pb) thermochronometers record thermal histories 
between 400 and 800 °C due to the temperature-dependent diffusion of 
radiogenic Pb in U-bearing accessory phases like apatite and rutile. How-
ever, the production of radiogenic 206Pb relative to 207Pb varies with time 
as a result of the difference in the half-lives of 238U and 235U. The result-
ing Pb-isotopic evolution can be captured by U-Pb thermochronometers 
and is unique to the time scales of cooling. The effects of Pb production 
and loss on the U-Pb isotopic evolution of U-bearing accessory phases 
have been described with a lithosphere-scale thermal model coupled to a 
model that forward calculates U-Pb cooling dates for a tested thermal his-
tory (Blackburn et al., 2012). For a generalized crustal section beginning 
cooling at 2.5 Ga, model rutile U-Pb dates span from 2.5 Ga, recorded 
by the shallowest samples, to the time of kimberlite eruption, recorded 
by the deepest samples which were too hot to retain radiogenic Pb prior 
to cooling at the surface (Fig. 2A). Superimposed on this depth-age rela-
tionship is the length-scale effect of diffusion, whereby the age difference 
between large and small crystals inversely relates to cooling rate (Fig. 2). 
Middle to lower crustal samples may experience a long duration within a 
mineral’s Pb partial retention zone (PRZ), resulting in U-Pb discordance 
that scales with the time and duration of PRZ residence (Blackburn et al., 
2011, 2012). The degree of discordance may be characterized by plotting 
the difference between 207Pb/235U and 206Pb/238U dates (hereafter referred to 

as ΔU-Pb) against the more precise 206Pb/238U date (Fig. 2B). Two crustal 
sections that cool following initially high geothermal gradients at 1.1 Ga 
and 2.5 Ga yield thermochronologic U-Pb data that occupy distinct areas 
in ΔU-Pb versus 206Pb/238U date space due to the retention of Pb isoto-
pic compositions produced at different time scales (Fig. 2B). In general, 
high ΔU-Pb values are a hallmark of ancient prolonged cooling histories.

We apply U-Pb thermochronology to xenoliths from the Victor kim-
berlite (North pipe) to assess the thermal history of the lower crust in the 
Attawapiskat region. We utilize the existing model framework to explore 
how forward-modeled U-Pb data respond to simulations of single end-
member scenarios of basal lithosphere heating and thinning as well as 
scenarios that hybridize the end-member conditions. Comparing modeled 
and measured data, we show that Attawapiskat xenoliths record conduc-
tive heating from below, as predicted by a plume model, and thus map 
a minimum northward extent of heating associated with the MCR and 
suspected plume head. Notably these U-Pb thermochronologic data pro-
vide a direct measurement of plume heating without relying on mantle 
chemical models. Such a measurement has hitherto been lacking and that 
lack has consequently been utilized by detractors of the plume hypothesis 
(e.g., Anderson and Natland, 2005).

METHODS AND RESULTS

Measured Thermochronologic Data
Crustal xenoliths of various lithologies from the Victor North kim-

berlite (Fig. 1) were selected in order to examine material from a range 
of possible depths. The xenoliths studied here exhibit lithologies corre-
sponding to depths between 20 and 50 km for a generalized crustal sec-
tion, where garnet may be used as a mineral stratigraphic marker associ-
ated with depths >30 km (Jagoutz and Schmidt, 2012). Measurements of 
single- and multi-crystal rutile and apatite U-Pb isotope dilution–thermal 
ionization mass spectrometry (ID-TIMS) dates were conducted following 
the methods summarized in Appendix DR1 of the GSA Data Repository1.

1 GSA Data Repository item 2018333, expanded laboratory, numerical, and 
statistical methodologies, and results of model sensitivity tests, is available online 
at http://www.geosociety.org/datarepository/2018/ or on request from editing@
geosociety.org.
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Rutile and apatite U-Pb data for nine Victor xenoliths of a range of 
lithologies are presented in Figure 3. Combined rutile and apatite U-Pb 
data in ΔU-Pb space reveal a bifurcated topology spanning intercepts (ΔU-
Pb = 0 m.y.) of >2500 Ma and 160 Ma. Rutile from four of �ve garnet-
bearing samples (likely from depths >30 km) exhibit 206Pb/238U dates from 
ca. 160 to ca. 1100 Ma and relatively low degrees of discordance (ΔU-Pb 
< 20 m.y.) for higher-precision (high radiogenic Pb) measurements. Rutile 
from gabbros and biotite-bearing granulites reveal older cooling dates 
(1150–1350 Ma) and values of ΔU-Pb >75 m.y. Apatite analyses from 
non–garnet-bearing amphibolite and gabbro xenoliths (likely from depths 
<30 km) exhibit 206Pb/238U ages ranging from ca. 1270 to 2500 Ma with 
an arcing array of ΔU-Pb values.

Modeled Thermochronologic Data
Numerical models predict how U-Pb thermochronometers in a crustal 

column respond to 1.1 Ga heating (Fig. 4). The unperturbed history (black 
curve in Fig. 4) is characterized by a single arc through ΔU-Pb space. 
An increasingly pronounced bifurcated topology develops with heating 
intensity and associated Pb loss. Shallow samples yield older dates and 
high ΔU-Pb values, the latter of which correlate with reheating intensity 
(peaks to the right, Fig. 4). Deeper samples are fully reset and contain 
little to no Pb produced prior to 1.1 Ga, resulting in ΔU-Pb curves that 
are nearly identical to the data predicted for unperturbed cooling begin-
ning at 1.1 Ga (Figs. 2B, 4). Numerical modeling methods and sensitivity 
tests are available in Appendices DR2 and DR3.

DATA INTERPRETATION AND CONCLUSIONS
The topology of measured U-Pb thermochronologic data for rutile and 

apatite from Victor kimberlite xenoliths preclude a history of continuous 
cooling (Fig. 3). Rather, the bifurcated topology describes a history of 
cooling and reheating, most consistent with a scenario of cooling begin-
ning prior to 2500 Ma, a 1100 Ma reheating event characterized by a 
substantial increase in the geothermal gradient (>50 mW/m2; Fig. 4), and 
the ≥160 Ma eruption of the Victor kimberlite. This sequence agrees with 
models of Superior Province amalgamation (e.g., Langford and Morin, 
1976), the timing of MCR magmatism (Davis and Green, 1997), and ca. 
170 Ma Attawapiskat kimberlite eruptions (Heaman et al., 2004).

Local magmatism at sub- or intracrustal depths does not offer a com-
pelling explanation for the heating experienced by the Victor xenoliths. 
Despite widespread magmatism occurring 600 km to the south in the 
Midcontinent Rift, there is no evidence for Mesoproterozoic magma-
tism of signi�cant magnitude or duration occurring in the Attawapiskat 
region related to the rift (Fig. 1) nor Grenvillian convergence (e.g., Riv-
ers, 1997). Simulations of crustal igneous sources of variable size and 
temperature require intrusion sizes >25 km and temperatures >1200 °C 
to reproduce measured data (Appendix DR4). Although the scenario can-
not be ruled out absolutely, the presence of a >25-km-thick intrusion 
beneath the Attawapiskat region is contradicted by independent geologic 
and geophysical evidence: zircon U-Pb dates from Victor xenoliths limit 
crustal igneous activity to before 2.2 Ga (Landis, 2016), Pb compositions 
of sample 14-VK-02 support an Archean origin for this deepest-residing 
xenolith (Appendix DR1), and combined seismic and gravity data limit the 
extent of signi�cant magmatic underplating to within <100 km of the MCR 
center (Hutchinson et al., 1990). The only contemporaneous magmatism 
in the Attawapiskat region is the Kyle Lake kimberlites (Fig. 1; Heaman 
et al., 2004), yet kimberlites are associated with crustal transit times that, 
even at mantle temperatures (1400 °C), are predicted to remove negligible 
Pb (<0.1%) from rutile or apatite (Blackburn et al., 2011).

The lower crustal thermochronologic results require a signi�cant heat 
source: at a maximum lower crustal temperature of 1100 °C (solidus), a 
250 k.y. holding time is required to match data trends. Yet, the presence 
of thermally immature diamonds in Jurassic kimberlites indicates that the 
entirety of the Attawapiskat lithosphere, not just the crust, was heated 

(Smit et al., 2014b). Further, the measured data suggest a correlation 
between sample depth and degree of reheating, whereby deeper-residing 
samples of higher metamorphic grade exhibit younger dates, re�ecting 
more pronounced resetting of the Pb isotopic system. The correlation 
is consistent with a scenario of long-term heating from below, through 
intact lithosphere mapped by mantle xenolith pressure-temperature data 
to a depth of 180 km at ca. 1.1 Ga (Smit et al., 2014a).

Possible end-member sublithosphere heat sources include (1) increased 
asthenosphere temperature or (2) removal of mantle lithosphere and 
replacement by asthenosphere at ambient mantle temperatures (1400 °C). 
Our numerical thermal model simulates both end members and their 
hybridized conditions for a 100 m.y. heating event starting at 1135 Ma. 
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Figure 4. Model rutile (rt) and apatite (ap) U-Pb data plotted 
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206Pb/238U date from simulated time-temperature histories 
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grain size (50 μm radius) at closely spaced depths. Reheat-
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Similar results are found for heating onsets between 1000 and 1200 Ma, 
while heating events beyond this time frame yield poor agreement between 
measured and model data (Appendix DR3). Model U-Pb results for each 
scenario compared to measured data with a Pearson χ2 test are presented 
in Figure 5 as the deviation from the best-�t scenario. Simulations of litho-
sphere thinning with no increase in mantle temperature require removal 
to <125 km depths to reproduce measured data. This scenario con�icts 
with depleted compositions and Re-Os dates of mantle xenoliths that place 
Archean lithosphere to depths of at least 125 km through the Jurassic (Smit 
et al., 2014a). A model of only mantle reheating with intact lithosphere to 
180 km requires basal temperatures ≥600 °C in excess of that of the ambient 
mantle, vastly exceeding projected temperatures for plumes sourced from 
the core-mantle boundary (e.g., Albers and Christensen, 1996). The black 
contours in Figure 5 identify a suite of hybrid model conditions that best 
replicate the measured U-Pb data within the known lithosphere architec-
ture. The conditions are characterized by mantle temperatures >1600 °C 
and lithosphere removal to depths <135 km. Collectively, the model and 
measured data evidence that the Superior Province crust was heated at 
1.1 Ga, triggered by partial lithosphere removal and mantle temperatures 
>200 °C in excess of that of ambient mantle. Such a heating history is 
consistent with a spatially extensive plume head extending at least as far 
north as the Attawapiskat region and residing on time scales of ~100 m.y. 
Plume impingement was accompanied by widespread shallowing of the 
lithosphere thermal boundary layer beneath the Superior Province (Yuan 
and Romanowicz, 2010) that rethickened by conductive cooling to ~200 km 
at the time of Victor kimberlite eruption in the Jurassic (Smit et al., 2014b).
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Figure 5. Results of Pearson chi-squared (χ2) tests comparing 
measured and modeled data for range of simulated conditions of 
lithosphere thinning depth and basal temperature. Colored contour 
values are calculated from simulated model conditions (black dots) 
and represent difference between sum of χ2 values for given model 
condition (S) and the minimum χ2 summation (So, red circle). Black 
contours demarcate conditions producing S values within 1σ of 
So from higher-resolution suite of simulations (bounded by gray 
box). Dashed white lines indicate permissible minimum depth and 
maximum temperature. Inset shows measured U-Pb data (gray) 
with model rutile U-Pb data ranges (25–150 μm grain radii) for the 
best-fit model (blue) and unperturbed condition (1400 °C, 180 km; 
yellow). Inset axes are the same as those in Figure 3.
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A S T R O N O M Y

Accretion of a large LL parent planetesimal 
from a recently formed chondrule population
Graham H. Edwards* and Terrence Blackburn

Chondritic meteorites, derived from asteroidal parent bodies and composed of millimeter-sized chondrules, record 
the early stages of planetary assembly. Yet, the initial planetesimal size distribution and the duration of delay, if 
any, between chondrule formation and chondrite parent body accretion remain disputed. We use Pb-phosphate 
thermochronology with planetesimal-scale thermal models to constrain the minimum size of the LL ordinary chondrite 
parent body and its initial allotment of heat-producing 26Al. Bulk phosphate 207Pb/206Pb dates of LL chondrites 
record a total duration of cooling ≥75 Ma, with an isothermal interior that cools over ≥30 Ma. Since the duration 
of conductive cooling scales with parent body size, these data require a ≥150-km radius parent body and a range 
of bulk initial 26Al/27Al consistent with the initial 26Al/27Al ratios of constituent LL chondrules. The concordance 
suggests that rapid accretion of a large LL parent asteroid occurred shortly after a major chondrule-forming episode.

INTRODUCTION
The ordinary chondrites (OCs) include the H, L, and LL chondrites, 
which derive from undifferentiated parent asteroids, or families of 
parent asteroids, that formed interior to Jupiter’s orbit during the 
accretionary stages of the early Solar System (1). Dynamical and ther-
mal models support rapid (≲0.1 Ma) accretion time scales for these 
OC parent bodies within the first 3 Ma of the Solar System’s first- 
forming solids, calcium- and aluminum-rich inclusions (CAIs) (2–6). 
After accretion, internal radiogenic heating coupled with conductive 
cooling produced a metamorphic gradient across planetesimal radii 
(7) that resulted in the observed range of OC petrologic types 3 to 7 
(Fig. 1A). The dominant radiogenic heat source in these and other 
asteroidal bodies was decay of the short-lived radionuclide 26Al (8). The 
initial solar nebula allotment of 26Al relative to stable 27Al, hereafter 
denoted (26Al/27Al)o, is inferred from CAIs at a value of (26Al/27Al)o~5 × 
10−5 (9). The homogenous evolution of 26Al/27Al in the solar nebula 
is supported by several lines of evidence, including chondrule Al-Mg 
systematics (6, 10), corroboration of 26Al chronometry with the Hf-W 
system (11), and the modeled efficiency of nebular mixing (12). On 
the basis of this evidence of homogeneity, the extinct radionuclide 
has also served as a precise chronometer for chondrule formation. 
Al-Mg dates of OC chondrules indicate production at least 1 Ma 
after the formation of CAIs with the bulk of production at or after 
~2 Ma (6), preceding the modeled time frames of OC body accretion 
by 104- to 105-year time scales (4, 5). Hf-W system closure in type 4 
OCs at ~4 Ma after CAIs constrains the latest time of accretion (13). 
However, 207Pb-206Pb dates determined from sequential leaching 
experiments of some L group chondrules indicate protracted chondrule 
formation spanning 0 to 4 Ma after CAIs (14, 15), contradicting the 
delayed onset and short duration of chondrule formation episodes 
implied by Al-Mg systematics as well as the assumed homogenous 
nebular distribution of 26Al relative to CAIs. These two chondrule 
production time lines predict contrasting relationships between chon-
drule formation and OC parent body accretion. Al-Mg systematics 
support a model in which chondrule formation and planetesimal 
accretion are closely linked temporally and, perhaps, even causally 
(16, 17), requiring a chondrule-forming environment that accom-

modates nearly contemporaneous accretion and does not need sub-
stantial chondrule transport before accretion. In contrast, chondrule 
207Pb-206Pb systematics suggest that OC bodies accreted from a long- 
lived chondrule population that experienced protracted production 
and recycling events, requiring numerous chondrule-forming mech-
anisms active over the course of the first ~5 Ma of the Solar System 
and substantial chondrule transport before accretion (15).

The temporal relationship between chondrule production and ac-
cretion may be evaluated by comparing the time-dependent Al-Mg 
systematics of chondrules with the accretion time frame of their 
corresponding chondritic parent body. Most of Al-Mg studies of OC 
chondrules have focused on the rare LL chondrites (6), for which 
the most reliable 26Al ages for OC chondrules come from the very 
primitive and minimally altered LL3.00 Semarkona. And while 26Al 
chondrule dates provide minima for the timing of accretion, the OC 
accretionary time frames have been more precisely inferred from 
models constrained by the body-scale thermal histories recorded in 
OCs of various petrologic types (4, 5, 18). These longer duration (10 
to 100 Ma) cooling histories of the OC parent bodies have been di-
rectly measured by temperature-sensitive radiometric systems that 
record the time scales of cooling, as opposed to formation, via the 
high-temperature diffusive loss and low-temperature retention of 
radiogenic daughter nuclides. These thermochronologic dates broadly 
exhibit an inverse correlation between petrologic type and the time 
scales of cooling that supports an “onion shell” model of plane-
tesimals (13, 18–20). The onion shell model invokes gradual conduc-
tive cooling of the planetesimal over 10 to 100 Ma time scales from 
peak metamorphic temperatures through thermochronologic closure 
temperatures, resulting in cooling dates that scale with depth of res-
idence in the planetesimal. Samples of low petrologic type cooled 
rapidly near the planetesimal surface and yield old cooling dates, while 
samples of higher petrologic type cooled slowly at depth and yield 
young dates (Fig. 1, A and B). Deviation from the onion shell model 
may occur in the case of type 7 chondrites, which are generally in-
terpreted to reflect impact-induced heating of shallow type 5 to 6 
material to the point of incipient melting (21, 22). Thus, type 7 
chondrites may be expected to record early cooling consistent with 
shallow residence or rapid quenching after impact exhumation (Fig. 1).

Arguably, the most important thermochronologic evidence for 
reconstructing the parent body size and accretionary time frames 
from >>10-Ma cooling histories in the H and L chondrites has come 
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from high-precision 207Pb-206Pb dates of bulk phosphate mineral frac-
tions (hereafter Pb-phosphate dates). The utility of the Pb-phosphate 
system stems from two key characteristics: (i) Its temporal resolution 
can resolve protracted conductive cooling histories in excess of 100 Ma 
that short-lived thermochronologic systems (e.g., Al-Mg and Hf-W) 
cannot and (ii) its capacity to internally verify closed-system behav-
ior with paired 238U-206Pb and 235U-207Pb systematics (see Results) 
that is not shared by other long-lived thermochronologic systems 

(e.g., Ar-Ar and apatite/merrillite fission track). Yet, to date, the Pb- 
phosphate measurements of LL chondrites were limited and appar-
ently inconsistent with onion shell cooling (18, 19, 23, 24). This study 
resolves these deficits and inconsistencies using Pb-phosphate mea-
surements of five additional LL chondrites coupled with thermal sim-
ulations that reveal the thermal history, size, and accretionary time 
frame of the LL parent planetesimal.

The thermal evolution of the OC parent planetesimals has been 
predicted by numerical models that simulate internal radiogenic 
heating and conductive cooling of a spherical body (4, 7). Here, we 
compare simulated planetesimal thermal histories with measured Pb- 
phosphate data by using the output from model thermal histories 
as inputs to a model simulating Pb production and temperature- 
dependent diffusion in apatite (18, 25). The onion shell cooling sce-
nario predicts that if a body conductively cooled unperturbed to 
body-wide closure of the Pb-phosphate system (the nominal closure 
temperature of Pb diffusion in apatite is ~500°C), the planetesimal 
center would record the youngest Pb-phosphate date (Fig. 1). Thus, 
the youngest undisturbed type 6 Pb-phosphate date measured among 
an OC group provides a minimum estimate of the parent body size. 
If any unmeasured younger type 6 samples exist and are subsequently 
measured, the new youngest type 6 date would imply an even larger 
body (Fig. 2). Further, in thermal models of large undifferentiated 
bodies, rapid radiogenic heating establishes an expansive isothermal 
interior at type 6 temperatures (4, 7, 21) that cools gradually over 
>>10 Ma (Fig. 1). Since the radius of this isothermal type 6 region 
will scale with planetesimal size, so too will the duration of its cooling 
(Fig. 2). Unlike prior studies, we neither assume the size of the sim-
ulated planetesimal (7) nor fix meteorite samples to particular depths 
of residence in the parent planetesimal to assess thermochronologic 
records (4), both of which are unknown parameters. Rather, this study 
interrogates the youngest measured Pb-phosphate age and the mea-
sured duration of LL6 Pb-phosphate cooling with the abovementioned 
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Fig. 2. Relationship between parent body radius and Pb-phosphate dates in a 
conductively cooling planetesimal. Coupled thermal and Pb production-diffusion 
in phosphate models predict the Pb-phosphate cooling dates at the center of the 
simulated planetesimal and the type 5–type 6 boundary as identified by the depth 
at which the average LL6 temperature (~900°C) (51) is reached. The Pb-phosphate 
date in the center of the body (blue) becomes increasingly younger for larger plan-
etesimal radii, while increasing radius results in larger differences between this 
youngest LL6 age and the oldest LL6 chondrite at the LL5-LL6 boundary (DLL6-age, 
gray). This simulation assumes a 50-mm phosphate grain radius and instantaneous 
accretion 2.1 Ma after CAIs for (26Al/27Al)o = 5.23 × 10−5.
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Fig. 1. Model chondrite parent body thermal structure, corresponding model 
Pb-phosphate cooling dates, and measured LL chondrite Pb-phosphate dates. 
(A) Schematic diagram of the distribution and peak metamorphic temperatures 
(Tmax) of chondrite petrologic types in a concentrically zoned onion shell planetesimal. 
Type 3.0 samples are unmetamorphosed, type 6 samples experienced considerable 
metamorphism at silicate and FeS subsolidus conditions, and type 7 chondrites 
reflect heating to suprasolidus temperatures (21, 22, 32, 51). Depth ranges of petro-
logic types 4 to 6 are identified on the basis of peak metamorphic temperature ranges 
summarized in (44). We identify the depth range of type 7 formation following 
relationships between body size and maximum crater depths permitting planetes-
imal survival (49), assuming a 180-km radius body. (B) Pb-phosphate cooling dates 
simulated by coupled planetesimal thermal and Pb production-diffusion in phosphate 
models at depths corresponding to petrologic types 4 to 7 in (A). (C) Summary of 
measured LL chondrite Pb-phosphate model cooling dates from this and previous 
studies (19, 23, 24). Pb-phosphate dates are calculated using the revised bulk 
chondritic 238U/235U of (14). St. Severin and NWA 6990 reflect shallow samples 
affected by an early impact event and, thus, deviate from onion shell model behavior.
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model framework to infer the minimum size of the LL parent plan-
etesimal and the corresponding time frame of planetesimal accretion.

RESULTS
Pb-phosphate dates and the LL parent planetesimal  
thermal structure
Model Pb-phosphate dates from five previously unmeasured LL chon-
drites are reported in Fig. 1C (tables S1 and S2). The phosphate phases 
measured here are primarily apatite with minor amounts of merrillite 
(table S3). These two phases are not readily separated by standard 
mineral separation methods and represent variable contributions to 
each measured fraction. However, in the context of the present study, 
this variability is inconsequential since the similar ionic porosities of 
apatite and merrillite predict indiscernible Pb closure temperatures 
(18). Grain sizes of phosphate fractions ranged from 10 to 150 mm, 
with apparent mean effective radii of ~50 mm (fig. S1). We only report 
dates for phosphate fractions exhibiting ratios of radiogenic Pb (Pb*) 
to common Pb (Pbc) >2 (table S1). Relying solely on high Pb*/Pbc 
measurements mitigates errors that may result from terrestrial Pb con-
tamination and the treatment of this more radiogenic Pbc as a prim-
itive initial Solar System composition in model age calculations (fig. S2).

We identify Cherokee Springs as an LL5 following the recom-
mendation of (26) on the basis of prominent chondrules and a de-
gree of recrystallization most consistent with a type 5 designation. 
Such an identification is further supported by its thermochronologic 
coincidence with other LL5 samples (Fig. 1C). The type 7 classifica-
tion of Northwest Africa 6990 (NWA 6990) is supported by its grano-
blastic texture, absence of observable chondrules, and the coarse 
vein-like texture of some of its phosphates (fig. S3), analogous to 
those observed in the partly melted H7 Portales Valley (21, 27). The 
early Pb-phosphate cooling dates of NWA 6990 (LL7) and St. Severin 
(LL6) suggest a history of shallow residence or impact-induced ex-
humation to near-surface locations that resulted in early quenching 
(Fig. 1), consistent with the incipient-melt texture of NWA 6990 and 
the clastic brecciated texture of St. Severin (28). We, thus, ignore 
St. Severin and NWA 6990 in our assessment of an onion shell cooling 
history of the LL chondrite parent body. These samples reflect heat-
ing and exhumation occurring from one or more >4540 Ma impacts 
on the LL parent planetesimal surface that did not disrupt the entire 
LL parent body. Any impact powerful enough to excavate all of the 
other, onion shell–recording samples must have occurred no sooner 
than the Pb-phosphate cooling age of ALH 83070 (~4485 Ma; Fig. 1). 
Excluding the St. Severin breccia, the inverse correlation between 
LL5-LL6 petrologic types and Pb-phosphate dates indicates an onion 
shell structure for the LL parent body (Fig. 1C), consistent with the 
Hf-W systematics of LL chondrites (13).

Evaluating Pb-phosphate dates with U-Pb systematics
The radiogenic 207Pb/206Pb compositions of OC phosphates permit 
calculation of Pb-phosphate dates with sub-million-year resolution 
that precisely record the 10- to 100-Ma cooling histories of OC bodies. 
Yet, the temperature dependence of diffusive Pb loss from phosphate 
minerals can leave this system susceptible to perturbation by sec-
ondary reheating events from impact-induced shock heating, as ob-
served in the highly shocked L chondrite Sixiangkou (29). Thermal 
conditions associated with shock stages ≥S5 are predicted to be req-
uisite for Pb-phosphate system partial resetting (18). The shock stages 
of the sub–type 7 samples studied here reflect shock stages below S4 

based on visual petrographic inspection: Undulatory extinction, planar 
fractures, and minor opaque shock veins are present, but no perva-
sive melt veins were observed. Thus, we conclude Pb-phosphate sys-
tem disruption is unlikely. However, any duration of open-system 
behavior of Pb in phosphate may be identified by evaluating the 
concordance between the 238U-206Pb and 235U-207Pb systems in the 
corresponding phosphate minerals (19, 29). Ancient reheating events 
may have induced the partial loss of older Pb compositions, result-
ing in a younger 207Pb/206Pb composition and corresponding Pb- 
phosphate date. In such instances of partial resetting, some Pb* is 
retained, resulting in Pb compositions that are more radiogenic than 
would be predicted by Pb*/U ratios alone. The resultant discordance 
between the 238U-206Pb and 235U-207Pb systems may be used as a sensitive 
monitor of Pb loss induced by open-system behavior. Pb loss and U 
gain drive “positive” discordance below U-Pb Concordia, while Pb 
gain or U loss produce “negative” discordance above U-Pb Concordia. 
Individual phosphate U-Pb compositions array along a mixing line 
between the primary cooling age and the age of the open-system event.

Pbc-corrected U-Pb compositions of LL chondrite phosphate frac-
tions are plotted in Fig. 3 with linear regressions. The model U-Pb 
compositions plotted in each of these Concordia plots are primarily 
controlled by the thermal history as described above, yet super-
imposed on this record are effects resulting from contemporary 
alteration (discussed below) as well as variation in grain size and m 
(238U/204Pb). Given the length scale dependence of diffusion, larger 
phosphate crystals will record older Pb and U-Pb compositions for 
the same cooling histories as smaller grains. Such behavior is detri-
mental to linear regression of discordant fractions supposedly recording 
concurrent cooling ages. In addition, the Pb*/Pbc ratios of fractions 
of similar age scale with the m of those fractions. Given the sensitivity 
of Pb* compositions to assumed Pbc for low Pb*/Pbc fractions (fig. 
S2), it is imperative that only grains of similar m are regressed so that 
apparent patterns do not result from errors in Pbc corrections. We, 
thus, reject fractions that show evidence of deviation from other 
fractions in terms of grain size or m (Fig. 3). In the case of ALH 83070, 
we have enough data to regress two separate chords showing highly 
similar, yet distinct, U-Pb systematics.

The OC phosphate fractions measured in this study all exhibit 
U-Pb discordance, particularly negative discordance (Fig. 3 and tables 
S1 and S2). Observations of negative discordance are common among 
U-Pb studies of OC phosphates (19, 30). However, in all four cases, 
the discordant measurements define chords that extrapolate lower 
intercepts nearly within 2s of 0 Ma (Fig. 3). This is to say, the dis-
cordant arrays define mixing lines between the primary cooling ages 
and contemporary open-system events, which would not alter the 
composition of the retained Pb. Thus, the Pb* compositions of these 
phosphate fractions are a pristine record of the original Pb-phosphate 
cooling ages. Even if the nonzero intercepts reflect ancient shock 
heating–induced perturbations, the Pb-phosphate system is drasti-
cally less sensitive to resetting than the U-Pb system: for short- 
duration reheating events consistent with the minor level of offset 
from a nil intercept observed here, the Pb-phosphate date changes 
by <4% of the respective change in the 206Pb/238U date (fig. S4). Thus, 
if a nonzero intercept reflects a minor perturbation in the U-Pb sys-
tem due to reheating, the effect on the Pb-phosphate system is likely 
negligible, confirming that the Pb-phosphate dates record the time 
scales of primary cooling.

The cause of the observed U-Pb discordance is U or Pb loss from 
phosphate weathering during terrestrial residence, a model supported 
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by two observations: (i) Cherokee Springs, the only studied “fall,” 
exhibits the lowest discordance (Fig. 3), and (ii) meteorite phosphates 
are among the most susceptible phases to dissolution by terrestrial 
waters (31). Any significant U or Pb gain is precluded by the intensive 
cleaning procedures used in this study (see Supplementary Text). We 
emphasize here that although we report and interpret regressions of 
LL phosphate U-Pb data, the modern U and Pb loss renders the ap-
parent U-Pb dates individually meaningless. Rather, the calculated 
lower intercepts simply provide a test of closed-system behavior. Be-
cause the U and Pb loss is all modern, the apparent Pb-phosphate 
dates accurately reflect primary cooling within the LL chondrite parent 
planetesimal. Only the 207Pb-206Pb–derived Pb-phosphate dates have 
adequate temporal resolution of primary cooling and are here inter-
preted to discern the undisturbed onion shell thermal history of the 
LL planetesimal.

Interpreting the LL parent planetesimal thermal history
The LL chondrites record a ≥75-Ma Pb-phosphate cooling history 
and, in contrast to the relatively brief Pb-phosphate cooling time 

frames of H6 and L6 chondrites (18), a >30-Ma LL6 Pb-phosphate 
cooling period (hereafter DLL6-age) defined by the difference in the 
Pb-phosphate dates in the LL6 chondrites PCA 82507 and ALH 83070 
(Fig. 1). Since both of these chondrites record the protracted onion 
shell cooling of the LL planetesimal, their DLL6-age describes the min-
imum duration of Pb-phosphate cooling for the interior isothermal 
LL6 region (Fig. 2). The coupled models described above permit 
simulation of undifferentiated LL planetesimals for a range of sizes 
and bulk initial 26Al/27Al compositions to characterize the relationship 
between DLL6-age and these two accretionary parameters (Fig. 4). 
Larger bodies and higher 26Al abundances correspond to longer onion 
shell cooling durations and large DLL6-age values. In contrast, the 
type 6 region of bodies of both smaller size and lower 26Al alloca-
tions cool through Pb-phosphate system closure earlier and more 
rapidly, thus recording relatively lower DLL6-age values. In Fig. 4, 
the contour consistent with the observed Pb-phosphate date range 
of the LL6 region (DLL6-age = 30 Ma) is traced in gray. Additional 
parameters are superimposed onto the parameter space in Fig. 4: the 
minimum planetesimal size constrained by the youngest LL6 (ALH 

±

Fig. 3. Concordia diagrams of LL chondrite phosphate U-Pb compositions. Individual phosphate fractions are plotted with gray points and 2s uncertainty ellipses 
traced in black. U-Pb Concordia is traced in blue with concordant ages (in Ma) identified by white circles. Fractions exhibit pervasive discordance, especially negative 
discordance. In all cases, U-Pb measurements plot on chords that project lower intercepts nearly within uncertainty (2s) of a nil age. Regressions are plotted with light 
gray lines (uncertainty envelopes dashed). Excluded measurements (red) are rejected following criteria discussed in the text. Regressions are calculated for two groups of 
phosphate fractions from ALH 83070 (light blue and black). NWA 6990 is excluded because the two phosphate fractions exhibit overlapping U-Pb compositions and a 
chord cannot be regressed. Linear regressions are calculated (MSWD: Mean squared weighted deviation) and plotted using the algorithms of U-Pb Redux (42).
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83070, ~4485 Ma) and the maximum planetesimal temperature 
defined by the silicate solidus (32). The absence of any achondritic 
or metallic meteorites that are closely affiliated with the LL chondrite 
group supports the assumption that bulk silicate melting did not occur 
in the LL parent body. Further, the early cooling date of NWA 6990 
contradicts residence of at least this LL7 in the deep interior of a 
partially differentiated body. Collectively, the silicate solidus, youngest 
LL6 Pb-phosphate date, and minimum DLL6-age constrain both the 
minimum planetesimal size and the radiogenic heating budget of 
the LL parent body. The body must have been large enough and 
heated sufficiently to yield a central cooling date ≤4485 Ma, and an 
LL6 Pb-phosphate date range of ≥30 Ma yet remained below the 
silicate solidus even at its center. These requirements define a param-
eter space of permissible planetesimal sizes and initial 26Al abun-
dances indicated by the color-coded arrows in Fig. 4.

Minimum size of the LL parent planetesimal
Pb-phosphate and petrologic constraints require a minimum LL chon-
drite parent body radius of ~150 km (Fig. 4). The initial planetesimal 
size distribution of the nascent Solar System is a key parameter for 
N-body simulations of Solar System evolution and is used to both 
seed initial conditions and evaluate simulation outcomes (33, 34). 
The canonical model of the early planetesimal size distribution de-

scribes a preponderance of bodies ≤50 km in radius produced by a 
coagulative process of accretion (3, 35). However, the minimum LL 
parent body radius constrained here exceeds this canonical planetesi-
mal size by a factor of 3. The ≥150-km LL planetesimal minimum size, 
combined with similar size constraints for the H and L bodies (18), 
supports alternative dynamical models that predict primary planetesi-
mal populations characterized by numerous bodies reaching hundreds 
of kilometers in radius and formed by turbulent accretion processes 
(2, 34, 36). To accommodate a canonical planetesimal size (≤50-km 
radius) using the thermochronologic data constraints presented herein, 
our simulations require an unrealistic order of magnitude reduction in 
the modeled thermal diffusivity of the LL parent body (fig. S5).

Requisite 26Al/27Al at the time of LL parent  
planetesimal accretion
Large planetesimals require an internal radiogenic heat source to 
account for the observed metamorphism of all but the shallowest, 
potentially impact-heated, materials (37), and the energy available 
from 26Al-decay stands out as the dominant heat source by orders 
of magnitude (8). For the minimum planetesimal size required by 
Pb-phosphate data, the thermal limits in Fig. 4 constrained by the 
silicate solidus and measured DLL6-age identify a range of LL parent 
body initial 26Al/27Al ratios spanning 6.1 × 10−6 to 7.9 × 10−6. This 
26Al/27Al range reflects bulk planetesimal 26Al/27Al compositions 
necessary to satisfy body-scale thermal requirements and is not sen-
sitive to the inherent variability expected in the measurements of dis-
crete particles (e.g., chondrules) that may have experienced complex 
thermal histories prior to and following accretion. Therefore, if we 
assume the body accreted in an environment of locally homogenized 
26Al/27Al and that accretion was rapid (≲0.1 Ma) as supported by 
dynamical and thermal models (2–4), this range defines a 270-ka time 
frame in which accretion occurred (Fig. 4), independent of assumed 
(26Al/27Al)o. If the process of accretion was more protracted than dy-
namic models predict, then a broader time window for accretion could 
be accommodated, although these conditions are not explored here. 
The measured and model data presented in Fig. 4 constrain an initial 
26Al/27Al range that is insensitive to extreme variations in both body 
radius and thermal diffusivity for modeled planetesimals that meet the 
requirements of measured Pb-phosphate cooling dates (Fig. 4 and fig. 
S5). In summary, the initial 26Al budget defined here provides an esti-
mate for the bulk parent body 26Al/27Al ratio at the time of LL plane-
tesimal accretion that is independent of assumptions of parent body 
size, thermal diffusivity, accretion time, and (26Al/27Al)o. In contrast, 
the initial 26Al/27Al determined here is dependent on the assumed 
temperature limits of the silicate solidus and minimum LL6 peak meta-
morphic temperature, the assumed bulk LL chondrite Al content, and 
the assumed heat produced from 26Al decay. Each of these parameters 
is well constrained (see Materials and Methods). However, changes in 
the modeled temperature limits expand or contract the constrained 
bulk planetesimal 26Al/27Al range (fig. S5), while the latter two param-
eters directly scale the amount of heat available for a given initial 
26Al/27Al. Thus, higher bulk Al and heat production values accommo-
date lower absolute initial 26Al/27Al ratios but do not affect the range of 
permissible ratios that define the window of accretion times.

DISCUSSION
Thermal limits and Pb-phosphate data define an initial 26Al/27Al com-
position for the bulk LL parent planetesimal that overlaps with the 

º

Fig. 4. Pb-phosphate thermochronologic and petrologic constraints on LL parent 
planetesimal size and 26Al/27Al at the time of accretion. Contours identify the 
date range of the modeled type 6 region (DLL6-age). The measured minimum DLL6-
age of 30 Ma is traced in gray (see Supplementary Methods). The blue curve traces 
conditions that yield a date of 4485 Ma (ALH 83070) at the planetesimal center 
(labeled “Central date”), although younger dates are permissible (blue arrow, Fig. 2). 
The red curve traces the maximum solidus temperature (1140°C) for LL chondrite 
compositions (32). The teal curve traces the minimum possible metamorphic tem-
perature (800°C) recorded by any LL6 chondrite (51). The purple kernel density es-
timation reflects the initial 26Al/27Al composition of Semarkona chondrules (n = 24) 
with individual chondrule (26Al/27Al)o means denoted by white dots and corresponding 
uncertainties plotted as overlying gray Gaussian bells, whereby taller bells reflect 
lower uncertainty measurements (10, 52–54). One chondrule (26Al/27Al)o ratio (“n = 1”) 
exceeds the upper bound of the plotted 26Al/27Al range, and four (“n = 4”) are below 
the lower bound. Time line is calculated from (26Al/27Al)o = 5.23 × 10−5.  on June 4, 2021
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initial 26Al/27Al compositions of >60% of Semarkona ferromagnesian 
chondrules (Fig. 4). Twenty of the 24 measured ferromagnesian 
Semarkona chondrules (>80%) record initial 26Al/27Al ratios that do 
not significantly exceed the maximum bulk planetesimal 26Al/27Al 
of 7.9 × 10−6 (Fig. 4). The observed agreement indicates that the bulk 
LL planetesimal 26Al/27Al ratio at the time of its accretion matched 
most of its constituent chondrules at their respective time of formation, 
supporting models in which chondrule production is closely followed 
by, and perhaps even plays a causal role in, chondrite parent body 
accretion (16, 17). This model is furthermore consistent with evi-
dence from cosmogenic nuclides in chondrules that indicate rapid 
accretion following chondrule formation (38). These results do not 
rely on assumptions of 26Al/27Al homogeneity in the early nebula as 
has been challenged by (15). Our interpretations rely on the obser-
vation that the 26Al/27Al ratio of the LL planetesimal at the time of 
accretion matched the ratios of a majority of its constituent chondrules 
when they formed, implying concurrence of these processes under 
the parsimonious assumption that the chondrule-forming and ac-
cretion environments shared a 26Al/27Al reservoir. Rejecting this 
assumption requires the improbable alternative assumption that, de-
spite forming in reservoirs of variable 26Al/27Al, ~60 to 85% of the 
LL chondrules formed with initial 26Al/27Al ratios indistinguishable 
from that of the LL planetesimal to which they were subsequently 
transported and accreted.

Five of the Semarkona ferromagnesian chondrules exhibit initial 
26Al/27Al compositions below the minimum initial body value of 
6.1 × 10−6, although three chondrules are within <5% of this mini-
mum. Yet, this discordance is readily explained by evidence for 
postaccretion alteration of the Al-rich plagioclase and mesostasis that 
could have partially reset the Al-Mg system in some chondrules (39). 
While Semarkona reflects the least altered sample of the LL parent 
body, increasingly altered LL3 chondrites (type >3.00) have a greater 
proportion of chondrules with initial 26Al/27Al ratios lower than ~6 × 
10−6 (e.g., 6). Alternatively, if protracted time frames of accretion 
and chondrule production overlapped, the shallowest LL3 material, 
including Semarkona, may reflect the latest materials accreted to the 
body after the majority of the body was assembled with a 26Al/27Al ≥ 
6.1 × 10−6. In this case, some younger chondrules may have been 
incorporated along with chondrules that formed earlier. Under both 
scenarios, outlying low 26Al/27Al chondrules are likely not represent-
ative of the 26Al/27Al ratio during the primary phases of LL chondrule 
formation and planetesimal accretion. In contrast, the four measured 
chondrules with initial 26Al/27Al ratios significantly (2s) in excess of 
7.9 × 10−6 may reflect earlier generations incorporated into the family 
of newly formed chondrules that accreted onto the nascent LL parent 
body. However, the inherited chondrule population is a minority 
(~15%) of the total population, contradicting models of widespread 
protracted chondrule formation, storage, and recycling before plan-
etesimal assembly (14, 15).

In summary, the broad concurrence of chondrule formation with 
the onset of accretion to the LL parent body supports chondrule 
production mechanisms that may occur several million years after 
CAIs and without considerable chondrule transport before accretion. 
Chondrule production models satisfying these requirements include 
planetesimal bow shocks, molten planetesimals, and high-energy 
collisions. The evidence we present above for the prevalence of large 
bodies in the nascent Solar System lends credence to bow shock 
models that require large planetesimals for efficient chondrule pro-
duction (40). Whatever the mechanism may be, our findings imply 

that chondrule-forming processes also lead to the rapid accretion of 
>100-km bodies from subcentimeter particles, thereby leaping the 
so-called “meter-size barrier” of planetary accretion (36) that dynamic 
models have historically failed to overcome.

MATERIALS AND METHODS
Phosphate extraction and preparation for U and Pb  
isotopic analysis
Samples of five LL and one L chondrite were provided by the Smith-
sonian and Antarctic Meteorite collections (tables S1 and S2). NWA 
6990 (LL7) was purchased from M. Ouzillou of Skyfall Meteorites. 
Samples were selected on the basis of available sample size (>5 g of 
bulk material) and low grades of weathering—Cherokee Springs is 
a fall, and all Antarctic collection samples are weathering grade A or 
A/B. The Cherokee Springs, Ladder Creek, and NWA 6990 samples 
were crushed by hand with an agate mortar and pestle. All other sam-
ples were comminuted by electric pulse disaggregation, performed 
by Zirchron LLC. Crushed and fragmented samples were sieved to 
<500 mm, and phosphates were purified from bulk rock by magnetic 
and heavy liquid separations. The purified phosphate mineral sepa-
rates were recovered from nonmagnetic fractions (1.4 A magnetic 
field, 15° slope) that sank in LST heavy liquid (2.85 g/cm3). Given 
the slight acidity of LST (pH ~ 4), care was taken to promptly re-
move phosphate fractions from LST, minimizing exposure to <60 min. 
Multigrain phosphate mineral fractions were selected for isotopic 
analysis by optical microscopy, whereby phosphate grains were in-
cluded on the basis of the absence of apparent inclusions and minimal 
apparent alteration or mechanical damage (fig. S1).

In an effort to minimize contributions of laboratory Pb blank and 
labile Pb on grain surfaces, special effort was taken to clean fractions 
before addition of tracer and dissolution. Selected grains were loaded 
into 3-ml Savillex PFA vials and rinsed two times with 18 megohm·cm 
deionized ultrapure water before sonication for 30 min in 500 ml of 
5% ultrapure acetic acid at room temperature (Ladder Creek fractions 
170608-1 and 170608-3 were sonicated for only 15 min). The acetic acid 
leachate was pipetted off, and leached grains were rinsed a minimum 
of five times with ultrapure water to dilute and remove dissolved Pb 
before the grains were transferred to clean 3-ml PFA vials. These “cleaned” 
fractions were then spiked with EARTHTIME mixed 202Pb-205Pb-
233U-235U tracer (41) and dissolved in 450 to 600 ml of 6N HCl for 
12 hours on a 130°C hotplate. Dissolved samples were converted to 
1.1 N HBr for column introduction, and U and Pb were separated from 
other elements using an HBr/HCl anion exchange recipe in a 50-ml 
microcolumn. Pb was eluted in 6N HCl and ultrapure water, and Pb 
purity was improved by passing >500 ml of 1.1 N HBr over the 
column before eluting Pb.

To test the efficacy of the 5% acetic acid leaching procedure, fractions 
of ALH 83070 (180701-1 and 180701-2) were treated with an alternative 
cleaning method, identical to the above method with the exception 
that the grains were sonicated for 30 min in ultrapure water rather than 
5% acetic acid. For these fractions and concurrently treated (acetic 
leached) fractions, the “leachates” were collected and spiked with an 
in-house calibrated 205Pb-233U-235U tracer, converted to 3N HCl, and 
U and Pb were purified using a 50-ml microcolumn HCl-based 
anion-exchange chemistry. Results confirming the efficacy of the acetic 
acid leaching treatment are presented in the Supplementary Text.

U and Pb isotopic data were measured with isotope dilution–
thermal ionization mass spectrometry (ID-TIMS) conducted on the 
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UCSC IsotopX X62 Thermal Ionization Mass Spectrometer. U and 
Pb separates were loaded onto zone-refined (99.999% purity) Re 
ribbon with a Si gel–0.035 M H3PO4 activator. Pb was measured with 
a peak jumping method on a Daly photomultiplier ion counting sys-
tem. U was measured as an oxide by static collection on Faraday cup 
detectors connected to 1012 ohm resistance amplifier cards. Mass 
fractionations were calculated and corrected internally using tracer 
isotope pairs 202Pb-205Pb and 233U-235U. Isotopic measurements were 
corrected for contributions from blank, spike, and initial Pbc (table 
S4), and model U-Pb and Pb-Pb dates were calculated with U-Pb 
Redux software (42). Total procedural blanks were measured throughout 
the duration of data acquisition and ranged from 0.3 to 1.0 pg for Pb 
and <0.2 pg for U. Ratios of 204Pb/206Pb and 207Pb/206Pb were calcu-
lated using calculations summarized in (42) to correct ID-TIMS 
isotopic measurements for blank and spike contributions and prop-
agate uncertainties. We used the primordial Pbc composition of 
Canyon Diablo troilite (43) to correct for initial Pbc. We chose this 
composition over that suggested more recently by (44) given its long 
history of use in OC phosphate studies (18, 19, 23, 24) and the fact 
that for measurements with Pb*/Pbc >2 (the threshold at which we 
calculate Pb-phosphate dates), the effect on the calculated age is neg-
ligible (fig. S2).

Thermal and Pb production-diffusion in phosphate models
Coupled planetesimal-scale thermal and Pb production-diffusion in 
phosphate codes use the model framework of (18), for which the same 
discussions of model structure, inputs, and constants therein apply 
here. Simulations assume instantaneous accretion of bodies following 
dynamical model predictions of planetesimal accretion from sub-
kilometer objects on 104- to 105-year time scales for models charac-
terized by both turbulent and coagulative accretion (2, 3, 34). We 
assumed an updated 26Al heat production of 0.355 W/kg (45).We 
adapted physical and thermal constants to better represent LL chon-
drite compositions: We used an Al content of 1.18 weight % (46), a 
bulk density of r = 3210 kg/m3 (47), and a bulk specific heat capacity 
of cp = 950 J kg−1 K−1, scaled linearly on the basis of relative Fe-Ni 
metal abundance (48) from values calculated for H and L chondrites 
at 600 K (49). We used an H chondrite upper-bound thermal con-
ductivity of k = 4 W m−1 K−1 after (49) since variation in this parameter 
is predominantly controlled by shock-induced porosity rather than 
compositional differences (50). Nonetheless, we explored the effects 
of varying thermal parameters by exploring variation in k (fig. S5). 
Given the relationship of thermal diffusivity (k) to these parameters 
via k = k · r−1 · cp

−1, variations in any one variable also test the same 
proportional magnitude of variation in any other variable, since the 
k term is ultimately used in thermal calculations.

SUPPLEMENTARY MATERIALS
Supplementary material for this article is available at http://advances.sciencemag.org/cgi/
content/full/6/16/eaay8641/DC1
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Chapter 3

Uranium-series isotopes as

tracers of physical and chemical

weathering in glacial sediments

from Taylor Valley, Antarctica

3.1 Abstract

The McMurdo Dry Valleys of Antarctica reflect extensive glacial erosion, yet

currently exhibit hyperarid polar conditions characterized by limited chemical and

physical weathering. Yet, efficient chemical weathering occurs when moisture is

available, and polythermal subglacial conditions may accommodate ongoing me-

chanical weathering and valley incision. Taylor Valley hosts several Pleistocene

glacial drift deposits that record prior expansions of Taylor Glacier and sediment

redistribution, if not production. We measure U-series isotopes in the fine-grained

sediments of these drifts to assess the timescales of physical weathering and sub-

20



sequent chemical alteration. The isotopes 238U, 234U, and 230Th are sensitive to

both chemical and physical fractionation processes in sedimentary systems, in-

cluding the physical fractionation of daughter isotopes by energetic recoil follow-

ing radioactive decay. By comparing mathematical models of U-series response

to chemical weathering and physical fractionation processes with isotopic mea-

surements, we show that Pleistocene drift sediments record histories of significant

chemical alteration. However, fine-grained sediments entrained in the basal ice

of Taylor Glacier record only brief chemical alteration and U-series fractionation,

indicating comparatively recent sediment comminution and active incision of up-

per Taylor Valley by Taylor Glacier over the Pleistocene. In addition, the results

of this study emphasize the utility of U-series isotopes as tracers of chemical and

physical weathering in sedimentary and pedogenic systems, with particular sen-

sitivity to radionuclide implantation by α-recoil from high-U authigenic phases

into lower-U detrital phases. This process has occurred extensively in >200 ka

drifts but to a lesser degree in younger deposits. U-series α-recoil implantation

may be an important physicochemical process with chronometric implications in

other hyperarid and saline sedimentary systems, including analogous Martian en-

vironments.

3.2 Introduction

The Antarctic McMurdo Dry Valleys (MDV) represent an extreme environ-

ment where hyperarid, polar conditions predict limited physical and chemical

weathering processes seemingly at odds with other evidences for remarkably ac-

tive weathering. Low temperatures and low moisture content of MDV soils predict

extremely gradual chemical weathering rates that have preserved some soils for

millions of years with minimal chemical alteration (Bockheim, 1997; Campbell
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and Claridge, 1981). Similarly, physical erosion is limited by low precipitation

rates (<100 mm annually) that restrict fluvial erosion and low annual tempera-

tures (< 14 ◦C, Doran et al., 2002) that predict frozen and non-erosive subglacial

conditions. In contrast, vigorous aqueous chemical weathering is observed at sites

where liquid water occurs (Lyons et al., 2021; Marra et al., 2017), and deeply in-

cised glacial valleys with thick sedimentary fills indicate of a history of significant

physical weathering.

The erosive capacities of glaciers are closely linked to climate (Hallet et al.,

1996). Warm and wet climates accommodate basal temperatures at the pressure

melting point of water that lubricate the “warm” glacier base, increase sliding

velocities, and promote efficient comminution of bedrock and sediment transport.

Cold and arid climates, such as those of the MDV, promote “cold-based” glaciers

that remain frozen at their beds, resulting in relatively limited sediment produc-

tion or transport (Cuffey et al., 2000). To reconcile the glacially erosive history

of the MDVs with their contemporary climate, models of MDV evolution invoke

post-Paleocene (.55 Ma) climates that facilitated warm-based glacial conditions

and active denudation until ∼15 Ma (Denton et al., 1993; Sugden and Denton,

2004), after which transition to a hyperarid polar climate induced widespread

cold-based conditions among MDV glaciers. Under this model, contemporary ad-

vances of MDV glaciers only rearrange pre-Pliocene glacial deposits by cold-based

processes.

This model of MDV glaciers, however, is not consistent with observations of

Taylor Valley, where several lines of evidence imply at least partly wet-based, or

polythermal, conditions beneath Taylor Glacier, an outlet of the East Antarctic

Ice Sheet (EAIS; Fig 3.1). Extensive englacial debris observed in Taylor Glacier

implies melt-freeze processes of sediment entrainment (e.g. Mager et al., 2007). A
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high reflectivity zone of liquid water has been detected by ice penetrating radar in

an overdeepening beneath Lower Taylor Glacier (Hubbard et al., 2004). Despite

predicted basal temperatures of ≤ −7 ◦C at this location, subsolidus conditions

might be facilitated by high salinities, a scenario supported by the presence of

Blood Falls, a subglacially fed hypersaline brine seep at the glacier’s terminus

(e.g. Badgeley et al., 2017). Such polythermal basal conditions would help to

explain the extensive Pleistocene drift sheets deposited by Taylor Glacier (Section

3.2.1). To further explore and resolve these conflicting evidences of both active

and restricted weathering, we use U-series isotopes to interrogate the combined

physical and chemical weathering histories of glacial sediments from Taylor Valley.

3.2.1 Modern setting & depositional history of Taylor Val-

ley

Taylor Glacier flows from the Taylor Dome of the EAIS into upper Taylor

Valley, terminating in the saline proglacial Lake Bonney (Fig. 3.1). The Asgard

Range and Kukri Hills border the valley to the North and South, respectively,

and several alpine glaciers flow into Taylor Valley from these peaks (Fig. 3.1).

In upper (western) Taylor Valley, Taylor Glacier sits atop Beacon Supergroup

sedimentary rocks (primarily sandstones), and sills of Jurassic Ferrar dolerite and

Quaternary mafic volcanics crop out at higher elevations (e.g. Hall et al., 2000).

Taylor Glacier and the nearby alpine glaciers are currently at their maximum

Holocene extents but no longer advancing (Denton et al., 1989; Hall et al., 2000;

Fountain et al., 2006). At least four glacial drift sheets record prior Quaternary

advances of Taylor Glacier (Denton et al., 1970), and Bockheim et al. (2008)

summarized the distribution of these “Taylor” drifts, as shown in Figure 3.1. The

most ancient drift deposits are identified as Taylor-IVb, younging to Taylor-I,
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which reflects the contemporary advancement of Taylor Glacier. For brevity, we

adapt the nomenclature of Bockheim et al. (2008) such that we use Taylor-III to

describe the combined Taylor-III / Taylor-IVa grouping and Taylor-IV to describe

the older Taylor-IVb unit.

Multiple geochronometric techniques constrain the depositional ages of the

Taylor drift sheets. Taylor-IV drifts reflect the earliest recorded Taylor Glacier

advance at ≤2.7 Ma based on 40Ar-39Ar ages of underlying volcanics (Wilch et al.,

1993). The minimum age of Taylor-IV advance is constrained by cosmogenic 10Be

dates from correlated moraines in nearby Arena Valley that require moraine em-

placement before 1.5 Ma (Brook et al., 1993). Thus, Taylor-IV represents an

ancient advance (or series of advances) of Taylor Glacier between 2.7 and 1.5 Ma,

during which the ice margin reached elevations >800 m above the contemporary

valley floor. The deposition ages of the younger Taylor-II and -III drifts are con-

strained by both cosmogenic exposure ages from Arena Valley moraines (Brook

et al., 1993) and U-Th ages of lacustrine carbonates (Higgins et al., 2000; Hendy

et al., 1979). The lacustrine carbonate U-Th dates formed when the Ross Ice

Shelf dammed Taylor Valley during West Antarctic Ice Sheet expansion, forming

a paleolake that flooded elevations up to ∼300 m in western Taylor Valley (Hall

et al., 2000; Toner et al., 2013), which coincided with periods of reduced Taylor

Glacier and EAIS extent (Higgins et al., 2000). In contrast, the cosmogenic expo-

sure ages record boulder emplacement during Taylor Glacier expansion. Despite

minor inconsistencies, these chronologies indicate deposition of Taylor-III between

450–250 ka and Taylor-II after 70 ka (Fig. 3.2).

These combined Taylor drift chronologies validate a correlation between drift

depositional age and contemporary elevation (Fig. 3.2). While this relationship

is typical of glacial systems, it has important implications for the ice volume
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and erosional histories of Taylor Glacier. Under the canonical model of near-nil

Plio-Pleistocene MDV glacial erosion rates, the drift age-elevation relationship

reflects a decreasing trend in Taylor Glacier ice volumes during periods of EAIS

expansion over the course of the Pleistocene. An alternative endmember model

invokes Pleistocene incision by Taylor Glacier, whereby the polythermal subglacial

conditions of Taylor Glacier accommodated significant erosion of the valley floor

over the course of the Pleistocene (Fig. 3.2). While permitting variability in

ice volumes, this model relates the age-elevation relationship of Taylor drifts to

more consistent high-stand ice volumes and a gradually deepening valley floor.

Although the known timescales of drift emplacement do not offer the ability to

resolve these two plausible scenarios, we use the radiometric properties of the U-

series system in fine-particles to discern whether the fine sediments that comprise

Taylor drifts record ancient (>1.5 Ma) or recent (<500 ka) incision.

3.2.2 The effects of physical and chemical weathering on

U-Series systematics of fine particles

The weathering of fine particles may be generally divided into two compo-

nents. A physical component of mechanical comminution from larger particles to

finer particles and a chemical component of mineral dissolution and precipitation.

Subglacial comminution processes tend to converge on sand-to-silt-sized particles

(2000–5 µm diameters) that resist further physical comminution to smaller sizes

(Haldorsen, 1981). Hence, in the context of this study we expect that physical

weathering happens only early on in the history of most glacigenic sand-to-silt-

sized sediments, after which chemical weathering takes on an enhanced role as

primary detrital material is dissolved and replaced by authigenic mineral phases.

In closed geologic systems over >1.5 Ma durations, the ingrowth and out-
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growth of intermediate daughter products cause the relative amounts of isotopes

in the 238U decay series to converge on equilibrium values, nominally secular equi-

librium (SE), which is represented by parent-daughter activity ratios of unity

(e.g. (234U/238U)––1). After any perturbation that drives the system out of SE, a

parent-daughter ratio converges within ∼1 % of SE after 6 half-lives (t1/2) of the

shorter-lived isotope. In the present study, we consider the U-series isotopes 238U,
234U, and 230Th. Although 238U decays to 234U via the short-lived isotopes 234Th

(t1/2 ∼ 24 days) and 234Pa (t1/2 ∼ 1.2 minutes), their lifetimes are geologically

negligible, and we treat 238U as decaying directly to 234U. The following sections

consider how chemical and physical weathering processes affect the 230Th-234U-
238U systematics of fine-grained particles derived from ancient bedrock in SE.

The effects of physical weathering on the 238U decay series

Following the reduction of material to silt-sized (<50 µm diameter) particles,

the U-series system progresses into disequilibrium because of the physical fraction-

ation of intermediate daughter products by energetic recoil of radiogenic nuclides

during radioactive α-decay. Within mineral grains, as radionuclides (e.g. 238U

and 234U) undergo α-decay, an α-particle (4He nucleus) is ejected from the par-

ent nucleus and the newly produced radiogenic daughter nuclide recoils in the

opposite direction through the surrounding crystalline matrix in response to the

energetic α-emission. In framework silicates (e.g. feldspars and quartz), this recoil

distance is approximately ∼35 nm, though it varies slightly among the different

α-decay products (Semkow, 1991). If the decay occurs near the surface of the

mineral grain, the daughter nuclide may be ejected from the grain and lost from

the mineral system (Fig. 3.3). Thus, fine-grained particles (<50 µm diameter) ex-

hibit a measurable reduction in (234U/238U) below SE due to α-recoil loss of 234U
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after 238U decay (Ku, 1965; DePaolo et al., 2006). Although α-recoil ejection of
234U occurs in large crystals (Kigoshi, 1971), the disequilibrium only becomes de-

tectable in grains with diameters <50 µm, where the particles have a sufficiently

high surface-area-to-volume ratio to incur 234U loss in amounts measurable by

modern mass spectrometric methods (> 0.1 %). After 1.5 Ma (six half-lives of
234U) the (234U/238U) reaches a new equilibrium controlled by the sediment grain

size and surface morphologies (Fig. 3.3). Fine particles comminuted prior to 1.5

Ma maintain a low (234U/238U) that reflects this antiquity. Prior authors (e.g. Lee

et al., 2010; Cogez et al., 2018) have speculated that the same principles apply to

subsequent intermediate daughter nuclides with shorter half-lives, such as 230Th,

which would exhibit similar behavior to 234U, differing only in that they converge

on slightly different grain morphology-controlled equilibrium values (Fig. 3.3).

Thus, this time-dependent α-recoil loss from freshly comminuted particles forms

the theoretical foundation of U-series comminution dating (DePaolo et al., 2006).

The rate and degree of daughter nuclide depletion is dependent on a particle’s

physical properties, which dictate the proportion of decays that result in α-recoil

ejection. Two simple approaches summarize these properties with a “fractional

loss factor” fm, where m denotes the mass of the radiogenic nuclide, e.g. 234

for 234U. The first formulation, Equation 3.1a (after Semkow, 1991; DePaolo

et al., 2006), calculates the fractional loss factor for a given radiogenic nuclide as

a function of the effective recoil length (Lm), the sediment specific surface area

(S), and the sediment density (ρ). The second formulation, Equation 3.1b (after

Lee et al., 2010), replaces the S term with grain size parameters (Eq. 3.1c, after

Anbeek et al., 1994): diameter (d), a dimensionless grain shape factor (K, after

Cartwright, 1962), and a surface roughness factor (λr):

fm = (Lm · S · ρ)/4 (3.1a)
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fm = (Lm ·K · λr)/(4d) (3.1b)

S = (λr ·K)/(ρ · d) (3.1c)

The f parameter for some modeled silicate grain may then be combined with

standard U-series decay series equations (e.g. Bateman, 1910), to model the grain’s

time-dependent radioisotopic evolution.

dN238

dt
= −λ238N238 (3.2a)

dN234

dt
= −λ234N234 + (1 − f234)λ238N238 (3.2b)

dN230

dt
= −λ230N230 + (1 − f230)λ234N234 (3.2c)

These equations may be solved numerically, assuming initial isotopic composi-

tions, which for sediment freshly comminuted from an ancient bedrock source

are expected to reflect SE, (234U/238U) =(230Th/238U)=1. In this idealized sce-

nario, the activity ratios for the various grain sizes decrease from unity to a new,

grain-size defined equilibrium composition (Fig. 3.3). With a well-constrained

knowledge of f234, one may calculate a “comminution age” from the measured

(234U/238U).

Chemical weathering effects on the U-series system

Accurate and precise comminution dates have remained elusive because sed-

imentary systems are also characterized by chemical weathering and authigenic

mineral forming processes that affect the U-series system. The most straightfor-

ward process of chemical weathering is dissolution of primary “detrital” material,

which releases ions from the crystalline matrix of detrital minerals into the sur-

rounding (typically aqueous) environment. Given the association of 234U with
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damaged zones in mineral lattices, this isotope is preferentially leached compared

to its parent 238U (Andersen et al., 2009). In contrast, the typically lower solubil-

ity of Th predicts an excess of 230Th relative to 234U and 238U following chemical

weathering (Chabaux et al., 2003; Suresh et al., 2013; Menozzi et al., 2016; Co-

gez et al., 2018). To account for simple chemical weathering by dissolution and

leaching of primary detrital mineral, an additional weathering rate term k may be

incorporated into Equation 3.2 to capture the combined effects of silicate dissolu-

tion and α-recoil ejection of U-series nuclides, following the equations of Chabaux

et al. (2003), Dosseto and Schaller (2016), and Cogez et al. (2018):

dN238

dt
= −k238N238 − λ238N238 (3.3a)

dN234

dt
= −k234N234 − λ234N234 + (1 − f234)λ238N238 (3.3b)

dN230

dt
= −k230N230 − λ230N230 + (1 − f230)λ234N234 (3.3c)

where the value of k varies from isotope to isotope based on how readily it is

weathered (e.g. k234 > k238 > k230).

However, chemical weathering is a bidirectional process, comprised of both

dissolution of detrital phases and precipitation of authigenic phases. Generally,

authigenic phases are precipitated from aqueous solution and incorporate cations

from the aqueous and sedimentary environment, including U and Th. Since surface

waters are typically characterized by supra-SE (234U/238U) compositions (Ander-

sen et al., 2009, and references therein), authigenic phases tend to increase the

(234U/238U) of sediments (Martin et al., 2015). Martin et al. (2015) showed that

sequential chemical extractions that dissolve specific authigenic phases such as

oxide species, carbonates, and organic compounds each effectively remove U and

change the (234U/238U) of the insoluble residues. In addition, non-silicate authi-
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genic phases are complimented by authigenic silicate minerals, including “clay”

minerals. While this term is also used to describe particle sizes <4 µm, we will

use the term exclusively in a mineralogical sense to describe authigenic clay min-

erals. Like their non-silicate counterparts, authigenic clay minerals form by aque-

ous precipitation following dissolution of silicate minerals and therefore reflect

(234U/238U)>1 parent-water compositions. Insoluble Th will preferentially leave

the water column by adsorbing onto particle surfaces or partitioning into authi-

genic phases, resulting in elevated (230Th/238U). Indeed, Menozzi et al. (2016)

have shown that silicate clay minerals can persist through leaching techniques

and impart elevated (234U/238U) and (230Th/238U). The degree of excess above

SE scales with the U and Th content of authigenic phases well as the duration

and extent of weathering (Fig. 3.3C,D).

Authigenic phases may also affect the U-series systems of adjacent detrital

grains by implanting 234U and 230Th after α-recoil across the interface between

the authigenic and detrital phases (Fig. 3.3A). As long as the adjacent authigenic

phase is more uraniferous than the detrital phase, there will be a net positive

flux of daughter isotopes to the detrital phase across the interface, enriching the

detrital grain in 234U and 230Th (Fig. 3.3C,D). If this authigenic phase is soluble

in any pretreatments or chemical extractions prior to final sediment digestion,

the 234U- and 230Th-depleted authigenic phase is lost in these steps, leaving only

the insoluble and 234U-230Th-enriched detrital phase. The longer this contact

between the high-U soluble phase and lower-U insoluble phase persists, the higher

the (234U/238U) and (230Th/238U) in the insoluble phase, until a new long-term

equilibrium is reached (Fig. 3.3C,D). The process of α-recoil implantation has

been observed between the high- and low-U phases of igneous rocks (Tanaka et al.,

2015) and primary silicate phases of igneous regolith (Menozzi et al., 2016), but
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its role in sedimentary systems has only been speculated upon (Lee et al., 2010;

Plater et al., 1992).

3.2.3 Exploring the timescales of physical and chemical

weathering in Taylor Valley with U-series isotopes

This study expands on the aforementioned mathematical and theoretical mod-

els of sedimentary U-series geochemistry to predict the U-series evolutions of sed-

iments subjected to α-recoil loss, chemical dissolution, authigenic mineral for-

mation, and α-recoil implantation. We use these models to interpret the 230Th-
234U-238U systems of proglacial and englacial sediments from Taylor Valley in the

context of chemical and physical weathering processes. Within this framework, we

explore the potential of using U-series records of both physical fractionation and

chemical alteration to discern the timescales of fine-particle production in Taylor

Valley.

The physical weathering of Taylor Valley has been dominated by glacial wear

processes. Beneath glaciers, mechanical crushing and abrasion readily comminute

coarse material to sand- and silt-sized particles, respectively, that resist further

comminution (Haldorsen, 1981). The chemical weathering environment of Taylor

Valley and the greater MDV system is less straightforward and highly dependent

on the availability of water. Outside of lakes and the hyporheic zones of streams,

chemical weathering in the MDV occurs very slowly, limited largely to the oxida-

tion of ferrous minerals and minor production of authigenic clays (Campbell and

Claridge, 1981). Older soils at higher elevations in Taylor Valley are indurated

with abundant soluble salts that refute any recent aqueous chemical alteration

(Bockheim, 2002). However, at lower elevations of Taylor Valley, most salt accu-

mulations reflect the evaporative residues of prior paleolake highstands, such as
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when the lake levels rose to >300 m elevations in western Taylor Valley during

Marine Isotope Stage 2 (Toner et al., 2013; Hall et al., 2000). Contemporarily,

areas of liquid water saturation, facilitated by high salinities that depress the

freezing temperature, reflect far more active chemical weathering, evidenced by

an increase in the clay fraction and sediment surface areas (Campbell and Clar-

idge, 1981; Marra et al., 2017). Indeed, chemical alteration rates in saturated

zones of Taylor Valley sediment indicate more efficient chemical weathering than

previously thought for the MDVs (Lyons et al., 2021).

Given the heterogenous nature of chemical weathering in Taylor Valley, we

take especial care to simplify our study of Taylor Valley sediment by limiting

the myriad mechanisms of mechanical weathering. For each drift sample, we

focus on two mineralogical groups: framework silicates (quartz and feldspars) and

clays. Quartz and feldspar are generally more resilient to chemical weathering

than phyllosilicates and mafic phases and offer an added benefit of a reasonably

well-constrained and relatively consistent α-recoil length (Sun and Semkow, 1998).

To further ensure the specificity of our study, we use chemical cleaning procedures

that remove known non-silicate authigenic phases. We concurrently explore the

U-series behavior of clay minerals to explore how these authigenic silicates are

related to detrital materials. Finally, by examining the three-isotope 230Th-234U-
238U system, we gain the added insight of the integrated chemical and physical

processes that fractionate 230Th in addition to those physical processes involved

in the fractionation of the two U isotopes. Within this framework, we test the

hypothesis that the U-series systems of silts in Taylor Valley record the timeframes

of physical comminution and authigenic chemical processes. We identify and

explore the relevant weathering processes affecting U-series isotopes and use these

to resolve whether efficient subglacial comminution beneath Taylor Glacier ceased
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after warmer Pliocene conditions or has continued throughout the Pleistocene.

3.3 Materials and Methods

3.3.1 Field methods and sample handling procedures

We collected drift sediment and debris-rich glacial ice from Taylor Valley dur-

ing the austral spring of 2017 (Fig. 3.1). We sampled drift sediments from pits dug

to ∼50 cm depth below the surface, taking care to sample beneath any apparent

sedimentary fabrics and indurated salt crusts to ensure the samples represented

original till deposits that had minimally interacted with surface snowmelt or run-

ning water. Debris-rich ice samples were chipped out of Taylor Glacier using a

steel ice-chisel, targeting bands of sediment-laden basal ice. Ice samples were

stored in plastic bags at −20 ◦C before melting under laboratory conditions.

3.3.2 Laboratory and analytical methods

Grain-size separation and mineralogical purification

This study targeted 10–45 and 75–125 µm diameter sediments of quartz-

feldspar and clay mineralogy. We first separated silt-sized grains from bulk sed-

iment by dry-sieving to grain diameters of <38 µm, 38–45 µm, and 75–125 µm

(only the 90–125 µm fraction was recovered for sample Taylor-III). The <10 µm

component was removed from the <38 µm aliquot by wet sieving. The 10–38 µm

separates were dry-sieved to 10–20 µm and 20–38 µm diameter ranges with a

Gilsonic UltraSiever sonic sieving device.

For each size range, we removed clay mineral phases with a Stokes settling

hydraulic separation. We preferentially removed clay mineral phases by vigor-

ously swirling sediments in water and allowing grains to settle for ≥10 minutes
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before pouring off suspended material and repeating the procedure ≥3 times. We

recovered both the clay-rich components decanted with the supernatant (slow hy-

draulic settling), as well as the clay-poor “detrital” component (rapid hydraulic

settling). The clay-rich components were leached without further purifications,

whereas the settled, detrital components were further purified with magnetic and

density separations.

We removed Fe-bearing phases with a Frantz magnetic separator (0.6 A mag-

netic field and 17 ◦C slope). We removed phosphate and zircon mineral phases

by density separation in 2.85 g cm−3 LST heavy liquid. Purified quartz-feldspar

mineralogies were recovered from the buoyant component. For samples Taylor-I,

Taylor-II, and Taylor-IV, density separations lasted for 1 hour of settling time,

whereas density separations for Taylor-III lasted for 10 minutes aided by low-

speed centrifugation. These procedures yielded purified quartz-feldspar separates

of three discrete “silt” grain size ranges, 10–20 µm, 20–38 µm, and 38–45 µm, as

well as a “sand” grain size range of 75–125 µm. Mineralogical purity was confirmed

by visual inspection under a binocular picking microscope.

For the englacial sediments of the Taylor-I sample, sediments were frozen

within ice. Prior to mineralogical separations, we melted the ice in the presence

of <0.05 M Ethylenediaminetetraacetic acid (EDTA) buffered with ammonia to

pH>10 before sediments were dried and underwent mineralogic purification. This

treatment had no discernible effect on U-series isotopics, as verified by an aliquot

of Taylor-IV that was subjected to the same EDTA treatment (see sample TV-

IV-R3L-5, Table S3.2, Supplementary Data).
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Sequential chemical extraction or “leaching” methods

Prior to digestion and isotope dilution, some samples were chemically cleaned

with a sequential extraction method, or “leaching” method for brevity, using

reagents that preferentially dissolve specific secondary mineral phases, while leav-

ing the silicate phases unperturbed. Leaching methods were modified from se-

quential extraction protocols that target various authigenic phases (Tessier et al.,

1979; Poulton and Canfield, 2005; Lee et al., 2010), and each step is briefly out-

lined in Table 3.1. For each leach step, samples reacted with 50 ml of reagent.

Leaching procedures were performed in acid-cleaned (heated 7N HNO3 bath

for >12) PFA centrifuge tubes. All reactions were continuously agitated through-

out the prescribed duration: room temperature reactions with a vertical rotation

shaker and reactions held at 90 ◦C with an orbital shaker dry-bath. Following

each step, the samples were centrifuged and the leachate decanted. The residue

was rinsed and briefly agitated with 50 mL of ultra-pure water, centrifuged, and

the rinse decanted. This rinsing procedure was repeated 3 times before advancing

to the next leaching step. For all “leached” fractions reported herein, the 5-step

procedure was repeated for a total of either 3 or 5 iterations.

Isotope dilution, digestion, elemental purification, and mass spectrom-

etry

The following methods were performed in a class 1000 clean lab using triple-

distilled or ultra-pure trace metal grade reagents. All beakers and digestion vessels

were acid-cleaned. All PFA beakers fluxed a 14M HF - 3N HNO3 solution followed

by 6M HCl for ≥24 hours at 110 ◦C. Microwave digestion vessels underwent full

digestion cycles (described below) with cleaning acid, followed by fluxing in 6M

HCl.
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Prior to digestion, sediment fractions were triple-rinsed with 50 ml of ultra-

pure water. After rinsing, the sediment was dried, massed, and added to a dis-

solution vessel and spiked with an in-house-calibrated 229Th– 236U tracer prior

to dissolution. Typical fraction masses were ∼250 mg for leached sediment and

50–100 mg for unleached sediment. Samples were digested one of two ways: 1. in

a mixture of 6 ml concentrated HF and 200 µl concentrated HNO3 for 15 min-

utes at 150 ◦C with an Anton Paar MultiWave Go microwave digestion system,

or 2. in a mixture of 5 ml concentrated HF and 1 ml concentrated HNO3 in a

covered 15 ml PFA beaker on a 110 ◦C hotplate for 48 hours. No systematic differ-

ence in isotopic composition or blank were observed between these two methods.

Microwave-digested solutions were transferred to 15 ml PFA beakers following

dissolution.

Digested solutions were evaporated to dryness and redissolved in 5 ml 3M HCl

with 250 µl 2.5M HCl saturated with H3BO3 to eliminate fluoride complexes. For

this and all subsequent rehydration steps, samples were fluxed for several hours

to allow complete dissolution and chemical equilibration. After elimination of

fluoride complexes, we evaporated the solutions and rehydrated them with 5 ml

1M HCl. This process was repeated twice to evaporate residual H3BO3. To convert

samples to nitrate salts for column chemistry, samples were twice evaporated

and rehydrated with 5 ml of 7M HNO3. Samples were finally evaporated and

rehydrated in 3 ml 7M HNO3 for introduction to column chemistry.

Th and U were purified from bulk solution with a two-column process. Primary

separations were performed on a 2 ml resin bed of AG 1-X8 (200–400 µm mesh)

resin. Samples were loaded onto cleaned and preconditioned resin in 3 ml of 7M

HNO3. We eluted matrix elements with 3 ml 7M HNO3 followed by 0.5 ml 6M

HCl. Then, Th was eluted in 4 ml 6M HCl, followed by U in 4 ml water. The
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eluted loading acid and 7M HNO3 washes contained up to 50% of the total Th,

so these elutions were reserved and reloaded onto the column (6 ml total) and

washed with 3 ml 7M HNO3 followed by 0.5 ml 6M HCl. The Th was eluted

in 4 ml 6M HCl and combined with the initial Th elution. U and Th elutions

were then evaporated, converted to nitrate salts by fluxing in 0.5 ml concentrated

HNO3, and then dried and rehydrated in 1 ml 7M HNO3 for introduction to U and

Th clean-up columns, following the methods of Blackburn et al. (2020). Purified

U and Th elutions were evaporated to dryness and rehydrated in 250 µl 30%

H2O2 and fluxed for ≥1 hour to eliminate any organic materials inherited from

the resin. Finally, samples were evaporated just to dryness with trace H3PO4 for

mass spectrometric analysis.

Isotopic compositions of U and Th were measured on the IsotopX X62 Phoenix

Thermal Ionization Mass Spectrometer in the UC Santa Cruz W.M. Keck Isotope

Laboratory. We loaded U onto Re ribbon (99.99% purity) with a Si gel-0.035M

H3PO4 activator and measured isotopes as oxides using a dynamic Faraday-Daly

method (Blackburn et al., 2020). Th was loaded with 1 µl 5% HNO3 onto Re

ribbon coated with graphite. Isotopes of Th were measured as a metal using a

peak hopping method. Isotopes 230Th and 229Th were measured on the Daly-

photomultiplier complex, while the high abundance of 232Th required measure-

ment by Faraday cup. A 230Th-232Th Faraday-Daly correction was calibrated

from repeated measurements (n=30) of the standard UCSC ThA and the ac-

cepted composition of Rubin (2001). However, given Daly-Photomultiplier gain

drift on the timescales of individual measurements, the Faraday-Daly Th ratios

(i.e. 232Th/229Th and 232Th/230Th) are not consistently reproducible (Appendix

Fig. C.1). Therefore, all 232Th data are only semi-quantitative.

We corrected all measurements for instrument fractionation and tracer and
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blank contributions with an algorithm that fully propagates uncertainties. Con-

current total procedural blanks were measured throughout the study, confirming

U and Th blanks reliably �1 ng, with typical blank amounts of both U and Th of

∼100 pg. We calculated model blank compositions from long-term means of total

procedural blanks. Blank corrections did not significantly affect isotope ratios.

The accuracy and reproducibility of 230Th-234U-238U isotope measurements were

verified by concurrent digestion, chemical purification, and measurement of USGS

rock standard BCR-2 (Appendix Fig. C.1).

3.3.3 Major element compositions and chemical index of

alteration

In addition to U-Th isotopes, we measured the major element compositions of

several leached detrital (rapid hydraulic settling) aliquots. We digested ∼10 mg

fractions using a scaled-down version of the digestion methods for isotopic analy-

ses described above. Dissolved fractions were converted to nitrate salts, diluted,

and atomic abundances measured via inductively-coupled plasma optical emission

spectrometry (ICP-OES) at the University of California Santa Cruz Plasma Ana-

lytical Laboratory. Unknown major element abundances were calculated relative

to a standard of concurrently prepared dissolutions of BCR-2. We validated the

accuracy of these measurements by reproducing accepted major element composi-

tions of the AThO rock standard. We use the accepted values from the GeoReM

database for the major element compositions of both standards (Jochum et al.,

2005).

In addition to reporting major element compositions, we calculate and re-

port two forms of the chemical index of alteration (CIA). The CIA is calcu-

lated after Nesbitt and Young (1982), using oxide weight percentages: CIA =
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100 × [Al2O3 / (Al2O3 + CaO∗ + Na2O + K2O)], where CaO* describes the weight

percent CaO contained within the silicate fraction (i.e. carbonate has been

removed). As all samples digested for major element analyses underwent the

leaching procedures described above, all measured Ca can confidently be asso-

ciated with only the silicate fraction. We also calculate the CIA (molar) from

the molar oxide abundances (Goldberg and Humayun, 2010): CIA (molar) =

Al2O3(molar) / (CaO*(molar) +Na2O(molar) +K2O(molar) ).

3.3.4 Computational methods and U-series evolution codes

U-series isotopic evolution codes written in the Julia language numerically

solve the equations outlined in the following section. The code is open-source

and available at https://github.com/grahamedwards/comminution. Fractional

loss factors (f230 and f234) are calculated with Equation 3.1b from parameters

summarized in Table 3.2 (after Lee et al., 2010).

3.4 Theory and Calculation

3.4.1 Interpreting weathering histories from 230Th-234U-
238U compositions of multiple sediment fractions

The dependency of the post-comminution U-series evolution of silts on the

fractional loss factor (e.g. Fig. 3.3 and Eq. 3.2) highlights the importance of ac-

curately constraining the fm term (Equation 3.1) in order to accurately simulate

and interpret sedimentary U-series behavior. Yet, neither theoretical estimations

of fm (Lee et al., 2010) nor direct measurements of grain morphological properties

(Handley et al., 2013) accurately and precisely determine this value. In this sec-

tion, we present a novel approach to account for variability in the fm value with
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230Th-234U-238U systematics.

Assuming the idealized α-recoil only model of Equation 3.2, simulations of

paired (230Th/238U)-(234U/238U) compositions array nearly linearly for grain di-

ameters ≥10 µm and grain-shape parameters as in Table 3.2. While this relation-

ship is not truly linear in a mathematical sense, it is effectively linear at the scale

of analytical uncertainties (>0.1 %) for all fm values representative of >1 µm di-

ameter grains, yielding regressions with coefficients of determination of r2 > 0.999

and modeled slopes varying by < 1%. Thus, for a given comminution age, the

(234U/238U) and (230Th/238U) values of chemically unaltered sediments should plot

along isochrons, where older ages yield steeper slopes that converge on a maximal

slope when grain size-controlled equilibrium is reached. For sediments of a single

age, the position of each fraction on the isochron is a function of its effective fm

values: a small fm (i.e. large grain diameter) results in activity ratios close to

unity, and a large fm (i.e. small grain diameter) result in highly depleted activity

ratios. Therefore, any variations among the free parameters used in calculating

these fm values only move compositions along the slope of the array, eliminating

the need for a precise fm value by matching multiple isotopic measurements with

an fm-independent trend.

In Taylor Valley, however, chemical alteration processes may obscure pristine

detrital signals and perturb this theoretical comminution isochron. Thus, this ap-

proach of interpreting the 230Th-234U-238U systems of multiple sediment fractions

with different grain sizes offers a new framework for interpreting the U-series evo-

lutions of sediments in light of both physical and chemical weathering histories.

While previous studies (Suresh et al., 2013; Cogez et al., 2018) have considered the

role of 230Th as a tracer of weathering processes in the interpretation of U-series

α-recoil processes, our approach is more similar to that used in chronological mod-
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els of regolith chemical weathering (Dosseto et al., 2012; Chabaux et al., 2013)

that fit generalized weathering parameters to (234U/238U)-(230Th/238U) data. The

present study unifies these two approaches to interpret (234U/238U)-(230Th/238U)

data with coupled physical and chemical weathering models that correspond to

specific weathering processes. In the following section we establish a quantitative

model that explores dissolution-based weathering, authigenic effects, and α-recoil

processes, providing a more nuanced approach to interpreting these U-series sys-

tematics.

3.4.2 Modeling 230Th-234U-238U in fine particles in a phys-

ical and chemical framework

The following mathematical models build on equations for U-series comminu-

tion dating as well as regolith weathering models (Dosseto et al., 2012; Suresh

et al., 2013; Chabaux et al., 2013). We assume that subglacial physical comminu-

tion is rapid and grain sizes are not further reduced (Haldorsen, 1981). We begin

with the mathematical framework of Cogez et al. (2018), summarized in Equa-

tion 3.3, that models α-recoil ejection and loss to weathering. We treat chemical

alteration of detrital silicate minerals as a bidirectional process, wherein U-series

isotopes are not only removed by the dissolution of primary silicate phases (e.g.

quartz and feldspar) but also added by authigenic mineral production. Our model

tracks the evolution of the leach-insoluble sedimentary component, so meaningful

authigenic replacement in this model is limited to silicate phases that are similarly

leach-insoluble. Such authigenic silicates include amorphous silica, as observed in

subglacial aqueous environments (Graly et al., 2020; Blackburn et al., 2019, 2020),

and clay minerals such as illite, smectite, and kaolinite, each of which are observed

as chemical weathering products in Taylor Valley sediments (Marra et al., 2017).
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We assume a constant weathering rate and 1:1 (by mass) chemical replacement

of detrital quartz-feldspar minerals with leach insoluble authigenic phases. This

simplifying assumption likely overestimates the effect but is approximately consis-

tent with evidence for significant chemical silicate weathering in water-saturated

MDV sediments (Lyons et al., 2021), abundant clay production in Antarctic sub-

glacial systems (Graly et al., 2020), and observations of the Greenland ice sheet

subglacial system, where twice the amount of rock represented as dissolved solute

is precipitated as clay minerals (Graly et al., 2016). Furthermore, the 230Th-
234U-238U measured herein require significant addition of supra-SE material, not

merely loss of U-series isotopes (see Section 3.5.3), justifying a model of efficient

authigenic addition of 230Th-234U-enriched material.

To model this chemical replacement, we replace the weathering rate −kNm

terms in Equation 3.3 with −k · Nd
m + k · Na

m or k(Na
m − Nd

m), where the a and

d superscripts respectively denote the authigenic and detrital phases of the sim-

ulated sediment. However, since chemical weathering occurs at the surface of

particles, we scale k (in g m−2 a−1) by the specific surface area S (in m2 g−1)

calculated from Equation 3.1c for each modeled particle. While detrital material

is being replaced by authigenic material within this model, we still consider this

altered grain “detrital”, in contrast to a soluble authigenic rind.

We also explore the effects of U-series radionuclide implantation by α-recoil

from a high-U authigenic rind adjacent to the surface of the detrital grain. Prior

studies have proposed the relevance of this α-recoil process in U-series systematics

of sedimentary systems (Lee et al., 2010; Plater et al., 1992; Menozzi et al., 2016).

Tanaka et al. (2015) have shown that α-recoil implantation of 230Th and 234U

between phases in igneous rocks is common, and implanted nuclides are resilient

to leaching with strong acid (6M HCl). On these grounds, we assert that this
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process is likely relevant in detrital-authigenic systems as well.

To quantitatively model implantation effects, we must first calculate an ef-

fective implantation factor for the authigenic rind that describes the fraction of

α-decays that result in both ejection from the rind and implantation into the de-

trital material, analogous to the fractional loss terms (fm) for α-recoil loss. To

accomplish this, we relate the specific surface area of the detrital component (Sd)

to the surface area of the authigenic rind (Sr, a specific surface area relative to the

mass of the detrital component) scaled by the fraction of the sediment in contact

with the rind (q).

Sr = qSd (3.4)

Since the product of specific surface area and density is equivalent to the quotient

of absolute surface area (AS) and volume (V ), or volumetric surface area,

Sρ =
(
AS
V

)
, (3.5)

we can approximate Srρr using Equations 3.5 and 3.4 and a value z that represents

the thickness of the authigenic rind.

Srρr = qSd

qSdz
= 1
z

(3.6)

By substituting Equation 3.6 into Equation 3.1a we calculate a fractional implan-

tation factor (f implm ):

f implm = Lm
4z (3.7)

Thus, the rate of implantation of daughter nuclides (in moles) into the detri-

tal component (Nd
D) may be calculated from the molar abundance of the parent
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isotope in the rind (N r
P ) and its decay constant (λP ),

dNd
D

dt
= LD

4z λPN
r
P , (3.8)

And the evolution of the authigenic rind (dN r
D) itself may be modeled with

dN r
D

dt
=

(
1 − LD

4z

)
λPN

r
P (3.9)

To simplify our calculations of the detrital grains, we use specific molar abun-

dances (i.e. moles/gram) normalized to the mass of the detrital component. To

convert specific molar abundance of the rind to a specific molar abundance relative

to the mass of the detrital component we need the mass ratio of the authigenic

(M r) and detrital (Md) components. Recalling that our parameters Sd and Sr

are both normalized to the mass of the detrital component, we reformulate the

mass-ratio with Equation 3.4 such that

M r

Md
= Srz ρr = q Sdz ρr (3.10)

Hence, we can rewrite Equation 3.8 in terms of specific molar abundances (denoted

with N̂ to differentiate from the N for absolute abundances):

dN̂d
D

dt
= LD

4 λP N̂
r
P (q Sdρr) (3.11)

with Sd calculated from Equation 3.1c.

Including terms for chemical alteration and implantation, we rewrite Equations

3.3a–3.3c in terms of specific molar abundances:

dN̂d
238
dt

= Sdk238(N̂a
238 − N̂d

238) − λ238N̂238 (3.12a)
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dN̂d
234
dt

= Sdk234(N̂a
234 − N̂d

234)+

λ234N̂234 + (1 − f234)λ238N̂238+

[(L234/4) q Sd ρr]λ238N̂
r
238

(3.12b)

dN̂d
230
dt

= Sdk230(N̂a
230 − N̂d

230)+

λ230N̂230 + (1 − f230)λ234N̂234+

[(L230/4) q Sd ρr]λ234N̂
r
234

(3.12c)

We numerically solve Equations 3.12a–3.12c to simulate the U-series evolutions

of detrital particles that experience α-recoil loss, authigenic replacement, and

α-recoil implantation. We explore the effects of these various processes on the

U-Th isotopic compositions of silts from the Taylor-III drift in section 3.5.4. In

conclusion of this discussion, we note that fm values, as calculated here, implicitly

assume homogenous distribution of parent radionuclide throughout the modeled

grain. While this is almost certainly the case for decay of 238U to 234U, as time

progresses, the distribution of 234U becomes depleted in the outer ∼35 nm of grain

radii, violating this assumption for calculations of 234U and 230Th and potentially

resulting in inaccuracies. However, overcoming this would require a geometrically

complex model beyond the scope of the present study. We identify this as a key

goal for future studies of sedimentary U-series systematics.

3.5 Results and Discussion

3.5.1 Major element compositions and weathering indices

We report the chemical index of alteration, or CIA, and molar chemical index

of alteration, or CIA (molar), for leached detrital (rapid Stokes settling) separates
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of Taylor Valley sediments in Table 3.3 (raw major element data in Table S3.1,

Supplementary Data). Traditional CIA values (after Nesbitt and Young, 1982)

for detrital Taylor drift sediments are comparable to those calculated for bulk

sediments (leached of carbonate and organic phases) of similar grain sizes (<63

µm) collected proximal to the terminus of Howard Glacier in central Taylor Valley

(Marra et al., 2017). However, while the CIA>50 compositions ought to imply

evidence of weathering, this index is developed for intermediate to felsic rocks

(Nesbitt and Young, 1982; Marra et al., 2017). Since the nearby Ferrar dolerite

is a sediment source rock, the observed CIA>50 values may instead reflect the

incorporation of anorthitic plagioclase feldspar grains (CIA=64.5). We instead

focus on the CIA (molar), which provides a more generalized and quantitative

measure of the degree of alteration from primary feldspathic material to more

aluminous authigenic clays, such that pristine feldspars exhibit a CIA (molar)=1

that increases with increasing degree of alteration to clay minerals (Goldberg and

Humayun, 2010).

Within this framework, CIA (molar) compositions indicate 3 different weather-

ing regimes reflected in the 3 Taylor drift units (Table 3.3). Taylor-I fractions are

within uncertainty of unity, reflecting limited major element evidence of chemical

alteration. With one exception, the Taylor-III fractions are significantly elevated

above 1, with no significant relationship between grain-size and degree of alter-

ation. The Taylor-IV 10–20 µm fraction exhibits a CIA (molar) composition

significantly <1, while the 20–38 µm fraction is ≤ 1, indicating the presence of

a subaluminous phase in the 10–20 µm fraction. A carbonate phase is improb-

able given the extensive low-pH leaching treatments used (Table 3.1). Instead,

given the proximity of the Taylor-IV drift units to outcroppings of Ferrar dolerite

sills, we favor pyroxene or another mafic or calcic phase to account for this chem-
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istry. While a denser phase such as this ought to have been removed by mineral

separation methods, these methods may have been less efficient for finer grained

separates due to slow settling rates in LST or particle adhesion. Therefore, the

relationship between grain size and CIA (molar) in Taylor-IV may represent one

of two things: either a lesser abundance of a subaluminous phase among coarser

grain sizes or a greater degree of feldspar alteration to aluminous clay minerals.

Given our inspection of mineralogic separates, we favor the latter explanation of

a greater authigenic clay component, though we cannot absolutely exclude the

former. Finally, we acknowledge that clay minerals may also be inherited from

the Beacon sandstones (Shaw, 1962), but collectively the CIA (molar) data show

that little, if any, clay is incorporated into these “detrital” components of the

Taylor drift sediments.

3.5.2 The effects of leaching

The leaching methods reduce U and Th concentrations of the residues relative

to their unleached counterparts in all but two cases (Table S3.2): the U concentra-

tion (hereafter [U]) of the leached fraction was higher than the unleached fraction

in the finest Taylor-I detrital grains (10–20 µm) and the leached and unleached

fractions of Taylor-IV clays had similar [U]. The former observation seems most

likely explained by sample heterogeneity in a small aliquot from which only two

fractions were available. In terms of 230Th-234U-238U data, leaching significantly

altered the isotopic compositions of all detrital and clay size fractions with the

exception of the 75–125 µm size fractions. However, the directionality and mag-

nitude of these changes varied widely from sample to sample and even among

grain-size fractions within a sample (Fig. 3.5), indicating a broadly heterogenous

suite of leach-soluble phases that were effectively removed, leaving behind insol-
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uble silicate residues. The notable exception to this is Taylor-IV, for which the

(230Th/238U) and (234U/238U) of both leached and unleached fractions were sim-

ilar for a given grain size. There was no significant effect on the composition of

Taylor-I fractions leached 3 times vs. 5 times, whereas additional leach iterations

resulted in slightly lower (234U/238U) compositions for Taylor-IV residues (Table

S3.2) that do not affect the overall interpretation of these data.

3.5.3 Overview of Taylor drift 230Th-234U-238U data

In the following sections, we explicitly discuss the compositions of leached

residues, unless otherwise specified. Further, we follow the assumption that the

hydraulic settling methods described in section 3.3.2 effectively separated predom-

inantly detrital silicate grains from predominantly authigenic clay silicate grains.

For the sake of brevity, we refer to sediment aliquots that settled rapidly in water

as “detrital” and those that settled more gradually as “clay,” though we recog-

nize that clay minerals may be incorporated into the detrital component and vice

versa.

The U-series compositions of detrital silt fractions all array approximately

linearly (Fig. 3.5). While regressions of Taylor-III and -IV silts exhibit slopes

within uncertainty of the steepest slopes predicted by a strictly physical weath-

ering (i.e. comminution only) model, Taylor-I and -II slopes are significantly

shallower than any predicted slope (Fig. 3.4). Critically, all detrital fractions ex-

hibit (230Th/238U)>1, except for the finest (10–20 µm) Taylor-I silts, and only the

Taylor-I detrital fractions and finest (10–20 µm) Taylor-IV detrital fraction ex-

hibit (234U/238U)<1. These observations stand in stark violation of an exclusively

physical weathering history (Figs. 3.3,3.4) and require significant alteration by

authigenic processes. We emphasize that while major element indices show lim-
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ited evidence of chemical alteration, the 230Th– 234U– 238U-system was strongly

perturbed by these processes, underlining the impressive utility of U-series iso-

topes as tracers of chemical weathering in addition to physical weathering. The

following sections interpret this U-Th data and infer the physical and chemical

weathering histories for each Taylor drift unit.

3.5.4 Taylor III: combined weathering and implantation

effects

Taylor-III exhibits a range of relatively low-U (0.13–0.3 µg g−1) that is pos-

itively correlated with grain size (Fig 3.7, Table S3.2) and negatively correlated

with (234U/238U) and (230Th/238U). The consistently low detrital [U] relative to

clay and unleached fractions apparently allow grain-size dependent authigenic

processes to become pronounced since the finest grains have the greatest enrich-

ments in 234U and 230Th. Curiously, the array of detrtial Taylor-III fractions ap-

pears to bifurcate among the finer grain sizes (<38 µm) at high (234U/238U) and

(230Th/238U), establishing a steeper-sloped subset and a shallower-sloped subset

relative to the overall regression (Fig. 3.5). We explore these grain-size dependent

processes and bimodal behavior using the mathematical framework of sediment

U-series evolution from α-recoil and chemical weathering processes outlined in

Section 3.4.2.

Model parameters

This section outlines and justifies the parameters chosen for the U-series physical-

chemical weathering model, summarized in Table 3.4. In all simulations, we as-

sume initial detrital (234U/238U) = (230Th/238U) = 1, constrained by the measured

composition of Taylor-III sand-sized fractions (75–125 µm), which are expected
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to be generally insensitive to grain-size dependent processes due to their larger

size. In all simulations we assume a leach-insoluble authigenic [U] of 1 µg g−1

based on the measured [U] of leached clay fractions (Table S3.2) and a 2 µg g−1

leach-soluble authigenic “rind” component that accounts for U-series radionuclide

implantation. While we do not measure the [U] of the leach-soluble component

directly, this estimate is reasonable in the context of the factor of 2–4 reduction

in [U] after leaching, implying that the volumetrically small rind holds a large

amount of U. Finally, we assume a 100 = nm rind thickness in all implantation

simulations. Output results are insensitive to rind thicknesses equal to or greater

than this.

We vary the following parameters among the simulated scenarios: detrital [U],

the authigenic weathering rate k, the proportion of the detrital component covered

by an authigenic rind, and the 230Th– 234U– 238U composition of the authigenic

components. In each simulated scenario we select initial detrital [U] compositions

so that concentrations approach the measured values within the modeled time-

frames. In the higher weathering scenarios (k > 1 · 10−8), we use the same initial

values for the sake of comparison, while in the case of nil authigenic weathering

(implantation only), we simply use the measured [U] of Taylor-III detrital frac-

tions as initial [U]. We select values for the authigenic weathering rate coefficient

ranging 0 ≤ k ≤ 4 ·10−8 (g m−2 a−1). The upperbound is comparable to the long-

term (10–103 ka) weathering rates applied to feldspars in Mediterranean climates

(White et al., 1996). While this climate is warmer than that of Taylor Valley, these

may be reasonable approximations for water-saturated environments (Lyons et al.,

1998; Marra et al., 2017; Lyons et al., 2021). We lack observations to constrain

the proportion of the detrital grains covered by the authigenic rind, so we assume

a proportion of 0.4–0.5, though this parameter may vary interchangeably with
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rind [U].

Since authigenic clays form by precipitation or the aqueous alteration of pri-

mary silicates by hydrolysis, authigenic clays likely reflect the (234U/238U) compo-

sition of local waters. We estimate the (234U/238U) composition of the authigenic

components from the aqueous compositions of Taylor Valley waters most likely to

have interacted with these sediments. Given the elevation of Taylor-III at >700

m, this area has likely experienced little prolonged water residence since its de-

position other than minor moisture from snowmelt (e.g. Campbell and Claridge,

1981), which is a poor source of solutes (Lyons et al., 1998) but may scavenge U

from the abundant soluble salts. Alternative sources of water at this location are

either streamflow or flooding in an ice-marginal pond. Care was taken to sample

far from any apparently fluvial sedimentary features, and the distance of this site

from any alpine glaciers (the primary sources of streams in Taylor Valley) con-

tradicts significant streamflow in this area (Fig. 3.1). Therefore, water was likely

delivered in small volumes by snowmelt or extended residence of an ice-marginal

pond during a prior high-stand of Taylor Glacier.

To estimate the (234U/238U) composition of these salts and/or the theoreti-

cal ice-marginal pond, we infer what the major solute source to this pond would

have been subglacial waters sourced from Taylor Glacier. These same fluids are

observed today at Blood Falls and as groundwaters flowing into Lake Bonney bot-

tomwaters (Mikucki et al., 2015), and an ice-marginal pond might similarly tap

into subglacial groundwaters as Lake Bonney does contemporarily. Even with-

out marginal ponding, Toner et al. (2013) showed that soil soluble salts in lower

elevation Taylor Valley soils are the residues of evaporation at ancient paleolake

highstands. Therefore, the most probable solute source for Taylor-III sediments

are either saline groundwaters or nearby lakewater at the time of deposition.
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Contemporary (234U/238U) compositions of Lake Bonney range from ∼3.0 in the

surface waters to ∼4.5 in the stratified deep waters and Blood Falls (Henderson

et al., 2006). Water-lain precipitates from Taylor Valley record comparable en-

richments over at least the last 400 ka (Hendy et al., 1979; Higgins et al., 2000)

These values may be upper estimates given that (234U/238U) decays with time, but

this composition is bolstered bolstered by addition of 234U ejected from sediments

by α-recoil. After desiccation following drift deposition or evaporation of any ice-

marginal waters, these salts might be routinely dissolved during snowmelt events

and react with detrital material. Finally, since Th is insoluble, 230Th is likely read-

ily available on the surface of grains due to its preferential adsorption to sediment

surfaces after α-recoil ejection or aqueous decay of 234U. In the absence of any

measurements of 230Th in the Taylor Valley sedimentary environment, we assume

(230Th/238U)=4.6 based off the value predicted from the Taylor-III regression for

(234U/238U)=3.

Model results

The simulated 230Th-234U-238U isotopic evolutions for physically and chemi-

cally weathered sediments are presented in Figure 3.6, while results for silicate-

bound [U] and degree of authigenic replacement are summarized in Figure 3.7.

Each simulation calculates the isotopic compositions of three model grain sizes

(40, 30, 15 µm) though time, demarcating 400 ka and 1500 ka, at which point the

system converges on an equilibrium state. The model simulates U-series response

to α-recoil ejection from detrital sediments, authigenic replacement of detrital

minerals, and α-recoil implantation into detrital material from a leach-soluble au-

thigenic rind. This section outlines the latter two processes and compares the

predicted effects to the measured U-series compositions of Taylor-III detrital frac-
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tions.

Panels A and D of Figure 3.6 show the combined effects of α-recoil ejection

and authigenic replacement. As long as the rate of authigenic replacement exceeds

the rate of α-recoil loss of 230Th and 234U, the bulk grain compositions climb to

(234U/238U) and (230Th/238U) >1. Due to the grain-size dependence of chemical

weathering, for sediments of similar [U], the smaller grains characterized by larger

surface area-to-volume ratios, are more affected and record higher (234U/238U) and

(230Th/238U) than larger grains. When only authigenic replacement occurs with

α-recoil ejection, over the course of 1.5 Ma (234U/238U) and (230Th/238U) increase

to supra-SE values along an approximately constant slope (Fig. 3.6), controlled by

the relative compositions of the authigenic (234U/238U) and (230Th/238U) compo-

sition. In both scenarios the corresponding slope and modeled array is consistent

with the upper-bound slopes of Taylor-III silts (Fig. 3.6). However, the slopes

are insensitive to time at the level of analytical uncertainties and thus provide

little insight into the age of the sediments, although the weathering rates require

a �1.5 Ma age to accommodate the observed CIA (molar) and [U] (Fig. 3.7).

Panels B and E of Figure 3.6 explore the effects of only α-recoil processes: im-

plantation and ejection. For the modeled authigenic rind compositions, the mod-

eled grains evolve through a broader isotopic space than the “replacement only”

scenario, settling on values consistent with the measured data close after nearly

1500 ka. While the replacement only scenario (Fig. 3.6A,D) appear to repro-

duce the steeper sloped array at all timeframes, the “implantation only” scenario

(Fig. 3.6B,E) effectively reproduces the shallower sloped array for >400 ka time-

frames. Since the two modeled authigenic rinds only differ in initial (234U/238U),

they converge on identical long-term behavior. By definition, this α-recoil-only

scenario includes no leach-insoluble (silicate) authigenic component and is incon-
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sistent with the >1 CIA (molar) compositions of Taylor-III silts (Fig. 3.7, Table

3.3), unless these compositions reflect peraluminous detrital material or inherited

clays from Beacon sandstone cements (Shaw, 1962).

Panels C and F of Figure 3.6 explore the combined effects of authigenic re-

placement, α-recoil implantation, and α-recoil ejection. The modeled arrays begin

to intersect the measured values shortly after 400 ka and the long-term equilibria

lie within the two endmember slopes. Thus, within 400–1500 ka the combined

model reproduces observed isotopic compositions as well as [U] and CIA (molar)

compositions (Fig. 3.7).

Preferred weathering history for Taylor-III sediments

In terms of (230Th/238U) and (234U/238U) compositions, the authigenic replacement-

only endmember model satisfies the observed data that array a steeper slope after

≥400 ka, whereas the implantation-only endmember satisfies the shallower-sloped

data for 400 to >1500 ka (Fig. 3.6). However, the twoendmember scenarios

of chemical weathering respectively invoke exclusively leach-insoluble and leach-

soluble chemical weathering products, resulting in predicted degrees of silicate

chemical alteration that respectively overestimate and underestimate the CIA

(molar) of the measured data (Fig. 3.7). While neither endmember scenario is

able to independently satisfy the observed Taylor-III detrital sediment composi-

tions, a combination of the two scenarios satisfies all of the observed data (Figs.

3.6,3.7).

While some degree of chemical alteration is implied by CIA (molar) values,

we emphasize two key evidences for a significant role of α-recoil implantation

from a high-U authigenic phase into the lower-[U] detrital phase. First, sev-

eral <38 µm detrital grains exhibit more-enriched (230Th/238U) and (234U/238U)
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compositions than corresponding clay fractions, implying an additional 230Th-

and 234U-enriching process beyond clay precipitation. Second, the (230Th/238U)

and (234U/238U) compositions of unleached fractions are lower than their leached

equivalents (Fig.3.5), while the unleached fractions all have at least twice the [U]

of leached fractions, indicating complimentary reservoirs of high- and low-U that

have exchanged 230Th and 234U (Tanaka et al., 2015; Menozzi et al., 2016). These

observations indicate the removal of 230Th- and 234U-depleted, high-U authigenic

rinds because very thin (e.g. <1 µm) rinds of authigenic material coating detri-

tal grains have extremely high fm values, resulting in efficient loss of 230Th and
234U to α-recoil on geologic timescales. Since a large proportion of the rind’s α-

recoil ejections are adjacent to the detrital grain surface, those implanted isotopes

raise the (230Th/238U) and (234U/238U) of the detrital grain while lowering these

compositions in the soluble rind.

At <38 µm grain sizes, Taylor III silts split into two separate into two groups

of steeper and shallower slope. Histories dominated by authigenic clay forma-

tion favor the steeper slope, whereas implantation-dominated processes favor the

shallower slope. We interpret this bifurcating array to reflect heterogeneity in

the effective contribution of implantation and replacement at fine-grained sizes

that are most sensitive to these processes: grains more affected by authigenic re-

placement trend to the steeper slope endmember, while those more affected by

implantation trend toward the shallower slope. The combination of these two pro-

cesses and the insensitivity of the arrays produced by authigenic replacement to

time, obfuscate any temporal information about the physical or chemical weather-

ing history other than an onset of weathering processes prior to 400 ka, consistent

with the depositional age (Fig. 3.2). Similarly, we note that the preferred sce-

narios presented in this section do not uniquely explain the observed data, and
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minor adjustments to the chosen parameters can fine-tune a variety of weathering

histories to match measured compositions. However, the model results do show

conclusively that the U-series compositions of Taylor-III detrital silts require a

combined authigenic alteration and α-recoil implantation history.

3.5.5 Taylor-II & Taylor-IV: mixing between detrital and

authigenic endmembers

The line regressed to fit the detrital fractions of Taylor-IV intersects clay frac-

tions at (234U/238U) and (230Th/238U) compositions ∼5 times as enriched above

SE, even though they were not included in the regression (Fig. 3.5). Extrapolat-

ing this line to lower values, it also intersects Taylor-I detrital grains, implying a

plausible isotopic relationship among these three components. Indeed, a mixing

envelope mapped between Taylor-I detrital and Taylor-IV clay components in the

10–38 µm grain diameter range, comfortably overlaps all other Taylor-IV fractions

and the Taylor-I clay fraction (Fig. 3.8A,B). All >20 µm Taylor IV fractions also

fall within the bounds of a mixing envelope bounded by the Taylor-I 38–45 µm

fractions and the corresponding grain size of the Taylor-IV clay component (Fig.

3.8A,B).

This two-endmember mixing model is supported by the relationships between

[U], grain size, and isotopic ratios: (234U/238U) and (230Th/238U) scale with grain

size, while [U] is negatively correlated with each (Fig. 3.5, Table S3.2). Thus, the

highest-[U] (∼1.3 µg g−1) 10–20 µm Taylor-IV fractions lie closest to the Taylor-I

detrital endmember, while the lowest-[U] (<0.15 µg g−1) 38–45 µm Taylor-IV frac-

tions are more strongly leveraged by mixing with a high-(230Th/238U)-(234U/238U)

clay-like endmember (Figs. 3.5,3.8). Incorporation of a clay-like endmember is

also consistent with the higher CIA (molar) value for coarser Taylor-IV detri-
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tal grains, implying that these reflect a higher clay component than their finer-

grained counterparts (Table 3.3). Curiously, Taylor-IV sands (75–125 µm) are

decoupled from this trend with a [U] comparable to the 38–45 µm size fraction

but (234U/238U)∼(230Th/238U) ∼ 1 (Fig. 3.5, Table S3.2), likely reflecting both a

lesser clay contribution and relative insensitivity to grain-size dependent α-recoil

processes at this size range.

This two-endmember mixing model coherently and parsimoniously explains

the Taylor-IV data topology, though it does not explicitly identify the underly-

ing mechanisms. The high-(234U/238U)-(230Th/238U) Taylor-IV clay endmember

tempts the interpretation that efficient aqueous authigenic processes are contribut-

ing high-230Th and -234U phases (clay or amorphous silica) to detrital silicates.

Yet, abundant authigenic mineral production seems improbable in the case of

Taylor-IV. First, all simulations of authigenic replacement failed to reproduce the

slope and topology of Taylor-IV data for any combination of input parameters.

More importantly, given the ancient depositional age (>1.5 Ma; Wilch et al.,

1993) of Taylor-IV, ancient products of chemical alteration would return to SE

(or lower) unless routinely refreshed over this long timeframe. Therefore, sus-

taining the elevated (234U/238U) and (230Th/238U) compositions of Taylor-IV by

authigenic replacement alone requires one of the following scenarios: frequent in-

teraction with moderately high [U] and (234U/238U) waters or interaction within

�1.5 Ma with very high [U] and/or (234U/238U) waters reminiscent of subglacial

waters and groundwaters of Taylor and Wright Valleys (Henderson et al., 2006).

The first scenario of frequent interaction with waters may be rejected due to the

accumulation of abundant soluble salts in these sediments (Bockheim, 2002) that

would be removed if the sediments were frequently flushed with water (e.g. Lyons

et al., 2021). The second scenario is equally implausible, requiring transport of
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subglacial waters or lake bottom waters to heights of 1 km above where they are

observed today. Expansions of lakes have not exceeded 400 m elevation in the last

several hundred thousand years (Hall et al., 2000) and the nearby Taylor Glacier

margin has not reached an elevation within 150 meters of the sample location in

>450 ka (Fig. 3.1).

In the absence of significant authigenesis, the only viable mechanism to sustain

the high-(234U/238U)-(230Th/238U) compositions of Taylor-IV sediments is α-recoil

implantation of 230Th and 234U by an adjacent soluble and high-U phase. Indeed,

a long-term implantation simulation approximately reproduces the trend of the

Taylor-I–IV mixing envelope (Fig. 3.8). In Section 3.5.6 we show that Taylor-I

sediments are recently comminuted, so we choose that composition as the initial

composition, but the long-term (1500 ka) condition is independent of the chosen

initial (234U/238U) and (230Th/238U) conditions. The extrapolated trend intersects

the Taylor-IV (<38 µm) clay fraction and nearly intersects the highly-enriched

38–45 µm clay fraction. Although finer-grained Taylor-IV samples sit just below

the modeled 1500 ka implantation line, this slight discordance may reflect minor

leaching of implanted 234U from damaged mineral lattice sites.

The overall concordance between the measured data and an α-recoil implanta-

tion model indicates that the mixing envelope reflects mixture between a detrital

endmember, which may or may not be significantly affected by α-recoil implan-

tation, and a clay endmember with U-series systematics dominated by α-recoil

implantation due to the large surface area-to-volume ratios of clay minerals and

weathered detrital silicates (e.g. Marra et al., 2017). As clays record implantation

the most sensitively, an increasing clay component among lower-[U] and coarser-

grained detrital fractions is consistent with both the mixing envelope and the CIA

(molar) trend in Taylor-IV silts (Table 3.3). The model is further supported by
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the 38–45 µm Taylor-II fractions (detrital and clay) and the Taylor-I clay fraction

that fall within the mixing envelope (Fig. 3.8D). This coherence implies physi-

cal mixing of ancient, high-(230Th/238U)-(234U/238U) Taylor-IV clays with these

sediments found at >750 m lower elevations, caused by either by efficient down-

valley aeolian transport (Diaz et al., 2018) from up-valley Taylor-IV deposits or by

colluvial and downslope transport processes. Incorporating these clay materials

into Taylor Glacier basal ice merely requires transport of the clay to the upper

Taylor Valley floor during Marine Isotope Stage 2 when Taylor Glacier was at a

reduced extent, after which Holocene advance overrode and entrained these inher-

ited sediments. The inability of Stokes settling and aggressive leaching methods to

separate clay materials from the Taylor-II and -IV detrital components indicates

that these authigenic phases readily adhere to detrital quartz and/or feldspar sur-

faces, resisting removal by vigorous physical agitation as well as chemical attack

(Cogez et al., 2018).

In contrast to the Taylor-II (38–45 µm) and Taylor-I clay fractions, Taylor-III

fractions (detrital and clay) require an authigenic replacement component (Section

3.5.4) and are not satisfied by this mixing envelope and corresponding implanta-

tion history (Fig.3.8). Similarly, the 20–38 µm detrital fraction of Taylor-II does

not fit this model, and we reject this single outlying measurement on the grounds

that it may incorporate additional chemical weathering processes akin to those

affecting Taylor-III silts.

We propose the abundant and widespread soluble salts found in Taylor-IV

soils (Bockheim, 2002) as the most probable candidate for the high-U authigenic

phase responsible for the α-recoil implantation histories recorded in Taylor-IV

sediments. Unlike Taylor-III, the leached and unleached fractions of Taylor-IV

sediments have comparable 230Th-234U-238U compositions (Fig. 3.5), implying

59



that these authigenic and detrital were both affected similarly by α-recoil implan-

tation. Therefore, this adjacent high-U phase must have been removed before the

sediments were exposed to leaching reagents. High salt contents have been ob-

served in sediments collected near the Taylor-IV sample site and the high aqueous

solubility of the soil salts in Taylor Valley ensure that they would have been ef-

ficiently removed during wet-sieving and Stokes settling procedures (Toner et al.,

2013) . Indeed, we observed salt residues in the dehydrated supernatant waters

of these experiments. Unfortunately, we did not preserve these salts and cannot

directly test the hypothesis that these soil salts reflect a [U] in sufficient excess

of the detrital fractions (i.e. >1 µg g−1, Table S3.2) to account for the observed

degree of α-recoil implantation. However, since these salts were likely sourced

from subglacial or proglacial waters that later evaporated (Toner et al., 2013),

this high-U hypothesis is supported by analogous salt material. Proglacial soluble

salts (nahcolite, trona) from Lewis Cliff, Antarctica approach 1 µg g−1 U (Fitz-

patrick et al., 1990). And Taylor Valley salts are likely even more uraniferous,

given local gypsum precipitated from Holocene Lake Bonney with 2–3 µg g−1 U

and Holocene to >400 ka carbonates that are typically > 10 µg g−1 U (Hendy

et al., 1979).

3.5.6 A comminution age for Taylor I silts

The detrital fractions of Taylor-I reflect a narrow range of sub-SE (234U/238U)

compositions (0.94 to 0.97) for all grain sizes, while (230Th/238U) vary more

broadly from 0.9 to 1.1 (Fig. 3.5). These fractions lie along a shallow-sloped

array that is not consistent with mixing with a Taylor-IV clay endmember (Fig.

3.8) but may reflect a mixture between a sub-SE (234U/238U) and (230Th/238U)

detrital endmember and a higher-230Th endmember. Because [U] varies from 0.2–
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1.6 µg g−1 between the >20 µm and 10–20 µm fractions, respectively, the finest

size fraction provides a best estimate for the U-series isotopic composition of

the unaltered Taylor-I detrital component. This significantly sub-SE 230Th-234U-
238U composition independently suggests ancient physical comminution under the

framework of U-series comminution dating (Fig. 3.4). However, the (234U/238U)

is indistinguishable from the 75–125 µm fraction, which should be insensitive to

grain-size-dependent α-recoil processes, suggesting that this sub-SE composition

may instead be an inherited property from the source rock or a product of grain-

size-independent weathering processes.

Two possible scenarios explain these universally sub-SE (234U/238U) composi-

tions: 1. they reflect ancient comminution and a protracted history of α-recoil

loss that is insensitive to grain size; or 2. the canonical assumption of initial SE

in comminuted material is erroneous and Taylor-I silts reflect recent comminution

from an effectively sub-SE bedrock source. We favor the second scenario of re-

cent comminution from a sub-SE provenance for several reasons. First, the widely

applied canonical assumption of initial SE has not been systematically confirmed

with freshly comminuted sediments. Despite widespread observations of SE in

≥1.5 Ma rocks, the rapid release of release of U with (234U/238U)>1 from freshly

comminuted granite to pore solutions implies that internal α-recoil damage to sil-

icate matrices prior to comminution may leave atoms of radiogenic 234U and 230Th

effectively labile when recoil-damaged zones are exposed to chemical weathering

environments following comminution (Fig. 3.9; Andersen et al., 2009) Under such

a model, grains comminuted from ancient bedrock rapidly converge on grain-size

controlled sub-SE compositions as soon as they are exposed to conditions that

support removal of labile U and Th (e.g. surface waters or leaching solutions; Fig.

3.9). Further, if we accept the sub-SE composition as an initial composition, the
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array of Taylor-I detrital grains is consistent with a <100 ka evolution controlled

by α-recoil implantation (Fig. 3.8). However, this model still fails to explain

why 75–125 µm fractions of Taylor-I (234U/238U) compositions do not exceed the

<50 µm fractions. Under scenarios of both ancient and recent comminution this

issue reflects grain shape parameters (e.g. K or λr; Table 3.2) that may account

for lower-than-expected f234 values for sand-sized fractions. Additionally, the sig-

nals of α-recoil implantation in drifts Taylor-II–IV suggest that the radionuclides

implanted in α-recoil damaged zones of those lithologies are resilient to leaching.

Lithologic differences between the Taylor-I and Taylor drift sediments may account

for different behavior in the damaged zones of these particles, supported by sand-

sized grains with (234U/238U)∼1 for all other Taylor drifts (II–IV). Altogether, the

universally sub-SE compositions of Taylor-I detrital sediments fail to resolve the

timescales of physical weathering beneath Taylor Glacier. Instead, these obser-

vations undermine one of the foundational assumptions of U-series comminution

dating that pre-comminution α-recoil processes do not affect post-comminution

α-recoil behavior.

The limited degree of chemical alteration observed in detrital Taylor-I sedi-

ments strongly support recent, rather than ancient, physical comminution. Given

the various evidences for subglacial aquatic environments beneath Taylor Glacier

(Hubbard et al., 2004; Mikucki et al., 2015), microbial activity in these waters

(Mikucki et al., 2009) as well as basal ice (Montross et al., 2014), and the ef-

ficiency of aqueous chemical weathering in Taylor Valley groundwaters (Lyons

et al., 2021), we predict efficient aqueous chemical alteration, likely enhanced by

microbial activity (Montross et al., 2013), in the basal and subglacial environment

of Taylor Glacier. Yet, with a CIA (molar) composition within ≤ 1σ of unity, the

Taylor-I sediments extracted directly from this regime show no major-elemental
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evidence of primary silicate replacement with aluminous clay minerals like the

Taylor-III and Taylor-IV silts do (Table 3.3). While amorphous SiO2 coatings

may contribute authigenic material without raising the CIA (molar), there is no

reason to expect that the subglacial aqueous environment of Taylor Glacier would

accommodate significant precipitation of amorphous SiO2 without concomitant

clay precipitation. U-series isotopes reinforce the limited extent of chemical al-

teration in Taylor-I sediments. Taylor-I clays fall on the mixing line between the

detrital Taylor-I component and the high-(234U/238U)-(230Th/238U) clay compo-

nent of Taylor-IV (Fig. 3.8A,B), suggesting that any extant clays were inherited

from upslope Taylor-IV deposits (Section 3.5.5). Yet, the Taylor-I detrital com-

ponents cannot be inherited or they would exhibit compositions of a Taylor-II–IV

detrital silt. Rather they reflect an endmember composition within a relatively

limited range of (234U/238U) and (230Th/238U), showing no evidence of appreciable

U gain by authigenic processes and only limited 230Th gain that varies distinctly

from the more altered sediments of the drift sheets.

By all metrics, Taylor-I sediments reflect far less evidence of chemical weath-

ering than any of the Taylor drift sheet sediments (II–IV). Yet, if all Taylor Valley

sediments were comminuted before 1.5 Ma, then Taylor-I sediments, which have

resided in reactive subglacial and proglacial waters, and Taylor-IV sediments,

which are perched nearly 1 km above the modern valley floor in a hyperarid en-

vironment, should both exhibit at least a comparable degree of alteration. In the

absence of any such evidence of weathering within the Taylor-I detrital fraction,

we must accept a history of recent physical weathering and only brief chemical

weathering.
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3.5.7 The physical and chemical weathering history of Tay-

lor Valley

While the chemical weathering signatures in sediments from Taylor Valley ob-

fuscate any independent chronologic information about physical comminution, the

apparently limited U-series evidence of chemical weathering in Taylor-I detrital

sediments requires comminution more recent than all Taylor-II–IV drift sediments,

i.e. within the last ∼100 ka. This age disparity between glacially entrained sed-

iments and the sediments deposited by prior glacial advances provides robust

support for the ongoing production of fine particles by mechanical wear processes

beneath Taylor Glacier, likely facilitated by basal sliding in the sub-solidus zones

observed beneath Taylor Glacier (e.g. Hubbard et al., 2004). Active mechanical

wear processes, in turn, imply active glacial incision in Taylor Valley that contin-

ued through the Pleistocene and perhaps continues today. Although our results do

not quantify the extent of Pleistocene incision, they contradict canonical models of

stagnant MDV landscapes overs the last >15 Ma (Denton et al., 1993; Sugden and

Denton, 2004). Rather, it appears that Taylor Glacier behaves more like warm-

based outlet glaciers (e.g. Mackay Glacier) that actively denudate the valleys they

occupy (Sugden and Denton, 2004) and contribute to the extreme relief within the

Trans-Antarctic Mountains (Stern et al., 2005). While unglaciated high elevations

likely reflect very ancient landscapes (Brook et al., 1995) our results emphasize

that Antarctic glaciers with subglacial brine outlets like Taylor Glacier are likely

candidates for lubricated basal conditions and contemporary valley incision.

Our results indicate chemical weathering histories no-less dynamic than those

of physical weathering. The U-series systems of three drift deposits and sediments

entrained in basal ice record a variety of chemical alteration processes that have

varied as a function of both time and weathering environment. With the exception
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of freshly comminuted sediments (Taylor-I), enrichments of U-series intermediate

daughter nuclides 230Th and 234U in silicate sediments are commonplace and com-

parable to many of the enrichments observed in surface waters (Henderson et al.,

2006). These enrichments indicate that α-recoil processes have directly and indi-

rectly influenced the isotopic evolutions of sediments in the various Taylor Glacier

drift sheets. The ancient deposition, high elevation above the valley floor, and

extensive salt accumulations of the Taylor-IV deposit refute any recent or routine

aqueous alteration processes. U-series compositions instead indicate a >1 Ma du-

ration of α-recoil implantation from an adjacent uraniferous phase that extremely

affected clay fractions due to their very high surface areas (Fig. 3.8). The im-

planting phase was very likely the abundant water-soluble salts that cement many

of these ancient drift deposits (Bockheim, 2002). In contrast, he U-series system-

atics of Taylor-III are most consistent with minor authigenic clay production in

addition to α-recoil implantation, suggesting more recent/frequent contact with

water than the higher elevation Taylor-IV deposits. Since the unleached fractions

of Taylor-III reflect significantly lower (234U/238U) and (230Th/238U) compositions

(Fig. 3.5), the leach-soluble phases represent reasonable candidates for the pri-

mary implanting phase, yet the supra-SE compositions of unleached fractions

also imply a contribution from soluble salts. At lower elevations, chemical mix-

ing of Taylor-I clays and Taylor-II silicates (clay and quartz-feldspar fractions)

with Taylor-IV clays imply physical mixing of relatively freshly comminuted sil-

icate material with 230Th- and 234U-enriched silicate material inherited from the

higher elevation Taylor-IV drifts by colluvial processes or aeolian transport from

up-valley Taylor-IV deposits (Diaz et al., 2018).

In the hyperarid high-elevation environments of Taylor Valley, α-recoil im-

plantation processes exert a significant control on the U-series budgets of detrital
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silicate grains. This process may play a significant role in other hyperarid saline

systems that facilitate the growth and preservation of soluble cements, perhaps

even in Martian soils, for which MDV soils are considered analogous (Gibson

et al., 1983). Given the time-dependence of this radiometric process, sedimentary

α-recoil implantation may offer some chronometric potential in studies of pedo-

genic and regolith processes, so long as other authigenic processes are adequately

accounted for.

Even at the low degrees of chemical alteration characteristic of the McMurdo

Dry Valleys, the 230Th-234U-238U systematics of fine sediments are highly sensitive

to the processes of chemical weathering and alteration. U-series isotopics show

extensive chemical mixing of several sediments with an endmember characterized

by the so-called “clay” component of the Taylor-IV drift (Fig. 3.8). Its isotopic

signature appears in clay fractions as well as detrital fractions (as separated by

Stokes settling), implying either resilient adhesion to particles or in situ alter-

ation of detrital silicate that is not removed by leaching methods. While we have

referred to this endmember as a “clay,” we did not ascertain its mineralogy, al-

though its insolubility in leaching reagents suggests a silicate composition. It may

be composed of true clay minerals: <63 µm sediments from Taylor Valley con-

tain illite, kaolinite, smectite, vermiculite, and mixed layer clays (Marra et al.,

2017). Another component may be an authigenic amorphous silicate phase such

as those observed in Antarctic subglacial weathering products (Graly et al., 2020)

and precipitate rocks (Blackburn et al., 2020). Indeed, amorphous SiO2 satura-

tion is found in Lake Bonney waters and may also occur in sediment porewaters

supported by H2SiO4-rich shallow groundwaters (Lyons et al., 1998, 2021).
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3.6 Conclusions

The U-series isotopics of glacigenic silts from Taylor Valley reflect complex

weathering histories, with chemical weathering and physical fractionation pro-

cesses occurring across different spatiotemporal regimes and a notable contribu-

tion from α-recoil implantation from high-U authigenic phases into lower-U de-

trital phases. In addition to evidence for this same process in fresh and highly

weathered volcanic rocks (Tanaka et al., 2015; Menozzi et al., 2016), our results

confirm that α-recoil implantation is a significant component of the U-series bud-

get in sedimentary and pedogenic systems as well. The complex suite of chemical

weathering and physical fractionation processes we observe, potentially including

mineralogic memory of pre-comminution α-recoil damage, obfuscate the α-recoil

ejection signatures that predicate comminution dating, undermining its applica-

bility in this and other sedimentary systems. Nonetheless, the collective trends in

U-series systematics reported here indicate contemporary subglacial comminution

beneath Taylor Glacier, challenging canonical models of landscape evolution in

Taylor Valley and implying a more geomorphologically dynamic Taylor Glacier

over the Pleistocene than previously assumed.

U-series isotopes are remarkably sensitive to both chemical weathering and

physical fractionation processes in detrital sediments, and record a wider range

of these sedimentary weathering processes than oft-used major element indices of

chemical weathering and alteration. In the context of ancient hyperarid regimes

at high elevations in Taylor Valley, Antarctica, α-recoil implantation processes

are a dominant process and MDV soils present a key environment to explore

these systematics further. We propose these same implantation processes might

dominate sedimentary U-series behavior on analogous arid planetary surfaces,

such as Mars, and may even offer chronometric potential for regolith processes in
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terrestrial and extraterrestrial desert environments.
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3.7 Figures & Tables

Taylor	Glacier
Lake	Bonney

Figure 3.1: Map of Taylor Valley, Antarctica and glacial drift deposits (T).
Colors code the drift units as described by Bockheim et al. (2008), where T-IV
and T-III respectively correspond to their Taylor-IVb and Taylor-III, IVa units.
White points identify sample sites from this study, labelled with the corresponding
drift unit. Prepared with Quantarctica (Matsuoka et al., 2021).
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Figure 3.2: Generalized cross-section of upper Taylor Valley illustrating the
depositional history of Taylor drift sheets and endmember erosional histories de-
scribed in the text. Blue curves identify the age and elevation of prior ice high-
stands constrained by previous chronological work. Under the pre-Pliocene inci-
sion model, negligible subglacial mechanical weathering since >15 Ma has pre-
served the modern valley floor at the same elevation throughout the Pleistocene.
Under the Pleistocene incision model, ongoing subglacial mechanical weathering
has accommodated gradual valley incision up to the present. Circles demonstrate
the elevations of Taylor-III (746 m) and Taylor-IV (878 m) drift samples. Taylor-I
and Taylor-II sampling elevations (109 m and 113 m, respectively) are not included
since these correspond to down-valley locations of thinned or terminated ice.
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position. (B) Simulated U-series isotope evolutions due to α-recoil ejection in
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Figure 3.5: U-series compositions of sediments from each Taylor Valley drift
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bars indicate inclusion in regression) and slopes are reported with the 95% confi-
dence interval (calculated with IsoplotR Vermeesch, 2018). Note that Taylor IV is
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grid of model conditions: columns correspond to modeled authigenic (234U/238U)
compositions while rows correspond to the modeled chemical alteration processes.
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ing rate coefficients (k, in g m−2 a−1) are indicated in each panel. Additional
parameters selected for each of these simulations are listed in Table 3.4. Gray
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Figure 3.7: Simulated sediment chemistries from model results in Figure 3.6
compared to measured data from Taylor-III sediment fractions. (A) Modeled U
concentrations at 0, 400, and 1500 ka for three different weathering coefficients
(k, in g m−2 a−1), corresponding to panels C and F (k = 1 ·10−8), D (k = 2 ·10−8),
and A (k = 4·10−8) in Fig. 3.6. Initial U were selected to match simulation results
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1500 ka. The same initial U concentrations were used for the k = 2 · 10−8 and
k = 4 · 10−8 scenarios for comparison. (B) Curves showing the molar percent of
replacement of primary detrital silicate material with authigenic silicate material
for each weathering coefficient scenario at 400 and 1500 ka. Measured ranges
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authigenic composition of illite, CIA(molar)=4 . Note that any nil age condition
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Table 3.1: Sequential extraction to remove soluble non-silicate authigenic phases.

Targeted Phase Procedure

Amorphous Fe oxides 0.2 M ammonium oxalate + 0.2 M oxalic acid
agitated at room temperature for ≥8 hours

Crystalline Fe oxides 0.2 M ammonium oxalate + 0.2 M oxalic acid + 114 mM ascorbic acid
agitated at 90 ◦C for ≥8 hours

Mn oxides 25 % acetic acid + 0.04 M hydroxylammonium chloride
agitated at 90 ◦C for ≥8 hours

Organic matter 30% H2O2 adjusted to pH 2 with 0.02 M HNO3
agitated at 90 ◦C for ≥6 hours
(additional 10 ml aliquots of reagent added at hours 4 and 5)

Carbonates 0.25 M HCl
agitated at room temperature >4 hours
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Table 3.2: Selected values for parameters used to calculate fm values with Equation 3.1

Parameter Description Value Reference Notes

L234
234Th recoil distance 34 nm (Sun and Semkow, 1998) Mean simulated value.

L230
230Th recoil distance 37 nm (Sun and Semkow, 1998) Mean simulated value.

K Grain shape factor 10 (Cartwright, 1962) Oblate spheroid with 5:2 axial ratio
λr Surface roughness factor 7 (White et al., 1996) Freshly comminuted silicates
ρ Density 2.65 g/cm3 — Denisty of quartz
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Table 3.3: Chemical index of alteration (CIA) and CIA (molar) for fully leached
sediments from Taylor Valley.

Drift Grain Size (µm) CIA ±2σ CIA (molar) ±2σ

Taylor I (englacial) 20–38 59.8 2.4 0.98 0.04
Taylor I (englacial) 20–38 60.7 2.4 1.01 0.04
Taylor III 75–125 61.8 2.8 1.06 0.05
Taylor III 38–45 62.3 2.9 1.07 0.05
Taylor III 20–38 61.4 2.5 1.03 0.04
Taylor III 10–20 61.6 2.8 1.06 0.05
Taylor IV 20–38 59.4 2.4 0.96 0.04
Taylor IV 10–20 56.3 2.6 0.84 0.04

Table 3.4: Parameters used in simulations corresponding to each panel of Figures
3.6 and 3.8.

Parameter A B C D E F Fig. 3.8

Initial detrital (234U/238U) 1 1 1 1 1 1 0.94
Initial detrital (230Th/238U) 1 1 1 1 1 1 0.94

Authigenic (234U/238U) 3.0 3.0 3 .0 4.5 4.5 4.5 3.0
Authigenic (230Th/238U) 4.6 4.6 4.6 4.6 4.6 4.6 —
Authigenic clay [U] (µg g−1) 1 1 1 1 1 1 —
Soluble rind [U] (µg g−1) 2 2 2 2 2 2 2

k (10−8 g m−2 a−1) 4 0 1 2 0 1 —
Proportion covered by rind 0 0.5 0.4 0 0.5 0.4 0.8
Rind thickness (nm) 0 100 100 0 100 100 ≥1000
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Chapter 4

Subglacial melting beneath the

northern Laurentide Ice Sheet

coincided with Heinrich events:

terrestrial support for an ocean

warming stimulus

4.1 Abstract

During the last glacial period, long-term expansion of the Laurentide Ice Sheet

(LIS) was periodically perturbed by Heinrich events (HE): episodes of significant

Hudson Strait Ice Stream acceleration and iceberg release, recorded by ice-rafted

detritus in the North Atlantic sedimentary record. Proposed causal mechanisms of

HEs include internal ice sheet dynamics as well as millennial-scale ocean-climate

system oscillations, with more contemporary models invoking combinations of
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both, based on evidences in ocean sedimentary records, climate proxies, and phys-

ical simulations. Here, we present a terrestrial record of HEs from the northern

LIS. Subglacial carbonate precipitates from central Baffin Island record episodes

of subglacial melting in concert with HEs, spanning from before the last glacial

maximum to the earliest phases of deglaciation. Given the relative stability of

the Foxe Dome in LIS reconstructions of this timeframe, these subglacial melting

events reflect neither transient thickening events, nor a dynamic response to ice

streaming in the Hudson Strait. Rather, a more coherent explanation for the co-

incidence between HEs and subglacial melting on Baffin Island is shear heating of

overlying ice in response to nearby ice stream acceleration in eastern Baffin Island

following subsurface ocean warming and grounding line retreat. Concurrent ice

streaming in Baffin Bay and the Hudson Strait supports a shared ocean-climate

system stimulus for HE ice acceleration. In addition, our results implicate the

presence of deeply sourced, 234U-enriched groundwaters in subglacial aquifers near

the LIS margin. Observations of other carbonate precipitate records encircling the

LIS margin indicate widespread distribution of 234U-enriched waters in LIS sub-

glacial aquifers and permafrost environments. Enhanced basal melting and release

of these fluids offer a likely mechanism for ocean U budget perturbations during

early deglaciation.

4.2 Introduction

Over the course of the last glacial period, continental ice volumes crescendoed

to their peak at the last glacial maximum (LGM), which was followed by collapse of

the Eurasian ice sheets and the North American Laurentide Ice Sheet (LIS). Super-

imposed on these longer-term trends were millennial scale oscillations in climate

and continental ice mass linked to interactions between the ice-ocean-atmospheric
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systems. The highest frequency oscillations are the so-called Dansgaard-Oeschger

(D-O) events, originally observed in the oxygen isotope records of Greenland ice

cores, that reflect episodes of significant local atmospheric warming (Menviel et al.,

2020). D-O warm phases, or interstadials, are characterized by warm Green-

land air temperatures, limited continental meltwater flux into the North Atlantic,

and strong North Atlantic deepwater (NADW) formation and Atlantic merid-

ional overturning circulation (AMOC). D-O cold phases, or stadials, are instead

characterized by cooler Greenland air temperatures, enhanced continental melt-

water flux to the North Atlantic, and dampened NADW formation and AMOC.

Superimposed over some stadials, but not all, are Heinrich Events (HE): pulses

of widespread iceberg discharge into the North Atlantic, predominantly from the

LIS, that coincide with particularly fresh North Atlantic surface waters and es-

pecially weak NADW and AMOC (Hemming, 2004; Menviel et al., 2020). HEs

seem to be importantly linked to stadial conditions, as they only occur during

stadials and correlated climate proxies (e.g. Wang et al., 2001), and although the

triggering mechanisms differ, the effects of HEs manifest much like enhanced sta-

dial conditions (e.g. Menviel et al., 2020). For instance, Nordic sea ice varies with

D-O cyclicity and HEs: sea ice extent is limited during interstadials and expands

during stadials due to cooler temperatures and fresher surface waters, with North

Atlantic sea ice maxima during HEs (Hoff et al., 2016).

Heinrich Events were first identified as cyclic intervals of increased lithic grain

abundances in deep-sea sediment cores that reflect deposition of ice-rafted debris

(IRD) born out to sea by icebergs (Heinrich, 1988). They recur quasiperiodically

with a ∼7 ka frequency, and provenance studies have traced the bulk of HE-

associated IRD to the Hudson Strait, implicating the Hudson Strait Ice Stream

(HSIS; Fig. 4.1) as the source of much of HE iceberg discharge (Hemming, 2004).

83



Despite the unmistakable presence of HEs in ocean sedimentary archives and

correlated climate proxies, the mechanisms initiating HSIS surging and iceberg

swarms in the North Atlantic have remained a topic of debate. The quasiperi-

odicity and heterogenous behavior of HEs (e.g. Hemming, 2004) have motivated

a longstanding effort to unravel their spatiotemporal complexity with a coherent

mechanistic model. The onset of HEs depend on some combination of “inter-

nal” ice sheet dynamics and “external” ocean-climate forcings that enhanced ice

streaming and iceberg production by the HSIS. MacAyeal (1993) proposed a model

to describe HE cyclicity that is regulated entirely by internal ice sheet dynamics.

Under this model, the LIS begins in a state of reduced thickness and cold basal

temperatures that keeps the HSIS frozen at its base, resulting in slow ice velocities

and inefficient transport from domes that cause the LIS to thicken. Eventually,

the thickness provides enough weight and insulation to drive basal melting, which

lubricates soft deformable sediments at the bed that allow rapid velocities and

surging of the HSIS, thus generating icebergs with enough entrained sediment to

satisfy the observed North Atlantic accumulations of IRD (Alley and MacAyeal,

1994).

While the internal model emphasizes the importance of HSIS basal conditions

and ice streaming in facilitating rapid release of large ice volumes into the North

Atlantic, the external ocean-climate forcing model underscores the coherence of

HEs with fluctuations in the ocean-climate system. Zahn et al. (1997) observed

that AMOC weakening not only overlaps HE-IRD layers, but it both precedes and

follows them, indicating that HE iceberg surging is a response to an ocean-climate

forcing, rather than an independent process. Marcott et al. (2011) showed that

reduced AMOC circulation, as during a stadial, led to convective mixing of low-

latitude warm waters that propagated subsurface ocean warming into the North
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Atlantic, where intermediate-depth warming maxima coincided with HEs. By

bringing warm waters into contact with marine-terminating ice and ice shelf loci

of the LIS, this process heats an extremely vulnerable location for ice sheets where

enhanced melting can lead to surging and rapid ice loss (Bassis et al., 2017; Noble

et al., 2020; Wood et al., 2021). In the case of the LIS, Bassis et al. (2017) recon-

cile coordinated ice sheet dynamics and ocean forcings via the role of continental

isostatic response. During periods of enhanced LIS thickness the HSIS advanced

to a marine-terminating position, where isostatic adjustment lowered the HSIS

grounding line to intermediate water depths (&400 m). At this position, stadial

subsurface warming melts the grounding line of the HSIS, which surges, thins, and

retreats into the overdeepened Hudson Strait channel until centennial-scale iso-

static rebound isolates the channel from intermediate water inflow and the HSIS

re-stabilizes. As the HSIS begins to readvance, it is protected from subsequent

stadial subsurface warming events in the uplifted channel, and will only collapse

when it reaches a sufficiently advanced state that isostatic depression exposes its

grounding line to intermediate-depth waters. This model is particularly attractive

as it takes into account both ice sheet dynamics and ocean-climate forcings and,

most importantly, coherently reproduces the differential tempos of HEs relative to

D-O oscillations. Yet, this model remains theoretical and lacks observational evi-

dence that corroborates the process of ice stream surging in response to grounding

line melting by subsurface warming.

HEs reflected substantial mass loss events for the LIS where large volumes

of continental ice were lost as meltwater and icebergs (Hemming, 2004; Ziemen

et al., 2019). Of particular importance is the final HE (H1, with progressively

earlier events increasing in number), which coincided with the termination of the

last glacial period and LIS and Eurasian ice sheet collapse. H1 entailed multiple
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phases of complex ice-ocean interactions spanning as much as 4 ka: initial reduced

NADW formation, extensive iceberg release accompanied by meltwater flux into

the North Atlantic and IRD deposition, and finally recuperation of AMOC fol-

lowing a sustained reduced state (Stanford et al., 2011). The onset of stadial

conditions preceding the H1 IRD events marks the onset of deglaciation and may

have actively exacerbated terminal ice sheet collapse (Hodell et al., 2017). During

the timeframe of H1 iceberg discharge and IRD deposition, the δ234U1 composition

of Atlantic surface waters rose by several per mille, indicating the influx of ter-

restrially sourced waters with particularly elevated δ234U that implies provenance

from subglacial reservoirs (Chen et al., 2016). The precise subglacial source of

this high-δ234U deglacial run-off is unclear, but its probable subglacial provenance

temporally correlates the release of a significant subglacial aquatic reservoir in

perfect coincidence with H1 iceberg surging during terminal LIS collapse. While

this correlation implicates H1 iceberg surging in LIS deglaciation, a better un-

derstanding of the subglacial source of these distinct waters would clarify if these

events are related and, if so, what glaciological mechanisms connected them.

To date, our current understanding of LIS dynamics over the course of HE

and D-O cycles come from mathematical simulations, ocean sediment cores, and

distal climate proxy records (Wang et al., 2001; Seierstad et al., 2014; Bassis et al.,

2017). As is often the case in subglacial archives, the erosive efficiency and post-

glacial flooding of the HSIS and other ice streams (e.g. Margold et al., 2015a)

have overprinted or obscured in situ evidence of overlying ice behavior. On Baffin

Island, however, the arid polar climate and persistence of cold-based ice caps have

preserved subglacial CaCO3 mineral precipitates that formed from subglacial LIS

waters near the northern margin of the modern-day Barnes Ice Cap (BIC) and

the Rimrock Hills region (Fig. 4.1). Prior studies of precipitates from these
1δ234U = 1000 * [(234U/238U)– 1], where parentheses denote the activity ratio
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sites verified their subglacial origin and dated their formation to approximately

contemporaneous with the LGM (Refsnider et al., 2012, 2014). Here we expand on

this prior work: we report U-Th dates of multiple episodes of aqueous carbonate

precipitation in central Baffin Island and assess the provenance of the calcite-

forming waters with several stable and radiogenic isotope proxies. The formation

of these rocks requires the presence of liquid water beneath the LIS in a location

that has historically been interpreted to be consistently cold-based (Marshall and

Clark, 2002). Given the position of these subglacial precipitates between the LIS

Foxe Dome and numerous marine-terminating ice streams (Fig. 4.1), ice flow

acceleration and concomitant shear heating (e.g. Clarke et al., 1977; Ritz, 1987)

in response to Baffin Bay ice stream surging may have driven the requisite basal

melting at these locations. Herein we test the hypothesis that these subglacial

precipitates record changes in the basal thermal regime due to HE-related ice

streaming and contextualize these carbonate forming waters relative to potential

subglacial aquifers of the LIS and their influence on global ocean chemistry.

4.3 Materials and Methods

We studied six subglacial carbonate precipitate rocks, including five samples

from the northern BIC margin and one sample from the Rimrock Hills region

(Figs. 4.1,4.2), originally reported by Refsnider et al. (2012, 2014). Each sample

is detailed in Figure 4.2. Small “crust” samples (M09-B184R, M09-B152) were

subsampled with steel hand tools, while larger samples were slabbed and subsam-

pled with a rock saw before isolating individual fractions with hand tools.
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4.3.1 Carbonate C and O isotope measurements

Isotopes of oxygen and carbon in carbonate phases were measured at the UC

Santa Cruz Stable Isotopes Laboratory by acid digestion using an individual vial

acid drop Themo Scientific Kiel IV carbonate device interfaced to a Thermo Sci-

entific MAT 253 dual-inlet isotope ratio mass spectrometer (iRMS). We loaded

∼100 µg fractions into individual vials that were dried overnight in a 70 ◦C vac-

uum oven. Samples reacted at 75 ◦C in orthophosphoric acid (1.92 g·cm−3 specific

gravity) to generate CO2 and H2O. The latter is cryogenically separated and non-

condensible gases are pumped away prior to introduction of the CO2 analyte into

the iRMS. Samples are measured concurrently with replicates of NBS-18 limestone

standard reference material and a Carrara Marble in-house standard (CM12, cal-

ibrated to NBS-18 and NBS-19). Carbonate δ18O and δ13C values are calculated

relative to VPDB with a two-point calibration between CM12 and NBS-18 to

correct for offset and linearity. Reproducibility and independent quality control

are monitored with measurements of “Atlantis II” powdered coral. We convert

δ18O(VPDB) to δ18O(VSMOW) via δ18O(VSMOW) = 1.03091 × δ18O(VPDB) + 30.91

(Sharp, 2017).

4.3.2 Carbonate U, Th, and Sr isotope measurements

We measured U, Th, and Sr isotopes in the UC Santa Cruz Keck Isotope

Laboratory. Individual carbonate precipitate fractions were each sonicated at

room temperature in methanol for 30 minutes, triple-rinsed with ultra-pure water

(deionized to 18 MΩ·cm), and transferred to an acid-cleaned PFA beaker. All

reagents described hereafter are either triple-distilled or commercial trace-metal

grade (except ultra-pure water). We submerged cleaned samples in approximately

1 ml ultra-pure water and gradually added 7 M HNO3 dropwise to gently digest
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the carbonate minerals. When the reaction subsided, we brought the solution to

3 M HNO3, spiked with a gravimetrically calibrated mixed 229Th-236U tracer, and

warmed the solution for several hours to progress reactions to completion. We

twice evaporated the fractions to dryness, rehydrated in 7 M HNO3, and refluxed

at 110 ◦C to ensure complete digestion and sample-spike equilibration.

We purified Th and U separates from each dissolved fraction using ion chro-

matography on a 1 ml bed of AG1-X8 anion-exchange resin (200–400 mesh). We

introduced dissolved samples onto pre-cleaned resin in 1 ml 7 M HNO3 and eluted

matrix ions (including Sr) with 2 ml 7 M HNO3 followed by 250 µl 6 M HCl. We

eluted Th in 2 ml 6 M HCl followed by U in 3 ml water into a single beaker. We

twice evaporated the U-Th separate to dryness and rehydrated with 7 M HNO3

to ensure conversion from Cl– to NO3
– salts. We then repeat the same ion chro-

matography procedure, collecting the Th and U elutions separately. We evap-

orated the elutions just to dryness, digested any residual resin by refluxing at

110 ◦C in 250 µl 30 % H2O2 for several hours, and finally dried the solutions with

trace H3PO4. Total procedural blanks of Th and U were <50 pg and <80 pg,

respectively, and negligible compared to sample sizes (100s of ng U, �10 ng Th).

To obtain purified Sr, we evaporated the matrix elutions from the primary

U-Th column to dryness, rehydrated in 0.5 ml 7 M HNO3, and introduced this

solution onto a 0.5 ml bed of pre-cleaned Sr-Spec resin. We eluted matrix with

3 ml 7 M HNO3 and collected purified Sr in 4 ml 0.05 M HNO3, which we dried

with trace H3PO4.

We measured isotopes of U, Th, and Sr on the Isotopx X62 thermal ionization

mass spectrometer at UC Santa Cruz. All samples were loaded onto degassed

99.99 % purity Re ribbons. We loaded U with a Si gel-0.035 M H3PO4 activator

and measured UO2 isotopologues using a dynamic Faraday-Daly method (Black-
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burn et al., 2020). We calculated U isotope compositions from UO2 isotopologues

by correcting for oxide isobaric interferences, although these corrections were negli-

gible compared to analytical uncertainties. We corrected for mass-dependent frac-

tionation with a linear model calibrated from long-term standard measurements

and calibrated the photomultiplier deadtime from measurements of NBS SRM U-

500 (as UO2). The accuracy of U isotope measurements were validated over the

course of this study with replicate measurements of NIST SRM 4321b (Appendix

D, Fig. D.1). We loaded Th with 1 µl 5% HNO3 onto Re filaments coated with

graphite and measured isotopes of Th as a metal on the Daly-photomultiplier

complex using a peak hopping method. Th isotope ratios were corrected for

mass-dependent fractionation and photomultiplier deadtime using model values

determined by measurements of SRM U-500 ionized as a metal.

U-Th isotope measurements were spike-subtracted with an algorithm that fully

propagates analytical and tracer uncertainties, assuming uncorrelated uncertain-

ties. We report and interpret measured isotopic data as activity ratios, denoted

with parentheses. In the case of U isotopes, we report carbonate U compositions

as (234U/238U) ratios and report inferred calcite-forming water compositions in

delta-notation: δ234U= 1000*[(234U/238U)–1]. To precisely calculate U-Th dates

and initial δ234U (δ234Uo), we used a Monte Carlo method algorithm (106 tri-

als) that fully propagates the uncertainties of all input isotopic ratios, including

corrections for detrital contributions where necessary (see Section 4.4.1). Dates

are calculated relative to a 1950 CE “present” datum. The accuracy of U-Th

dates and δ234Uo were confirmed with concurrent measurement of an MIS 5e coral

(Supplementary Data, Table S4.1; Hamelin et al., 1991; Chutcharavan and Dut-

ton, 2021).

We loaded Sr with a TaCl5 activator and measured Sr isotopes on Faraday cups
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with a static collection method. We correct for isobaric interference from 87Rb on
87Sr by concurrent measurement of 85Rb and subtracting the intensity scaled by

an assumed 87Rb/85Rb = 0.386. We calculate a mass-dependent fractionation β

factor from the measured 86Sr/88Sr with an exponential law, assuming a canonical
86Sr/88Sr = 0.11940. We calculate fully corrected radiogenic 87Sr/86Sr composi-

tions by applying this β factor to 87Rb-corrected 87Sr/86Sr ratios. Before data

collection, we confirmed reproduction of NIST SRM 987: 87Sr/86Sr = 0.710250 ±

0.000011 (1σ standard deviation, Ma et al., 2013). Over the course of this study,

we report a mean SRM 987 87Sr/86Sr = 0.710232 ± 0.000027 (2σ standard error,

n=8), consistent with the accepted value.

4.3.3 Calculating accurate U-Th dates from detritus-rich

carbonates

The accuracy of U-Th dates from aqueously formed precipitates is dependent

on the effective exclusion of Th from aqueous solution (due to its insolubility),

resulting in low initial Th/U ratios that do not convolute the 230Th-234U-238U com-

positions used to calculate radiometric dates. Detritus-rich carbonates present a

challenge to this assumption, given the propensity for adsorption of Th (and U to

a lesser degree) on sediment surfaces. The acidic reagents used to digest carbon-

ates for U-Th dating may dissolve this adsorbed Th and U as well as potentially

leaching Th and U from the mineral matrices of acid-insoluble phases. Since 232Th

is effectively stable on the timescales of 230Th and 234U decay, it serves as a use-

ful tracer of detrital Th in the acid-soluble fraction of a detritus-rich carbonate.

When compared to the abundance of radiogenic 230Th, (230Th/232Th) functionally

measures the radiogenic signal-to-noise ratio. Canonically, a (230Th/232Th)>20 is

sufficiently radiogenic to be insensitive to detrital 230Th contributions.
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In this study, we report U-Th dates and corresponding δ234Uo without correc-

tion for all fractions with (230Th/232Th)≥20. In cases where (230Th/232Th)<20,

we use isochron-based correction methods to account for detrital 230Th and 234U

contributions. The U-Th isochron method assumes a two-component mixture

between a thoraniferous detrital endmember and a uraniferous authigenic end-

member. Given the four isotopes involved (230Th, 232Th, 234U, 238U), this re-

quires a three-dimensional isochron diagram. The two forms are the “Osmond”

diagram (axes normalized to 238U; Osmond et al., 1970) and the “Rosholt” dia-

gram (axes normalized to 232Th; Rosholt, 1976). Although mathematically equiv-

alent, these approaches visually depict radiogenic and detrital compositions differ-

ently: the (230Th/238U) and (234U/238U) intercepts of the Osmond isochron rep-

resent the 232Th-free composition of the purely authigenic endmember, whereas

the (230Th/232Th) and (234U/232Th) intercepts of the Rosholt diagram represent

the composition of the thoraniferous detrital endmember. In this study, we plot

three-dimensional U-Th isochrons with an Osmond type diagram since it better

visualizes the scatter of data relative to analytical uncertainties (Ludwig and Tit-

terington, 1994). In scenarios where we individually evaluate detrital (234U/232Th)

and (230Th/232Th) compositions, we use two-dimensional Rosholt diagram projec-

tions to aid the visualization.

All regressions and isochron calculations were performed with a maximum

likelihood estimation method in IsoplotR (Vermeesch, 2018). In cases where the

isotopic data are sufficiently overdispersed relative to analytical uncertainties (we

choose a threshold of MSWD>5), we use an overdispersion model (Vermeesch,

2018) that attributes all overdispersion to natural variability in one of the regressed

variables. In the case of two-dimensional Rosholt-type regressions, this overdisper-

sion is attributed to the y-variable, either (230Th/232Th) or (234U/232Th), reflecting
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heterogeneity in detrital U-Th compositions or calcite-forming water (234U/238U).

In the case of three-dimensional isochron regressions, all overdispersion is at-

tributed entirely to heterogeneity in the (234U/238U) composition. Since (234U/238U)

consistently shows far greater dispersion relative to analytical uncertainties than

(230Th/238U) when plotted against (232Th/238U) (Section 4.4.1), this approach

provides a more accurate and precise calculation of U-Th dates than attributing

overdispersion equally to all three isotope ratios. Where the overdispersion model

is used, we report a dispersion term that quantifies the amount of dispersion in

excess of analytical uncertainties.

All tabulated and reported U-Th dates incorporate systematic uncertainties

stemming from uncertainties in isotope tracer composition (internally calibrated)

and decay constants (Cheng et al., 2013). We calculate detrital (234U/232Th) and

(230Th/232Th) corrections with only analytical uncertainties, excluding system-

atic tracer and decay constant uncertainties, to obtain a more precise internal

correction.

4.4 Results

4.4.1 U-Th dates and subglacial calcite-forming events

U-Th isotope data for the six subglacial samples are summarized among Fig-

ures 4.3 to 4.7 and are tabulated in Table S4.1 (Supplementary Data). Samples

range from highly radiogenic, with (230Th/232Th)>20, to relatively non-radiogenic

(e.g. (230Th/232Th)<2) and (234U/238U) ranging from 1.7 to nearly 3.0. In this

section, we use isochron-based methods to calculate accurate U-Th dates for each

precipitate sample.

Samples M09-B177R and M09-B183R are both isochronous and array U-Th
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isochrons (Fig. 4.3), indicating that both samples formed rapidly, consistent with

their massive textures (Fig. 4.2). The other four samples, however, do not array

straightforward U-Th isochrons, with (234U/238U) being particularly heterogenous

and poorly correlated with (232Th/238U). The isochron method assumes a simple

two endmember mixture between a 232Th-free authigenic endmember and a tho-

raniferous detrital endmember of homogenous U-Th isotope composition (Section

4.3.3). Therefore, the three-dimensional isochron can be perturbed by variabil-

ity in both the isotopic composition of the detrital component as well as the

(234U/238U) composition of the waters from which the authigenic carbonate phase

precipitates. In the following discussions, we consider these scenarios and how to

account for them in calculating U-Th dates of each remaining subglacial precipi-

tate sample.

M09-B184R exhibits a correlation between (230Th/238U) and (232Th/238U), ex-

cluding a single high-87Sr/86Sr outlier, but no coherent correlation in the (234U/238U)-

(232Th/238U) projection (Fig. 4.4). This implies a simple two endmember mixing

model within respect to (230Th/238U), but substantial heterogeneity in (234U/238U)

that is independent of 232Th content and probably reflects (234U/238U) hetero-

geneity in the calcite-forming waters. Instead of attempting to constrain a single

authigenic 230Th-234U-238U composition, we individually assess the detrital end-

member compositions of (230Th/232Th) and (234U/232Th). Figure 4.4B regresses

the 238U-free detrital endmember compositions of (230Th/232Th) and (234U/232Th),

identifying a precise detrital (230Th/232Th) of 0.938 ± 0.132 and (234U/232Th)

within uncertainty of zero (at 95 % confidence intervals). We thus interpret this

to reflect a significant detrital 230Th component but a negligible 234U contribu-

tion. The (230Th/232Th)-dispersion (0.059+0.080
−0.030) is minor relative to the calculated

intercept, and we interpret it as a combination of minor detrital (230Th/232Th)
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heterogeneity and slight variations in radiogenic 230Th production due to vari-

able initial (234U/238U) in the different fractions. Since this latter contribution

reflects a radiogenic component, we do not include the overdispersion in the un-

certainty of our model detrital (230Th/232Th). By subtracting the calculated de-

trital (230Th/232Th) from the measured compositions, we recalculate Th-corrected

U-Th dates of the five low-87Sr/86Sr M09-B184R fractions, which yield concordant

ages (Table 4.1).

We interpret M09-B152R subsamples 1 and 2 (Fig. 4.2) separately since

they exhibit different 87Sr/86Sr compositions and U-Th system behavior (Fig.

4.5). M09-B152R.2 arrays an isochron, which we regress with an overdispersion

model to account for modest excess dispersion in (234U/238U). In contrast, the

(234U/238U)-(232Th/238U) behavior of M09-B152R.1 is more erratic, reminiscent

of the behavior observed in M09-B184R. In Figure 4.5B, we show that the two

fractions of M09-B152R.1 regress a detrital (230Th/232Th) within uncertainty of

zero, indicating that a detrital Th-correction is not necessary for this modestly ra-

diogenic sample with (230Th/232Th)>8. As in the case of M09-B184R, we attribute

the erratic (234U/238U) compositions of M09-B152R.1 to source water heterogene-

ity rather than the alternative interpretation that it formed from dramatically

lower-(234U/238U) waters than its neighboring M09-B152R.2 counterpart. There-

fore, we do not calculate or assume a (234U/232Th)-correction and instead accept

the uncorrected U-Th dates of M09-B152R.1: 21.78 ± 0.45 and 22.34 ± 0.46 ka

(relative to 1950 CE; Table S4.1). Since the M09-B152R.2 isochron date and un-

corrected dates of M09-B152R.1 overlap, we consider these a single calcite-forming

event, characterized by evolving waters or differing silicate detritus that account

for the distinct carbonate textures and U and Sr isotope compositions.

M09-B176R exhibits two distinct layers, upper layer M09-B176R.a (subsam-
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pled at 5 intervals from a1 at the upper surface to a5 at the base) and lower layer

M09-B176R.b, which exhibit distinct 87Sr/86Sr and U-Th isotope compositions

(Figs. 4.2,4.6). We also measured the less coherent material between layers a

and b, layer M09-B176R.ab, which exhibits 87Sr/86Sr and U-Th compositions in-

termediate between M09-B176R.a5 and M09-B176R.b, indicating mixture of the

overlying and underlying components rather than a discreet calcite-forming event.

We do not attribute a discrete date to this admixture, but rather its intermediate

composition and unconsolidated texture indicate that the a-b contact is a discon-

formity and represents an erosive hiatus in calcite precipitation. The lower layer

(b) arrays a U-Th isochron that imparts a very minor 230Th-234U-correction, de-

spite the uniformly (230Th/232Th)<20 compositions, and yields an isochron date

within uncertainty of the uncorrected U-Th dates of the constituent fractions (Fig.

4.6A,C). The upper layer (a) contains the most radiogenic material in this study

with (230Th/232Th)>20 fractions observed at each subsampled layer, allowing us

to confidently calculate independent U-Th dates without the need for a detrital

correction. Overall, the U-Th dates young from the base of the layer (a5) to the

top (a1; Fig. 4.6C), evidencing ongoing carbonate precipitation at the M09-B176R

site from approximately 26–23 ka. The exception is layer a2, which has older U-Th

dates than the underlying a3 layer, and differs texturally from surrounding layers

by its coarser detritus and clasts of dark gray material similar to the matrix of

layers a1 and a3–a5 (Fig. 4.6B,C). We conclude that a3 formed during a relatively

erosive period that incorporated coarse detritus and rip-up clasts of older (a4, a5)

material, resulting in the anomalously old U-Th dates. Thus, we exclude it as a

carbonate precipitation event.

M09-B071R has mm-scale laminations that alternate between dark and light

brown as a function of coarse detrital content (Fig. 4.2). We sampled these lam-

96



inations at 8 intervals (Fig. 4.7). The uppermost interval M09-B071R.a1 has the

lowest 87Sr/86Sr and the highest (232Th/238U) but arrays a U-Th isochron (Fig.

4.7A). In contrast, layers a2–a8 exhibit a relatively narrow range of 87Sr/86Sr and

fairly uraniferous compositions of (232Th/238U)<0.04, comparable to the most ra-

diogenic fractions of M09-B176R (Figs. 4.6,4.7). When regressed as a group, layers

a2–a8 indicate 238U-free detrital compositions of (234U/232Th) and (230Th/232Th)

within uncertainty of zero (Fig. 4.7B), albeit with some scatter. While M09-

B071R.a2–8 fractions all exhibit (230Th/232Th)<20, there is no correlation be-

tween the uncorrected U-Th date and (230Th/232Th), indicating a minor detrital
230Th component that has negligible leverage on U-Th dates (Fig. 4.7). Therefore,

these uncorrected U-Th dates are accurate estimations of the age of carbonate for-

mation. When compared to their stratigraphic position, these dates span a ∼3 ka

range and are not consistently correlated with stratigraphy. For example, the in-

terior layers a3 and a5 exhibit the youngest dates. The relationship between U-Th

dates and stratigraphy imply a complex history of minor open-system behavior

and/or post-depositional calcite formation in interior layers a3–a5. Indeed the

apparently younger interior ages may reflect continued fluid penetration into the

pore-space of uncemented layers with more abundant coarse detrital grains (Fig.

4.7). Given the approximately normal distribution of dates centered about 18–19

ka, we conclude that M09-B071R likely underwent a protracted period of calcite

formation that post-dated detrital sediment deposition with minor perturbations

by open-system behavior, detrital contamination, and/or incorporation of detrital

carbonate (Andrews et al., 1972).

With the exception of M09-B176R, all the samples described above reflect

single episodes of subglacial calcite formation. M09-B176R records one episode

of calcite formation in layer b, followed by a >4.66 ka hiatus in calcite forma-
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tion and by four sequential episodes of calcite formation (a1 and a3–a5). The

ages of these 10 Baffin Island subglacial calcite-forming events are summarized

in Table 4.2 along with the corresponding calculated δ234U of the formative wa-

ters at the time of calcite precipitation (δ234Uo). Isochron-calculated U-Th dates

directly record the age of these calcite formation events and are reported with-

out alteration. Similarly, the U-Th dates of M09-B176R layers with only one

(230Th/232Th)>20 measurement are reported without alteration. For events with

multiple U-Th dates for a single calcite-forming event (M09-B071R, M09-B184R,

M09-B176R.a5), we calculate a single weighted mean date and δ234Uo for the

event (using a weighted mean with random effects model algorithm; Table 4.2).

The more precise model ages (± <1 ka on each date) identify three episodes of

subglacial carbonate formation on central Baffin Island: the first was at ∼31 ka

(M09-B176R.b), the second phase spanned 25 to 23 ka (M09-B176R.a, consistent

with the relatively imprecise dates of M09-B152R, M09-B183R, and M09-B177R),

and the third phase at ∼18.5 ka (M09-B071R and M09-B184R, consistent with

M09-B152R). BIC margin events span all three episodes, whereas Rimrock Hills

carbonate formation only occurred during the most recent event. Corresponding

δ234Uo compositions are ∼798 %� at Rimrock Hills and range between 1200–

2200 %� at the BIC margin, with no correlation between age and δ234Uo. These

carbonate formation episodes and δ234Uo are consistent with reliable U-Th dates

measured by Refsnider et al. (2012): an isochron-derived U-Th date from the BIC

margin of 21.0 ± 5.4 ka (overlaps both of the latter calcite-forming episodes) with

δ234Uo = 2170 ± 260 %� and a radiogenic single-fraction date of 19.1 ± 0.3 ka

(δ234Uo = 798 ± 11 %�) from Rimrock Hills. We exclude a third date they cal-

culated that uses 234U- and 230Th-corrections determined by an assumed mixing

relationship between single measurements of separate samples.
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4.4.2 Carbonate C, O, Sr, and U isotopes

We report stable and radiogenic isotope measurements of central Baffin Island

carbonate precipitates, building on the work of Refsnider et al. (2014) with higher

resolution sampling and the added dimensions of paired 87Sr/86Sr-(234U/238U)

measurements and U-Th dates (Fig. 4.8). Paired δ18O-δ13C data (Fig. 4.8A)

reproduce previous observations (Refsnider et al., 2014). Precipitates at Rimrock

Hills fall into two groups, the crack-fill conglomerates (heavier δ18O and lighter

δ13C) and the laminated M09-B071R (lighter δ18O and heavier δ13C). BIC pre-

cipitates show a comparatively broad range of compositions both intermediate to

the two Rimrock Hills groups and with heavier δ18O and δ13C compositions. This

overall modest variability is consistent with O and C sourcing from slightly het-

erogenous mixtures of H2O and dissolved inorganic carbon (DIC) from different

reservoirs (Section 4.5.1) or varying degrees of local isotopic fractionation (e.g.

regelation freezing). When compared against time, there is no systematic shift

in δ13C compositions of precipitates from the BIC margin, implying a relatively

consistent C source to the calcite-forming waters (Fig. 4.8C). In contrast, preced-

ing and during the LGM, all precipitates record carbonate δ18O(VSMOW)>5.9 %�

whereas the samples forming after the LGM (M09-B184 and M09-B071R) record

δ18O(VSMOW)<5.8 %�(Fig. 4.8D).

Radiogenic isotopes, 87Sr/86Sr and (234U/238U), record the water-rock interac-

tion histories of the calcite-forming fluids. In these discussions, we exclude the

crack-fill carbonates from the Rimrock Hills site given their anomalously high
87Sr/86Sr compositions (>0.77) and distinct morphology that imply a distinct for-

mation mechanism from M09-B071R and the BIC margin precipitates (Refsnider

et al., 2014). Among the BIC margin samples and M09-B071R, 87Sr/86Sr ranges

between 0.724 and 0.745. M09-B071R overlaps the upper range of most BIC mar-
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gin precipitate 87Sr/86Sr compositions with the exception of the highly radiogenic

sample M09-B177R (Fig. 4.8B). There is a slight positive trend in δ18O-87Sr/86Sr

space among the BIC margin samples (Fig. 4.8B) that is largely dependent on in-

clusion of the stratigraphically lower portion of M09-B177R (Table 4.3). There is

no systematic change in 87Sr/86Sr with time among the Baffin Island precipitates,

except among the layers of M09-B176R, which gradually evolve to less radiogenic
87Sr/86Sr compositions over the ∼1.5 ka duration of M09-B176R.a growth (Fig.

4.8E). This suggests a directionally evolving water composition for M09-B176R.a,

rather than the more stochastic variability observed in M09-B071R over the du-

ration of its formation.

In contrast to the stable isotopes, radiogenic 87Sr/86Sr and (234U/238U) define

a distinctive trend among the BIC margin precipitates: an approximately hy-

perbolic path that implies isotopic mixing between ≥2 endmembers (Fig. 4.8F).

The mixing trend is evident with or without M09-B177R, though inclusion of this

high-87Sr/86Sr sample aids in constraining endmember compositions. The het-

erogeneity in compositions distributed through the generalized mixing envelope

likely requires >2 endmembers, though at least one of these endmembers may be

Sr and U leached out of the detrital component during carbonate digestion pro-

cedures. For instance, heterogenous distribution of Rb-rich minerals (e.g. biotite)

may contribute to higher-87Sr/86Sr outliers. An additional source of heterogeneity

in (234U/238U) is the time-dependent evolution from the original aqueous compo-

sition since the carbonate formed, which we do not correct for in the plotted

compositions (consolidated δ234Uo compositions from isochrons would decouple

the paired 87Sr/86Sr-(234U/238U) compositions we aim to investigate). However,

this latter source of heterogeneity is minor as the age-correction between measured

and initial (234U/238U) is <6 % for the timeframes of this study. Acknowledging
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these complexities, the 87Sr/86Sr-(234U/238U) data, though not broadly distributed

enough to quantitatively identify endmember compositions, provide constraints

on the isotopic compositions and concentrations of Sr and U in two endmem-

bers, arbitrarily named endmembers I and II (Fig. 4.8F). Endmember I exhibits
87Sr/86Sr>0.745 and (234U/238U)≤2 (δ234U≤1000 %�), whereas endmember II ex-

hibits 87Sr/86Sr<0.725 and (234U/238U)>3 (δ234U>2000 %�). Endmember I has a

higher concentration of U and a lower concentration of Sr than endmember II.

4.5 Discussion

4.5.1 Provenance of subglacial calcite-forming waters

BIC margin and Rimrock Hills precipitates are restricted to the lee sides

of bedrock undulations, bedrock fractures, and local depressions near summits,

strongly supporting the conclusion that they form from the supersaturation of

CaCO3 in localized melt pockets cryoconcentrated by the process of basal freez-

ing or regelation (Hallet, 1976; Refsnider et al., 2012, 2014). The extremely high U

concentrations of these subglacial carbonates (40 to >100 µg·g−1) imply formation

from a U-rich fluid, further supporting the role of cryoconcentration in increasing

the ionic strength of the calcite-forming waters. Comparable calcite U concentra-

tions are precedented in speleothems from permafrosted environments (e.g. Vaks

et al., 2013), where cryoconcentration of source waters likely also occurs.

To form calcite (CaCO3), Refsnider et al. (2014) inferred Ca provenance (via
87Sr/86Sr) predominantly from local gneissic bedrock, O isotopically fractionated

(during calcite precipitation) from H2O in equilibrium with the overlying basal ice,

and C isotopically fractionated from soil organic matter with minor contributions

from bedrock calcite and atmospheric CO2. Our results are consistent with their
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interpretations, affirming the preponderance of these two reservoirs as sources

of H2O and DIC in the system. Our additional chronologic work shows that

by ∼19 ka carbonate δ18O transitions from LGM values to compositions lighter

than any observed in the prior 10 ka (Fig. 4.8D). This shift may reflect melting

of isotopically lighter englacial ice (the debris-free ice above the basal ice layer;

Refsnider et al., 2014) or delivery of isotopically lighter late Pleistocene ice (e.g.

Mix and Ruddiman, 1984) to the bed.

While stable O and C isotopes indicate local provenance from nearly homoge-

nous subglacial meltwater and soil organic matter reservoirs, radiogenic isotopes

reveal that the dissolved cation component of the calcite-forming waters reflect a

mixture of at least two distinct endmember waters (Fig. 4.8F). We propose that

endmembers I and II respectively represent shallow, proximally sourced Baffin

Island groundwaters and deep saline groundwaters sourced more distally from the

Canadian interior.

The highly radiogenic 87Sr/86Sr signature of endmember I is consistent with

local Baffin bedrock sources: glaciomarine sediments in the nearby Clyde Fore-

land, which received ice (and basal debris) from central Baffin Island during the

LGM, range 0.74≤87Sr/86Sr≤0.76, and Paleoproterozoic granites in southern Baf-

fin Island with 87Sr/86Sr>0.78 are a reasonable analog for the felsic Paleoprotero-

zoic and Archean basement rocks near the BIC margin and Rimrock Hills sites

(Andrews et al., 1972; Lacelle et al., 2011; Refsnider et al., 2014). In contrast,

deeply residing shield brines in Archaean to Proterozoic basement rocks of north-

ern Canada and along the west coast of Hudson Bay range 0.710<87Sr/86Sr≤0.728

(McNutt et al., 1990). Rivers in the northern Hudson Bay region flow over glacial

tills that likely reflect an integrated sample of regional bedrock compositions,

and the dissolved 87Sr/86Sr of rivers from this region range from ∼0.72 to 0.73
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(Wadleigh et al., 1985). These compositions overlap the required 87Sr/86Sr<0.725

of endmember II, qualifying groundwaters that have interacted extensively with

basement rocks from central and northern Canada as plausible candidates for this

endmember. Additionally, deep shield brines have higher total dissolved solids

(TDS) than shallower groundwaters and have converged on CaCl2 compositions

(Bottomley, 1996), both of which may explain the higher Sr content of endmember

II relative to the shallower-sourced endmember I.

We are not aware of any modern aqueous δ234U measurements on Baffin Island,

but the U isotopes measured herein provide robust evidence for the groundwater

origins of both endmembers. Given the shape of the mixing relationship and ac-

counting for the ≤6 % reduction in (234U/238U) since formation (see Section 4.4.2),

the δ234U of the endmember I water is slightly less than 1000 %�, and the end-

member II water substantially exceeds 2000 %� (at the time of calcite formation;

Fig. 4.8F). Elevated aqueous δ234U is associated with the time-dependent ejection

of 234Th, which rapidly decays to 234U, from sediment surfaces following energetic

α-decay (Kigoshi, 1971). Protracted residence in sediment and rock pore space al-

lows for more production and injection of 234U into waters, and 234U enrichment is

enhanced in systems where water volumes are very small compared to rock surface

area, such as fractured bedrock (Méjean et al., 2016). While δ234U>0 is typical

among terrestrial waters, the largest enrichments are observed in groundwaters

(e.g. Dunk et al., 2002). Aqueous δ234U compositions in deep groundwaters are

commonly several thousand per mille (Gascoyne, 1989). Waters with δ234U>2000

%�, as required by endmember II, are found in both bedrock aquifers (Gascoyne,

1989; Méjean et al., 2016) and groundwater-permafrost systems (Batchelor et al.,

2019a; Vaks et al., 2013). We expect permafrost to have similar or elevated δ234U

compared to liquid groundwaters of similar depth, as permafrost waters can expe-
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rience protracted residence frozen in contact with rock and sediment. Moreover,

permafrost efficiently fractures rock (Murton et al., 2006), which increases surface

area and enhances 234U injection, a process that may have been augmented by

subglacial hydraulic pressures from the LIS (Méjean et al., 2017).

Given the association of groundwaters with high δ234U compositions, we iden-

tify groundwater provenance as the most defensible explanation for the elevated

δ234U compositions of the two endmember waters. Since deeper-residing ground-

waters exhibit higher δ234U than their shallower counterparts by as much as 1000

%� or more (Kraemer and Brabets, 2012; Méjean et al., 2016), we identify the

lower-δ234U endmember I as a relatively shallow groundwater, compared to the

more deeply derived, higher-δ234U endmember II. In addition to rock surface area

and residence time, the degree of δ234U enrichment in groundwaters scales with

decreasing aqueous concentration of U (e.g. Méjean et al., 2016). Therefore, we

expect high-δ234U waters to reflect relatively lower U concentrations, consistent

with predicted endmember compositions (Fig. 4.8F).

Mixing of these proposed groundwaters sources with subglacial meltwaters had

no discernible effect on stable O and C isotope compositions. The most parsimo-

nious explanation is that the local subglacial meltwater was initially well-mixed

with shallow Baffin Island groundwater (endmember I), and this water source was

the volumetrically dominant component of the mixture that formed BIC margin

precipitates. Admixture of this endmember I water with small volumes of high-

TDS groundwaters (endmember II) significantly affected the Sr and U isotope

systems without measurably perturbing the isotopic composition of the H2O or

DIC. And even if larger volumes were incorporated, this would have a minor effect

on both C and O compositions: deep saline and brine groundwaters have low DIC

contents (Frape et al., 1984) and O isotope compositions similar to or lighter than
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local meteoric water, such that saline groundwaters in northern central Canada

approach the same composition as BIC basal ice compositions (Frape and Fritz,

1982; Refsnider et al., 2012). If the elevated δ18O and 87Sr/86Sr compositions

of M09-B177R (Fig. 4.8B) reflect lighter O isotopes affiliated with endmember

I, this would imply that shallow Baffin groundwaters are modestly heavier than

deep Canadian groundwaters. However, the tenuous correlation between δ18O and
87Sr/86Sr among BIC margin precipitates fail to conclusively support or refute this

hypothesis.

Thus, between 31 and 18 ka, Baffin Island shallow groundwaters were well

mixed with LIS basal meltwater (in equilibrium with the basal ice) and had DIC

predominantly derived from oxidized soil organic matter. These shallow ground-

waters mixed with small volumes of saline or briny groundwaters distally sourced

from deep bedrock aquifers toward the continental interior, altering cation compo-

sitions but having no measurable effect on the isotopic composition of H2O or DIC.

Apparently, deep groundwaters did not reach the Rimrock Hills location, where U

did not vary from a δ234Uo of ∼800 %� (Table 4.2; Refsnider et al., 2012). In terms

of 87Sr/86Sr, M09-B071R does not fall on the BIC mixing trend and fracture-filling

Rimrock Hills precipitates are highly radiogenic (87Sr/86Sr>0.77; Refsnider et al.,

2014). While fracture-filling Rimrock Hills precipitates may present a viable end-

member I composition (87Sr/86Sr∼0.78, δ234U∼800 %�), U and Sr isotopes from

the Rimrock Hills site indicate no evidence of deep groundwater incorporation

and we conclude that these samples likely precipitated from uncontaminated lo-

cal waters with a broad range of 87Sr/86Sr compositions dependent on varied local

lithology or the heterogenous incorporation of minerals with readily leachable ra-

diogenic Sr (e.g. biotite). Thus, unlike the modern BIC margin, the Rimrock

Hills sites were isolated from distally sourced groundwaters, perhaps due to their
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locations at local summits (Andrews et al., 1972; Refsnider et al., 2012) or other

regional factors that limited groundwater flow to the region.

4.5.2 Mechanisms of groundwater transport toward the

LIS margin

While calcite-forming sites of the Rimrock Hills region remained isolated from

non-local groundwaters during the early deglacial period (∼20–17 ka), precipi-

tates at the modern-day BIC margin record the presence of waters from 31–18 ka

that are compositionally consistent with high salinity groundwaters found at sev-

eral hundreds of meters depth in crystalline basement rocks of the Canadian shield

(Frape et al., 1984; McNutt et al., 1990). The presence of these high-density shield

brines at the base of the LIS requires a powerful physical mechanism to pump them

to the surface at this location. Such a pump was likely achieved by glaciohydraulic

reorganization of groundwater flow beneath the LIS. The overlying weight of ice

sheets drive downward infiltration of basal meltwaters beneath the ice sheet in-

terior, pressurizing subglacial aquifers and generating a steep hydraulic gradient

between the ice sheet interior and margin (Boulton et al., 1993; Clark et al., 2000).

As fresh meltwaters are driven deep into subsurface, they both mobilize and mix

with high-salinity shield brines. Geochemical observations evidence LIS-related

cryogenic effects on saline Canadian groundwaters at depths up to 1300 m (Clark

et al., 2000; Stotler et al., 2012), an observation matched by numerical simula-

tions of LIS groundwater recharge (Lemieux and Sudicky, 2010). As these waters

flow along hydraulic gradients to the thinner ice sheet margin, their flow paths

shallow, bringing deeply sourced shield brines, diluted to varying degrees with

meltwater, toward the surface. Simulations of sub-LIS groundwater flow predict

upwelling of ancient, deeply sourced groundwater extending ∼100 km interior
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from the northeastern LIS margin (Lemieux and Sudicky, 2010). Although these

simulations predict that the BIC margin region was underlain by permafrost over

this timeframe (Lemieux et al., 2008; Lemieux and Sudicky, 2010), the presence of

carbonate precipitates formed during this timeframe require at least intermittent

subsolidus conditions at this site, and the evidence of aqueous mixtures implies

that melting accommodated connectivity with deeper groundwaters. Upwelling

may have been facilitated by rock fracture networks and high-salinity brines may

have helped lower the melting point of overlying permafrost to penetrate the sur-

face.

4.5.3 Synchrony of Heinrich events and subglacial calcite

formation on Baffin Island

Figure 4.9 compares the ages of central Baffin Island calcite-forming events

with several paleoclimate proxies spanning the interval 12 to 35 ka. Subglacial

calcite-forming events occurred during a state of ice thicknesses above pre-30 ka

levels, indicating the clustering of these events around LGM ice sheet conditions

(Fig. 4.9D). Precise U-Th ages align closely with HEs, as recorded by several prox-

ies: HE-associated stadials in the NGRIP δ18O record (Fig. 4.9A; Seierstad et al.,

2014); HE-associated positive excursions of the chronologically well-constrained

Hulu cave record (Fig. 4.9B; Wang et al., 2001); and enhanced surface freshening

in the North Atlantic recorded by δ18O of sinistral Neogloboquadrina pachyderma

(Fig. 4.9C; Hillaire-Marcel and Bilodeau, 2000; Lynch-Stieglitz et al., 2014). Cen-

tral Baffin Island carbonate precipitation also coincides with IRD peaks during

H2 and H3 and North Atlantic intermediate-depth warming, a hypothesized HE

stimulus, during H1 and H3 (Fig. 4.9F,G; Marcott et al., 2011).

Although the North Atlantic subsurface temperature record is absent dur-
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ing H2, local δ18O maxima in the Western Antarctic Ice Sheet (WAIS) Divide ice

core, which reflect Southern Ocean warming, lag North Atlantic subsurface warm-

ing peaks by ∼300 to 900 years, and a WAIS δ18O peak at ∼23.7 ka implies a

24.0–24.6 ka North Atlantic subsurface temperature peak that coincides with the

H2 carbonate precipitation event (Fig. 4.9E,G,H). Since North Atlantic subsur-

face warming is directly related to stadial conditions (Marcott et al., 2011), this

behavior is fully consistent with “polar seesaw” models of inter-hemispheric heat

redistribution over D-O cycles, whereby Southern Ocean warming occurs during

cool North Atlantic surface conditions of stadials (e.g. EPICA Community Mem-

bers, 2006). The observed time lag may be related to inter-hemispheric lags be-

tween the WAIS and northern hemisphere records of up to 300 years (WAIS Divide

Project Members, 2015) or age-depth model uncertainties for core EW9302-2JPC

(2σ = 200 to 600 years at each dated horizon; Marcott et al., 2011).

In concert, these records indicate perfect concordance between Baffin Island

carbonate precipitation events and typical (non-terminal) HEs, implying a rela-

tionship between HE processes and basal ice sheet processes over central Baffin

Island. Cold-based conditions at the BIC margin and across much of Baffin Island

margin during the last glacial period are supported by ice sheet reconstructions

(Marshall and Clark, 2002) and the preservation of >40 ka plants in growth po-

sition within the modern Penny Ice Cap (Pendleton et al., 2019). However, the

requirement of liquid water for CaCO3 precipitation indicates that LIS processes

during HEs accommodated basal melting at the modern BIC margin by either

thickening the overlying ice mass or by shear heating resulting from accelerated

ice flow. The stability of reconstructed ice thickness over Baffin Island during the

interval from 30–15 ka contradicts a cyclic thickening (i.e. binge-purge) mecha-

nism driving subglacial melting at this location (Fig. 4.9D; Gowan et al., 2021).
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Therefore, melting at this site requires ice acceleration and concomitant shear-

heating, which could be achieved by enhanced ice streaming in the numerous ice

streams on the eastern coast of Baffin Island (Fig. 4.1). Baffin Island ice streams

that formerly occupied the Scott and Buchanan Troughs adjacent to the BIC,

reached LGM extents that positioned their grounding lines in excess of 1000 m

below modern day sea-level (Brouard and Lajeunesse, 2017), the same interme-

diate water depths that record benthic warming correlated with HEs (Fig. 4.9G;

Marcott et al., 2011). Models relating HEs to subsurface warming invoke HSIS

surging in response to grounding line melting and retreat (Bassis et al., 2017)

or collapse of ice-stream-buttressing ice shelves (Marcott et al., 2011). We pro-

pose that the same process(es) occurred for ice streams along the Baffin Island

coast, resulting in ice stream surging that accelerated inland ice velocities and

elevated basal temperatures via shear heating (e.g. Clarke et al., 1977; Ritz, 1987)

to accommodate basal melting and carbonate precipitation at the BIC margin.

The enhanced ice flow velocity must be connected to Baffin Island ice stream

surging rather than HSIS surging given the relative stability of the Foxe Dome

during widespread LIS thinning associated with HSIS surges. For instance, the

early deglacial period (20–15 ka) saw significant thinning of the Keewatin and

Quebec-Labrador domes, whereas the Foxe Dome elevation remained essentially

unchanged (Fig. 4.1; Gowan et al., 2021). Thus, the formation of subglacial

precipitates at the BIC margin was a consequence of local ice stream responses

to ocean subsurface warming and implicates subsurface North Atlantic warming

as a causal mechanism of HEs, independent of traditional HSIS evidences. The

similar pacing of these Baffin Island HE responses imply that the recovery time

of Baffin Island ice streams were similar to the HSIS (Bassis et al., 2017) or that

HE-inducing ocean warming events were especially pronounced or modulated by
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ice shelf and sea ice processes (Marcott et al., 2011; Hoff et al., 2016).

Despite ongoing subsurface ocean warming during H1, subglacial calcite pre-

cipitation stopped by ∼18 ka, prior to the onset of H1 IRD deposition (Fig.

4.9E–G). The abrupt cessation may suggest a shift in LIS dynamics and associ-

ated basal conditions following the progression of glacial termination that began

between 18–20 ka (Denton et al., 2010). Alternatively, this may be an artifact of

a small number of samples (two at the Rimrock Hills site and one at the BIC mar-

gin) that fail to capture the true duration of subglacial calcite precipitation across

the H1 interval. Moreover, the concordance of the two Rimrock Hills samples may

indicate that calcite precipitation at the Rimrock Hills site was not sensitive to

HE fluctuations over the course of Marine Isotope Stage (MIS) 2, but rather was

sensitive to basal melting only during the LGM. The distinct morphological char-

acter of the Rimrock Hills sample suite and their formation at summit locations

(Refsnider et al., 2012) imply that their formation mechanism may be decoupled

from the BIC margin precipitates. Further collection and analysis of subglacial

precipitates from central Baffin Island will be crucial to sufficiently evaluate the

duration of subglacial calcite precipitation at the onset of H1.

Conversely, our findings and those of Refsnider et al. (2012) do not identify any

subglacial carbonate precipitation on Baffin Island preceding H3, which reflects

either inhibited basal melting or poor precipitate preservation prior to ∼30 ka.

The reduced thickness of the LIS during MIS 3 (Dalton et al., 2019; Gowan et al.,

2021) may have prevented basal melting and calcite formation even during peri-

ods of ice acceleration. Indeed, the first carbonate precipitate appears when local

ice recovers to its thickest since MIS 3 (Fig. 4.9D). The recuperated ice thick-

ness (>1400 m at BIC margin by 30 ka) may have been necessary to sufficiently

insulate the bed to accommodate melting during HE-associated ice stream accel-
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eration and shear heating. In addition, MIS 2 expansion of the LIS may have

taken until ∼30 ka to advance the grounding lines of Baffin Island ice streams

into intermediate-depth ocean water (or establish a large enough ice shelf) and

become sufficiently sensitive to subsurface warming events. Alternatively, limited

preservation of pre-H3 carbonate precipitates may also account for their absence

in the present dataset. The disconformity between the layers M09-B176R.a and

M09-B176R.b (Fig. 4.6B,C) confirms erosion of early-formed carbonate precip-

itates between episodes of formation. However, preservation of M09-B176R.b,

albeit partially eroded, implies that more ancient samples may be found near

the BIC margin if they were adequately protected from these erosive episodes.

Further collection and analysis of BIC margin carbonate precipitates will provide

important tests of this hypothesis and evaluate whether significant basal melting

in central Baffin Island occurred prior to ∼30 ka.

4.5.4 A source for elevated ocean δ234U during early

deglaciation

The elevated δ234Uo compositions of calcite-forming subglacial waters on Baf-

fin Island are consistent with the subglacially derived high-δ234U waters invoked

to explain the rise in North Atlantic δ234U during H1 (Fig. 4.9K; Chen et al.,

2016). In addition, seafloor sediments from Baffin Bay record a release of high-

δ234U waters into Baffin Bay shortly after lower latitude Atlantic δ234U reaches

its peak. In Baffin Bay, sedimentation rate and the flux of unsupported 230Th

to sediments increase in unison during H2 and H3 (Fig. 4.9I,J), consistent with

enhanced transport of scavenged 230Th to the seafloor during increased sedimen-

tation (Simon et al., 2012; Nuttin and Hillaire-Marcel, 2015). Yet, the sedimenta-

tion rate remains conspicuously unchanged during a surge of 230Th flux to values
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4–5 times higher than background conditions, beginning immediately following

final subglacial carbonate formation on Baffin Island and peak δ234U in the low-

latitude Atlantic (Fig. 4.9E,I–K). Since 230Th flux to the seafloor scales with the

amount of parent 234U in the water column, increased marine 234U will enhance
230Th production rates and lead to an enhanced sedimentary flux of unsupported
230Th. Therefore, the elevated 230Th flux to Baffin Bay sediments without a cor-

responding sedimentation rate increase implies the release of high [U] and δ234U

waters into Baffin Bay. The deglacial 230Th flux is nearly 5 times greater than

the background flux, an enrichment almost 2 orders of magnitude greater than

the 6 % increase in δ234U observed in lower latitude Atlantic waters (Chen et al.,

2016). Thus, we infer a localized high-δ234U perturbation in Baffin Bay, impli-

cating δ234U>1000 %� waters, such as those recorded by subglacial carbonates

in central Baffin Island for 15 ka prior to this event. Before ∼17 ka, high-δ234U

subglacial groundwater aquifers were likely restrained by permafrost conditions

at the LIS margin that persisted during HEs. During the extended H1-deglacial

conditions, we propose this water was instead routed to the ice sheet margin,

perhaps due to protracted subsurface ocean warming or more extensive LIS basal

melting than during previous HEs (Marshall and Clark, 2002).

Elevated δ234U compositions are found widely in marginal zones of the LGM

LIS (Fig. 4.1A). Speleothems just beyond the southern LIS margin and within

20–50 m of the modern surface record δ234Uo ranging from 800 to 8000 %�, with

the majority >2000 %�, spanning the last 250 ka (Batchelor et al., 2019a). Late

Pleistocene speleothems from caves near the southeastern LIS margin record some

δ234Uo compositions in excess of 1000 %� (Lauritzen and Mylroie, 2000). Cryogeni-

cally precipitated carbonates in an aufeis frozen from LIS basal waters near the

LGM northwestern margin at ∼19 ka record δ234Uo∼800 %� (Lacelle et al., 2013).
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In the southern Canadian Rockies, near the southwestern margin of the LIS, some

high-elevation (2500 m above modern sea level) speleothems record δ234Uo in ex-

cess of 1000 %� (Biller-Celander et al., 2021). We acknowledge that the above-

mentioned elevated δ234U compositions are not necessarily an artifact of glacio-

hydraulic pumping of deep shield groundwaters to the surface and may instead

reflect protracted residence of porewater in permafrost environments (e.g. Ewing

et al., 2015). For example, long-lived permafrost systems in Siberia have main-

tained δ234U>1000 %� over million-year timeframes without the presence of an

ice sheet (Vaks et al., 2013, 2020). Southern and southeastern LIS permafrost en-

vironments were flushed by groundwater discharge during glacial terminations (if

not more frequently; Lemieux et al., 2008), making the protracted (105−106 years)

porewater residence necessary for substantial in situ 234U-enrichment improbable

(Ewing et al., 2015; Vaks et al., 2020). Nonetheless, the groundwater-permafrost

distinction is functionally unimportant: the mechanisms of 234U-enrichment by

α-recoil injection are identical in bedrock aquifer, subglacial groundwater, and

permafrost settings (Ewing et al., 2015; Méjean et al., 2016; Blackburn et al.,

2020) and all produce high-δ234U subglacial and periglacial groundwaters. Col-

lectively, records of high-δ234U shallow and surfacing groundwaters ringing the

LIS margin imply that such waters were commonplace, constituting a significant

reservoir of continental waters with elevated δ234U stored in permafrost and (po-

tentially pressurized) subglacial aquifers (Boulton et al., 1993).

We identify LIS groundwaters, broadly encompassing liquid porewaters in sub-

glacial tills as well as permafrost in sub- and proglacial settings, as a compelling

candidate for the subglacial reservoir responsible for 6 %� enrichment of Atlantic

Ocean δ234U during early deglaciation (Chen et al., 2016). As discussed above,

these waters both occurred widely around the LIS margin and, in Baffin Bay,
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appear to have been responsible for locally elevated seawater δ234U (evidenced

by elevated sedimentary 230Th flux). Therefore, LIS groundwaters represent a

sizable reservoir of relatively high-δ234U waters that may be readily released into

marine environments during deglacial processes. Chen et al. (2016) simulated

the upper North Atlantic record by reducing a simplified model AMOC by 50 %

and enhancing the δ234U of modern riverine and groundwater inputs into the up-

per Atlantic from 339 to 800 %�. In comparison, LIS-associated groundwater

δ234U are often ≥800 %�. In terms of the total flux, subglacial precipitates are

poor records of the quantitative U content of parental subglacial groundwaters,

given their proposed formation from cryoconcentrated residues of groundwaters

(periglacial speleothems and concretions may be similarly concentrated or diluted

with meltwater). However, deep groundwaters with elevated δ234U are typically

>10 µg U·l−1 (e.g. Gascoyne, 1989), and Arctic permafrosts with δ234U approach-

ing 1000 %� range from ∼1–50 µg·l−1 (Ewing et al., 2015). These compositions

exceed the U content of seawater (∼3 µg·l−1; Chen et al., 1986), indicating that

subglacial waters and melted permafrost may serve as powerful levers on ocean

δ234U at lesser volumes than riverine input (typically �3 µg·l−1; Dunk et al.,

2002). Thus, melted permafrosts and deeply sourced groundwaters can approxi-

mate the U fluxes identified by Chen et al. (2016) to adequately reproduce North

Atlantic δ234U enrichment at 20–15 ka.

The likely role of LIS permafrosts and groundwaters in the deglacial Atlantic

U budget is further supported by the sensitivity of these two reservoirs to basal

melting. The areal extent of the LIS remained stable from the LGM until about

15 ka (Dyke et al., 2002), indicating that ice margin retreat and subaerial exposure

of subglacial waters are not tenable mechanisms for subglacial water release. LIS

models predict that LGM-like ice volumes similarly persisted to ∼15 ka, but
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basal melt increased from <40 % at 25 ka to >50–60 % between 20 and 15 ka

(Marshall and Clark, 2002), in large part due to sustained LGM ice thickness. The

early deglacial progression of subglacial melting provided an efficient mechanism

to mobilize high-δ234U waters sealed in permafrost and sub-permafrost marginal

aquifers and enhance hydrologic connectivity to deliver interior groundwaters to

the ice sheet margin.

4.6 Conclusions & Future Work

Subglacially formed carbonate precipitates from the northern BIC margin and

Rimrock Hills region of Baffin Island provide a terrestrial record of changing LIS

dynamics and subglacial melting during HEs. Since reconstructed ice thickness

remains fairly stable at the BIC margin spanning several episodes of subglacial

melting, enhanced thickness during HEs is an unlikely impetus for subglacial melt-

ing, instead requiring a dynamic heat source. However, the Foxe Dome and north-

ward ice drainage over central Baffin Island are relatively insensitive to southerly

ice thinning and require local changes in ice dynamics to generate basal warming.

Collectively, observations and predictions are most consistent with basal shear

heating caused by Baffin Bay ice stream surging in response to subsurface ocean

warming, which also triggers HSIS surging (Marcott et al., 2011; Bassis et al.,

2017). While internal ice sheet dynamics may play a modulating role in the pro-

cess, our terrestrial record of ice acceleration supports an ocean warming stimulus

for HEs.

Stable and radiogenic isotope compositions of the carbonate precipitates iden-

tify local provenance of C and O, whereas dissolved cations indicate mixture of

local waters with deep groundwaters derived from the continental interior. The

elevated δ234U compositions of groundwaters on Baffin Island are comparable
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to records of other sub- and peri-glacial groundwaters found widely along the

LIS margin, indicating that high δ234U subglacial groundwaters and permafrosts

were widespread beneath the marginal LIS. Basal melting of the LIS during early

deglaciation would have melted, mixed, and released these waters at the ice sheet

margin and may have caused the rise in Atlantic intermediate-surface water δ234U

observed during this timeframe (Chen et al., 2016). Ongoing work in this study

will more quantitatively explore how model LIS groundwaters may have con-

tributed to the Atlantic Ocean U budget during the latest Pleistocene, building

on pre-existing ocean mixing model frameworks.
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Figure 4.1: A,B. Maps of the Laurentide ice sheet (LIS) extent (A) and Baffin
Island (B). Modern sea level and land ice distribution (white) are overlain by LIS
extent at the last glacial maximum (purple border; Batchelor et al., 2019b), paleo-
ice streams draining the Foxe Dome (pale blue with dark borders; Margold et al.,
2015b), subglacial carbonate precipitates measured in this study (diamonds), and
groundwater-fed periglacial carbonate precipitates with δ234Uo >500 %� (circles;
Lauritzen and Mylroie, 2000; Lacelle et al., 2013; Batchelor et al., 2019a; Biller-
Celander et al., 2021). Black boxes in A indicate extents in B–D. C,D. Surface
elevation of LIS and surrounding land and bathymetry (relative to modern sea
level) at 20 and 15 ka (Gowan et al., 2021) with contours at 1000 m intervals
(starting at 0 m).
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Figure 4.2: Subglacial carbonate precipitates analyzed in this study. Scale bars
represent 2 cm and “a” and “b” labels respectively indicate upper and lower
surfaces and layers. A. M09-B152R fragments are mm-scale veneers formed on
rock surfaces, exhibiting two different lithologies. M09-B152R.1: light-brown
carbonate-cemented clastics with linear grooves parallel to the direction of ice
flow. M09-B152R.2: dark brown, mm-scale nodules with less detrital content.
B. M09-B176R has two distinct layers (a and b), separated by a sharp contact
(traced in “profile” perspective). C. M09-B177R is gray-brown with a globular
surface morphology and a massive interior texture of calcite-cemented sand-to-
silt detritus. Black box outlines location of cross-section. D. M09-B183R is pale
grey to beige with a globular surface morphology and a massive calcite-cemented
interior texture similar to M09-B177R. Cross-section outlined as in D. This rock
was sampled within 60 m of the BIC edge, suggesting very recent exposure, which
may account for its lighter surface color compared to the morphologically similar
M09-B177R. E. M09-B184R is a thin, light brown veneer of calcite on a granite
clast, with delicate fluted lineations parallel to local ice flow. F. M09-B071R,
sampled from the Rimrock Hills region, is a calcite-cemented siltstone with al-
ternating dark and light brown laminations. Light layers correspond to increased
detrital sand content (visible in transmitted light photomicrograph).
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Figure 4.3: Two-dimensional projections of three-dimensional U-Th isochrons
for M09-B177R (A) and M09-B183R (B). Color denotes 87Sr/86Sr. All reported
and plotted uncertainties (ellipses and gray regression envelopes) reflect 95 %
confidence intervals and include decay constant and tracer uncertainties. Fractions
included in the regressions are indicated with black dots and thick borders.

119



M09-B184R
slope =  2.744 ± 0.160

intercept = 0.36 ± 0.81
dispersion = 0.37 +0.46 / –0.16

n = 5

(23
4 U

/23
2 Th

)

0

5

10

15

20

�

�

�

�

�

(238U/232Th)

slope =  0.449 ± 0.026
intercept = 0.938 ± 0.132

dispersion = 0.059 +0.080 / –0.030
n = 5

(23
0 Th

/23
2 Th

)

2

4

6

0

�

�

�

�

�

B

0 4 8

0.6

0.7

0.8

0.9

0.724 0.73287Sr/86Sr

0.2 0.3 0.4 0.5
(232Th/238U)

(23
4 U

/23
8 U

)
(23

0 Th
/23

8 U
)

2.6

2.7

2.8

2.9 A

Figure 4.4: U-Th isotope and 87Sr/86Sr compositions of M09-B184R fractions.
A. Low 87Sr/86Sr fractions are apparently correlated with respect to (230Th/238U)-
(232Th/238U) but not (234U/238U)-(232Th/238U). Ellipses reflect 95 % confi-
dence intervals, including decay constant and tracer uncertainties. B. Regres-
sions of 232Th-normalized 230Th-234U-238U data identify a significantly non-zero
(230Th/232Th) intercept and an (234U/232Th) intercept within uncertainty of zero
(dashed lines). Regressions incorporate analytical uncertainties only (smaller than
symbols) and were calculated with a maximum likelihood estimation method that
attributes over-dispersion to geologic variation in (234U/232Th) or (230Th/232Th),
summarized in the reported “dispersion” terms (Vermeesch, 2018). Plotted and
reported uncertainties are 95 % confidence intervals.
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M09-B176R.b exhibit similarly elevated 87Sr/86Sr compositions and array a U-Th
isochron (included fractions have black central dots and thick ellipse borders).
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reflect 95 % confidence intervals and include tracer and decay constant uncer-
tainties. Regression was calculated by a maximum likelihood estimation method
that attributes over-dispersion to geologic variability in (234U/238U) (Vermeesch,
2018). B. Cross-section of M09-B176R. Blue boxes indicate sampling locations
of upper unit (a), lower unit (b), and less coherent material between those units
(ab). Black box bounds enlarged region in panel C. C. Uncorrected U-Th dates of
stratigraphic layers of M09-B176R, plotted with analytical uncertainties (2σ stan-
dard error, typically smaller than symbols). Black lines demarcate layer divisions.
M09-B176R.b U-Th dates are within uncertainty of the isochron date (blue). All
plotted M09-B176R.a dates reflect fractions with (230Th/232Th)>20.
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Figure 4.7: A. Two-dimensional projections of three-dimensional U-Th iso-
tope plots and 87Sr/86Sr compositions of M09-B071R fractions. M09-B071R.a1
(see panel D) exhibits the four lowest 87Sr/86Sr compositions and arrays a U-Th
isochron (fractions identified with black center dots and thick ellipse borders).
Remaining fractions show no apparent trend in U-Th isotopes or 87Sr/86Sr. Re-
ported and plotted uncertainties (ellipses and gray regression envelopes) reflect
95 % confidence intervals that include tracer and decay constant uncertainties.
Regression was calculated by a maximum likelihood estimation method that at-
tributes over-dispersion to geologic variability in (234U/238U) (Vermeesch, 2018).
Uncertainty on δ234U dispersion is smaller than the reported significant figures on
δ234Uo. B. Regressions of 232Th-normalized 230Th-234U-238U data of the remain-
ing M09-B071R layers (a2–a8) identify detrital (234U/232Th) and (230Th/232Th)
contributions within uncertainty of zero (dashed lines). Regressions incorporate
analytical uncertainties only (smaller than symbols) and were calculated with a
maximum likelihood estimation method that attributes over-dispersion to geologic
variation in (234U/232Th) or (230Th/232Th), summarized in the reported “disper-
sion” terms (Vermeesch, 2018). Gray envelopes and reported uncertainties are
95 % confidence intervals. C. Uncorrected U-Th dates of fractions from layers
a2–a8 exhibit no dependency on (230Th/232Th), indicating a negligible detrital
230Th contribution. Dates plotted with 2σ (standard error) analytical uncer-
tainties. D. U-Th dates relative to stratigraphic position. Layer a1 date from
isochron (A). Layers a2–a8 are uncorrected single-fraction dates (±2σ standard
error analytical uncertainty). Black lines demarcate layer divisions. Pale blue bars
reflect histogram distribution of mean values (bin width=0.75 ka; panel height=5
counts).
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Figure 4.8: A,B. Carbonate δ18O, δ13C, 87Sr/86Sr, and (234U/238U) of Baffin
Island subglacial precipitates from Rimrock Hills (RH, circles) and Barnes Ice
Cap (BIC, squares) margin (data from this study and Refsnider et al., 2014). Left
and right y-axis units respectively represent measured carbonate δ18O composi-
tions (δ18Ocarb (VSMOW)) and calculated calcite-forming water δ18O compositions
(δ18Owater (VSMOW)), assuming a water-carbonate fractionation of 33.6 %� at 0◦C
(after Refsnider et al., 2012). RH samples other than M09-B071R plot beyond the
bounds of B due to high 87Sr/86Sr (>0.77). 87Sr/86Sr uncertainties are 2σ stan-
dard error (smaller than symbols). δ13C and δ18O uncertainties are 2σ standard
error of individual fractions (this study) or 1σ standard deviation of replicate
means (Refsnider et al., 2014). C–E. Carbonate δ13C, δ18O, and 87Sr/86Sr vs.
U-Th ages of carbonate formation from Table 4.2. Ages incorporate only an-
alytical uncertainties (95 % confidence intervals) to allow more precise internal
comparison. Dashed line in D represents the threshold of post-LGM δ18O compo-
sitions. Arrows in E indicate the stratigraphic progression of 87Sr/86Sr evolution
in M09-B176R (labels correspond to Fig. 4.6). In panels B–E gray bars indi-
cate affiliation among samples that use a redundant age or isotopic ratio due to
consolidation with a model age or lower resolution sampling for δ18O-δ13C mea-
surements. F. Paired 87Sr/86Sr-(234U/238U) compositions (±2σ standard error)
from BIC and RH precipitates. The topology of BIC precipitates are plausibly
explained by a ≥2 endmember hyperbolic mixing model (gray envelope shows a
reasonable range). Arrows indicate relative endmembers, accompanied by con-
straints on isotopic compositions and relative elemental concentrations based on
the implied mixing relationship.
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Figure 4.9: Chronologic comparison of Baffin Island subglacial calcite-forming
events with various climate, ocean, and ice sheet records (datum: 1950 CE). Multi-
ple proxies from the same record are plotted in the same color (F/G and I/J). Red
bars indicate “Greenland Interstadial” events of Rasmussen et al. (2014). Blue
bars indicate Heinrich events: H1 spans the comprehensive timeframe of Stanford
et al. (2011); and H2 and H3 are constrained from HE-associated excursions in
the Hulu Cave speleothem record (B). A. NGRIP δ18O record of Greenland tem-
perature variation (GICC05 timescale, adjusted to 1950 CE datum; Rasmussen
et al., 2014). B. Hulu cave δ13C from stalagmites PD and MSD records Asian
monsoon precipitation changes that vary synchronously with Greenland temper-
ature changes (Wang et al., 2001). C. Sinistral Neogloboquadrina pachyderma
δ18O record at Orphan Knoll (core MD95-2024P), a proxy for freshwater flux into
the North Atlantic. Recalibrated from the original record (Hillaire-Marcel and
Bilodeau, 2000) by Lynch-Stieglitz et al. (2014). D. Simulated ice thickness over
the Rimrock Hills (bronze) and Barnes Ice Cap margin (black; Gowan et al., 2021).
E. Baffin Island calcite-forming events from individual samples and subsamples
dated in this study and Refsnider et al. (2012, indicated with dashed lines), traced
with a probability density plot (PDP; Vermeesch, 2012). Bells indicate uncertainty
distributions about mean dates (vertical lines). F,G. Carbonate ice-rafted detri-
tus (IRD, panel F) and water temperatures calculated from benthic foraminifera
Mg/Ca at an intermediate-depth site in the Labrador Sea (Marcott et al., 2011).
H. West Antarctic Ice Sheet (WAIS) divide ice core δ18O (WD2014 chronology;
WAIS Divide Project Members, 2015). Local maxima in WAIS δ18O lag Labrador
Sea subsurface warming by 300–900 years (dashed lines). A ∼24 ka WAIS δ18O
peak implies a Labrador Sea subsurface warming event shortly after 25 ka within
a gap in the benthic temperature record in G. I,J. Sedimentation rate (I; Simon
et al., 2012) and flux of unsupported 230Th (F(230Th)xs) to seafloor sediments
(J; Nuttin and Hillaire-Marcel, 2015) in Baffin Bay. K. Seawater δ234U (±2σ
uncertainty) in the upper (<1.5 km-depth) low-latitude North Atlantic Ocean,
reconstructed from deep-sea corals (Chen et al., 2016).

128



Table 4.1: Detrital Th-corrected U-Th dates and initial δ234U (δ234Uo) for sam-
ple M09-B184R, calculated by subtracting the detrital (230Th/232Th) composition
regressed in Figure 4.4. Uncertainties are absolute 2σ standard error and include
systematic (i.e. tracer, decay-constant) uncertainties.

U-Th date (ka)a δ234Uo

M09-B184R-2 17.69 ± 1.29 2022.4 ± 8.9
M09-B184R-3 17.44 ± 3.37 1829.5 ± 27.8
M09-B184R-4 18.92 ± 1.34 2004.0 ± 20.9
M09-B184R-5 18.78 ± 0.87 1832.8 ± 4.9
M09-B184R-6 19.03 ± 1.80 1923.0 ± 9.9

aDates calculated relative to 1950 CE.
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Table 4.2: Representative model ages and initial δ234U (δ234Uo) compositions of central Baffin Island subglacial calcite-
forming events, calculated from isochron regressions, individual fractions, or weighted means (with a random effects
model) of individual fractions. Means are calculated from uncorrected U-Th dates and δ234Uo of fractions unless otherwise
stated. In cases where the MSWD>5, we report the calculated dispersion (with uncertainties) of the random effects
model in lieu of the discreet MSWD value. All uncertainties reflect 95 % confidence intervals.

Formation Model age MSWD or δ234Uo MSWD or
Event Method n (ka)a dispersion (+–) (%�) dispersion (+–)

M09-B071R meanb 16 18.38 ± 0.40 0.80 +0.41
–0.24 797.5 ± 7.1 14.3 +7.1

–4.0

M09-B184R meanc 5 18.56 ± 0.58 0.78 1923 ± 71 81 +96
–33

M09-B152R isochron 4 20.91 ± 3.68 — 2162 ± 93 5.7 +0.1
–1.7

M09-B183R isochron 3 23.44 ± 4.14 2.4 1897.4 ± 38.6 —

M09-B177R isochron 4 24.72 ± 1.54 2.9 1212.3 ± 6.6 —

M09-B176R.a1 — 1 23.43 ± 0.53 — 1559.6 ± 4.0 —
M09-B176R.a3 — 1 23.86 ± 0.49 — 1657.6 ± 2.8 —
M09-B176R.a4 — 1 24.32 ± 0.53 — 1736.0 ± 4.4 —
M09-B176R.a5 mean 3 24.87 ± 0.29 0.085 1724.8 ± 3.3 2.5 +6.0

–2.1
M09-B176R.b isochron 6 30.71 ± 0.89 — 1627.6 ± 8.0 2.9 +0.7

–1.8

aDates calculated relative to 1950 CE datum.
bMean calculated from n=15 individual fraction dates and n=1 isochron date (B071R.a1, Fig. 4.7)
cMean calculated from dates in Table 4.1
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Table 4.3: Carbonate C and O isotope compositions of Baffin Island sub-
glacial precipitates. Subsample labels follow the labelling schemes of Figures
4.2,4.6,4.7 for U-Th-Sr. Uncertainties of δ13C and δ18O measurements are <0.05
and <0.10 %�, respectively.

Sample.Subsample Weight % δ13C(VPDB) δ18O(VSMOW) δ18O(VPDB)
CaCO3 (%�) (%�) (%�)

M09-B071R.a1 69.1 -9.40 4.69 -25.43
M09-B071R.a2 66.3 -9.79 5.09 -25.05
M09-B071R.a3 56.5 -9.82 5.26 -24.88
M09-B071R.a4 73.0 -9.59 5.12 -25.02
M09-B071R.a5 65.2 -9.39 4.76 -25.37
M09-B071R.a6 62.6 -9.26 4.41 -25.71
M09-B071R.a7 67.3 -9.22 4.64 -25.48
M09-B071R.a8 65.1 -9.19 4.39 -25.72

M09-B15R2.1 75.2 -7.33 5.99 -24.17
M09-B152R.2 85.1 -7.93 6.11 -24.06

M09-B176R.a1 71.7 -7.97 6.69 -23.49
M09-B176R.a2 52.9 -7.70 6.99 -23.20
M09-B176R.a3 72.4 -7.47 7.28 -22.92
M09-B176R.a4 64.3 -8.07 6.90 -23.29
M09-B176R.a5 57.9 -8.01 6.88 -23.31
M09-B176R.b 59.8 -8.21 6.14 -24.03

M09-B177R.a 53.4 -8.49 7.28 -22.92
M09-B177R.b 33.1 -7.42 8.05 -22.17

M09-B183R.a 47.8 -8.12 7.82 -22.40
M09-B183R.b 46.3 -7.71 6.45 -23.73

M09-B184R 80.0 -7.56 5.69 -24.46
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Appendix A

Data Repository Content for

“Detecting the extent of ca. 1.1

Ga Midcontinent Rift plume

heating using U-Pb

thermochronology of the lower

crust”

Reprinted from:

Edwards & Blackburn, 2018. “Detecting the extent of ca. 1.1 Ga Midcontinent

Rift plume heating using U-Pb thermochronology of the lower crust,” Geology 46,

911–914. DOI: 10.1130/G45150.1
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Appendix DR1. Sample Preparation, U-Pb Measurement, and Data Reduction  
Xenolith samples from the Victor North kimberlite (Fig. 1) were supplied by De Beers 

Group with assistance of Karen Smit. Twenty-two of the larger samples that appeared to 
represent a range of lithologies were selected for study. Lithologies and accessory mineral 
presence/absence were identified by petrographic microscopy of thin-sections made by Wagner 
Petrographic Inc. (Fig. DR1.1; Table DR1.1). For those samples containing rutile and/or apatite, 
accessory mineral fractions were extracted from xenoliths by standard crushing, followed by 
magnetic and heavy liquid (LMT) separations. Single crystal fractions of rutile and single and 
multi-grain fractions of apatite were selected for analysis based on grain size, morphology, and 
color. Minimum grain diameters (Table DR1.1) were measured from digital photomicrographs 
using Leica Application Suite (Version 4.5.0) software.  

Rutile fractions were heated at 90 ºC for 30 minutes in concentrated nitric acid, and 
apatite fractions were sonicated at room temperature for 30 minutes in 5% acetic acid. Following 
these treatments, fractions were rinsed 3x with 18 M"#cm deionized ultrapure water, loaded into 
Savillex fluoropolymer (PFA) microcapsules, and spiked with an in-house mixed 205Pb-233U-235U 
tracer. Samples were dissolved within PARR digestion vessels. Rutile was dissolved in 
concentrated HF for 48 hours at 210 ºC and converted to chlorides in 6N HCl for 12 hours at 180 
ºC. Apatite was dissolved in 6N HCl for 12 hours at 180 ºC. All samples were then converted to 
1.1 N HBr for column introduction, and U and Pb were separated from other elements using an 
HBr/HCl anion exchange recipe after Schmitz and Bowring (2003) with a 50 µL micro-column.  

Reported U and Pb isotopic data are whole crystal analyses measured with Isotope 
Dilution-Thermal Ionization Mass Spectrometry (ID-TIMS) conducted on the UCSC IsotopX 
X62 Thermal Ionization Mass Spectrometer. U and Pb separates were loaded onto zone-refined 
(99.999%) Re ribbon with a Si gel-0.035 M H3PO4 activator. Pb was measured with a peak 
jumping method on a single collector Daly-photomultiplier ion counting system, and U was 
measured using either peak jumping methods on the Daly-photomultiplier system or static 
collection on Faraday cup detectors connected to 1012 " resistance amplifier cards.  

 Model U-Pb dates were calculated using U-Pb Redux (McLean et al., 2011). General 
constants used in model U-Pb date calculations are tabulated in Table DR1.2. Total procedural 
blanks ranged between 0.5-0.9pg, as did the common Pb amounts of many rutile analyses (Table 
DR1.1). Those samples with common Pb amounts exceeding these laboratory blank levels were 
assigned an initial Pb composition for 2.7 Ga (Stacey and Kramers, 1975). The exception to this 
was sample 14-VK-02, from which rutile fractions exhibited modest discordance inconsistent 
with the much more radiogenic fractions from sample 14-VK-22, which were insensitive to the 
assumed initial Pb composition. Samples 14-VK-02 and 14-VK-22 produced similar apparent 
206Pb/238U dates that indicate a similar or even greater depth of residence for sample 14-VK-02 
(Appendix DR3). If we assume 14-VK-02 rutile remained open to Pb-diffusion during its high 
temperature history and use a Stacey and Kramers (1975) initial Pb composition for any time 
between 160-1100 Ma, the U-Pb model dates are consistent with both the data from 14-VK-22 
and the results of the coupled thermal and U-Pb diffusion model.  
 The interpretation of apparent ages determined from mixed crystal domains (e.g. a large 
crystal with a crack that serves as a fast diffusion pathway) is not straightforward. Based on 
model U/Pb dates, age-grain size correlations were used to identify fractions exhibiting multi-
domain Pb diffusion behavior following the methods of Blackburn and others (2012). Those 
grains failing to plot consistently with a positive correlation between 206Pb/238U date and 
measured grain size likely represent multi- or partial crystal domains and were subsequently 
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rejected from the dataset. Additionally, measurements with ratios of radiogenic Pb (Pb*) to 
common Pb (Pbc) that were less than unity were rejected due to the necessarily large Pbc 
corrections and corresponding uncertainties. Such uncertainty ranges, typically in excess of 100 
My, provide inadequate resolution for assessing thermochronologic histories. Exceptions to these 
criteria were applied to samples 14-VK-02 and 14-VK-11, given the narrow 206Pb/238U age 
ranges represented by both samples and the negligible effect that the inclusion of those fractions 
with non-positive age-grain size correlations and/or Pb*/Pbc<1 had on interpretation of 
thermochronologic histories. All other measurements presented in this study represent fractions 
exhibiting apparently single-domain grain behavior based on age-grain size correlations and 
Pb*/Pbc values exceeding unity.  

Sample 14-VK-03 represents a special case in which only one fraction (r8; Table DR1.1) 
from this sample exhibits a value of Pb*/Pbc>1. Since only this measurement is included, the 
sample cannot be rigorously tested for an age-grain size correlation. However, it is bracketed 
with respect to its 206Pb/238U date by samples of similar, garnet-bearing petrology (14-VK-17, 
14-VK-08, 14-VK-06) that have $U-Pb values within uncertainty of 14-VK-03 (Figure 3). The 
bracketing among these samples with respect to 206Pb/238U and general agreement among $U-Pb 
values validate the inclusion of 14-VK-03 (fraction r8).  

In addition to rutile, sample 14-VK-02 yielded an aliquant of apatite that we measured by 
ID-TIMS. After correction for fractionation, tracer, and laboratory blank contributions, 14-VK-
02 apatite Pb compositions (Table DR1.3) are significantly less radiogenic than contemporary 
terrestrial Pb compositions and approximately consistent with modeled Neoarchean 
compositions (Stacey and Kramers, 1975). We interpret these primitive Pb compositions as 
maximum estimates of the nonradiogenic, common Pb composition of 14-VK-02, supporting an 
Archean origin for 14-VK-02. 
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Appendix DR2. Numerical Modeling and Statistical Methods 
 
Thermal and U-Pb Diffusion Models 

This study employs the methods of Blackburn and others (2012) in the application of a 
lithosphere-scale transient thermal model, the results of which (time-temperature paths for 
crustal rocks) are used as an input for a U-Pb diffusion model. The same discussions of model 
structure, inputs, and constants therein apply here, excepting differences to account for the 
geologic setting (i.e. crust and lithosphere thickness) and the exploration of a reheating event. All 
thermal model simulations were run using a 180 km initial lithosphere thickness, the Moho 
initially at 45 km depth, and an initial geothermal gradient characterized by a 70 mW/m2 surface 
heat flux. As shown in Blackburn and others (2012), model U-Pb results are insensitive to the 
assumed initial geothermal gradient due to early, fast cooling. Reheating events were simulated 
by interrupting the otherwise continuous cooling history at specified times with 1) an 
instantaneous geotherm adjustment (Figs. 4, DR2.1A, DR2.1B), 2) simulation of basal 
lithospheric thinning (i.e. shallowing of the lithospheric thermal boundary layer; Figs. 5, 
DR2.1C, DR2.1D), and/or 3) simulation of a mantle plume (i.e. heating at the base of the 
lithosphere; Figs. 5, DR2.1E, DR2.1F). In cases of instantaneous geothermal gradient 
adjustment, the new geotherm was set, held for a duration of 10 My and permitted to relax. This 
was explored for a range of geothermal gradients characterized by surface heat fluxes of 50, 60, 
70, and 80 mW/m2 (Fig. 4; 70mW/m2 shown in Fig. DR2.1). Thinning of the basal lithosphere 
and replacement by mantle of some temperature is simulated within the numerical model by 
fixing a temperature for some specified depth down to the original lithosphere depth (Fig. 
DR2.1C). In the example shown in Figure DR2.1C, the temperatures from 180 km to 125 km 
depth are replaced with ambient mantle temperature (1400 ºC), representing a “thinning only” 
end-member whereby no increase in model asthenospheric mantle temperature occurs. A mantle 
plume heating end-member is simulated by an increase of the lithosphere basal temperature. In 
the example shown in Figure DR2.1E, the base of the lithosphere is fixed to 1800 ºC, resulting in 
reshaping of the geotherm from the bottom-up with time. For both end-member heating scenarios 
explored in this appendix, a 200 My duration of heating is used to provide ample time for heat to 
propagate through the lithosphere to crustal levels. The goodness of fit between measured 
thermochronologic data and model simulations that explore these two end members of reheating 
(basal lithosphere thinning and plume heating) as well as hybrid space are presented in Figure 5 
and discussed below.  

 
Pearson Chi-Squared Test Methods to Compare Measured and Modeled U-Pb Data 

We utilize a Pearson chi-squared (%2) test to assess goodness of fit between measured data 
and model outputs exploring various reheating scenarios. For each model reheating scenario, a %2 
value is calculated for the pairing of a given measured data point with every modeled data point. 
The %2 calculation incorporates uncertainties of measured 206Pb/238U and 207Pb/235U (1! standard 
error values and covariance). To accommodate the range of observed grain sizes and probable 
partial and/or multi-domain behavior, these calculations are repeated for model results 
representing a range of grain sizes (25, 50, 100, and 150 µm radius). The minimum of these %2 
values is selected as the sole %2 value for that measured data point, representing its variance from 
the model prediction that best represents the measured value. This is repeated for each measured 
data point, applying modeled data for apatite and rutile appropriately to the respective measured 
data. The minimum %2 values for each measured data point are then summed for that model 
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reheating scenario. We identify the summation as S. This process is repeated for each model 
reheating scenario, and the “best-fit” scenario is identified as the one with the minimum S value 
(So). To compare the goodness of fit among the various scenarios, the differences between each S 
and So are plotted over a two-dimensional space defined by the model parameters of the 
reheating scenario (e.g. Fig. 5). Contours are interpolated among these S-So values using either a 
cubic spline with not-a-knot end conditions or a linear interpolation. Those S values falling 
within 1! of So are identified such that S! So+1. The goodness of fit for any given S may be 
independently evaluated by dividing S by the degrees of freedom, yielding a reduced %2 value, 
analogous to a “mean square of weighted deviates” (MSWD; Wendt and Carl, 1991; McLean et 
al., 2011).  
 Given the modeled data’s demonstrated sensitivity to diffusion kinetics on timescales 
between 1.1 and 2.5 Ga (Appendix DR3), the %2 test is only applied to measured data with 
206Pb/238U dates <1.1 Ga, where modeled data is insensitive to these parameters. Indeed, this 
constraint results in the exclusion of all the measured apatite data, which exclusively exhibit 
206Pb/238U dates greater than 1.1 Ga. However, the high uncertainties of the measured apatite 
data cause them to minimally affect results from Pearson tests of the entire modeled 2.7 Ga date 
range (Fig. DR2.2). Though not used in the Pearson tests, the apatite data do inform of a 
continuous slow cooling history between >2.5 and 1.1 Ga. 
 
Constraining an Accurate 1! Ellipse Within Chi-Squared Tests 
 To produce Figure 5, we ran simulations with the coupled lithosphere thermal-Pb 
diffusion model for a mesh of conditions constructed from the complete set of combinations of 9 
basal lithosphere temperature conditions (1400–1800 ºC) and 7 lithosphere thinning depths (120–
180 km), run at 4 grain sizes (25, 50, 100, 150 &m), a total of 252 simulations. To model the S–
So value for intervening space among simulated mesh points (identified in Figs. 5, DR2.3 with 
black dots), we apply a cubic spline interpolation with not-a-knot end conditions. The 
interpolation is applied to 100 x 100 node matrices over the spaces within each group of 4 
adjacent mesh points (i.e. each group of mesh points that form a 1 x 1 square). We are confident 
that this node resolution is adequate based on the observation that results for 100 x 100 node 
matrices and 1000 x 1000 node matrices are visually indistinguishable. As shown in Figure 
DR2.3, the interpolation yields three 1! ellipse-bounded areas within the model parameter space, 
a result inconsistent with the expectation of a single 1! ellipse enveloping some best-fit So 
coordinate. Furthermore, the only truly accurate S value (mesh point) falling within the ellipse is 
the So value, also calling into question the accuracy of the interpolated ellipse boundaries. To 
assess whether this result was accurate or an artifact of model mesh spacing and interpolation, 
we ran additional model simulations at a higher resolution over a reduced parameter area that 
contains interpolated ellipse space within our geologically permissible range (Fig. DR2.3, inset). 
We ran an additional 360 simulations within this area: the complete set of combinations of 10 
basal lithosphere temperatures (1610 – 1700 ºC) and 9 thinned lithosphere depths (125 km to 133 
km) run at 4 grain sizes. We calculate contour values from the Pearson %2 test results (mesh 
points) using a more conservative linear interpolation that is less prone to underestimating S-So 
values near unity than a cubic interpolation technique. The results (DR2.3 inset) reveal a 
continuous ellipse area within this space, containing a contiguous array of model output 
conditions (black dots) and a lower So, further confirming the accuracy of the ellipse (Figs. 5, 
DR2.3). The coarser grid likely hindered the ability of the interpolation to accurately model 
subtle variations in S-So at magnitudes of 10-1. Given the continuity of the ellipse within the 
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high-resolution space and its abutment with the boundaries of the space, we conclude that it 
likely continues beyond into the impermissible regions, supporting the statistical validity of a 
continuous 1! ellipse surrounding some So. 
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Appendix DR3. Reconstructing Lower Crustal Thermal Histories Despite Uncertainties in 
Model Parameters, Sample Depth, and Timescales of ~1.1 Ga Heating 

Some of the parameters utilized in the thermal and Pb diffusion models employed include 
uncertainties and perhaps inaccuracies. Here we show how the interpretation of measured data 
may be judged reliable through the identification of aspects of the modeled data that are 
insensitive to changes in model parameters. These aspects include 1) the $U-Pb topology and 
values for the deepest, most isotopically reset samples (<1.1 Ga U-Pb dates); 2) the position and 
$U-Pb values of the concave-up inflection (hereafter referred to simply as “inflection”) in $U-
Pb space; and 3) the topology, but not absolute values, of $U-Pb data predicted for shallow 
samples recording slow cooling between 2.5 and 1.1 Ga.  The sections below explore how our 
conclusions remain unaffected by uncertainties in Pb-mineral diffusion kinetics, thermal 
diffusivity, surface erosion rate, and absolute sample depth. Finally, we utilize Pearson %2 tests of 
modeled data to constrain the timescales of both onset and duration for Mesoproterozoic 
Attawapiskat heating. 

 
Uncertainties in Model Parameters: Diffusion Kinetics, Thermal Diffusivity, and Erosion Rate 
Diffusion Kinetics 

The diffusion of Pb in apatite and rutile is strongly temperature dependent and 
characterized by an Arrhenius relationship that requires input of a diffusion coefficient, D0 (m2/s) 
and activation energy, Ea (J/mol). These are experimentally determined values (e.g. Cherniak et 
al., 2000). Successful characterization of lower crustal thermal histories would seem to require 
well-constrained Pb diffusion kinetics for accessory phases. Problematically, the geochronologic 
dataset presented here, as well as several others (summarized in Blackburn et al., 2011), require 
that apatite begins to retain Pb at higher temperatures than rutile (e.g. 14-VK-11), a relationship 
in conflict with predictions of closure temperatures from Pb-diffusion kinetics (Fig. 3; Cherniak, 
et al., 1991; Cherniak, 2000, 2010). Figure DR3.1 systematically explores how aspects of the 
model results (206Pb/238U age, $U-Pb values) respond to variations in diffusion kinetics over a 
wide range of values well beyond the uncertainties of those published for rutile and apatite (Ea = 
250 kJ/mol and D0 = 3.9e-10 m2/s for rutile, 223 kJ/mol and 1.27e-8 m2/s for apatite; Cherniak, 
et al., 1991; Cherniak, 2000, 2010). The goal of this exercise is to clarify what aspects of the data 
can be reliably interpreted even if the accuracy of diffusion kinetics is in question.   

Kinetics primarily control the temperature, and therefore the depth, of Pb retention. In 
DR3.1A, we demonstrate the effect of changing Ea and D0 on the absolute 206Pb/238U age 
determined for a 30km deep sample. For a sample at a fixed depth, a higher Ea or lower D0 
increases the temperature of Pb retention, resulting in an older date (DR3.1A). Yet, this increase 
in the temperature of Pb-retention correspondingly increases the depth of the Pb Partial 
Retention Zone (PRZ). A sample positioned within this deeper PRZ experiences a slower cooling 
rate (due to higher insulation) and thus a longer duration of PRZ residence. As a result of this 
longer PRZ residence, increases in Ea and decreases in D0 correspond with an increase in 
maximum $U-Pb values, as observed in the “right-side” hump of data in $U-Pb space (Fig. DR 
3.1B).  

While the maximum $U-Pb value and corresponding absolute 206Pb/238U age is sensitive 
to diffusion kinetics, the timing and $U-Pb magnitude of the inflection are not (Fig. DR3.1C). 
This insensitivity stems from how the lithosphere is heated from its base during a thinning and/or 
plume-heating event. In both end-member scenarios, the intensity of heating scales with depth, 
so that if minerals had retained Pb at higher temperatures (high Ea and/or low D0) and therefore 
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greater depths, they lie closer to the heat source and experience a proportionally larger heating 
intensity than in a system where shallower samples retained Pb at lower temperatures due to low 
Ea and/or high D0.  In result, the effects of reheating on Pb retention are largely preserved for 
samples that experience near-complete resetting of the Pb isotopic system. Consequently, the 
subtle dependence of inflection $U-Pb values on diffusion kinetics (<10My) is too small for the 
measured data to resolve. Furthermore, we find that samples with U-Pb dates < 1.1 Ga (i.e. the 
“left-side” hump) have $U-Pb values within <10 My of each other, independent of the diffusion 
kinetics used (Fig. DR3.1C).  

These observations collectively allow us to conclude that any potential uncertainties in 
diffusion kinetics will negligibly influence the overall topology of modeled data, the $U-Pb 
values of the inflection, and all the $U-Pb values with U-Pb dates <1.1 Ga. Therefore, 
uncertainties in diffusion kinetics do not affect any conclusions that relate to: 1) the timing of 
lithosphere reheating; 2) the timing of continuous cooling of the lithosphere; and 3) the intensity 
of heating and the model-inferred temperature for the mantle beneath the Attawapiskat region at 
1.1 Ga. Thus, only the abovementioned three aspects of the data (overall topology, inflection of 
$U-Pb values, and $U-Pb values with U-Pb dates <1.1 Ga) are used to evaluate the best fit data 
in Figure 5 and the other Pearson %2 tests applied in this study. 

Thermal Diffusivity & Surface Erosion Rate 
In addition to kinetics of accessory phase Pb-diffusion, we explore two other parameters 

that may control the topology of model curves and the goodness of fit between modeled and 
measured data: assumed lithosphere thermal diffusivity and long-term surface erosion rate. With 
regards to thermal diffusivity, a 25% change in thermal diffusivity has very little effect on the 
overall topology of a modeled curve, instead scaling the degree of discordance and subtly 
shifting the inflection point, but not to an extent that would alter the interpretation of the data 
(Fig. DR3.2).  

The absence of a known long-term (billion-year) erosion rate for the Superior Province 
and Attawapiskat region presents challenges in assigning an appropriate exhumation rate to the 
thermal model simulations. Given the contemporary presence of Phanerozoic sediments 
overlying the Attawapiskat region (Fig. 1) and a regional record of oscillating burial and 
exhumation through the Phanerozoic (e.g. Lorencak et al., 2004), we assign a 0 m/Ma 
exhumation rate post-1.1 Ga. Under this condition, the results of Pearson chi-squared (%2) tests of 
modeled and measured data with 206Pb/238U dates <1.1 Ga are insensitive to variations in erosion 
rates (1-5 m/Ma) for the period between 2.7 Ga (model start) and 1.1 Ga: So values occur under 
the same paired lithosphere depth and temperature conditions, and So MSWDs vary negligibly 
(<2%; Fig. DR3.3). Therefore, we assign a rate of 1 m/Ma, a value consistent with the low long-
term erosion rates observed by Blackburn and others (2012) but also accommodating modest 
erosion averaged across the history of the Superior Province.  

Uncertainties in Sample Depth 
The precise xenolith residence depth is not necessary information for the conclusions 

drawn by the present study.  We do not claim to know the residence depths of xenolith samples 
and the decision to not make geobarometric determinations was largely driven by the fact that 
such measurements are difficult for non-garnet bearing samples. We instead assume that shallow 
samples cool first and deeper samples later. Further, we point to similar arguments made for 
uncertainties in the diffusion kinetics, namely that the timing of inflections, the magnitude and 
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topology of $U-Pb values <1.1 Ga, and the timing of periods of cooling are insensitive to the 
depth at which Pb retention occurs. We do note that, given the reasonable assumption that 
shallow samples cool first and deep samples last, the sample petrology-age relationships in the 
measured data are generally consistent with a crustal stratigraphy whereby garnet bearing 
samples underlie non-garnet bearing samples (Jagoutz and Schmidt, 2012; Jull and Kelemen, 
2001; Schulte-Pelkum et al., 2017).  
 
Constraining Timescales of Mesoproterozoic Attawapiskat Heating 

Two aspects of model lithosphere basal heating, duration and timing of onset, are 
particularly important to consider because they both affect the position of $U-Pb inflection. 
Although the timescales of MCR volcanism are well characterized (e.g. Davis and Green, 1997), 
the timescales of heating are not.  

To ascertain the most appropriate duration of reheating in our simulations, we apply a 
Pearson %2 test (Appendix DR2) to thermal model simulations of various heating durations (Fig. 
DR3.4) with an onset date of 1135 Ma (see below) and compare these results to independent 
geological constraints. Thinning of the basal lithosphere may have occurred to no deeper than 
125 km as evidenced by depleted compositions and Archaean Re-Os dates in mantle xenoliths 
from Jurassic Attawapiskat kimberlites (Smit et al., 2014). Albers and Christensen (1996) limit 
the temperature of an ascending plume to ~300 K in excess of ambient mantle, a value consistent 
with the observations of Herzberg et al. (2007). Based on this estimate, we limit the permissible 
basal lithosphere temperature to a maximum possible impinged plume temperature of 1700 ºC.  

Over shorter durations (ex. 25 My – 75 My), the temperatures and thinning depths 
required to adequately reproduce the data (blue contours) fall outside of the geologically 
permissible area (Fig. DR3.4). Therefore, the measured data require a long-lived heating feature, 
persisting on timescales exceeding 50-75 My, with a 100 My duration yielding a broad area of 
“good fit” modeled scenarios within the geologically permissible region (Fig. DR3.4). This 
evidence for a long-lived heating event is consistent with the long “holding times” required to 
conduct heat through the lithosphere to the lower crust (Appendix DR2). Nonetheless, plume 
durations exceeding 100 My are rejected for two reasons. 1) As durations exceed 100 My, the 
goodness of fit degrades (So MSWD increases; Fig. DR3.4). This is controlled by the high 
precision measured data with 206Pb/238U ages '500 Ma (Fig. 3), whereby prolonged heating 
times do not allow the modeled data to recover to these lower $U-Pb values soon enough. 2) 
Mantle plumes persisting for durations approaching 200 My require unreasonably high mantle 
viscosities, while plumes existing for <100 My may be modeled under more typical calculated 
mantle viscosities (King, 1995; Davaille and Vatteville, 2005). Thus, we conclude that a 100 My 
heating duration most accurately represents the duration of ~1.1 Ga plume heating experienced 
beneath the Attawapiskat region and use this value in our simulations. 

To ascertain the most appropriate duration of reheating, we apply a Pearson %2 test to 
thermal models with 100 My lithosphere heating/thinning beginning at a range of dates (800-
1200 Ma; Fig DR3.5). For onset times >1.2 Ga and <1 Ga Ma, So MSWD values exceed 10 and 
are rejected on the grounds of poor statistical fit. For onset times between 1 Ga and 1.2 Ga So 
MSWD values of ~7 are achieved (Figs. DR3.5, DR2.3), supporting a model of heating onset 
beneath the Attawapiskat region between 1 and 1.2 Ga. An apparently unperturbed mantle 
xenolith reconstructed geotherm from a Mesoproterozoic Kyle Lake kimberlite pipe (Smit et al., 
2014) suggests that the timing of reheating was either approximately concurrent with or after this 
event. Although the slightly elevated Kyle Lake geotherm may reflect some reheating, any 
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significant heating event in advance of the eruption would have already destroyed the diamond 
stability field. A Rb-Sr phlogopite age of ~1135 Ma provides a maximum plausible age for 
eruptions of the Kyle Lake cluster (Heaman et al., 2004). Given the onset of Keweenawan 
volcanism at 1108 Ma (Davis and Green, 1997), and the association between Keweenawan 
volcanism with concurrent carbonaceous volcanism (Ernst and Bell, 2010), we use this date of 
1135 Ma in our models for the onset of basal lithosphere “plume” heating. Such a model is 
consistent with the findings of Kent et al. (1992) that mantle plumes likely experience a period of 
incubation beneath continental crust before the onset of significant magmatism (e.g. large 
igneous province eruptions).   
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Appendix DR4: Modeling a Crustal Intrusive Heat Source 
 The duration and heating required to reset or partially reset U-Pb thermochronometers is 
substantial (Fig. 4), and any plausible heat source must be long-lived and therefore large.  Here 
we test whether the measured U-Pb thermal history in this study may record an intrusive heat 
source at crustal depths rather than a heat source at the base of the lithosphere. We adapt the 
transient thermal model to simulate intrusive events with a range of thicknesses (5-25 km) and 
temperatures (800-1200 ºC). The intrusion is modeled by adjusting the temperature between the 
base of the crust (45 km depth) and the prescribed intrusion thickness below the crust (50-70 km 
depth). To prevent erratic behavior of the thermal model in response to the perturbation and more 
accurately model an igneous intrusion’s thermal structure, a curve is interpolated to set the 
temperature at the intrusion boundaries to the averages of the wall rock (base of crust/roof of 
mantle) and intrusion center temperatures. The temperature perturbation is allowed to relax 
immediately, simulating a single, transient intrusive event. 
 Figure DR4.1 presents the results of Pearson %2 tests comparing modeled U-Pb data from 
the intrusive heat source simulations to measured U-Pb data, following the methods outlined in 
Appendix DR2. Within the parameter space, the best fit (So) condition occurs for the thickest and 
hottest intrusion model, with an MSWD nearly an order of magnitude greater than those obtained 
for plume heating scenarios (Figs. DR4.1, DR2.3), suggesting that even hotter and/or thicker 
intrusions are required to comparably replicate the measured data.  
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Table DR1.1. Lithology, mineralogy, and U-Pb thermochronologic data of xenoliths collected 
from Victor kimberlite (52.82º N, 83.88º W; Fig. 1). 
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Table DR1.2. Constants used in measured U/Pb date calculations with 1! absolute uncertainties 
 
 
  
 
 
 
 
 

 
 
 

  
1Adapted from Hiess et al. (2012).  
 
 
 
 
Table DR1.3. Pb compositions of single grain apatite fractions of 14-VK-02, measured by ID-
TIMS and corrected for fractionation, tracer, and blank contributions. Uncertainties represent 2! 
absolute standard error of measurement, without fractionation, tracer, or blank uncertainties 
incorporated.  
 
Fraction Pb Mass (pg) 206Pb/204Pb 207Pb/204Pb 208Pb/204Pb 

a1 11.8 13.957 ± 0.043 14.787 ± 0.049 33.594 ± 0.109 

a2 34.7 14.266 ± 0.047 14.722 ± 0.041 33.628 ± 0.114 

a3 60.7 13.705 ± 0.045 14.506 ± 0.052 32.753 ± 0.114 
 
 
 
 
 

Pb fractionation model ()) 0.23 ± 0.02 %/amu 
Pb blank mass 0.7 ± 0.2 pg 
Blank 206Pb/204Pb 18.416 ± 0.349 
Blank 207Pb/204Pb 15.358 ± 0.226 
Blank 208Pb/204Pb 37.461 ± 0.735 
Sample and blank 238U/235U composition 137.8185 ± 0.02231 

(18O/16O)U-oxide 0.00205 ± 0.00002 
U blank mass 0.1 ± 0.01 pg 
Tracer mass uncertainty ± 0.0001 g 
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Figure DR1.1 

Figure DR1.1. Representative 
photomicrographs of the Victor 
kimberlite xenoliths measured in this 
study (n=9, continued on next page), 
taken under cross-polarized light. 
Brown bars in the upper left corners of 
each image indicate 2mm scale. 
Mineralogy and lithology are tabulated 
with U-Pb thermochronologic data in 
Table DR1.1.  
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Figure DR1.1, cont… 
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Figure DR2.1 
 
Figure DR2.1. A,C,E) 
Results of thermal models 
presented as depth vs. 
temperature plots at 
selected time intervals for 
each of 3 scenarios 
simulating lithosphere 
reheating: A)  generalized 
reheating model simulated 
by arbitrarily raising the 
geothermal gradient 
(characterized by a surface 
heat flux of 70 mW/m2) 
for 10 My at 1100 Ma; C) 
lithosphere thinning, 
simulated by the fixture of 
depths ranging from 125-
180 km to ambient mantle 
temperatures (1400ºC) and  
held for 200 My; and E) 
basal lithosphere heating 
simulated by the fixture of 
180 km depths to 1800ºC 
for 200 My. Panels B, C, 
and F present time-
temperature (t-T) paths at 
45 km depth, the model 
crust-mantle boundary, for 
corresponding geotherm 
evolutions shown in A, C, 

and E, respectively. All scenarios begin with gradual cooling from a geotherm characterized by 
70 mW/m2 surface heat flux at 2600 Ma (A, C, E). In panel A, the curve at 1101 Ma represents 
the geotherm prior to the geotherm adjustment illustrated by the curve at 1100 Ma. In panel C 
and E, the curve labeled 1301 Ma shows the geotherm prior to sublithospheric heating. The 
“1200 Ma” curves show pronounced mantle lithosphere heating and the “1100 Ma” curves show 
peak heating conditions propagating well into crustal depths. The “161 Ma” curves (A, C, E) 
represent the geotherms just prior to the time of kimberlite eruption, at which point the xenolith 
population experiences a drop to 10ºC as shown in the t-T paths in panels B, D, F. 
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Figure DR2.2 

 
 
Figure DR2.2.  Pearson %2 test results comparing the goodness of fit between model results for a 
single suite of reheating scenarios and measured data excluding (left) and including (right) 
apatite U-Pb measurements. To accommodate the inclusion of measured apatite data with U-Pb 
ages exceeding 1.1 Ga, the Pearson test is applied to all measured and modeled U-Pb ages. The 
visually identical results and comparable So values between the conditions illustrate the 
insensitivity of Pearson %2 test results to the large uncertainties of the measured apatite U-Pb 
data. Black dots represent paired model parameters of thinned lithosphere depth and basal 
lithosphere temperature. Contour values are calculated by a linear interpolation method and 
represent the difference between the sum of %2 values for a given modeled condition (S) and the 
minimum %2 summation (So, identified with a black square).  
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Figure DR2.3 

 
 
Figure DR2.3.  Results of Pearson chi-squared (%2) tests comparing measured data with model 

results for a range of simulated conditions of basal lithosphere reheating and removal. 
The two plots shown here represent the same datasets used to construct Figure 5. Black 
dots represent paired model parameters of thinned lithosphere depth and basal lithosphere 
temperature. Simulations were run at steps of 10 km and 50 ºC in the “coarse” mesh of 
the main panel and at steps of 1 km and 10 ºC over a reduced area (125-133 km and 
1610-1700 ºC) in the “high resolution” mesh of the inset. Contour values, calculated 
using a cubic spline interpolation with not-a-knot end conditions (main panel) or a linear 
interpolation (inset), represent the difference between the sum of %2 values for a given 
modeled condition (S) and the minimum %2 summation (So, identified with a black 
square). For the main panel So MSWD=6.927. The results shown in the inset identify a 
slightly improved So MSWD of 6.925. The black contours demarcate those conditions 
with interpolated S values within 1! of So. The dashed white lines indicate the minimum 
depth of the lithosphere constrained by Jurassic xenoliths and a maximum plausible 
mantle plume temperature. Geologically impermissible conditions are faded. 
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Figure DR3.1 

 
Figure DR3.1. Output of coupled thermal and Pb-diffusion model runs exploring the effects of 
diffusion kinetics (Ea—black, lower x-axis and D0, grey, upper x-axis) on different aspects of the 
U-Pb data. A) Predicted 238U/206Pb date for a 30 km depth sample for a range of diffusion 
kinetics. B) Predicted maximum $U-Pb values for a range of diffusion kinetics. C) Predicted 
inflection $U-Pb values for a range of diffusion kinetics.  In C) Dashed line marks a longer 
heating holding time. The observed suppression of inflection $U-Pb values with longer heating 
supports our interpretation that minor differences in inflection $U-Pb values are the result of 
differences in post-heating cooling rate: higher Ea results in PRZ residence for deeper samples 
that experience slower cooling rates following the simulated 1.1 Ga heating. 
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Figure DR3.2 

 
Figure DR3.2. Coupled thermal and Pb-diffusion model runs exploring the effects of lithosphere 
diffusivity on output U-Pb data topology. All curves trace simulated data from time-temperature 
histories of cooling since 2.5 Ga and peak reheating conditions at 1.1 Ga for a single grain size at 
closely spaced depths.  
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Figure DR3.3 

  
 
Figure DR3.3.  Pearson %2 test results exploring the effects of simulated erosion rate on the 
goodness of fit between measured and modeled U-Pb data. Black dots represent paired model 
parameters of thinned lithosphere depth and basal lithosphere temperature, from which contours 
are calculated. Contour values are calculated by a linear interpolation method and represent the 
difference between the sum of %2 values for a given modeled condition (S) and the minimum %2 
summation (So, identified with a black square). So MSWD values vary by less than 2% among 
the three erosion rate scenarios. 
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Figure DR3.4 (continued on next page) 
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Figure DR3.4 (continued from previous page) 

  
Figure DR3.4.  Pearson %2 test results exploring the effects of simulated basal lithosphere 
heating duration on the goodness of fit between measured and modeled U-Pb data. Black dots 
represent paired model parameters of thinned lithosphere depth and basal lithosphere 
temperature. Contour values are calculated by a linear interpolation method and represent the 
difference between the sum of %2 values for the given modeled condition (S) and the minimum %2 
summation (So, identified with a black square). Circled grid points are within 1! of So. Dashed 
white lines indicate the minimum depth of the lithosphere as constrained by Archaen Re-Os ages 
from Jurassic xenoliths (Smit et al., 2014) and maximum mantle plume temperature as 
constrained by theory (Albers and Christensen, 1996) and observations (Herzberg et al., 2007; 
faded region is forbidden).  
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Figure DR3.5 

 
 
 

Figure DR3.5.  Pearson %2 test results 
exploring how varying the onset of 
simulated basal lithosphere 
heating/thinning affects the goodness 
of fit between measured and modeled 
U-Pb data. Black dots represent paired 
model parameters of thinned 
lithosphere depth and basal lithosphere 
temperature. Contour values are 
calculated by a linear interpolation 
method and represent the difference 
between the sum of %2 values for the 
given modeled condition (S) and the 
minimum %2 summation (So, identified 
with a black square). Adequately good 
fits are found for onsets between 1 and 
1.2 Ga (also see Fig. DR2.3) but 
degrade beyond this range. 
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Figure DR4.1 

 
Figure DR4.1. Pearson %2 test results comparing measured U-Pb data and coupled thermal and 
Pb-diffusion model simulations of an intrusion reheating event for a range of intrusion 
thicknesses and temperatures. Intrusion thickness values represent depth below the base of the 
crust (45 km depth) within which reheating is simulated. Black dots represent modeled 
thickness-temperature pairs. Contour values are calculated by a linear interpolation method and 
represent the difference between the sum of %2 values for the given modeled condition (S) and 
the minimum %2 summation (So, identified with the black square). The calculated MSWD for So 
is 41.4770.  
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Supplementary Methods 
Construction of Figure 2 

Fig. 2 is constructed by simulating planetesimal thermal histories and corresponding Pb-
phosphate ages for a grid of paired parameters of initial body 26Al/27Al composition and body 
radius. Body radii are simulated between 25 and 400 km at 25 km increments. Initial 26Al/27Al 
compositions are simulated at the values 11.44, 9.46, 8.60, 7.82, 7.11, 6.78, 6.47, 6.17, 6.02, 
5.88, 5.74, 5.61, and 5.35 (×10-6), which respectively correspond to formation ages of 1.6, 1.8, 
1.9, 2.0, 2.10, 2.15, 2.20, 2.25, 2.275, 2.3, 2.325, 2.35, and 2.4 Ma after CAIs, assuming 
(26Al/27Al)o= 5.23×10-5 (9). For each paired parameter simulation, the peak planetesimal 
temperatures are recorded, and Pb-production-diffusion in phosphate codes are calculated for the 
output thermal histories from the simulated planetesimal center and top of the type 6 region. The 
type 6 region “top” is identified as the shallowest depth that reaches a peak temperature of 875 
ºC, the minimum peak metamorphic temperature recorded by LL6 thermometry (51). The Pb-
phosphate model assumes a representative effective phosphate grain radius of 50 μm (Fig. S1). 
The LL6 age range (ΔLL6-age) is calculated for each paired parameter simulation by taking the 
difference between the output Pb-phosphate ages from the center and top of the type 6 region. 
Using the minimum peak metamorphic temperature affords a maximum ΔLL6-age estimate for a 
given thermal history and thus a minimum estimate of the initial 26Al/27Al ratio and planetesimal 
size required to achieve such a ΔLL6-age value, since ΔLL6-age scales with 26Al/27Al ratio and 
planetesimal size (Figs. 2,4).  

The results of peak planetesimal temperature, central Pb-phosphate age, and ΔLL6-age are 
interpolated between the paired initial 26Al/27Al-radius grid points using a two-dimensional 
modified Akima cubic Hermite interpolation technique in MATLAB. Interpolated grids have 100 
times the resolution of the original parameter grid. Interpolated values of ΔLL6-age are 
contoured over the parameter space, with the contour of ΔLL6-age=30 Ma highlighted (see 
following paragraph). Additional contours are traced for those parameters yielding peak 
planetesimal temperatures of the LL chondrite solidus of 1140 ºC (32) and the absolute minimum 
possible LL6 peak metamorphic temperature (accommodated by measurement and calibration 
uncertainties) of 800 ºC (51). The final contour traces those parameter conditions yielding a 
central Pb-phosphate age overlapping the upperbound of the youngest Pb-phosphate date (ALH 
83070, ~4485 Ma). The central Pb-phosphate date is fairly insensitive to modeled phosphate 
grain size: assuming a minimum grain radius of 10 μm only reduces this minimum estimate to 
~140 km. 

For large (≥100 km radius) model planetesimals, interiors experience gradual cooling recorded 
by the Pb-phosphate systems over timescales in excess of 30 Ma, even if the planetesimal does 
not reach a temperature of 875 ºC. In such cases with temperatures <875 ºC, a nil ΔLL6-age is 
calculated since an LL6 ceiling cannot be identified, even though a ≥30 Ma Pb-phosphate 
cooling history is recorded. We assume that the minimum LL6 thermometric condition of 
metamorphic temperatures ≥875 ºC must be met, and so for adequately large bodies, the ΔLL6-
age=30 Ma contour will trace the 875 ºC maximum temperature contour. However, ΔLL6-age 
interpolations underestimate this step-change contour (Figs. S5, S6). In Fig. 4, for circumstances 
where the interpolated contour underestimates the corresponding initial 26Al/27Al ratio of the 
ΔLL6-age=30 Ma contour, we align the gray ΔLL6-age=30 Ma contour with the appropriate 875 
ºC maximum temperature contour.  

With respect to Semarkona chondrule Al-Mg systematics, we include only ferromagnesian 
chondrule Al-Mg data. We exclude Al-rich chondrules on the basis of evidence for partial 
derivation from CAI material (55), which can result in an apparently higher initial 26Al/27Al ratio 
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(older date) that does not reflect the actual chondrule formation time. The kernel density 
estimation in Fig. 2 was calculated using DensityPlotter (v. 8.5) software (56). 

 
Supplementary Text 
An improved radiogenic Pb signal with acetic acid leaching treatment 

We use a dilute acetic acid leaching treatment that targets labile Pb on phosphate grains to 
minimize terrestrial Pb contamination. The measurements of ALH 83070 bulk phosphate 
fractions 180701-1, -2, -3, and -4 (Tables S1, S2) illustrate the effects of leaching phosphate 
grains with 5% acetic acid in an ultrasonic bath (fractions 180701-3 and -4) relative to sonicating 
grains in ultra-pure water (fractions 180701-1 and -2). Dilute acid treatment significantly reduces 
the contribution of Pbc, apparent in the order of magnitude decreases in 204Pb/206Pb values. These 
changes correspond with a decrease in the 207Pb/206Pb values of dilute acid-leached fractions, 
which necessarily leads to a decreased 207Pb*/206Pb* value and younger apparent age. We 
conclude that the leaching treatment effectively attacks and removes labile Pb from the surface 
of grains, reduces effects of terrestrial Pb contamination, and minimizes the transmission of 
labile initial Pbc inherited from the bulk chondrite sample.  

The leaching method results in removal of non-trivial amounts of apparent Pb*: water-cleaned 
fractions have ~2-5 times more apparent Pb* (after Pbc-correction) than acid-leached fractions, 
despite all four fractions being of similar size. This raises the concern that acid-leaching is 
attacking surficial portions of the phosphate grains, since phosphate minerals are soluble in 
concentrated acetic acid solutions. In the case of phosphate grains where the outermost portions 
of the grain profile retain the youngest 207Pb/206Pb compositions (18), the effect of surficial 
dissolution would cause measured fractions to yield an apparently older age. Yet, age 
inaccuracies resulting from this process may be disregarded based on the following evidences. In 
the case of ALH 83070, the 207Pb/206Pb compositions (and apparent ages) are significantly less 
radiogenic (i.e. younger) for acid-leached fractions than water-cleaned fractions, and thus 
significant surficial dissolution is unlikely. Measurements of Ladder Creek bulk phosphate 
fractions with different leaching times (170608-1 and -3 experienced a 15-minute leach time, 
170608-2 experienced a 30-minute leach time) indicate that variations in dilute acid exposure 
times have no discernible effect on the subsequent model Pb-phosphate dates. Additionally, Pb-
phosphate dates for acetic-treated Ladder Creek fractions are similarly indistinguishable from or 
within <1 Ma of model Pb-phosphate dates for water-sonicated fractions of Ladder Creek (18). 
Finally, the cooling histories experienced by OC phosphates are likely too rapid to develop 
significant diffusion profiles that would be perturbed by minor surficial dissolution (18).  
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Fig. S1. 
Representative photomicrographs of bulk phosphate fractions measured in this study. 
Photomicrographs were taken prior to leaching treatments.  
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Fig. S2. 
Inverse isochron of PCA 82507 phosphate fractions illustrating how confidence in the 
accuracy of 207Pb*/206Pb* scales with Pb*/Pbc. Due to the magnitude of Pbc-correction 
required for high 204Pb/206Pb compositions, 207Pb*/206Pb* ratios calculated from fractions with 
lower Pb*/Pbc are highly sensitive to minor variations in the measured 207Pb/206Pb, including 
effects on this value stemming from terrestrial Pbc contamination (we provide our laboratory 
blank composition as an arbitrary terrestrial Pb composition) or inaccuracies in the assumed 
primordial Pbc composition. In the case of PCA 82507, this results in substantially older dates 
calculated for fractions with Pb*/Pbc<1.5. As 204Pb/206Pb is reduced (higher Pb*/Pbc), the y-
intercept from which the 207Pb/206Pb date is calculated is more reliable because it is less 
dependent on minor Pb composition variations. Isochrons were calculated and plotted with 
IsoplotR (57). Dates are calculated assuming a primordial composition of Canyon Diablo Troilite 
(CDT) (43). When these regressions are calculated using the primordial Pb composition advised 
by (44) the resultant 207Pb/206Pb dates are 4516.17 ± 0.73 Ma for 180618-2, 4543.39 ± 0.49 Ma 
for 180830-2, and 4552.34 ±0.28 Ma for fractions with Pb*/Pbc<1.5. Only for the fraction with 
Pb*/Pbc>2 are these two dates indistinguishable within uncertainties. The data do not discern 
whether the errors in the Pbc correction for low Pb*/Pbc fractions stem from terrestrial 
contamination or inaccurately estimated primordial Pbc composition, so a revised Pbc 
composition cannot be calculated with confidence. 
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Fig. S3. 
Energy-dispersive X-ray spectroscopy elemental map of NWA 6990. The heterogenous 
distribution of coarse-textured and vein-like phosphate minerals (these appear orange from color 
mix of Ca and P) is comparable to that observed in Portales Valley (H7), which is interpreted to 
have developed these distinctive properties in response to partial melting caused by a shock-
heating event (27).  
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Fig. S4. 
Relative sensitivities of the 238U-206Pb and 207Pb-206Pb systems in model phosphate grains 
experiencing reheating events of varying duration (5-500 Ma) after early cooling. Coupled 
thermal-Pb-production-diffusion codes simulate initial cooling rates of 1000 ºC/Ma from 
temperatures of 1000 ºC to model rapid early cooling. Shock reheating events were simulated by 
raising the temperature to 800 ºC at 500 Ma and holding for a specified duration before allowing 
a post-shock cooling rate of 100 ºC/Ma.  The purple curve (ΔPb-Pb date) plots the difference 
between initial Pb-phosphate date and the partially reset date. The result is insensitive to initial 
cooling rates, whereas slow post-shock cooling rates exacerbate the change in Pb-phosphate date. 
Notably, the 238U-206Pb system is markedly more sensitive to heat-induced resetting than the 
207Pb-206Pb system. 
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Fig. S5.  
Modeled relationships between planetesimal radius, initial 26Al/27Al, peak metamorphic 
temperature (Τmax), and Pb-phosphate systematics for simulated bodies with a range of 
thermal diffusivities. We scale thermal diffusivity (κ) by varying the least-well constrained 
term, thermal conductivity (k). The blue curves identify conditions that produce the required 
earliest central cooling age of 4485 Ma, the gray curves identify a ΔLL6-age of 30 Ma, red 
curves define maximum permissible Tmax conditions (solidus), and teal curves identify minimum 
Tmax conditions required by two-pyroxene thermometry (51). Although the gray ΔLL6-age 
curves extend to initial 26Al/27Al ratios less than the minima required by a Tmax value of ≥875 ºC, 
this is an artifact of contour interpolation between modeled parameter conditions (Fig. S6). For 
these circumstances, the appropriate initial 26Al/27Al ratio is defined by the adjacent solid teal 
curve. Colored arrows point to permissible regions relative to contours, as in Fig. 4. For k values 
ranging from the minimum measured in highly porous chondrites (k=0.4 W m-1 K-1) (50) to a 
pure Ni-Fe alloy at 1000 K (k=25 W m-1 K-1) (58), combined metamorphic thermal requirements 
and measured Pb-phosphate systematics define a consistent permissible range of initial 26Al/27Al.  
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Fig. S6. 
Interpolating 26Al/27Al at time of accretion from discrete model results for a large (400 km 
radius) model planetesimal that establishes a ΔLL6-age of 30 Ma. Blue squares and red 
circles correspond to values on the left-axis (ΔLL6-age) and respectively reflect the results for 
modeled initial 26Al/27Al conditions that are simulated at coarse (Δt=104 yr between each 
modeled accretion time) and fine (Δt=103 yr) resolutions. Interpolations between modeled data 
points (red and blue curves) are calculated with a one-dimensional cubic interpolation method 
comparable to the two-dimensional method used in Fig. 4. The purple line identifies the ΔLL6-
age=30 Ma contour of interest. Gray lines correspond to the right axis (Maximum body 
temperature). The dark gray line reflects modeled peak temperatures, the results of which are 
insensitive to changes in simulation resolution. The light gray line highlights the 875 ºC peak 
temperature that is selected to identify the upper boundary of the LL6 region in ΔLL6-age 
calculations (e.g. Fig. S5). In large planetesimals such as the one modeled here, achieving ΔLL6-
age=30 Ma is contingent on the body heating to the specified peak temperature of ≥875 ºC. For 
any simulation where the maximum temperature is <875 ºC, ΔLL6-age=0 Ma. However, for 
26Al/27Al slightly above 6.1×10-6, the ≥875 ºC temperature condition is met and cooling across 
this large isothermal LL6 yields ΔLL6>>30 Ma. Interpolations underestimate the corresponding 
26Al/27Al of this discrete threshold. Subsequently, for those bodies where obtaining ΔLL6-
age=30 Ma is contingent on reaching an internal temperature of ≥875 ºC, the ΔLL6-age=30 Ma 
contour overlaps the contour that demarcates the specified minimum interior temperature.  
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Fig. S7.  
Laboratory U-Pb date reproducibility as evidenced with the Temora zircon standard. ID-
TIMS measurements were conducted in 2017 and dates calculated from raw data using U-Pb 
Redux software (42). Two outlying measurements are rejected. Th-corrected error-weighted 
mean date is presented with uncertainties propagated respectively from analytical uncertainties 
only; analytical and tracer uncertainties; and analytical, tracer, and decay constant uncertainties. 
Analytical uncertainties alone reveal reproducibility within 0.03%.  
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Table S1. 
Chondrite phosphate Pb-Pb and U-Pb dates and elemental compositions.  
Also tabulated in Data file S1. 
 

 Dates (Ma), Absolute Uncertainties a  Masses (pg)  
 207Pb/206Pb  ±2σ  206Pb/238U  ±2σ  % discb  U Pb* c Pbc d Pb*/ Pbc e 
 
Cherokee Springs, LL5 
170628-2 4540.67 0.20 4564.3 5.0 -1 270 490 3.5 140 
170703-1 4540.8 1.6 4142 57 9 7.8 26 1.1 23 
170703-2 4536.7 1.2 5031 67 -11 7.2 23 1.5 16 
170703-3 4540.65 0.48 4667 14 -3 33 120 2.3 51 
170703-4 4540.62 0.90 4702 41 -4 11 41 1.2 34 
170715-1 4541.62 0.94 4342 31 4 45 140 4.6 30 
170715-2 4544.36 0.27 4600.6 6.3 -1 69 270 5.2 52 
ALH A78109, LL5 
180420-1 4537.92 0.65 4885 34 -8 13 35 4.8 7 
180420-2 4538.26 0.54 4979 21 -10 21 63 7.9 8 
180618-1 4537.21 0.51 5077 15 -12 34 87 11 8 
180618-2 4541.12 0.87 - - - - 43 2.0 22 
PCA 82507, LL6 
180420-1 - - - - - - 17 27 0.6 
180420-2 - - - - - 54 180 200 0.9 
180531-1 - - - - - 80 240 240 1.0 
180618-1 - - - - - 1.0 2.3 3.0 0.8 
180618-2 4516.65 0.77 5228 45 -16 10 24 8.5 2.9 
180830-1 - - - - - 44 120 140 0.9 
180830-2 - - - - - 53 110 65 1.6 
180830-3 - - - - - 20 30 43 0.7 
ALH 83070, LL6 
180420-1 4479.93 0.36 4818.6 9.7 -8 47 100 9.8 10 
180420-2 4479.40 0.30 4922.8 5.2 -10 87 190 13 15 
180618-1 4485.20 0.67 5022 13 -12 38 95 5.0 19 
180618-2 4481.35 0.46 5165 10 -15 48 120 7.0 17 
180701-1 - - - - - 130 380 340 1 
180701-2 - - - - - 110 360 370 1 
180701-3 4485.97 0.39 4801 16 -7 32 70 9.0 8 
180701-4 4485.58 0.38 4920 15 -10 31 74 10 7 
ALH 83070 (Leachates) 
180701-1 (L) - - - - - 14 0.8 4.7 0.2 
180701-2 (L) - - - - - 13 9.1 23 0.4 
180701-3 (L) - - - - - 38 160 230 0.7 
180701-4 (L) - - - - - 49 1400 3500 0.4 
ALH 84081, LL6  
180531-1 - - - - - - 1.9 5.1 0.4 
180531-2 - - - - - - 2.2 5.9 0.4 
NWA 6990, LL7 
180830-2 4546.55 0.59 2335 12 49 35 27 5.0 5 
180830-3 4540.6 9.3 2460 240 46 1.5 3.6 0.6 6 
Ladder Creek, L6 
170608-1 4514.3 2.1 798.8 9.7 82 55 13 2.1 6 
170608-2 4512.65 0.83 4761 18 -5 16 33 1.7 20 
170608-3 4513.07 0.90 4953 32 -10 16 36 3.3 11 
a  Isotopic dates calculated using λ238 = 1.55125E-10 and λ235 = 9.8485E-10 (59). 
b  % Discordance = 100 - (100 * (206Pb/238U date) / (207Pb/206Pb date)) 
c  Total mass of radiogenic Pb. 
d  Total mass of common Pb. 
e  Ratio of radiogenic Pb (including 208Pb) to common Pb.  
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Table S2. 
Chondrite phosphate Pb and U-Pb isotopic ratios.  
Also tabulated in Data file S1. 
 
 207Pb/ 

235Ua  
±2σ 
(%)  

206Pb/ 
238Ua 

±2σ
(%)  

U-Pb 
ρ 

207Pb/ 
206Pb a 

±2σ
(%) 

204Pb/ 
206Pb b 

±2σ
(%) 

207Pb/ 
206Pb b 

±2σ
(%) 

Pb-Pb 
ρ 

    
Cherokee Springs, LL5    
170628-2 1.03 0.15 87.2 0.15 0.996 0.614 0.01 2.10 E-04 1.2 0.615 0.04 0.029 
170703-1 0.901 1.9 76.3 1.9 0.998 0.614 0.11 1.43 E-03 5.7 0.621 0.26 0.073 
170703-2 1.18 1.9 99.8 1.9 0.999 0.612 0.08 2.10 E-03 2.5 0.622 0.17 0.117 
170703-3 1.06 0.41 89.9 0.41 0.997 0.614 0.03 1.06 E-03 1.7 0.619 0.07 0.053 
170703-4 1.07 1.2 90.9 1.2 0.999 0.614 0.06 9.47 E-04 5.0 0.618 0.15 0.068 
170715-1 0.961 0.98 81.4 0.98 0.998 0.614 0.06 2.16 E-03 1.1 0.624 0.14 0.049 
170715-2 1.04 0.19 88.3 0.19 0.995 0.616 0.02 1.48 E-03 0.63 0.622 0.04 0.041 
ALH A78109, LL5    
180420-1 1.13 0.99 95.7 0.99 0.999 0.613 0.04 6.11 E-03 0.42 0.641 0.08 0.165 
180420-2 1.16 0.61 98.4 0.61 0.998 0.613 0.04 6.40 E-03 0.42 0.642 0.08 0.106 
180618-1 1.20 0.42 101 0.42 0.996 0.613 0.03 5.73 E-03 0.29 0.639 0.07 0.093 
180618-2 - - - - - 0.614 0.06 2.12 E-03 1.7 0.624 0.14 0.037 
PCA 82507, LL6    
180420-1 - - - - - 0.597 0.92 4.71 E-02 0.73 0.820 0.42 0.231 
180420-2 1.47 0.23 126 0.23 0.971 0.619 0.05 3.76 E-02 0.03 0.790 0.03 0.356 
180531-1 1.34 0.18 114 0.20 0.939 0.620 0.07 3.50 E-02 0.05 0.778 0.07 0.446 
180618-1 0.898 14 76.8 14 1.00 0.621 0.42 4.08 E-02 0.68 0.805 0.55 0.453 
180618-2 1.25 1.3 104 1.3 0.999 0.604 0.05 1.28 E-02 0.19 0.664 0.08 0.201 
180830-1 1.22 0.29 104 0.30 0.980 0.621 0.06 3.81 E-02 0.05 0.793 0.04 0.322 
180830-2 1.06 0.25 89.8 0.25 0.993 0.616 0.03 2.16 E-02 0.06 0.714 0.04 0.278 
180830-3 0.677 12 58.0 12 1.00 0.621 0.31 4.37 E-02 0.36 0.818 0.20 0.200 
ALH 83070, LL6    
180420-1 1.11 0.29 90.21 0.29 0.996 0.589 0.02 3.98 E-03 0.21 0.608 0.05 0.129 
180420-2 1.15 0.15 93.0 0.15 0.991 0.589 0.02 2.88 E-03 0.28 0.603 0.04 0.067 
180618-1 1.18 0.36 96.0 0.37 0.993 0.591 0.04 2.38 E-03 0.57 0.602 0.09 0.051 
180618-2 1.23 0.28 99.8 0.29 0.994 0.590 0.03 2.58 E-03 0.26 0.602 0.05 0.081 
180701-1 1.43 0.12 119 0.13 0.932 0.605 0.05 3.07 E-02 0.04 0.748 0.04 0.377 
180701-2 1.64 0.15 137 0.21 0.846 0.609 0.12 3.38 E-02 0.08 0.765 0.11 0.445 
180701-3 1.11 0.47 90.1 0.47 0.998 0.591 0.02 5.33 E-03 0.36 0.617 0.06 0.081 
180701-4 1.15 0.43 93.3 0.43 0.998 0.591 0.02 6.00 E-03 0.30 0.620 0.06 0.087 
ALH 83070 (Leachates)    
180701-1 (L) - - - - - - - 5.84 E-02 2.8 0.904 2.9 0.915 
180701-2 (L) - - - - - - - 5.56 E-02 0.52 0.883 0.36 0.476 
180701-3 (L) - - - - - - - 4.16 E-02 0.39 0.810 0.45 0.374 
180701-4 (L) - - - - - - - 5.97 E-02 0.13 0.947 0.11 0.124 
ALH 84081, LL6     
180531-1 - - - - - 0.621 1.1 5.52 E-02 0.81 0.870 0.78 0.589 
180531-2 - - - - - 0.628 0.96 5.69 E-02 0.54 0.881 0.49 0.672 
NWA 6990, LL7 
180830-2 0.437 0.61 37.1 0.60 0.998 0.617 0.04 6.51 E-03 0.35 0.646 0.07 0.126 
180830-3 0.465 12 39.3 12 0.999 0.614 0.64 3.96 E-03 8.5 0.632 1.1 0.144 
Ladder Creek, L6  
170608-1 0.132 1.3 11.0 1.3 0.994 0.603 0.15 3.51 E-03 3.3 0.619 0.37 0.094 
170608-2 1.09 0.54 90.7 0.55 0.995 0.602 0.06 8.84 E-04 5.8 0.606 0.16 0.059 
170608-3 1.16 0.91 96.0 0.91 0.998 0.603 0.06 2.78 E-03 1.5 0.616 0.14 0.093 
a   Measured ratios corrected for fractionation, tracer, blank, and initial common Pb. 
b  Measured ratios corrected for fractionation, tracer, and blank only. 
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Table S3. Results from energy-dispersive X-ray spectroscopy elemental maps for individual 
phosphate grains from PCA 82507. Elemental amounts are given in weight % with 1σ errors, 
as measured from K lines. Grain p2 reflects evidence of merrillite composition, whereas grains 
p1, p3, and p4 are apatite. 
  
 P Na Mg Ca Fe F Cl 
p1 17.23 ± 0.08 0.41 ± 0.04 0.00 ± 0.03 38.46 ±0.11 0.00 ± 0.07 0.00 ± 0.11 5.62± 0.05 

p2 17.05 ± 0.06 0.44 ± 0.03 0.19 ± 0.02 37.84 ± 0.09 0.18 ± 0.05 0.25 ± 0.08 5.54 ± 0.04 

p3 16.27 ± 0.08 0.43 ± 0.04 0.00 ± 0.02 39.90 ± 0.12 0.00 ± 0.07 0.35 ± 0.10 5.47 ± 0.05 

p4 17.36 ± 0.10 0.56 ± 0.05 0.00 ± 0.03 38.16 ± 0.14 0.00 ± 0.09 0.45 ± 0.13 5.17 ± 0.06 
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Table S4. 
Constants used in U-Pb and Pb-Pb calculations. Uncertainties given as 1σ absolute. 
 
Constants Reference 
Initial common Pb model – Canyon Diablo Troilite (CDT) (43) 
 206Pb/204Pb 9.307 ± 0.003  
 207Pb/204Pb 10.294 ± 0.003  
 208Pb/204Pb 29.476 ± 0.009  
Pb blank model 
 206Pb/204Pb 17.985 ± 0.272  
 207Pb/204Pb 15.605 ±0.075  
 208Pb/204Pb 37.809 ± 0.325  
Contemporary sample 238U/235U 137.786 ± 0.0065 (14) 
Blank 238U/235U 137.8185 ± 0.0223  (60) 
(18O/16O)U-oxide 0.00205 ± 0.00002   
Tracer mass uncertainty ± 0.0001 g   
Pb fractionation model (α) 0.23 ± 0.02 %/amu  
Pb blank uncertainty ± 0.3 pg  
U blank uncertainty ± 0.05 pg  
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Appendix C

Appendix to “Uranium-series

isotopes as tracers of physical and

chemical weathering in glacial

sediments from Taylor Valley,

Antarctica”
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Figure C.1: Measured U-Th isotope compositions of USGS rock standard BCR-
2, compared to published values (range demarcated with black lines; Koornneef
et al., 2010). 230Th-234U-238U data consistently fall within the range of published
compositions. All uncertainties are 2σ standard error.
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Appendix D

Appendix to “Subglacial melting

beneath the northern Laurentide

Ice Sheet coincided with Heinrich

events: terrestrial support for an

ocean warming stimulus”
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Figure D.1: Measurements of standard reference material (SRM) 4321b collected
over the course of this study confirm U isotope reproducibility. Gray bar represents
the 1 standard deviation (∼0.25 %) envelope about the long-term laboratory mean
(234U/238U = 5.29195 ·10−5, n=72), which overlaps the reported mean of SRM
4321b mean of Neymark and Paces (2006, dashed line, 234U/238U = 5.2879 ·10−5,
n=135).
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