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ABSTRACT OF THE DISSERTATION 

 

Interannual to Centennial-Scale Changes in Southeast Asian Hydroclimate during the Common 

Era  

 

By 

 

Jessica Ka Main Wang 

 

Doctor of Philosophy in Earth System Science 

 

 University of California, Irvine, 2020 

 

Dr. Kathleen Johnson, Chair 

 

 

The Asian Monsoon system impacts more than two-thirds of the world’s population each 

year by supplying the necessary water resources to sustain agriculture, the economy, and the 

socioeconomic welfare for billions of people. In recent decades, changes in the strength and 

spatial extent of the monsoon have led to significant drought and flooding events. Currently, 

climate models do not agree on future changes in monsoonal rainfall. In order to improve 

projections of changes in the Asian Monsoon, it is important to investigate how the monsoon has 

varied in the past. Climate proxy records obtained through archives (such as cave deposits) 

provide evidence for changes in past climate on a range of timescales. 

         My dissertation focuses on the Southeast Asian region, where few paleoclimate records 

that span the last 2,000 years currently exist. I present the first, high-resolution speleothem 

record from northern Laos. The carbon stable isotope (δ13C) record reveals decades-long 

megadroughts, consistent with previous findings from regional tree ring records, whereas the 

oxygen stable isotope (δ18O) record, interpreted as changes in monsoon intensity, exhibits a 

relationship with solar variability. I identify that multidecadal to centennial-scale shifts in 

monsoon intensity are linked with solar-forced changes in tropical Atlantic sea surface 



 

 
 

xiii 

temperatures. I also examine the modern interannual variability of precipitation across East 

China and Southeast Asia over the last 30 years. I show that spatial tripole and dipole rainfall 

patterns are linked with the El Niño Southern Oscillation and North Atlantic Oscillation, 

respectfully. Finally, I evaluate how different water pathways and in-cave properties may 

influence speleothem δ18O values at our cave site using an integrated speleothem forward model 

and cave monitoring data. I conclude that combined effects of karst hydrology and in-cave 

processes contribute to speleothem δ18O variability.  

The collective results of my dissertation help us better understand changes in Southeast 

Asian hydroclimate on a variety of spatial and time scales. This research builds upon the limited 

number of paleoclimate records from Laos and the surrounding countries, while contributing to 

modern rainfall analyses and proxy system modeling studies to better interpret paleoclimate 

records and improve projections of monsoon rainfall.  
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Chapter 1 

1 Introduction 

1.1. The Asian Monsoon System    

Monsoons are canonically characterized by a pronounced annual reversal in large-scale 

atmospheric circulation and low-level winds, which can result in distinct regional precipitation 

patterns (Webster et al. 1998; Wang et al. 2003; Cheng et al. 2012a). The immense Asian 

summer monsoon (AM) system plays an important role in the transfer of energy and moisture 

from the equator to higher latitudes (Webster et al. 1998; Wang et al. 2001a). Increased 

springtime heating over the Asian continent enhances the land-ocean thermal contrast since the 

land surface heats faster than the neighboring ocean regions. These temperature variations 

between the land and ocean initiate the AM in early May, which triggers strong meridional 

transport of heat and moisture from northern Australia to India and China (Cheng et al. 2012a). 

The extensive spatial domain of the AM impacts the livelihoods of nearly two-thirds of the 

global population by providing the necessary water resources during the boreal summer monsoon 

season (May-September) (Webster et al. 1998). The AM system includes several regional 

monsoon systems (e.g., Indian, East Asian, and Southeast Asian monsoons) that are 

distinguished by varying seasonal shifts in surface wind patterns and precipitation distributions 

(Wang et al. 2005a; Conroy and Overpeck 2011) (Figure 1.1). Varying onset and decay dates, 

strengths of atmospheric circulation, and spatial precipitation patterns characterize these regional 

monsoon systems on intraseasonal to interdecadal timescales (Wang et al. 2003; Zhou et al. 

2009).  
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Figure 1.1 The Asian monsoon region and regional monsoon systems as defined using an 

empirical orthogonal function (EOF)-based regionalization of gridded precipitation values. 

SEAM refers to the Southeast Asian Monsoon. ICM is the Indian Continent Monsoon and the 

EAM is the East Asian Monsoon. Modified figure from Conroy and Overpeck (2011).  

 

1.2. Future Monsoon Precipitation    

While future global precipitation is expected to generally increase with increasing 

temperatures in response to rising anthropogenic CO2 emissions (IPCC 2013), projected regional 

precipitation patterns in the tropics remain unresolved due to the large inter-model spread 

(Christensen et al. 2013). The broad spatial pattern of total precipitation changes follows a “wet-

gets-wetter” pattern (Held and Soden 2006) or, over the oceans, the warmer-gets-wetter pattern 

(Xie et al. 2010; Chadwick et al. 2013). Increased specific humidity in a warmer atmosphere can 

cause more moisture convergence in climatologically wet areas and more moisture divergence 

over climatologically dry areas, thus producing a “wet-gets-wetter” pattern (Held and Soden 

2006). Anthropogenic-influenced factors, such as greenhouse gases, aerosols, land use, and land 

cover change, are expected to impact the AM system in varying capacities (Kitoh 2017).  For 

example, monsoon circulation is expected to weaken over the tropics, but an increase in aerosols 



 

 
 
 

3 

may cause more rainfall and enhance the amount of available atmospheric moisture (Christensen 

et al. 2013).  

Lower-tropospheric winds are also projected to weaken, which may cause a decrease in 

the magnitude of convergence over monsoonal rain areas through the 21st century (IPCC 2007). 

Despite a projected weakening in atmospheric circulation (i.e., a dynamic component), increases 

in air temperature are expected to cause the land surface to warm faster than the ocean, 

exacerbating the land-ocean temperature contrasts. The atmosphere’s moisture content (i.e., a 

thermodynamic component) is expected to increase, which can lead to increased moisture flux 

convergence, local evaporation, and water vapor transport from the ocean to the land due to 

warmer surface temperatures (Endo and Kitoh 2014). As a result, there is emerging consensus 

that a thermodynamic component will dominate over any such weakening of monsoon 

circulation, resulting in more monsoonal precipitation (Ueda et al. 2006). 

In addition to changes in annual rainfall patterns, extreme precipitation events over wet 

tropical regions will likely be more intense and more frequent by the end of the century (IPCC 

2013). Mean temperatures have already increased by 0.1°C -0.3°C per decade from 1950 to 2000 

over Southeast Asia (IPCC 2013), and the likelihood of record-breaking extreme temperatures 

continues to increase (Thirumalai et al. 2017). Continued warming in combination with more 

extreme distributions of rainfall are expected to increase the chance of heat waves, droughts and 

floods. Some of the societal impacts of these climate changes over Southeast Asia already 

include declines of crop yield in Thailand, Vietnam, and Indonesia, massive flooding in 

Vietnam, Indonesia, and Laos, landslides in the Philippines and droughts in many other parts of 

Southeast Asia (Asian Development Bank. 2009).   
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Most CMIP5 historical simulations are unable to reproduce observed precipitation 

patterns (Raghavan et al. 2018). Improvements in global climate models will rely on a robust 

understanding of the internal climate system, which controls the mechanisms altering the 

spatiotemporal evolution of monsoon variability and tropical precipitation patterns. In addition, 

external forcings (e.g., solar variability and volcanic events) are also important for constraining 

climate model projections (Clemens et al. 1991; Wang et al. 2008b). Altogether, an improved 

understanding of monsoon dynamics and regional hydroclimate can help improve projections of 

AM variability and inform adaptation measures for an anthropogenic greenhouse gas-induced 

warming planet (Solomon et al. 2007).  

While instrumental data and historical records provide insights on the last ~150 years of 

climate across the broader AM region, these data are particularly sparse over mainland Southeast 

Asia (MSEA) and do not span timescales that are crucial to analyze multidecadal to orbital-scale 

changes in past climate. In order to achieve a more comprehensive understanding of the annual 

to multi-centennial shifts in hydroclimate across the AM region, it is important to have a dense 

network of high-resolution, precisely-dated climate records that spans at least the last two 

millennia. 

 

1.3. Paleoclimate Archives and Proxy Records   

1.3.1 Orbital-Millennial Scale Variability 

Paleoclimate proxy records obtained from climate archives, such as speleothems (cave 

deposits), ice cores, ocean and lake sediment cores, and tree rings, are valuable in evaluating past 

climate conditions, in response to natural climate variability and external forcings, on a variety of 

timescales. For instance, speleothems records from the East Asian Summer Monsoon (EASM) 
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and Indian Summer Monson (ISM) regions have revealed a close relationship between changes 

in the AM and shifts in Northern Hemisphere summer insolation on orbital timescales (Wang et 

al. 2001b, 2008b; Kathayat et al. 2016; Cheng et al. 2016). On millennial timescales, a close 

correspondence between AM variability and climate in the North Atlantic has been observed 

among paleoclimate records (Dansgaard et al. 1993; Peterson et al. 2000; Liu et al. 2015). Weak 

EASM events have been linked to North Atlantic ice-rafting events (Wang et al. 2001b, 2008b; 

Cheng et al. 2009, 2012b), which likely led to a slowdown in the Atlantic Meridional 

Overturning Circulation (AMOC) and a reorganization of atmospheric and oceanic circulation 

patterns (Wang et al. 2001b; Cheng et al. 2016). Paleoclimate records from ISM regions also 

exhibit similar millennial-scale variability driven by North Atlantic climate (Wang et al. 2001b; 

Cai et al. 2015), though Antarctic glacial and sea-ice retreat have been hypothesized to also 

influence the ISM region (Cheng et al. 2012a, 2016). Variations in precession and the strength of 

the AMOC likely influenced meridional temperature gradients, the position of the Intertropical 

Convergence Zone (ITCZ) (Mohtadi et al. 2016), and subsequently the strength of the AM 

(Wang et al. 2008b; Cheng et al. 2009). However, there are still uncertainties on the relationship 

between orbital to millennial-scale forcings and AM variability among speleothem AM records 

and other proxy records of precipitation and wind strength (Mohtadi et al. 2016; Beck et al. 

2018) that call for more paleoclimate records and additional work.  

 

1.3.2 Decadal to Centennial-Scale Variability  

Changes in monsoonal precipitation on decadal to centennial-scales among paleoclimate 

records are subjected to additional debate due to the variable spatiotemporal distribution of 

monsoon rainfall. Over the last decade, high-resolution proxy records of AM strength have 
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highlighted significant decadal to centennial-scale hydrologic variability during the Common Era 

(Zhao et al. 2015, 2016; Yan et al. 2015; Griffiths et al. 2016). However, the consensus of the 

precise mechanisms or the spatial extent of hydroclimate changes among these records remain 

unresolved due to the varying climate signals recorded in these records.  

The Medieval Climate Anomaly (MCA, 950-1250 CE) and the Little Ice Age (LIA, 

1400-1850 CE) (Mann et al. 2009) manifest as periods of anomalous hydrologic conditions in 

paleoclimate records. During the MCA, paleoclimate records suggest increased precipitation 

patterns in northern China (Zhang et al. 2008) and decreased precipitation in southern China 

(Wang et al. 2008b; Hu et al. 2008) and the Indo-Pacific region (Oppo et al. 2009; Conroy et al. 

2010), supporting the hypothesis of a northward shift in the ITCZ. However, lake records from 

the South China Sea (Yan et al. 2011) and other proxy records from the central and eastern 

tropical Pacific propose that the influence of the El Niño-Southern Oscillation (ENSO) and 

associated zonal shifts of deep convection played a more important role than ITCZ shifts during 

this time (Moy et al. 2002; Conroy et al. 2008; Sachs et al. 2009; Yan et al. 2011; Konecky et al. 

2013). In addition, tree ring records from Thailand (Buckley et al. 2007b), Vietnam (Sano et al. 

2012), and Laos (Buckley et al. 2007a; Xu et al. 2011) have attributed interannual-decadal 

hydrologic changes to ENSO variability as opposed to ITCZ shifts.  

Within the discussions of ITCZ shifts versus ENSO, there are additional debates among 

studies on the phase of ENSO during these anomalous climate periods. For example, the in-phase 

rainfall relationships among several tropical Pacific records suggest more El Niño-like condition 

during the MCA (Tan et al. 2008; Yan et al. 2011). However, the opposite mechanism 

suggesting more La Niña-like conditions during the MCA, but El Niño-like conditions during 

LIA, has also been proposed by other studies (Cobb et al. 2003). The phase status of ENSO 
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during the MCA and LIA continues to be debated and requires further studies (Chen et al. 2016). 

In light of this previous work, however, it is likely that both ENSO and ITCZ shifts influenced 

interannual to centennial-scale hydrologic variability throughout the Common Era, including 

during the MCA and LIA (Tan et al. 2019). A synthesis of paleo-hydrologic records from the 

western tropical Pacific highlighted the possible combined effects and suggested that the 

meridional extent of the seasonal ITCZ migration during the LIA possibly contracted at the same 

time that the Pacific Walker circulation strengthened (Yan et al. 2015; Griffiths et al. 2016). 

Rather than a uniform southward migration of the ITCZ during the LIA, the latitudinal range of 

the ITCZ contracted equatorward (Yan et al. 2015; Griffiths et al. 2016), which was 

hypothesized to be in response to solar irradiance (Bard et al. 2000).  

Presently, these hypotheses remain not well-established for Mainland Southeast Asia 

(MSEA), since many of the previously-published records from MSEA are either short in duration 

(i.e., only span the last few hundred years) or demonstrate low temporal resolution. To assess 

future changes in AM variability, specifically over MSEA, it is therefore important to have high-

resolution and absolute-dated climate records. By utilizing terrestrial climate archives, such as 

speleothems, it is possible to better understand past changes in monsoon rainfall and local 

hydroclimate on interannual to centennial timescales.  

 

1.4. Using Speleothems for High-Resolution Climate Reconstructions  

1.4.1. Speleothem Formation   

Speleothems are beneficial climate archives for terrestrial reconstructions, particularly in 

the Northern Hemisphere mid-latitudes (Wang et al. 2008b). Speleothems can be absolute-dated 

with U-Th methods and exhibit continuous or semi-continuous deposition, which may preserve 
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orbital to annual-occurring climate signals, making these ideal climate archives for paleoclimate 

reconstructions.  

Speleothems are mostly composed of calcium carbonate (CaCO3), either as calcite or 

aragonite, and form in limestone caves. They grow layer-by-layer through carbon dioxide (CO2) 

degassing from cave drip water over tens of thousands of years. The chemical reactions for the 

deposition of speleothems are below:  

 

CO2 + H2O → H2CO3 (1) 

H2CO3 + CaCO3 → Ca2+ + 2HCO3- (2) 

Ca2+ + 2HCO3- → CO2 + CaCO3 + H2O (3) 

 

Groundwater (generally sourced from precipitation that falls above the cave) reacts with 

CO2 generally sourced from soil and root respiration and decomposition of soil organic matter to 

form carbonic acid (H2CO3) (equation 1), which dissolves the limestone cave bedrock (equation 

2). CO2 is released into the cave air (through CO2 degassing) when the drip water enters the 

cave, and bicarbonate is supersaturated causing CaCO3 to precipitate and form speleothems 

(Fairchild et al. 2006a) (equation 3) (Figure 1.2). 

During these processes, geochemical signals (e.g., oxygen and carbon stable isotopes) 

that are typically sourced from the atmosphere, soil zone, or epikarst (sub-soil zone of fractured 

and highly weathered bedrock) are incorporated within the calcite layers of speleothems. 

Variations in oxygen isotope ratios of calcite precipitated under isotopic equilibrium conditions 

generally reflect the oxygen isotope signal of precipitation above the cave and the cave 

temperature. Rainfall oxygen isotope ratios may be influenced be a suite of factors including 
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precipitation amount (Dansgaard 1964), moisture source and transport (Pausata et al. 2011), and 

large-scale atmospheric monsoonal circulation (Yang et al. 2016). Conversely, the carbon 

isotope variations in speleothem calcite can reflect changes in the overlying vegetation, soil 

processes, and in- and above-cave processes (Baker et al. 1997; Genty et al. 2001; Frisia et al. 

2011).  

 

 
Figure 1.2. Schematic representation of speleothem formation in a karstic environment. 

Percolating water mixes with high levels of partial pressures (pCO2) in the soil due to 

respiration and decomposition of organic matter. Carbonate minerals are dissolved when in 

contact with the percolating solution. When the drip water solution enters the cave, which has 

a lower pCO2 than the original soil, CO2 is degassed and CaCO3 is precipitated (Fairchild and 

Baker 2012). Figure is from Fleitmann et al. (2004). 
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1.4.2. The Delta (δ) Notation  

Stable oxygen and carbon isotope ratios are expressed in delta notation () and in units of 

per mill (‰) relative to international reference standards. The conventional and most commonly 

used standard are Vienna Standard Mean Ocean Water; V-SMOW for water samples and Vienna 

Pee Dee Belemnite (V-PDB) for carbonates. The delta notation is represented by:  

 

𝛿18O =  
𝑅sample − 𝑅standard

𝑅standard
 × 1000‰ 

(4) 

Where 𝑅 =  
𝑟𝑎𝑟𝑒 𝑖𝑠𝑜𝑡𝑜𝑝𝑒

𝑐𝑜𝑚𝑚𝑜𝑛 𝑖𝑠𝑜𝑡𝑜𝑝𝑒
  

e.g., R = 18O/16O  

 

1.4.3. Speleothem Chronology  

Speleothems are advantageous for paleoclimate reconstructions, because they can be 

absolute-dated through the uranium-thorium (U-Th) dating method. U-Th dating is based on the 

radioactive decay of 234U to 230Th. Uranium, which is highly abundant and sourced from the soil 

and bedrock, is highly soluble and transported in solution (e.g., drip water) and co-precipitated 

during speleothem deposition (Fairchild and Baker 2012). Thorium, however, is insoluble under 

oxidizing conditions, and therefore does not leach into the bedrock, but is instead adsorbed onto 

clay minerals (Richards and Dorale 2003). Speleothem calcite, therefore, does not typically 

contain initial Th and can be radiometrically-dated by measuring the accumulation of radiogenic 

230Th. However, speleothems often contain trace amounts (ppt to ppb level) of initial (“detrital” 

or non-radiogenic) thorium from impurities, such as clay minerals, which can lead to artificially 

old U-Th ages (Spötl and Boch 2012). To correct for this initial 230Th input, the amount of 232Th 
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is measured in the sample and then used to estimate an initial 230Th/232Th ratio (Fairchild and 

Baker 2012). The initial Th correction can often be a challenge for very young speleothem with 

low uranium concentrations and subsequently low 230Th concentrations. In this dissertation, raw 

ages were corrected for initial Th using an initial 230Th/232Th atomic ratio of 4.4 ± 2.2 x 10-6, but 

values may vary with the host rock and soil characteristics with a range of activity ratios from 

~0.2 (Drysdale et al. 2006) to ~18 (Beck et al. 2001). This initial Th correction yielded age 

differences ranging of one year to 20 years with an average of eight years.  

Robust age models are fundamental for paleoclimate reconstructions and speleothem 

proxy records must be associated with a time scale in order for interpretations of the data can be 

made (Breitenbach et al. 2012). A variety of different algorithms and programs have been 

developed as to establish the depth-age relationship for each proxy data point. For example, a 

Bayesian radiocarbon chronology model called Bchron produces an ensemble of plausible age-

depth chronologies that is independent of the source of tie-point chronology and can be 

calibrated with additional radiocarbon (14C) or U-Th dates (Haslett and Parnell 2008). Another 

algorithm, StalAge, uses U-Th ages and the corresponding age uncertainties alongside 

stratigraphic information to further constrain and improve the age model (Scholz and Hoffmann 

2011). StalAge eliminates major outliers during the screening process of age data and conducts 

calculations at a 95% confidence level (Scholz and Hoffmann 2011).  

In addition to these algorithms, it is possible to construct a chronology based on counting 

of annual speleothem laminae in conjunction with U-Th ages. However, speleothem layers may 

not always be deposited annually, and these bands may be under- or over-counted, leading to 

greater errors and uncertainties (Shen et al. 2013). A depth-age modeling program, Constructing 

Proxy Records from Age Models (COPRA), integrates both U-Th ages and sections of laminae 
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counting to increase the robustness of an age model (Breitenbach et al. 2012). While U-Th ages 

and supplemented laminae counting may improve the age model, there can be the added 

challenge in determining the youngest age of the speleothem (i.e., the top age) if the speleothem 

sample was not actively growing at the time of collection. U-Th-based chronology associated 

with errors will essentially be floating in time space given that the length of the record is fixed 

but can be moved along an age scale. To combat these challenges, methods have been developed 

to determine the top age using a variety of methods including linear interpolation, least-squares 

polynomial fit, and linear regression (Domínguez-Villar et al. 2012). 

 

1.4.4. Controls of Speleothem δ18O  

Over the last few decades, many studies have characterized AM variability and the 

underlying mechanisms across a variety of timescales using speleothems (Wang et al. 2001b, 

2005b, 2008b; Yuan 2004; Zhang et al. 2008; Cheng et al. 2009; Cai et al. 2015). Most notably, 

the longest speleothem-based record that covers the full U-Th dating range provides a 640,000-

year record of EASM variability on orbital to millennial timescales (Cheng et al. 2016). The 

most common climate proxy extracted from calcite speleothems, specifically stalagmites, is the 

oxygen isotopic composition, which is expressed by the ratio of 18O/16O (δ18O). Speleothems that 

form under conditions of isotopic equilibrium implies isotopic equilibrium between CaCO3, 

HCO3-, and H2O (Hendy 1971). Under isotopic equilibrium conditions, variations in δ18O of 

speleothem calcite are dependent on the cave drip water δ18O and the cave temperature during 

speleothem precipitation (Wackerbarth et al. 2010). However, variations in drip water δ18O are 

usually larger in magnitude compared to that of temperature-dependent fractionation between 

water and calcite (~-0.23‰/°C) (Kim and O’Neil 1997) and therefore typically dominate the 
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speleothem δ18O signal (Lachniet 2009). While this may vary from site to site due to differences 

in karst hydrology and water pathways, it is commonly assumed that the local rainfall above the 

cave directly travels through the karst system above the cave and the precipitation δ18O signal is 

preserved in the drip water δ18O that feeds the stalagmite (Hendy and Wilson 1968; Fleitmann et 

al. 2003).  

In the AM region, the precise controls on precipitation δ18O, and subsequently stalagmite 

δ18O, have been largely discussed and debated over the last couple of decades (Zhang et al. 

2019). Chinese stalagmite δ18O records were originally interpreted to reflect changes in 

‘monsoon intensity’, which referred to the ratio of summer to winter precipitation (i.e., 

precipitation seasonality) (Cheng et al. 2009). However, different interpretations and language 

use of the phrase ‘monsoon intensity’ has resulted in ambiguity and misrepresentations within 

the paleoclimate community (Dayem et al. 2010). Interpretations of ‘monsoon intensity’ has 

mistakenly referred to changes in the intensity of summer rainfall (Cheng et al. 2009; Dayem et 

al. 2010), implying that more negative δ18O values denotes more intense summer rainfall. 

Similarly, some studies have argued that Chinese speleothem δ18O reflects changes in the local 

“amount effect”, which describes the inverse relationship between local rainfall amount and 

speleothem δ18O values (Wang et al. 2001b; Hu et al. 2008; Griffiths et al. 2009). However, a 

number of other studies from the EASM region have disputed the “amount effect” interpretation.  

Instead, these studies argue that speleothem δ18O variations reflect changes in large-scale 

monsoon circulation patterns, that include changes in precipitation seasonality (Wang et al. 

2001a), atmospheric circulation (Tan 2014; Chiang et al. 2015; Zhang et al. 2018a), moisture 

source region (Maher and Thompson 2012) or the degree of upstream rainout during transport 

(Pausata et al. 2011). Stalagmite δ18O interpretations have also varied between ISM and EASM 
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records, such that, ISM records have indeed interpreted changes in stalagmite δ18O to local or 

regional precipitation amount (Berkelhammer et al. 2010; Sinha et al. 2011a). Atmospheric 

moisture sourced from the Indian Ocean and advected to Chinese cave sites and/or distinctive 

moisture pathways to East China may also appear as discrepancies among different cave records 

from the AM region and result in different interpretations of stalagmite δ18O (Cai et al. 2015).  

Given these various hypotheses on the controlling factors of speleothem δ18O, rigorous 

testing using isotope-enabled climate models have been recently conducted (Comas-Bru et al. 

2019; Hu et al. 2019). In support of findings from previous studies, the isotope-enabled climate 

runs show that precipitation δ18O variability is associated with large-scale changes in circulation 

and moisture source but does not necessarily imply fluctuations in the amount of rainfall at the 

cave sites (Hu et al. 2019). Thus, interpretations of speleothem δ18O variations are best supported 

as changes in regional-scale atmospheric circulation and associated changes in moisture source 

of air masses reaching the monsoon domain (Lachniet 2020).  

In this dissertation, monsoon intensity is defined as regional-scale changes in rainfall 

upstream of our study site (referred to as upstream rainout), specifically over the Bay of Bengal 

and Indian Ocean, which is most closely related to the strength of the ISM. It is important to note 

that I made no assumptions about whether monsoon intensity and local rainfall amount should 

covary.   

 

1.4.5. Controls of Speleothem δ13C 

Another useful stalagmite proxy suitable for identifying changes in local hydrology is the 

carbon isotopic composition (13C/12C; δ13C). Interpretations of stalagmite δ13C are complex, due 

to the various carbon sources in speleothem calcite, such as the local soil and epikarst zones 
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(Fairchild et al. 2006a), and the climatic and non-climatic factors that may influence stalagmite 

δ13C. Variations in stalagmite δ13C are dependent on the δ13C of the dissolved inorganic carbon 

(DIC) of the parent solution, which is canonically influenced by the δ13C of soil CO2. Shifts in 

the δ13C of soil CO2 can vary according to (1) the ratio of C3 plants (δ13C ~ -25‰) to C4 plants 

(δ13C ~ -13‰) in the overlying vegetation cover (Dorale et al. 1998; Genty et al. 2001), (2) 

contributions from atmospheric CO2 (Genty et al. 2003), and/or (3) changes in biogenic activity. 

For example, low respiration rates by microbial organic matter oxidation and root respiration 

during drought conditions may shift δ13C to more positive values (i.e., closer to atmospheric CO2 

values (~ -8‰) than to soil CO2 values (~ -25‰) (Genty et al. 2001). Conversely, increased soil 

respiration during wet periods cab result in higher soil pCO2 and more negative δ13C values of 

soil CO2 (gas), dissolved inorganic carbon (water) and eventually stalagmite δ13C (Oster et al. 

2010).   

Further changes in δ13C may occur depending on (1) the degree of host rock carbon 

contribution due to changes in open versus closed system dissolution conditions (Hendy, 1971; 

Oster et al. 2010), (2) CO2 degassing and associated prior calcite precipitation (PCP) within the 

epikarst and cave (Johnson et al. 2006; Mühlinghaus et al. 2007; Frisia et al. 2011), and/or (3) 

kinetic fractionation (Baker et al. 1997). PCP is thought to increase during drier periods when 

dewatering of the karst system enhances 12CO2 degassing from the infiltrating water, leading to 

more positive values of stalagmite δ13C (Fairchild et al. 2000, 2006a; Johnson et al. 2006; Oster 

et al. 2010; Treble et al. 2015). Slower drip rates during dry periods contribute to longer 

residence times in the epikarst and more exposure to air space in the fractures and cavities above 

the cave, enhanced CO2 degassing, and increased likelihoods of PCP and more positive 

stalagmite δ13C values (Mühlinghaus et al. 2007; Frisia et al. 2011). Lastly, kinetic fractionation 



 

 
 
 

16 

during CO2 degassing may occur when the rate of CO2 loss from solution is too rapid to maintain 

equilibrium between aqueous carbon dioxide and bicarbonate ions, which can lead to higher δ13C 

values (Hendy 1971; Frisia et al. 2011).  

Despite these various processes, speleothem δ13C shifts are found to be sensitive to 

factors that all relate to climate: changes in vegetation cover, the degree of microbial activity in 

the soil, and the effective water balance in the karst system (Genty et al. 2003; Griffiths et al. 

2010, 2012; Oster et al. 2010). These processes typically respond in the same direction to 

hydrological changes, regardless of the various mechanisms responsible for changes in 

stalagmite δ13C (Wong and Breecker 2015). As such, more positive δ13C values are typically 

indicative of drier conditions at a study site and vice versa (Wong and Breecker 2015). 

 

1.5. Proxy System Modeling   

While stalagmite proxy records have provided extensive information on past AM 

variability and tropical hydroclimate, the climate signals embedded within the calcite layers of 

stalagmites are subjected to filtering by environmental conditions in complex ways. For example, 

the karst hydrology of a cave (e.g., effects of transport and mixing of drip water δ18O through the 

epikarst) have the potential to filter out the seasonal to interannual climate signals present in 

precipitation δ18O (Baker and Bradley 2010; Dee et al. 2016). An approach to improve our 

understanding of these processes is a forward-modeling method known as Proxy System 

Modeling (Evans et al., 2013). Traditional calibration techniques using instrumental records and 

reanalysis data are useful to clarify interpretations of speleothem δ18O data. Even so, proxy 

system models (PSMs) can further quantify the relationship between the δ18O signals recorded in 

stalagmites and the environmental inputs (e.g., precipitation, temperature) that may have 
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influenced the signal (Evans et al. 2013; Dee et al. 2015). This method can improve our ability to 

distinguish the impact of climate variability versus hydrological processes on speleothem δ18O 

by quantifying uncertainties and distinguishing the signals between the proxy data and the 

modeled data. In addition to simulating the propagation of uncertainties, PSMs are designed to 

improve interpretations of proxy records. The physical processes within the karst system that 

ultimately affect speleothem δ18O are distinguished in several stalagmite-based proxy models 

(Truebe et al. 2010; Baker and Bradley 2010; Wackerbarth et al. 2010).   

 

1.5.1. Karst Hydrology and In-Cave Processes   

Several studies have highlighted this increased ability to distinguish the impact of climate 

variability versus (non-climatic) hydrological processes on stalagmite δ18O using detailed 

observations of precipitation, drip water, and modern stalagmite δ18O values (Baker and Bradley 

2010; Moerman et al. 2014). Since the climate signal to noise ratio (signal:noise) over the last 

millennium is much lower compared to that of millennial to orbital timescales, it is particularly 

important to consider the impact of transport and mixing on shorter timescales that may cause 

some degree of hydrologic “smoothing” that takes place as the rainfall infiltrates down through 

the epikarst (Bradley et al. 2010; Dee et al. 2017; PAGES Hyro2k Consortium 2017).  

Early developments of karst (topography formed by dissolution of limestone) forward 

models began with Fairchild et al. (2006b), who utilized a linear reservoir approach for a two-

layer model. This simple model represented the possible flow pathways and distinguished the 

geochemical variability in the soil and karst in southwestern England. Baker et al. (2010) utilized 

a single reservoir model for an Ethiopian speleothem that grew from drip water that traveled 

through two discrete flow paths (e.g., (1) diffuse seepage through the karst matrix and (2) 



 

 
 
 

18 

fracture-fed flow). Several modifications to improve the complexity of this simple model 

included incorporating a parameter for higher drip water δ18O values due to evaporation at the 

soil surface, a parameter for diffuse and matrix flow into the water stores, and a parameter for 

speleothem precipitation under non-equilibrium processes (Baker et al. 2010). 

While these previously-published models have successfully distinguished various karst 

processes, other PSMs are focused on the in-cave processes that impact the climate signals in 

stalagmites. As previously mentioned, speleothems that form under conditions of isotopic 

equilibrium implies isotopic equilibrium between CaCO3, HCO3-, and H2O (Hendy 1971). 

However, in-cave properties and processes can lead to disequilibrium isotope fractionation, 

which considers all chemical and isotope reactions between molecules, which disturb isotope 

equilibrium (Deininger et al. 2012; Deininger and Scholz 2019). For example, variations in cave 

air movement can allow for evaporative fractionation of drip water δ18O values (Deininger et al. 

2012) or high supersaturation of drip water with respect to calcite can lead to rapid calcite 

precipitation after CO2 degassing (Mickler et al. 2006; Deininger et al. 2012). The drip interval 

(i.e., time between two subsequent drips) may also influence the degree of isotope disequilibrium 

(Kaufmann 2003a; Mühlinghaus et al. 2007, 2009; Frisia et al. 2011; Deininger et al. 2012) and 

ultimately alter stalagmite δ18O values.  

A newly-developed forward model that integrates both karst hydrology and water 

pathways with in-cave processes is known as Karstolution (Treble et al. 2019). Karstolution 

incorporates two models, which couples an existing karst hydrology PSM (Baker et al. 2013) 

with an in-cave fractionation PSM (Deininger and Scholz 2019). Karstolution is useful for better 

understanding the physical processes occurring at the study site, analyzing the assumptions of 

karst linearity and in-cave isotopic fractionation, and working with global climate models and 
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large climate reconstructions (Treble et al. 2019). Karstolution uses an input time series of 

climate data (e.g., rainfall amount, surface temperature, evapotranspiration, and rainfall δ18O at a 

monthly timesteps) and considers a configuration of karst and in-cave conditions to output 

modelled stalagmite δ18O. Using a PSM such as Karstolution is important when identifying key 

processes that could alter the climate signal interpreted in the stalagmite δ18O data. While there 

are PSMs that also consider changes in stalagmite δ13C due to various non-climatic factors, this 

dissertation focuses solely on stalagmite δ18O PSMs. Specifically, I used Karstolution to identify 

how hydrologic conditions may influence interannual changes in stalagmite δ18O using cave-site 

specific monitoring data.  

 

1.6. Modern Precipitation Variability  

Extensive work has been done to better understand more recent changes (~last 50 years) in 

interannual precipitation change associated with the AM system. Interannual precipitation 

variability across East China over the last few decades has been well-characterized by meridional 

dipole and tripole structures (Hsu and Liu 2003; Hsu et al. 2007; Han and Zhang 2009; Ye and 

Lu 2012). The tripole pattern illustrates wet conditions over the Yangtze River region and dry 

conditions to the north and south or vice versa (Hsu et al. 2007; Huang et al. 2012; Day et al. 

2015). Conversely, the dipole rainfall pattern describes out-of-phase variations in precipitation 

between southeastern and northeastern China (Ding et al. 2008; Qian et al. 2014; Sun and Wang 

2015).  

These spatial rainfall patterns across the EASM region has also been observed in historical 

documents and speleothem records (e.g., Wang et al. 2001a). A recent synthesis of high-

resolution paleoclimate records of moisture or precipitation variability from the EASM region 
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revealed spatially distinct precipitation variations over the last millennium (Chen et al. 2015, 

2019a). On centennial timescales, studies have shown various periods during which there were 

generally drier conditions in southern China, while the northern part was wetter (Chen et al. 

2015), representing the observed dipole pattern. On the other hand, the tripole pattern of 

precipitation variability has been linked to the timing and duration of distinct stages of the 

EASM related to insolation-forced shifts in the position of the westerlies relative to the Tibetan 

Plateau during the Holocene (last ~11,700 years) (Kong et al. 2017). Multiproxy paleoclimate 

evidence has shown that AM precipitation did not respond uniformly to past changes in 

insolation or AMOC (Chiang et al. 2015; Zhang et al. 2018b; Huang et al. 2018), suggesting that 

the dipole and/or tripole rainfall patterns may persist across a wide range of timescales.  

While several studies have focused on rainfall patterns across the MSEA region, (Misra 

and DiNapoli 2014; Mie et al. 2015; Tsai et al. 2015; Shrivastava et al. 2017; Ratna et al. 2017), 

none thus far have analyzed how MSEA precipitation patterns are linked to the observed dipole 

or tripole precipitation patterns in East China or the dynamic mechanisms responsible for the 

potential linkage. Evaluation of the underlying interactions altering modern spatial patterns of 

rainfall across East China and MSEA can provide more insight into past changes in monsoon 

rainfall and improve interpretation of monsoon and hydroclimate paleoclimate records.  

 

1.7. Research Objectives 

 My main dissertation objectives are to better understand mainland Southeast Asian 

climate variability over the Common Era by addressing the following questions: 

1. How has Southeast Asian hydroclimate varied over the last two millennia on 

multidecadal to centennial timescales? 
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2. What are the dominant mechanisms that characterize interannual MSEA precipitation 

variability in recent decades?  

3. Is there a coupling of modern-day MSEA and East Asian monsoon summer precipitation 

through meridional tripole and/or dipole spatial modes and what are the driving 

mechanisms?  

4. How can non-linear karst processes and in-cave disequilibrium isotope fractionation alter 

the stalagmite δ18O signals and what are the impacts of cave temperature, ventilation, and 

other metrics on changes in stalagmite δ18O?  

 

1.8. Region of Interest and Study Site   

The Southeast Asian Monsoon (SEAM), a regional monsoon of the larger AM system, 

dominates the modern climate of our study site that is located in northern Laos (Tham Doun Mai 

Cave, 20°45’N, 102°39’E, elevation 360 m). More than two-thirds of the mean annual 

precipitation (1195 mm/year) occurs during the summer monsoon months from May– 

September. The duration of the SEAM wet season is one of the longest of the regional AM 

systems and extends nearly twice the time of the Indian monsoon (range of 120 to 160 days and 

80 to 120 days, respectively) (Misra and DiNapoli 2014). The onset of the SEAM occurs in late 

boreal spring (May) and is characterized by the sudden shift in winds from northeasterly to 

southwesterly. Strong winds from the Indian Ocean transport warm moist air into the region and 

additional moisture flows through directly from the Andaman Sea, and Gulfs of Martaban and 

Thailand to MSEA (Misra and DiNapoli 2014). The study region focused on in this dissertation 

is situated at the interface between the Indian and East Asian monsoons, which can lead to 

complex interactions and precipitation variability over MSEA (Conroy and Overpeck 2011). In 
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my dissertation, I focus on changes in mostly MSEA hydroclimate and precipitation variability 

during the Common Era and also include precipitation variations over East China as it pertains to 

spatiotemporal changes in MSEA rainfall.  

 

 

Figure 1.3. Summer (JJAS) precipitation and 850 mb winds climatology. Mean JJAS 

precipitation (1951-2007 CE) derived from Asian Precipitation - Highly-Resolved 

Observational Data Integration Towards Evaluation (APHRODITE) (Yatagai et al. 2012). 850 

mb winds are derived from NCEP Reanalysis mean (1951-2007 CE) (Kalnay et al. 1996). The 

location of Tham Doun Mai Cave, Laos is indicated by the yellow circle. 

 

1.9. Chapter Outline 

In Chapter 2, I present a new, high-resolution stable isotope record (δ18O and δ13C) from 

a northern Laos stalagmite. As previously stated, ‘monsoon intensity’ is defined as changes in 

rainfall upstream of our study site (i.e., upstream rainout), specifically over the Bay of Bengal 

and Indian Ocean, which is most closely related to the strength of the ISM. This definition 

highlights that an identified increase in monsoon intensity (upstream rainout) recorded at Tham 
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Doun Mai Cave does not necessarily imply an increase in local precipitation amount above the 

cave site. Previous work has shown that interannual variations of precipitation δ18O at our study 

site do not strongly correlate with local precipitation amount, but instead reflect upstream rainout 

over the Bay of Bengal and Indo-Pacific warm pool regions, large-scale monsoon intensity, and 

influences from ocean-atmosphere interactions (Yang et al. 2016). The δ18O record shows 

persistent multidecadal to centennial variations in monsoon intensity over the 1900-year record, 

whereas the δ13C record exhibits centennial-scale variations in local water balance and highlights 

the presence of megadroughts that generally match those recorded by tree ring records. In 

addition to these new paleoclimate data, the study utilizes a novel approach that integrates both 

paleoclimate data with climate model simulation output. Specifically, solar-forced climate 

simulations from the Community Earth System Model-Last Millennium Ensemble (CESM-

LME) (Otto-Bliesner et al. 2016) were used to disentangle the observed significant correlation 

between the δ18O record and solar variability after 1200 CE. The modeling results showed that 

centennial-scale δ18O variability over the past millennium may be driven by solar-forced changes 

in upstream rainout over the tropical Indian Ocean, which modify the δ18O of moisture 

transported to our study site without necessarily affecting rainfall amount. Supplementary 

information is presented in Appendix A.   

 In Chapter 3, I present a modern observational study that focuses on the interannual 

precipitation variability across MSEA and East China. I use various data products, including 

satellite precipitation data and reanalysis climate datasets. The results show that the leading 

precipitation modes across MSEA and East China are characterized by tripole and dipole 

precipitation modes. These modes are closely related to and likely influenced by the El Niño 

Southern Oscillation and the North Atlantic Oscillation, respectively. The first leading mode 
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(denoted by a tripole precipitation pattern) demonstrates an in-phase precipitation pattern 

between MSEA (specifically Laos and Vietnam) and South China. However, the second leading 

mode (denoted by a dipole precipitation pattern) is characterized by an out-of-phase precipitation 

pattern between MSEA and South China. The conclusions from this study have implications for 

not only understanding future changes in precipitation patterns in these regions, but also 

interpreting paleoclimate records reflecting precipitation changes and monsoon patterns across 

MSEA and East China. While additional work is needed to test the hypotheses presented in this 

work, this study introduces several mechanisms that may explain past spatial precipitation 

patterns across the AM region.  

In Chapter 4, I use a speleothem proxy forward model, Karstolution (Treble et al. 2019), 

to identify how key processes within the karst system and changes in hydrologic pathways may 

alter the stalagmite δ18O at our study site. By using cave monitoring data and climate inputs from 

an isotope-enabled global spectral model (IsoGSM) (Yoshimura et al. 2008), I assess how in-

cave processes and conditions impact various stalagmites in the same cave through sensitivity 

analyses. The IsoGSM model applies spectral nudging towards the meteorology captured by the 

National Center of Environmental Prediction/Department of Energy (NCEP/DOE) reanalyses. 

Therefore, the precipitation isotopes simulated by IsoGSM closely agrees with the Global 

Network of Isotopes in Precipitation (GNIP) database (Baker et al. 2013). By modifying the 

original model configurations, the output data from Karstolution exhibited a one-year lag 

compared to the output using the original model configurations. These results suggest that 

variations in karst hydrology and water pathways can directly impact stalagmite δ18O changes. 

By configuring the model with monthly means observational data from TM Cave, these results 

build the foundation in further improving interpretations of TM Cave stalagmite δ18O variability.   
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 The collective results of my dissertation help us understand both past changes in 

monsoon intensity, local hydroclimate, and modern-day precipitation patterns across MSEA and 

surrounding regions impacted by the broader AM system. My interest in the MSEA region is 

motivated by the limited number of paleoclimate records than span the last two millennia and the 

high vulnerability of countries within MSEA to precipitation changes associated with 

anthropogenic climate change. The paleoclimate record from my dissertation is available via 

NOAA’s National Climate Data Center and publicly accessible (doi: 10.1016/j.epsl.2019.115737 

https://www.ncdc.noaa.gov/paleo-search/study/27332).  
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Chapter 2 

2 Hydroclimatic variability in Southeast Asia over the past two millennia 

 

Adapted from: 

Wang, J.K., K.R. Johnson, A. Borsato, D.J. Amaya, M.L. Griffiths, S. Frisia, G.M. Henderson A. 

Mason, 2019, Hydroclimatic Variability in Southeast Asia over the Last Two Millennia, Earth 

and Planetary Science Letters, 525, 115737. doi: 10.1016/j.epsl.2019.115737 

 

Supporting information located in Appendix A.  

 

2.1. Overview  

The spatiotemporal variability of the Asian Monsoon (AM) over the last two millennia 

has been attributed to a combination of external solar and volcanic forcing and/or internal 

coupled atmosphere-ocean dynamics, but the relative importance of these mechanisms remains 

unresolved. The present knowledge of multidecadal to centennial-scale AM variability over 

Mainland Southeast Asia is not well-constrained, despite substantial progress in understanding 

seasonal to decadal variability from tree ring records. Here we present the first high-resolution 

stable isotope (δ13C and δ18O) speleothem record from northern Laos spanning the Common Era 

(~50 BCE to 1880 CE). The δ13C record reveals substantial centennial-scale fluctuations 

primarily driven by local water balance. Notably, the driest period at our site occurred from 

~1280 to 1430 CE, during the time of the Angkor droughts, supporting previous findings that 

this megadrought likely impacted much of Mainland Southeast Asia. In contrast, variations in 

stalagmite δ18O reflect changes in rainfall upstream from our study site. Interestingly, the δ18O 

record exhibits a positive correlation with solar activity that persists after 1200 CE, contrary to 

the findings in previous studies. Solar-forced climate model simulations reveal that these δ18O 
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variations may be driven by solar-forced changes in upstream rainout over the tropical Indian 

Ocean, which modify the δ18O of moisture transported to our study site without necessarily 

affecting local rainfall amount. We conclude that future rainfall changes in Mainland Southeast 

Asia are likely to be superimposed on multidecadal to centennial-scale variations in background 

climate driven primarily by internal climate variability, whereas solar forcing may impact 

upstream rainout over the Indian Ocean. 

 

2.2. Introduction     

The Asian Monsoon (AM) system is known to vary on a range of timescales, from orbital 

to interannual (Wang et al. 2005b; Zhang et al. 2008; Cook et al. 2010; Berkelhammer et al. 

2010; Griffiths et al. 2016; Cheng et al. 2016). AM variability has been linked to orbitally-forced 

changes in Northern Hemisphere summer insolation (Cheng et al. 2016). Additionally, 

millennial-scale AM changes have been linked to North Atlantic ice rafting events and the 

corresponding changes in the strength of the Atlantic Meridional Overturning Circulation 

(AMOC) (Wang et al. 2001b). However, there are fewer studies that have focused on the 

mechanisms underlying higher-frequency AM variability. Centennial to decadal-scale AM 

variations have thus far been attributed to some combination of external solar and volcanic 

forcing (Zhang et al. 2008; Yan et al. 2015) and/or internal coupled ocean-atmosphere dynamics 

(Cook et al. 2010; Berkelhammer et al. 2010; Buckley et al. 2010; Sinha et al. 2011a), but the 

relative importance of these mechanisms is still uncertain due, in part, to the paucity of sub-

decadal resolution paleoclimate records. Furthermore, projections of AM changes in response to 

anthropogenic greenhouse gas forcing are still a challenge for climate models (Mohtadi et al. 

2016). While most models project that overall AM precipitation will increase despite a projected 
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weakening of monsoon circulation, no such trends have been clearly observed (Christensen et al. 

2013). Recent precipitation trends have instead exhibited substantial regional variability that has 

been primarily attributed to internal ocean-atmosphere dynamics (Conroy and Overpeck 2011). 

Given the complex dynamic nature of the AM and the short length of instrumental observations, 

our understanding of regional AM variability remains incomplete. The development of robust 

and precisely dated paleoclimate records is therefore critical to better characterize the timing and 

mechanisms of centennial to decadal-scale regional AM variability over the Common Era.   

Speleothem oxygen isotope (δ18O) records from China and India have been widely used 

to reconstruct past AM variability (Cheng et al., 2016; Sinha et al., 2011a; Wang et al., 2001; 

Zhang et al., 2008), with more negative values widely interpreted as evidence for a stronger AM 

and vice-versa. However, the precise mechanism driving the δ18O in the AM region is still 

debated and interpretations include changes in local or regional precipitation amount 

(Berkelhammer et al. 2010; Sinha et al. 2011a), precipitation seasonality (Wang et al. 2001b), 

atmospheric circulation (Chiang et al. 2015; Zhang et al. 2018a), and the degree of upstream 

rainout during transport (Pausata et al., 2011). While orbital and millennial scale δ18O changes 

have been widely linked to changes in summer insolation and AMOC, respectively, several 

previous studies have suggested that decadal to centennial-scale speleothem δ18O variability may 

be attributed to external solar changes due to significant spectral peaks at frequencies associated 

with known solar cycles (Neff et al. 2001; Zhang et al. 2008; Zhao et al. 2015). However, given 

the small radiative forcing associated with solar variability, the complex controls on speleothem 

δ18O, and the incomplete understanding of physical processes through which solar variations 

may influence the AM, the nature and robustness of the relationship remain unclear. Other 

speleothem δ18O studies have attributed decadal to centennial-scale variability to internal 



 

 
 
 

29 

coupled ocean-atmosphere modes, such as the El Niño Southern Oscillation (ENSO) and the 

Atlantic Multidecadal Oscillation (AMO) (Berkelhammer et al. 2010; Zhao et al. 2015). Few 

speleothem studies have utilized additional proxies, such as carbon isotopes, which, when 

combined with δ18O data, could add valuable climate information to more fully examine the AM 

response to both internal climate variability and external forcings. 

Speleothem carbon isotope variations (δ13C) have been found to reflect shifts in the local 

water balance through hydrologically-sensitive processes related to soil and vegetation efficiency 

and in or above-cave processes (Genty et al. 2001; Johnson et al. 2006; Frisia et al. 2011). 

Enhanced CO2 degassing and calcite precipitation in the epikarst or on the cave ceiling during 

dry periods lead to preferential loss of 12CO2 from the infiltrating water to the cave air, which 

shifts the δ13C of subsequent stalagmite calcite to more positive values (Johnson et al. 2006). 

Similarly, decreased soil and root respiration during dry periods can contribute to lower soil 

pCO2 and more positive δ13C values of the carbonate (Bajo et al., 2017). Despite the complex 

controls on speleothem carbon isotopes, shifts towards more positive δ13C are often interpreted 

as drier conditions, whilst more negative δ13C values are interpreted as wetter conditions above 

the cave site. For instance, a recent study from southern China reported that centennial-scale 

changes in speleothem δ13C were sensitive to local water balance variations associated with 

regional hydrological change (Liu et al. 2016). Despite recent advances in understanding the 

factors that control speleothem δ13C (Wong and Breecker 2015), few studies from the AM region 

have focused on the link between speleothem δ13C variability and local hydroclimate or monsoon 

variability.  

At present, limited paleoclimate records that span the last two millennia exist across 

Mainland Southeast Asia (MSEA), where the majority of rainfall is delivered by the Southeast 
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Asian Monsoon (Conroy and Overpeck 2011). Even slight changes in the intensity or timing of 

monsoon rainfall can have profound societal and economic impacts on the region with recent 

severe droughts and floods (Thirumalai et al. 2017) highlighting the critical need to better 

constrain the nature of past and future hydroclimate changes. Tree rings and lake sediment 

records have provided insight on MSEA precipitation variability on interannual to centennial 

timescales (Buckley et al. 2010; Chawchai et al. 2015; Yamoah et al. 2016a). Absolute-dated 

precipitation records from tree ring width series spanning the last several centuries suggested that 

ENSO is one of the most important drivers for interannual to decadal-scale droughts in the 

region (Cook et al. 2010; Buckley et al. 2010). A multi-proxy record from lake sediments in 

northern Thailand revealed multidecadal to centennial-scale precipitation variability during the 

last two millennia, which was linked to low-frequency ENSO-like patterns and/or shifts in the 

position of the intertropical convergence zone (ITCZ) (Chawchai et al. 2015; Yamoah et al. 

2016a). These lake and tree ring records did not provide evidence for a strong solar variability 

influence on MSEA climate (Buckley et al. 2010), unlike several speleothem δ18O records from 

the broader AM region (Zhang et al. 2008; Zhao et al. 2015). This disagreement among climate 

archives, along with the complex controls on precipitation δ18O, suggests the possibility that 

solar activity may influence speleothem δ18O variability without necessarily impacting local 

hydroclimate. 

To address this issue, here we present the first high-resolution, precisely dated 

speleothem stable isotope (δ18O and δ13C) record from MSEA spanning the last two millennia. 

The δ18O and δ13C records reveal substantial multidecadal to centennial-scale oscillations, which 

we interpret as reflecting variations in rainout upstream of our study site and local water balance, 

respectively. Our δ13C results suggest that centennial-scale precipitation variations in the region 
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are likely dominated by internal climate variability. Through comparisons with solar activity 

records and solar-forced climate model simulations, we propose that solar-forced changes in 

precipitation over the Indian Ocean may drive multidecadal to centennial-scale speleothem δ18O 

variability at our site. 

 

2.3. Study Site and Climatology 

Tham Doun Mai Cave (TM cave; 20°45’N, 102°39’E) is a ~3,745 m-long cave located at 

352 m above sea level in Luang Prabang Province, Laos (Figure A.1; Appendix A). Mean annual 

rainfall in the region is ~1,200 mm, ~70% of which is delivered during the summer monsoon 

season (June-September), when strong southwesterly winds transport warm moisture-laden air 

masses sourced primarily from the Indian Ocean and Bay of Bengal to MSEA (Figure A.1). 

Mean monthly rainfall δ18O values exhibit strong seasonality, with the summer monsoon 

moisture being significantly depleted in 18O with respect to boreal winter moisture.  

Isotope-enabled climate model results showed that modern δ18O of precipitation at TM 

cave is not significantly correlated to local precipitation amount (Yang et al. 2016). However, 

strong correlations with two measures of AM strength, sea level pressure and vertical wind shear 

over the Indian Ocean and Bay of Bengal, instead suggest an important influence of upstream 

rainout on precipitation δ18O at TM cave (Yang et al. 2016). In this study, we utilize the term 

“AM intensity” to refer to the degree of rainout associated with this convective activity upstream 

from TM cave, which includes the Indian Ocean, Indian sub-continent, and the Bay of Bengal. 

Although the influence from the amount effect (i.e., a tendency for lower δ18O values in rainfall 

from strongly convective systems) (Dansgaard 1964) cannot be entirely ruled out, we interpret 

TM speleothem δ18O values primarily as a proxy for AM intensity. Increased upstream rainout 
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during strong AM periods leads to more negative δ18O values at TM cave without necessarily 

requiring a change in local precipitation amount in northern Laos (Pausata et al. 2011). 

 

2.4. Methods 

2.4.1. Speleothem Chronology 

Speleothem TM-17 was sampled ~200 m from the cave entrance and was not actively 

growing at the time of collection. It is a 60 cm long, candle-shaped stalagmite, but for this study 

we focus only on the top ~4 cm. Seven powdered samples (~200 mg/each) were drilled from the 

central growth axis of TM-17 using a Dremel tool fitted with a diamond dental bur (Figure 2.1a). 

230Th/234U ages were determined using multi-collector inductively coupled plasma mass 

spectrometry (MC-ICP-MS) at the University of Oxford, UK (Table A.1) following methods 

outlined in previous studies (Hu et al. 2008; Mason and Henderson 2010). All samples were 

corrected for initial 230Th using an initial 230Th/232Th value of 4.4 ± 2.2 x 10-6. The U-Th ages lie 

in stratigraphic order and range from 229 ± 19 to 1927 ± 12 years before present (years BP, 

where present equals 1950 CE), indicating an average growth rate of ~20 μm/year (Figure 2.1; 

Table A.1). High-resolution analyses on TM-17 conducted via synchrotron radiation X-ray 

fluorescence (XRF) microscopy (Appendix A) show clear laminations in Sr concentration spaced 

at ~20 μm intervals, suggesting that they are annual in nature. To further constrain the age 

model, we conducted annual laminae counting on the Sr synchrotron XRF map and anchored this 

floating laminae counting age model to the U-Th ages using a least-squares fit method 

(Domínguez-Villar et al. 2012) (Figure 2.1c). The final age model indicates that TM-17 formed 

between ~50 BCE to 1880 CE with an average age uncertainty of 26 years (Appendix A).  



 

 
 
 

33 

 

Figure 2.1. TM-17 morphology and age model (a) Scanned image of stalagmite TM-17 cut 

parallel to the growth axis. Zoomed-in image shows the section of stalagmite TM-17 

composed by alternating compact columnar calcite layers (dark grey) and porous columnar 

calcite layers. Black dots indicate the positions of 230Th dates measured. The ages are reported 

in years BP (before 1950 CE). (b) Age-depth plot using the U-Th ages (red squares) coupled 

with the laminae counting. The 2σ U-Th error bars are shown, but in most cases are smaller 

than the symbols. The grey thick lines correspond to age model uncertainty constructed from 

the U-Th 2σ error bars by propagating the 3% laminae counting (LC) error within each section 

between two adjacent U-Th ages. The yellow square represents the U-Th age (U3) that was not 

included in the final age model due to the large uncertainty on the raw age, which indicates a 

poor analysis. (c) Strontium synchrotron micro XRF map of the central section of TM-17. The 

map is rendered in temperature scale (red = high, blue = low value). The alignments of green 

crosses centered on the lower intensities (blue) laminae at the top and bottom of the image 

visualize two sets of laminae counting. 

 

2.4.2. Stable Isotope Analyses  

A total of 903 powdered samples were micromilled at 0.04 mm intervals (~2- to 4-year 

resolution) along the central growth axis of TM-17. Powdered samples (~30-70 mg) were 

weighed and analyzed for carbon and oxygen isotope (δ13C, δ18O) composition on a Thermo 
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Finnigan Kiel IV carbonate device coupled with a Delta V Plus isotope ratio mass spectrometer 

at the University of California, Irvine. All results are expressed using conventional δ notation in 

per mil (‰) relative to the V-PDB standard. A total of 18 standards (IAEA-CO-1, NBS-18, and 

OX, an in-house quality control standard) were analyzed during each run of 28 unknown 

samples. Duplicate measurements of NBS-18 and IAEA-CO-1 standards show a long-term 

standard deviation of 0.04 ‰ for δ13C and 0.07‰ for δ18O (1σ). 

 

2.4.3. Model Analyses   

 To assess the influence of solar-forced tropical climate variability on multidecadal TM-17 

18O fluctuations, we used runs from the Community Earth System Model Last Millennium 

Ensemble (CESM-LME) (Otto-Bliesner et al. 2016). CESM-LME is available from 850-2005 

CE with a vertical resolution of 30 pressure levels in the atmosphere and a horizontal resolution 

of ~2 for the atmosphere and land and ~0.3-1.0 for the ocean and sea ice coupled model. In 

the present study, we analyzed the ensemble mean of four runs forced only with varying solar 

intensity (Otto-Bliesner et al. 2016) and perturbed with slightly different initial conditions. To 

better compare our record with CESM-LME variables, we interpolated TM-17 18O to regularly 

spaced time intervals of every two years from 50 BCE to 1878 CE (n = 965). Likewise, the 

ensemble mean anomalies were then annually averaged and interpolated to our regularly spaced 

age model from 850 CE to 1878 CE (n = 515). To isolate low-frequency variability, TM-17 18O 

and model data were then subject to a 4th-order Butterworth filter with a 50-year period cutoff. 

Comparisons were then made between our low-passed 18O record and the low-passed ensemble 

mean from 1200 CE to 1878 CE. We chose to focus on this time period due to the high temporal 
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coherence multidecadal to centennial timescales between our record and the total solar intensity 

used to force CESM-LME that begins around 1200 CE (Figure 2.3e, Figures. A.5 and A.6). 

 As a measure of the zonal circulation along the equator, we calculated the zonal mass 

streamfunction (𝜓𝑥) as: 

 

𝜓𝑥(𝑡, 𝑥, 𝑝) =
2𝜋𝑎

𝑔
∫ [𝑢𝐷]𝑑𝑝

𝑝

0
   (1) 

 

Where 𝑎 is the radius of the earth, 𝑔 is the gravitational constant, 𝑝 is pressure, and [𝑢𝐷] 

is the divergent component of the zonal wind field averaged from 5˚S-5˚N (Yu and Zwiers 

2010). 

 Correlation significance for the model analyses was determined using Monte-Carlo 

methods. First, we generated 1,000 different pairs of uncorrelated, white noise time series and 

subjected them to a 4th-order Butterworth filter with a 50-year period cutoff. Then, we correlated 

these low-passed random pairs of time series and created a null distribution of correlation 

coefficients. Unless otherwise noted, correlations between TM-17 18O and CESM-LME model 

data were taken to be significant if they fell outside of the 95% confidence interval of this null 

distribution. 

 

2.5. Results    

The TM-17 δ18O values range from - 9.2‰ to - 8.0‰ and exhibit multidecadal to 

centennial-scale fluctuations with lower values recorded from ~50 BCE to 500 CE and higher 

values from 1200 CE to 1880 CE (Figure 2.2a, Figure A.2). These variations are likely 

dominated by low-frequency changes in AM intensity, though they may also be modified in part 
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by hydrological processes in the epikarst (Bradley et al., 2010; Evans et al., 2013) (Appendix A). 

These hydrologic effects have the potential to filter or reduce the amplitude of seasonal to 

interannual climate frequencies leading to hydrologic “smoothing” or reddening of the δ18O 

signal during the proxy formation process as precipitation infiltrates through the epikarst. These 

processes therefore may shift interannual to decadal-scale speleothem δ18O signals towards lower 

frequencies relative to the associated climate signals, though these effects are less likely to 

influence the multidecadal to centennial-scale variations we focus on here (Bradley et al. 2010; 

Dee et al. 2017; PAGES Hyro2k Consortium 2017).  

 

 

Figure 2.2. Stable isotope record of Southeast Asian hydroclimate from stalagmite TM-17. (a) 

δ18O record and (b) δ13C record. Standard (z) scores are shown for records. The black lines 

represent the 50-year low pass filtered data. δ18O values are interpreted as reflecting monsoon 

intensity, whereby more negative z-scores (blue) reflect increased monsoon intensity 

(upstream rainout) and vice versa. δ13C values are interpreted as a local water balance record, 

whereby more negative z-scores (blue) represent wetter conditions and positive values (red) 

represent drier conditions at the cave site. Vertical brown bars identify the Angkor I and II 

Droughts (I and II, respectively) (Buckley et al. 2010) and the Strange Parallels Drought (SP; 

1756-1768 CE) (Cook et al. 2010).  
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The TM-17 δ13C values range from -8.4‰ to -4.4‰ and are characterized by 

multidecadal to centennial-scale variability that is superimposed on a millennium-long positive 

trend, with more negative values from 51 BCE to 750 CE and more positive values from ~1200 

to 1800 CE (Figure 2.2b; Figure A.2). Considering that the TM-17 stalagmite has a regular and 

straight candle-shaped morphology and columnar fabric (Figure 2.1), indicative of a slow and 

almost constant drip rate (Frisia and Borsato, 2010), it is reasonable to infer that the δ13C 

increases were mainly driven by climate-related soil and/or vegetation processes associated with 

drier conditions (Mühlinghaus et al. 2007) (Appendix A). Similar to the processes impacting 

δ18O, it is also likely that vegetation and soil processes may act to smooth the interannual to 

decadal-scale precipitation variability, leading to apparent reddening of the δ13C spectra 

compared with the precipitation signal.   

 

2.6. Discussion    

2.6.1. Regional Monsoon Variability and Drought History   

To evaluate the regional coherency of AM variability, we compare high-resolution, 

precisely dated speleothem records that span the last millennium or longer with the TM-17 δ18O 

record. Stalagmite δ18O records from Wanxiang and Dongge Caves, China (Zhang et al. 2008; 

Zhao et al. 2015) and a composite record from Dandak and Jhumar Caves, India (Sinha et al. 

2007, 2011a) reveal similar multidecadal to centennial-scale δ18O fluctuations over the last 

millennium, but the TM-17 record does not exhibit strong correlations with these records (Figure 

2.3). This disagreement may reflect a combination of chronological uncertainty, hydrologic 

processes, and/or differences in regional climatology and precipitation δ18O controls (Hu et al. 

2017; PAGES Hyro2k Consortium 2017). 
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Figure. 2.3. Comparison of the TM-17 record with regional speleothem records and solar 

activity. The black line in all panels shows the stalagmite TM-17 18O record compared with 

(a) Stalagmite TM-17 δ13C (this study). (b) Stalagmite δ18O from Wanxiang Cave, China 

(Zhang et al. 2008). (c) Stalagmite δ18O from Dongge Cave, China (Zhao et al. 2015). (d) 

Composite stalagmite δ18O record from Dandak and Jhumar Caves (Sinha et al. 2011a). (e) 

10Be stack derived from Central Antarctica ice cores (Delaygue and Bard 2011). The vertical 

yellow bars denote the “weak monsoon” periods (1330-1430 CE and 1560-1635 CE). The y-

axes in all panels are oriented such that weaker monsoon intensity and stronger solar activity 

are down. 
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Nevertheless, some common features of the records are worth discussing in more depth, 

such as two notable “weak monsoon” periods dated from 1330 to 1430 CE and from 1560 to 

1640 CE that appear in all four records (Figure 2.3). These periods correspond to the highest 

δ18O values observed in the four stalagmite records and coincide with historical accounts of 

famine in India (Sinha et al. 2007) and social turmoil in China (Zhang et al. 2008). These weak 

monsoon periods recorded in these stalagmites suggest a common mechanism driving 

precipitation δ18O, which, as the modern precipitation δ18O systematics suggests (Yang et al., 

2016) does not necessarily imply synchronous precipitation amount changes at each site. For 

instance, decreased rainfall over the Indian monsoon region could lead to increased δ18O at the 

Indian cave sites due to the amount effect, but also increased δ18O of precipitation at 

“downstream” cave sites in Southeast and East Asia due to the upstream rainout mechanism and 

vice versa (Pausata et al. 2011). Alternatively, decreased rainout upstream of all sites could also 

lead to consistent shifts in δ18O towards more positive values at each location. 

The TM-17 δ13C record exhibits the most positive values from 1280 to 1430 CE (Figure 

2.2b), suggesting the driest conditions of the last two millennia occurred during this period. 

Similarly, the Lake Pa Kho record from Thailand exhibits some of the driest conditions and 

lowest effective moisture from ~1300 to 1500 CE (Chawchai et al. 2015; Yamoah et al. 2016a) 

(Figure A.3). Tree-ring based Palmer Drought Severity Index (PDSI) records from the AM 

region identified two major drought periods during the late 14th and early 15th centuries. These 

were referred to as the Angkor I and II droughts, which were then related to the collapse of the 

Khmer Empire (Buckley et al. 2010, 2014) (Figure 2.3). This period also coincides with a growth 

hiatus in a 14C-dated speleothem record from Cambodia that was interpreted as indicating 

drought conditions (Hua et al. 2017). The tree ring records also highlight the spatially-extensive 
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Strange Parallels (SP) megadrought (1756–1768 CE), which coincided with widespread famine 

in India and China (Cook et al. 2010; Buckley et al. 2014). This event is clearly expressed as 

positive δ13C and δ18O excursions in TM-17, indicating dry conditions in northern Laos and 

weakened monsoon intensity, respectively, at that time (Figure 2.2).  

Given the different controls on speleothem δ18O and δ13C values and the substantial 

variability in regional precipitation patterns in the AM region (Conroy and Overpeck 2011), it is 

not unusual for regional proxy records to exhibit discrepancies or fall out of phase from one 

another during some periods. For example, the TM-17 δ13C record, Vietnamese tree ring records 

(Buckley et al. 2010) and Thai lake records (Chawchai et al. 2015; Yamoah et al. 2016a) do not 

show significant evidence for drought-like conditions during the second identified weak 

monsoon period from 1560 to 1635 CE (Figure A.3), which other studies identified as an 

extreme drought period in China and India (Zhang et al. 2008; Zhao et al. 2015). Furthermore, 

previous studies from the broader AM and tropical Pacific regions have focused on disentangling 

contrasting hypotheses to explain anomalous climate intervals, particularly the Medieval Climate 

Anomaly (MCA, 950-1250 CE) and the Little Ice Age (LIA, 1400-1850 CE) (Griffiths et al. 

2016). Some paleoclimate proxy records link meridional shifts of the ITCZ to key changes in 

tropical Pacific hydroclimate (Zhang et al. 2008; Sachs et al. 2009; Tierney et al. 2010), while 

others implicate the influence of ENSO and associated zonal shifts of deep convection as the 

dominant drivers (Yan et al. 2011; Konecky et al. 2013). The TM-17 δ 18O record suggests 

decreased AM intensity, while the δ 13C record indicates overall drier conditions during the LIA, 

both of which are consistent with records of hydroclimatic variability in MSEA and Palau 

(Buckley et al. 2010; Richey and Sachs 2016; Yamoah et al. 2016a) (Figure 2.2, Figure A.3). 

The drying trend and/or drought-like conditions observed from these records conflict with other 
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paleoclimate records from the South China Sea (Yan et al. 2015) and Indonesia (Konecky et al. 

2013), which show wetter conditions during the LIA that can be linked to a meridional ITCZ 

contraction and/or zonal deep convection shifts (Figure A.3). While the TM-17 record supports 

previous findings of dry conditions in MSEA during the LIA that point to a southward shift of 

the ITCZ or shifts in zonal convection, it has no clear evidence for a significant hydroclimatic 

shift during the MCA. 

 

2.6.2. Solar influence on Low-Frequency δ18O Variability 

Previous studies have suggested a relationship between solar activity and AM speleothem 

δ18O changes on multidecadal to centennial timescales (Neff et al., 2001; Zhang et al., 2008; 

Zhao et al., 2015), though some found that the relationship was either temporally inconsistent or 

only played a minor role (Berkelhammer et al. 2010; Sinha et al. 2011b). We investigated the 

potential influence of solar activity by comparing the TM-17 δ18O and δ13C time series with 

three records of solar variability: total solar irradiance (TSI) (Vieira et al. 2011), sunspot number 

(Solanki et al. 2004), and 10Be concentrations derived from ice cores (Delaygue and Bard 2011) 

(Figures 2.3e and A.5). Reported correlation coefficients are Pearson’s r values. Significance 

testing was conducted using a combination of 1,000 Monte Carlo iterations and time-series 

modeling in the frequency domain to consider the effect of serial correlation (Macias-Fauria et 

al. 2012). Notably, the most significant correlations between the 18O profile and reconstructed 

TSI (r = 0.42, p < 0.01), sunspot number (r = 0.40, p <0.05), and 10Be concentration (r = -0.55, p 

< 0.01) occur after 1200 CE for both unfiltered and 50-year low passed filtered data (Figures. 

A.5 and A.6, Table A.2). These significant correlations suggest decreased AM intensity 

corresponds with periods of increased solar irradiance and vice versa. By contrast, the TM-17 
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13C record, exhibits no significant correlation with solar activity (Figure A.5), indicating that 

internal variability may be a more important driver of local precipitation on multidecadal to 

centennial timescales. We note that a potential caveat of this analysis stems from the age 

uncertainty in the proxy records (Hu et al. 2017) but given the strong similarities between the 

TM-17 18O record and all three solar proxy records on multi-decadal to centennial timescales, 

this relationship is worth further consideration. We therefore focus the remainder of our 

discussion on the potential solar influence on the TM-17 18O record, which does appear to be 

consistent with changes in solar irradiance (Figures A.5 and A.6). 

To further investigate solar influence, we conducted cross-wavelet analyses between the 

δ18O values and solar activity proxy records (Figure A.6). A strong shared power on 

multidecadal to centennial timescales between δ18O and TSI, sunspot number, and 10Be was 

observed. While the phasing between δ18O and sunspot number oscillates, suggesting a less 

consistent influence of solar irradiance, there is consistent phasing post-1200 CE among all three 

solar proxies, specifically during the Spörer (1400-1510 CE) and Maunder (1645-1715 CE) 

Minimums (Figure A.5 and A.6). Spectral analysis of the TM-17 δ18O data does not provide 

evidence for a robust or persistent ~210-year cycle (Figure A.2 and Appendix A), whereas other 

stalagmite records have revealed significant periodicities similar to the ~210-year solar cycle of 

de Vries-Suess (Wang et al. 2005b; Novello et al. 2016). Persistent multidecadal to centennial-

scale periodicities, however, emerge in the wavelet transform analysis (Figure A.2) as well as 

persistent centennial-scale power at in the wavelet coherence analysis with the solar proxies 

(Figure A.6), in particular after 1200 CE.   

This monsoon-solar relationship observed in our record contrasts with earlier studies that 

observed the opposite relationship, such that periods of increased AM rainfall correspond with 
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periods of increased solar irradiance (Zhang et al. 2008; Zhao et al. 2015). While these Chinese 

stalagmite studies note that some periods of decreased solar irradiance, such as the Spörer 

Minimum, coincide with wetter conditions, they attribute this to the influence of internal climate 

variability (Zhang et al. 2008; Zhao et al. 2015). A recent southeastern Tibetan Plateau 

stalagmite 18O record, on the other hand, revealed a monsoon-solar relationship similar to our 

findings: multiple periods of increased AM rainfall (more negative 18O) were associated with 

decreased solar activity over the last millennium (Tan et al. 2018). Similarly, a positive 

relationship between South American Summer Monsoon (SASM) intensity and solar irradiance 

on centennial timescales was recently inferred from a stalagmite 18O record from Midwestern 

Brazil (Novello et al. 2016). This suggests that solar forcing could potentially lead to an anti-

phase relationship between SASM and AM speleothem records, similar to the so-called global 

monsoon pattern observed on longer timescales and linked with meridional ITCZ shifts (Cheng 

et al. 2012a). A comparison between our TM-17 δ18O record and SASM proxy records, however, 

does not show a significant inverse relationship on multidecadal to centennial timescales (Figure 

A4). This mismatch may reflect multiple factors, including chronological limitations, regional 

variability in monsoon precipitation patterns, differing controls on speleothem 18O, and/or the 

complex climate dynamics linking AM with SASM climate.   

In addition to an opposite monsoon-solar relationship, the temporal nature of the 

relationship also differs between our study and previously published records, all of which 

suggest non-stationary behavior in the solar forcing-AM relationship. For example, the 

Wanxiang Cave record showed similar timing between AM and solar irradiance peaks between 

~950-1250 CE (Zhang et al. 2008), whereas the Dandak Cave record showed coherence between 

Indian summer monsoon precipitation amount and solar variability from ~800-1290 CE 
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(Berkelhammer et al. 2010).  As a result of these temporally inconsistent relationships, both 

studies concluded that internal climate variability was likely a more important factor driving 

local hydroclimate change. It is interesting that our observed monsoon-solar relationship appears 

to strengthen at ~1200 CE, around the time these other relationships weakened, and persists for 

the remainder of the record (~680-year period). This may reflect true spatiotemporal variability 

in the response of precipitation 18O to solar forcing in the AM region (Tan et al. 2018), though 

could also reflect the variable influence of internal coupled climate modes such as ENSO or the 

AMO on AM intensity (Zhao et al., 2015; Berkelhammer et al., 2010). 

Overall, our results imply that solar variability may exhibit a significant influence on the 

TM 18O record, in particular since 1200 CE. These results warrant further consideration for the 

role of solar forcing on changes in AM precipitation and, hence speleothem, 18O. Here we 

conduct a more through exploration of the potential mechanisms underlying the observed strong 

positive correlation between TM-17 18O and solar variability (Figure 2.3e, Figures. A.5 and 

A.6) utilizing climate model simulations.  

 

2.6.3. Atlantic SSTs Influence Asian Monsoon Precipitation 18O 

To explore solar-forced mechanisms that could influence low-frequency 18O variability 

at our site, we correlated the low-pass filtered TM-17 18O record (50-year cutoff) with the 

ensemble mean of the “solar forcing only” simulations in the Community Earth System Model 

Last Millennium Ensemble (CESM-LME) (Otto-Bliesner et al. 2016). Each solar-forced 

ensemble member of CESM-LME is initialized by slightly different initial conditions, which 

largely cancel out in the ensemble mean. Therefore, CESM-LME ensemble mean variability can 

be interpreted as having been driven by the common external forcing (i.e. solar forcing). Since 
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TM-17 18O showed some consistency with the same solar variability that is used to force 

CESM-LME, it is reasonable to compare our time series directly to the CESM-LME ensemble 

mean as a first approximation of how solar forcing may influence AM intensity as it pertains to 

the time variability of our record. 

We primarily focused on the period since 1200 CE, since TM-17 18O exhibits significant 

correlations during this time period with all three solar records (Table A.2). Correlations of TM-

17 18O with solar-forced CESM-LME sea surface temperature (SST) anomalies reveal the 

strongest and most significant positive correlations with tropical Atlantic SSTs (Figure 2.4). This 

relationship is significant in all four solar-forced ensemble members (Figure A.7), increasing our 

confidence that these correlations are not spurious. In addition, we repeated the model analysis 

for the full overlapping period between the 18O and LME runs in the solar-only forcing runs. 

The results are qualitatively consistent, suggesting that the relationship is physically consistent 

(Figure A.8).  

Previous studies have suggested that the relatively small radiative forcing from solar 

variability could potentially explain large SST changes in the Atlantic via non-linear responses 

of the climate system to amplifying feedbacks (Gray et al. 2010). For instance, a “top-down” 

mechanism was proposed, wherein solar-induced changes to stratospheric ozone and temperature 

gradients propagate downwards to influence North Atlantic atmospheric and ocean circulation 

(Meehl et al. 2009). These changes may be further amplified through feedbacks related to the 

AMOC (Caesar et al. 2018). Alternatively, it has been proposed that the small solar forcing 

signal may be amplified through “bottom-up” processes involving coupled atmosphere-ocean 

dynamics and associated changes to the Walker and Hadley circulation (Meehl et al. 2009). 

Regardless of how tropical Atlantic SSTs may respond to solar forcing, we utilized the CESM-
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LME solar-forced simulation to further explore mechanisms through which solar-forced SST 

changes in the tropical Atlantic could influence AM intensity and, hence, speleothem 18O at the 

TM cave site. 

 

 

Figure 2.4. Atmosphere-ocean response to solar forcing. TM-17 18O correlations with 

ensemble mean CESM-LME solar forcing only SST anomalies (x/y plane shading), omega () 

(x/z contours), and the zonal mass streamfunction (𝜓 (x/z shading) averaged 5˚S-5˚N. The 

sign convention is such that positive (negative)  and  ψ correlations correspond to subsidence 

(convection) and clockwise (counter-clockwise) circulations, respectively. Note the 𝜓 section 

on the back wall corresponds to values straddling the equator. Thick black contours indicate 

correlation significance at 95% confidence level. The blue arrow illustrates surface flow 

converging onto the warm tropical Atlantic, whereas the red arrow indicates upper-level 

divergence associated with the resulting deep convection. 

 

Our results show that 18O is significantly negatively correlated with a dipole of zonal 

mass streamfunction (𝜓𝑥) circulation anomalies that straddle the tropical Atlantic and are 
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consistent with the low-level convergence of near-surface winds initiated by warmer Atlantic 

SSTs (Figure 2.4 back wall shading). These convergences lead to increased deep convection over 

the tropical Atlantic, which is also apparent in 18O correlations with model vertical velocity () 

(Figure 2.4 equatorial vertical cross-section). Deep convection over the warm Atlantic is 

compensated by broad zonal bands of atmospheric subsidence over much of eastern Africa and 

the eastern tropical Indian Ocean, as indicated by positive correlations between CESM-LME  

and TM-17 18O over these regions (Figure 2.4). Subsidence over the tropical Indian Ocean 

consequently promotes increased atmospheric stability, lower cloud heights, and decreased 

precipitation, which are consistent with correlations between speleothem 18O values 

correlations and modeled precipitation (Figure 2.5). Taken together, our results suggest that less 

upstream rainout over the tropical Indian Ocean, a key source of moisture to the broad AM 

region (Baker et al. 2015; Pathak et al. 2017), could lead to more positive 18O values of the 

water vapor reaching TM.   

 

Figure 2.5. TM-17 18O correlated with ensemble mean CESM-LME solar forcing-only 

precipitation. TM-17 18O correlated with CESM-LME total precipitation rate (shading) and 

850mb wind fields (arrows). Thick black contours and black (grey) arrows indicate correlation 

significance at 95% (80%) confidence level based on the distribution of 1,000 randomly 

generated low-pass filtered time series. All time series were subjected to a 50-year low pass 

filter.  

 

Correlations between TM-17 18O with 850 mb winds reveal increased cross-equatorial 

southerly winds from the tropical Indian Ocean and further supports that decreased precipitation 
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over the tropical Indian Ocean could lead to the transport of higher 18O moisture to TM Cave 

(Figure 2.4). These changes may be further reinforced by increased contribution of 18O enriched 

moisture from the Bay of Bengal. However, it is difficult to quantitatively distinguish the relative 

importance of upstream rainout or other potential factors (such as moisture source region or 

rainfall amount) controlling multidecadal to centennial-scale 18O variability without long-term 

isotope-enabled climate model simulations and other multi-proxy speleothem data.  

Volcanic eruptions represent the largest natural forcing to the climate system over the last 

millennium (Robock 2000) and can potentially explain long-term trends seen in last millennium 

reconstructions (McGregor et al. 2015). To investigate whether volcanic forcing could provide 

an alternate explanation for the TM-17 18O variability, we repeated our analyses with the 

CESM-LME volcanic-only runs and found no similar correlations that would indicate a 

substantial volcanic influence on our record (not shown), which provides us confidence in our 

solar results. However, when we repeated our analyses using the CESM full-forcing runs, we 

found that the full forcing results were more similar to the volcanic-only runs. A possible 

explanation may be that strong volcanic forcing events are the single largest radiative forcing 

agents in the fully forced ensemble mean and therefore dominate the overall signal (Otto-

Bliesner et al. 2016). As such, this may make it difficult to identify solar-forced changes in the 

full-forcing experiments that are relatively subtle compared to the strong volcanic eruptions used 

to force CESM-LME. Additionally, there are likely large uncertainties in the timing and 

magnitude of volcanic eruptions used to force CESM-LME (Sigl et al. 2014). Finally, our record 

does not preclude the possibility of volcanic influence on interannual to decadal-scale 

precipitation δ18O variability, which may be reddened or otherwise obscured by karst hydrologic 
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processes. Therefore, despite these discrepancies, our results may still offer insight on the 

influence of solar forcing on multi-decadal to centennial-scale precipitation 18O variability.  

 

2.6 Conclusions  

This study presents a new high-resolution speleothem stable isotope (18O and δ13C) 

record from northern Laos that spans most of the Common Era (~50 BCE to 1880 CE). The 18O 

record is interpreted to reflect upstream rainout over the Indian Ocean, Bay of Bengal, and 

Indian monsoon region, whereas the δ13C record reflects local water balance through impacts on 

soil-vegetation processes. The 18O record contains significant multidecadal to centennial-scale 

variability and exhibits positive correlations with records of solar variability, which are opposite 

to those previously reported (Zhang et al. 2008; Zhao et al. 2015). The δ13C record, on the other 

hand, shows no relationship to solar forcing, but does contain significant centennial-scale 

variability, with generally dry conditions throughout the LIA. The driest conditions of the record 

occur during the 13th-15th centuries, consistent with other regional records (Buckley et al. 2010, 

2014; Chawchai et al. 2015; Yamoah et al. 2016a). Overall, the δ13C record provides evidence 

that internal variability likely played a more important role than solar forcing in driving 

multidecadal to centennial-scale precipitation variability in MSEA.  

Based on the observed solar forcing-18O relationship, this study proposes one hypothesis 

to explain multidecadal to centennial-scale variations in speleothem δ18O possibly associated 

with solar-forced increases in convection and rainfall over the Indian Ocean. Results of the solar 

forcing only experiments from the CESM-LME suggest that increased tropical Atlantic SSTs 

resulting from increased solar irradiance may lead to modifications in zonal atmospheric 

circulation and increased subsidence over the tropical Indian Ocean, leading to less upstream 
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rainout over a key moisture source for the AM region (Baker et al. 2015; Pathak et al. 2017). 

This proposed mechanism offers a plausible explanation for the increased speleothem 18O 

values at our site during periods of increased solar activity, without requiring any solar-forced 

changes in local precipitation amount, thus providing a potential explanation for some periods 

when the 18O and δ13C records differ. 

While age uncertainty and proxy formation processes present challenges for conducting 

this type of multi-proxy analysis and data-model comparison (Hu et al. 2017; PAGES Hyro2k 

Consortium 2017), the data presented here provide a baseline of MSEA natural climate 

variability on multidecadal to centennial timescales, which is critical for understanding the extent 

that external forcing and internal variability will impact AM intensity and MSEA water 

resources in the coming decades. Through a novel model-data comparison, we propose a new 

mechanism to explain the potential solar influence on AM region precipitation 18O. Future 

research including development of additional high-resolution paleoclimate records, isotope-

enabled climate model analyses, and proxy system modeling will be needed to further constrain 

the impacts of external forcing and internal climate variability on speleothem 18O and δ13C 

records in the AM region. 
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Chapter 3 

3 Pacific and Atlantic controls on the relationship between Mainland 

Southeast Asia and East China interannual precipitation variability  

 

3.1. Overview   

The Asian monsoon region is highly dependent on boreal summer rainfall, which directly 

impacts the socio-economic stability and welfare of billions of people each year. Precipitation 

variability over East China has been extensively studied and is characterized by meridional 

tripole and dipole precipitation structures. In contrast, few studies have focused on precipitation 

variability over Mainland Southeast Asia (MSEA) and the possible relationship with the 

variability over East China. Here we focus on how interannual precipitation variability across 

MSEA during 1983-2017 may be associated with the tripole or dipole patterns using an empirical 

orthogonal function (EOF) analysis. The first EOF shows a meridional tripole pattern in East 

China summer precipitation and an in-phase relationship between MSEA and South China. In 

contrast, the second EOF shows a meridional dipole pattern in East China precipitation and an 

out-of-phase relationship between MSEA and South China. We show that the first EOF mode is 

a delayed precipitation response to the El Niño-Southern Oscillation (ENSO), while the second 

EOF mode is a simultaneous precipitation response to the remote influence of the North Atlantic 

Oscillation (NAO). These results suggest that in-phase and out-of-phase variations in 

precipitation between MSEA and South China may be used to gauge the relative importance of 

local Pacific and remote Atlantic influences on climate across the AM region.  
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3.1. Introduction 

 Interannual precipitation variability across East China has been well-characterized by 

meridional dipole and tripole structures (Hsu and Liu 2003; Hsu et al. 2007; Han and Zhang 

2009; Ye and Lu 2012). The tripole pattern illustrates a positive rainfall anomaly center along the 

Yangtze River region and negative anomaly centers to the north and south or vice versa (Hsu et 

al. 2007; Huang et al. 2012; Day et al. 2015). Conversely, the dipole rainfall pattern describes 

out-of-phase variations in precipitation between southeastern and northeastern China (Ding et al. 

2008; Qian et al. 2014; Sun and Wang 2015).  

The spatial heterogeneity in precipitation across East China occurs particularly during 

boreal summer due to the East Asian Summer Monsoon (EASM) (Ding et al. 2008). The EASM 

exhibits several meridional quasi-stationary stages during its seasonal evolution and distinct 

transitions of abrupt change (Ding and Chan 2005). The differential heating between the Asian 

continent and the Pacific Ocean induces a low-level pressure contrast, which causes low-level 

monsoon flow from the South China Sea to East Asia (Sui et al. 2013). Sea surface temperature 

(SST) variations in the tropical Pacific and Indian Oceans related to the El Niño-Southern 

Oscillation (ENSO) exert significant influence on the EASM (Wang et al. 2000; Wu et al. 2003, 

2009; Hsu et al. 2007; Feng et al. 2011). Following an El Niño event, cooling over the western 

Pacific can induce an anticyclonic circulation anomaly through a Gill-Matsuno type response, 

which can sustain this anomaly to the following summer through local air-sea interactions (Wang 

et al. 2000). The positive southeasterly wind anomaly on the west side of this anomalous 

anticyclone can strengthen the EASM and impact precipitation over East China (Wang et al. 

2000; Wu et al. 2003). Other studies have suggested that ENSO can also strengthen the EASM 

through anomalous warming of Indian Ocean SSTs (Xie et al. 2009, 2016), which can trigger a 
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low-level anticyclonic circulation anomaly in the western north Pacific (Du et al. 2009; Xie et al. 

2016). Shifts in the strength or zonal extensions of the Western Pacific Subtropical High 

(WPSH) (Sui et al. 2007; Wu and Zhou 2008) can also impact summer rainfall patterns over East 

China (Gong and Ho 2002). During periods when the WPSH intensifies, shifts southward, or 

extends westward, above-normal precipitation is expected along the Yangtze river valley and 

northward into southern Japan (Mao et al. 2010). These WPSH variations can be driven by SST 

anomalies over the western tropical Pacific (Sui et al. 2007; He et al. 2015) or the equatorial 

central Pacific (Wang et al. 2013; He et al. 2015), both of which are linked to ENSO. 

In addition to ENSO impacts on East Asian summer precipitation, the remote influence of 

the North Atlantic Oscillation (NAO) in the preceding winter and spring on the Asian monsoon 

via modifications in the strength and location of the 200-hPa jet stream has been widely 

documented in studies (Yang et al. 2004; Sung et al. 2006; Zuo et al. 2012). However, recent 

studies have demonstrated the impact of the concurrent summer NAO (SNAO) on East Asian 

precipitation patterns (Sun et al. 2008; Folland et al. 2009; Linderholm et al. 2011, 2013; Wang 

et al. 2018). Linderholm et al. (2011) proposed that North Atlantic storm tracks and transient 

eddy activity associated with the SNAO led to the observed significant positive (negative) 

correlations with rainfall over southeastern China (central East China). Furthermore, thermal 

forcing over the Tibetan Plateau may provide an intermediate bridge effect in this teleconnection 

that leads to the dipole pattern in East China summer rainfall. Negative SNAO events have been 

associated with decreased precipitation over southeastern China and wet conditions along the 

Yangtze River basin and vice versa leading to this Eurasian teleconnection between the SNAO 

and EASM (Wang et al. 2018).  
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Despite the current literature on the leading modes of interannual to interdecadal 

precipitation variability in East China (He et al. 2017; Qiu and Zhou 2019), we stress that few 

studies have considered precipitation variability over Mainland Southeast Asia (MSEA) in 

relation to East China precipitation. Spatial patterns of precipitation vary greatly across the broad 

Asian Monsoon region and MSEA is geographically-situated at the boundaries among several 

distinct regional systems (including the EASM and the Indian Summer Monsoon (ISM)), such 

that MSEA precipitation patterns may be influenced by the complex dynamic interactions among 

these systems (Wang et al. 2002). Similar to the reliance in China, the economies of MSEA 

countries largely depend on the success of the entire agricultural sector, including farming, 

forestry, and fishing (Mekong River Commision 2005). Therefore, variations in summer rainfall 

can play a significant role in millions of lives. While a number of studies have focused on MSEA 

interannual precipitation variability (Misra and DiNapoli 2014; Mie et al. 2015; Tsai et al. 2015; 

Shrivastava et al. 2017; Ratna et al. 2017), none have investigated how MSEA precipitation 

patterns may be linked to the observed dipole or tripole precipitation patterns in East China or 

the dynamic mechanisms responsible for the potential linkage.  

The motivation for this work stems from not only including MSEA in the analysis of the 

relationship between precipitation variability and climate phenomena (e.g., ENSO), but also the 

potential implications for paleoclimate studies and climate projections. Proxy evidence obtained 

from climate archives, such as speleothems, tree rings, and lakes, has been widely utilized to 

extend the record of EASM precipitation variability beyond the instrumental record, and 

increasingly suggests significant regional variability in the precipitation response to external 

forcing and internal climate variations. For instance, a synthesis of high-resolution paleoclimate 

records interpreted as moisture or precipitation variability from the EASM region revealed 
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spatially distinct precipitation variations (Chen et al. 2015, 2019a) over the last millennium. On 

centennial timescales, studies have shown various periods during which there were generally 

drier conditions in southern China, while the northern part was wetter (Chen et al. 2015). This 

spatial pattern of “south flood-north drought” observed since the late 1970s (Gong and Ho 2002; 

Ding et al. 2008) has also been observed in historical documents and speleothem records from 

eastern China (Wang et al. 2001a). Increasingly, multi-proxy paleoclimate evidence suggests that 

Asian monsoon precipitation also did not respond uniformly to past changes in insolation or 

Atlantic Meridional Overturning Circulation (AMOC) (Chiang et al. 2015; Zhang et al. 2018b; 

Huang et al. 2018), signifying that the dipole and/or tripole rainfall patterns may persist across a 

wide range of timescales. Despite efforts to synthesize multi-proxy records from across East 

Asia, there are few high-resolution proxy records from MSEA, limiting our understanding of 

past rainfall patterns (Buckley et al. 2010; Chawchai et al. 2015; Yamoah et al. 2016b; Wang et 

al. 2019). Given the heterogeneous nature of precipitation response to both external forcings and 

internal climate variability, further analyses of spatial and temporal precipitation variability and 

the underlying mechanisms in both modern and paleo-data are necessary for improving our 

understanding of regional precipitation variability across the broad Asian Monsoon region.     

The present study aims to investigate the interannual precipitation variability across East 

China and MSEA, with a focus on identifying how MSEA precipitation variations are linked to 

the observed East China interannual dipole and tripole precipitation patterns. The main goal of 

this study is to analyze the dynamical mechanisms that give rise to these spatial precipitation 

patterns between MSEA and East China and to examine the possible relations with atmospheric 

teleconnections. The implications for this work extend for both paleoclimate studies and 

precipitation projections for East China and MSEA. Climate change in response to increasing 
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greenhouse gases (IPCC 2013) have already influenced regions of MSEA, observed through 

extreme weather events, including droughts, floods, and tropical cyclones (Asian Development 

Bank. 2009). Direct impacts already observed include decline of agricultural yields in Thailand, 

Vietnam, and Indonesia, massive flooding in Vietnam, Indonesia, and Laos, landslides in the 

Philippines and droughts in many other parts of MSEA (Asian Development Bank. 2009). 

Therefore, an improved understanding of the coupling (or decoupling) of interannual 

precipitation patterns can aid in improving future projections of precipitation variability across 

the broader Asian Monsoon region where they continue to remain uncertain over the next 

century (Christensen et al. 2013).   

 

3.2. Data and methods  

This study uses the multi-satellite, high-resolution Precipitation Estimation from 

Remotely Sensed Information using Artificial Neural Networks-Climate Data Record 

(PERSIANN-CDR) precipitation product that provides daily precipitation estimates at 0.25° 

spatial resolution for the period from January 1983 to December 2017 (Ashouri et al. 2015). The 

primary source of precipitation data is collected from infrared (IR) satellite data of global 

geostationary satellites, and the model is pre-trained using the National Centers for 

Environmental prediction stage IV hourly precipitation data to meet calibration requirements. 

Model parameters are held fixed and the model is run using the historical record GridSat-B1 

infrared data (Knapp 2008). Global Precipitation Climatology Project (GPCP) (Adler et al. 2003) 

monthly 2.5° spatial resolution product is then used to reduce biases in precipitation estimates. 

The dataset is available from: https://www.ncdc.noaa.gov/cdr. Here we focus on the seasonal 

https://www.ncdc.noaa.gov/cdr


 

 
 
 

58 

mean precipitation averaged in July and August over East China and MSEA (100-124°E and 8-

45°N).  

Additional datasets used in this study include the following: 1) monthly means reanalyses 

of zonal and meridional winds at 850-hPa, 200-hPa geopotential heights, vertical velocity 

(omega) and vertically-integrated zonal and meridional moisture flux and vertically-integrated 

moisture flux divergence at 0.75° x 0.75° spatial resolution from the European Centre for 

Medium-Range Weather Forecasts (ECMWF) reanalysis (ERA5) data; 2) the NOAA Extended 

Reconstructed SST data at 2.0° x 2.0° provided by the National Oceanic and Atmospheric 

Administration/National Climate Data Center (Huang et al. 2017). All the reanalysis datasets 

used in this study cover the same 35-year period as the PERSIANN-CDR precipitation dataset.    

To identify the dominant modes of East China and MSEA summer precipitation 

variations, we apply an empirical orthogonal function (EOF) analysis on PERSIANN-CDR 

precipitation, averaged during the boreal summer months, over the region that is bounded by 

100°- 124°E and 8°- 45°N. In order to capture both the observed meridional tripole pattern in 

East China based on previous studies (Chiang et al. 2015) and the precipitation variability over 

MSEA, it was necessary to exclude the western coastal portion of MSEA (e.g., Myanmar and 

parts of Thailand). The region of MSEA that includes Laos, Vietnam, and Cambodia has 

particular paleoclimate significance due to the presence of several published paleoclimate 

records that span at least the last few hundred years and longer (Buckley et al. 2010; Xu et al. 

2011; Sano et al. 2012; Wang et al. 2019). The PERSIANN-CDR dataset was selected over 

longer-term precipitation datasets because of the higher spatial resolution available. Following 

previous studies (Chiang et al. 2015; Day et al. 2015; Kong et al. 2017; Zhang et al. 2018b), 

boreal summer is defined as July and August (JA). This monthly averaged period best represents 
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the overlap of two intraseasonal stages of precipitation over East Asia that characterize the 

dominant mode of East Asia summer rainfall interannual variability (Chiang et al. 2015). In this 

study, the precipitation variability across East China and MSEA are decomposed into the spatial 

patterns of the two leading modes (EOF1 and EOF2, hereafter). The corresponding PCs (PC1 

and PC2) represent their temporal variations.  

Statistical significance of correlation coefficients and anomalies based on linear regression 

are determined by Student’s t test at the 90% confidence interval. Anomalies are defined as the 

deviations from the seasonal mean after removing the linear trend. All the time series and data 

presented in this study are unfiltered and detrended. 

 

3.3. Results  

3.3.1. Leading Precipitation Modes and Associated Circulation Anomalies   

The climatology of mean JA climate during the period 1983-2017 is characterized by 

prevailing westerly and southwesterly winds that transport warm, moist air from the Indian and 

tropical Pacific Oceans and cause heavy precipitation along the coastal regions of MSEA and the 

Philippines (Figure 3.1). Precipitation over MSEA is also somewhat influenced by local 

orographic effects, which can lead to heterogeneous rainfall patterns among neighboring 

countries (Chang et al. 2005; Wang et al. 2012b). Additionally, southerly winds from the South 

China Sea transport moisture-laden air into East China and towards the Yangtze River valley. 

The presence of a dominant anticyclonic wind pattern off East Asia is also shown in the JA 

climatology.   
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Figure 3.1. Summer (July-August) precipitation (shading, mm) and 850-hPa winds (vector, m 

s-1) climatology derived from PERSIANN-CDR data (Ashouri et al. 2015) and ERA5 

reanalysis dataset for the period 1983-2017. Wind vectors are scaled by a factor of 2. 

 

We focus on the first two leading modes from the EOF analysis to examine the 

interannual precipitation variability across East China and MSEA. These two EOF modes are 

distinguished from the rest of the EOF modes based on their eigenvalues (not shown) and 

together explain 36% of the precipitation variability in the study region (denoted by the black 

box in Figure 3.1). The first EOF mode (EOF1; accounting for 23% variance) clearly illustrates a 

meridional tripole pattern. Positive loading values are centered just north of the Yangtze River 

region and negative loading values are present to the north and south (Figure 3.2a). This 

meridional tripole pattern over East China is broadly consistent with other studies, though these 

studies have referred to this first EOF mode as the dipole mode (Han and Zhang 2009). The time 

series of PC1 exhibits interannual and interdecadal variability (Figure 3.2b). In addition to the 
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meridional tripole pattern observed in the EOF1, we distinguish that precipitation variations in 

MSEA are broadly in-phase with those over South China, which we describe as the region just 

northwest of the Pearl River Valley region.   

 
Figure 3.2. Spatial patterns of the (a) first and (b) second EOF modes of JA precipitation and 

the respective principal components (c) PC1 and (d) PC2.  

 

The second EOF mode (EOF2; accounting for 14% variance) mostly describes the 

relatively uniform negative loading pattern across East China, which is contrasted by a positive 

loading region extending from coastal southeastern China to MSEA (Figure 3.2c). Unlike the 

EOF1 mode, the EOF2 mode is distinguished by out-of-phase precipitation variations between 

MSEA and most of south China (excluding the coastal regions). These analyses confirm that the 
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EOF1 and EOF2 patterns represent two different relationships between MSEA and East China 

(particularly the South China) precipitation variability. 

To investigate the dynamic mechanisms associated with these two EOF modes, we first 

regress precipitation and 850-hPa wind anomalies onto PC1 across the broad Asian monsoon 

region (Figure 3.3). The tripole pattern revealed in EOF1 is consistent with a rainbelt centered 

just north of the Yangtze River region and reduced rainfall to its north and south. The regression 

of 850-hPa winds reveals an anomalous low-level anticyclone centered around 20°N and 115°E, 

suggesting a strengthening and westward extension of a western Pacific anomalous anti-cyclone. 

(Figure 3a). Dynamically, the anomalous anticyclone can induce descending motion and 

contribute to the drier conditions over both South China and MSEA regions.  

Additionally, water vapor transport and supply play important roles in this precipitation 

pattern. The regression of vertically-integrated moisture flux onto PC1 shows near-identical 

circulation patterns as the regression of 850-hPa winds onto PC1 (Figure 3.3b). The anomalous 

anticyclone induces divergent water vapor flux out of MSEA and South China, while there is 

convergent motion north of Yangtze River region. The easterly anomalies to the south of 20°N 

transport moisture out of MSEA and towards the Bay of Bengal and Indian Ocean, which can 

contribute to the decreased precipitation pattern observed over MSEA. These patterns of 

moisture transport support the physical representation of the tripole pattern observed in the EOF1 

pattern and the in-phase precipitation variations between South China and MSEA. These results 

indicate that the strengthening and westward extension of an anomalous anti-cyclone can be a 

key contributor to the first mode of precipitation variability and the in-phase relationship 

between MSEA and South China precipitation.  
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Figure 3.3. The regression maps of JA precipitation (mm) and 850-hPa winds (m s-1) onto (a) 

PC1 and (c) PC2 for 1983-2017. The linear regression of the vertical integral of water vapor 

transport (vectors, kg (m s)-1) and vertically integrated moisture divergence (shading, kg m-2) 

onto (b) PC1 and (d) PC2 shows similar patterns. The black vectors and black stippled regions 

in a-d denote significance at the 90% confidence level.  

 

We repeat the same analyses for PC2 and compare how anomalous wind and moisture 

circulation patterns impact the observed dipole pattern in EOF2. The regression of 850-hPa wind 

anomalies onto PC2 is characterized by anomalous easterly winds centered around 30°N and is 

accompanied by anomalous cyclonic circulation to the south and anomalous anticyclonic 

circulation to the north (Figure 3.3c). The anomalous anticyclone centered around Japan is 

weaker and the vectors are not all statistically significant at the 90% confidence level. However, 

the significant, stronger anomalous cyclone extends from the coast of South China on the 

western edge to the central western Pacific on the eastern edge (Figure 3.3c). The regressions of 
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moisture transport and divergence show water vapor transport and convergence over the 

Philippine Sea, South China coast, and MSEA, whereas anomalous moisture divergence and 

moisture flux from the western Pacific contributes to the observed decreased precipitation over 

South China (Figure 3.3d).  

These results indicate that the influence of an anomalous anti-cyclone plays an important 

role in both the meteorological and water budget aspects of the EOF1 pattern, such that dry 

conditions persist in both South China and MSEA. However, the anomalous easterly flow 

associated with the EOF2 pattern produces drying in south-central China, but the cyclonic 

circulation anomaly to the south over the South China Sea produces wet anomalies over MSEA. 

In the next section, we investigate potential mechanisms that may have produced these 

anomalous circulation centers and subsequently anomalous precipitation patterns.  

 

3.3.2. Surface to Upper-Troposphere Patterns 

We analyze the 200-hPa geopotential height (Z200) anomalies to determine whether the 

observed precipitation patterns are linked to perturbations in the upper troposphere (e.g., the 

Asian westerly jet stream or barotropic wave trains). To highlight the wave components of 

upper-air structure, zonal means are subtracted from the anomalies prior to the regression 

analysis. The regression onto PC1 shows a positive Z200 anomaly over South China and a 

negative Z200 anomaly north of the Yangtze River valley (Figure 3.4a). These two anomalies 

lead to anomalous descending motions over South China and MSEA and ascending motions over 

North China, respectively, and contribute to the tripole precipitation pattern of EOF1. Figure 

3.4b shows the vertical cross sections of the regression of omega velocity anomalies onto PC1. 

The zonal averages in these plots were taken over the longitudinal region of 100° to 124°E (box 
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in Figure 3.1). Anomalous ascending motion is clearly shown to occur north of ~30°N where the 

negative Z200 anomaly is located, while anomalous descending motion is present over the region 

between 15°N to 30°N where the positive Z200 anomaly appears (Figure 3.4b). These latitudinal 

rain bands correspond to the respective loading patterns and precipitation anomalies associated 

with EOF1 (see Figure 3.2a), which suggest that the Z200-induced descending motion also 

contribute to the in-phase precipitation variations between MSEA and South China. Figure 4a 

shows that these two Z200 anomaly centers may be associated with that of a wave train-like 

pattern, which originates around the northern flank of the Tibetan Plateau. Taken together, 

variations in the low-level anticyclone may affect the water vapor transport, whereas the wave 

train in the upper atmosphere may lead to anomalous descending and ascending motion that 

could contribute to the EOF1 pattern of precipitation variability.  

The Z200 regression onto PC2 is dominated by a zonal wave train pattern that extends 

from the tropical Atlantic to the western Pacific via Eurasia (Figure 3.4c). Over East Asia, the 

regression pattern is characterized by an anomalous cyclone over North China and an anomalous 

anticyclone off the coast of Central China. This anomaly is right above the 850hPa anticyclonic 

wind anomalies over Central and South China (see Figure 3.3c). Therefore, the surface 

circulation anomalies associated with EOF2 are observed in both the lower to upper 

atmospheres, which suggests the barotropic circulation anomalies associated with a zonally-

extended wave train from the Atlantic produce the out-of-phase precipitation pattern between 

South China and MSEA. This wave train weakens the band of zonal winds centered at 30°N and 

off East China (see Figure 3.3c and 3.4c), which can then induce anomalous ascending to the 

south and anomalous ascending to the north due to geostrophic adjustments. The anomalous 

vertical motions are confirmed by Figure 4d where vertical velocity (omega) anomalies are 
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regressed onto PC2. Anomalous ascending motion is positioned between ~10°-20°N (i.e., over 

the MSEA region), whereas descending motion is centered between 25°-30°N (Figure 3.4d). 

Therefore, the zonally-extended wave train in the upper troposphere induces surface anomalous 

circulation, affecting moisture transport and anomalous vertical motions, to give rise to the EOF2 

precipitation pattern and the out-of-phase relationship between MSEA and South China. 

 

 
Figure 3.4. The regression maps of Z200 minus the zonal mean and vertical velocity (Pa s-1) 

onto (a,b) PC1 and (c,d) PC2, respectively. The solid (dashed) contours present positive 

(negative) values. The black stippled regions in (a,c) and the black contours in (b,d) denote 

significance at the 90% confidence level.  

 

3.3.3. Linked Teleconnections with Precipitation Modes    

 The tripole precipitation pattern in EOF1 is indicative that the anomalous anti-cyclone in 

the western Pacific is an important circulation system of precipitation in East China and MSEA. 

We further explore whether ENSO plays a key role in precipitation variability across South 

China through its delayed impacts on the WPSH as observed in previous studies (Wang et al. 
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2000; Xie et al. 2009). The correlation coefficient between PC1 and previous December-January-

February (DJF) Niño3.4 index, which is defined as the average SST anomaly over 5°S-5°N 

170°-120°W, is calculated as r = 0.29 and is statistically significant at the 90% level. The year-

to-year comparison between the Niño3.4 index and the PC1 shows coherence in which the 

preceding winter eastern tropical SSTs align with shifts in the PC1, though some significant 

ENSO events including the 2015-2016 event do not appear as a large shift in the PC1 (not 

shown).   

 
Figure 3.5. The regression maps of SST in (a) SON (0), (b) DJF (0/1), (c) MAM (1), and (d) 

JJA (1) onto PC1. The black stippled regions denote significance at the 90% confidence 

level. The value 0 represents the previous year and the value 1 represents the concurrent year.  
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To examine the possible connection between ENSO and the EOF1 mode, we regress SST 

anomalies onto PC1 from the preceding autumn to the concurrent summer of the EOF analysis.  

In the preceding autumn (Figure 3.5a), positive SST anomalies over the tropical eastern Pacific 

indicate developing El Niño conditions. The typical Indian Ocean warming induced by the 

developing El Niño is also evident in the regression pattern. Atmospheric teleconnections and 

ocean dynamics associated with El Niño induce a basin-wide surface warming over the tropical 

Indian Ocean (Nigam and Shen 1993; Masumoto and Meyers 1998; Klein et al. 1999; Lau and 

Nath 2000; Xie et al. 2002; Yang et al. 2007). Meanwhile, negative SST anomalies are present 

over the western tropical Pacific. The warm SST anomalies expand westward towards the 

tropical central Pacific by winter (Figure 3.5b). In the following spring (Figure 3.5c), SST 

anomalies decrease in the tropical eastern Pacific as the El Niño decays. The positive SST 

anomalies induced by the El Niño-like conditions are still present in the tropical Indian Ocean 

and act as a capacitor to produce delayed impacts on the atmosphere over the western North 

Pacific (Lau et al. 2003; Xie et al. 2009; Du et al. 2009; Wu et al. 2010).  

The developing El Niño should also excite an anomalous anticyclonic circulation over the 

western North Pacific (Wang et al. 2000) through a Gill-type response, which can also be 

maintained through local atmosphere-ocean coupling during the decaying summer. A weakened 

Walker circulation initiated by the El Niño-like conditions induces anomalous divergence and 

downward motion over the Maritime continent and an anticyclone over the Philippines also 

prolongs the impact of ENSO (Wang et al. 2000). Through these three mechanisms, the 

preceding El Niño event can produce a delayed intensification impact on the WPSH in the 

following summer (Chen et al. 2019b). Finally, in the concurrent summer, the central tropical 

Pacific SST anomalies transition to negative anomalies (Figure 3.5d). The regression shown in 
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Figure 3.5 confirms that the EOF1 mode of precipitation variability is linked to an ENSO 

forcing, which results in in-phase precipitation variations between MSEA and South China 

precipitation variations.  

 

 
Figure 3.6. As in Fig. 3, but for the (a,b) regression maps onto DJF Niño3.4 index for 1983-

2017. The regression map of Z200 minus the zonal mean and vertical velocity (Pa s-1) onto (c) 

DJF Niño3.4 index also shown. The black vectors in (a,b) and black stippled regions in a-c 

denote significance at the 90% confidence level. The solid (dashed) contours present positive 

(negative) values.  

 

We repeat the regression analysis that we conducted onto PC1, but onto the DJF Niño3.4 

index. Near-identical circulation anomalies are present in the regression maps. There is the 

presence of an anomalous anti-cyclone at 850hPa (Figure 3.6a), the associated moisture fluxes 

that diverge out of MSEA and South China and converge into Yangtze River region (Figure 
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3.6b), and a wave train at 200-hPa emanating from the northern flank of Tibetan Plateau toward 

South China (Figure 3.6c). Given these similar circulation anomalies and patterns, the regression 

of precipitation does show the in-phase precipitation variations between South China and MSEA 

(Figure 3.6a). Lastly, we examined precipitation anomalies in JA following all major El Niño 

and La Niña events since 1982. Here, El Niño (La Niña) events were selected based on NOAA’s 

criterion that the Ocean Niño Index (ONI) be greater or equal to (less than or equal to) 0.5ºC for 

a period of at least five, consecutive and overlapping three-month seasons. Five El Niño events 

(1982, 1987, 1991, 1997, and 2015) were classified as either strong or very strong, with a 3-

month Niño 3.4 average greater than 1.50 and 2.0, respectively (Figure 7a).  

 
Figure 3.7. Composite precipitation anomalies (mm) for (a) strong/very strong El Niño events 

(b) strong La Niña events and strong (c) positive and (d) negative NAO events. The black 

stippled regions represent significance at 90% confidence level. The n values present the 

number of years that are composited in each panel.   
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The analyzed La Niña years were the following: 1988, 1998, 1999, 2007, and 2010. 

Qualitatively speaking, the composites of these events suggest that El Niño likely plays a role in 

producing the meridional precipitation pattern and the in-phase relationship between South 

China and MSEA, as noted in previous studies (Jin et al. 2016). However, precipitation 

anomalies during La Niña events do not appear to be robust (Figure 7b). Possible explanations 

may be that (i) La Niña events are typically weaker than El Niño events due to nonlinear 

dynamic processes (Burgers and Stephenson 1999), (ii) interdecadal modulations of La Niña 

events in response to Pacific climate shifts over the last several decades may have muddled the 

precipitation signals (Wang et al. 2012a), or (iii) a combination of others factors influencing East 

China and MSEA precipitation as well as ENSO, such as Indian Ocean (Watanabe and Jun, 

2002) or North Atlantic SSTs (Wang et al. 2011).  

We then evaluated the dynamic mechanisms influencing the EOF2 mode of precipitation 

variability and the out-of-phase variations between South China and MSEA precipitation. As 

previously mentioned, upper-tropospheric anomalies are dominated by a zonally-extended wave 

train structure that originates from the North Atlantic Ocean and extends towards the Japan Sea. 

We explore the possible relationship between EOF2 and the NAO, which is the leading 

variability mode in the atmosphere over the North Atlantic (Hurrell 1995). We find the highest 

correlation between PC2 and the average of May-June-July (MJJ) values of the NAO index from 

the Climate Prediction Center with a correlation coefficient of r = 0.43 that is statistically 

significance at 99% confidence level. Previous studies have found that the EASM and the 

preceding spring (April-May) NAO are well-correlated. Gu et al. (2009) showed that the March 

NAO is closely related to a leading precipitation mode, which exhibits out-of-phase variation 

between the Yangtze river valley and southeast China. Although the EOF analysis did not 
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include MSEA, the spatial pattern in southeast China and the Yangtze River region is similar to 

the spatial pattern seen in EOF2 of our study (Figure 3.2b and their Figure 3.1b).  

We repeat the regression analyses onto the NAO index as was done for PC2 to assess 

whether the MJJ NAO may induce similar anomalies. The regression maps of precipitation 

anomalies and low-level winds onto the NAO index show qualitatively similar results as the 

regression maps onto PC2 (Figure 8a). Some differences do exist, for example, the cyclonic 

circulation pattern centered over the South China Sea that likely induces more precipitation over 

South China compared to that of the regression map onto PC2 (Figure 3c). The low-level 

cyclonic pattern is mostly concentrated over the South China Sea (Figure 3.8a) as opposed to an 

elongated anticyclonic pattern (Figure 3.3c). However, the patterns of vertically- 

integrated moisture flux patterns, such as, the moisture divergence over parts of South China that 

extends into the Yangtze River region remain consistent (Figure 3.8b). The regression map onto 

Z200 also highlights the barotropic pattern observed in the regression map onto PC2 and 

supports the lower geopotential heights over MSEA and the wave train-like patterns that appear 

to originate from the North Atlantic through Eurasia and propagate southeastward into South 

China (Figure 3.8c). This wave train between the North Atlantic and East Asia has been 

observed in other studies (Bao-Qiang and Ke 2012). Lastly, we examined JA precipitation 

anomalies observed during all major NAO events since 1982. Here, the strong NAO events were 

selected based on years in the MJJ index that exceeded one standard deviation. We identified 

four strong positive NAO events (1992, 1994, 2008, 2013) and four strong negative NAO events 

(1993, 1998, 2008, 2012) events. By compositing the associated precipitation anomalies during 

these NAO years, it is clear that during strong NAO events, the precipitation anomalies resemble 



 

 
 
 

73 

the EOF2 pattern and South China and MSEA show an overall pattern of precipitation variations 

that are out-of-phase (Figures 3.7c and 3.7d).  

 

 
Figure 3.8. As in Fig. 6, but for the (a-c) regression maps onto MJJ NAO index for 1983-

2017. 

 

These analyses support our findings that the EOF1 and EOF2 modes of precipitation 

variability likely represent responses of East China and MSEA precipitation to ENSO and NAO 

forcings, respectively. We emphasize that the dominant precipitation patterns across East China 

vary between these two modes, but also the relationship between MSEA and South China also 

changes. We hypothesize that precipitation anomalies in these two regions should reflect an in-

phase relationship during strong ENSO events and potential out-of-phase precipitation variations 

in response to a remote Atlantic forcing.  



 

 
 
 

74 

3.4. Conclusions 

 Precipitation across East China and MSEA is characterized by strong interannual 

variability. The features of the interannual variations of JA mean rainfall for East China and 

MSEA were assessed using satellite precipitation data. The spatial structure of summer rainfall 

over East China and MSEA were analyzed using the EOF method for the period of 1983-2017. 

Results showed that the leading mode of interannual precipitation variability over the last few 

decades is characterized by a meridional tripole pattern and in-phase precipitation variations 

between South China and MSEA. We conclude that this precipitation mode is likely driven by 

anomalous anti-cyclone variations over the western Pacific in response to ENSO. Conversely, 

the second leading mode of interannual precipitation variability is characterized by a meridional 

dipole pattern and an out-of-phase relation between South China and MSEA precipitation. This 

mode is primarily driven by a zonally-extend wave train from the North Atlantic sector and 

associated with the summer NAO. Therefore, the in-phase and out-of-phase relationship between 

MSEA and South China precipitation manifest the relative controls of the local Pacific ENSO 

forcing and the remote Atlantic NAO forcing. 

This study discusses the interannual variability across East China and MSEA, but it 

should be mentioned here that precipitation over these regions experiences significant 

interdecadal variations as well (Huang et al. 2013; Sun and Wang 2015). Previous studies have 

revealed a variety of other factors contributing towards the interdecadal variability of East Asian 

climate, such as the Pacific Decadal Oscillation (Wang et al. 2008a; Feng et al. 2014). A 10-year 

high-pass Butterworth filter was initially applied to the PERSIANN-CDR precipitation dataset 

similar to the methods in other studies (Hsu et al. 2007; Jin et al. 2016; He et al. 2017). However, 

both the EOF modes and the regression analyses yielded similar results to the final results 
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presented here, highlighting a potential caveat of the PERSIANN-CDR dataset, which cannot 

capture the interdecadal variations due to the 35-yearlong dataset. Moreover, it will be intriguing 

to further analyze how the response from ENSO and/or NAO forcings on the relationships 

between South China and MSEA evolve in the future due to climate change. The present study 

focuses on a small set of strong ENSO and NAO events given the temporal limitation of the 

precipitation data set and calls for additional studies to evaluate how the ENSO and NAO remote 

forcings may influence the interdecadal precipitation variations between South China and 

MSEA. 

In addition to investigating these relationships on interdecadal timescales, other studies 

have analyzed past changes in the EASM climate over glacial-interglacial timescales through 

paleoclimate proxy records and paleoclimate model simulations. These studies have found that 

meridional precipitation patterns in East China are present on longer timescales (Chiang et al. 

2015; Kong et al. 2017; Zhang et al. 2018b), though the forcing is likely different than for the 

modern interannual variability. For instance, the tripole pattern of precipitation variability has 

been shown to be driven by the timing and duration of distinct stages of the EASM related to 

insolation-forced shifts in the position of the westerlies relative to the Tibetan Plateau (Kong et 

al. 2017) during the Holocene. While the present study does not find a strong argument towards a 

shift in the westerly jet in influencing East China precipitation patterns, it does provide 

additional insight on the mechanisms influencing precipitation variability in both East China and 

MSEA. Our findings can have significant implications for paleoclimate studies that utilize 

precipitation proxies from the Asian Monsoon region, specifically MSEA and South China 

(Wang et al. 2019) to infer the relative Pacific and Atlantic teleconnections on past East Asian 

climate. By identifying the dominant controls on interannual precipitation patterns across MSEA 
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and East China, our results can help improve paleoclimate proxy comparisons among sites 

situated within these two regions. While additional studies are needed to clarify whether the 

ENSO and NAO forcings on the relationships between South China and MSEA are stationary on 

longer timescales, our results combined with additional paleoclimate records from MSEA and 

South China can provide a more comprehensive and broad view of the EASM system during 

both the instrumental and paleoclimate periods. Future studies that combine climate proxies, 

observational data, and output from global circulation models are necessary to further investigate 

the spatial and temporal patterns of precipitation variability across East China and MSEA.  
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Chapter 4 

4 Distinguishing karst hydrology impacts from climate variability using an 

isotope-enabled forward model 

 

4.1. Introduction  

4.1.1. Identifying Climatic and Non-Climatic Controls on Stalagmite δ18O  

Physical climate signals incorporated into climate archives, such as speleothems, can 

provide insights on past local to global changes on a variety of timescales. Speleothems are 

advantageous in studying past climate, since they are often well preserved in their respective 

environments, exhibit fast growth rates, and can be absolute-dated. Geochemical signals, such as 

the oxygen stable isotope composition (δ18O), are preserved within the calcite growth bands in 

speleothems. By evaluating past changes in speleothem δ18O beyond the instrumental period 

(circa 1850), we can work towards improving our ability to constrain current climate models and 

improve projections of climate change. However, interpretations of speleothem δ18O values are 

often complicated due to processes prior to and during calcite precipitation that may alter or 

distort the assumed climate signal recorded. Two specific factors include the non-linear nature of 

karst hydrology and in-cave isotopic fractionation (Hartmann and Baker 2017).  

It is commonly assumed that speleothem δ18O values reflect linear changes in the 

precipitation δ18O that falls above the cave and directly travels through the karst system, which 

can be influenced by a number of factors, including rainfall amount and the moisture source 

region and transport (Dansgaard 1964; LeGrande and Schmidt 2009). However, cave monitoring 

efforts have highlighted the non-linear nature of karst hydrology that may complicate these 
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interpretations. These efforts include weekly to seasonal observations of cave conditions, drip 

water, and hydrology at different study sites (Spötl et al. 2005; Frisia et al. 2011; Baldini et al. 

2012; Baker et al. 2014; Markowska et al. 2015; Duan et al. 2016). These studies have 

highlighted how variations in infiltrating recharge water, mixing of various water stores, and 

water movement can impact speleothem δ18O signals (Ayalon et al. 1998; Mischel et al. 2015). 

These processes can be further influenced by a mixture of different flow pathways (e.g., fracture 

and diffuse flow) and soil and epikarst evapotranspiration (Cuthbert et al. 2014). Seasonal to 

interannual climate signals in speleothem δ18O records may then be filtered out or “smoothed” 

(Baker and Bradley, 2010). Therefore, the preservation of crucial climate information from 

speleothems may be subjected to lags, seasonal biases, or enhancements of the isotopic signal 

(Ayalon et al. 1998; Baker et al. 2000; Tooth and Fairchild 2003). 

Understanding δ18O fractionation processes during formation also poses difficulty in 

interpreting speleothem records, given the complex interplay among processes in the soil, 

epikarst, and inside the cave (Deininger and Scholz 2019). Calcite precipitation under conditions 

of isotopic equilibrium implies that precipitated calcite is in isotopic equilibrium with the water 

(Hendy 1971). However, in-cave conditions and processes may prevent isotopic equilibrium and 

have a significant impact on the temporal evolution of the speleothem δ18O values through 

various fractionation processes. For example, evaporative fractionation of drip water δ18O may 

occur in caves with low relative humidity and slow in-cave air transport or ventilation (Deininger 

et al. 2012). Additionally, rapid precipitation after CO2 degassing due to supersaturation of the 

drip water relative to calcite (Mickler et al. 2006; Mühlinghaus et al. 2009; Deininger et al. 2012) 

or changes in the drip interval between two subsequent drops may also affect the degree of 

isotopic disequilibrium (Kaufmann 2003b; Mühlinghaus et al. 2007, 2009; Frisia et al. 2011; 
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Deininger et al. 2012; Riechelmann et al. 2013). Therefore, it is important to consider these 

effects of disequilibrium isotope fractionation processes, in addition to changes in the karst 

hydrology, to improve our quantitative understanding of speleothem δ18O climate signals and the 

influence of climate and environmental factors on these variations. 

  

4.1.2. Proxy System Models 

Proxy system models (hereafter referred to as PSMs) have introduced a novel application 

for quantifying the physical, chemical, or biological understanding of how an environmental 

signal is preserved in a climate archive (Evans et al. 2013). These forward models can integrate 

output from climate model simulations and reanalysis data as input data to quantify the 

sensitivity of speleothem δ18O values to various environmental processes impacting proxy 

interpretation (Evans et al. 2013; Wong and Breecker 2015). These approaches can progress our 

ability to distinguish the effects of climate variability versus hydrological processes by predicting 

the expected observations in actual paleoclimate observations, and thereby make more direct 

comparisons with published paleoclimate records (Evans et al. 2013). PSMs can be used to 

identify the specific environmental forcings that influence paleoclimate observations, for 

example, variations in precipitation, temperature, and/or atmospheric circulation (Dee et al. 

2015). Thus, these results can help to accurately identify the magnitude of uncertainties in 

speleothem δ18O interpretations.  

PSMs have proven to be effective in paleoclimate reconstructions by improving signal 

interpretation in proxy records (Steinman et al. 2013) and assisting in constraining climate 

models (Dee et al. 2016). This enhanced ability to distinguish the impacts of climate variability 

versus non-climatic hydrological processes on speleothem δ18O has been achieved using detailed 
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observations of precipitation, drip water, and modern speleothem δ18O (Baker and Bradley 2010; 

Moerman et al. 2014). Furthermore, PSMs have allowed users to investigate the hydrological 

uncertainties in speleothem δ18O due to disequilibrium fractionation processes of drip water δ18O 

prior to calcite deposition. Yang (2016) quantified the range of possible δ18O values due to non-

climatic hydrologic variabilities over interannual to decadal timescales using a PSM known as 

the KarstFor model (Baker et al. 2010). Using existing model output from a spectrally-nudged 

isotope enable climate model, IsoGSM (Yoshimura et al. 2008) to drive KarstFor, the study 

analyzed the mean δ18O discrepancy observed among four stalagmites records from the same 

cave in northern Laos. The simulated output δ18O time series (also referred to as pseudoproxy 

time series) from KarstFor were influenced by varying parameters, including precipitation δ18O, 

evapotranspiration, and mixing of water through different pathways. The study concluded that 

the absolute magnitude of 1.2‰ observed among the stalagmites were likely due to hydrological 

variability within the same cave and highlighted how multiple stalagmite records from the same 

cave can exhibit different variations in δ18O values depending on the hydrological pathways and 

mixing occurring prior to calcite precipitation (Yang 2016).  

 

4.2. Karstolution Overview  

Over the last few decades, the development of forward models with the purpose of 

identifying the contributions of climate, karst hydrology, and/or speleothem fractionation 

processes have steadily increased (Baker and Bradley 2010; Baker et al. 2013). However, as 

identified in Treble et al. (2019), several of these PSMs focus only on in-cave (Mühlinghaus et 

al. 2007, 2009; Deininger et al. 2012) or soil processes (Wackerbarth et al. 2010, 2012; 

Dreybrodt and Scholz 2011) and have simplified representations of karst processes. Other PSMs, 
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on the other hand, focus only on the karst processes and have a simplified representation of the 

in-cave processes (Truebe et al. 2010; Baker and Bradley 2010; Baker et al. 2013; Cuthbert et al. 

2014; Dee et al. 2015). Since the development and improvements of these models, (Treble et al. 

2019) presented the first integrated stalagmite δ18O PSM called Karstolution, which integrates an 

existing karst hydrology model (KarstFor) with an in-cave fractionation PSM (ISOLUTION) 

(Deininger et al. 2012; Baker et al. 2013; Deininger and Scholz 2019).  

Baker et al. (2013) presented a lumped parameter model, known as KarstFor, that was 

initially introduced by (Bradley et al. 2010) and improved over several adaptations (Baker and 

Bradley 2010; Treble et al. 2013). This model integrates soil evaporation, monthly precipitation, 

and overflow based on user-defined climate inputs into the model. Mixing and movement 

through the soil, and epikarst are considered and in-cave equilibrium isotope fractionation 

between water and calcite is assumed (Baker et al. 2013). This hydrological modeling approach 

has led to quantitative assessments of the relative importance of precipitation, temperature, and 

water balance.  

While KarstFor models the complexities of karst hydrogeology, ISOLUTION, an in-cave 

fractionation PSM, focuses on the disequilibrium isotope fractionation processes during the 

formation of speleothems (Deininger et al. 2012; Deininger and Scholz 2019). This PSM 

calculates the δ18O values of the calcite precipitated at the top of a stalagmite from drip water 

that is supersaturated with respect to calcite (Deininger and Scholz 2019). The solution is 

sourced via the water that drips from the cave ceiling and referred to as the cave drip water. 

ISOLUTION accounts for the isotope fractionation processes during the precipitation of calcite 

(referred to as the disequilibrium isotope fractionation), in response to, changes in cave 

temperature, cave air pCO2, drip interval, and drip water pCO2 (an equivalent for the drip water 
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Ca2+ concentration), relative humidity, and cave ventilation during speleothem growth 

(Deininger et al. 2012; Deininger and Scholz 2019). Currently, ISOLUTION is noted to be the 

most comprehensive model that estimates the effect of various cave parameters (e.g., in-cave 

evaporation and isotope fractionation) on speleothem calcite that may affect growth and the 

speleothem proxy signals (Treble et al. 2019). 

By combining the KarstFor and ISOLUTION models together, Treble et al. (2019) 

presented Karstolution, which accounts for both karst and in-cave processes and 

comprehensively covers processes from above the cave surface down to stalagmite deposition. 

Karstolution is coded in Python and is publicly available on GitHub 

(https://github.com/swasc/karstolution). This integrated surface-to-stalagmite δ18O PSM is based 

on a simplified representation of a karst system that is not derived from fundamental laws 

(Treble et al. 2019) (Figure 4.1). It is important to note that this first iteration of Karstolution is 

best suited for hypothesis testing given its limited model complexity, which creates difficulty in 

comparing model parameters with physical properties of the proxy systems and limits the direct 

comparison of modeled δ18O output with an observed stalagmite δ18O record (Treble et al. 2019).  

 

A total of five “pseudoproxy” (i.e., modeled) time series are the outputs from 

Karstolution (identified as Stal1, Stal2, Stal3, Stal4, and Stal5), which represent five different 

stalagmites at a cave site and are influenced by a series of different configurations related to karst 

hydrologic pathways (Figure 4.1). Changes in Stal2 and Stal3 are mostly influenced by the 

incoming rainfall δ18O that is mixed with the solution in Karst Store 2 and therefore retain the 

seasonality of rainfall δ18O as opposed to the site-specific variations in karst hydrology and in-

cave conditions. Therefore, stalagmites Stal2 and Stal3 are not illustrated in Figure 4.1 and will 

https://github.com/swasc/karstolution
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not be a focus in this chapter. Stal1, Stal4, and Stal5, on the other hand, take into consideration 

both the karst hydrological pathways and the various cave parameters as described by 

ISOLUTION (Deininger and Scholz 2019) and are illustrated in the conceptual model.  

 

Figure 4.1. Conceptual diagram of the Karstolution model. The black boxes represent the 

various reservoirs, blue lines represent the initial water levels, grey arrows represent fracture 

flow, and the maroon arrow represents diffuse flow. Each of the stalagmite outputs (Stalagmite 

1, Stalagmite 4, and Stalagmite 5) consider various cave parameters as described by 

ISOLUTION (Deininger and Scholz 2019). Stal2 is fed by drip water that is a mixture of Karst 

Store 1 and the incoming rainfall and Stal3 is fed by drip water that is mixed with Karst Store 

1, incoming rainfall and the previous step of rainfall. Because these modeled stalagmites are 

less likely to be influenced by both karst hydrology and in-cave processes, these stalagmites 

are not illustrated in the diagram. See Table 4.1 for a summary of model inputs and user-

defined parameters. Figure adapted from Treble et al. (2019). 
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The karst component of Karstolution mirrors the KarstFor version presented in (Baker et 

al. 2013), with four reservoirs (Soil Store, Epikarst, Karst Store 1 and Karst Store 2) at given 

initial values (mm), which are then recalculated starting with the Soil Store at a monthly time 

step (Figure 4.1). The δ18O values in each store vary with each time step based on the water 

balance calculations. There are three stalagmite outputs (Stal1, Stal4, and Stal5) that are defined 

by different karst configurations, as modelled in (Baker et al. 2013). For each stalagmite output, 

the ISOLUTION aspect of Karstolution is applied to account for in-cave kinetic fractionation 

processes using both the cave parameter inputs and input reservoir water δ18O to simulate the 

stalagmite δ18O values.  

In this chapter, I present a case study of Tham Doun Mai Cave (hereafter referred to as 

TM Cave) using monitoring data to configure the parameters in Karstolution. By comparing the 

various modeled stalagmite δ18O time series, I can investigate the dependence of stalagmite δ18O 

on one or more cave specific parameters and/or karst hydrological processes. The objectives of 

this chapter include the following: (i) demonstrate how Karstolution can be used to evaluate how 

changes in modeled stalagmite δ18O may be influenced by the relative effects of climatic, karst, 

and in-cave fractionation processes, (ii) quantify the contributions of hydroclimatic processes 

versus in-cave processes on the variability of simulated stalagmite δ18O values, and finally (iii) 

investigate the processes that may drive the observed lags among stalagmites and other climate 

archive records.  

Table 4.1. Selected model parameter values and corresponding descriptions. All parameter 

names are from the conceptual figure in Figure 4.1. Table adapted from Treble et al. (2019) and 

Deininger and Scholz (2019). 

Parameter Description Final Configuration 

Soil store (mm) Initial storage volume in the soil store 

 

Initial: 50 

Max: 150 
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Epikarst (mm) Receives drainage from Soil Store via F1 Initial: 100 

Max: 350 

Epicap: 150 

Karst store 1 

(mm) 

Primary store that receives drainage from Epikarst via 

k_diffuse and/or F3; may also receive overflow from KS2 via 

F7 

Initial: 50 

Max: 850 

Karst store 2 

(mm) 

Secondary karst store via F4 and drains via F6 or switchable 

overflow to KS1 via F7 

Initial: 10 

Max: 80 

Ovicap: 20 

F1 (mm/month) Soil Store to Epikarst  0.2 

F3 (mm/month) Fracture flux from Epikarst to KS1; can be set to 0 if flow is 

dominated by diffuse flow 

0.001 

F4 (mm/month) Epikarst to KS2 activated when threshold ‘Epicap’ is reached  .2 

F5 (mm/month) Drainage flux of KS1 to Stal5 .02 

F6 (mm/month) Drainage flux of kS2 to Stal1 .08 

F7 (mm/month) Overflow KS2 back to KS1 when ‘Ovicap’ is exceeded 1 

k_diffuse 

(mm/month) 

Flux via PDF function to simulate diffuse flow 0.01 

Phi (ɸ) Mixing parameter of drip water with the water layer on the 

stalagmite surface. ɸ=1 implies limited splashing on the top 

of the stalagmite.  

1 

k_eevap Epikarst evaporation (function of ET for timestep) 0 

k_δ18O_soil Soil evaporation δ18O fractionation 0.03 

k_δ18O_epi Epikarst evaporation δ18O fractionation 0 

 

4.3. Site Description  

The landlocked country of Laos is characterized by rugged mountains and rolling hills. 

The Annamite Range extends through the northeastern and eastern region of Laos and runs 

parallel to Vietnam’s coast, while the Luang Prabang Range straddles northwestern Laos and 

northern Thailand. Laos experiences a tropical monsoon climate and receives more than two-
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thirds of annual precipitation from the Southeast Asian Monsoon (SEAM) during May-

September (Lau and Yang 1997). The onset of the SEAM occurs in late boreal spring and is 

characterized by a seasonal shift of winds from northeasterly to southwesterly (Misra and 

DiNapoli 2014). Warm, moist air from the Indian Ocean and the Bay of Bengal flows towards 

Laos during the monsoon season with additional moisture from the Andaman Sea and Gulfs of 

Martaban and Thailand (Misra and DiNapoli 2014). 

Our study site, TM Cave, is situated adjacent to the Nam Ou River in Luang Prabang 

Province, Laos (N20°45’, E102°39’; 352 m above sea level; Figure 4.2). The cave is formed in a 

Late Paleozoic limestone karst massif that rises several hundred meters above river level. Dense, 

tropical vegetation expands from the river bank towards the cave entrance (~30 m above river 

level) and continues up a steep, rocky slope of the karst tower above. The terrain above the cave 

is rocky and densely vegetated, with a patchy and thin soil cover (up to ~60 cm deep). TM Cave 

is approximately 3.75 km long. The first several hundred meters of the cave is situated above an 

active river passage, followed by a steep drop off down to the river level, and the cave continues 

up and downstream. The thickness of the overlying bedrock varies from a few meters close to the 

entrance of the cave and up to hundreds of meters in the deepest sections. The sample locations 

for cave monitoring measurements are beneath at least 100 m of bedrock, though the steep karst 

tower could make the overburden even higher above the sampling locations, since some parts of 

the cave are under as much as 400 m of bedrock. The main part of the cave is separate from a 

smaller entrance chamber by a short narrow crawl space. Given the single small (1.5 m x 2 m) 

known entrance, the mean cave temperature is ~ 22°C (close to the expected mean surface 

temperature). Mean cave air pCO2 is ~600 ppm, though this average is based on cave monitoring 
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data available only from January- March. Therefore, seasonal fluctuations in cave ventilation 

cannot be ruled out at TM Cave. Lastly, relative humidity is typically >95% year-round.  

 

 

 
Figure 4.2. Study site location. (a) Elevation map of Southeast Asian region with red triangle 

representing the location of Tham Doun Mai Cave (TM Cave) in northern Laos. (b) Cave map 

of TM Cave (Dreybrodt and Laumanns 2013). The red circle represents the location where 

stalagmite TM-17 sample was collected. The E in the upper right corner represents the 

entrance into the cave.  
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A stalagmite record from TM Cave recently published is based on a stalagmite sample, 

identified as TM-17, and was collected from a steep slope ~200 m from the entrance and roughly 

halfway down a 26 m drop from the cave upper level to the active river passage (Wang et al. 

2019) (Figure 4.2). The slow growth rate, regular and constant morphology, and columnar calcite 

of TM-17 suggest that the stalagmite likely formed via diffuse flow due to matrix porosity that 

was constant over time (Treble et al. 2013). TM-17 was not an active stalagmite at the time of 

collection in 2013 and therefore no monitoring data was obtained at the collection site. However, 

other drip water and modern calcite samples were collected from nearby sites in TM cave.  

 

4.4. Methods  

4.4.1 Cave Monitoring Data 

Cave monitoring efforts at TM Cave began in 2010 and are currently ongoing, albeit 

continuous monthly data are only available for one to two-year periods. These data still provide 

crucial information to better understand the drip water and karst hydrology characteristics and 

the cave environment in which the stalagmites are growing. The collected monitoring data are 

used to calculate the monthly means of relative humidity, temperature, and cave air pCO2 needed 

to configure Karstolution. TM Cave drip water data were collected from various drip sites during 

fieldwork excursions in December 2010, January 2013, February 2015, and February 2017 for 

stable isotope (Table B.1) and Ca2+ measurements (Table B.2). In addition, monthly cave drip 

water samples were collected by a local Laos contact in 2011 (24 samples collected) for a total of 

59 drip water samples (Table B.1). Two sets of hourly temperature (°C) and relative humidity 

(%) data were collected during the periods of December 2010 until October 2012 and January 
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2013 through April 2013 using HOBO Pro v2 Temperature/Relative Humidity data loggers 

placed inside TM Cave. 

Records of drip water counts were recorded via a drip water logger (Driptych Stalagmate) 

that was placed near the cave balcony on which TM-17 was collected (Figure B.1). The balcony 

drip rate data is available from February 2015 - September 2016. Limited cave air pCO2 

observations and modern calcite δ18O values were collected via glass plate collections during the 

fieldwork campaigns. Lastly, a suite of hydro-geochemical measurements, including alkalinity, 

pH, and conductivity of drip water were periodically collected in 2010, 2013, 2015, and 2017 at 

various drip water sites (Table B.3).  

Drip water pCO2 data are required to run Karstolution, since ISOLUTION simulates 

speleothem δ18O values in dependence of the drip water pCO2 among other cave parameters.  

Using the function, CALCPCO2.m, in the ISOLUTION model, the cave drip water pCO2 values 

were calculated using the drip water [Ca2+] data collected from drips closest to where TM-17 

was collected (Deininger and Scholz 2019). The function converts Ca2+ concentrations (in units 

of mol/l) in a pCO2-equivalent using the mass laws of CO2-H2O-CaCO3-system assuming 

chemical equilibrium (Deininger and Scholz 2019). Concentrations of Ca2+ (in ppm) were an 

estimate based on inductively-coupled plasma mass spectrometry (ICP-MS) counts per second 

that were normalized to a standard and multiplied by the standard concentration. An average 

temperature of 21.5°C was used to calculate the pCO2-equivalent values for the observational 

measurements each year. Because drip water Ca2+ concentrations were collected from several 

locations in 2013, 2015, 2017, drip water pCO2 were averaged among all three years’ data and 

rounded to 2000 ppmV. This value was then implemented as the average drip water pCO2 year-

round in TM Cave. 
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4.4.2 Input Data 

The required climate input data to run Karstolution include monthly values of rainfall, 

evapotranspiration, and rainfall δ18O. Since long-term precipitation isotope time series from the 

Global Network Isotope in Precipitation (GNIP) database are limited and discontinuous for Laos, 

an isotope enabled global spectral model (IsoGSM) (Yoshimura et al. 2008) is used to 

investigate the hydrological uncertainties in speleothem δ18O. This model applies spectral 

nudging towards the meteorology captured by the National Center of Environmental 

Prediction/Department of Energy (NCEP/DOE) reanalyses. As previously mentioned, due to the 

absence of an extensive monitoring program, assumptions are made that several cave variables, 

including temperature and relative humidity are held constant all year round. In addition, cave-

air and drip water pCO2 values are limited by non-continuous measurements and also estimated 

to remain constant throughout the year (Table 4.2). The climatological averaged values 

configured in the model are as followed: cave temperature is set at a constant value of 22°C year-

round, relative humidity is 95%, cave pCO2 is 600 ppmV and drip water pCO2 is 2000 ppmV. 

The parameter values assigned in Karstolution and used to configure the model are listed 

in Table 4.1. The primary hydrological control on drip water δ18O is the relative side of each 

water reservoir and the water flux in and out of each store (Baker et al. 2013). Given a reservoir 

size that is large relative to the water outflow, δ18O variability is expected be low and drip water 

supply to be continuous. Conversely, a high drainage rate relative to the reservoir size results in 

high δ18O variability and discontinuous water outflow (Baker et al. 2013). The final 

configurations are based on values that were chosen arbitrarily but are consistent with values 

presented in Yang (2016) that assigned the highest volume to the primary karst store (Karst Store 

1) followed by the Epikarst store. A series of model runs were attempted to find the “preferred” 
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parameter set similar to (Baker et al. 2013). However, this method did not yield successful 

results, since the model could be tweaked arbitrarily with near finite values. Future work beyond 

the scope of this chapter call for a systemic method to vary each parameter term that more 

accurately reflects the karst hydrology at TM Cave.  

 

4.4.2. Modified Model Configurations 

 In previous versions of KarstFor (Baker and Bradley 2010), only fracture flow pathways 

were considered, which implied that the flow into reservoirs were immediately mixed. In 

Karstolution, diffuse flow is introduced and includes flow through smaller fractures in which no 

mixing occurs and follows the approach of (Treble et al. 2013). Diffuse flow can occur when the 

empty spaces in the karst matrix are not well-connected, leading to slower water flow movement 

and longer periods of water storage (Fiorillo 2009). Diffuse flow in Karstolution is modeled via a 

Weibull distribution, which represents different transit time distributions (Almalki and Nadarajah 

2014). The amount of diffuse flow each month leaving the epikarst and the resulting flow into 

Karst Store 1 (KS1) is a user-defined flux (k_diffuse) (Treble et al. 2019).  

As a simple case study to test whether a lag may be introduced into the system, the model 

configuration was subjectively modified. The input data is the same as with the original model 

configurations presented in Section 4.4.2. and the parameters are forced with the same 

climatological means as the original configuration. However, the flux out of the Epikarst (F4) 

when the Epikarst water storage exceeds threshold ‘Epicap’ and the flux representing the diffuse 

flow are decreased by a factor of 10 (F4modified = 0.02, k_diffusemodified = 0.001). The size of Karst 

Store 2 is increased from 100 mm to 180 mm, the threshold of Karst Store 1 (Ovicap) is 

increased to from 20 mm to 90 mm and the initial level in karst store is increased from 10 mm to 
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80 mm. These increase in values were chosen arbitrarily to reflect potential changes in the karst 

hydrology at TM Cave.  

 

4.5. Results and Discussion 

4.5.1. Cave Monitoring Results   

In this section, the ongoing cave monitoring efforts in TM Cave are discussed and the 

averaged values of the data are summarized in Table 4.2 and the data are presented in Appendix 

B. Altogether, the 59 cave drip water samples collected during these field campaigns have an 

average δ18O value of -8.05‰ with a standard deviation of 0.56‰. The average Ca2+ 

concentration of data from 2013, 2015, and 2017 for sites further in the cave (closest to the TM-

17 collection site; i.e., > drip water site 5D) is 37.9 ppm (see Figure 4.2). Multiple temperature 

measurements were collected, and the average temperatures recorded were T= 21.8°C and 100% 

relative humidity measured from the HOBO data loggers. The annual average of the balcony drip 

rate was 224 counts per hour (~3.7 counts/minute). The data show clear seasonal variability, 

such that, there is a rapid increase in counts coincident with the rainy season (boreal summer), 

followed by exponential decay (Figure B.1). The average cave air pCO2 values in January-March 

averaged to be 613 ± 29 ppm, indicating the cave air is well-ventilated. Lastly, the hydro-

geochemical measurements from further back in the cave were pH =8.295 (1𝜎 = 0.1), 

alkalinity=192 ppm (1𝜎 =44.6 ppm), water temperature=22.1°C (1𝜎=0.6°C), air 

temperature=21.5°C (1𝜎=0.9°C), relative humidity= 94.2% (1𝜎 =1.7%), and pCO2=613.3 ppm 

(1𝜎=28.9 ppm). 
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Table 4.2. Summary table of averaged cave monitoring parameters from TM Cave over the 

period 2011-2017. *Note that monitoring values are not continuous over the seven-year period 

and the mean values for temperature (T), relative humidity (RH), CO2 data are collected from 

the back half of the cave closest to TM-17 stalagmite collection.  

Dates monitored 2011-2017* 

Cave temperature (T/RH Probe) 20.8 ± 1°C 

TM HOBO temperature (Dec 2010-Dec 2011) 21.98 ± 0.39°C 

TM HOBO temperature (Jan 2013-Apr 2013) 21.76 ± 0.06°C 

Balcony drip rate (2015-2016) 3.7 counts /min 

pCO2 (Jan-Mar) 613 ± 29 ppm 

Relative humidity >90% 

Mean drip water δD (n=59) -53.9 ± 4.8‰  

Mean drip water δ18O (n=59) -8.05 ± 0.56‰ 

GNIP precipitation δ18O (OIPC) -7.09‰ 

IsoGSM precipitation δ18O (1979-2009) -9.56 ± 1.00‰ 

Glass plate (modern) calcite δ18O 8.68 ± 1.17‰ 

TM 17 top (modern-ish) calcite δ18O -8.45‰ 

 

4.5.2. Modeled Calcite δ18O Values  

 The input time series (precipitation and evapotranspiration) and the fluxes to and from 

the Epikarst (F1, F3, and F4); fluxes to and from Karst Store 1 (F3, F7, and F5) and Karst Store 2 

(F4, F6 and F7) and the water volumes in each reservoir are plotted alongside the five different 

pseudoproxy δ18O series: Stal1 to Stal5 in Figure 4.3. The five pseudoproxy series exhibit 

relatively large differences due to the differences in water pathways through which the drip water 

feeding each stalagmite travels. The precipitation and evapotranspiration time series exhibit a 

clear seasonal cycle that influences the variations in F1, which flows from the soil store to the 

epikarst over time (Figure 4.1). Flow out of Karst Store 1 and Karst Store 2 by F4 and F7, 

respectfully, also exhibit some seasonal variations in flow, though vary according to changes in 

water storage, the specific volume thresholds (e.g., Ovicap and Epicap), and the overflow 

routing. Conversely, flows from the Epikarst (F3) and Karst Store 2 (F6) are highly attenuated. 
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Figure 4.3. Karstolution model inputs and outputs. (a) Input series (precipitation and 

evapotranspiration (ET), (b) the fluxes in mm/month, (c) various water reservoirs, (d) 

pseudoproxy time series. Figure adapted from (Baker et al. 2013). 

 

The Stal2 and Stal3 time series both exhibit a clear seasonal trend, since the drip water 

δ18O is only affected by the recent rainfall and mixing from Karst Store 1 (Figure 4.3, light and 

dark grey lines). As a result, these time series maintain the seasonal cycle from the precipitation 

data and exhibits the highest variability (Figure 4.4). However, the other three pseudoproxy 

series (Stal1, Stal4, and Stal5) are characterized by lower-frequency variability that is consistent 

with being fed by drip water from the main water reservoirs (Epikarst, Karst Stores 1 and 2). For 

comparison, Stal5, which is fed by drip water that is derived from Karst Store 1, has the lowest 

variability among the other pseudoproxy series (Figure 4.4). This is expected due to the amount 

of mixing from the epikarst and any overflow routing from Karst Store 2 that feed into large 

reservoir capacity of Karst Store 1 (Figure 4.1). These results support previous findings that the 

same climate input time series can produce a range of possible stalagmite δ18O time series that 
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reflect difference water pathways and degrees of possible mixing that may have occurred (Baker 

et al. 2013).  

 
Figure 4.4. Box plots of variability in each pseudoproxy stalagmite δ18O time series.  

 

Similar to work by Baker et al. (2013), several pseudoproxy series (e.g., Stal1, Stal4, and 

Stal5) contain low-frequency, decadal-scale variability that are revealed in spectral analyses 

(Figure 4.5). More specifically, Stal1, Stal4, and Stal5 exhibit ~37-year variability, whereas, 

Stal2 and Stal3 exhibit interannual variability (2-3 years). The spectral analysis of the IsoGSM 

precipitation δ18O data does not show this multidecadal variability, but does exhibit 14-years, 6-

year, and 2-3-year periodicities (Figure 4.5). It is possible that the losses of high-frequency 

annual-scale variability for Stal1, Stal4, and Stal5 are due to mixing in the epikarst and Karst 

Store 1 (Figures 4.1, 4.4). For Stal5, in particular, any high-frequency variability present in the 

time series may be driven by recharge events during which precipitation is much greater than 
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evapotranspiration in the soil store (Baker et al. 2013) but is later smoothed due to mixing with 

the high storage volume of Karst Store 1.  

 
Figure 4.5. Comparison of spectral analyses of each pseudoproxy stalagmite δ18O series and 

the IsoGSM precipitation δ18O input data. The spectral power was performed by REDFIT 

(Schulz and Mudelsee 2002). The black line indicates the power spectrum. The blue and red 

dashed lines represent the 99% and 95% confidence limits, respectively, relative to the red-

noise spectrum.   

 

However, for Stal2 and Stal3, the high frequency variability is maintained since the recharge for 

these stalagmites are dominated by mixing of rainfall above the cave (, which maintains the 

seasonal rainfall δ18O signatures) and Karst Store 1. By understanding how karst hydrology and 

mixing may impact variations of δ18O observed in stalagmites, a karst modeling approach like 

Karstolution can aid in determining whether high frequency variability is driven by internal cave 

processes (e.g., isotopic fractionation) or a climate signal due to high recharge events (Frappier 

et al. 2007; Baker et al. 2013).  
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Since Stal2 and Stal3 reflect high-frequency variability similar to that of the input δ18O 

data, the remainder of the analyses will focus on Stal1, Stal4, and Stal5, which are likely more 

representative of how karst hydrology may impact stalagmite δ18O variability at TM Cave. 

Under isotopic equilibrium conditions, variations in speleothem δ18O are influenced by drip 

water δ18O and temperature (Kim and O’Neil 1997; Wackerbarth et al. 2010). Therefore, when 

modeled stalagmite δ18O values are similar to that of the observed δ18O values, it is common to 

assume the speleothem grew in near or at isotopic equilibrium conditions (Mickler et al. 2006; 

Bradley et al. 2010). Karstolution considers disequilibrium effects (e.g., disturbance of isotope 

equilibrium between CaCO3, HCO3, and H2O), which includes in-cave disequilibrium isotope 

and evaporative fractionation. However, kinetic fractionation (e.g., the change of the isotope 

fractionation factor in relation to precipitation rate) (Dietzel et al. 2009) is not accounted for 

Karstolution.  

Kinetic fractionation can be calculated as the difference between the Karstolution 

modeled values and observed δ18O values. While modern observed stalagmite δ18O values are 

not available at TM Cave, the simulated Karstolution output are compared with output from 

applying the equilibrium stable isotope fractionation factor of Kim and O’Neil (1997) (Figure 

4.6). By comparing the two outputs, it is possible to quantify the impact of cave non-equilibrium 

processes, given that Karstolution accounts for in-cave evaporative and disequilibrium isotope 

fractionation, in addition to, the equilibrium fractionation effected generated by Kim and O’Neil 

(1997).  Generally speaking, the modeled drip water δ18O output converted to calcite assuming 

equilibrium oxygen isotope fractionation and the Karstolution output with the ISOLUTION 

model enabled share good agreement (Figure 4.6). The average off-set between the time series 

calculated using the Kim and O’Neil (1997) equation and Stal1, Stal4, and Stal5 time series are 
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0.53‰, 0.39‰, and 0.55‰, respectively. Previous cave monitoring data also show that modern 

calcite δ18O values from glass plates placed in TM Cave are within the range of the predicted 

equilibrium values (Kim and O’Neil 1997) (Appendix A). The small variations between the 

Karstolution output and the calculated equilibrium fractionation output may be attributed to 

disequilibrium isotope fractionation and will be further assessed and discussed in the next 

section.  

 
Figure 4.6. Comparison of modeled stalagmite δ18O from Karstolution (black line) and 

modeled drip water δ18O output converted to calcite assuming equilibrium oxygen isotope 

fractionation using the Kim and O’Neil (1997) equation (grey lines). Figure adapted from 

Treble et al. (2019).  
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4.5.3. Sensitivity Analyses 

Sensitivity tests were conducted for pseudoproxy Stal1, Stal4, and Stal5 times series to 

evaluate which cave parameters may drive stalagmite variability at TM Cave and to quantify the 

impact of in-cave equilibrium fractionation. The “reference” case in these tests refer to the cave 

configurations and input data presented in Table 4.1 and Section 4.4.2, whereas constant 

perturbations were made to the different cave parameters: cave temperature, drip interval, 

relative humidity, and changes in pCO2 between the cave air and drip water. 

Pseudoproxy Stal1 time series exhibits a sensitivity to cave temperature, suggesting a 

temperature dependence of isotope fractionation under equilibrium conditions (Mühlinghaus et 

al. 2009) (Figure 4.7a). The averaged absolute differences between the reference time series and 

the perturbed parameters time series are ~0.40‰. More negative δ18O signatures for warmer 

cave temperatures (e.g., T=24°C) (Figure 4.7a, green line) is consistent with the temperature-

dependent fractionation of 18O between calcite and water, such that, as temperature increase, 

δ18O of CaCO3 decreases (~-0.23‰/°C) (Kim and O’Neil 1997). As for potential isotopic 

impacts of disequilibrium processes, Stal1 does not appear to be sensitive to changes in drip 

interval when relative humidity is held constant at 95% (the same relative humidity as the 

reference case) (Figure 4.7b). However, a longer drip interval combined with lower relative 

humidity (50%) shows a minor increase in δ18O (Figure 4.7b, green line). Additionally, Stal1 

exhibits a sensitivity to combined changes in relative humidity and cave ventilation (i.e., droplet 

evaporation) (Figure 4.7c). When relative humidity is held constant at >95%, negligible isotopic 

effects are observed despite changes in ventilation (Figure 4.7c; blue, green, and dashed lines). 

Conversely, combined effects of a lower relative humidity and increased ventilation generate 

large isotopic differences and also short hiatuses in the time series (Figure 4.7c, red line).  
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Figure 4.7. Sensitivity analysis for cave parameters at TM Cave for pseudoproxy Stal1. (a) 

cave temperature. (b) drip interval with modified relative humidity (RH) value. (c) relative 

humidity (h) and cave ventilation (v). (d) cave air minus drip water pCO2. The reference case 

in each panel uses the monthly values from the original configuration. The perturbations have 

a constant offset across all months. The predicted equilibrium calcite δ18O from Figure 4.6 is 

shown in 4.7b for comparison (labeled as “Kim and O’Neil Eqn”). Figure adapted from Treble 

et al. (2019). 

 

Lastly, Stal1 demonstrates a slight sensitivity to changes in the cave air and drip water 

pCO2 gradient (Figure 4.7d). A large pressure gradient (e.g., 2000 ppm) results in more positive 

δ18O values and an absolute difference of ~0.21‰ (Figure 4.7d, green line). However, a smaller 

pressure gradient (e.g., 200 ppm), which implies reduced supersaturation of the cave drip water 

with respect to calcite due to an increase in cave air pCO2, results in lower δ18O values (absolute 

difference: 0.33‰) (Deininger et al. 2019) (Figure 4.7d, blue line). These results are consistent 
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with the concept that large pCO2 gradients between the drip and cave atmosphere may favor 

rapid degassing, which can result in an enrichment in 18O due to isotopic disequilibrium in 

calcite (Hendy 1971). 

Pseudoproxy Stal4 time series also exhibits a sensitivity to cave temperature (Figure 

4.8a) and the absolute differences between the reference time series and the perturbed time series 

are ~0.37‰. Stal4 does not exhibit a sensitivity to changes in drip interval, even with a change in 

relative humidity (Figure 4.8b, green line), unlike Stal1. The largest change in the modeled 

calcite δ18O, in response to effects of droplet evaporation, occurs when the relative humidity is 

50% and the ventilation is increased (Figure 4c, red line). However, there are no changes when 

relative humidity is >95% and ventilation is constant or increases (Figure 4c, blue, green, and 

dashed lines). Finally, Stal4 exhibits minimal isotopic effects of changes in the cave air and drip 

water pCO2 gradient (Figure 4.8d). The isotopic differences between the reference and the 

perturbed time series are 0.24‰ and 0.14‰ for the small and large pCO2 gradients, respectively.  
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Figure 4.8. Sensitivity analysis for cave parameters at TM Cave for pseudoproxy Stal4. (a) 

cave temperature. (b) drip interval with modified relative humidity (RH) value. (c) relative 

humidity (h) and cave ventilation (v). (d) cave air minus drip water pCO2. The reference case 

in each panel uses the monthly values from the original configuration. The perturbations have 

a constant offset across all months. In addition, the predicted equilibrium calcite δ18O from 

Figure 4.6 is shown in 4.8b for comparison (labeled as “Kim and O’Neil Eqn”). Figure 

adapted from Treble et al. (2019). 

 

Pseudoproxy Stal5 responds similarly to the four varied cave parameters as pseudoproxy 

Stal1 (Figure 4.9). In addition to a sensitivity to temperature (absolute difference: 0.40‰) 

(Figure 4.9a), Stal5 also only exhibits minor impacts of changes in drip interval (Figure 4.9b), 

though a longer drip interval combined with lower relative humidity (50%) does shows a minor 

increase in δ18O (Figure 4.9b, green line). Stal5 exhibits negligible isotopic effects when relative 

humidity is high, regardless of any changes in ventilation (Figure 4.9c; blue, green, and dashed 
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lines), similar to the results for Stal1. However, the combined effects of lower relative humidity 

and increased ventilation led to Stal5 to stop growing (i.e., growth rate = 0 mm/month) (Figure 

4.9c, red line). Pseudoproxy Stal5 also demonstrates a small sensitivity to changes in the cave air 

and drip water pCO2 gradient (Figure 4.9d). The larger pressure gradient results in more positive 

δ18O values (absolute difference: ~0.21‰), whereas the smaller pressure gradient results in lower 

δ18O values (absolute difference: ~0.34‰) (Deininger et al. 2019) (Figure 4.9d, blue line).  

 
Figure 4.9. Sensitivity analysis for cave parameters at TM Cave for pseudoproxy Stal5. (a) 

cave temperature. (b) drip interval with modified relative humidity (RH) value. (c) relative 

humidity (h) and cave ventilation (v). (d) cave air minus drip water pCO2. The reference case 

in each panel uses the monthly values from the original configuration. The reference case in 

each panel uses the monthly values from the original configuration. The perturbations have a 

constant offset across all months. In addition, the predicted equilibrium calcite δ18O from 

Figure 4.6 is shown in 4.9b for comparison (labeled as “Kim and O’Neil Eqn”). Figure 

adapted from Treble et al. (2019). 
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4.5.4. Discussion for the Sensitivity Analyses 

The cave-parameter sensitivity analyses revealed sensitivities of TM cave stalagmite δ18O 

to cave temperature and changes in the cave air and drip water pCO2 gradient. Generally 

speaking, all three time series showed little to no responses to any changes in drip interval with a 

constant relative humidity greater than 95%, unlike the results presented in (Treble et al. 2019). 

Longer drip intervals may increase the degree of disequilibrium effects and result in increased 

δ18O values of speleothem calcite (Mühlinghaus et al. 2009; Deininger et al. 2012). However, 

given the high relative humidity (95%) assigned in the model, evaporation processes may not be 

taking place (i.e., evaporation effects may be neglected), regardless of the drip interval 

(Deininger et al. 2012), thus mostly unaffecting the calcite δ18O values. 

The effects of droplet evaporation were much greater for Stal1 and Stal5 than Stal4 

(Figures 4.7c, 4.9c). Stal1 and Stal5 experienced periods of 0 mm/month growth rates (i.e., 

growth hiatuses) when the relative humidity was 50% and the ventilation increased to 0.75 m/s. 

These results are puzzling, since increased ventilation is typically assumed to increase calcite 

deposition, thus calcite growth rates (Deininger et al. 2012; Deininger and Scholz 2019). For 

example, sudden changes in ventilation, which implies more mixing with the low pCO2 outside 

air and increased the ratio between drip water pCO2 and cave air, can result in high calcite 

deposition rates (Baldini et al. 2008). Additionally, increased evaporation rates (in response to 

lower relative humidity and increased ventilation) may have significant effects on calcite δ18O, 

since H2O is evaporated from the solution layer, and also result in higher calcite precipitation 

rates (Deininger et al. 2012). However, these evaporation effects may be ignored when relative 

humidity is greater than 85% and ventilation is less than 0.2 m/s (Dreybrodt and Deininger 
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2014), which supports the negligible differences in the other time series when relative humidity 

is >95% and/or ventilation is 0 m/s (Figures 4.7-4.9).  

These results further highlight how different stalagmites from the same cave site may 

experience different variations in calcite δ18O. While it may be expected that in-cave processes, 

such as relative humidity and ventilation, should impact calcite δ18O in a similar manner, it is 

evident from the results that Stal1 and Stal5 exhibit much higher sensitivities, whereas Stal4 

shows only limited disequilibrium effects from droplet evaporation. A possible explanation may 

be that the user-prescribed model configurations lead to instability in Karstolution, thus 

preventing a continuous time series to be generated for Stal1 and Stal5. For example, the 

parameters chosen may not lead to ideal conditions for continuous calcite precipitation under 

certain cave environments. Thus, the combined effects of the different fluxes in and out of Karst 

Store 1 and Karst 2 (, which do not directly impact Stal4) and the perturbed cave parameters may 

cause disruptions in the drip water solution available for calcite precipitation. Nonetheless, these 

hypotheses are speculative and call for additional analyses and longer cave monitoring data to 

further identify how changes in karst hydrology and the different pathways and mixing at TM 

Cave may influence stalagmite δ18O.  

 

4.5.5 Modeled δ18O Values with New Configurations 

 The modified Karstolution configuration yielded similar results for Stal2 and Stal3, 

which preserves similar high-frequency variability that reflects the seasonal variability of the 

precipitation input data (Figure 4.10). Changes in Stal4 and Stal5 time series are negligible, 

while Stal1 time series is varied the most. The fluxes out of Karst Store 2 (F6) and epikarst (F4) 

no longer exhibit high-frequency seasonal variability but are instead characterized by low-
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frequency variability (Figure 4.10). Additionally, the flux out of Karst Store 2 if the volume 

threshold has surpassed (F7) exhibits a continuous rate of 0 mm/month, confirming that the 

increased volume storage in Karst Store 2 does not permit overflow routing. Subsequently, the 

greatest change among the stores between the original and modified configuration is reflected in 

Karst Store 2 (Figure 4.10). The high-frequency variability is smoothed throughout and the 

variability over time is reduced. Furthermore, the volume of Karst Store 1 has subsequently 

decreased since there is no longer overflow routing through F7 and the rate of diffuse flow has 

decreased as well.  

 
Figure 4.10. Karstolution model inputs and outputs with the modified configuration. Refer to 

text for new parameter values. (a) Input series (precipitation and evapotranspiration (ET), (b) 

the fluxes in mm/month, (c) various water reservoirs, (d) pseudoproxy time series. Figure 

adapted from Baker et al. (2013).  

 

Given the modified configurations, the new pseudoproxy time series for Stal1 

demonstrates a one-year lag from the Stal1 time series in the original configuration. Although a 

one-year lag may be insignificant given that stalagmite sampling resolutions are ~5 years, this 
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result demonstrates that changes in stalagmite δ18O variability may be altered depending on the 

fluxes in and out of the stores, the volumes, and the overall water balance of the karst system. 

Additionally, these results will likely vary from site to site. For example, a study site with a 

thicker overlying limestone (such as TM Cave) would experience a potentially longer transit 

time and groundwater mixing than a different site with less than 100 m overlying the cave 

(Lachniet 2009). Notwithstanding this simplistic case study, Baker et al. (2013) showed that 

nonstationarity in pseudoproxy stalagmite δ18O variability may occur since the nonlinear changes 

respond to changes in water balance that impact the karst aquifer storage. Further work is needed 

to identify how the degree of changes of parameters in the model may tweak the pseudoproxy 

time series.  

 

4.6. Conclusions  

Proxy system modeling can be used to identify and quantify uncertainties associated with 

interpretations of speleothem δ18O and other climate proxies. The objectives of this chapter were 

to investigate how karst hydrology impacts cave drip water δ18O and how in-cave parameters 

may impact drip water δ18O prior to calcite precipitation. The results show that non-climatic 

hydrological processes should be considered to evaluate the controls on speleothem δ18O. These 

processes can include drip-water hydrology (e.g., different flow pathways and flow rates), 

surface and sub-surface climatology (e.g., soil characteristics, evapotranspiration) and in-cave 

processes that may affect the signals preserved in speleothem δ18O (Bradley et al. 2010; 

Wackerbarth et al. 2010; Dreybrodt and Scholz 2011). Assessing the uncertainties in the 

interactions between climatic and non-climatic processes on speleothem δ18O can further sharpen 

and constrain our signal interpretations (Evans et al. 2013). 
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This chapter focused on using an integrated stalagmite δ18O PSM that accounts for both 

in-cave isotope fractionation and karst hydrological processes. We confirm the use of 

Karstolution by applying the site-specific climate information for TM Cave in northern Laos. At 

TM Cave, the preliminary results suggest that modeled stalagmite δ18O variability is driven by 

the climatic input, the karst system, and in-cave processes, though this may vary within cave 

stalagmites. The degree of isotope equilibrium introduced strongly depends on the input 

parameters (Mühlinghaus et al. 2009; Deininger et al. 2012) and the dependence of δ18O values 

on cave specific parameters were quantified through sensitivity tests. The cave-parameter 

sensitivity analyses showed that Stal4 demonstrates sensitivity to cave temperature, but minimal 

isotopic effects of changes in evaporation and cave air and drip water pCO2 gradient, whereas 

Stal1 and Stal5 are not only sensitive to temperature changes and the cave air and drip water 

pCO2 gradient, but also potentially more influenced by evaporation processes.  

Additionally, Stal1, Stal4, and Stal5 did not exhibit significant high-frequency variability, 

likely due to hydrological mixing driven by various storage properties and changes in water 

balance. Continued monitoring data and further research are needed to further investigate how 

processes governing drip water δ18O not only impact different cave sites, but sampling sites 

within the same cave (Moerman et al. 2014). Finally, the simple case study to simulate a one-

year lag was forced via subjectively-modified parameters, suggesting that a seasonal or yearly 

lag may be introduced into the proxy system through changes in the water reservoir size and 

water inflows and outflows. Additional work is required to further identify the relative 

importance of each parameter and how this may vary at different sites.  

This work has important implications for paleoclimate studies, because it supports how 

stalagmite δ18O may be directly impacted by hydrological variability and in-cave processes that 
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should be considered when interpreting decadal-centennial scale changes in stalagmite δ18O 

records. More importantly, these results have direct implications for any additional stalagmite 

δ18O record from TM Cave. The sensitivity results support the importance of having pCO2 

measurements year-round since the pseudoproxy stalagmite series did exhibit minor sensitivities 

to changes in the pCO2 gradient between the cave air and drip water pCO2. Additionally, it may 

be valuable to also consider seasonal change in ventilation and relative humidity given the 

sensitivity results, However, the current monitoring data do show that relative humidity remains 

>95% year-round and pCO2 measurements from January-March indicate the cave is well-

ventilated. Thus, it is possible that the configurations in this initial analysis may not fully 

represent the cave environment and karst hydrology at TM Cave. Nonetheless, this work 

provides the foundation for additional proxy system modeling studies from TM Cave and the 

Southeast Asian region and calls for additional work to progress and refine these conclusions.  
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Chapter 5 

5 Conclusions 

5.1. Summary of Work  

 The overarching goal of my dissertation was to analyze changes in Southeast Asian 

hydroclimate on interannual to centennial timescales during the Common Era. In order to 

achieve this goal, I created a new, high-resolution stalagmite proxy record that spans roughly 

1,900 years, analyzed modern changes in precipitation variability in response to atmosphere-

ocean teleconnections, and investigated how non-climatic factors can influence climate signals 

recorded in stalagmites to provide better insights on changes in local to regional hydroclimate.  

 In Chapter 2, I presented the first high-resolution stalagmite record from northern Laos 

that spans most of the Common Era. Centennial-scale changes in local water balance were 

observed in the stalagmite δ13C values. The timing of the driest period in the δ13C record (late 

14th and early 15th centuries) aligned with that of large ‘megadroughts’ (e.g., Angkor Droughts 

and Strange Parallels drought) also recorded in nearby tree-ring records. On the other hand, 

multidecadal to centennial changes in stalagmite δ18O were linked to changes in monsoon 

intensity and exhibited an inverse relationship with solar variability from 1200 CE onwards. 

Using solar-forced climate model simulations from the Community Earth System Model-Last 

Millennium Ensemble (CESM-LME), I showed that centennial-scale δ18O variability over the 

past millennium may be linked with solar-forced changes in upstream rainout over the tropical 

Indian Ocean. Large-scale circulation changes initiated by solar-forced warming of Atlantic sea 

surface temperatures may have led to modified moisture δ18O values transported to our study site 

without necessarily influencing the amount of rainfall that fell at our study site. The novel 

method comparing solar-forced climate model simulations with proxy data and the proposed 
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hypothesis provide additional avenues to further investigate mechanisms controlling stalagmite 

δ18O and provide more insights on the influence of both internal climate variability and external 

forcings on AM variability.  

 In Chapter 3, I investigated interannual precipitation patterns across East China and 

Southeast Asia. Through empirical orthogonal function (EOF) analysis, tripole and dipole 

rainfall patterns were observed across the broader Asian monsoon region. In-phase rainfall 

patterns between Southeast Asia and South China associated with the tripole EOF pattern were 

linked to the delayed precipitation response to the El Niño-Southern Oscillation (ENSO). 

However, out-of-phase rainfall patterns between Southeast Asia and South China in the dipole 

precipitation mode were associated with a simultaneous remote influence of the summer North 

Atlantic Oscillation (SNAO). These results suggest that observed in-phase and out-of-phase 

variations in precipitation between MSEA and South China can be used to gauge the relative 

importance of local Pacific and remote Atlantic influences on AM rainfall. Therefore, this study 

has implications to better understand both future changes in rainfall patterns in response to shifts 

in the climate system and also past changes in tripole/dipole precipitation patterns on interannual 

to centennial timescales.   

 In Chapter 4, I used a new proxy system model, Karstolution, to identify how variations 

in karst hydrology and in-cave processes may impact recorded stalagmite δ18O values. I 

conducted a case study for our main study site, Tham Doun Mai Cave (TM Cave) in northern 

Laos, using the available cave monitoring data. The results showed that several of the 

pseudoproxy time series lost high-frequency variability due to the various hydrological pathways 

and mixing assigned in the model. Sensitivity analyses further revealed that both karst hydrology 

and in-cave processes and properties may have an influence on stalagmite δ18O at TM Cave, 
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though the quantitative disequilibrium effects could vary from sample site to sample site. In 

addition, modifications to the user-defined configurations in Karstolution forced a one-year lag 

for one of the pseudoproxies, which suggests that a seasonal to annual lag may be introduced 

when the reservoir sizes are increased, and water inflows and outflows are slowed. However, 

further research will be required to systematically change the parameters that are realistic to 

study site.  

 Overall, the objectives in my dissertations were addressed through my three main 

chapters. I identified how Southeast Asian hydroclimate varied over the last two millennia 

through a new stalagmite δ18O and δ13C record. The dominant mechanisms that characterize 

interannual MSEA precipitation were investigated using a 30-year precipitation dataset and EOF 

analysis. This work identified both in-phase and out-of-phase couplings of modern-day MSEA 

and EASM precipitation through tripole and dipole modes and linked to phases of ENSO and 

NAO, respectively. These findings have implications for paleoclimate studies that focus on 

changes in past monsoon variability, specifically spatial rainfall patterns, across East China and 

MSEA. Lastly, my final chapter addressed the impact of karst hydrology and water pathways 

that may influence stalagmite δ18O time series. In-cave disequilibrium isotope fractionation were 

identified to play an important role on changes in stalagmite δ18O, particularly, cave temperature 

and ventilation changes. Comprehensive cave monitoring efforts that include seasonal recordings 

of temperature, pCO2, drip rate and relative humidity are essential in modeling the stalagmite 

δ18O proxy system and continued work is needed to improve the processes implemented in proxy 

models.   

My dissertation research provides additional information regarding changes in past 

monsoon intensity, local water balance, karst hydrology, and modern rainfall patterns that focus 
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on the Southeast Asian region. This research builds upon the limited number of paleoclimate 

records from Laos and the surrounding countries, while contributing to modern rainfall studies 

that are focused mostly in East China and including Southeast Asia into these analyses. Finally, 

my work expands on the ongoing proxy system modeling studies to better interpret paleoclimate 

records and improve our projections of future climate change. 

 

5.2. Future Research Avenues and Questions  

5.2.1. Additional Paleoclimate Records and Linkage to Solar Forcing  

A new hypothesis was proposed in Chapter 2 that links changes in monsoon intensity to 

solar-forced changes in the tropical Atlantic Ocean sea surface temperatures, which led to 

changes in overturning circulation in the atmosphere and ultimately impacted precipitation over 

the tropical Indian Ocean. There are multiple directions branching off from this research. First 

avenue would be to test this hypothesis with other stalagmite records from the broader Asian 

Monsoon region using not only the same Community Earth System Model Last Millennium 

Ensemble (CESM) solar-only forcing runs (Otto-Bliesner et al. 2016), but also new isotope-

enabled climate runs in the CESM (iCESM), which allows for more direct comparisons between 

stalagmite δ18O proxy data and modeled isotopes (Zhu et al. 2017). It is possible that the future 

results may not be entirely straight forward given stalagmite δ18O controls on both local to 

regional spatial scales at different cave sites. For example, testing this hypothesis with a cave site 

in northern China that is influenced by the East Asian Monsoon, as opposed to the Southeast 

Asian Monsoon, may not yield similar findings, since moisture source regions and transports 

vary from site to site. In addition to testing this hypothesis for different study sites, additional 

analyses would need to be done to investigate the periodicity of this proposed monsoon-solar 
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relationship. The findings in Chapter 2 found the relationship holds true after 1200 CE and on 

centennial timescales. It would be worthwhile to test whether this hypothesis holds true for new 

stalagmite records, including a new 2,700-year stalagmite δ18O record from Thailand (Tan et al. 

2019), on decadal to multicentennial timescales.  

Another area of future research work includes investigating the response of tropical 

Atlantic sea surface temperatures (SSTs) and the Asian monsoon. This was beyond the scope of 

Chapter 2 but is important for future climate projections to better understand how ocean-

atmosphere teleconnections in response to changes in solar variability may impact Asian 

monsoonal rainfall. One method would be to investigate Atlantic SSTs – Asian monsoon links 

by comparing Asian Monsoon δ18O records with paleoclimate records from the tropical Atlantic 

and/or stalagmite records from the South American monsoon region (Novello et al. 2012, 2016). 

While the South American monsoon records do exhibit a similar monsoon-solar forcing 

relationship found, the TM-17 stalagmite record presented in Chapter 2 shows no significant 

correlation with the Brazil speleothem data, which would need to be further investigated in the 

future. 

 

5.2.2. Modern Precipitation Patterns  

 I used high-resolution satellite precipitation data to examine spatial precipitation patterns 

across East China and Southeast Asia over the last several decades. However, in order to uncover 

whether these relationships hold on interdecadal or longer timescales, longer precipitation 

datasets spanning at least the last hundred years and beyond would be required (i.e., Global 

Precipitation Climatology Centre (GPCC) (Schneider et al. 2014). Longer observational 

precipitation datasets would enable further analyses on decadal shifts in precipitation patterns 
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similar to previous work that found a climatic shift in the dipole and tripole patterns following 

the late 1970s (Gong and Ho 2002; Ding et al. 2008) In addition to longer observational datasets, 

future work would benefit from using modeled precipitation data, such as from the Community 

Earth System Model – Large Ensemble (CESM-LENS) (Kay et al. 2015) to investigate changes 

in rainfall patterns on multidecadal to centennial timescales. Targeted atmosphere global climate 

model (AGCM) experiments could also provide additional evidence for the potential 

mechanisms concluded in Chapter 3. For example, forcing an AGCM with an El Niño-like 

pattern of SST anomalies would bring further clarity to the potential causal relationship between 

tropical Pacific forcing and the spatial precipitation patterns discussed in Chapter 3.  

Investigations of these modern interannual precipitation patterns across the broader Asian 

Monsoon region can be directly applicable and helpful when interpreting past records of Asian 

monsoon precipitation. By using longer precipitation datasets and/or numerical experiments, it 

would be possible to further test the hypotheses and proposed mechanisms presented in Chapter 

3 with paleoclimate records. For example, spatial hydroclimate patterns identified through 

syntheses of high-resolution paleoclimate records across East China and Southeast Asia could 

show distinct dipole or tripole pattern and may be attributed to the mechanisms presented in 

Chapter 3. This work would help improve our collective understanding of regional precipitation 

variability on annual to multidecadal timescales across the Asian monsoon region.   

 

5.2.3. Modeling Multidecadal Lags Using Proxy System Models   

 The new, high-resolution stalagmite record presented in Chapter 2 investigated changes 

in hydroclimate over Southeast Asia spanning the last two millennia. While this record was 

compared with regional stalagmite records and provides additional insights into changes in 
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upstream rainout and local hydroclimate in Laos, it is also necessary to compare with local and 

regional tree ring records, particularly in the context of proxy system modeling. Tree rings are 

beneficial climate recorders of past climate due to the high temporal resolution and precisely 

dating methods (Hughes 2002). Many hydroclimate reconstructions using tree ring width and 

cellulose oxygen isotope (cellulose δ18O) from cypress trees in Vietnam (Fokienia hodhinsii) 

have provided evidence for widespread multi-decadal droughts in Southeast Asia (Buckley et al. 

2010). Cellulose δ18O is primarily controlled by two factors: δ18O of the source water (e.g., 

precipitation) and relative humidity (Robertson et al. 2001). Therefore, studies have 

reconstructed past precipitation and/or relative humidity using cellulose δ18O even without the 

presence of visible annual rings (Anchukaitis et al. 2008; Anchukaitis and Evans 2010). 

A preliminary comparison between the published TM-17 record and an unpublished tree 

ring record from Bidoup Nui Ba National Park (BDNP) in southern Vietnam has shown that the 

tree ring and stalagmite records align if the TM-17 time series is shifted ~30 years younger (i.e., 

the TM-17 age model is shifted by ~30 years). The “Strange Parallels” drought from 1756-1768 

are captured in both records (highlighted in the TM-17 δ18O record interpreted as weaker 

monsoon intensity). However, the ~30 years is outside the 1𝜎 error (~20 years) of the estimated 

TM-17 age model uncertainty. Therefore, future work entails investigating to what extent karst 

hydrology and/or in-cave processes may lead to this observed decadal-scale lag between the TM-

17 δ18O record and the BDNP tree ring record. It is possible that since the overburden in the area 

of the cave where the stalagmite was collected is quite thick (likely > 200 m), the decadal-scale 

lag may be due to transporting and mixing in part explain this offset. In addition, in-cave 

processes and parameters, such as drip interval, cave air pCO2, and/or mixing effects may also 

play a role part in the 30-year lag between the two records. In Chapter 4, I produced a 1-year lag 
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by subjectively altering some of the model parameters, though more work is needed to 

systematically alter the model parameters to produce a longer lag time. More additional cave 

monitoring data are also needed to further constrain the monthly seasonal variations of the in-

cave properties as well.   

 

5.2.4 Integrating Global Climate Models with Proxy System Models   

As previously described in Chapter 4, PSMs help to disentangle the uncertainties that still 

remain when interpreting proxy data. The purpose of these PSMs is to accurately portray the 

multivariate and nonlinear processes in proxy systems but avoid the unconstrained parameters in 

full complexity models (Evans et al. 2013). Coupling PSMs to isotope-enabled climate system 

models or global climate models can enable users to validate model simulations by making a 

more direct comparison between simulated data using GCM environmental variables (e.g., 

temperature, precipitation, SSTs) and actual proxy observations (Dee et al. 2015). Comparisons 

of GCM outputs with observations would also test hypotheses regarding the source of 

uncertainty between flow routes and hydrological pathways (Baker et al. 2013). Future links of 

GCMs with PSMs can further our understanding of uncertainties caused by climate variability or 

hydrological variations in the karst system. In addition, replications of speleothem series from 

different cave sites would be a powerful tool in identifying discrepancies between climate signals 

and non-climate noise (Truebe et al. 2010; Baker et al. 2013).   

It is important to note that there are inherent caveats with PSMs that will need to be 

addressed in further studies. For example, PSMs are first-order models that are simplifications of 

complex systems, which ignore potentially important processes, such as certain pathways not 

indicated in the model (Bradley et al. 2010; Dee et al. 2015). Forward models are only as 
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comprehensive as the observations they are based on. Because high-resolution observational 

records are limited in Laos and the broader Asian monsoon region, PSMs complexity must be 

altered to avoid assumptions on parameters that cannot be explained via observations. One 

possible solution would be to create more detailed proxy networks to further constrain PSMs and 

improve our knowledge on proxies (Dee et al., 2015; Evans et al., 2013). Using a combination of 

PSMs, such as Karstolution, with global circulation models and large climate models can help 

better analyze long-term model performance and realistic estimates of variability of δ18O from 

the ground surface down to the stalagmites. Lastly, working with PSMs provide additional 

opportunities to facilitate collaborations between climate scientists, modelers, and statisticians to 

improve the current PSMs and incorporate climate system models (Evans et al. 2013).  
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Appendix A  

 

Supporting information for Ch 2: Hydroclimatic variability in Southeast Asia 

over the last two millennia 

 

Supplementary Text: Cave setting and speleothem sample 

Tham Doun Mai cave (TM cave) is a ~3,745 m-long cave located at ca. 352 m above sea 

level, adjacent to the Nam Ou river in Luang Prabang Province, Laos (20°45’N, 102°39’E). TM 

cave was extensively surveyed by members of the Northern Lao-European Cave Project in 2012 

(Dreybrodt et al. 2013) and has only a single small (1.5 x 2 m) known entrance. The main 

portions of the cave are separated from a smaller entrance chamber by a short narrow crawl. The 

cave is formed in a Late Paleozoic limestone karst massif that rises several hundred meters above 

the river level. The overlying terrain is extremely steep and difficult to access, so has not likely 

been impacted by anthropogenic factors, such as deforestation. The thickness of bedrock 

overlying the cave varies from a few meters close to the entrance up to hundreds of meters in the 

deepest sections.  

Cave monitoring conducted at TM cave includes temperature (T), relative humidity (RH), 

drip rate, and pCO2 measurements, as well as collection of drip water and modern calcite samples 

for geochemical analysis. Results indicate that the temperature in TM cave is ~22 °C (close to 

the expected mean surface temperature) and the RH is >95%. Drip rates measured at two sites 

using Stalagmate automated drip loggers show strong seasonality, with rapid increases in drip 

rate at the onset of the summer monsoon season, indicating a piston flow-like hydrologic 

response to rain events (Tooth and Fairchild 2003). Cave air pCO2 is ~600 ppm, though we have 

only made these measurements between January and March, so cannot rule out the possibility of 
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seasonal changes in cave ventilation. The average δ18O of drip water samples taken from several 

locations in the cave between December 2010 and March 2017 is -7.8 ± 0.9 ‰ (n = 67), close to 

the weighted annual mean precipitation δ18O of -8.2 ‰ simulated for our site using the IsoGSM 

isotope enabled climate model (Yoshimura et al. 2008). This suggests a mixing/transit time of at 

least one year before the drip water reaches the cave. The average δ18O of modern calcite grown 

by placing glass plates under active drips for a period of at least one year is -8.7 ± 0.3 (n=40), 

samples close to the plate center range between -9 and -9.5 ‰, within the range of the predicted 

equilibrium values (Kim and O’Neil 1997). 

Stalagmite TM-17 (Figure. 1) was collected on a steep slope approximately ~200 m from 

the entrance, ~half way down the 26 m drop from the upper level to the active river passage. 

TM-17 was no longer an active stalagmite when collected, so no monitoring was possible on this 

specific drip site, though drip water and modern calcite samples were collected from other 

nearby sites. The regular and constant morphology of the TM-17 stalagmite in the investigated 

topmost section suggests a slow and almost constant drip rate (Kaufmann 2003b), likely 

preventing the possible influence of differential kinetic fractionation on the δ13C signal as a 

function of fluctuating drip rates (Mühlinghaus et al. 2009). Petrographic logging of TM-17 

following the rationale in Frisia et al. (Frisia et al. 2000) and the methodology described in Frisia 

et al. (Frisia 2015) show that it is primarily composed of columnar calcite, ranging from compact 

to porous. While speleothem δ18O values could reflect occurrence of non-classical crystallization 

pathways, which include the precipitation of amorphous carbonate or vaterite (Demény et al. 

2016), for TM-17 this effect is unlikely because in situ precipitation experiments from freshly 

collected drip water near the TM-17 sampling site yielded exclusively calcite. By considering 

that crystallization processes and speleothem growth had a negligible effect in driving δ18O 
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changes and that any kinetic effects were relatively minor and constant, we assume that TM-17 

18O variations are primarily driven by change in mean precipitation 18O and δ13C variations are 

primarily driven by soil and vegetation responses to changing water balance. 

 

Supplementary Text: Spectral and Wavelet Analyses 

To detect decadal to centennial cycles in the TM-17 record, we performed a red-noise 

power spectral analysis (REDFIT) (Schulz and Mudelsee 2002) specifically adapted for 

unevenly-spaced data (Figure. S3) using the PAST software (Hammer et al. 2001). The results 

highlight decadal to centennial-scale periodicities (193, 128, 29 and 9 years) in the TM-17 δ18O 

record that are significant above a red-noise background of a first-order autoregressive process 

(Figure A.2). Additional spectra performed from age models generated via Monte-Carlo 

simulations in the COPRA1.0 model (Breitenbach et al. 2012) also show significant 

multidecadal-centennial cycles thus confirming the robustness of the TM-17 δ18O periodicities. 

Wavelet transform analysis (Torrence et al. 1998) of the δ18O record also indicates significant 

multidecadal to centennial-scale variability throughout the record (Figure. S2). These observed 

periodicities may be associated with those of known solar cycles, such as the sub-harmonics of 

the de Vries-Suess (~210 years) (Stuiver et al. 1998) and the Hale (~132 years) (Attolini et al. 

1990) solar cycles. However, we are cautious in interpreting the results from the spectra to 

suggest causation and cannot completely rule out the possible influence of internal coupled 

climate modes such as the ENSO (Zhao et al. 2015) or AMO (Berkelhammer et al. 2010). Power 

spectral analysis of the δ13C data reveals periodicities centered at 386, 66-77, 37 years 

(significant at 95% confidence level) and these periodicities are supported by wavelet transform 

analysis (Figure. A.2).  
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Supplementary Methods 

Supplementary Methods: Synchrotron radiation X-ray fluorescence 

Synchrotron radiation X-ray fluorescence (XRF) microscopy was performed on the XFM 

beamline at the Australian Synchrotron (Paterson et al. 2011) using the Kirkpatrick-Baez mirror 

microprobe end-station. A 12 mm-thick polished slab was analyzed with a monochromatic 2 μm 

beam spot size and energy at 18.5 keV. A 45 x 2 mm map was acquired in the axial part of the 

stalagmite at 2 μm pixel size resolution on both axis and a dwell time of 1.2 ms/pixel, yielding a 

detection limit for Sr of ~ 2 ppm. Single element foils Mn, Fe and Pt (Micromatter, Canada) 

were utilized as references to calibrate the final elemental spectra. The Maia XRF spectral data 

were analyzed using the GeoPIXE software suite which uses a fundamental parameters 

approach, with spectral deconvolution and imaging using the dynamic analysis method. Spectra 

were fitted using X-ray line relative intensities that reflect integration of yields and X-ray self-

absorption effects for the calcite matrix and the contrasting efficiency characteristics across the 

detector array (Ryan et al. 2010). 

 

Supplementary Methods: Age Model 

Annual laminae counting was conducted on the Sr synchrotron XRF map clustered at 4 

μm resolution by visually identifying the Sr minima using ImageJ. The corrugated nature of the 

lamination and the presence of blurred areas centered along crystal boundaries prevented the use 

of automated laminae counting techniques. Two separate continuous counts were made 

following the areas with sharper definition on the map (Figure 1), whereas in condensed and 

blurred intervals up to four different counts were made. The final laminae number was calculated 

with the arithmetic average on successive sections of the map. The total counting error, C, 
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between replicate counts was 23 years, whereas an error of 54 years was estimated for the 

presence of fuzzy areas in which the lamination is not completely clear (F). The total laminae 

counting error (LC) was calculated as: 𝐿𝐶 = √𝐶2 + 𝐹2 (Domínguez-Villar et al. 2012). The 

calculated LC error of 58.7 years amounts to ~3% of the total layers counted (1,934).   

Due to the fact that TM-17 was not active upon collection and the laminae counting age 

model is therefore floating, we anchored the laminae counting age model to the U-Th ages using 

a least-squares fit method (Domínguez-Villar et al. 2012). One U-Th age (TM-17 U3) was 

excluded during application of this method due to the large uncertainty on the raw age, which 

indicates a poor analysis. We determined the top age by calculating the linear regression of the 

relative laminae number versus the U-Th ages by using least squares fitting. The slope of the 

regression (0.98, with a 95% confidence range of 0.95 and 1.02) is indistinguishable from 1 and 

confirms the annual nature of the Sr laminae. The errors in the age model were constructed from 

the individual U-Th 2σ error bars by propagating the calculated LC error of 3% within each 

section between two adjacent U-Th ages. Based on this method, the average age uncertainty 

throughout the record is 26 years. In summary, the final TM-17 chronology is constrained by the 

six uranium-thorium (U-Th) dates coupled with annual laminae in Sr measured using a least-

squares fit method to the U-Th dates (Table A.1 and Figure 1).  
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Figure A.1. Summer (JJAS) precipitation and 850 mb winds climatology and location of select 

paleoclimate records. Mean JJAS precipitation (1951-2007 CE) derived from Asian Precipitation 

- Highly-Resolved Observational Data Integration Towards Evaluation (APHRODITE) (Yatagai 

et al. 2012). 850 mb winds are derived from NCEP Reanalysis mean (1951-2007 CE) (Kalnay et 

al. 1996). The location of Tham Doun Mai Cave, Laos is indicated by the yellow circle. The 

locations of select regional paleoclimate records marked by black circles. These include 

Wanxiang Cave, China (Zhang et al. 2008), Dongge Cave, China (Zhao et al. 2015), Dandak and 

Jhumar Caves, India (Sinha et al. 2007), Bidoup Nui Ba National Park (BDNP) in Southern 

Vietnam (Buckley et al. 2010), and Lake Pa Kho, Thailand (Chawchai et al. 2015; Yamoah et al. 

2016a).  
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Figure A.2. Morlet wavelet analysis performed using the software PAST (Hammer et al. 2001) 

and the spectral analysis of TM-17 18O and 13C performed with the REDFIT method (Schulz 

and Mudelsee 2002). (a) 18O and (b) 13C wavelet transform from colors ranging from deep 

purple (weak) to bright yellow (strong). The TM-17 data were interpolated to a 2-year timescale 

using MATLAB interp1 function. Black lines indicate 95% significance level and the cone of 

influence. (c) 18O and (d) 13C spectral power performed by REDFIT (Schulz and Mudelsee 

2002), which uses the Lomb-Scargle Fourier Transform for unevenly spaced data. The black line 

indicates the power spectrum. The blue and red lines represent the 95% and 90% confidence 

limits, respectively, relative to the red-noise spectrum. The utilized parameters were window: 

welch; oversample: 2; segment: 4. 
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Figure A.3. Comparison of the TM-17 δ13C record with regional proxy records. The black line 

in all panels shows the stalagmite TM-17 δ13C record compared with (a) Leaf wax (δDwax) from 

Lake Pa Kho (LPK), Thailand (Chawchai et al. 2015; Yamoah et al. 2016a). (b) Tree ring 

reconstructed Palmer Drought Severity Index (PDSI) from Bidoup Nui Ba National Park 

(BDNP), Vietnam (Buckley et al. 2010). The grey line represents the raw PDSI and the blue line 

is the 15-year Butterworth filtered data. (c) Dinosterol δ2H from Clear Lake, Palau (Richey and 

Sachs 2016). (d) Mean grain size (MGS) from Cattle Pond, Dongdao Island, South China Sea 

(Yan et al. 2011). (e) Leaf wax δD from Lake Lading, East Java, western Indonesia ((Konecky et 

al. 2013). The y-axes in all panels are oriented such that wetter conditions/stronger convection is 

oriented up. Blue shaded bar corresponds to the timing of the Little Ice Age (LIA; 1400-1850).  
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Figure A.4. Comparison of the TM-17 record with South American Monsoon proxy records. 

The black line in all panels shows the stalagmite TM-17 18O record compared with (a) 

Pumacocha Lake δ18O (Bird et al. 2011). (b) Stalagmite δ18O from Curupira Cave, Brazil 

(Novello et al. 2016). (c) Stalagmite δ18O from Diva de Maura Cave, Brazil (Novello et al. 

2012). The y-axes in all panels are oriented such that weaker monsoon intensity recorded at TM 

Cave and stronger South American summer monsoon intensity is down.  
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Figure A.5. Comparison of TM-17 18O and solar activity proxies. (a-c) show the 18O record 

and (d-f) show the 13C record in black compared with records of (a) raw total solar irradiance 

reconstruction (Vieira et al. 2011) in yellow and 50-year low pass filtered time series in red, (b) 

reconstruction of the sunspot number based on 14C concentrations (Solanki et al. 2004) in blue 

and (c) 10Be stack derived from Central Antarctica ice cores in pink (Delaygue and Bard 2011). 

The y-axes in (a-c) are oriented such that weaker monsoon intensity and increased solar activity 

are down. The y-axes in (d-f) are oriented such that drier conditions and decreased solar activity 

are down. 
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Figure A.6. Cross-wavelet and Wavelet Coherence analyses between TM-17 18O with solar 

activity proxies. (a,d) Reconstructed Total Solar Irradiance reconstruction (Vieira et al. 2011). 

(b,e) Reconstruction of the sunspot number based on 14C concentrations (Solanki et al. 2004). 

(e,f) 10Be stack derived from Central Antarctica ice cores (Delaygue and Bard 2011). For clarity, 

(a-c) are the cross-wavelet analyses and (e-f) are the wavelet coherence analyses. The cross-

wavelet measures the high common power in time-frequency space and the wavelet coherence 

measures the linear correlation between two time series at a given frequency (Grinsted et al. 

2004). In all of the panels, the black outlines represent significance at 95% confidence interval 

against a red noise backgrounds using Monte Carlo methods. Right-facing arrows represent 

relative in-phase between the time series. Arrows are pointing to the left (out of phase) in (c,f) 

given the inverse relationship between 10Be and 18O, but still reflects decreased solar activity 

corresponding to increased monsoon intensity. Thin black line and white shading represents the 

cone of influence. The results show significant cross-wavelet power and high coherency at the 

multidecadal-centennial timescales in all panels.   

a d 

e b 

c f 
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Figure A.7. As described in Figure. 4 except for each individual ensemble member in the CESM 

LME solar-only forcing. (a) Ensemble member 1 from CESM solar-only run. (b) Ensemble 

member 2 from solar-only run. (c) Ensemble member 3 from solar-only run. (d) Ensemble 

member 4 from solar-only run.  
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Figure A.8. As described in Figure. 4. (a) Solar-only forcing ensemble mean from 850-1878 CE. 

(b) Solar-only forcing ensemble mean from 1200-1878 CE. 
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Table A.1. U-Th concentrations, isotope ratios, and calculated ages for TM-17. Uncertainties are 

2σ. Half-lives are those of Cheng et al. (2013). All ages are relative to 1950 CE. Corrected ages 

assume the initial 230Th/232Th atomic ratio of 4.4 ±2.2 x 10-6, in secular equilibrium with the bulk 

Earth 232Th/238U value of 3.8. The activity ratios are indicated by parentheses. TM-17 U3 was 

excluded from the age model due to a large uncertainty.  

 

 

 

Table A.2. Correlation coefficients reported between TM-17 18O and solar activity proxies: 

Total Solar Irradiance (TSI) (Vieira et al. 2011), sunspot number (Solanki et al. 2004), and 10Be 

stack (Delaygue and Bard 2011). The Pearson r values are shown for both unfiltered (raw) and 

50 year low-pass filtered data for two separate time periods: 850-1878 CE and 1200-1878 CE. 

The bolded coefficients are significant at 95% confidence level or greater. The numbers in the 

parenthesis represent the p-value calculated using the method of Macias-Fauria et al. (2012)1. 
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Appendix B  

Cave Monitoring Data for Tham Doun Mai Cave  

 

Table B.1. Tham Doun Mai (TM Cave) cave drip water monitoring data from 2010-2017. Data 

has been filtered to remove samples that show signs of evaporation.  

Sample ID 
Sample 

Date 

δD (‰ 

VSMOW) 

δ18O (‰ 

VSMOW) 

Drip rate 

(per min) 
Notes 

D2 12/9/10 -52.1 -8.15   multiple slow drips 

D3 12/9/10 -50.9 -7.90 4   

D4 12/9/10 -45.8 -7.45   multiple slow drips 

D5 12/9/10 -44.8 -7.15 5 
near D4 and stal TM6 

(pool) 

D6 12/9/10 -49.1 -8.15   multiple slow drips 

D7 12/9/10 -52.8 -8.16 3   

D8 12/9/10 -53.4 -8.29     

D1 (SAI) 1/3/11 -57.8 -8.6 12 collected by Mr. Sai 

D2 (SAI) 1/3/11 -56.8 -8.5   collected by Mr. Sai 

D1 (SAI) 2/2/11 -55.8 -8.5 9 collected by Mr. Sai 

D2 (SAI) 2/2/11 -59.3 -8.5   collected by Mr. Sai 

D1 (SAI) 3/4/11 -54.7 -7.9 7 collected by Mr. Sai 

D2 (SAI) 3/4/11 -57.8 -8.3   collected by Mr. Sai 

D1 (SAI) 4/2/11 -57.8 -8.4 6 collected by Mr. Sai 

D2 (SAI) 4/2/11 -59.7 -8.7   collected by Mr. Sai 

D1 (SAI) 5/2/11 -57.0 -8.6 6 collected by Mr. Sai 

D2 (SAI) 5/2/11 -58.6 -8.6   collected by Mr. Sai 

D1 (SAI) 6/3/11 -54.3 -8.0 8 collected by Mr. Sai 

D2 (SAI) 6/3/11 -59.1 -8.8   collected by Mr. Sai 

D1 (SAI) 7/2/11 -58.1 -8.6 7 collected by Mr. Sai 

D2 (SAI) 7/2/11 -60.1 -8.6   collected by Mr. Sai 

D1 (SAI) 8/4/11 -55.7 -8.1 10 collected by Mr. Sai 

D2 (SAI) 8/4/11 -56.0 -8.2   collected by Mr. Sai 

D1 (SAI) 9/3/11 -57.4 -8.6 12 collected by Mr. Sai 

D2 (SAI) 9/3/11 -60.3 -8.5   collected by Mr. Sai 

D1 (SAI) 10/2/11 -54.5 -8.2 20 collected by Mr. Sai 

D2 (SAI) 10/2/11 -59.5 -8.6   collected by Mr. Sai 

D1 (SAI) 11/4/11 -58.3 -8.7 20 collected by Mr. Sai 



 

 
 
 

151 

D2 (SAI) 11/4/11 -59.8 -8.5   collected by Mr. Sai 

D1 (SAI) 12/3/11 -57.6 -8.5 15 collected by Mr. Sai 

D2 (SAI) 12/3/11 -59.9 -8.6   collected by Mr. Sai 

D6-7 1/15/13 -51.6 -7.9   
Mix from 2010 sites, 

isotopes and TM 

D1-3a 1/15/13 -42.2 -6.6   
Mix from 2010 sites, 

isotopes only 

D1-3b 1/15/13 -54.3 -8.2 2 
 from near stalagmite, 

isotopes only (picture?) 

D1-3c 1/15/13 -53.1 -8.0 3 

from near D1-3b 

(picture); isotopes and 

TM 

D1-3d 1/15/13 -47.4 -7.3 3 
Isotopes and TM; same 

for mix one D1-3a?) 

D10a 1/16/13 -54.8 -8.3 >100 

 Lg. stal; 3 L Th sample; 

small for isotopes and 

TM  

D10b 1/16/13 -54.6 -8.0 60 

14C/microbe, isotopes & 

TM. Also on lg. stal. 

Next to D10c? 

TM-

DripBottomMix_1 
2/27/15 -55.8 -8.1   multiple slow drips 

TM-

DripBottomMix_2 
2/27/15 -43.5 -6.7   multiple slow drips 

TM-DI-3 2/26/15 -44.6 -7.5   multiple slow drips 

TM-DI-3b 2/26/15 -42.4 -6.1   multiple slow drips 

TM-DI-3c 2/26/15 -57.1 -8.0 3   

TM-D6-7a 2/27/15 -48.3 -7.6   multiple slow drips 

TM-D6-7b 2/27/15 -57.9 -8.2   multiple slow drips 

TM-D10 2/27/15 -54.9 -8.0 60   

TM-D10_fast 2/28/15 -56.5 -8.1   steady stream 

TM-D4 2/26/15 -53.8 -8.1 2   

TM-D4b 2/28/15 -47.3 -7.2   multiple slow drips 

TM-D1a 2/20/17 -51.0 -7.7   multiple slow drips 

TM-D1b 2/20/17 -53.2 -8.1   multiple slow drips 

TM-D1-3a 2/20/17 -47.9 -7.2   multiple slow drips 

TM-D4a 2/20/17 -54.4 -8.1   multiple slow drips 

TM-D4d 2/20/17 -54.9 -8.1 4 
single drip - Andrea's 

hole 

TM-D4e 2/20/17 -51.6 -7.9   multiple slow drips 

TM-D6-7 2/20/17 -51.4 -7.8   multiple slow drips 

TM-D6-7b 2/20/17 -48.7 -7.4   multiple slow drips 
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TM-D10a 2/20/17 -58.6 -8.6   
faster D10 drip - steady 

stream 

TM-D10b 2/20/17 -55.7 -8.3   slower fast drip 

  -53.94 -8.05   

  4.83 0.56   

 

 

Table B.2. TM Cave Ca2+ monitoring data from 2013, 2015, and 2017. Estimates are based on 

inductively-coupled mass spectrometry counts per second: normalized to standard (during run) 

and multiplied by standard concentrations.  

Year Sample [Ca] ppb [Ca] ppm 

2013 TM-P1-3a 67,240 67.2 

2013 TM-P1-3b 46,211 46.2 

2013 TM-D1-3c 25,179 25.2 

2013 TM-D1-3d 30,763 30.8 

2013 TM-D6-7 29,406 29.4 

2013 TM-D10a 29,231 29.2 

2013 TM-D10b 29,649 29.6 

2013 TM-P1-3b-DUP 43,884 43.9 

        

2015 TM-2015-D1-3c 22,987 23 

2015 TM-2015-D4-i 29,562 29.6 

2015 TM-2015-D4-ii 31,404 31.4 

2015 TM-2015-D4b 28,703 28.7 

2015 TM-2015-D6-7 30,742 30.7 

2015 TM-2015-D10-i 35,557 35.6 

2015 TM-2015-D10-ii 30,372 30.4 

2015 TM-2015-D10-iii 49,832 49.8 

2015 TM-2015-DripBot 29,293 29.3 

2015 TM-2015-Steam 32,515 32.5 

        

2017 TM17-1-3a 41,466 41.5 

2017 TM17-D4a 60,202 60.2 

2017 TM17-D4d 51,407 51.4 

2017 TM17-D4e 38,974 39 

2017 TM17-D6-7 52,906 52.9 

2017 TM17-D10a 47,493 47.5 

2017 TM17-D10b 37,658 37.7 

2017 TM17-D17 44,088 44.1 

2017 TM17-D17-DUPd50 39,004 39 
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2017 TM17-River 49,318 49.3 
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Table B.3. TM Cave monitoring data from 2010-2017. Bolded results represent averaged values collected from further back in the 

cave (Drip sites>D5).  

Date (s) Location pH Alk. (ppm) 

Water 

Temp. (°C) 

Air Temp 

(°C) RH (%) 

pCO2 

(ppm) Notes  

12/9/10 D3 8.33 260 20.6         

12/9/10 D7 7.47 280 21.4         

1/15/13 D2       19.92 95 500 

close to entrance, just after 

crawl 

1/15/13 D10 8.27 96 22.8 22   580   

2/25/15 D6-D7       20.5 95.4 630 

 CO2 from Vaisala (new, 

better probe) 

2/25/15 D6-D7           630 CO2 from LiCOR 

2/25/15 D3       20.1 93.8     

2/27/15 D10 8.34 156 22.2         

2/27/15 D10 8.37   22         

2/20/17 D1       19.6 92.9     

2/20/17 D10 8.2 179   22 93   Alk. Is average, s.d. 9, n=4 

2/20/17 cave stream 8.4 144 21.4         

                  

  average 8.2 185.8 21.7 20.7 94 585   

  sd 0.3 70.9 0.8 1.1 1.1 61.4   

                  

>D5 average 8.295 192 22.1 21.5 94.2 613.3   

  sd 0.1 44.6 0.6 0.9 1.7 28.9   
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Figure B.1. Drip water counts recorded by a Driptych drip logger placed near the balcony on which Stalagmite TM-17 was collected. 

Data shown is from /25/2015 to 2/26/2016. The annual average was ~224 counts/hour or ~3.7 counts/minute. Note the clear seasonal 

variability, in which the rapid increase around July is coincident with rainy season and followed by exponential decay.  
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Appendix C 

Preliminary Stalagmite TM-19 Age Model and Stable Isotope Record 

 

The following material is preliminary work and data that was completed during my 

tenure as a graduate student. Stalagmite TM-19 was collected in 2013 from Tham Doun Mai 

Cave in the same field work expedition during which TM-17 was collected. Low-resolution 

sampling for stable isotope analyses were completed in 2015 (Table C.1) and the U-Th dates 

were obtained in 2013 and 2015 through collaborations at the University of Oxford, UK (Table 

C.2). Much of the imprecision in the ages obtained in 2013 were initially attributed to relatively 

large 230Th blank correction. However, additional analyses conducted in 2015 at the same depths 

found that these samples appear to have high initial thorium, which can be corrected with a 

reasonable 230Th/232Th ratio. Through tweaking of the initial Th correction, it was confirmed that 

it is entirely possible that stalagmite TM-19 was actively growing when collected in 2013. The 

initial 230Th/232Th ratio required to support this is similar to the initial ratio measured in a modern 

glass plate calcite from TM Cave. After establishing upper and lower limits of initial 230Th/232Th 

to ensure the ages laid in proper stratigraphic order, the ages were calculated with more 

appropriate uncertainties from the initial Th correction. The youngest sample (TM-19_U2-D) is 

considered “out of range”, since it is indistinguishable from the future based on realistic error 

limits (Table C.1).  

It is important to note that due to the large uncertainty on the initial Th value, the upper 3 

ages suggest they are not very useful for constraining the age model. Given these complications 

with the U-Th age, future work should involve building the TM-19 age model off of layer 

counting and further constrain the laminae counting age model with the U-series age model. 
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Similar to stalagmite TM-17, synchrotron images were completed for TM-19 through 

collaborations with the University of Newcastle, NSW, that show clear Sr annual laminae 

throughout. Sr laminations are noted to be much clearer compared to TM-17, which points to 

lower porosity and higher growth rate of TM-19. Preliminary work by Andrea Borsato was 

completed for the topmost 51 mm. TM-19 exhibits annual cycles in Sr, but in other areas the 

signal is blurred. Preliminary fast automated laminae counting for the entire section was done but 

revealed about 450 less years than the revised age model based on the U-Th ages. It is possible 

there may be a slight mismatch of the depths from top, since two different pieces of the 

stalagmite were used for the synchrotron scans and the U-Th ages. Some parts of the synchrotron 

maps have strong high-Sr bands, which may be representative of condensed intervals and/or 

short hiatuses. Dry periods associated with possible interruptions of the drip rate correspond with 

anomalously high Sr concentrations. Thus, it is possible that the automated counting is missing 

several years to decades for every episode and account for the missing laminae numbers in the 

count. Additional laminae counting through manual visual approaches are necessary to create a 

more robust laminae counting age model that aligns with the U-Th ages. Finally, micromilled 

power for radiocarbon analyses to test for the 14C may further constrain the TM-19 age model.  
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Table C.1. U-Th concentrations, isotope ratios, and calculated ages for TM-19. Uncertainties are 

2σ. Half-lives are those of Cheng et al. (2013). All ages are relative to 1950 CE. Corrected ages 

assume the initial 230Th/232Th atomic ratio of 2.5 ±4.7 x 10-6. The activity ratios are indicated by 

parentheses. TM-19 U2-D age is not resolvable from future. 

 

  

Table C.2. Summary of TM-19 stable isotope measurements.  

Sample Name Depth(mm) δ13C (‰) δ18O (‰) 

TM19B-1 0 -12.25 -9.18 

TM19B-2 0.25 -12.3 -9.14 

TM19B-3 0.5 -12.03 -9.45 

TM19B-4 0.75 -11.96 -9.33 

TM19B-5 1 -11.94 -9.33 

TM19B-6 1.25 -11.87 -9.18 

TM19B-7 1.5 -11.39 -9.11 

TM19B-8 1.75 -11.81 -8.8 

TM19B-9 2 -11.86 -8.83 

TM19B-10 2.25 -11.7 -9.15 

TM19B-11 2.5 -11.22 -9.37 

TM19B-12 2.75 -11.09 -9.24 

TM19B-13 3 -11.41 -9.35 

TM19B-14 3.25 -11.76 -9.48 

TM19B-15 3.5 -12.01 -9.51 

TM19B-16 3.75 -11.96 -9.41 

TM19B-17 4 -12 -9.5 

TM19B-18 4.25 -11.98 -9.3 

TM19B-19 4.5 -11.67 -9.23 

TM19B-20 4.75 -11.64 -8.96 
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TM19B-21 5 -11.39 -8.97 

TM19B-22 5.25 -10.92 -8.87 

TM19B-23 5.5 -11.18 -9.25 

TM19B-24 5.75 -11.08 -9.23 

TM19B-25 6 -11.43 -9.38 

TM19B-26 6.25 -11.69 -9.15 

TM19B-27 6.5 -11.78 -9.19 

TM19B-28 6.75 -11.7 -9.11 

TM19B-29 7 -11.55 -9.11 

TM19B-30 7.25 -11.48 -9.2 

TM19B-31 7.5 -11.38 -9.27 

TM19B-32 7.75 -11.79 -9.37 

TM19B-33 8 -11.4 -9.31 

TM19B-34 8.25 -11.46 -9.06 

TM19B-35 8.5 -11.58 -9.24 

TM19B-36 8.75 -11.54 -9.22 

TM19B-37 9 -11.38 -9.42 

TM19B-38 9.25 -11.64 -9.43 

TM19B-39 9.5 -11.69 -9.51 

TM19B-40 9.75 -11.07 -9.49 

TM19B-41 10 -11.15 -9.63 

TM19B-42 10.25 -10.75 -9.23 

TM19B-43 10.5 -10.76 -9.53 

TM19B-44 10.75 -11.22 -9.63 

TM19B-45 11 -12.46 -10.07 

TM19B-46 11.25 -11.85 -9.79 

TM19B-47 11.5 -11.88 -9.7 

TM19B-48 11.75 -10.92 -9.43 

TM19B-49 12 -10.66 -9.43 

TM19B-50 12.25 -10.73 -8.87 

TM19B-51 12.5 -11.09 -8.93 

TM19B-52 12.75 -11.71 -9.03 

TM19B-53 13 -11.32 -9.05 

TM19B-54 13.25 -11.52 -9 

TM19B-56 13.75 -11.07 -8.86 

TM19B-58 14.25 -10.98 -8.97 
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TM19B-59 14.5 -11.3 -9.44 

TM19B-60 14.75 -11.22 -9.28 

TM19B-61 15 -11.62 -9.23 

TM19B-62 15.25 -11.5 -9.33 

TM19B-63 15.5 -11.52 -9.34 

TM19B-64 15.75 -10.91 -9.1 

TM19B-65 16 -10.61 -9.04 

TM19B-66 16.25 -10.94 -9.34 

TM19B-67 16.5 -11.71 -9.58 

TM19B-68 16.75 -11.95 -9.36 

TM19B-69 17 -10.61 -9.16 

TM19B-70 17.25 -10.32 -9.05 

TM19B-71 17.5 -10.39 -9.15 

TM19B-72 17.75 -10.52 -9.25 

TM19B-74 18.25 -10.69 -9.55 

TM19B-75 18.5 -10.77 -9.23 

TM19B-76 18.75 -10.74 -9.25 

TM19B-78 19.25 -10.75 -9.41 

TM19B-79 19.5 -10.92 -9.59 

TM19B-80 19.75 -11.05 -9.64 

TM19B-81 20 -11.15 -9.44 

TM19B-82 20.25 -11.02 -9.29 

TM19B-84 20.75 -10.71 -9.36 

TM19B-85 21 -10.84 -9.39 

TM19B-86 21.25 -10.93 -9.6 

TM19B-87 21.5 -10.66 -9.54 

TM19B-88 21.75 -10.29 -9.52 

TM19B-89 22 -10.15 -9.36 

TM19B-90 22.25 -9.74 -9.02 

TM19B-91 22.5 -10.07 -9.08 

TM19B-92 22.75 -10.25 -9.27 

TM19B-93 23 -10.26 -9.43 

TM19B-94 23.25 -10.18 -9.27 

TM19B-95 23.5 -10.26 -9.23 

TM19B-96 23.75 -10.4 -9.4 

TM19B-98 24.25 -10.68 -9.23 
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TM19B-99 24.5 -11.01 -9.31 

TM19B-100 24.75 -10.77 -9.11 

TM19B-101 25 -10.8 -8.98 

TM19B-102 25.25 -10.8 -8.89 

TM19B-103 25.5 -10.91 -9.11 

TM19B-104 25.75 -10.62 -9.3 

TM19B-105 26 -10.62 -9.4 

TM19B-106 26.25 -10.9 -9.23 

TM19B-107 26.5 -10.82 -9.05 

TM19B-108 26.75 -10.81 -9.11 

TM19B-109 27 -11.09 -9.06 

TM19B-110 27.25 -11.31 -9.08 

TM19B-111 27.5 -11.49 -9.25 

TM19B-112 27.75 -11.4 -9.53 

TM19B-113 28 -11.19 -9.48 

TM19B-114 28.25 -10.74 -9.34 

TM19B-115 28.5 -10.45 -9.23 

TM19B-116 28.75 -10.21 -9.16 

TM19B-117 29 -10.11 -9.24 

TM19B-118 29.25 -10.75 -9.51 

TM19B-119 29.5 -10.04 -9.35 

TM19B-120 29.75 -9.78 -8.96 

TM19B-121 30 -9.67 -8.74 

TM19B-122 30.25 -9.75 -8.99 

TM19B-123 30.5 -10.07 -9.36 

TM19B-124 30.75 -10.74 -9.71 

TM19B-125 31 -10.92 -9.77 

TM19B-126 31.25 -10.6 -9.9 

TM19B-127 31.5 -10.7 -9.89 

TM19B-128 31.75 -10.65 -9.42 

TM19B-129 32 -10.66 -9.06 

TM19B-130 32.25 -11.13 -9.24 

TM19B-131 32.5 -10.87 -9.18 

TM19B-132 32.75 -10.57 -9.21 

TM19B-133 33 -10.44 -9.1 

TM19B-134 33.25 -10.82 -9.23 
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TM19B-135 33.5 -11.21 -9.61 

TM19B-136 33.75 -10.98 -9.49 

TM19B-137 34 -10.81 -9.47 

TM19B-138 34.25 -11.09 -9.58 

TM19B-139 34.5 -11.23 -9.52 

TM19B-140 34.75 -11.67 -9.44 

TM19B-141 35 -11.55 -9.59 

TM19B-142 35.25 -11.07 -9.21 

TM19B-144 35.75 -10.95 -9.21 

TM19B-145 36 -10.55 -9.26 

TM19B-146 36.25 -10.74 -9.27 

TM19B-147 36.5 -10.61 -9.29 

TM19B-148 36.75 -10.79 -9.78 

TM19B-149 37 -11.37 -10.02 

TM19B-150 37.25 -11.01 -9.99 

TM19B-151 37.5 -11.19 -10.15 

TM19B-152 37.75 -11.1 -9.66 

TM19B-153 38 -11.16 -9.52 

TM19B-154 38.25 -10.76 -9.3 

TM19B-155 38.5 -11.02 -9.49 

TM19B-156 38.75 -10.51 -9.28 

TM19B-157 39 -10.7 -9.39 

TM19B-158 39.25 -11.35 -9.44 

TM19B-159 39.5 -10.52 -9.16 

TM19B-160 39.75 -9.35 -8.98 

TM19B-161 40 -10.15 -9.15 

TM19B-162 40.25 -10.9 -9.35 

TM19B-163 40.5 -10.56 -9.3 

TM19B-164 40.75 -10.13 -9.31 

TM19B-165 41 -9.82 -8.88 

TM19B-166 41.25 -10.29 -9.05 

TM19B-167 41.5 -10.28 -8.9 

TM19B-168 41.75 -11.04 -8.93 

TM19B-169 42 -10.5 -8.98 

TM19B-170 42.25 -10.97 -9.16 

TM19B-171 42.5 -11.46 -9.39 
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TM19B-172 42.75 -11.64 -9.4 

TM19B-173 43 -11.17 -8.84 

TM19B-174 43.25 -11.52 -9.2 

TM19B-175 43.5 -11.44 -9.27 

TM19B-176 43.75 -10.68 -8.97 

TM19B-177 44 -10.61 -8.69 

TM19B-178 44.25 -11.07 -9.08 

TM19B-179 44.5 -11.33 -9.2 

TM19B-180 44.75 -11.01 -9.28 

TM19B-181 45 -11.48 -9.38 

TM19B-182 45.25 -12.16 -9.55 

TM19B-183 45.5 -12.49 -9.84 

TM19B-184 45.75 -12.39 -9.59 

TM19B-185 46 -11.39 -9.22 

TM19B-186 46.25 -11.85 -9.11 

TM19B-187 46.5 -11.74 -9.19 

TM19B-188 46.75 -11.69 -9.27 

TM19B-189 47 -11.18 -9.26 

TM19B-190 47.25 -11.39 -9.43 

TM19B-191 47.5 -11.33 -9.22 

TM19B-192 47.75 -11.93 -9.55 

TM19B-193 48 -12.03 -9.57 

TM19B-194 48.25 -11.97 -9.56 

TM19B-195 48.5 -11.73 -9.11 

TM19B-196 48.75 -11.48 -9.18 

TM19B-197 49 -11.68 -9.14 

TM19B-198 49.25 -11.37 -9.15 

TM19B-199 49.5 -10.97 -9.21 

TM19B-200 49.75 -11.84 -9.76 

TM19B-201 50 -10.85 -9.23 

TM19B-202 50.25 -10.28 -9.13 

TM19B-203 50.5 -10.25 -8.93 

TM19B-204 50.75 -10.58 -9.21 

TM19B-205 51 -10.31 -9.13 

TM19B-206 51.25 -10.48 -8.99 

TM19B-207 51.5 -10.06 -8.89 
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TM19B-208 51.75 -10.34 -9.07 

TM19B-209 52 -10.17 -9.01 

TM19B-210 52.25 -10.14 -9.1 

TM19B-211 52.5 -10.04 -9.08 

TM19B-212 52.75 -10.27 -9.3 

TM19B-213 53 -10.26 -9.23 

TM19B-214 53.25 -10.33 -9.38 

TM19B-215 53.5 -10.4 -9.45 

TM19B-216 53.75 -10.92 -9.86 

TM19B-217 54 -10.54 -9.61 

TM19B-218 54.25 -10.26 -9.4 

TM19B-219 54.5 -10.25 -9.36 

TM19B-220 54.75 -10.43 -9.23 

TM19B-221 55 -10.1 -8.98 

TM19B-222 55.25 -10.31 -9.16 

TM19B-223 55.5 -10.08 -9.31 

TM19B-224 55.75 -10.01 -9.43 

TM19B-225 56 -10.01 -9.34 

TM19B-226 56.25 -10.34 -9.53 

TM19B-227 56.5 -10.72 -10.09 

TM19B-228 56.75 -10.35 -9.31 

TM19B-229 57 -10.04 -9.06 

TM19B-230 57.25 -10.18 -9.17 

TM19B-231 57.5 -10.37 -9.1 

TM19B-232 57.75 -10.41 -9.11 

TM19B-233 58 -10.06 -8.82 

TM19B-234 58.25 -10.01 -8.94 

TM19B-235 58.5 -10.03 -9.01 

TM19B-236 58.75 -10.08 -8.93 

TM19B-237 59 -9.87 -8.85 

TM19B-238 59.25 -9.79 -9.14 

TM19B-239 59.5 -9.44 -9.1 

TM19B-240 59.75 -9.7 -8.87 

TM19B-241 60 -9.78 -8.69 

TM19B-242 60.25 -10.37 -8.84 

TM19B-243 60.5 -10.17 -8.91 
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TM19B-244 60.75 -10.5 -9.1 

TM19B-245 61 -10.74 -9.38 

TM19B-246 61.25 -11.17 -9.5 

TM19B-247 61.5 -10.84 -9.47 

TM19B-248 61.75 -10.98 -9.18 

TM19B-249 62 -11.32 -9.58 

TM19B-250 62.25 -11.21 -9.3 

TM19B-251 62.5 -11.2 -9.5 

TM19B-252 62.75 -11.69 -9.54 

TM19B-253 63 -11.2 -9.59 

TM19B-254 63.25 -11.42 -9.46 

TM19B-255 63.5 -11.13 -9.62 

TM19B-256 63.75 -11.65 -9.76 

TM19B-257 64 -11.37 -9.71 

TM19B-258 64.25 -11.45 -9.69 

TM19B-259 64.5 -11.53 -9.76 

TM19B-260 64.75 -11.37 -9.72 

TM19B-261 65 -11.41 -9.78 

TM19B-262 65.25 -11.72 -9.83 

TM19B-263 65.5 -11.31 -9.54 

TM19B-264 65.75 -11.6 -9.65 

TM19B-265 66 -11.44 -9.52 

TM19B-266 66.25 -11.68 -9.52 

TM19B-267 66.5 -11.4 -9.41 

TM19B-268 66.75 -11.32 -9.46 

TM19B-269 67 -11.53 -9.59 

TM19B-270 67.25 -10.9 -9.43 

TM19B-271 67.5 -11.22 -9.55 

TM19B-272 67.75 -10.7 -9.45 

TM19B-273 68 -11.33 -9.65 

TM19B-274 68.25 -11.22 -9.56 

TM19B-275 68.5 -11.35 -9.73 

TM19B-276 68.75 -11.45 -9.71 

TM19B-277 69 -11.21 -9.51 

TM19B-278 69.25 -11.28 -9.58 

TM19B-279 69.5 -11.24 -9.74 
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TM19B-280 69.75 -11.02 -9.6 

TM19B-281 70 -10.8 -9.69 

TM19B-282 70.25 -11.56 -9.81 

TM19B-283 70.5 -12.11 -9.99 

TM19B-284 70.75 -11.34 -9.44 

TM19B-285 71 -11.7 -9.64 

TM19B-286 71.25 -11.63 -9.71 

TM19B-287 71.5 -11.69 -9.66 

TM19B-288 71.75 -11.48 -9.46 

TM19B-289 72 -11.86 -9.64 

TM19B-290 72.25 -11.7 -9.62 

TM19B-291 72.5 -11.68 -9.7 

TM19B-292 72.75 -11.92 -9.63 

TM19B-293 73 -11.72 -9.67 

TM19B-294 73.25 -11.81 -9.84 

TM19B-295 73.5 -11.45 -9.79 

TM19B-296 73.75 -11.45 -9.71 

TM19B-297 74 -11.26 -9.71 

TM19B-298 74.25 -11.26 -9.71 

TM19B-299 74.5 -11 -9.66 

TM19B-300 74.75 -11.11 -9.69 

TM19B-301 75 -11 -9.66 

TM19B-302 75.25 -11.01 -9.76 

TM19B-303 75.5 -10.76 -9.75 

TM19B-304 75.75 -10.71 -9.69 
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