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Global Biogeochemical Cycles

Formation and Maintenance of the GEOTRACES
Subsurface-Dissolved Iron Maxima in an Ocean
Biogeochemistry Model

Anh L. D. Pham1 and Takamitsu Ito1

1School of Earth and Atmospheric Sciences, Georgia Institute of Technology, Atlanta, GA, USA

Abstract Recent GEOTRACES transects revealed basin-scale patterns of dissolved iron in the global
oceans, providing a unique opportunity to test numerical models and to improve our understanding
of the iron cycling. Subsurface maxima of dissolved iron in the upper ocean thermocline are observed
in various transects, which can play an important role in regulating marine productivity due to their
proximity to the surface euphotic layer. An ocean biogeochemistry model with refined parameterizations
of iron cycling is used to examine the mechanisms controlling the formation and maintenance of these
subsurface maxima. The model includes the representation of three iron sources including dust deposition,
continental shelves, and hydrothermal vents. Two classes of organic ligands are parameterized based
on the dissolved organic matter and apparent oxygen utilization. Parameterizations of particle-dependent
scavenging and desorption are included. Although the model still struggles in fully capturing the observed
dissolved iron distribution, it starts reproducing some major features, especially in the main thermocline.
A suite of numerical sensitivity experiments suggests that the release of scavenged iron associated with
sinking organic particles forms the subsurface-dissolved iron maxima in high-dust regions of the Indian and
Atlantic Oceans. In low-dust regions of the Pacific basin, the subsurface-dissolved iron extrema are
sustained by inputs from the continental shelves or hydrothermal vents. In all cases, subsurface ligands
produced by the remineralization of organic particles retain the dissolved iron and play a central
role in the maintenance of the subsurface maxima in our model. Thus, the parameterization of subsurface
ligands has a far-reaching impact on the representation of global iron cycling and biological productivity
in ocean biogeochemistry models.

1. Introduction

The micronutrient iron (Fe) limits the biological productivity of about half of the world’s oceans including the
subpolar Pacific, the equatorial Pacific, and the Southern Ocean, thereby influencing the marine ecosystems
and global carbon cycle (Boyd & Ellwood, 2010; Moore et al., 2013). For this reason, processes driving the ocean
Fe cycling have been studied intensely over past decades. Oceanic Fe cycling is distinct from those of other
nutrients because of the extremely low concentration of dissolved Fe (dFe) and the involvement of diverse
and complex array of processes. In the oxygenated seawater, Fe mostly exists as ferric (Fe(III)) species with the
solubility at a subnanomolar level (Liu & Millero, 2002) and thus rapidly precipitates to form colloidal Fe oxides
(Wu et al., 2001). The very low concentration of dFe has made it difficult to accurately determine its global
distribution. At the same time, the diverse source and sink processes and their interactions pose a significant
modeling challenge. Ocean biogeochemistry models integrate these mechanisms and their interactions in
the context of the global ocean circulation and have indeed provided important insights, but the models
still show significant biases (Tagliabue et al., 2016, 2017). The existence of significant model biases indicates
problems in the current parameterizations of Fe cycling and the quantification of Fe sources and sinks.

There are several sources of Fe to the ocean including atmospheric deposition (Duce & Tindale, 1991; Jickells
et al., 2005), continental shelves (Elrod et al., 2004; Johnson et al., 1999), and hydrothermal vents (Fitzsimmons
et al., 2014; Resing et al., 2015; Tagliabue et al., 2010). There are also multiple processes removing Fe from
the seawater such as biological uptake (Sunda, 2012), precipitation, and scavenging onto organic and inor-
ganic particles (Dutay et al., 2015; Jackson & Burd, 2015). Furthermore, Fe can take many different forms in the
water column. As stated earlier, ferric (Fe(III)) species, the primary form of Fe in the seawater, has the solubility
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at a subnanomolar level and thus quickly precipitates. Fe can also be bound to marine particles either through
the biological incorporation or scavenging process (Revels et al., 2015). The particle-bound Fe, referred to
as particulate Fe, can aggregate and gravitationally sink through the water column (Fowler & Knauer, 1986;
Jeandel et al., 2015). Some of the sinking particulate Fe can return to dissolved form through desorption and
particle remineralization (Boyd et al., 2000). Remineralized Fe can be scavenged again or be transported back
to the surface via upwelling and vertical mixing (Tagliabue, Sallee, et al., 2014). However, dFe can be protected
from scavenging and precipitation by forming complexes with organic ligands (Macrellis et al., 2001; van den
Berg, 1995). The crucial role of organic ligands in protecting dFe was first demonstrated by Rue and Bruland
(1995), who showed that the majority of dFe in seawater (∼99%) is bound to ligands. Recent observational
and experimental studies further confirmed the vital role of ligands by showing that marine bacteria produces
ligands to facilitate the retention and biological uptake of dFe (Buck et al., 2010; Kustka et al., 2015; Rue &
Bruland, 1995).

There is an emerging opportunity to improve our understanding of these processes as quality-controlled Fe
data set is rapidly expanding along the GEOTRACES transects (Mawji et al., 2015). These transects confirmed
the existence of subsurface dFe extrema as a prominent feature in many parts of the oceans, which was
first discovered by Johnson et al. (1997) through various vertical Fe profiles in the Pacific, North Atlantic, and
Southern Oceans. A common pattern of dFe maxima has been observed by GEOTRACES cruises in the main
thermocline (300-1,000 m) as well as in the deep waters (>2,000 m) of various ocean basins. The thermocline
dFe maxima are likely formed by the release of Fe from remineralization processes (Nishioka et al., 2013; Noble
et al., 2012; Rijkenberg et al., 2014) and/or by the external Fe sources (Nishioka & Obata, 2017; Resing et al.,
2015). The deep (>2,000 m) dFe maxima are likely associated with hydrothermal sources (Nishioka et al., 2013;
Resing et al., 2015). This study will focus on the middepth dFe maxima embedded in the main thermocline
due to their proximity to the surface euphotic layer with a potential to influence biological productivity. The
upwelling of thermocline waters can be an important source of dFe to the marine phytoplankton, especially
for the Fe-limited upwelling regions (Tagliabue, Sallee, et al., 2014).

The objective of this study is twofold. First, we aim to test the ability of an ocean biogeochemistry model
to reproduce the subsurface dFe maxima observed in the new GEOTRACES transects. The model includes a
number of refinements in the Fe cycle parameterizations including two classes of spatially varying organic lig-
ands, scavenging onto and desorption from organic and inorganic particles, and inputs from external sources.
Second, we aim to better understand the mechanisms supporting the formation and maintenance of the
subsurface dFe maxima through a suite of sensitivity experiments. We purposefully turn off the Fe cycling
parameterizations one at a time. The importance of a specific mechanism is inferred from the disruption in
the dFe distribution caused by its removal from the model, indicating its contribution to the model’s ability
to reproduce the observed dFe distribution.

We specifically examine parameterizations controlling the transformation of Fe between dissolved and par-
ticulate pool via scavenging, desorption, and remineralization mediated by the presence of organic ligands.
Organic ligands bind with dFe and prevent it from being scavenged onto marine particles, thus playing central
roles in the retention of Fe in the dissolved pool (Hutchins & Boyd, 2016). The sources, sinks, and molecu-
lar identities of organic ligands are not yet fully understood (Hassler et al., 2017), and the parameterizations
of organic ligands in ocean biogeochemistry models still have significant uncertainty. While there can be
many different types of ligands in the oceans (Hunter & Boyd, 2007), existing measurements often simply
define two discrete ligand classes based on their distribution and binding strength with dFe measured by
the conditional stability constant Kn: a stronger, surface ligand (L1) and a weaker, subsurface ligand (L2). Sev-
eral approaches have been taken to represent ligands in ocean biogeochemistry models. Earlier generations
of models assumed a spatially homogeneous single ligand by either limiting the scavenging at a constant
threshold (Archer & Johnson, 2000) or explicitly resolving the local partitioning of free and ligand-bound Fe
(Parekh et al., 2005). Subsequent development included the spatially variable ligand distribution, often by link-
ing it to the pattern of dissolved organic matter and/or apparent oxygen utilization (AOU; Misumi et al., 2013;
Tagliabue & Völker, 2011). The uncertainties in the representation of ligands can lead to biases in the model
dFe distribution (Tagliabue et al., 2016). However, observational techniques to identify Fe-ligand complex are
being improved (Boiteau & Repeta, 2015) and the data coverage for organic ligands is expanding in recent
years (Buck et al., 2015; Gerringa et al., 2015), providing an opportunity to improve ligand parameterizations.
A recent modeling study by Völker and Tagliabue (2015) explicitly simulated a single ligand as a prognostic
variable by representing its sources and sinks. While it requires specifications of the ligand sources and sinks
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Global Biogeochemical Cycles 10.1029/2017GB005852

that are still uncertain, the inclusion of a prognostic ligand clearly improved the subsurface dFe distribution
in ocean biogeochemistry models (Tagliabue et al., 2016). This study takes a relatively simple approach where
ligands are parameterized based on calibrating empirical coefficients against the available observations. The
parameterization itself is not new; we aim to keep the algorithm as simple as possible while still capturing the
essential mechanisms as demonstrated by earlier studies (Misumi et al., 2013; Tagliabue & Völker, 2011). This
approach is simple to implement and delivers spatially resolved representation of organic ligands and thus
can be easily manipulated in the sensitivity experiments.

The paper is organized as follows. In section 2, we describe the model configuration and set up the experi-
mental design. In sections 3 and 4, we present results of sensitivity experiments. In section 5, we summarize
and discuss the implication of these results.

2. Model Configuration and Experimental Design

The ocean biogeochemistry model used in this study is based on the Massachusetts Institute of Technol-
ogy general circulation model (Marshall, Adcroft et al., 1997; Marshall, Hill et al., 1997), configured for a
global bathymetry in a 1∘ × 1∘ longitude-latitude grid and 23 nonuniform vertical z levels. At this resolu-
tion, mesoscale eddies are parameterized using the isopycnal tracer and thickness diffusion scheme (Gent
& Mcwilliams, 1990; Redi, 1982; Solomon, 1971) and the mixed-layer processes are parameterized using the
K-Profile Parameterization scheme (Large et al., 1994). The model is run offline, using the climatological
monthly circulation fields taken from the Estimating the Circulation and Climate of the Ocean product version
3 (Wunsch & Heimbach, 2007). The biogeochemical component of the model is modified from Parekh et al.
(2005, hereafter P05) and Dutkiewicz et al. (2005, hereafter D05), which carries dissolved inorganic carbon,
alkalinity, phosphate (PO3−

4 ), dissolved organic phosphorus (DOP), dFe, and oxygen (O2). Biological productiv-
ity is controlled by the availability of light and nutrients (PO3−

4 and dFe) using Monod function. There are some
notable differences in the parameterization of the Fe cycling relative to the earlier version of Massachusetts
Institute of Technology general circulation model in P05 and D05. In this study, the biological Fe uptake in the
subarctic Pacific and Southern Oceans can be varied as a function of the dFe concentration, which represents
the luxury Fe uptake of diatoms in these regions where silica is abundant (Ingall et al., 2013). In addition, we
include three external sources of dFe (atmospheric deposition, continental shelves, and hydrothermal vents)
as opposed to only atmospheric deposition as in P05 and D05.

2.1. Atmospheric Dust Deposition
Atmospheric deposition of dFe under the preindustrial condition is obtained from recent modeling studies,
which employed the three-dimensional atmospheric chemical transport model GEOS-Chem coupled with a
comprehensive dust-Fe dissolution scheme (Ito et al., 2016; Johnson & Meskhidze, 2013). The solubility of dust
Fe is spatially varying. The majority of the deposited dust Fe is likely in the insoluble form especially in the
high-dust region. Ocean biogeochemistry models tend to overestimate the surface dFe concentration under
high-dust regions in the Indian and tropical Atlantic Oceans if a uniform solubility is used (Tagliabue et al.,
2016). Thus, we manipulate the solubility of dust Fe for these regions, reducing it by 2 orders of magnitude.
We acknowledge the limitation of this approach and are aware of a new approach from Ye and Völker (2017)
by explicitly solving for lithogenic particles; however, there is still large uncertainty in the dissolution kinet-
ics of particulate dust Fe (Mahowald et al., 2009) and in the magnitude of dust deposition itself (Anderson
et al., 2016).

2.2. Shelf Sediments
The input of dFe from seafloor sediments is calculated by following Moore and Braucher (2008). The
essence of this parameterization is to represent the release of Fe from unresolved continental shelves in the
coarse-resolution ocean model. To do so, we first estimate the biological productivity over the continental
shelves using remotely sensed ocean color data (Behrenfeld & Falkowski, 1997). Second, we calculate the
e-ratio as a function of total productivity and sea surface temperature, following Laws et al. (2011), and assume
a parameterized remineralization profile below the euphotic layer (Martin et al., 1987) to estimate the sink-
ing organic flux at the depths of continental shelves using the ETOPO2 (2-min global ocean bathymetry). The
sedimentary dFe flux is then calculated and mapped onto the coarse-resolution model grid points based on
a ratio with the organic carbon flux (Elrod et al., 2004). Using the World Ocean Atlas oxygen data (Garcia &
Gordon, 1992), this ratio is set to 0.68 × 10−3, which is the same as in Elrod et al. (2004), for the low-oxygen
waters ([O2] < 30 μM) but is reduced by 1 order of magnitude for well-oxygenated regions ([O2] > 30 μM).
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Global Biogeochemical Cycles 10.1029/2017GB005852

2.3. Hydrothermal Vents
The hydrothermal dFe flux is scaled with 3He flux, following Tagliabue et al. (2010) with some modifications.
Previous work reported the mismatches of hydrothermal dFe signals between state-of-the-art Fe biogeo-
chemistry models and observations (Tagliabue et al., 2016; Tagliabue & Resing, 2016), especially along the
slow-spreading ridges (Saito et al., 2013). The coefficient relating the hydrothermal dFe to 3He fluxes is unlikely
a uniform constant; thus, we vary it for different ocean basins. The same ratio as in Tagliabue et al. (2010) is
used for the Southern Ocean but is increased by a factor of 80 in the Atlantic Ocean as suggested by Saito
et al. (2013) and by a factor of 10 and 103 for the Indian and Pacific Oceans, respectively, to better match
observations (Nishioka et al., 2013; Resing et al., 2015).

2.4. Organic Ligands
Following previous studies by Tagliabue and Völker (2011, hereafter TV11) and Misumi et al. (2013, here-
after M13), we parameterize two ligand classes as functions of dissolved organic carbon (DOC) and AOU.
The two ligand classes (L1 and L2) have different binding strengths to the total free dFe in the seawater.
This is an improvement from the previous studies of P05 and D05 which uses a single, uniform organic lig-
and. Of the two ligands, L1 is considered to have a stronger binding strength (KL1 =1012 L/mol) and L2 has
a weaker binding strength (KL2 = 1011 L/mol). Based on previous studies, we assume that L1 is primarily
composed of the biologically produced siderophores with relatively high conditional stability constant (Adly
et al., 2015; Macrellis et al., 2001). L2 is assumed to be primarily composed of humics, which may be pro-
duced by the remineralization of the particulate organic matter (Laglera & van den Berg, 2009; Velasquez
et al., 2016; Vraspir & Butler, 2009). However, the binding strength for humic-like ligand is not certain, as
some studies suggested it to be weaker than 1011 L/mol (Gledhill & Buck, 2012). Based on these assump-
tions, we parameterize the spatial distributions of L1 and L2 as linear functions of DOC and AOU as shown in
equations (1) and (2).

L1 = 𝛼[DOClabile] (1)

L2 = 𝛾𝛽[AOU] + (1 − 𝛾)[L2refract] (2)

𝛼 is calibrated based on the observed surface ligand and labile DOC distributions along the GA02 western
Atlantic transect, where we assume the observed minimum DOC as the proxy for the labile component of
DOC (Gerringa et al., 2015; Middag et al., 2015; Salt et al., 2015). The empirical coefficients for L2 (𝛽 and 𝛾)
are calibrated by fitting to the observed ligand distribution along the GEOTRACES transects (Mawji et al.,
2015) in a least squares sense. In the model, DOClabile is represented in terms of DOP and is calculated as
DOClabile = RCPDOP, where RCP (set to 120) is the stoichiometric C:P ratio of the organic matter. DOP in the
model is generated by photosynthesis and has an e-folding decay timescale of 6 months. The mean mag-
nitude of DOClabile in our model is generally an order of magnitude smaller than the mean magnitude of
observed minimum DOC along the GA02 transect ((0.1 μM) versus (1 μM)); thus, we increase the magni-
tude of 𝛼 by a factor of 10 in order to reproduce the observed magnitude of L1. 𝛽 is calibrated based on the
observed subsurface ligand and AOU along two oceanic transects (the GA02 and GA03—subtropical North
Atlantic Ocean; Buck et al., 2015; Middag et al., 2015; Voelker et al., 2015). AOU is calculated from dissolved O2,
temperature, and salinity data (Garcia & Gordon, 1992). Parameterizing L2 in terms of AOU leads to an artificial
loss of ligand when the subsurface waters upwell to the surface and AOU decreases to zero on the timescale of
air-sea O2 exchange (∼1 month). Although the decay of AOU in the surface waters could be analogous to the
photochemical loss of ligands reported in a previous study (Barbeau et al., 2001), we acknowledge that it may
cause biases in the ligand parameterization. We also include L2refract as a constant background that represents
the highly refractory component of DOC (Hassler et al., 2011). It is important to note that this parameteri-
zation is fundamentally limited by the availability of observational data to calibrate the coefficients, and the
ligand parameters and formulations may need to be updated as more data become available in the future.
With these limitations in mind, two classes of spatially varying organic ligands are used to solve for the dFe
complex in the model. The binding of free Fe with the two ligand classes is solved iteratively as described in
the supporting information (S1).

2.5. Scavenging
The free Fe (Fe’) that is not bound to ligands is subject to scavenging losses by three mechanisms. First,
Fe’ can be scavenged onto particulate organic matter based on a first-order bulk scavenging rate following
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Parekh et al. (2005) and Galbraith et al. (2010). This scavenging process is parameterized as a function of the
concentration of the particulate organic matter and the Fe’ concentration

Feorg
scav = KorgC0.58

p [Fe′] (3)

where Korg is the rate constant and Cp is the particulate organic matter concentration. In this model, the con-
centration of particulate organic matter is not a prognostic variable and its vertical attenuation with depth is
crudely parameterized as a power function modified from Martin et al. (1987). Cp is diagnosed from the sinking
particle flux and its assumed sinking speed. The exponent of 0.58 follows the empirical study of Honeyman
et al. (1988).

Fe scavenged through this mechanism can be released back to the water column through the dissolu-
tion/remineralization of sinking organic particles (Boyd et al., 2010). The model calculates dFe released from
organic particles in two components: cellular Fe and scavenged Fe. Remineralization of cellular Fe is deter-
mined by the Martin curve and the Fe:P uptake ratio. Because of scavenging and dissolution processes, the
stoichiometric Fe:P ratio (RFeP) of organic particles can change along the sinking pathway. The model explic-
itly calculates the vertically variable RFeP by integrating the particulate Fe mass balance and determines the
vertical profile of Fe release from organic particles. A detailed description of this parameterization is provided
in the supporting information (S2).

Second, Fe’ can be scavenged onto inorganic particles, which are not produced by biological processes and
may have lithogenic origin (Boyd et al., 2010; Galbraith et al., 2010; Tagliabue, Aumont, et al., 2014). As in
Galbraith et al. (2010), the inorganic scavenging is parameterized as a first-order loss process with a rate
coefficient, Kinorg,

Feinorg
scav = Kinorg[Fe′] (4)

Elevated dust deposition enhances the inorganic scavenging process because of the increase in lithogenic
particle concentration under high dust deposition (Ye & Völker, 2017). Therefore, we scale the rate constant
by the dFe flux from atmospheric deposition. The scavenged Fe through this mechanism can also return to
the water column by desorption from sinking particles. This return dFe flux is calculated in the model from
the vertical profile of sinking inorganic scavenged Fe flux, which is represented by a power function with a
coefficient of −0.4.

Finally, another scavenging loss process represents the precipitation of Fe’ (Fitzsimmons et al., 2015;
Honeyman & Santschi, 1989). The solubility of Fe’ is very low in the oxygenated seawater (Liu & Millero, 2002);
therefore, the model removes the excess concentration of Fe’ that is beyond the Fe solubility, [Fe’max], set to
0.3 nM. We acknowledge the crude parameterization of this type of Fe’ loss, but it occurs only in a small frac-
tion of the model domain with an intense Fe deposition. In addition, another potential loss mechanism for
dFe by the coagulation of colloidal Fe (defined by the filter size usually between 0.02 and 0.2 μm), which is
termed colloidal pumping (Honeyman & Santschi, 1989; Tagliabue et al., 2016), is not yet represented in our
model. The model Fe cycling is schematically illustrated in supporting information Figure S1.

2.6. Experimental Design
The model was spun up for 1,000 years to achieve a quasi steady state with the standard set of parameters
(Full run). At the end of the spin-up, the model drifts in the global inventories of dFe (<0.01%/year) and the
biological carbon uptake (< 0.02%/year) are minimal. Six sensitivity experiments are initialized from the end
of the spin-up run with altered parameterizations and integrated for additional 1,000 years to reach new quasi
steady state. The purpose of these simulations is to evaluate the relative roles of organic ligands, scavenging,
remineralization processes, and external sources in regulating the ocean dFe cycling. The six experiments are
designed as follows.

1. constL run uses a uniform constant concentration for ligand (1 nM) with KL = 1011 mol/L.
2. constKL run uses the same conditional stability constant for L1 and L2 (set to 1011.5 mol/L).
3. Large ΔKL run uses increased difference in the conditional stability constants between L1 (set to 1013 mol/L)

and L2 (set to 1010 mol/L).
4. No Fe redissolution run suppresses the dissolution of scavenged Fe associated with organic particles.
5. Weak sed run reduces the shelf Fe source by 70%.
6. Weak hydro run reduces the hydrothermal Fe source by applying a uniform dFe/3He ratio as in Tagliabue

et al. (2010).
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The first three sensitivity runs will examine different aspects of the ligand parameterization. Comparing constL
and Full run will illustrate the importance of the nonuniform ligand distribution. In contrast, constK L and Large
ΔKL runs will show the importance of different binding strengths between the two types of ligand. The last
three runs will examine different sources of Fe to the water column. Scavenging of Fe’ onto particulate organic
matter is a major removal process of dFe, but the scavenged Fe can return to dissolved form in the deeper
waters when particles are remineralized. Thus, sinking organic particles can effectively transfer dFe downward
in the water column. In the No Fe redissolution run, this process is suppressed in order to assess the importance
of the coupled scavenging-dissolution process as a subsurface source of dFe. Other model parameters for Full
and sensitivity runs are provided in supporting information Table S1.

3. Mechanism Behind the Subsurface DFE Maxima

The annual mean of the last year output dFe distribution of the model is compared with observations in six
GEOTRACES transects: the GA02 (Figure 2, Rijkenberg et al., 2014), CoFeMUG (Figure 3, Noble et al., 2012;
Saito et al., 2013), GI04 (Figure 4, Nishioka et al., 2013), 02 (Figure 5, Nishioka & Obata, 2017), GP13 (Figure 6,
Ellwood et al., 2018), and GP16 (Figure 7, Resing et al., 2015). While comparing the annual mean dFe out-
put with GEOTRACES dFe data could lead to some mismatches due to large seasonal changes in surface
observations (Sedwick et al., 2005; Wu & Boyle, 2002), these comparisons can still give us insight on how our
model performs and improve our understanding of the subsurface dFe distributions. Observational dFe data
are obtained from the GEOTRACES 2017 intermediate data products (Mawji et al., 2015), and we used the
objective mapping method to interpolate model and observational dFe data onto the same grid which has
spatial resolution of 1∘ and vertical resolution of 10 m near the surface to 100 m at depth. More details on
the model-data comparison method are provided in the supporting information (S3). The surface model dFe
concentration is low in the subpolar North Pacific, the tropical Pacific, and the Southern Oceans and is high in
the tropical Atlantic and Indian Oceans because of their proximity to major dust sources (Figure 1).

The two transects covering the Atlantic basin reveal unique features of the dFe distribution that are distinct
from macronutrients. Specifically, dFe shows weak signature of major water masses likely due to the distinct
patterns of sources and sinks such as atmospheric deposition, continental shelves, and particle scavenging
(Rijkenberg et al., 2014).

The Indian Ocean transect displays a stark contrast in the dFe distribution between the tropical and subtropi-
cal waters (Figure 4a, Nishioka et al., 2013). The three Pacific basin transects display typical features of the dFe
distribution for high-nutrient low-chlorophyll regions. The low dFe concentration is ubiquitous at the surface
despite the high dFe levels in the subsurface and deep waters, which are supplied from the low-oxygen conti-
nental shelves and hydrothermal vents (Nishioka & Obata, 2017; Resing et al., 2015). All these transects show a
pattern of dFe maximum at around 300- to 1,000-m depth, typically near the oxygen minimum layer and thus
can be a signal of remineralization process (Nishioka et al., 2013; Noble et al., 2012; Rijkenberg et al., 2014). We
focus on the model-data comparison for the upper 1,000 m by expanding the depth from 0 to 1,000 m and
compressing the rest of the water column in Figures 2–7. While the model shows biases in dFe distribution,
some general features of the subsurface dFe maxima are reproduced, especially in the main thermocline.

3.1. Atlantic and Indian Oceans
The GA02 section maps the meridional dFe distribution along the western Atlantic basin (Rijkenberg et al.,
2014). The surface dFe enrichment around 20∘N and the strong dFe maximum around 300–1,000 m at 10∘N
are both reproduced in the Full run of the model (Figures 2a and 2b), but our model displaces the depth of
the subsurface dFe peak to a shallower depth than observed (∼400 m in the model versus ∼600-m depth in
the observation). Our model also underestimates the magnitude of the surface dFe at 20∘N about 0.4 nM. The
model also reproduces the elevated subsurface dFe observed at 35–40∘S but underestimates its magnitude
and somewhat displaces its location further south than observations. This feature, which is not captured by
most models analyzed in Tagliabue et al. (2016), might be explained by the dFe flux from shelves or the Rio de
la Plata River (Rijkenberg et al., 2014). Another model bias is in the subsurface waters around 40∘N, where our
model captures the observed dFe maximum from 400 to 1,000 m, but its extension is up to the surface, while
observed surface dFe is low. Several other models mentioned in Tagliabue et al. (2016) also have this problem,
and it may indicate bias in the scavenging scheme. Our model also fails to capture features of the hydrother-
mal signal in the deep ocean. Specifically, the modeled hydrothermal dFe signal seems to be displaced
and overestimated, especially around 2,000–3,000 m at 20–30∘S. Although the model exhibits some biases,
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Global Biogeochemical Cycles 10.1029/2017GB005852

Figure 1. Modeled (Full run) surface dFe distribution (black, red, yellow, green, blue, and magenta lines indicate cruise
tracks of GI04, GP02, GP13, GP16, GA02, and CoFeMUG cruises from GEOTRACES, respectively). dFe = dissolved Fe.

we find the overall results encouraging. With the inclusion of a relatively simple, spatially varying ligand
parameterization, the model starts to reproduce the observed subsurface dFe maxima at 10∘N and at
35–40∘S, which were not captured by Dutkiewicz et al. (2015) whose Fe cycling is based on the earlier version
of our model.

The mechanism behind the observed subsurface maxima is explored through six additional sensitivity exper-
iments. Figures 2–7 shows a subset of the sensitivity runs. The constL and No Fe rediss. runs, respectively,
suppress the release of ligand and scavenged Fe associated with organic particles. The Weak sed and Weak
hydro runs reduce the Fe input from continental shelves and hydrothermal vents, respectively. The subsur-
face maximum of dFe at 10∘N disappears in both constL and No Fe rediss. runs (Figures 2c and 2d), whereas
it almost stays intact in Weak sed and Weak hydro runs. Similarly, the subsurface-rich dFe water at 40∘N is
greatly decreased in the constL and No Fe rediss. runs but just slightly decreases in the other two experiments.
On the other hand, the elevated subsurface dFe at 35–40∘S is significantly reduced in constL, Weak sed, and
No Fe rediss runs. The Weak hydro experiment shows the decrease of dFe only in the deep ocean (Figure 2f )
where the hydrothermal dFe flux dominates. These results suggest that the remineralization sources of lig-
and and dFe are required to sustain the observed dFe subsurface maxima in the GA02 western Atlantic
transect. In addition, the shelf Fe source might be important for the subsurface dFe concentration in the
South Atlantic.

The CoFeMUG section maps the horizontal dFe distribution along the subtropical South Atlantic (Noble
et al., 2012; Saito et al., 2013). The subsurface dFe maximum around 300–800 m at 8–10∘E near the eastern
margin is captured in the Full run, but its magnitude is underestimated while its westward extension is over-
estimated (Figures 3a and 3b). This maximum is suggested to be associated with remineralization process
and/or sediment input from continental shelves (Noble et al., 2012). Our model cannot reproduce the ele-
vated hydrothermal dFe concentration around 3,000 m at 15∘W, and it generally underestimates the deep
dFe concentration along this transect. The mechanism behind the observed subsurface dFe maximum is
explored through four sensitivity experiments (Figures 3c–3f ). Similar to the GA02 transect, the subsurface
maximum of dFe disappears in both the constL (Figure 3c) and No Fe redis. (Figure 3d) runs. In the Weak sed
run, this feature is reduced in magnitude (Figure 3e). In the Weak hydro run, only the hydrothermal Fe signal
in the western part of the transect at 3,000 m is reduced (Figure 3f ). These results suggest that the observed
subsurface dFe maximum in the CoFeMUG subtropical South Atlantic transect is formed mostly by the simul-
taneous release of ligand and dFe from organic particles, with the sedimentary Fe flux acting as an additional
contributing factor.
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Global Biogeochemical Cycles 10.1029/2017GB005852

Figure 2. dFe distribution along the GA02 transect: (a) observations, (b) Full run, (c) ConstL run, (d) No Fe redissolution
run, (e) Weak sed run, and (f ) Weak hydro run. dFe = dissolved Fe.
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Global Biogeochemical Cycles 10.1029/2017GB005852

Figure 3. dFe distribution along the CoFeMUG transect: (a) observations, (b) Full run, (c) ConstL run, (d) No Fe
redissolution run, (e) Weak sed run, and (f ) Weak hydro run. dFe = dissolved Fe.
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Figure 4. dFe distribution along the GI04 transect: (a) observations, (b) Full run, (c) ConstL run, (d)No Fe redissolution run,
(e) Weak sed run, and (f ) Weak hydro run. dFe = dissolved Fe.
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Global Biogeochemical Cycles 10.1029/2017GB005852

The GI04 section maps the meridional dFe distribution in the Indian Ocean (Nishioka et al., 2013; Figure 4). The
model captures the pattern of upper ocean dFe distribution reasonably well in this region (Figures 4a and 4b).
Specifically, the model captures the strong meridional gradient of dFe centered at around 10∘S where the
tropical thermocline exhibits the highest dFe concentration. The model also reproduces the subsurface peak
of dFe in the north Arabian Sea (∼10∘N), but its amplitude and extension are overestimated. This feature
could be formed by remineralization and/or adjacent reducing sediments (Nishioka et al., 2013). The model
also overestimates the surface dFe concentration around 10∘N and cannot reproduce the hydrothermal sig-
nal around the Central Indian Ridge segment. The overestimation of surface dFe concentration under the
high-dust region at 10∘N could indicate the potential role of scavenging by lithogenic particles as suggested
by Ye and Völker (2017) for the tropical Atlantic Ocean. Comparing the five model runs in Figure 4, it is clear
that the release of ligand and dFe from organic particles is important to form the dFe maximum. When the
ligand is decoupled from the particle remineralization (constL run), the subsurface dFe maximum disappears
entirely (Figure 4c). When the dissolution of organic scavenged Fe is suppressed (No Fe rediss. run), this dFe
maximum is significantly reduced in magnitude and extension (Figure 4d). In contrast, the sedimentary Fe flux
has a moderate impact only (Figure 4e). Also, the hydrothermal flux has little effect on the dFe distribution in
this transect (Figure 4f ).

3.2. Pacific Ocean
The GP02 transect maps the zonal dFe distribution in the North Pacific Ocean (Nishioka et al., 2013; Figures 5a
and 5b). In this transect, there are several model biases. Our model exhibits the high dFe concentration around
800 m extending from west to east along the transect (Figures 5a and 5b), but this feature is more zon-
ally elongated than observation. Observations indicate a strong subsurface Fe source in the western Pacific,
which is underestimated in the model. The surface dFe concentration is overestimated by 0.4 nM, whereas
the deep dFe concentration (at > 3,000 m) is significantly underestimated. The widespread overestimation of
surface dFe comes from the upwelling of rich-dFe subsurface waters, which receive high dFe from the conti-
nental shelves. This may imply a weak scavenging rate or biases in the factors limiting the biological uptake,
potentially related to the colimitation of productivity by macronutrient and Fe (Ingall et al., 2013).

Despite these biases, processes controlling the simulated subsurface dFe maximum at about 800 m are
explored through four sensitivity experiments (Full, ConstL, No Fe redissolution, Weak sed, and Weak hydro
runs). When the nonuniform ligand is suppressed in the (constL) run, this dFe maximum disappears entirely
(Figure 5c). It is also greatly decreased in magnitude when the dFe sediment flux is decreased (Weak sed run,
Figure 5e). On the contrary, dFe supply from the remineralization of scavenged Fe and hydrothermal vents
seems to play only a small part (Figures 5d and 5f). This result is consistent with results of a recent observa-
tional study (Nishioka & Obata, 2017), suggesting that the high dFe concentration at middepth may come from
the sedimentary Fe source. The model bias at this depth range could come from biases in the sedimentary Fe
flux parameterization, which includes significant uncertainty.

The GP13 maps the zonal dFe distribution in the south western Pacific Ocean. The model reproduces several
features of the dFe distribution in this region (Figures 6a and 6b). In particular, the model captures the elevated
dFe concentration around 600–1,000 m from 160∘E to 170∘E. Moreover, the model reproduces low-surface
dFe concentration observed across the transect. The strong zonal gradient of subsurface dFe concentration
∼175∘W is reproduced in the model. However, the pattern of subsurface dFe extreme is more horizontally and
vertically compressed than observed.

The elevated dFe centered around ∼175∘E disappears when the nonuniform pattern of ligand is suppressed
(Figure 6c) and is greatly decreased in magnitude and extension when the dFe hydrothermal flux is reduced
(Figure 6f ). On the other hand, this feature is only slightly decreased when the release of scavenged Fe asso-
ciated with organic particles or the dFe supply from continental shelves is decreased (Figure 6de). Thus, our
result, along with several observational studies (Ellwood et al., 2018; Fitzsimmons et al., 2014; Resing et al.,
2015), confirms the role of the long-range transport (thousands of kilometers) of hydrothermal dFe from the
southern East Pacific Rise to the dFe distribution in the upper 1,000 m of the South Pacific Ocean. In addition,
our model result suggests that this transport is facilitated by the existence of a nonuniform, remineralized lig-
and class, protecting dFe from scavenging along the transport pathway. The GP16 section maps the zonal dFe
distribution across the subtropical South Pacific Ocean (Resing et al., 2015; Figures 7a and 7b). In this transect,
the model captures the low dFe concentration at the surface, which is a typical feature for the high-nutrient
low-chlorophyll region (Figures 7a and 7b). However, the subsurface dFe maximum observed over almost
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Global Biogeochemical Cycles 10.1029/2017GB005852

Figure 5. dFe distribution along the GP02 transect: (a) observations, (b) Full run, (c) ConstL run, (d)No Fe redissolution
run, (e) Weak sed run, and (f ) Weak hydro run. dFe = dissolved Fe.
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Global Biogeochemical Cycles 10.1029/2017GB005852

Figure 6. dFe distribution along the GP13 transect: (a) observations, (b) Full run, (c) ConstL run, (d) No Fe redissolution
run, (e) Weak sed run, and (f ) Weak hydro run. dFe = dissolved Fe.
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Global Biogeochemical Cycles 10.1029/2017GB005852

Figure 7. dFe distribution along the GP16 transect: (a) observations, (b) Full run, (c) ConstL run, (d) No Fe redissolution
run, (e) Weak sed run, and (f ) Weak hydro run. dFe = dissolved Fe.
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Global Biogeochemical Cycles 10.1029/2017GB005852

Figure 8. Modeled dFe distribution along the GEOTRACES transects from the constKL run: (a) GA02, (b) GI04
(c) CoFeMUG, (d) GP02, (e) GP13, and (f ) GP16. dFe = dissolved Fe.
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Global Biogeochemical Cycles 10.1029/2017GB005852

Figure 9. Modeled dFe distribution along the GEOTRACES transects from the Large ΔKL run: (a) GA02, (b) GI04 (c)
CoFeMUG, (d) GP02, (e) GP13, and (f ) GP16. dFe = dissolved Fe.
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the entire water column (from 200 m to the bottom) in the eastern margin is greatly underestimated by the
model. The model bias in this region is consistent with many other models analyzed in Tagliabue et al. (2016).
Our model only shows a weak signal of this feature around 800–1,000 m with the concentration of 0.8 nM,
about a half of the observation. This signal disappeared in three sensitivity experiments: ConstL, No Fe rediss.,
and Weak sed (Figures 7c–7e). A recent observational study argued that this maximum could be a signal of a
very persistent dFe flux from resuspended sediments (John et al., 2017). Furthermore, the observed hydrother-
mal signal around 3,000 m at 110∘W is displaced westward and greatly underestimated in our model. This
hydrothermal signal is decreased in the model when a lower dFe/3He ratio from Tagliabue et al. (2010) is
applied (Figure 7f ).

Summarizing the results so far, the model-data comparison showed some strengths and weaknesses in repro-
ducing the observed dFe distribution. The model was able to reproduce the general pattern and magnitude
of the subsurface dFe maxima in many sections (GA02, CoFeMUG, GI04, and GP13), but it also showed sig-
nificant model biases in other sections (GP02 and GP16). Sensitivity runs showed the relative importance of
different Fe sources in reproducing the observation and implied some potential causes for model biases. For
deep waters, the hydrothermal vents are the most important Fe source. Thus, mismatches in the deep ocean
between model and observed dFe concentration likely originate from biases in the model parameterization
of hydrothermal dFe source. The middepth dFe in the GA02, CoFeMUG, and GI04 transects is particularly sen-
sitive to the remineralization of scavenged Fe associated with the sinking organic particles. In contrast, the
middepth dFe is sensitive to sedimentary dFe sources in GP02 and GP16 and to hydrothermal dFe inputs in
GP13. Sensitivity experiments also revealed the important role of the nonuniform distribution of organic lig-
ands in all of the sections. Elevated ligand concentration in the middepth water column plays a crucial role
in the retention of dFe. Additional sensitivity experiments (constKL and Large ΔKL) are performed to examine
the importance of different types of ligands.

4. The Sensitivity of DFE Distribution to the Ligand Binding Strength

Two sensitivity experiments are specifically designed to examine the role of ligands’ binding strengths in
controlling the dFe distribution. The constKL run sets the two conditional stability constants to be at the inter-
mediate value, 1011.5 mol/L. The Large ΔKL run does the opposite, making the difference between these two
values greater (1013 mol/L for L1 and 1010 mol/L for L2). Again, the models are spun up for 1,000 years to reach
a new steady state, and the results are displayed in Figures 8 and 9.

Due to the large increase in the dFe values, Figure 8 uses a different color bar relative to the six previous figures.
Below the surface waters, the organic ligand is dominated by the L2 ligand. In the constKL run, the binding
strength of the subsurface ligand L2 is increased by a factor of 3 (from 1011 to 1011.5 mol/L). In response, the
amplitude of the subsurface dFe maxima increases by about factor of 2 in the model. This leads to an increase
in the surface ocean dFe concentration even though the surface ligand class L1 is decreased from 1012 to
1011.5 mol/L. This is caused by the vertical supply of subsurface-elevated dFe concentration to the surface
waters via vertical mixing and upwelling (Tagliabue, Sallee, et al., 2014). This result indicates the prominent
role of L2 in the retention of dFe throughout the water column, thus increasing the binding strength of L2 that
caused a widespread overestimation of dFe in all of the transects.

Figure 9 shows the results from the Large ΔKL run. In this case, the binding strength of the subsurface ligand
L2 decreases by a factor of 10 (from 1011 to 1010 mol/L), and the global dFe concentration in general decreases
by a factor of 5. Figure 9 uses a different color bar relative to the previous figures because of the low dFe con-
centrations. Despite the increase in L1 (from 1012 to 1013 mol/L), the overall dFe concentration in the water
column is controlled by the binding strength of L2. More importantly, all the observed GEOTRACES dFe max-
ima disappeared or are greatly reduced in magnitude in the Large ΔKL run. These results highlight the crucial
role of the subsurface ligand class in maintaining middepth dFe maxima.

5. Discussion and Conclusion

The GEOTRACES program (Anderson et al., 2014; Henderson et al., 2007; Mawji et al., 2015) has significantly
increased the data coverage for dFe and ligands in the global oceans, providing a unique opportunity to test
ocean biogeochemistry models and improve the representation of biogeochemical processes essential for
the Fe cycling (Tagliabue et al., 2016,Völker & Tagliabue, 2015). While there have been significant advances
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Figure 10. The globally integrated sources and sinks of dFe from each
of the model runs. “Sed” is the shelf sediment, and “hyd” is for hydrothermal
source. “dis” is for release of dFe from remineralization and desorption, and
“sco” and “sci” are the scavenging onto organic and inorganic particles
respectively. “bio” is for the loss of Fe due to the biological uptake.
dFe = dissolved Fe.

in the understanding and modeling capability of the Fe cycling in the last
decade, the new observations revealed that there are many features of dFe
distribution that are still missing or heavily biased in the current genera-
tion of models (Tagliabue et al., 2016). Motivated by the newly available
data set, we explored the processes driving the observed ocean dFe distri-
bution by a suite of sensitivity experiments in an ocean biogeochemistry
model with a refined parameterization for the Fe cycling. Specifically, our
model includes three external dFe sources, which are modified from pre-
vious studies (Dutkiewicz et al., 2015; Moore & Braucher, 2008) to better
reproduce the observations, and an improved ligand parameterization.
Our ligand parameterization considers two spatially varying ligand classes,
which have different binding strengths. Their distributions are param-
eterized as functions of DOC and AOU. The empirical constants in the
ligand parameterizations are calibrated to fit the observed ligand distribu-
tion in the least squares sense. While these parameterization themselves
are not new and have some limitations (Gledhill & Buck, 2012; Velasquez
et al., 2016), the simplicity of this approach allows us to determine the
underlying mechanisms in a clear way.

Even though our model still has several biases when compared with obser-
vation, it starts capturing some major features such as the subsurface
dFe maxima observed in various GEOTRACES transects in different ocean

basins (Noble et al., 2012; Nishioka et al., 2013; Nishioka & Obata, 2017; Rijkenberg et al., 2014; Resing et al.,
2015) and provided an improved understanding of the mechanisms behind them. In particular, we examined
the relative roles of the release of scavenged Fe back to the water column via the remineralization of sinking
organic particles (Boyd et al., 2010; Velasquez et al., 2016) and of the external dFe supply from continental
shelves and hydrothermal vents. The former process turned out to be the crucial mechanism behind the sub-
surface dFe maxima in the thermocline of high-dust regions. In the surface of the tropical Atlantic and Indian
Oceans, the deposited dust Fe is mostly scavenged onto organic particles, which then sink and remineralize
at middepth water column. In addition, the nonuniform distribution of relatively weaker L2 ligand was found
to be the key factor for maintaining the subsurface dFe maxima in the model. Parameterizing the L2 ligand
using the AOU distribution was crucial to improve dFe distribution by representing the particle remineral-
ization as a source of the ligand. Similar results are reported in Tagliabue et al. (2016), who showed that the
inclusion of the particle remineralization source for ligand in ocean biogeochemistry models improves the
reproduction of the subsurface dFe maxima. Earlier models (P05, D05, and Tagliabue et al., 2016) that applied
a uniform constant ligand and neglected the dissolution of scavenged Fe did not reproduce the observed
subsurface dFe maxima. When the release of either scavenged Fe or ligand from c1 sinking organic particles
is suppressed, the subsurface dFe maxima observed in the Indian Ocean and Atlantic Ocean transects are
either disappeared or greatly reduced in magnitude in the model. Thus, in high-dust regions of the Indian and
Atlantic basins, the simultaneous release of ligand and scavenged Fe from organic particles not only supplies
dFe to the subsurface waters but also protects dFe from being scavenged, maintaining a high level of sub-
surface dFe concentration. In fact, the model tends to overestimate the surface dFe in high-dust regions and
likely indicates bias in the representation of processes that remove dFe where dust deposition is high (Ye &
Völker, 2017). This bias may reflect the missing colloidal pumping mechanism for dFe loss in our model, which
could be important for high dust deposition regions (Fitzsimmons et al., 2015).

The Fe sources from the continental shelves and hydrothermal vents are found to be the important
sources of the subsurface dFe maxima in the thermocline of low-dust regions in the Pacific Ocean. The
particle-remineralized ligand is also important in sustaining the subsurface dFe maxima in these regions, but
the dFe supply from organic particles seems to be less important than from external sources. In the deep
waters, the model still shows several biases including the tendency to underestimate deep dFe concentra-
tion and to displace the dFe hydrothermal signals. The underestimation of hydrothermal Fe can be addressed
by increasing the dFe/3He ratio relative to the value suggested by Tagliabue et al. (2010) and using different
ratios for different ocean basins. However, the spatial biases indicate potential biases in the source regions of
the hydrothermal dFe and how it is transported in the deep ocean.
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Figure 10 shows the dFe sources and sinks from all of the experiments. In terms of the external Fe sources,
the hydrothermal and sedimentary Fe sources dominate the Fe input into the ocean. The largest removal
mechanism is the scavenging onto inorganic particles, which is partially mediated by the release of Fe by
remineralization and desorption.

When the external Fe input is reduced in Weak sed and Weak hydro runs, the removal of Fe by the inorganic
scavenging is also reduced, thus balancing the input and output on the global scale. In these simulations, dFe
maxima in high-dust regions seem to be only slightly decreased, reflecting the dominance of the atmospheric
deposition and internal cycling processes in these regions.

When the dissolution of organic scavenged Fe is turned off (No Fe rediss run), the remineralization and desorp-
tion source of Fe is diminished in the global budget. However, the subsurface dFe maxima in the Pacific basin
(GP13 and GP02) were not significantly affected in this run, reflecting the dominance of external inputs, in par-
ticular, the sedimentary and hydrothermal sources. Given the potential role of the subsurface dFe as a source
for Fe-limited upwelling regions (Tagliabue, Sallee, et al., 2014), these external sources can have far-reaching
effects on the marine ecosystems and the biological carbon pumps.

The sensitivity experiments with altered ligand parameterizations showed that the global dFe budget and dis-
tribution are sensitive to the strength and concentration of the subsurface ligand. When the binding strength
of this ligand class increases/decreases, the global mean dFe concentration is increased/decreased. In partic-
ular, when the binding strength is reduced, almost all the middepth dFe maxima disappeared in the model.
The impact of the siderophores-type surface ligand seems to be negligible in controlling the subsurface dFe
maxima and the global dFe budget in general. These effects are best seen by looking at the change of dFe
concentration in ocean transects but not as clear when examining the global dFe budget (Figure 10). These
results suggest that the uncertainty in the binding strength of L2 ligand class has a big implication on the
dFe cycling.

Finally, this study owes its existence to the hard work of the scientific community who joined the efforts to
produce high-quality measurements of trace metal elements and associated biogeochemical variables across
the global oceans. In this light, it is critical to maintain the observing capabilities and to develop an improved
understanding of the mechanisms driving the ocean’s trace metal cycling and its impact on the ecosystem
and biogeochemical cycling.
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