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Seismological implications of a lithospheric low
seismic velocity zone in Mars

Yingcai Zheng®e, Francis Nimmo®, Thorne Lay®

* Earth Resources Laboratory, Massachusetts Institute of Technology, Cambridge, MA 02139, USA
® Department of Earth and Planetary Sciences, University of California Santa Cruz, Santa Cruz, CA
95064, USA

Abstract

Most seismological models for the interior of Mars lack an upper mantle low velocity zone.
However, there is expected to be a large thermal gradient across the stagnant conductive lid
(lithosphere) of Mars. This gradient should tend to decrease elastic wave velocities with increasing
depth, with this effect dominating the opposing tendency caused by increasing pressure with depth
because Mars has low gravity. An upper mantle lithosphere with a low velocity zone (LVZ) beneath a
thin high velocity “seismic lid” is thus predicted. The upcoming NASA InSight mission includes a
three-component seismometer, which should provide the first opportunity to directly detect any
lithospheric LVZ in Mars. Seismic wavefields expected for Mars mantle velocity structures with or
without a strong LVZ are very distinct. The LVZ models predict shadow zones for high-frequency
seismic body wave phases such as P, S, PP and SS, etc. The most diagnostic waves that can be used
to evaluate presence of a lithospheric LVZ given a single seismometer are intermediate-period global
surface waves, which travel along the great circle from a seismic source to the seismometer. An LVZ
produces distinctive dispersion, with a Rayleigh wave Airy phase around 100 s period and very
different surface wave seismograms compared to a model with no LVZ. Even a single observation of

long-period surface waves from a known range can be diagnostic of the lithospheric structure.

¢ Corresponding author. Tel.: +1 617324 0268; fax: +1 617xxx xxxx. E-mail Address:
yczheng@mit.edu (Y. Zheng).
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Establishing the existence of an LVZ has major implications for thermal evolution, volatile content

and internal dynamics of the planet.

1. Introduction

The seismological low-velocity zone (LVZ) in Earth’s upper mantle, first proposed by Gutenberg
(1948; 1959), is closely linked to plate tectonics because it is related to thermal, volatile and
compositional effects associated with the rheological transition from the lithosphere to the
asthenosphere (e.g., Anderson, 1989; Stixrude and Lithgow-Bertelloni, 2005). An LVZ is simply a
region from which the seismic velocity increases in both the upwards and downwards directions.
Thermal modeling suggests the possible existence of a similar seismic LVZ within the lithosphere of
Mars (Mocquet and Menvielle, 2000; Rivoldini ef al., 2011; Nimmo and Faul, 2013). This Martian
LVZ would be different than Earth’s, being most pronounced within the thermal boundary layer
rather than near its deepest levels. Establishing whether Mars has such an LVZ has important
implications for our understanding of the internal dynamics, volatile content and thermal evolution of
the Martian mantle.

In 2016, NASA’s InSight (Interior exploration using Seismic investigations, geodesy and heat
transport) Martian lander will deploy a single 3-component seismometer and a heat flow probe to
study the planet’s deep interior (Banerdt et al., 2013). Hopefully the seismic instrument will couple

well to the surface and record broadband signals from sufficiently energetic sources that excite

broadband seismic wavefields. In anticipation of this seismic data collection proving successful and

high quality broadband recordings being obtained, we consider whether the presence of a lithospheric

LVZ should have significant manifestations in the seismic wavefield that would allow its detection
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from a single sensor and (likely) sparse sources at various ranges. Many seismic models have been
proposed for Mars (Figure la) and most do not include an upper mantle LVZ (e.g., Okal and
Anderson, 1978; Franck and Kowalle, 1994; Sohl and Spohn, 1997; Zharkov and Gudkova, 2005;
Khan and Connolly, 2008; Walzer et al., 2010). Notable exceptions are those of Mocquet and
Menvielle (2000) and Nimmo and Faul (2013).

The case for the existence of an LVZ within Mars is straightforward. If a stagnant conductive
thermal boundary layer, or “thermal lid” overlies a convective mantle (Toks6z and Hsui, 1978,
Ogawa and Yanagisawa, 2011), a large temperature gradient will develop across the lithosphere (as is
true for Earth’s thermal boundary layer). Unlike for Earth, the thermal effect, which tends to reduce
seismic velocity with increasing depth in the lithosphere, can overcome the competing effect of
increasing pressure due to the low gravity of Mars (Nimmo and Faul, 2013). This results in a net
decrease in seismic velocity with increasing depth within the thermal boundary layer. The magnitude
of velocity reduction in the LVZ is a function of the temperature gradient in the stagnant lithosphere,
which depends on the mantle potential temperature and the thermal lid thickness. Seismic velocity
models based on the temperature profile adopted by Bertka and Fei (1997) do not result in an LVZ.
This is because the temperature drop across the top 250 km of the lithosphere in that profile is only
about 300 K, much less than expected for a stagnant lid (e.g., Ogawa and Yanagisawa, 2011).
Mocquet and Menvielle (2000) assumed the presence of a thick stagnant lid and predicted an LVZ at
a depth of 200-400 km; some of the models displayed in Rivoldini ez al. (2011) also have an LVZ for
a hot mantle (potential temperature > 1800K). Nimmo and Faul (2013) also predicted the presence of
an LVZ, though their main intent was to match the bulk tidal and dissipative properties of Mars.

Although Verhoeven et al. (2005) considered a stagnant-lid convection scenario, their lid was too
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thick (it extends to 400-550km depth) to yesult in a large thermal gradient with a prominent LVZ.

None of these papers considered the detailed seismological implications of an LVZ.

The NASA InSight mission will provide an important opportunity to test the existence of a
Martian lithospheric LVZ, if suitable seismic signals from as yet unknown sources are recorded. It is
not our intent here to carry out a detailed investigation of whether such sources are likely to exist, nor

to evaluate all possible causes of wavefield complexity such as 3D structure and anisotropy. Rather,

in the rest of this paper we present seismic wavefields computed for end-member global velocity
models for Mars with and without a lithospheric LVZ, guided by the model of Nimmo and Faul
(2013). Consideration of the computed seismic wavefields identifies diagnostic attributes that can be
sought for different epicentral ranges when long-period ground motion recordings for Martian

sources are obtained.

2. Seismological models for Mars

Planetary seismological models prescribe the compressional (P-wave) velocity, Vp, shear (S-
wave) velocity, Vs, density, and anelastic absorption factors, Qp and Qs for P- and S-waves,
respectively, as functions of depth. At present, there are no constraints on seismic anisotropy for
Mars, so usually isotropic models are considered.

The model we adopt is based on that described in Nimmo and Faul (2013). This model matches
the observed bulk density and moment of inertia of Mars; it also satisfies the measured k> Love
number and the tidal dissipation factor Q inferred from observation of Phobos’ orbit. This model is
simplified compared with other models in which detailed mineralogical and equation of state data are
employed (e.g., Gudkova and Zharkov, 2004; Khan and Connolly, 2008; Rivoldini et al., 2011).

However, compared with the enormous uncertainties in key parameters (such as the radius of the
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Martian core, and the bulk composition of the mantle), the approximations involved in our simple
model are unlikely to matter. Furthermore, what we are primarily concerned with here is differences
between models with and without a LVZ; such differences will not be very sensitive to changes in the
background model parameters.

Below we describe the main aspects of the velocity model in more detail. We assume that Mars
has differentiated into three compositionally distinct layers: the core, the mantle and the crust. We
also assume Mars is spherically symmetric.

Crust

The Martian surface is characterized by a clear topographic dichotomy, the heavily-cratered
southern highlands and relatively smooth northern lowlands with far fewer craters. The Martian crust
is non-uniform, as shown by inverting the gravity and topography data from the Mars Global
Surveyor (MGS) mission (Zuber, 2001). In general, the crust progressively thins from the southern
pole to the northern pole. For our crustal model, we use the mean value of the crustal thickness, 50
km, and Vp = 6.0 km/s, Vs = 3.5 km/s, density = 2900 kg/m’ (Zuber et al., 2000). We set shear Q to
be Qg =600 and Q, =9/4Q;.

Core

The Love number k; inferred from solar tides indicates the existence of at least an outer liquid
core (Yoder et al., 2003). Whether Mars has a solid inner-core or not is uncertain. Existence of a solid
inner core will have significant effect on seismic normal mode frequencies (Okal and Anderson,
1978). In our model, we do not include a solid inner core. A range of core radii is permitted when
modeling the tidal k> and moment of inertia (Yoder ef al., 2003); we adopt a baseline value of 1650

km similar to that employed by Nimmo and Faul (2013). To study the mantle LVZ, the exact radius is

not critical. We assume 10° for the bulk Q in the fluid core, which means essentially no dissipation.
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Because Nimmo and Faul (2013) were concerned primarily with dissipation in the mantle, they
did not calculate seismic velocities in the core. In Appendix A we outline the procedure by which the
core density and velocity structure were obtained.

Mantle

Derivation of the mantle seismic velocity and Q structure is described in detail in Nimmo and
Faul (2013) and only a brief summary is given here. The anelastic properties of the mantle are based
on experiments on Fo90 olivine conducted by Jackson and Faul (2010). To account for the fact that
Mars is more iron-rich than the Earth (Longhi ef al., 1992; Table 2 in Robinson and Taylor, 2001),
we treat the reference density of our mantle material as a free parameter, constrained by the moment
of inertia and bulk density of Mars. Iron enrichment will only increase the magnitude of any seismic
LVZ (Mocquet et al., 1996). The temperature of the deep mantle is constrained by observations of
Phobos’ orbital decay, which yields the bulk k./Q ratio (see Bills et al., 2005), where Q is the tidal
dissipation factor at the synodic period of Phobos (~11.106 hours). Higher mantle temperatures and
smaller grain sizes result in lower values of Q. Using an extended Burgers model, the seismic
velocity and local Q neara a seismic frequency of ~1.0 Hz can be derived for a specified temperature
profile, and a bulk tidal Q and k, obtained for comparison with observations. The mantle potential
temperature is inferred to be 1625+75K (Nimmo and Faul, 2013) for a stagnant thermal lid
thickness of 150 km, in good agreement with some recent petrological studies based on remote-
sensing observations (Baratoux et al., 2011; Baratoux et al., 2013). Solid phase changes, olivine-
wadsleyite (Earth’s 410-km discontinuity) and wadsleyite-ringwoodite (Earth’s 520-km
discontinuity) occur at Martian depths of around 1100 km and 1400 km, respectively. The precise
depths of these discontinuities, if obtained by seismological means in the future, could act as Martian

internal absolute temperature tie-points. The third phase change, ringwoodite-perovskite (or the
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Earth’s 660-km discontinuity) may or may not be present in Mars, depending on the core size and the
temperature in the lowermost part of the mantle.

Because tidal dissipation depends primarily on shear and not bulk modulus, Nimmo and Faul
(2013) did not present an explicit method for calculating V'p. To calculate V'p below we take the
mantle bulk modulus K,,=2G,(1+v)/3(1-2v) where G, is the (depth-dependent) shear modulus
obtained by Nimmo and Faul (2013) and v is the Poisson’s ratio, taken to be 0.278 which results in
V, /' Vg =18 throughout the mantle. We also tested the Poisson’s ratio v=0.25 and the essential
diagnostics for the LVZ remain unaffected. Details of Poisson’s ratio and anisotropy will only be

useful to address when bountiful seismic observations are obtained.

As discussed above, the main control on whether an LVZ exists is the near-surface temperature
gradient. A common feature of previous thermal models (Figure 1b) is that when the thermal
gradient is large in the lid, an LVZ exists, and vice versa. For the nominal temperature profile
described in Nimmo and Faul (2013), Figure 1c shows calculated elastic wave speeds and densities.

The Qs model is shown in Figure 1d, with Qp assumed to be 9/4 QOs.

The strong temperature increase within the stagnant thermal lid decreases seismic velocities with
increasing depth in the upper mantle down to a depth of about 200 km, producing a thin “seismic 1id”
above a broad low velocity zone. To evaluate the seismological manifestations of this LVZ model,
we produce a similar model with the same structure at all depths below 300 km, but with no seismic
lid and a positive velocity increase with depth from the crust-mantle boundary, similar to earlier
Martian models. We label the latter model the noLVZ model, recognizing that it is likely less

justifiable on physical grounds than the LVZ model. Comparison of seismic wave computations for
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the LVZ and noLVZ models isolates the effects of the thin seismic lid and the waveguide structure of
the associated LVZ in the lithosphere to establish the diagnostic wavefield characteristics, and makes
uncertainties in the deep structure relatively unimportant. Given the predicted ground motions, we
will then assess whether it is realistic to establish presence of an LVZ using just one 3-component
seismometer.

An important potential caveat for single-station seismology is that if the Martian interior is as
scattering as the lunar interior, surface waves may not be clearly recorded. However, the Moon and
Mars are very different bodies - particularly in terms of near-surface water content and gravity - so
the lunar experience does not provide much guidance in terms of what seismic waves can be
measured and should be expected. Direct evidence from the early Viking experiment showed that the
one possible recorded seismogram was more Earth-like than Moon-like (see Anderson et al., 1977).
Indirect evidence from geophysics indicates that the lunar interior and the Martian interior should be
different seismologically. Seismic scattering is caused by heterogeneities. The lunar crust is very
heterogeneous (and fractured) but not dissipative so that high-frequency seismic waves reverberate
for a very long time without much attenuation. The Martian crust is likely heterogeneous (though less
fractured), but is expected to be more dissipative for high-frequency seismic waves. Fractures
generated by impacts on Mars should be relatively compacted due to the larger gravity and presence
of near-surface water. The lunar mantle might be more heterogeneous than the Martian mantle

because of lower temperatures and lack of mantle convection (Nimmo et al., 2012). Given these

contrasting differences between the Moon and Mars, it is useful to design and test some single-station
seismological methodologies before the martian seismic data are returned. On the other hand, while

there have been major advances in seismic instrumentation since the Apollo program, questions
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remain about how well a broadband seismometer deployed on the martian surface will resolve weak

long-period motions.

3. Seismological signature of a lithospheric LVZ

Seismological studies of the Martian interior will require seismic sources producing sufficient
elastic wave energy and high quality broadband seismometers. It is not clear what types or numbers
of seismic sources exist on Mars. As reviewed by Lognonne and Johnson (2007), possible sources
include potential marsquakes due to brittle faulting (Golombek ef al., 1992; Knapmeyer et al., 2006;
Taylor et al., 2013), asteroid impacts (Teanby and Wookey, 2011; Daubar et al., 2013), tidal loading,
landslides, atmospheric hum, Chandler wobble, etc. (Solomon et al., 1991). During the 19 months of
operation of the short-period seismometer on the Viking 2 lander, only atmospheric noise and maybe
one marsquake were recorded (Anderson et al., 1977). Better ground coupling, sensitivity, and broad
frequency range may allow us to observe signals from other types of sources. In this paper, we
assume that an energetic source will occur and can be recorded by the broadband seismometer with
good signal-to-noise for periods from 1 to 150 s.

For the LVZ and noLVZ models, we computed seismic wave attributes by a suite of methods,
including conventional ray theory (Cerveny, 2005), normal mode theory (Aki and Richards, 1980;
Woodhouse, 1988) and frequency-wavenumber (or angular order, in spherical coordinates)
integration methods (Fuchs and Muller, 1971; Geller and Ohminato, 1994). We will not go into
details about the methods as they are well established, and we confirmed compatibility of calculations
for the various methods for specific sources and epicentral distances. To calculate the mode
frequencies, we used the MINEOS code (Masters et al., 2011) and benchmarked its full waveforms

with the Direct Solution Method (DSM) (Geller and Ohminato, 1994; Takeuchi et al., 1996). The
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normal mode method first searches for eigenfrequencies and their associated eigenfunctions and then
expands the source force function onto those eigenfunctions to find the source excitation terms.
Searching for the eigenfrequencies can be time consuming at high frequency as adjacent
eigenfrequencies can be very close to each other. Normal modes are used to synthesize low-frequency
(shortest period of ~16 s) seismograms. The DSM does not depend on root searching and can
compute high frequency waves. Here we focus on the resulting wavefield characteristics.
Body waves

For a shallow seismic source in the crust (here we use 0 km depth), the most distinct signature of
the LVZ model relative to noLVZ is the shadow zone for direct P (or S) wave (Figure 2a,c) spanning
the epicentral distance range of 20° to 55° (Figure 2b,d). Gutenberg discovered Earth’s LVZ by
modeling the direct-wave amplitudes at different epicentral distances for which seismic rays traverse
the LVZ (Gutenberg, 1959), but he had the advantage of having sources at intermediate depths within
subducting slabs, which will not be present in the stagnant Martian lid. The shadow zone appears
obvious, but in practice, diffraction along the crust-mantle boundary and misidentification of
secondary phases such as PP complicate the interpretation. Multiple sources at a wide range of
epicentral distances could allow some confidence in the detection of the shadow zone, but full-
waveform computation for the LVZ and noLVZ models indicates that the presence of a LVZ causes
little identifiable difference in long-period body waves (Figure 3). While frequency dependence of
the waveforms might resolve the nature of the diffracted energy that fills the seismic shadow, it is
likely this will not be viable if only a few sources are available.
Normal Modes

Normal modes probe Mars as an entire planet (e.g., Gudkova and Zharkov, 2004), which is

attractive given a small number of sensors, but challenging for resolving a localized upper mantle
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structural feature. Normal-mode seismology analyzes the vibrational eigenfrequencies of a planet (or
the Sun in helioseismology) for a long recording of ground motion, assuming there is a sufficient
single or continuous source of excitation. A single station may suffice for this purpose. If the gravest
normal modes (e.g., angular order < 1) of Mars can be excited and identified, they can reveal
whether the core is liquid or solid (Okal and Anderson, 1978). The period of, ¢S,, the longest period
mode, is 2260 seconds for the LVZ model. For the noLVZ model, the period of (S, is 2267 seconds.
If the core is solid, this period can be much shorter (around 1000 s, depending on the structure), thus
for the purpose of detecting the LVZ, the low frequency mode frequencies will not be diagnostic. For
low angular orders less than 10, the frequency shifts due to an LVZ are very small for spheroidal,
toroidal and radial modes (Figure 4). However, frequency shifts are significant for large ¢ for
fundamental modes and overtones. Identification of the modes for a single seismometer will be
challenging and constrained by the source distribution and characteristics. However, it is possible to
measure surface wave dispersion for those modes using a single seismometer.
Surface waves

Dispersion of intermediate period (30-150 s) mantle Rayleigh or Love waves is likely to be the
most diagnostic observable for the existence of the LVZ (Figure 5). For Rayleigh waves, there is a
pronounced Airy phase (minima or maxima in the group velocity curve) around a period of 100 s, for
the LVZ model, along with significant overall shifts to higher phase and group velocities due to the
presence of the seismic lid. For the noLVZ model, the Rayleigh wave group velocity increases
monotonically beyond the crustal Airy phase located around 30s. For different lid thicknesses (80km
and 160km), Rayleigh wave dispersion curves are different (Figure 6), with thicker lids giving faster
group velocities and shifting the Airy phase to longer periods. The differences in dispersion give

cumulative waveform differences that are substantial. Figure 7 compares Rayleigh and Love
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waveforms at distances of 30° and 60° from a double-couple shear dislocation at a depth of 10 km for
the LVZ and noLVZ models and large time-domain differences in Rayleigh waves are due to the
mantle Airy phase. The maximum in the group-velocity dispersion was also recognized,by Panning et

al. (2006) as a way of probing, Europa’s ice shell structure. Assuming that an event’s approximate

location can be deduced from relative times of body wave arrivals and signal polarization information
(with identification of the great-circle path based on separation of Love and Rayleigh motions or
body wave polarizations), it should be possible to evaluate the dispersion in either time or frequency
domain to test the likelihood of LVZ existence. Given a single seismometer and a large energy
source somewhere on the planet, global-circling surface Rayleigh waves, R1, R2, R3, ***, Rn
(likewise, G1, G2, G3, -, Gn for Love waves) can be used to deduce the global average dispersion
curves with high fidelity (Sato, 1958; p.381 in Aki and Richards, 1980; Panning et al., 2012)
provided the polar phase shift is taken into account (Brune ef al., 1961) (see Figures S1-S3 for single-
station based dispersion measurement at different epicentral distances). With the specification of the
InSight seismometer, it is estimated that about 20 events may have enough energy to excite global
surface waves over the operational period of 720 days (Lognonne et al., 2012). Taylor ef al. (2013)
estimated a high likelihood of having tens of My, 5.0 events in the Cerberus Fossae region per Earth’s

year. For the seismic event in Figure 3, our calculations show,that R1-R5 Rayleigh waves are above

the instrument sensitivity and projected Martian wind noise (Lognonne et al., 2012). If this is the case,
we would be able to determine the existence of the LVZ using a single seismometer if high signal-to-

noise broadband recordings are recovered. There is no question that complexities such as radial

anisotropy and 3D crustal and lithospheric structure can complicate the waveforms and possibly

overwhelm the diagnostic differences we propose for simple 1D models. Even for the Earth, there is
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difficulty in resolving LVZ attributes with sparse data sets, so we do not want to be overly optimistic

but everything hinges on the uncertain nature of the data and sources that will be observed.

4, Conclusions

The possible existence of a pronounced seismic low velocity zone (LVZ) in the uppermost mantle
of Mars is indicated because of the increased importance of thermal relative to pressure effects on
velocity in the lithosphere of this low-gravity planet. Thermal models consistent with convection
simulations and the inferred tidal Q of Mars predict a thin seismic lid below the crust-mantle
boundary, with a pronounced LVZ extending several hundred kilometers across the thermal
lithosphere. Based on seismological modeling for the resulting Mars seismic velocity structure, we
find that the strongest indication of the presence of a lithospheric LVZ will be provided by dispersion
characteristics of Rayleigh waves. This is due to the development of long-period Airy phases for
structures with an LVZ. Single station observations of long-period dispersion for events that are
approximately located should be viable as long as the sources are large enough to give good signal-
to-noise ratio long-period surface wave observations. The broadband three-component seismometer
to be deployed by NASA’s InSight mission in 2016 may provide an opportunity to verify the
existence of an LVZ in the Martian upper mantle. Doing so will provide valuable information for

constraining Martian internal thermal evolution, volatile content and dynamics.
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Appendix A.

Below we outline a prescription for calculating the sound-speed inside the core (assumed liquid). This
approach is significantly simplified compared with some other work (e.g., Gudkova and Zharkov,
2004; Khan and Connolly, 2008; Rivoldini ef al., 2011). Our rationale for a simplified approach is
twofold. First, the errors introduced by our approach are very small compared to major uncertainties
in the bulk structure of Mars (such as the core radius). Second, we are focusing here primarily on the
role of the mantle LVZ, so that our core velocity structure is of only secondary interest.

The pressure at the base of the mantle P, is given by (e.g., Nimmo and Faul, 2013)

4
P, . =—nG,
cmb 3 pm 2

¢

RiAp(Iil’_lle) 4L (R2 —Rf)

Here R. is the core radius, p, is the mantle density, Ap is the core-mantle density contrast, R is the
planetary radius, and G is the gravitational constant. This expression is approximate because it
assumes a constant mantle density (constrained by the bulk density and moment of inertia of Mars).
The errors introduced by this approximation are a few percent, very small compared to other
uncertainties regarding the bulk structure of Mars (see Nimmo and Faul, 2013). The pressure at a

radial position » within the core is then given by

P(r) =P, .+ %npr (R? - r2)

c &

A constant core density p. is assumed here (constrained by the bulk density and moment of inertia).
Again, the error introduced by this approximation is small compared to other uncertainties, especially
because the pressure (and thus density) change across the Martian core is modest. In calculating the
velocity profile within the core, we do allow the density to vary (see below). The temperature profile

within the core 7(r) is assumed to be adiabatic:
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T(r)=T,, exp([RfD_zr2 ])

where T, is the temperature at the core-mantle boundary and D is a length scale given by (e.g.,

Labrosse et al., 2001)

1/2
D= i
2maGp,
where a is the thermal expansivity and C, is the specific heat capacity (both assumed constant). We
take the bulk modulus at the core-mantle boundary (CMB) to be K. The bulk modulus inside the core

is then calculated using a linear approximation (because the changes in 7 and P are small):

K=K+ (P0)= 2, Ve (1) - T,0) 2

d
Similarly, taking the density at the CMB to be p., the variation of density inside the core is calculated

using

P(r)-F,,
K

¢

p(r) = pc(l - ](1 -aT(r)-T,,])

The P-wave velocity is then simply given by ¥,(r)=/K.(r)/p(r)]"".

The core properties were obtained from the FeS end-member of Bertka and Fei (1998) and the
compilation of Williams and Nimmo (2004). The value of K. was derived from the one-bar value of
54 GPa and dK./dP. The value of T, assumed is not critical, because the temperature contrast across
the core matters much more than the absolute temperature. Mantle and bulk properties are from the

reference model described in Nimmo and Faul (2013).
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367

Quantity Value Units Reference | Quantity Value Units Reference
R. 1650 km - 0 7000 kg m” 1

K, 134 GPa See text dK /dP 4 - 2

dK./dT -0.02 GPaK'' 2 G, 780 Jke' K" |3

Temb 2500 K 3 a 5.85x10° | K 3

O 3526 kgm® 1

Table Al. Quantities used in construction of core velocity model. References are: (1) Nimmo and

Faul (2013); (2) Bertka and Fei (1998); (3) Williams and Nimmo (2004).
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Figure 1. (a) Representative Martian seismological models (Vp) showing no LVZs: FK94-Northl,-
North7,-South (Franck and Kowalle, 1994), AR (Okal and Anderson, 1978), SS97-modelA&B (Sohl
and Spohn, 1997); and models with LVZs: M&M1,2a,2b (Mocquet and Menvielle, 2000), and model
NF2013 (Nimmo and Faul, 2013). (b) Zoomed-in for the upper 600km of modes in (a); (c) Seismic
velocities: Vp (blue), Vs (red), and density (black) for LVZ model (solid lines) and for noLVZ model
(dash lines). Olivine phase transitions are included and give mantle discontinuities. (d) Qs at 1.0 Hz
for the LVZ model and noLVZ model. Tabulated model parameters for LVZ and noLVZ are in Table
S1 and S2 in the supplementary online materials.
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Figure 3. Vertical (BHZ) and tangential (BHT) components of velocity seismograms at epicentral
distance of 30°, bandpass-filtered between 200 s and 25 s, for LVZ and noLVZ models. The seismic
moment is 10'® Nm. The marsquake is a thrust event on a fault plane with strike 45°, dip 45° and rake
90°. The seismic moment is 10'®* Nm. The epicenter is at (0°E, 0°N) and the source depth is 10km.
The receiver is located at (30°E, 0°N).
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waves for LVZ (black) and noLVZ (red) models at three different distances. The waveforms are
bandpass filtered between 200 s and 50 s using a Butterworth filter with two passes and two poles.
The marsquake is a thrust event on a fault plane with strike 45°, dip 45° and rake 90°. The seismic
moment is 10" Nm. The epicenter is at (0°E, 0°N) and the source depth is 10km. The receivers are
located at (30°E, 0°N) and (60°E, 0°N).
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