UC Irvine
UC Irvine Electronic Theses and Dissertations

Title
Resolving the History of the Earth's Atmospheric Radiocarbon for Calibration and Carbon
Cycle Studies

Permalink
https://escholarship.org/uc/item/1dg684nt
Author

Noronha, Alexandra Laura

Publication Date
2014

Peer reviewed|Thesis/dissertation

eScholarship.org Powered by the California Diqital Library

University of California


https://escholarship.org/uc/item/1dq684nt
https://escholarship.org
http://www.cdlib.org/

UNIVERSITY OF CALIFORNIA,

IRVINE

Resolving the History of the Earth’s Atmospheric Radiocarbon for Calibration and Carbon

Cycle Studies

DISSERTATION

submitted in partial satisfaction of the requirements

for the degree of

DOCTOR OF PHILOSOPHY

in Earth System Science

by

Alexandra L. Noronha

2014

Dissertation Committee:

Dr. Kathleen Johnson, Chair
Dr. John Southon

Dr. Claudia Czimczik

Dr. Ellen Druffel



Chapter 2 (©) 2010 American Geophysical Union
Chapter 4 (C) 2012 Elsevier
Chapter 5 (C) 2014 Elsevier

All other materials (©) 2014 Alexandra L Noronha



TABLE OF CONTENTS

Page

LIST OF FIGURES v
LIST OF TABLES viii
ACKNOWLEDGMENTS ix
CURRICULUM VITAE xi
ABSTRACT OF THE DISSERTATION xiii
1 Introduction 1
1.1 Introduction . . . . . . . . . ... 1
1.2 Current state of knowledge of the history of Earth’s atmospheric *C 2

1.3 C as a tracer of the deglacial carbon cycle . . . .. ... ... ... .... 4
1.4 Development of speleothem-based records of atmospheric 4C . . . . . . . .. 6

2 Resolving the cause of large differences between deglacial benthic foraminifera

radiocarbon measurements in Santa Barbara Basin 10
2.1 Abstract . . . . . . .. 10
2.2 Introduction . . . . . . . ... 11
2.3 Methods . . . . . . e 14
2.4 Results . . . . . . e 16
2.5 Discussion . . . . . ... 18
2.6 Conclusion . . . . . . . . .. 22
2.7 Acknowledgments . . . . . ... 23
3 Preliminary results of *C measurements of New Zealand Kauri (Agathis
australis) covering the Younger Dryas Interval 27
3.1 Introduction . . . . . . . . . .. 27
3.2 Methods . . . . . . . 29
3.3 Results and Discussion . . . . . . . . ... 34
3.4 Conclusion . . . . . . . . e 42

4 A high-resolution record of atmospheric *C based on Hulu Cave speleothem
HS82 44
4.1 Abstract . . . . . .. 44

i



4.2 Introduction . . . . . . . . 45

4.3 Materials and Methods . . . . . . . . . . ... . 50
4.4 Results . . . . . . . 53
4.4.1 H82 Age Model . . . . . . .. 53
4.4.2 Depth Adjustments . . . . . .. .. ... 54
443 MCAges. . . ... 57
4.4.4 Interpolated #°Th ages and uncertainties . . . . . . . . .. ... ... 57
4.4.5 Depth-based calendar age uncertainties . . . . . . . .. . .. .. ... 58
4.46 DCF correction . . . . . . . . . . .. 61
4.4.7 Comparison with H82 high-resolution §'¥0 records . . ... ... .. 62
4.5 Discussion . . . . . .. 64
4.5.1 Stability of the H82 dead carbon fraction . . . . . . . . ... ... .. 64
4.5.2 Comparison with other 4C calibration data . . . . . ... ... ... 69
4.5.3 The timing and origin of deglacial pCOy increase . . . . . . .. . .. 73
4.5.4 High-resolution 6*¥O data . . . . . . . . ... ... ... ... ... 75
4.6 Conclusion . . . . . . . . . 75
4.7 Acknowledgements . . . . . ... 76
Assessing influences on speleothem dead carbon variability over the Holocene:
Implications for speleothem-based radiocarbon calibration 77
5.1 Abstract . . . . . . . 7
5.2 Imtroduction . . . . . . ... 78
5.2.1 Calibration of atmospheric radiocarbon . . . . . . . . .. ... .. .. 78
5.2.2 Speleothem-based records of atmospheric radiocarbon . . . . . . . .. 80
5.3 Study location and methods . . . . . . . ... ... L 85
54 Results . . . . . . . 90
5.5 Discussion . . . . ... e 92
5.5.1 Climatic influences on DCP during the mid-Holocene . . . . . . . .. 92
5.5.2  Climatic influences on DCP during the 8.2 kaevent . . . . . . . . .. 96
5.5.3 Mineralogically-driven shifts in DCP . . . . . ... .. .. ... ... 100
5.6 Conclusions . . . . . . . . . e 103
5.7 Acknowledgements . . . . . ... ..o 104
Speleothem *C bomb peak evidence for subterranean microbial produc-
tion of CO, as the dominant source of speleothem carbon 107
6.1 Introduction . . . . . . . . . . 107
6.2 Site and sample description . . . . ... 111
6.3 Methods . . . . . . . . 112
6.3.1 Speleothem calcite . . . . . .. ... ... ... ... ... .. ... 112
6.3.2 Soil organic matter . . . . . .. ... oL L 113
6.3.3 Soil COg . . . . . . 113
6.3.4 Tree ring record of atmospheric C . . . . . . ... ... .. ... 114
6.3.5 Isotopeanalysis . . . . . . . . ... 115
6.3.6 Soil Carbon Model . . . . . . .. .. ... ... ... 115
6.4 Results. . . . . . . 120

il



6.4.1 Measurements . . . . . . . .. 120

6.4.2 Geochemical box model . . . . . .. ... ... .. ... .. .. ... 124

6.5 Discussion . . . . . . . .. 125

6.5.1 Heshang Cave soil carbon . . . . . . .. ... ... ... ... .. .. 125

6.5.2 The sources of speleothem carbon . . . . . . . . . ... ... ... .. 130

6.6 Implications for speleothem-based 4C calibration . . . ... ... ... ... 135

6.7 Conclusion . . . . . . . . . 136

7 Conclusions and Future Work 139

Bibliography 142
A A comparison of cellulose extraction and ABA pretreatment methods for

AMS “C dating of ancient wood 161

Al Abstract . . . . . .. 161

A2 Introduction . . . . . . . . . 162

A3 Methods . . . . . . . . e 164

A4 Results . . . . . . . e 168

A5 Discussion . . . . ... 172

A.6 Acknowledgements . . . . . .. ..o 176

A7 References . . . . . . . . 176

v



2.1

2.2
2.3

3.1

3.2

3.3

3.4

3.5

3.6

3.7

LIST OF FIGURES

Page

The *C results from mixed-assemblage foraminifera samples measured at Kiel
and LLNL in previous studies. . . . . . . . . . ... . ... ... ... 13
The 4C results from this investigation, with data points from previous studies. 16
The §'3C results from this study. Data are reported in standard delta notation
as per mil deviations from the Vienna Pee Dee belemnite standard. . . . . . 17

14C results (pMC) for samples pretreated to holocelluose using different brands

of sodium chlorite. . . . . . . . . . .. 32
14C results (pMC) for samples pretreated to holocelluose dried in air and a
VACUUIM OVEIL. . . o v v v v et e e e e e e e e e e e 33

YD Kauri (black) wiggle matched to the tree rings included in IntCall3
(Reimer et al., 2013) (red) in units of both C yrs and AMC. The youngest
ring has been placed at 11,650 yr BP. . . . . . . . . .. ... ... 35
N-S offset during the Common Era (0-1950 AD) based on the difference be-
tween IntCall3 (Reimer et al., 2013) and SHCall3 (Hogg et al., 2013a) (red),
plotted with the cumulative anthropogenic carbon emissions (Boden and An-
dres, 2013) (blue). . . . . . . . . 37
YD kauri record as placed in Figure 3.3, with atmospheric records including
IntCall3 tree rings, Lake Suigetsu (Bronk Ramsey et al., 2012) macrofossils,
and the Huon Pine (Hua et al., 2009). Also included is the Hulu Cave, H82,
speleothem-based record (Southon et al., 2012). . . . . . ... ... ... .. 39
YD kauri record plotted with IntCall3 tree rings and IntCall3 marine records
(Reimer et al., 2013). Marine records have been corrected using a constant
pre-bomb reservoir age. Systematic differences between the tree ring records
and the marine records suggest changes in marine reservoir ages at the onset

of the YD. . . . . . . 40
YD Kauri and tree rings included in IntCall3 detrended and plotted with a
scaled record of atmospheric °Be production rates. . . . .. ... ... ... 41



4.1

4.2

4.3

4.4

4.5

4.6

4.7

4.8

5.1

5.2

5.3

The H82 speleothem: two photographs showing sampling done for this project.
The speleothem was removed from Hulu Cave in two separate expeditions as
Piece A and one continuous Piece B4+C, which later broke into two sections.
Piece D is a 1 cm slice taken from the right-hand side of piece A, as is evidenced
by the matching scars. Pieces B, C, and D were sampled using a trench and
wall method as described in the text. Trench and wall sampling for the upper
138mm was carried out on a different quadrant (not shown). Pieces A, B, and
C were also sampled off axis using a 3mm ID coring drill. . . . . . . . . . ..
A. Age model for H82 based on UeTh measurements from this study (Trench
and wall sampling) plus earlier work (Old chronology) e see text. B. Age
model after depth adjustments for consistency between samples from different
quadrants and slabs of H82 calcite as described in the text. . . . . . . . . ..
4C measurements on the H82 speleothem plotted with and without DCF
correction against an extended tree ring data set: IntCal09 tree rings (Reimer
et al., 2009) plus Huon Pine (Hua et al., 2009) and Allerd Pine (Kromer et al.,
2004). Tree ring - H82 age differences are shown at the base of the plot, with
a grey bar representing the +50 year DCF uncertainty derived from the H82
- IntCal09 comparison. . . . . . . .. ..
High resolution H82 ¢80 record from Wu et al. (2009), which incorporates
the earlier dataset of Wang et al. (2001), plus “spot” H82 d180 data from
this study, on a timescale based on the age model shown in Fig. 2B . . . . .
Bahamas speleothem (Beck et al., 2001; Hoffmann et al., 2010) and H82 4C
recordS. . . ...
1C from H82, plus sedimentary “C records from the Cariaco Basin (Hughen
et al., 2006) and Lake Suigetsu (Kitagawa and van der Plicht, 2000). . . . .
All coral "C records included in IntCal09 (Reimer et al., 2009) plus "C
data from the Iberian Margin sediments (Bard et al., 2004) and H82. Pacific
coral records are indicated by green symbols (see legend for details); Atlantic
(Barbados) corals are shown inred. . . . . .. ... ... ... L.
AC for the H82, Bahamas and Cariaco records, plus pCO, data from Dome
C, Antarctica (Monnin et al., 2001) placed on the layer-counted GISP2 Green-
land ice core timescale via synchronization of methane records (Marchitto
et al., 2007). . . . L

Comparison of period of overlap between existing speleothem-based re- con-
structions of atmospheric *C H82 Hulu Cave (filled red circles), GB-89-
24-1 Bahamas speleothem (open green circles), and GB-89-25-3 Bahamas
speleothem (filled blue circles) and tree ring records of atmospheric C in-
cluded in IntCall3 (black dashes)) . . . . . . .. ... .. ... ... .. ..
Comparison of the HS4 C record (open blue circles) and the DCF corrected
HS4 'C record (filled red circles) with IntCall3.) . . .. ... .. ... ...
Comparison of HS4 DCP (black) and precipitation at HS4 based on the A§*®O
record from Hu et al. (2008b) (red). A§'®O has been recalculated using HS4
on the StalAge model presented in this text. Grey bars show the means of
the regimes identified with the sequential t-test method (Rodionov, 2004) . .

vi

60

91



5.4

5.5

6.1
6.2
6.3

6.4
6.5

6.6

Plot of DCP and 60 in the interval defined by the 8.2 ka event. Top panel
shows high-resolution measurements of DCP at 8.2 ka event as small open
circles and lower resolution measurements as larger open circles. Bottom panel
shows high-resolution §'¥0 measurements covering the 8.2 ka event (Liu et al.,
2013) without markers and lower resolution 6'*0O measurements in the interval
(Hu et al., 2008b) shown with open circles. Both §'80 records are plotted on
the StalAge age model presented in this manuscript. U-Th ages defining this
interval, including the 10 Bayesian OxCal corrected ages,are shown at the top
of the figure. . . . . . . . . L
Comparison of (a) HS4 DCP, (b) Mg/Ca concentration (g/g), (c) §3C (%o V-
PDB), (d) 6'®*0 (%oV-PDB), and (e) ***U concentration (ppm). U-Th dates
with 20 error bars are shown at the top of the figure. All data sets are plotted
using the StalAge age model presented in this text. . . . . .. ... ... ..

Results of local tree ring record and atmospheric **CQO, at Heshang Cave, and
speleothem and glass plate calcite *CO,. . . . . . . . . ... ... ...
Isotopic measurements of soil CO,. a) *CO, by depth b) §'3C of soil CO, by
depth . . . o o
Heshang Cave bulk SOM “C activities. . . . . . . . ... ... ... .....
Soil pCOg videpth . . . . . . . . o
Results of speleothem '*C bomb peak modeling. Black line is regional at-
mospheric 1*C record from Hua et al. (2013) used for the bomb peak record
shown on the same plot. Speleothem measurements are shown in black circles.
Redline shows the modeled best fit and grey lines are the good fits. . . . . .
Observed clean atmospheric **CO, (courtesy of X. Xu) and local atmospheric
400, with Heshang Cave soil *COy. . . . . . . .. . ... ... ... ...

vil



2.1

5.1
5.2

6.1

6.2

LIST OF TABLES

Page

Carbon-14 Data for ODP 893A Showing Deglacial Mixed Planktonic and
Mixed Benthic Results From Hendy et al. (2002)and Sarnthein et al. (2007),

Plus New !4C Data From This Study® . . . ... ... . ... ... ..... 23
OxCal Bayesian ages. . . . . . . . . . .« 88
StalAge age model and radiocarbon measurements. . . . . . .. ... .. .. 104

Speleothem bomb peak records referred to in this text. Modified from Table

1 in Rudzka-Phillips et al., 2013 . . . . . . . . . . ... ... ... .. 120
Modeling results for the 14 speleothem records described in Table 6.1. P;=Percent
of total SOM, F;=Percent of total CO, flux, 7,=Turnover time in years, P;,

F;, 7 represent the parameters for the best model fit. Mean F; are the mean

and standard deviation of the percentage of the CO4y flux derived from root
respiration and organic material with 7 <1 year for the model solutions with
residuals that were <5% greater than the best fit. n<5%=the number of model
solutions with residuals <5% greater than the best fit. n<1955 is the number

of stalagmite *C measurements in the pre-bomb interval. Speleothems that

have only one measurement in the pre-bomb interval have DCP values given

with no associated uncertainty, as the given uncertainties in DCP are the
standard deviation of the differences between atmospheric 4C and pre-bomb
speleothem C. Min soil CO, is the minimum age of soil CO, of the good fits. 137

viii



ACKNOWLEDGMENTS

Chapter 2:, is a reproduction of an article as it appears in Paleoceanography 2010. Magana,
Alexandra L.; Southon, John R.; Kennett, James P; Roark, E. Brendan; Sarnthein, Michael,
Stott, Lowell D., American Geophysical Union, 2010. The dissertation author is the primary
investigator and author of this paper.

Chapter 4:, is a reproduction of an article as it appears in Quaternary Science Reviews
2012. Southon, John R.; Noronha, Alexandra L.; Cheng, Hai; Edwards, R. Lawrence; Wang,
Yongjin, Elsevier, 2012. The dissertation author is one of the primary investigators and
authors of this paper.

Chapter 5:, is a reproduction of an article as it appears in Earth and Planetary Science
Letters 2014. Noronha, Alexandra L.; Johnson, Kathleen R.; Hu, Chaoyang; Ruan, Jiaoyang;
Southon, John R.; Ferguson, Julie E., Elsevier, 2014. The dissertation author is the primary
investigator and author of this paper.

Chapter 6:, in part, is being prepared for publication. Noronha, Alexandra L.; Johnson,
Kathleen R.; Southon, John R.; Hu, Chaoyang; Ruan, Jiaoyang; McCabe-Glynn, Staryl,
The dissertation author is the primary investigator and author of this paper.

The appendix:, is a reproduction of an article as it appears in Radiocarbon 2010. Southon,
John R.; Magana, Alexandra L., University of Arizona, 2010. The dissertation author is one
of the primary investigators and authors of this paper.

[ am grateful for the financial support I received through a National Science Foundation

East Asia Pacific Summer Institute Fellowship (2011).

I have been exceptionally lucky to have many mentors over the course of my academic career,
without which I would not be submitting this finished work. Before UCI, as an undergrad
geology student at UC Santa Barbara, the work I did under the mentorship of Jim Kennett
and Frank Spera made me realize how central the accuracy of the radiocarbon calibration
curve is to so much of what we know about Earth’s recent history. I thank them both for

their generosity with their time, and in helping set me on my way as a young scientist.

Accordingly, I came to UC Irvine because I wanted to work on radiocarbon calibration,

and John’s willingness to take me on as a student gave me the opportunity to engage with

X



calibration work in a way that would not have been possible anywhere else. I am so grateful
for the countless hours and apparently infinite patience John has had for me over these
past six years. John has always been available to talk through any of the thoughts that are

bouncing around my head, and his generosity has been absolutely central to my success.

Similarly, Kathleen has been endlessly patient and supportive - seeing me through from a
student on my first trip to China, doubting the wisdom of my choices, to today as we continue
to work on truly exciting research together. I'm so glad to have been a part of her nascent
lab at UCI. She has always pushed me just the right amount to get out of my comfort zone,
and it’s with those nudges that I'’ve had many of my most proud successes over these past

years.

I'd like to thank the numerous others at UCI ESS who have made my time at UCI so fruitful
- Ellen Druffel, Claudia Czimczik, Xiaomei Xu, Guaciara dos Santos, Julie Ferguson, Shelia
Griffin, my fellow graduate students, and postdocs, that I’ve had the pleasure of getting
to know, my many collaborators, and the members of the community that I have met at

conferences and short courses.

And, of course, I must thank Rodrigo. From the being my steadfast partner and an endless
source of support, to the hours he spent patiently helping me to learn to write better code
- Rodrigo contributed much to my success and makes me a better person in countless ways.
From when we met as couple of freshman, to today as we head out on our next big adventure,

I'm so glad it was you that was building a life with me.



CURRICULUM VITAE

Alexandra L Noronha

EDUCATION

Doctor of Philosophy in Earth System Science

University of California Irvine

Bachelor of Science in Geological Sciences

University of California, Santa Barbara

REFEREED JOURNAL PUBLICATIONS

Assessing influences on speleothem dead carbon vari-
ability over the Holocene: implications for speleothem-
based radiocarbon calibration

Earth and Planetary Science Letters

The New Zealand Kauri (Agathis Australis) Research
Project: A Radiocarbon Dating Intercomparison of
Younger Dryas Wood and Implications for IntCal

Radiocarbon

A high-resolution record of atmospheric *C based on
Hulu Cave speleothem HS82

Quaternary Science Reviews

x1

2014
Irvine, CA

2007
Santa Barbara, CA

2014

2013

2012



Resolving the cause of large differences between
deglacial benthic foraminifera radiocarbon measure-
ments in Santa Barbara Basin

Paleoceanography

A Comparison of Cellulose Extraction and ABA Pre-
treatment Methods for AMS '*C Dating of Ancient
Wood

Radiocarbon

xil

2010

2010



ABSTRACT OF THE DISSERTATION

Resolving the History of the Earth’s Atmospheric Radiocarbon for Calibration and Carbon

Cycle Studies

By

Alexandra L Noronha

Doctor of Philosophy in Earth System Science

University of California, Irvine, 2014

Dr. Kathleen Johnson, Chair

Reconstructing the history of Earth’s atmospheric radiocarbon (*C) through the detection
limit has been a long term goal of the scientific community, because of the usefulness of
14C as a chronometer for records of Quaternary Earth history, and because variations in
atmospheric 1*C are, in part, recorders of changes in Earth’s carbon cycle. This dissertation
represents the result of work that aims to reconstruct the history of Earth’s atmospheric
14C, both through studies of intervals of interest to the climate-carbon feedback cycle in the
deglacial interval, and through attempting to develop speleothem records of atmospheric 1*C
in older intervals where knowledge of atmospheric *C is currently lacking. The major results
of this dissertation include a record of deglacial ventilation ages in the Santa Barbara Basin.
This record demonstrates that the hypothesized “old water” mass thought to have been re-
sponsible for the deglacial atmospheric CO; rise and concurrent A*C decline is unlikely to
have existed in the Santa Barbara Basin. Also included in this dissertation is the result of
work to reconstruct atmospheric 4C during the Younger Dryas climate event based on New

Zealand kauri. The remainder of the dissertation is composed of works that aim to develop

xiil



speleothem-based records of atmospheric *C, and to understand carbon incorporation in
speleothems. These works demonstrate that there do exist some speleothems, most notably
Hulu Cave H82, that have low and stable dead carbon incorporation and are are valuable
sources of records of atmospheric 1*C. Records speleothem *C from Heshang Cave HS4 sug-
gest that increases in precipitation drives increases in speleothem dead carbon incorporation
through shifting carbonate dissolution to a more closed system regime, though decreases
in precipitation do not appear to drive proportional decreases in speleothem dead carbon.
Modern monitoring of cave carbon cycling at Heshang Cave and modeling of speleothem
bomb peak records indicates that speleothem carbon is likely derived primarily from de-
composition of down-washed soil organic matter in the deep vadose zone, and that organic

matter in karst settings may be much older than organic matter in sites studied previously.
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Chapter 1

Introduction

1.1 Introduction

Ice core records of the past 800 ka record glacial/interglacial cycles in atmospheric pCOs,
and show a tight relationship between atmospheric pCOs, ice volume, and global tempera-
ture. However, in spite of the clear importance of atmospheric pCO, as a driver of global
climate, the mechanism driving glacial /interglacial cycles of atmospheric pCOs is still largely
unknown. Understanding the drivers of glacial /interglacial atmospheric pCOs is perhaps the
most important question in paleoclimatic research, and the continued development of our
understanding of the relationship between the global carbon cycle and climate change in this

current period of rapid anthropogenically driven climate change is essential.

The reconstruction of a radiocarbon (**C) record that directly samples atmospheric CO,
through the last glacial cycle, tied to a robust independent timescale, has been a long-time
goal of the scientific community for two key reasons. First, 1C measurements are used to
create chronologies for records of Earth systems history, but dates must be calibrated to a

calendar age to correct for offsets between “C age and calendar age due to changes in the



production rate and partitioning of **C in the Earth system. Second, these same fluctuations
in atmospheric 1“C that present a complication to *C based calendar chronology are valuable
records of the changes in Earth’s carbon cycle. The focus of this dissertation is to contribute
to the effort to improve the understanding of the history of the Earth’s atmospheric *C,
on a variety of timescales, as well as intervals of importance in the carbon-climate feedback
cycle, for both the improvement of understanding the history of Earth’s carbon cycle and

the *C calibration curve.

1.2 Current state of knowledge of the history of Earth’s

atmospheric *C

Soon after the development of the “C dating method, for which Willard Libby was given the
Nobel Prize for Chemistry in 1960, it was recognized that “!*C time” deviates from calendar
time (Suess and Linick, 1990). This deviation arises from the assumption of constant past
atmospheric 1“C concentrations made in the calculation of conventional 14C age. Atmospheric
14 concentrations have changed significantly over the past 50 ka, driven by both changes in
both the production rate of *C in the upper atmosphere, and the distribution of carbon in
reservoirs of the Earth system and rates of exchange between these reservoirs. The long term
decreasing trend is due to a long period of decreased shielding effect of the geomagnetic dipole
field, and most of the high frequency changes are due to magnetic fluctuations of solar origin
(Bard, 1998). Climatically driven changes in the Earth’s carbon cycle are also apparent in

records of atmospheric 4C, especially during the deglacial interval.

Because C is an important source of calendar chronologies, the current knowledge of at-
mospheric “C is conveniently summarized by the calibration curve, IntCal (Reimer et al.,

2013). Records of *C dendrochronological dated tree ring are considered the most robust



records of atmospheric 1*C because they directly incorporate atmospheric CO5 during photo-
synthesis and have high-resolution independent chronologies. Tree ring records from central
and northern Europe are the basis of the most recent IntCall3 *C calibration curve to 13.9
ka (Reimer et al., 2013). Before this time, regional climate conditions were less hospitable
to trees, and the tree ring records are no longer the basis of 14C calibration curves, although
there are some floating tree ring chronologies that cover earlier intervals (e.g. Turney et al.,

2007; Muscheler et al., 2008; Kromer et al., 2004; Hua et al., 2009; Hogg et al., 2013b).

The only true non-tree ring record of atmospheric “C extending beyond 13.9 ka is a record
from Lake Suigestu, Japan, which is based on macrofossils paired with a varve counting
chronology (Kitagawa and van der Plicht, 1998a, 1998b, 2000, Staff et al., 2010, Bronk
Ramsey et al., 2012) and covers the interval 0-52.8 ka. The Lake Suigetsu record presented by
Kitagawa and van der Plitch (1998a, 1998b, 2000) showed significant divergences from other
atmospheric 4C reconstructions prior to ~25 ka, which was found to be due to incomplete
core retrieval during sampling (Staff et al., 2010). A new set of overlapping cores was taken
and a new, high-resolution record with an improved chronology has been constructed. This
new record displays large scatter in the 4C ages due to small sample sizes in the interval
>28 ka, as well as large uncertainty in the layer-counting age model (Bronk Ramsey et al.,
2012). Nonetheless, the Lake Suigetsu '*C record provides a valuable “backbone” for the

atmospheric “C record, which is refined by a variety of other **C records.

In the absence of true atmospheric records, the majority of calibration efforts have been
focused on marine sediment records with a constant correction applied to account for the
marine reservoir effect - the offset between the concentration of *C in the ocean and the
atmosphere. The marine records included in IntCall3 include both marine sediment and
coral records. The marine sediment records are based on foraminifera from the Cariaco
Basin (Hughen et al., 2006), the Iberian Margin (Bard et al., 2004), and the Pakistan Margin

(Bard et al., 2013) tuned to the Hulu Cave speleothem 6'®0O record (Wang et al., 2001) to



establish a calendar chronology for the unvarved sections. The coral records are U-Th dated
and are sourced from from both the tropical Pacific (Bard et al., 1990, 1998a, 2004; Edwards
et al., 1993; Burr et al., 1998, Burr et al., 2004, Cutler et al., 2004, Durand et al., 2013) and

tropical Atlantic (Fairbanks et al., 2005).

The newest addition to IntCal is speleothem-based records of atmospheric 4C. Speleothem
are cave carbonate deposits, which have long been used in paleoclimate research, and have
recently been of great interest as records of atmospheric “C. Records from submerged
speleothems from the Bahamas (Beck et al., 2001 and Hoffmann et al., 2010) as well as
a record presented in this dissertation from Hulu Cave (Southon et al., 2012) were included

in IntCall3.

1.3 ™C as a tracer of the deglacial carbon cycle

During the last deglaciation, the interval spanning from to Last Glacial Maximum (~ 21 ka)
to the beginning of the Holocene (11.7 ka) atmospheric pCOs increased by 80 ppm, while
atmospheric A™C decreased by 400%o. These changes were not monotonic, but instead the
bulk of the rise occurred during two abrupt climate stadial events - Heinrich Event 1, a
period also referred to as the “Mystery Interval” (Denton et al., 1999), and the Younger
Dryas (YD). Reconstructions of Earth’s magnetic field strength show that the field has
strengthened over the last 40 ka, which lowers the production rate of **C (Laj et al., 2002).
Changing production rate can account for some, but not all, of the decline in atmospheric

14C, the remainder is thought to be largely driven by changes in ocean ventilation (Broecker

and Barker, 2007).

The current hypothesis for the source of the large increase in atmospheric pCO, and con-

current decrease in atmospheric *C during the Mystery Interval is the so called “old water”



hypothesis. The old water hypothesis suggests that during the last glacial period, the abyssal
ocean was poorly ventilated, leading to the isolation of a deep water mass in which *C de-
cay dominated. At the termination of the glaciation this old water mass was upwelled at
intermediate depths and mixed with the rest of the ocean, leading to increasing differences
followed by sudden reductions in the difference between surface and bottom water ages.
These differences in *C ages are apparent in differences between benthic and planktonic
foraminifera. Chapter 2 of this dissertation presents the published manuscript of a study of
benthic-planktonic 4C age differences in the Santa Barbara Basin, CA during the Mystery
Interval Magana et al. (2010). A previous study by Sarnthein et al. (2007) showed large
benthic-planktonic *C age differences in the Santa Barbara Basin during the last deglacia-
tion. If these measurements could be confirmed, they would provide valuable information
about the transport pathway and upwelling pattern of the old water mass. The result of this
work shows that large interspecies differences in benthic taxa exist, and ultimately show no

evidence of a “C depleted water mass in the basin during the Mystery Interval.

Although being critically important for understanding carbon cycle changes, at present
knowledge of atmospheric *C during the YD interval is quite limited. In the most cur-
rent IntCal, there is a “gap” in the tree ring records where the interval 11.8 - 12.2 ka is
defined by only 3 points. The highest resolution record in this interval is the marine-based
Cariaco Basin record, but recent studies have shown that the reservoir age in the Cariaco
Basin changed drastically during the YD. These changes in reservoir ages highlight the need
for high-resolution, true atmospheric records during the YD interval in order to understand
the feedbacks between the carbon cycle and climate during abrupt climate change, as well

as for establishing chronologies for YD paleoclimatic and paleoecological records.

Chapter 3 of this dissertation represents work that was done to develop a record of atmo-
spheric *C covering the YD interval based on subfossil kauri extracted from bogs in Northern

New Zealand. The chapter describes the preliminary results of the work on the YD Kauri



undertaken at UCI. Work on this project is still underway as a collaboration between several
labs as reported by Hogg et al. (2013b). The results tentatively show that the majority of
the centennial scale variations in atmospheric *C during the YD interval can be explained

by changes in **C production rate.

1.4 Development of speleothem-based records of atmo-

spheric “C

Chapters 4-6 of this dissertation concern the use of speleothems as records of atmospheric 4C.
Recently, there has been interest in using speleothems to create records for 4C calibration
(e.g. Beck et al., 2001; Weyhenmeyer et al., 2003; Dorale et al., 2008; McDermott et al.,
2008; Hoffmann et al., 2010; Southon et al., 2012). Speleothems hold some key advantages

over floating tree rings, varved chronologies, and marine records:

1. They can be precisely and absolutely dated using U-Th methods (Richards and Dorale,
2003)

2. Their fast growth rates, highly resolvable stratigraphy, and excellent preservation allow

for high-resolution *C measurement over the entire 4C dating range
3. They may be a more direct recorder of atmospheric *C than marine records

4. They are widely used for paleoclimate reconstruction (Fairchild et al., 2006) so access
to numerous U-Th dated samples is possible and will allow for replication of records

and direct comparison with climate proxy data.

There are, however, several complicating factors affecting speleothem-based “C calibrations

that stem from the way that speleothems are formed.



Formation of speleothem calcite is driven by CO, degassing of cave drip water that has
accumulated carbon from the soil and bedrock. Meteoric waters equilibrate with soil COq

to form carbonic acid:

CO, + H,0 — H,CO,

This weak acid causes dissolution of the cave host limestone bedrock as water moves through
the epikarst:
H,CO, + CaCO, — Ca®t +2HCO;

Because of lower pCO, of cave air relative to the drip water, CO, degassing is initiated as

drip water moves into the cave:

Ca’t + 2HCO; — CO, + H,0 + CaCO,

Consequently, 4C in speleothem calcite is offset from contemporaneous atmospheric “4C
because a proportion of speleothem carbon comes from soil CO, derived from decomposition
old soil organic matter (SOM) and from '*C-free “dead carbon” from the bedrock. The
offset between speleothem “C and contemporaneous atmospheric *C has been referred to
in a variety of different ways in the literature, including the published manuscripts in this
dissertation. In the published manuscript presented in Chapter 4, the offset is referred to
as the dead carbon fraction (DCF), which is an offset in *C years. In Chapters 5 and 6
the offset is referred to as the dead carbon proportion (DCP) as a percentage as defined by

(Genty and Massault, 1997), but also as a “correction” or “offset” with units of C years.

Despite the potential for variable DCP to complicate speleothem-based reconstructions of
atmospheric “C, speleothem 4C records have, as is demonstrated in this dissertation, been
used to provide valuable constraints on the calibration curve during intervals where true
atmospheric *C data are limited. An example of the usefulness of speleothem-based records

for improving our understanding of atmospheric “C is the results of combining the true



atmospheric measurements from Lake Suigetsu, with the robust calendar chronologies of
speleothem 4C records. While the Lake Suigetsu record has the advantage of being a true
atmospheric C record, the inherent uncertainty in varve counting chronology limits the cer-
tainty of the calendar chronology in older sections. Speleothem records provide the advantage
of having robust absolute calendar chronologies based on U-Th dating and comparison be-
tween speleothem-based records of atmospheric *C provides a way to correct for the drift

in the Lake Suigetsu varve counting chronology (Bronk Ramsey et al., 2012).

Chapter 4 of the dissertation represents a published manuscript of a record of atmospheric
140 based on the Hulu Cave speleothem H82 that was included in IntCal13. DCP in H82 is re-
markably low and stable, suggesting the great potential of speleothem-based 4C calibration.
While the H82 record demonstrates the utility of speleothem-based records of atmospheric
14, it also highlights the importance of developing an understanding of speleothem DCP.
Understanding the controls of the variability in, or stability of, dead carbon incorporation is
a necessary prerequisite to being able to reliably interpret speleothem *C records as records

of atmospheric *C.

Accordingly, Chapter 5 is a study that seeks to understand variability in dead carbon in-
corporation in a Holocene speleothem, HS4 from Heshang Cave, China. The Holocene
represents the interval where atmospheric *C is best known based on dendrochronologi-
cally dated trees, allowing for precise identification of changes in speleothem DCP. HS4 is
a good candidate to understand variability in speleothem dead carbon incorporation over a
wide range of climatic conditions, as Heshang Cave lies in the East Asian Summer Monsoon
region, a location that has likely experienced large changes in precipitation in response to
changing Northern Hemisphere summer insolation over the Holocene. This study showed
an increase in speleothem DCP during the warmer, wetter, mid-Holocene interval. The de-

crease in DCP during the colder, drier, 8.2 ka event was not proportional to the increases



in the mid-Holocene, suggesting that speleothem DCP may be less sensitive to decreases in

precipitation than increases.

Chapter 6 is a study of modern soil carbon processes at Heshang Cave. This chapter argues
that the shape of the 20" century atmospheric '*C bomb peak recorded in speleothems indi-
cates that speleothem carbon is not derived from COs in the shallow soils commonly found
in karst terrains, but instead from decomposition of soil organic matter deep in the vadose
zone. This hypothesis may help to explain some of the stability observed in speleothem DCP
despite large changes in climate, as the deep vadose zone is insulated against large changes

in climate at the Earth’s surface.

Chapters 5 and 6 are the beginning of a more complete understanding of the controls of
speleothem DCP, and the role of soil carbon in karst settings in the global carbon cycle.
Chapter 7, the final chapter of this dissertation, suggests some of the directions that future

research in understanding speleothem DCP and carbon cycling in karsts might take.



Chapter 2

Resolving the cause of large
differences between deglacial benthic
foraminifera radiocarbon

measurements in Santa Barbara Basin

2.1 Abstract

To better understand the deglacial upwelling pattern in the east Pacific, we have made radio-
carbon (1*C) measurements on benthic foraminifera and macrofauna from a 3.5 m long inter-
val in ODP Core 893A from Santa Barbara Basin, California, representing early deglaciation.
This work serves to investigate the source of apparent disagreement between radiocarbon
data sets from Leibnitz Laboratory, Kiel University (Kiel) and Carbon Center for Accelerator
Mass Spectrometry, Lawrence Livermore National Laboratory (LLNL). These data sets are

based on measurements of mixed benthic and mixed planktonic foraminifera. Interlaboratory
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1 results are similar for the planktonic foraminiferal analyses; however, Kiel measurements
on mixed benthic foraminifera are much older than mixed benthic measurements from equiv-
alent depths measured at LLNL. Our new results show distinct 4C differences between taxa,
with Pyrgo sp. giving ages consistently older than Kiel measurements on mixed benthic taxa,
while ages for Nonionellina sp., Buliminella sp., Uvigerina sp., and benthic macrofauna were
much younger, even younger than the LLNL mixed benthic data. The new data supports
benthic-planktonic age offsets of no more than 300 years, indicating that bottom waters
within the basin remained significantly younger during early deglaciation than some previ-
ous results have suggested and are thus consistent with sedimentary and faunal evidence for

well-oxygenated conditions.

2.2 Introduction

Foraminiferal benthic-planktonic (B-P) radiocarbon (14C) age differences have provided key
information in reconstructing changes in ventilation rates of the deep ocean over the last
glacial cycle. Recently, extreme radiocarbon depletions have been observed in benthic
foraminifera from early deglacial intervals of marine sedimentary cores from Baja California
(MV99-MC19/GC31/PC08 23.5°N, 111.6 °W; 705 m water depth) (Marchitto et al., 2007),
and the Galapagos Islands (VM21-30 1°13‘S 89°410W; 617 m water depth) (Stott et al.,
2009). These old benthic *C ages may be evidence of a water mass, previously isolated
in the deep ocean, moving through the Pacific at intermediate depths during deglaciation.
Marchitto et al. (2007) linked these changes with a low-A4C excursion in Eastern Pacific
lower thermocline waters, and hypothesized that they represented ventilation via the South-
ern Ocean of a previously isolated glacial deep water mass (Adkins et al., 2002), with massive
release of sequestered CO,. Breakdown of deep ocean stratification may have led to upwelling

in the Southern Ocean and outgassing of this water mass between 17.5 and 14.5 kyr. This
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outgassing is thought to be the cause of the deglacial 190%o decline in atmospheric A*C and
concurrent 40 ppm rise in atmospheric pCOs (Broecker and Barker, 2007). If confirmed, this
hypothesis of deep ocean carbon sequestration would provide a simple explanation for much
of the glacial drawdown of atmospheric pCO,. Several recent studies have reported B-P
differences of Last Glacial Maximum deep waters that are significantly larger than Holocene
values (Galbraith et al., 2007; Robinson et al., 2005; Sarnthein et al., 2007; Skinner et al.,
2010). However, evidence for an abyssal water mass of sufficient size and AC depletion
to account for the bulk of the deglacial A™C drop is still lacking (Broecker, 2009), and
the Southern Ocean upwelling locations and pathways of the upwelled water into the ocean

interior remains enigmatic (De Pol-Holz et al., 2010; Rose et al., 2010).

Measurements carried out by Sarnthein et al. (2007) at the Leibnitz Laboratory at Kiel Uni-
versity (Kiel) showed B-P “C age differences of ~2,000 yrs in a deglacial interval spanning
28-31.5 m below seafloor (mbsf) in Santa Barbara Basin (SBB) Ocean Drilling Program
Core 893A. Applying a late Holocene *C marine reservoir correction of ~650 years (In-
gram and Southon, 1996), this depth interval corresponds to the period ~18-17 kyr cal BP,
which is consistent with the presence of very old water in the basin during early deglaciation.
This event appears to precede the period of greatest A*C depletions off Baja California, but
Sarnthein et al. (2007)postulated a much larger deglacial reservoir correction than previously
used, which brings the Baja California and SBB events into synchronicity. These Kiel mea-
surements, however, disagree sharply with a previous set of 1*C data measured at Lawrence
Livermore National Laboratory (LLNL) on SBB foraminifera from the same interval in 893A
(Hendy et al., 2002). Shown in 2.1, 1*C measurements on mixed planktonic taxa from both
Kiel and LLNL are in close agreement, but LLNL measurements on mixed benthic taxa do

not display the same “C depletion shown by the Kiel data.

If the mixed benthic measurements made at Kiel can be confirmed to be representative of

the age of the bottom water in SBB during this interval, then SBB would represent the

12



18

17 1 A* +

—

-2
»

—0—

14C Kyr BP
—
15
—»—
>
ks
S -
-
e
_o_ +
>
_b_
-
>
_b_
.b_
e
-

14 - ﬁ%

13

27 28 29 30 31 32 33
Depth (mbsf)
AKiel Mixed Planktonics AKiel Mixed Benthics

OLLNL Mixed Planktonics ®|LNL Mixed Benthics
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and LLNL in previous studies.
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most northerly location of the *C depleted intermediate water mass so far observed. Re-
solving the discrepancy in B-P differences between these measurements is therefore critical
to understanding the transport path and upwelling pattern of this proposed water mass.
To investigate the source of the differences in these data sets, and to improve our knowl-
edge of *C in the SBB water column during deglaciation, we have conducted further 4C
measurement on 41 single taxa benthic samples, 6 mixed planktonic taxa samples, and 12
benthic gastropod and bivalve shell samples. Additionally, §'3C measurements were made

on aliquots reserved from 28 of the single taxa benthic foraminiferal samples.

2.3 Methods

Ocean Drilling Program core 893A was collected in 1993 from the Santa Barbara Basin,
California (34°17'N, 120°2'W, 576.5 m water depth) during Part 2 of Leg 146. Sediment
samples used in this project were sampled at 2 cm resolution in 2004, quickly disaggregated,
dried, and stored in glass vials at University of California Santa Barbara. To identify any
potential diagenetic explanations for the apparent disagreement between the data sets, we
analyzed benthic foraminifera using a Scanning Electron Microscope (SEM) equipped with
an EDX (Energy Dispersive X-ray spectrometer). SEM images reveal that the samples have
not undergone diagenetic CaCOj (calcium carbonate) replacement, though they do contain
overgrowths and crystals that were identified visually as CaSO, (gypsum) and confirmed
using EDX to determine sulfur. The conversion of CaCO3 material to CaSO, is a common
observation in organic rich sediment cores and in this case was likely a consequence of the long
time between 893A core collection and the sample washing to concentrate foraminifera. The
presence of such overgrowths and crystals has no impact on the *C measurements, and al-
though the formation of gypsum is sometimes associated with the destruction of foraminifera,

the SEM images showed no evidence of etching. Samples for the LLNL and Kiel data sets
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were picked with effort to select pristine specimens, discarding samples that contained pyrite
or significant discoloration. In this new study we resampled vials of 893A sediment that
had already been picked for foraminifera for at least two previous projects, including the
Kiel measurements. The remaining foraminifera in the samples generally occur in the size
class <250pm and >150pm, and often contained pyrite. Care was taken to exclude speci-
mens contaminated with tar, but because the samples have been heavily sampled previously,
all other specimens were collected regardless of their quality. Pyrgo sp. was particularly
abundant and large, often >425um. All benthic foraminiferal forms present in large enough
abundance to yield a single taxa *C measurement (>0.15 mg bulk foraminifera) were picked
and analyzed for **C and 6'*C. Six mixed planktonic samples from within the interval where
the previous data sets disagreed were also picked and measured for "*C as were 12 shell

samples of small deep water gastropods and bivalves.

Pretreatment chemistry and accelerator mass spectrometer (AMS) C measurements on
the new samples were carried out at University of California, Irvine (UCI) using methods
similar to those employed previously at LLNL and Kiel. Briefly, carbonate samples at all
three laboratories were pretreated by leaching (using HoO4 at Kiel and dilute HCI at UCI
and LLNL), hydrolyzed with H3PO,, and converted to graphite by iron-catalyzed hydrogen
reduction. 4C results were corrected for sample size dependent backgrounds based on results
from small modern samples and **C-dead blanks (spar calcite at LLNL and UCI, and Eemian

foraminifera at Kiel).

Stable isotope measurements were carried out at the University of Southern California (USC).
Foraminiferal samples were crushed in glass slides and pretreated according to the standard
USC protocol based on methods described by Barker et al. (2003). Bulk subsamples of 10-15
individuals were reserved from 23 of the single benthic taxa foraminifera samples used for 1*C
analysis (9 Nonionellina sp., 1 Buliminella sp., 10 Pyrgo sp., and 3 Uvigerina sp. samples)

and analyzed on a VG Prism mass spectrometer. Precision based on repeated measurements
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Figure 2.2: The “C results from this investigation, with data points from previous studies.

of an internal USC lab standard is 0.1%c¢. An additional 5 single specimens of Pyrgo were

individually analyzed to determine isotopic variability within the 2 cm sampling intervals.

2.4 Results

Apart from one unexplained outlier at 30.6 m, AMS *C data from LLNL, Kiel and UCI on
mixed planktonic samples are in good agreement, indicating that sample preparation and
measurement techniques at the three labs are closely equivalent (Table 1 and 2.2). Our
new results on benthic foraminifera show distinct large *C differences between taxa, with
Pyrgo sp. giving ages 2,000-2,500 years older than the planktonics, and measurements on

Nonionellina sp., Buliminella sp., and Uvigerina sp. yielding ages younger even than the
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Figure 2.3: The §'3C results from this study. Data are reported in standard delta notation
as per mil deviations from the Vienna Pee Dee belemnite standard.

LLNL mixed benthic data (Table 1 and 2.2). With few exceptions, the new measurements
on single taxa benthic foraminiferal samples and single benthic macrofauna result in B-P
offsets typically 300 years or less. Two measurements on Buliminella sp. samples at 29.5
and 31.0 m gave ages similar to mixed benthic data from Kiel, but were both extremely
small samples and have correspondingly large 1o uncertainties on the measurements of +

930 and £ 560 years, respectively.

§13C values for the 28-31.5 m interval show large variations between taxa (Table 1 and
2.3). The §'3C measurements on individual Pyrgo sp. tests within single 2 cm sampling
intervals varied widely between about —4 and —8%o, and bulk Pyrgo sp. measurements
(10-15 individuals combined) also showed large scatter. Bulk sample measurements on other

taxa showed higher §3C values between —1 and —3%o throughout the interval, apart from
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one Nonionellina sp. result at —4.6%o, and thus were clearly distinct from the Pyrgo sp.

data and less variable.

2.5 Discussion

This new “C data suggest that measurements from both Kiel and LLNL on mixed benthics
are biased old in the 28 to 31.5m interval, by about 1,500 and 300 years, respectively. Given
the very high sedimentation rate in SBB, (~4 m/1000 4C years) and the good agreement
between ages on single taxa benthic foraminiferal samples and individual benthic macrofauna,
the possibility seems remote of significant mixing of material of different ages in the sediment.
This suggests that the younger benthic ages are correct and that the offsets between mixed
benthic samples result from some taxa, Pyrgo sp. and almost certainly other infaunal forms,

being biased anomalously old, probably because of calcification in old pore waters.

The benthic samples measured at LLNL (examined by J.K. and B.R.) were made up pre-
dominantly of Bolivina sp. and Uwigerina sp. Although new measurements on Uvigerina
sp. samples in this study are closely equivalent to those of corresponding mixed planktonics,
only one of our Uvigerina sp. samples (at 30.4 m) came from the interval of apparent dis-
agreement. It is therefore possible that Bolivina and perhaps also Uvigerina sp. ages were
biased older during the interval of apparent disagreement. Mixed benthic samples measured
at Kiel were made up of a larger diversity of taxa, and notes of what was included are sparse,
but checks on sampling notes (by J.K.) indicate that at least two of the samples measured
at Kiel contained Pyrgo sp. The foraminifera were picked from vials that had already been
extensively sampled, and therefore Pyrgo sp. were included to help make up the necessary
weights for AMS “C measurements. Visual inspection of vial samples shows that Pyrgo
sp. were very uncommon or absent above 28m and below 31.5m. The interval of abundant

and very old Pyrgo sp. corresponds closely to the region where the LLNL and Kiel results
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disagree. It therefore seems highly likely that inclusion of Pyrgo sp. in the Kiel samples
contributed to the anomalously old results. Since Pyrgo was not present in at least one
sample within the section, it appears likely that other infaunal taxa including Bolivina sp.

also contributed to the anomalously old results.

Kennett et al. (2000) interpreted low §'3C values in benthic foraminifera in SBB as evidence
that CHy contributed to isotopically depleted sediment pore waters where infaunal species
calcified. During intervals of increased CH, fluxes through basin sediments, strong CHy
gradients within near-surface sediments will be reflected in the §'3C of benthic foraminifera.
However, these fluxes of CH, are thought to be caused by warming of SBB bottom water
leading to clathrate destabilization during interstadials, which in 893A are characterized by
laminated sediments and a dominance of dysoxic benthic foraminifera assemblages, indicating
poor bottom water ventilation. In contrast, sediments throughout the interval covered by
this study are massive, and contain oxic benthic foraminiferal assemblages (Cannariato et al.,
1999) that attest to high bottom water oxygen levels. Thus, while CH, oxidation may indeed
have contributed to the low AC and §'3C values measured on Pyrgo sp. and other infaunal

taxa in this study, it seems unlikely that it played a dominant role.

With the exception of Pyrgo sp., §'3C values observed among the taxa from the deglacial
section of the 893A core are consistent with those of modern foraminifera that have been
analyzed from the SBB. Stott et al. (2002) measured very steep gradients of pore water
5'13C in core top sediments at two SBB locations remote from methane seeps, with 63C
as low as —5.1%0 at 2.5 cm depth, and showed that these depletions are consistent with
remineralization of particulate organic carbon (POC) deposited within the basin today (§'3C
= —22%0). Pyrgo is a deep infaunal taxa that has been observed elsewhere to inhabit a large
depth range (0-3 cm) in the sediment column (Linke and Lutze, 1993). Core top Pyrgo
murrhina §'3C values measured at other locations are ~1%p lighter than calcite precipitated

in equilibrium with bottom water, corresponding to a 1%¢ enrichment in Pyrgo sp. tests
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relative to §*C of bottom water XCO, (Graham et al., 1981; Romanek et al., 1992). If
similar offsets apply in SBB, the very depleted and highly variable Pyrgo sp. §'3C results
(—4 to —8%o) correspond to '3C values in pore water XCO, of about —5 to —9%¢ and
could be explained by a modest increase in SBB sediment §'3C gradient compared to today
and/or an extension of Pyrgo sp. habitat deeper into the sediments. We suggest that the
isotopic results in this interval of 893A probably reflect a deglacial interval of higher than
normal oxygen levels in SBB bottom waters (and likely, changes in other environmental
conditions). Effects of increased diffusion of oxygen into the sediments on the subsurface
microbial community promoted increases in the remineralization of refractory POC, leading
to areduction in pore water A*C and to increased near-surface §*>C gradients, while allowing
Pyrgo sp. and other infaunal taxa to calcify at greater depths with isotopically depleted pore

waters.

If CH; was not a major factor influencing the pore water A'C, this mechanism requires an
alternative source of old carbon within the SBB sediments. Several studies have identified
mechanisms delivering geologically derived (**C-free) or “preaged” POC to SBB and other
California Margin sediments, that could potentially survive burial and be remineralized
at depth. These include fluvial input of old terrestrial POC, either directly (Masiello and
Druffel, 2001; Komada et al., 2004; Drenzek et al., 2009) or indirectly via lateral transport of
reworked coastal sediments (Hwang et al., 2005); and adsorption of aged marine Dissolved
Organic Carbon (DOC) on to sinking POC (Hwang et al., 2006). Redeposited tar from
surface hydrocarbon slicks originating from seeps within the SBB (Hill et al., 2006) may also
have provided a source of old carbon for remineralization, since tar was visibly present on
some sediment grains and foraminifera in the studied interval, though concentrations were

low compared to the very high tar levels observed in more recent deglacial SBB sediments

(Hill et al., 2006).
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Throughout this interval, isotopic offsets (AJ3C and AAMC, respectively) between Pyrgo
sp. and other benthic taxa were —5%o0 and of —250%0. These offsets provide a constraint on
the 63C and A'C of the pore water source materials responsible for the drastic increase in
Pyrgo sp. age, and we attempt a simple mass balance to identify the most likely cause of
the offset between epifaunal and infaunal species. Modern tar samples from SBB have an
average '3C of —23%0 (Kvenvolden and Hostettler, 2004) and a A"C of —1000%o. Modern
preaged terrestrial material has §'3C of about —25%0 and A'C as low as —550%¢ (Komada
et al., 2004), and DOC in the California Margin has an average §'3C of —22%¢ and A"C of

approximately —500%o at 500m water depth (Bauer and Druffel, 1998).

For simplicity we ignore all vital effects and differences in the basin between modern and
deglacial periods. Modern epifaunal foraminifera in the SBB have an average §'3C of —2%o
(Holsten et al., 2004), and we take AMC as —150%0 for SBB bottom water based on
GEOSECS results from stations 201 and 347 (Ostlund and Stuiver, 1980). Using a source
material 63C of —22%o, we find that achieving a A§*3C of —5%0 and AAMC —250% rela-
tive to modern epifaunal foraminifera with 6*3C of —2%0 and AC of —150%0, would require
a source material with a AC value of —1150%0 that accounted for 25% of the pore water
carbon. While this A™C value is not physically possible, the calculation does show that an
extremely *C depleted source is required to account for the offsets observed in this study.
Therefore, the most consistent simple explanation for Pyrgo sp. isotopic depletion is tar as
the primary additional source of pore water carbon, with minimal input of preaged terrestrial

material or adsorbed old DOC.

The conditions leading to the observed offset in benthic species in this study are somewhat
unique to the SBB, and hardly ubiquitous to the global ocean. SBB is a suboxic and highly
productive setting, with a very high sedimentation rate, which together allow for enhanced
preservation of organic material in the basin. This preservation and the occurrence of well-

oxygenated periods such as the interval in this study, allow for the presence and calcification

21



of deep infaunal foraminifera at sediment depths where pore water AC can be sharply
affected by old remineralized carbon. The abundance and extreme “C depletion of organic
deposits in SBB sediments results in exceptionally large offsets that would not be observed
in a basin with less organic matter preservation, smaller oxygenation variations, and younger

sedimentary organic carbon.

We found no evidence in this study of anomalously old *C ages in Uvigerina sp., the taxa
measured in most of the benthic samples from the Galapagos and Gulf of California sites
where the presence of old intermediate water has previously been inferred. However, we note
that sediments from a core taken off Central California (F2-92-P3 35°27.4'N, 121°36.3'W,
800 m water depth) revealed a spread of 2,500 years between “C ages for Bolivina spissa,
Uvigerina peregrina and Bolivina argentea (B. argentea > U. peregrina > B. spissa) during
one early Holocene interval (van Geen et al., 1996), though another comparison on sediments
from the deglacial interval showed good agreement between ages for the three taxa. Given
the large differences observed between taxa in the present study, the possibility of interspecies
age differences in benthic taxa from other locations should not be ignored. While SBB may
be an extreme case, it is important to consider the possible effects of **C depleted material
in different oceanic settings when interpreting “C data in studies of paleoceanography. We
urge investigators to treat 4C ages on mixed benthics with due caution, and to supplement
them with *C and §'3C measurements on single taxa epifaunal or shallow infaunal taxa

wherever possible.

2.6 Conclusion

Our new data show no evidence for large B-P *C offsets in Santa Barbara Basin. They
indicate that in the deglacial interval where large B-P differences were previously thought to

have occurred, “C ages for basin bottom waters were at most 300 years older than surface
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waters, and sometimes less. Dates on planktonic foraminifera from this study are consistent
with previous results that show *C plateaus in the SBB record, which Sarnthein et al.
(2007) have correlated with “C results from other locations to deduce the existence of very
large atmosphere-surface ocean *C offsets during deglaciation. Thus, we cannot rule out
the possibility that the surface and bottom waters in SBB were both highly “C depleted
relative to the contemporary atmosphere. However, this would require intense upwelling

coupled with minimal equilibration of the upwelled water
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Table 2.1: Carbon-14 Data for ODP 893A Showing Deglacial Mixed Planktonic and Mixed
Benthic Results From Hendy et al. (2002)and Sarnthein et al. (2007), Plus New “C Data
From This Study®

Depth Core Section Core Depth Sample Description Lab Hc + oBC
(m below seafloor) (cm) (years)

24.18 3H5 9-12 Mixed benthic taxa LLNL 12760 80
Mixed planktonic taxa ~ LLNL 12340 70
24.76 3H5 67-69 Mixed planktonic taxa Kiel 12630 60
25.33 3H5 124-126 Mixed planktonic taxa Kiel 12940 65
25.54 3H5 145-147 Mixed planktonic taxa Kiel 12960 75
25.81 3H6 144-146 Mixed benthic taxa Kiel 13890 150
26.36 3H6 96-99 Mixed benthic taxa LLNL 13520 90
Mixed planktonic taxa ~ LLNL 12990 170
26.42 3H6 105-107 Mixed benthic taxa Kiel 13620 70
26.8 3H6 140-142  Pyramidellidae or Turridae UCI 13615 30
26.81 3H6 144-146 Mixed planktonic taxa Kiel 13400 120
27.37 3H7 50-52 Mixed benthic taxa Kiel 14900 160
Mixed planktonic taxa Kiel 13960 150
27.47 3H7 60-62 Mixed benthic taxa Kiel 14740 130
Mixed planktonic taxa Kiel 13770 120
27.65 3H7 79-81 Mixed benthic taxa LLNL 14030 160
Mixed planktonic taxa ~ LLNL 13800 280
27.8 4H1 8-11 Mixed benthic taxa LLNL 14980 160

Mixed planktonic taxa ~ LLNL 14490 130
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27.92

27.98
28.03

28.12
28.13

28.19
28.44

28.45

28.55

28.59
28.66

28.73

28.76

28.8

28.94

29.38

29.46

29.47

29.53
29.63
29.78

29.88

29.96

30.06

30.18

30.25
30.32

4H1

4H1
4H1

4H1
4H1

4H1
4H1

4H1

4H1

4H1
4H1

4H1

4H1

4H1

4H1

4H2

4H2

4H2

4H2
4H2
4H2

4H2

4H2

4H2

4H2

4H2
4H2

21-23

26-28
32-34

40-42
42-44

47-49
93-95

96-98

105-107

110-112
117-119

124-126

126-128

131-133

145-147

o-7

12-14

14-16

19-21
33-35
47-49

55-57

63-65

73-75

89-91

96-98
103-105

Mixed benthic taxa
Mixed planktonic taxa
Pyrgo sp.
Mixed benthic taxa
Mixed planktonic taxa
Pyrgo sp.
Mixed benthic taxa
Mixed planktonic taxa
Pyrgo sp.
Mixed benthic taxa
Mixed planktonic taxa
Mixed planktonic taxa
Nonionellina sp.
Pyrgo sp.
Mixed benthic taxa
Mixed planktonic taxa
Pyrgo sp.
Nonionellina sp.
Pyrgo sp.
Nonionellina sp.
Pyrgo sp.
Mixed benthic taxa
Mixed planktonic taxa
Cadulus Californicus
Gastropod
Nonionellina sp.
Pyrgo sp.
Mixed benthic taxa
Mixed planktonic taxa
Buliminella sp.
Nonionellina sp.
Cardiidae or carditidae
Pyrgo sp.
Mixed benthic taxa
Mixed planktonic taxa
Pyrgo sp.

Pyrgo sp.

Pyrgo sp.

Pyrgo sp.
Mixed benthic taxa
Mixed planktonic taxa
Cardiidae or carditidae
Cardiidae or carditidae
Boreotrophon
Mixed benthic taxa
Mixed planktonic taxa
Mixed benthic taxa
Mixed planktonic taxa
Mixed benthic taxa
Mixed planktonic taxa
Nonionellina sp.
Pyrgo sp.
Cadulus Californicus
Mixed planktonic taxa
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Kiel
Kiel
UCI
LLNL
LLNL
UCI
Kiel
Kiel
UCI
Kiel
Kiel
UCI
UCI
UCI
LLNL
LLNL
UCI
UCI
UCI
UCI
UCI
Kiel
Kiel
UCI
UCI
UCI
UCI
LLNL
LLNL
UCI
UCI
UCI
UCI
Kiel
Kiel

UCI
UCI
UCI
Kiel
Kiel
UCI
UCI
UCI
LLNL
LLNL
Kiel
Kiel
Kiel
Kiel
UCI
UCI
UCI
UCI

15500
14730
17140
15240
14690
17640
16130
14820
16310
16360
14890
14970
14950
16740
15510
14740
17090
15210
17375
14990
17030
16570
14550
14890
15100
15000
17390
15370
15040
16300
15135
15200
17185
16450
15010

17010
17350
17295
16820
14670
15205
15195
15215
15820
14940
16900
15210
16700
15420
15510
17340
15455
15280

110
100
280
220
140
420
80
140
60
80
100
60
140
70
140
180
50
180
45
120
150
80
130
60
30
50
60
450
230
930
50
30
50
80
110

140
60
50
80

130
30
25
25

150

160
80

140
80

100

230
90
25
60

—4.5

—6.6

—4.6
~5.9, —8.2

—6.2
—-1.9

—-1.7

14
—4.7, =5.0, —5.3, —5.8

—-1.6

-5.6
-5.1
-5.1
—4.7, 6.1, —7.1, 7.1

-14
—5.8



30.39

30.46

30.62
30.78
30.98
31.01
31.05
31.2
31.35

314

31.52

31.59
31.69

31.78

30.91

32.24
32.45
32.52
32.59
32.91
32.99

4H2

4H2

4H2
4H2
4H3
4H3
4H3
4H3
4H3

4H3

4H3

4H3
4H3

4H3

4H3

4H4
4H4
4H4
4H4
4H4
4H4

110-112

117-119

138-140
145-147
21-23
24-26
28-30
42-44
57-60

63-65

77-79

84-86
91-93

106-108

14-16

3-5
24-26
31-33
38-40
73-75
90-93

Buliminella sp.
Nonionellina sp.
Pyrgo sp.
Buliminella sp.
Nonionellina sp.
Uvigerina sp.
Pyrgo sp.
Buliminella sp.
Nonionellina sp.
Pyrgo sp.
Mixed planktonic taxa
Pyrgo sp.
Mixed benthic taxa
Mixed planktonic taxa
Cardiidae or carditidae
Buliminella sp.
Pyrgo sp.
Mixed benthic taxa
Mixed planktonic taxa
Mixed benthic taxa
Mixed planktonic taxa
Mixed planktonic taxa
Nonionellina sp.
Pyrgo sp.
Uvigerina sp.
Cardiidae or carditidae
Uvigerina sp.
Mixed benthic taxa
Mixed planktonic taxa
Mixed planktonic taxa
Uvigerina sp.
Mixed planktonic taxa
Pyrgo sp.
Mixed planktonic taxa
Uvigerina sp.
Cadulus Californicus
Boreotrophon
Uvigerina sp.
Mixed benthic taxa
Mixed planktonic taxa

UCI
UCI
UCI
UCI
UCI
UCI
UCI
UCI
UCI
UCI
UCI
UCI
Kiel
Kiel
UCI
UCI
UCI
Kiel
Kiel
LLNL
LLNL
UCI
UCI
UCI
UCI
UCI
UCI
Kiel
Kiel
UCI
UCI
UCI
UCI
LLNL
UCI
UCI
UCI

LLNL
LLNL

15410
15470
17280
15470
15680
15780
17550
15800
15800
17500
14320
17440
16620
15330
15790
16580
17660
16475
15740
16080
15550
15750
16180
17700
16070
15800
16110
16340
15780
15830
16130
15450
17390
16080
16680
16685
16570

17120
16630

210
170
60
450
170
340
70
470
290
160
210
80
100
90
70
560
130
110
130
220
140
130
240
420
70
90
60
100
105
140
60
120
290
190
420
30
40

90
190

—5.1, —6.9, —7.9, —6.3

—1.5
—4.1
—-2.7
—2.8
-5.9

—-6.1

—1.4

—0.8

—-5.6

ALLNL 4C results originally published in Ingram and Kennett (1995) were recalculated in Hendy et al.

(2002) to properly correct for the presence of *C-dead carbon as well as modern carbon in *C small-sample

processing backgrounds. All data have been placed on the Hendy et al. (2002) depth scale for ODP 893A:

void-corrected depths within each ODP core section were calculated based on Merrill and Beck (1995), and
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these are keyed to the section-top depths of Behl (1995). We have followed Hendy et al. (2002) in correcting
the Behl (1995) depths for 1.5 m and 0.75 m of missing core at the 1H-2H and 2H-3H section boundaries,
respectively, and in our use of 27.7 m for the top of 4H1 rather than the adjusted Behl (1995) depth of 25.8

+ 2.25 m (see the 4H1 depths shown in Hendy et al. (2002) (Table 3).)
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Chapter 3

Preliminary results of 1*C
measurements of New Zealand Kauri
(Agathis australis) covering the

Younger Dryas Interval

3.1 Introduction

The Younger Dryas (YD) was an abrupt return to glacial-like conditions 12.9-11.7 ka that
punctuated the transition to warmer interglacial conditions during the termination of the last
glacial period. It has long been viewed as the canonical, abrupt climate change event, and
accordingly is one of the most studied climatic events in recent Earth history. The interval
saw large changes in atmospheric 4C, the causes of which are still not well known and is the
topic of intense debate. The event is thought to have been caused by a reduction in North

Atlantic Deep Water formation and the strength of the ocean thermohaline circulation,
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causing a reduction in deep-ocean ventilation. These changes in ocean circulation would
likely affect ventilation rates and therefore atmospheric *C. Changes in the production
rate owing to changes in solar activity and geomagnetic field intensity also likely influenced

atmospheric 4C during the interval.

Reconstruction of atmospheric 1*C during the YD interval is important for understanding
the Earth’s carbon-climate feedback cycle, both as a record of changes in the global carbon
cycle and for calibration of *C dates that establish the chronology for climatic and ecological
records during the interval. This YD interval is critical for calibration purposes, as it links
the tree ring C record with the floating European Late-glacial Pine (Kromer et al., 2004)
and Central European Late-glacial Master (Kaiser et al., 2012) chronologies. At present,
the portion of the *C calibration curve based on tree rings extends to 13.9 kyr BP, but
at present there are minimal (3 points) *C measurements in the interval 11.8 - 12.2 ka.
While this entire interval is anchored with dendrochronology, it was previously defined by
a Swiss larch tree ring record, Ollon505, which was removed from IntCall3 after it was
found to be misplaced. Accurate dendrochronology of the European tress in this interval is
challenged by short records with little overlap, which highlights the need to obtain trees with
robust dendrochronology in this interval. Hua et al. (2009) made an important contribution
towards improving the *C calibration during the YD interval by extending the European
absolute tree-ring chronology from 12.4 to 12.6 ka and linking it with a 617-yr long record
of tree rings of Huon Pine from Tasmania, Australia. However the Huon record, which was
composed of only 4 logs, could not be cross-matched using ring width and therefore relied

on “C wiggle-matching alone, inducing uncertainty in the calendar chronology.

To improve the linkage of the floating tree ring records and develop a record of atmospheric
14C spanning the YD with a robust internal chronology, a research project has been ongoing
to measure “C in the New Zealand Kauri (Agathis australis) (Hogg et al., 2013b). Kauri logs

buried in bogs scattered over a 300-km stretch of northern New Zealand represent one of the
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world’s foremost atmospheric archives for the last 60 kyr (Turney et al., 2007). Some of the
logs have diameters of over 4 m and individual ages of more than 2 kyr, and the anaerobic
conditions in the bogs result in remarkable preservation of the wood (Ogden et al., 1992
and Palmer et al., 2006). This chapter presents the results of 1*C analyses made at the
University of California, Irvine (UCI) on New Zealand Kauri covering the YD interval. This
work is part of a larger collaboration at several institutions and a “C intercomparison of
measurements made at five institutions (UCI, University of Waikato, University of Oxford,
University of Heidelberg, and the Swiss Federal Institute of Technology Zurich), which was

described in a publication in the IntCall3 special issue of Radiocarbon (Hogg et al., 2013b).

3.2 Methods

A total of 144 decadal samples were pretreated to produce hollocellulose using a protocol
that was developed for this project and is described in detail in (Southon and Magana, 2010).
The method is based on the Jayme-Wise cellulose extraction method (Green, 1963), which is
one of the more commonly used methods for cellulose extraction for isotope measurements.
A batch processing protocol for Jayme-Wise cellulose extraction, developed by Leavitt and
Danzer (1993) and commonly used for stable isotope measurements, involves 3 steps to

isolate a-cellulose, each step followed by multiple water washes:

1. Cleaning: treatment in a Soxhlet system with toluene and ethanol to remove waxes,

fats, oils, resins, and other compounds soluble in organic solvents.

2. Isolation of holocellulose: bleaching with a mixture of sodium chlorite and acetic acid

to remove lignins.

3. Isolation of a-cellulose: treatment with strong base followed by a neutralizing acetic

acid wash.
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The conventional treatment for organic samples in C labs is an acid-base-acid (ABA)
treatment, where organic samples are treated at 60°C-90°C with 1IN HCl and 1N NaOH,
with the base washes repeated until the solutions remain clear. Cellulose extraction is
most often preferred for on wood samples over ABA in order to remove carbon that has
been translocated within the tree. Because we are measuring decadal samples and in an
interval where interannual differences are smaller than the analytical error, the purpose of
pretreatment to cellulose is less to remove carbon that was translocated within in the tree,
and more to serve as a more rigorous treatment than ABA to remove exogenous carbon. To
establish a protocol that optimizes time and minimizes backgrounds for this study of YD
kauri, we compared several variations of the Jayme-Wise cellulose extraction method with

ABA pretreatment.

We found that while *C results are often indistinguishable between wood pretreated with
ABA only and wood pretreated to holocellulose, there exists some wood for which ABA
pretreatment is ineffective and cellulose extraction is necessary. We found no improvement
in backgrounds by isolation of alpha-cellulose over holocellulose and therefore adopted a

protocol for pretreatment of YD kauri as follows:

1. ABA: ~30 mg of shaved wood is pretreated in individual test tubes with a standard
ABA pretreatment at 60 °C-90 °C.

2. Isolation of holocellulose: Samples are bleached in individual test tubes with a mixture
of equal parts (normally 3 ml) 1N sodium chlorite and 1N HCI for 3 hours at 60°C-

90 °C. If necessary, a second treatment is applied.

3. Drying: After washing several times in Milli-Q water (15 min, 70°C) to pH >6, samples
are dried on the heat block at 60°C-70°C.

The results of the work that established this protocol were published in the Proceedings of the

20th International Radiocarbon Conference (Southon and Magana, 2010), and at the time
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of publication we believed that we had identified the cause of observed higher *C values of
holocellulose blanks relative to blanks treated with only ABA as an old contaminated batch
of sodium chlorite. However, in subsequent tests the higher *C of samples pretreated to
holocellulose persisted, and testing new bottles of sodium chlorite sold by 4 different brands
(Fig 3.1) showed that the the cause was likely to not be the old bottle of sodium chlorite. This
suggests that the process of holocellulose extraction can cause contamination with modern
carbon, which is an unexpected result, though one that has been observed previously (X.

Xu and H. Kitagawa personal communication).

We have made two modifications to the original protocol that appears to prevent the higher
14C in holocellulose. The first is bleaching for 3 hours only, instead of overnight, and the
second is drying samples in air instead of a vacuum oven (Fig 3.2). They both appear to
improve the blank, but the reason is not clear. In our protocol, holocellulose extraction is
done in Milli-Q water in the presence of excess acid, which should prevent contamination
by organic and modern atmospheric CO, regardless of the length of the bleaching step is
done for. We can see no compelling reason why drying in a vacuum oven would cause
contamination with modern carbon, but we suspect that the vacuum oven removes more
water than is done by air drying, which allows atmosphere access to more/different activation
sites. We have tried letting the vacuum oven up to N instead of atmospheric air, but we
observed the 4C enrichment of holocellulose. Although we cannot find the source of the
enrichment, air drying is ultimately the preferred method not only because of the better
backgrounds, but also because it produces a final product that is more coherent and easier

to handle than vacuum drying.

After pretreatment to holocellulose, samples were combusted, cryogenically purified, and

converted to graphite using standard methods.

To understand the role of changing production rate versus carbon cycle changes, we compare

this new record with the GISP2 1°Be record. *C and Be are both cosmogenic isotopes,
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Figure 3.1: C results (pMC) for samples pretreated to holocelluose using different brands
of sodium chlorite.
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Figure 3.2: C results (pMC) for samples pretreated to holocelluose dried in air and a
vacuum oven.
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produced in the upper atmosphere by cosmic rays secondaries, but unlike carbon, beryllium
does not participate in a complex global geochemical cycling. Beryllium becomes attached
to aerosols and is deposited within 1-2 yrs (Raisbeck et al., 1981), though the correlation
between ice core §'¥0 and '°Be indicates that deposition rates are affected by climate (Beer
et al., 1993). When corrected for changes in deposition rates, ice core records of **Be can
be thought of as records of cosmogenic isotope production rates. The °Be record shown
in Figure 3.7 has been corrected for both dry and wet deposition using a simple deposition

model as described in Alley et al. (1995) and Finkel and Nishiizumi (1997).

Shown in Fig 3.7, the YD kauri “C record was detrended by subtracting the long term
trend, which was estimated by smoothing the tree rings included in IntCall3 with a low
pass filter (1/1000 yr). The GISP2 timescale has been adjusted by 60 yrs to account for the
offset between the GISP2 chronology and the tree ring chronology in this interval (Muscheler
et al., 2008 and Finkel and Nishiizumi, 1997). For simplicity, the °Be record has been has
been shifted an additional 15-20 yrs to account for the offset driven by carbon cycling (Beer
et al., 1993 and Stuiver and Quay, 1980) and linearly scaled to fit the detrended “C record.
In future works, the more rigorous way to identify changes in the carbon cycle during the
YD interval would be to run °Be record through a carbon cycle model as others have done
(e.g. Muscheler et al., 2008). However, this would be challenging as the exact magnitude of
changes in atmospheric 4C driven by changes in the carbon cycle during this interval are
currently not well known, and most modeling studies have difficulty simulating a decline in

atmospheric *C (Matsumoto and Yokoyama, 2013).

3.3 Results and Discussion

Radiocarbon results presented in this chapter are the mean of replicate *C measurements.

The record has been robustly cross dated as described in Hogg et al. (2013b), but is not
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Figure 3.3: YD Kauri (black) wiggle matched to the tree rings included in IntCall3 (Reimer
et al., 2013) (red) in units of both C yrs and AMC. The youngest ring has been placed at
11,650 yr BP.

anchored to the master tree rings. At present, the overlap between the record and the master
tree rings is short, making the correct placement of the record in calendar time uncertain.
Efforts are underway to extend the record on the younger end, but for the purposes of this
chapter, a tentative placement has been made based on *C wiggle matching. A constant
north-south (N-S) offset of 40 yrs has been applied (McCormac et al., 2002) and the record
has been visually wiggle matched to the IntCall3 tree ring record. The wiggle matches places

the first yr at 11,650 yr BP.

Figure 3.3 shows the record placed in the context of the tree ring records included in IntCall3
in both “C yrs and AC. The record is in disagreement with the three points in the gap
that this record fills, and no placement can be made that is in good agreement with both the
younger and older sections of the gap and these three points. That inability to find a good fit
highlights the need to extend the record toward the younger end to increase the confidence

of the placement of the record and identify the source of the disagreement between this new
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record and the tree ring records included in IntCall3. If we assume the placement of the
YD kauri is correct, the most likely potential sources of the disagreement are changing N-S
offset over the interval or an error in the dendrochronology of one of the records. To explain
the offset entirely in terms of N-S offset, N-S offset would have had to increase to almost 200
yrs during this interval, which is far higher than the observed range of 8-80 yrs (McCormac
et al., 2002). The current working hypothesis for the YD atmospheric 4C decrease is venting
of a *C depleted water mass in the Southern Ocean, which could drive changes in the N-S

offset though such a significant increase may not be possible.

As a simple test of the potential of an increase in N-S offset as the cause of this disagreement,
we consider the change in the N-S offset in the post-industrial, pre-bomb, atmosphere. To
explain the offsets in the YD in terms of changes in N-S offset, the maximum N-S offset in
the YD interval would be 175 yrs, which is an increase from the constant offset applied here
of 45 yrs of 130 yrs. In the post-industrial, pre-bomb era, as shown in Fig 3.4, ~60 gigatons
of C-free carbon was emitted into the Northern Hemisphere in 50 yrs (1900-1950) (Boden
and Andres, 2013). In this interval the N-S offset went from an pre-industrial average of
~45 yrs to ~40 yrs in the opposite direction - that is in 1950 the N Hemisphere atmospheric
1400, age was 40 yrs older than the S Hemisphere. The rapid release of 60 gigatons of *C-
free carbon shifted the N-S offset by ~85 yrs in the post-industrial era. Assuming a simple
scaling can be applied, a release of ~90 gigatons of 1*C-free carbon would be necessary to

explain the disagreement in the two records entirely in terms of a change in N-S offset.

This approach involves many assumptions, the most clearly incorrect that the post-industrial
carbon cycle is the same as the YD carbon cycle, as well as that the carbon released in the YD
was of 4C-free carbon. Additionally, the interval increased N-S offset in the YD is at least
160 yrs, which would require that the total amount of carbon was larger in order to sustain
the offset for the entire interval. Atmospheric pCO; increased 15 ppm in the post-industrial

era considered here (Etheridge et al., 1996), while atmospheric pCO, rose 30 ppm over the
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Figure 3.4: N-S offset during the Common Era (0-1950 AD) based on the difference between
IntCall3 (Reimer et al., 2013) and SHCall3 (Hogg et al., 2013a) (red), plotted with the
cumulative anthropogenic carbon emissions (Boden and Andres, 2013) (blue).

course of the entire YD interval, beginning ~12.8 ka, and atmospheric pCO5 only increased
3 ppm in the interval of disagreement. Accordingly, it seems unlikely that the entirety of the
offset can be explained in terms of increasing N-S offset, though a more rigorous modeling
approach would be necessary to more precisely determine flux of old carbon in the Southern
Ocean necessary to cause a N-S offset of 175 yrs in the YD, and if it is consistent with

observations of atmospheric pCO, in the interval.
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Comparison with other atmospheric *C records (Huon Pine and Lake Suigetsu) and atmo-
spheric proxy records (Hulu Cave) in this interval (shown in Figure 3.5) does not show clear
indication of the source of the disagreement. The Huon Pine record does not extend to this
section, and the uncertainty and variability in other records are high while simultaneously
the sampling resolution is low. Given the previously mentioned misplacement of the Swiss
larch, it appears that dendrochronology of the European tress in this interval is uncertain,
suggesting the potential that the source of the disagreement is more likely to be based in an
error in dendrochronology or the “C measurement, though changing N-S offset cannot be
completely ruled out and would be consistent with venting of a *C depleted water mass in

the Southern Ocean.

However as shown in Fig 3.6 the agreement between the IntCall3 tree ring records and
marine “C records (Cariaco Basin and corals) in the “gap” is better than the agreement
between the marine “C records and the YD kauri, which suggests that the IntCall3 trees
are correctly placed. As is clear in Fig 3.6, some marine reservoir ages changed significantly
at the onset of the YD, and consequently these records have been excluded from IntCal
in this interval. But the agreement between the Cariaco Basin *C and the IntCall3 tree
ring records suggests that while Cariaco Basin reservoir age changed at the onset of the
YD, it may have returned to pre-YD values by the later stages of the YD and the reservoir
corrected Cariaco Basin record may reflect a more global signal during the late YD interval.
The agreement between the Cariaco Basin and the IntCall3 records, which disagrees with
the YD kauri record as it is currently placed highlights the need to robustly anchor the kauri

record and obtain Northern Hemisphere records covering this interval.

The overall agreement between the scaled °Be production record and the detrended atmo-
spheric C records is good, though there are some differences (Fig 3.7). Notably the records
diverge between 11.2-11.5 ka as well as at the single °Be points at 12 and 12.2 ka. There

are also exist apparent offsets between the records, where 1°Be appears to be older than the
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Figure 3.5: YD kauri record as placed in Figure 3.3, with atmospheric records including
IntCall3 tree rings, Lake Suigetsu (Bronk Ramsey et al., 2012) macrofossils, and the Huon
Pine (Hua et al., 2009). Also included is the Hulu Cave, H82, speleothem-based record

(Southon et al., 2012).
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Figure 3.6: YD kauri record plotted with IntCall3 tree rings and IntCall3 marine records
(Reimer et al., 2013). Marine records have been corrected using a constant pre-bomb reser-
voir age. Systematic differences between the tree ring records and the marine records suggest
changes in marine reservoir ages at the onset of the YD.
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scaled record of atmospheric 1“Be production rates.
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14C between 12.4 and 12.6 kya and '°Be is younger than '*C starting around 12.9 ka. These
offsets are likely a result of the smoothing window used. The 1000 yr smoothing flattens
the “bump” in atmospheric *C in this interval, which increases the difference between the
140 record and smoothed record at both ends of the rise and fall, causing an apparent offset
between the 1°Be and the detrended *C record that would not be as prominent if a shorter

smoothing window was used.

The “Be production record does not capture all of the three distinct rises and falls at the
YD onset in “C, but this is likely a consequence of the sampling resolution of the °Be
record. The overall good agreement between the °Be production record and atmospheric
14 record suggests that much of the change in atmospheric **C during the YD interval can
be explained by changes in atmospheric production rate only. This result is in contrast with
the conclusion of Hua et al. (2009) who concluded that carbon cycle changes are necessary
to explain the increase in atmospheric #C at the onset of the YD. This result is due to the
differences in approaches to detrending the atmospheric tree ring C records. Hua et al.
(2009) and Muscheler et al. (2008) both detrended tree ring records using a simple linear fit
to the 10-14 ka interval, versus the 1/1000 yr smoothing used here. This difference indicates
that the long term trend likely contains information about changes in the carbon cycle during
the YD, but by subtracting it here we can see that the short term variations in atmospheric

14C can potentially be explained by production rate only.

3.4 Conclusion

The preliminary results of this new record of atmospheric 1*C during the Younger Dryas
interval highlights questions about the chronology of the IntCall3 tree ring records and
potentially carbon cycle changes around ~12 ka BP. Comparison between the GISP2 '“Be

record and this new YD record suggests that much of the change in atmospheric 4C during

42



the YD can be explained with production alone, though it is likely, given the large changes in
marine reservoir ages during the YD, that there exists millennial scale changes in atmospheric
14 that can be attributed to carbon cycle changes which were removed through detrending.
Firmly anchoring the YD kauri record to the master tree ring record will help to answer

some of these remaining questions, as would reanalysis of the tree rings included in Intcall3.
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Chapter 4

A high-resolution record of
atmospheric 1*C based on Hulu Cave

speleothem HS82

4.1 Abstract

The development of a calibration of atmospheric radiocarbon (A!*C) is a significant scientific
goal because it provides the means to link the numerous *C dated paleoclimate records to
a common timescale with absolutely dated records, and thereby improve our understanding
the relationships between the carbon cycle and climate change. Currently, few calibration
datasets that directly sample the atmospheric *C reservoir are available beyond the end of
the dendro-dated Holocene tree ring record at 12.6 kyr BP (Before 1950 AD). In the absence
of suitable true atmospheric records, *C calibrations beyond this age limit are based largely
on marine data, that are complicated by the marine reservoir effect, which may have varied

over the glacial cycle. In this paper, we present a high-resolution record of U-Th series and

44



14C measurements from Hulu Cave speleothem H82, spanning 10.6-26.8 kyr BP. Corrections
for detrital 2°Th are negligible, and the contribution of *C-free geologic carbon to the
speleothem calcite is small (5-6%) and is stable across major climate shifts. The time series
provides a 16 kyr record of atmospheric A*C as well as an updated age model for the
existing Hulu Cave 6'*O record. The '*C data are in good overall agreement with existing
marine and terrestrial “C records, but comparisons with the Cariaco Basin marine AC
record through the deglacial interval reveal that the Cariaco reservoir age appears to have
varied during parts of the Younger Dryas and Heinrich Stadial 1 cold events. This highlights
the importance of developing extended high-resolution marine and terrestrial 1*C records as

a means of detecting changes in ocean circulation over the glacial cycle.

4.2 Introduction

Reconstruction of a high-resolution radiocarbon (*C) record that directly samples atmo-
spheric COs through the last glacial cycle, tied to a robust independent timescale, has been
a long-time goal of the scientific community. Atmospheric concentrations of *C (A"C,
expressed as per mil deviations from a modern reference standard) have varied over time
due to changes in production and the partitioning of *C between reservoirs of the earth’s
carbon cycle, and must be calibrated against a calendar timescale for use as a chronometer.
Independently dated 4C calibration records provide the means to link the numerous *C
dated paleoclimate records to a common timescale with absolutely dated archives such as
layer counted ice cores. Additionally, when corrected for production variations, atmospheric
14(C records can be used to trace carbon cycle and ocean circulation changes via comparisons
with archives of surface and deep ocean *C. Such comparisons can lead to an improved
understanding of the history of the carbon cycle and a more precise knowledge of its role in

climate change.

45



Few 4C calibration data that directly sample the atmospheric *C reservoir are available
beyond the end of the dendro-dated master tree ring record, which presently extends to 12.6
kyr BP calendar (Reimer et al., 2009). A recently published Huon pine *C record (Hua
et al., 2009) bridges the gap between the master tree ring series and a 1400-year floating
Allergd pine sequence (Kromer et al., 2004), extending the tree ring record to approximately
14 kyr BP. A few additional older floating sequences are available back into Marine Isotope
Stage 3, most notably New Zealand kauris (Turney et al., 2007), but the distribution of
ages for trees recovered so far is patchy (A. Hogg, pers. comm.) and it is unclear whether
sufficient trees will be found to produce a continuous record. Terrestrial macrofossils in
varve-counted cored sediments from Lake Suigestu in western Japan may ultimately fill this
data gap (Nakagawa et al., 2011), but comparison of the existing Suigetsu data (Kitagawa
and van der Plicht, 2000) with other records shows that varves are missing and/or that core

recovery was incomplete (Staff et al., 2010).

In the absence of suitable true atmospheric records, “C calibrations beyond 12.6 kyr are
largely based on marine data. Several coral data sets with independent 23*U-2*Th (U-Th)
chronologies exist (Bard et al., 1990, 1998, 2004; Edwards et al., 1993; Burr et al., 1998; Burr
et al., 2004; Cutler et al., 2004 and Fairbanks et al., 2005), but these are almost all “spot”
measurements, and the records contain numerous gaps. In contrast, foraminifera records in
marine sediments from the Cariaco Basin (Hughen et al., 2004 and Hughen et al., 2006) and
Iberian Margin (Bard et al., 2004) are essentially continuous, but apart from the 10-15 kyr
BP interval of the Cariaco record which has its own varve timescale (Hughen et al., 2004),
they must be dated indirectly by correlation with other records via sediment color or §**0
stratigraphy. This is particularly difficult for the period 15-24 kyr BP because the 680
records from the layer counted Greenland ice core (Grootes and Stuiver, 1997 and NGRIP
Members, 2004), which provide the chronostratigraphy for so many marine sequences, contain
few high resolution features in this interval that can be convincingly correlated with other

records.
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These marine records are subject to possible variations in the ocean-atmosphere *C offset
(marine 'C reservoir age), which represents a '*C balance between the effects of air-sea
gas exchange and the upwelling and mixing of radiocarbon-depleted subsurface waters into
the local mixed layer. Records for 4C calibration are chosen from low-latitude locations
thought to be least sensitive to possible reservoir age changes (Reimer et al., 2009). However,
comparisons of early Younger Dryas *C data (Muscheler et al., 2008) suggest that the
Cariaco record, and perhaps subtropical North Atlantic *C archives generally, may have been
anomalously young when the Atlantic Meridional Overturning Circulation was weakened, as
may have occurred in the early Younger Dryas (YD) and Heinrich Stadial 1 (HS1) (McManus
et al., 2004). Modeling results (Butzin et al., 2005; Singarayer et al., 2008; Ritz et al., 2008)
support this conjecture, though the effect observed in Cariaco is unexpectedly large. In
addition, the presence of extremely “C-depleted waters at depths above 1500 m during the
YD and HS 1, at various sites in the North Atlantic, Pacific and Indian Oceans (Voelker
et al., 1998; Sikes et al., 2000; Robinson et al., 2005; Marchitto et al., 2007; Stott et al.,
2009; and Bryan et al., 2010) suggests that large increases in regional reservoir ages may
have occurred at some locations if those waters reached the surface. These variations can
potentially give valuable insights into past carbon cycle and ocean circulation changes, but
their presence may confound the use of marine-based *C records for radiocarbon calibration

for at least some intervals within the glacial.

This highlights the fact that in the absence of detailed knowledge of how *C offsets between
different carbon reservoirs have varied over time, attempts to derive the history of atmo-
spheric *C using archives that sample other carbon pools can only succeed for intervals
where disparate records are in good agreement. Intervals of disagreement may ultimately
provide valuable insights into changes in pool-to-pool *C gradients and therefore into ocean
circulation and carbon cycle dynamics, but it is not possible to know definitively which (if
any) of the apparently inconsistent radiocarbon records truly represents atmospheric “C.

However, with a sufficiently large number of datasets it becomes easier to distinguish con-
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sensus values. Thus, a key to better understanding of the history of atmospheric 4C, marine
reservoir ages, and past carbon cycle dynamics, is the development of multiple records of

4 from different carbon reservoirs with robust independently dated calendar timescales.

Speleothems are cave calcite deposits precipitated from drip water, that represent a po-
tential source of temporally well constrained atmospheric *C records, because an absolute
chronology can be assigned using U-Th series dating with a correction for any detrital Th
initially incorporated into the crystal matrix. Meteoric waters above the cave react with soil
COg, which is present at elevated concentrations (pCO,) due to biological activity and is in
isotopic equilibrium with the atmosphere on annual to decadal timescales (Trumbore, 2000).
This reaction forms carbonic acid, which drives carbonate dissolution as the water percolates
through the cave host bedrock. As drip waters enter the cave, CO5 degassing occurs, due to
the lower pCOs of cave air relative to the drip water, leaving excess carbonate alkalinity that
is precipitated as speleothem carbonate. Drip waters will initially be close to saturation for
soil CO,, with *C values essentially those of the contemporary atmosphere, but as they in-
teract with the host bedrock, they will accumulate a percentage of 14C free or “dead” carbon,
which will be reflected in the radiocarbon ages of the speleothem calcite. If the drip waters
equilibrate in a closed system, one mole of carbonate is required to neutralize one mole of
dissolved CO,, and the dead carbon fraction (DCF) is 50%; whereas under completely open
conditions where drip waters continue to exchange COy with an essentially infinite soil gas
reservoir as carbonate dissolution takes place, the DCF approaches zero (Hendy, 1971). In
practice, dissolution takes place under conditions that are intermediate between these end

points.

A correction of the DCF can be determined in a similar manner to a reservoir age for a
marine record, by comparing speleothem *C measurements on samples of known calendar
age with the tree ring record of atmospheric *C during a period of overlap. The offset

between the datasets is then subtracted throughout the remainder of the record to produce
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a DCF corrected atmospheric *C record. This procedure involves the implicit assumption
that the correction has remained constant through time. As shown below, comparison with
tree ring records indicates that the DCF correction in H82 did remain constant across the
Allergd /Younger Dryas and Younger Dryas/Holocene transitions, though the reason for this
stability is unclear. Despite the lack of a detailed explanation, the stability of the DCF
correction across major climate shifts that likely involved significant changes in hydrology
and soil carbon dynamics suggests empirically that a constant DCF correction may be valid

for some speleothem records extending further back in time.

The first high-resolution speleothem-based record of atmospheric 4C, spanning 11-45 kyr
BP, was measured on speleothem samples from a now submerged cave in the Bahamas
(Beck et al., 2001). This stalagmite exhibits relatively high levels of detrital thorium that
create significant uncertainty in the absolute chronology, plus a large DCF of 1.5 kyr, and the
record deviates significantly from the tree ring data during the Younger Dryas. Nevertheless,
agreement with other *C records is typically within a few *C hundred years back to 25
kyr BP. Beyond 33 kyr BP, the record displayed very large “C excursions, whose origin
was initially unexplained but ultimately traced to problems with subtraction of laboratory
1C backgrounds (Hoffmann et al., 2010). A new record from the same cave with well
characterized blank corrections displays much better agreement with other *C calibration
data beyond 33 kyr BP (Hoffmann et al., 2010) but the uncertainties associated with the
large Th and DCF corrections remain high, and the question remains of the precision with

which speleothems can be used as meaningful sources of atmospheric *C records.

To investigate the efficacy of speleothem based reconstructions of atmospheric C records,
it is clear that studies must be made on speleothems of more pristine calcite. The Hulu
Cave speleothems, which are from the region of Eastern China currently influenced by the
East Asian Monsoon and have been used to create a high-resolution record of §**0 as a

proxy for monsoon strength (Wang et al., 2001 and Wu et al., 2009), represent an excellent
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opportunity to carry out such a test. Here we present a new record of atmospheric **C based

on the Hulu Cave speleothem, H82, spanning 10.7-26.6 kyr BP.

4.3 Materials and Methods

The Hulu Cave site at Tang Shan in eastern China near Nanjing (32°30'N, 119°, 90 m asl),
is overlain by 30-40 m of limestone, with 30-40 cm of soil consisting mainly of weathered
carbonate debris with a <5 c¢m upper layer of clays and organic matter, that currently
supports subtropical C3 vegetation (Kong et al., 2005). 80% of the precipitation at the cave
site occurs during the summer monsoon season (Wang et al., 2001), and monitoring by the
Nanjing Normal University group has shown that drip rates respond rapidly to changes in
rainfall. The 35 cm long speleothem H82 was collected from 35 m depth in Hulu Cave in
two sections (A and B + C in Fig. 4.1) that were recovered on separate expeditions led
by Y.W. The upper 17 cm of the speleothem is cylindrically shaped with a flat top, and
represents the upward extension of one of two fused adjacent stalagmites that together form
the lower section. Both sections show wax luster, and well-preserved growth laminations are
present from the top of the speleothem through 30 cm (Wu et al., 2009). Previous U-Th
work on the upper part of the speleothem (Wang et al., 2001; Yuan et al., 2004 and Wu
et al., 2009) has shown that detrital thorium corrections are negligible, which allows a robust

U-Th chronology to be constructed.

Prior to the work described here, the H82 stalagmite had already been sectioned into quad-
rants and extensively sampled for stable isotope analysis and U-Th dating (Wang et al., 2001
and Wu et al., 2009). Most of the sampling for this study was carried out for stalagmite
depths 1-138 mm and 131-311 mm in two separate campaigns at University of Minnesota,
using a “trench and wall” method that produced series of closely interleaved U-Th and *C

dates (Tables S1 and S2 in Southon et al. (2012)). Parallel trenches several mm deep by
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Figure 4.1: The H82 speleothem: two photographs showing sampling done for this project.
The speleothem was removed from Hulu Cave in two separate expeditions as Piece A and
one continuous Piece B+C, which later broke into two sections. Piece D is a 1 cm slice taken
from the right-hand side of piece A, as is evidenced by the matching scars. Pieces B, C, and
D were sampled using a trench and wall method as described in the text. Trench and wall
sampling for the upper 138mm was carried out on a different quadrant (not shown). Pieces
A, B, and C were also sampled off axis using a 3mm ID coring drill.

51



~1 c¢m long, separated by 1 mm thick walls, were drilled perpendicular to the growth axis
using a Dremel tool, to sample over approximately 1 mm of stalagmite depth (Fig. 4.1).
Powdered calcite samples weighing between 100 and 200 mg from the trenches were used
for U-Th measurements. The ?*°Th dating work was performed on a multi-collector induc-
tively coupled plasma mass spectrometer (MC-ICPMS, Thermo-Finnigan Neptune) in the
Minnesota isotope laboratory, University of Minnesota. The chemical procedures used to
separate the uranium and thorium for 2*°Th dating are similar to those described in Ed-
wards et al. (1987). Uranium and thorium isotopes were analyzed on the multiplier behind
the retarding potential quadrupole (RPQ) in peak-jumping mode. Instrumental mass frac-
tionation was determined by measurements of a 23U-2U spike. The details of the technique
are similar to those described in Cheng et al. (2000), Cheng et al. (2009a) and Cheng et al.
(2009b), and half-life values are described in Cheng et al. (2008).

Intervening calcite walls between the trenches were removed as wafers for 14C measurements
at University of California Irvine in the Keck Carbon Cycle Accelerator Mass Spectrometry
(AMS) Laboratory. Chips from the wafers were used for *C because we found that drilled
powder from the dense H82 calcite gave 4C ages that are systematically younger. This effect
has been seen in work on some other speleothems and may be due to pickup of atmospheric
COs due to local overheating during drilling (W. Beck, T. Guilderson pers. comm.). A lower
resolution wet coring method was used for an earlier 1*C sampling series covering the entire
stalagmite length, with samples removed as cores 3 mm in diameter, drilled some distance
from the growth axis (Fig. 4.1). C results from the cores, plus a few measurements on
leftover calcite chips sampled for some of the early U-Th work, are given in Table S2 in

Southon et al. (2012).

Aliquots of calcite wafers or cores for AMS measurements were crushed into sub-millimeter
pieces to achieve a desired mass of carbon (typically 12-14 mg of calcite), and pretreated by

leaching away 30% of the material in weak HCl. Sample were then hydrolyzed in 85% H3zPOy
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and graphitized by iron catalyzed hydrogen reduction following standard AMS protocols.
Prior to graphitization, all sample reactors were baked at 500 °C for 45 min with ~1 atm.
of MC-free CO, to reduce any memory effects from modern carbon (Southon, 2007). *C
measurements were carried out on an NEC Compact (1.5 SDH) AMS system, using six
aliquots of Oxalic Acid 1 as the normalizing standard. Each mg-sized carbon sample was
measured multiple times (typically 8 to 15 runs) over a 24 h period, and 41 samples out of
a total of 260 are duplicate aliquots. Geologic calcite and aliquots of Hulu Cave speleothem
MSX (U-Th dated at 135 kyr), of similar size to the H82 samples and similarly processed,
were used as procedural blanks. Leftover portions of calcite wafer and core samples taken
for 1*C were measured for stable isotopes to allow detailed correlations to be made between
high-resolution stable isotope records measured previously (Wang et al., 2001 and Wu et al.,
2009) and the densely dated records from the present study. Measurements were carried out
at UC Irvine on samples of ~100 pg of powdered calcite, using a Finnigan Delta Plus IRMS

equipped with a Kiel IV Carbonate Device.

4.4 Results

4.4.1 HS82 Age Model

The U-Th results from the trench and wall samplings for this study, plus earlier lower
resolution measurements (Wang et al., 2001; Yuan et al., 2004 and Wu et al., 2009, plus
unpublished data) are shown in Table S1 in Southon et al. (2012) and Fig. 4.2. Data have
been corrected for detrital thorium on the basis of an assumed initial ?*°Th/?**Th atomic
ratio of 4.4 + 2.2x107% (Wang et al., 2001) and are shown as ages BP (before 1950 AD)
with 20 uncertainties. Fig. 4.2A and B shows, respectively, the speleothem age model before

and after small depth adjustments explained in detail section 3.2, required for consistency
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between samples from different slabs and quadrants of calcite. No significant age reversals
are present, and corrections for detrital Th are a few years above 300 mm, rising to a few
decades near the speleothem base. The record displays two periods of very slow stalagmite
growth or hiatus: one short gap at 263 mm between ~19.5 and 20.0 kyr BP and a second
longer hiatus at 295 mm, between ~22.5 and 24.5 kyr BP. The latter corresponds with a
hiatus previously identified by Wu et al. (2009) at 305 mm in a column cut from another
quadrant of H82: the depth difference reflects the irregular nature of the growth surfaces
in the bottom few cm. This hiatus occurs during Heinrich Event 2, which appears in the
Hulu Cave 6'%0 record (Wang et al., 2001) as a spike to less negative values. To the extent
to which this can be interpreted as a period of especially low summer monsoon intensity,
the extreme reduction in growth rate in H82 is consistent with the inferred reduction in

precipitation.

4.4.2 Depth Adjustments

Depths measured from the top of H82 to the center of each sample (mid depths) are shown
in Tables S1 and S2 in Southon et al. (2012). The samplings presented here were done on
several different quadrants or slabs of calcite, and comparisons of U-Th and stable isotope
(6'80) data showed that several small adjustments were required to bring the data sets to a
common depth scale on the quadrant cutting axis. We stress that these were not required for
construction of the C record, for which all calendar ages are based on direct interpolation
between 2°Th ages measured on the same pieces of calcite. Instead, they were used to show
consistency between the different samplings, and for placing published high-resolution stable
isotope results (Wang et al., 2001 and Wu et al., 2009) on the densely dated age model from
the present study. These adjusted depths are also shown in Tables S1 and S2 in Southon
et al. (2012), and the unadjusted and adjusted age models are shown in Fig. 4.2. The three

adjustments required are as follows:
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Figure 4.2: A. Age model for H82 based on UeTh measurements from this study (Trench
and wall sampling) plus earlier work (Old chronology) e see text. B. Age model after depth
adjustments for consistency between samples from different quadrants and slabs of H82

calcite as described in the text.
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The trench and wall sampling for depths 1-138 mm was taken somewhat off axis, where
curvature of growth surfaces distorts the on-axis age vs depth relationship. These adjust-
ments become significant for depths below 40 mm where the flat-topped region of H82
rather abruptly becomes significantly smaller and off-axis growth surfaces begin to crowd
together and extend down the flanks of the speleothem (Fig. 4.1). The H82-A (**C and
6'80) and H82-B (U-Th) records required compression by 8% below 40 mm to achieve
consistency with the upper portions of the old U-Th chronology and the published high

resolution 680 record (Wang et al., 2001).

The H82-2 trench and wall samples for depths 130-310 mm were taken on axis, and the
depths shown for off-axis core samples in Table S2 in Southon et al. (2012) are equivalent
on-axis depths determined by visually tracing growth surfaces back to the speleothem
axis, hence similar adjustments are not required for these series. However, comparisons
of §®0 data from this study and from Wu et al. (2009) with a new high-resolution §'*O
record (R.L. Edwards pers. comm.) showed that the calcite pieces in Fig. 4.1 and the
calcite column sampled by Wu et al. (2009) were both missing ~3 mm at a depth of
172 mm. This represents the break between the upper and lower sections of H82, that
were collected from Hulu Cave at different times and sectioned independently, and in
retrospect it is not surprising that some of the pieces thought to be contiguous were
actually missing a few mm of calcite near the break. The 3 mm of missing calcite was
inserted at 172 mm into all of the records used in this study, to ensure consistency with

the upcoming new 60 data.

Similar 40 comparisons suggested that the calcite column sampled for the lower por-
tions of the old U-Th chronology and for the high-resolution Wu et al. (2009) 6'*O record
was also compressed by 3 mm between 245 and 248 mm (248-251 mm after the initial
adjustment at 172 mm). Detailed comparisons between the different 680 records across

this interval suggested that it represents a period where different parts of the speleothem
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grew at very different rates, rather than actual missing calcite. The cause(s) for such
differential growth remain unclear, but might be related to a small change in the drip
line. The 245-248 mm interval in the published §'®O record has been linearly expanded
to 6 mm, and depths for the oldest three samples from the old chronology are increased

by 3 mm.

4.4.3 MC Ages

1C results are shown in Table S2 in Southon et al. (2012), as conventional radiocarbon
ages (Stuiver and Polach, 1977). Uncertainties are shown at 1o and include contributions
from background corrections, normalization to standards, and the scatter in repeated mea-
surements on each sample, as well as counting statistics. A + 30% uncertainty was used
for all background subtractions, based on scatter between results on different background
materials and separate aliquots of the same material, and background variations between
measurement runs on different days. Initial *C ages for three of the samples were signif-
icantly older than adjacent data points. The samples were remeasured and the duplicates
returned ages consistent with other results, indicating that the aliquots run initially were
somehow contaminated with old carbon. These results are retained in Table S2 in Southon
et al. (2012) but have not been used in the subsequent analyses. Anomalous results on two
other samples were traced to mislabeling, and Table S2 in Southon et al. (2012) shows the
corrected samples ID’s. Two pairs of duplicates from regions of very slow growth disagree,

probably because the calcite subsamples represented chips of different age.

4.4.4 Interpolated #»'Th ages and uncertainties

Interpolated >**Th ages for the “C record are shown in Table S2 in Southon et al. (2012). We

stress that the calendar ages for the *C data are derived exclusively from U-Th measurements
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on the same pieces of calcite and are completely independent of the depth adjustments
discussed above, *C measurements on the chip series (Table S2a in Southon et al. (2012))
were carried out on aliquots of the same samples used for the old U-Th chronology, and
the calendar ages and uncertainties for those samples are those of the corresponding 23°Th
measurements from Table S1 in Southon et al. (2012). Calendar ages for the closely spaced
H82-A and H82-2 (C series are averages of the 2>°Th ages for adjacent powder samples, and
the uncertainties are taken as the standard errors in the means of the bracketing 2*°Th ages.
For the core samples, equivalent on-axis depths found by tracing growth surfaces were used
to interpolate among #*°Th ages measured on-axis on the same H82 quadrant. For depths
below 130 mm, the means of the bracketing H82-2 U-Th series ages were used, and the
uncertainty assigned to the calendar age for each *C datum is once again the uncertainty
in the mean ?*°Th age. However, above 130 mm, linear interpolations between the old
chronology ?*°Th ages spaced 5-10 mm apart were required, because the denser H82-B U-Th
series was measured on a different H82 quadrant. Given this coarse spacing, we assumed
that the calendar age uncertainties for the interpolated points were comparable with those
of the endpoints, and used the means of the uncertainties in the endpoint ages, rather than

the more precise uncertainty in the mean.

4.4.5 Depth-based calendar age uncertainties

In addition to the analytically based calendar age uncertainties described above, we also
incorporated age uncertainties due to the finite depth ranges spanned by samples taken for
1C (allowing for the possibility of non-uniform sub-sampling for a given *C measurement)
and we also considered possible errors in tracing growth surfaces. Trench and wall “C
samples were approximately 1 mm wide, from which we adopt a maximum depth uncertainty
of £ 0.5 mm for the on-axis H82-2 samples. Similarly, we took the maximum uncertainty for

the larger chip samples as = 1 mm. For the off-axis H82-A trench and wall series we increased
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the depth range by 30% below 40 mm stalagmite depth to take account of the crowding
together of curved growth surfaces, which increases the amount of equivalent on-axis depth
(and time) represented in each sample. For the 3 mm core samples we assumed a maximum
possible error due to finite sample size of + 1.5 mm above 40 mm and 4+ 2 mm below that
depth, and also factored in an additional uncertainty in tracing growth surfaces back to the
stalagmite axis of + 1 mm above 40 mm and + 2 mm below 40 mm. For simplicity, and given
the relatively coarse sample spacing, we assumed that these tracing errors were uncorrelated
between adjacent core samples. Adding these components in quadrature, rounding, and
approximating an equivalent 1o uncertainty as half the maximum possible error, we derive
overall 1o depth uncertainties for the core samples of + 1 mm from 0-40 mm depth and +
1.5 mm below 40-mm. Similarly, depth uncertainties for the trench and wall samples are +
0.25 mm, rising to + 0.33 mm below 40 mm for the off-axis H82-A series; and £+ 0.5 mm for

the chips.

These depth uncertainties were converted to age errors using H82 growth rates approximated
by piecewise linear fits to short sections of the U-Th age vs. depth record. The resulting
age uncertainties were then added in quadrature with those derived from the 23°Th ages to
produce the total calendar age uncertainties shown in Table S2 in Southon et al. (2012).
The average growth rate for H82 is approximately 6 mm/kyr from the base of the stalagmite
to 260 mm, and increases to an average of 30 mm/kyr above 260 mm. Depth-derived age
uncertainties are therefore most significant near the base of the stalagmite, and are especially
large during the periods of hiatus. They dominate the overall calendar age uncertainties for
the large core samples below 130 mm and contribute significantly over the entire depth
range of H82; but only become significant for the much smaller trench and wall samples in

the bottom few cm of the speleothem.
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Figure 4.3: C measurements on the H82 speleothem plotted with and without DCF cor-
rection against an extended tree ring data set: IntCal09 tree rings (Reimer et al., 2009) plus
Huon Pine (Hua et al., 2009) and Allerd Pine (Kromer et al., 2004). Tree ring - H82 age
differences are shown at the base of the plot, with a grey bar representing the +50 year DCF
uncertainty derived from the H82 - IntCal09 comparison.
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4.4.6 DCF correction

The DCF correction was determined by comparing *C results from the uppermost section
of H82 with IntCal09 tree ring data (Reimer et al., 2009), represented by the continuous blue
line in Fig. 4.3. The overlap period extends from the start of the German Pine dataset in the
mid-YD at 12.6 kyr BP to the end of growth for H82 at 10.7 kyr BP. For simplicity, the H82
data were compared with the smoothed IntCal data rather than the raw tree ring results; and
since the *C calibration curve is relatively flat over most of this interval, the fit is insensitive
to small errors in the calibrated ages and no attempt was made to account for uncertainties
in the U-Th age model. A DCF correction of 452 yrs was derived from the average of
the differences between equivalent H82 and IntCal measurements. Those differences showed
substantially greater scatter (+ 62 years at 1o) than the £ 33 years expected from the quoted
uncertainties in the H82 and IntCal09 data, suggesting that analytical errors may have been
underestimated or that short term DCF variations are present. We have treated the extra

variance as arising from rapid DCF variations and therefore assign a value of 450 years for

the DCF correction, with an uncertainty ~ /(622 — 332) or £ 50 years.

In Fig. 4.3 the H82 data are also compared with an extended tree ring record that includes
the floating Allergd pine sequence (Kromer et al., 2004), and the recently published Huon
pine series (Hua et al., 2009). The positions of the Huon pine and Allergd pine relative to
the master series are based on *C wiggle matching, and are believed to be accurate within
decades. This comparison yields a DCF of 450 + 70 years, which is slightly more variable than
the DCF calculated using only the well-established master series. The agreement with the
extended tree ring data indicates that H82 faithfully records atmospheric *C with a stable
DCF across both the Allergd/Younger Dryas and the Younger Dryas/Holocene transitions,
i.e., through major monsoonal shifts that correspond to transitions both into and out of a

Greenland stadial (Wang et al., 2001). This constancy through significantly different climate
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regimes is the basis for our working assumption that the H82 DCF is unchanged throughout

the entire H82 record.

4.4.7 Comparison with H82 high-resolution §'*O records

High resolution stable oxygen isotope records from H82 and other Hulu speleothems (Wang
et al., 2001 and Wu et al., 2009) have provided a valuable proxy record of changes in the
East Asian monsoon on times scales ranging from years to glacial-interglacial cycles. The
5'80 data are highly correlated with summer insolation on Milankovich timescales, and with
the record of centennial to millennial Greenland stadial/interstadial variations (Wang et al.,
2001 and Yuan et al., 2004), consistent with a strong linkage between speleothem §'*0 and
summer monsoon intensity that is further supported by pollen and other paleoclimate proxy
data (Sun and Li, 1999; Xu et al., 2010; Zhu et al., 2010; and Xiao et al., 2004). How-
ever, the details of precisely what monsoon parameters are recorded in the stable isotopes
are less clear. The coherence of the records over thousands of km in eastern and southern
Asia (Wang et al., 2001; Yuan et al., 2004; and Sinha et al., 2005) argues against the idea
that speleothem 680 responds primarily to local variations in temperature or precipitation
amount, whether via changes in calcite-water fractionation or in §'80 of meteoric water. Al-
ternative hypotheses attribute 6'®O shifts to variations in the summer/winter precipitation
ratio (Wang et al., 2001) or changes in the progressive removal of moisture from air masses
during transport from tropical Indo-Pacific moisture source regions to sites in Asia (Yuan
et al., 2004). Both mechanisms involve relatively direct connections between §'%0 and vari-
ations in the dominant summer monsoon rainfall, but a recent analysis of 6**O in modern
precipitation (Dayem et al., 2010) suggests that the cave §'80 archives may record other
effects - variations in the duration of seasonal precipitation regimes or in moisture source
regions or transport pathways - that are less directly connected to changes in monthly or

total precipitation.
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The Hulu 6'®0 data have played a significant role “C calibrations, as a means of tying
radiocarbon-dated records from other locations (Bard et al., 2004 and Hughen et al., 2006)
to the Hulu U-Th timescale. The published high resolution H82 'O data were sampled
from a different quadrant of H82 from that used here (Wu et al., 2009), and used an earlier
U-Th chronology based on 23°Th dates at ~750 year spacing. Stable isotope data from the
present study are shown in Table S2 in Southon et al. (2012), in standard delta notation
relative to Vienna PDB. Instrumental precisions (10) are ~0.06%0 and 0.02%¢ for §'*0 and
d13C, respectively, based on long-term repeatability for the NBS19 standard. Missing data
represent cases where insufficient material remained after the *C measurement. In Fig. 4.4
we compare 620 data from our discrete samples with the continuous high resolution records
of Wang et al. (2001) and Wu et al. (2009), having transferred those §'%0 datasets to the
densely dated U-Th age model from the present investigation with minor depth adjustments
as described in Section 3.2. Agreement between the data sets is generally very good, though
the high resolution data appear to be offset slightly older than our discrete sample mea-
surements beyond 20.5 kyr BP. Growth surfaces in the bottom few cm of H82 are distinctly
more irregular than those higher in the speloethem, so the relationships between depths
in different calcite pieces are less obvious and more variable. However, any offsets are less
than ~150 years; and pending availability of high resolution §'¥0 data extending closer to
the speleothem base (R.L. Edwards pers. comm.) we have not attempted additional depth

adjustments or §'80 wiggle-matching in this region.
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4.5 Discussion

4.5.1 Stability of the H82 dead carbon fraction

Comparisons of the H82 “C record with tree ring data in the interval 10-14 kyr BP, and
with several other calibration records discussed below over the period 14-16 kyr BP (Fig.
5, Fig. 6 and Fig. 7), suggest that any changes in the H82 DCF were less than 100 years,
perhaps as small as a few decades. This lack of variation in the DCF may be at least partly
a consequence of the small absolute magnitude of the correction, determined by the local
environment above the cave. The weak soil development and high infiltration capacity at
the Hulu site, and the predominance of carbonate debris in the lower soil horizons (Kong
et al., 2005) are consistent with water-carbonate equilibration occurring primarily at shallow
depths in an environment that is seldom completely saturated, i.e., under predominantly
open system conditions where continuing exchange between meteoric water and soil COq

dilutes any geologic carbon contribution.

Nevertheless, the exceptional stability of the H82 DCF remains a puzzle. Pollen records from
central and southeastern China (Sun and Li, 1999; Xu et al., 2010; Zhu et al., 2010; and Zhou
et al., 2004) show that the deglacial period encompassed major vegetation shifts that are
broadly consistent with the record of summer monsoon changes inferred from the speleothem
580 data, though in some cases more gradual and prolonged. Widespread increases in
broadleaf arboreal taxa indicating shifts to warmer and wetter conditions occurred after 15
kyr and 11.5 kyr BP, consistent with a strengthening of the summer monsoon. The responses
to the onset of the YD (weakened summer monsoon) are mixed in the pollen data, with
indications of a shift to cooler and wetter climate in southern and eastern China (Sun and
Li, 1999; Zhou et al., 2004; and Xu et al., 2010), whereas montane central China experienced
cooler and drier conditions (Zhu et al., 2010). The warming and increased precipitation

trends from 15 kyr and 11.5 kyr probably acted together to increase soil moisture; and
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Figure 4.4: High resolution H82 6'80 record from Wu et al. (2009), which incorporates the
earlier dataset of Wang et al. (2001), plus “spot” H82 d180 data from this study, on a
timescale based on the age model shown in Fig. 2B
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Figure 4.5: Bahamas speleothem (Beck et al., 2001; Hoffmann et al., 2010) and H82 4C
records.
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Figure 4.6: 4C from HS82, plus sedimentary *C records from the Cariaco Basin (Hughen
et al., 2006) and Lake Suigetsu (Kitagawa and van der Plicht, 2000).

these variations and the associated vegetation shifts to a more subtropical flora would likely
have also altered soil carbon turnover and soil gas pCO, at the Hulu site, leading in turn
to changes in C in soil gas, groundwater, and speleothem calcite. In light of the varied
wet/dry responses in the pollen data to the initiation of the YD at 13 kyr BP, it is unclear
whether overall rainfall varied at Hulu Cave at that time. However, given the weakening of
the summer monsoon indicated by the speleothem 60, YD cooling at Hulu was certainly
accompanied by changes in the seasonality of precipitation, which again must have influenced
the local vegetation cover, hydrology, and soil carbon dynamics. While the small overall
magnitude of the H82 DCF probably contributed to the lack of variation, the mechanisms
by which effects of the various environmental changes on speleothem *C were attenuated or

canceled each other out remain unclear.
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Figure 4.7: All coral C records included in IntCal09 (Reimer et al., 2009) plus C data
from the Iberian Margin sediments (Bard et al., 2004) and H82. Pacific coral records are
indicated by green symbols (see legend for details); Atlantic (Barbados) corals are shown in
red.
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4.5.2 Comparison with other “C calibration data

140 data from H82 are compared with several existing large-scale calibration datasets in
Fig. 4.5, Fig. 4.6 and Fig. 4.7. There is good overall agreement between the Beck et al.
(2001) Bahamas speleothem '*C record and the Hulu Cave data (Fig. 4.5), though some
differences are present, notably before 21 kyr BP. The concordance between the two records
for the period 15-21 kyr BP is striking, and indicates that the Bahamas record is accurate
over this interval despite the large uncertainties associated with the large DCF and initial
thorium corrections. The consistency between the two speleothem records, despite their
large differences in location and geochemistry, suggests that there are no major variations in
DCF in either record, and that both datasets provide good records of atmospheric 4C over
this period. The Hulu record is essentially monotonic over the entire 15-26 kyr BP interval,
but the Bahamas record shows some structure around 20 kyr BP and again around 21.5 and
22.5-24.5 kyr BP. Given the large uncertainties in the Bahamas data, these “wiggles” might
be statistical artifacts, but since most of them correspond to the periods of hiatus in H82,
the Hulu data cannot confirm or refute these results. Before 24.5 kyr BP, the Bahamas data

show a large shift to younger ages that is not reproduced in H82.

The overall agreement between the Hulu Cave and Cariaco Basin records shown in Fig. 4.6 is
also good, but there are clear systematic differences between 16 and 17 kyr BP, corresponding
to part of Heinrich Stadial 1 (HS1). Since the agreement between the Hulu Cave and
Bahamas speleothem records in this interval is excellent, the offset between the Hulu Cave
and Cariaco records is probably not due to changes in the H82 DCF. The existing Hulu
chronology for the Cariaco record (Hughen et al., 2006) is based on correlation of the sediment
color record with an earlier lower resolution H82 'O dataset (Wang et al., 2001), but
comparisons with the new higher resolution H82 40 (Wu et al., 2009) data suggest that
the Cariaco Basin calendar age chronology is accurate and hence that the offset is not due to

an erroneous “warping” of the Cariaco data to older calendar ages. The younger Cariaco *C
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ages in this interval are therefore most likely explained by a remarkable decrease of 300-400

years in the marine reservoir age of the Cariaco Basin during this period.

Whether this was due to local effects within the basin or represents a regional response to
ocean circulation changes during HS1 is unclear. A large decrease or total shutdown of North
Atlantic Deep Water (NADW) formation associated with HS1 (Seidov and Maslin, 1999;
Meissner et al., 2002 and McManus et al., 2004) would likely lead to decreased subsurface
turbulence and increased stratification in the North Atlantic, which might allow for air-sea
mixing to become the dominant influence on the 4C age of equatorial Atlantic and Caribbean
surface waters. However, since the observed drop in Cariaco reservoir age is substantially
larger than models predict (Butzin et al., 2005; Ritz et al., 2008; and Singarayer et al., 2008)
any regional changes may have been augmented by local effects. Sea level during HS1 was
100-110 meters lower than at present (Peltier and Fairbanks, 2006), reducing the basin sill
depths to just 45-35 meters and limiting water exchange with the open Caribbean, though a
recent modeling study shows persistent mixing under even shallower LGM conditions (Lane-
Serff and Pearce, 2009). Sediment reflectance and Fe and Ti concentration data indicate
dry and windy conditions within the basin during HS1 (Peterson et al., 2000), suggesting
that increased air-sea gas exchange coupled with reduced input of Caribbean water could
have biased local reservoir ages to low values. Recent comparisons of Cariaco data with
tree ring data from the early Younger Dryas (Muscheler et al., 2008 and Hua et al., 2009)
suggest that a similar (but much briefer) reduction in reservoir age may have occurred at

the Allergd/Younger Dryas transition, at a time when sill depths were 60-70 m.

Three other radiocarbon records shown in Fig. 4.6 and Fig. 4.7 and discussed below all
contain data that are systematically older than the H82 results over portions of the record
beyond 15 kyr BP. One possible explanation is that the H82 DCF was significantly lower
in glacial time, so that the plotted H82 ages are too young. However, two lines of evidence

suggest that the discrepancies are mostly due to other causes, likely involving changes in
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marine reservoir ages or questions about the independent timescales for the other records.
First, for intervals where the Bahamas and H82 results agree well, this explanation would
require equally large shifts in DCF’s for two speleothems in very different locations and
geochemical environments, which seems unlikely. Second, in several of these cases the implied
decrease in H82 DCF is so large that it would require an extraordinarily low (essentially
zero) input of geologic carbonate to Hulu Cave drip waters. However, despite the stability
of the H82 DCF over the later period covered by the comparison with the dendro records,
the possibility remains open that modest (~100-200 year) DCF reductions occurred in H82

during the glacial and contributed to these discrepancies.

1€ dates on macrofossils from varved Lake Suigetsu (Kitagawa and van der Plicht, 2000) are
several hundred years older than our new data over most the period before 16 kyr BP (Fig.
4.6), but this is probably due to problems with the Lake Suigetsu timescale, as opposed to
reflecting true carbon cycle changes or a change in H82 DCF. The Lake Suigetsu chronology
was based on varve counting in cores from a single borehole and this coring method may
have led to the loss of material, particularly from the base of each core section (Staff et al.,
2010). New cores were taken from Lake Suigetsu in 2006, using overlapping sections from
multiple boreholes to insure continuous coverage, and varve counting and *C analyses are

underway (Nakagawa et al., 2011).

14 results from the Iberian Margin foraminiferal *C record (Bard et al., 2004) are offset
from the new H82 data between 15 and 17 kyr BP (Fig. 4.7), probably due to an increase in
Iberian Margin surface reservoir age by ~350 *C yr or an offset in calendar timescale of ~400
yrs younger relative to H82. The latter scenario is possible because the lack of structure in
the low-resolution Hulu Cave 6'¥O record on which the published Iberian Margin calendar
timescale is based limits the number of tie points available for correlation in this interval.
Correlation to the new high resolution H82 §'®0 record is underway (E. Bard, pers. comm.)

and this question should be resolved shortly. Alternatively, the Iberian Margin reservoir age
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may have increased as proposed by Skinner (2008), though other studies suggest that any
large increases in N.E. Atlantic reservoir ages during HS1 were confined to more northern

sites (Waelbroeck et al., 2001).

There is good agreement between the Hulu Cave “C record and published U-Th dated coral
data from the end of the Hulu Cave record at 9.5 kyr back to 19.5 kyr BP (with a gap from
16 to 17.5 kyr BP where coral data are absent) but Vanuatu coral data (Cutler et al., 2004)
are 350-500 1C yrs older than equivalent measurements from H82 beyond 19.5 kyr BP (Fig.
4.7). Additionally, Atlantic corals from Barbados (Fairbanks et al., 2005) are systematically
~100-250 C yrs older than the H82 data in the interval 19.5-21 kyr BP. This disagreement
could indicate either a decrease in H82 DCF, or increased marine reservoir ages in the LGM
continuing into early deglacial time. Since a decrease in DCF of the magnitude implied by
the Vanuatu data is unlikely, at least some of the discrepancy is probably due to reservoir

age variations.

These centennial scale differences between calibration records remain difficult to characterize
and explain, particularly in the older portions of the records where uncertainties in both C
and calendar ages are larger, and especially for intervals that lack robust agreement between
any of the datasets. Given current uncertainties concerning glacial ocean circulation and the
likelihood of significant hydrologic changes in the tropics during Isotope Stage 2, we cannot
rule out the possibility of changes in *C offsets for both cave and marine systems. More
precise apportionment of any changes in marine reservoir ages and speleothem DCF’s will
rely on the development of other high-resolution records of terrestrial and marine *C in

these intervals.
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4.5.3 The timing and origin of deglacial pCQO; increase

Identifying the magnitude and timing of any changes in *C offsets between different carbon
pools is of particular interest in the so-called Mystery Interval (Broecker and Barker, 2007)
between about 15 and 18 kyr BP, which was characterized by a drop of almost 200%o in
atmospheric and surface ocean A C (Beck et al., 2001; Fairbanks et al., 2005; and Hughen
et al., 2006) and a rise of 40 ppm in atmospheric pCO, (Monnin et al., 2001). Marchitto et al.
(2007) linked these changes with a low-AC excursion in eastern North Pacific intermediate
waters, and hypothesized that they represented the ventilation via the Southern Ocean of
a previously isolated glacial deep water mass (Adkins et al., 2002), with massive release of
sequestered CO,. Evidence for such a 4C-depleted water mass in the deep glacial Pacific
remains elusive (Broecker and Barker, 2007), and the circulation pathways by which any
newly ventilated low-'*C waters reached intermediate depths in the North Pacific (Marchitto
et al., 2007), eastern tropical Pacific (Stott et al., 2009) and Arabian Sea. (Bryan et al.,
2010) have not been found (De Pol-Holz et al., 2010). However, if mechanism proposed by
Marchitto et al. (2007) is correct, the 1C drop is directly related to the problem of glacial-
deglacial pCO, variations, which are presently poorly understood and are not well simulated
by current climate models. Recent studies show intensified upwelling and enhanced biological
productivity (Anderson et al., 2009) and a rise in deep ocean AMC (Skinner et al., 2010)
within the Southern Ocean, that are coeval (within large uncertainties) with the pCOq
increase, consistent with the recoupling of a previously isolated deep reservoir with the

surface.

The H82 *C record displays the same ~200%0 atmospheric A*C drop, and the exceptionally
high resolution absolute dating of H82 allows for more precise constraints on the timing of the
decrease. Fig. 4.8 shows A*C data from the Bahamas, Cariaco and H82 records, plus pCO»
data from trapped air in the Dome C (Antarctic) ice core (Monnin et al., 2001) plotted on

the absolutely dated GISP2 ice core layer counted timescale. The AC drop in the H82 and
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Figure 4.8: A'C for the H82, Bahamas and Cariaco records, plus pCO, data from Dome
C, Antarctica (Monnin et al., 2001) placed on the layer-counted GISP2 Greenland ice core
timescale via synchronization of methane records (Marchitto et al., 2007).
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Bahamas data begins more than 1 kyr earlier compared with the Cariaco record, coincides
within uncertainties with the atmospheric pCO, rise, and closely tracks A'C decreases at
intermediate depths in the eastern North Pacific (Marchitto et al., 2007) and the Arabian
Sea (Bryan et al., 2010). The new chronology is therefore consistent with the recoupling
hypothesis outlined above (though this remains unproven) and underscores the requirement
that any hypothesis seeking to explain the glacial-interglacial rise in atmospheric CO5 must

involve strong linkages between atmospheric pCOs and terrestrial and marine 4C.

4.5.4 High-resolution §'°0O data

The present study provides a well-constrained age model for the high resolution H82 680
data spanning the deglacial period (Wang et al., 2001 and Wu et al., 2009), with U-Th
dates at centennial spacing rather than every 750 years as previously (Table S3). This
places the stable isotope data on a more solid chronological framework, though the old and
new age models differ very little, typically by 100 years or less. Minor changes primarily
reflect “kinks” in the growth rate that were hidden in the lower resolution chronology. The
new age model has implications for *C calibration during early deglaciation, since the rich
structure of the high resolution 6*®*O data over this interval attests to significant centennial
scale monsoon changes (Wu et al., 2009) that provide numerous potential tie points for

correlating other climate proxy records with the detailed Hulu chronology.

4.6 Conclusion

This new record of atmospheric C is in good overall agreement with existing marine and
terrestrial **C records, suggesting that any changes in the DCF in the H82 speleothem are

small, even across major climate transitions that likely involved large perturbations to the
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tropical hydrologic cycle. This in turn suggests that the Hulu Cave speleothems may be
useful for reconstructing atmospheric 1*C back to the radiocarbon detection limit of ~50 kyr
BP. The agreement between the H82 and Bahamas speleothem data over the 15-21 kyr BP
interval shows that at least some records with large DCF can provide meaningful records of
atmospheric *C and they should not be a priori excluded from consideration as calibration
datasets. The high precision of this Hulu Cave record makes it particularly valuable for
recognizing small changes in the paleo-carbon cycle. Comparison with the Cariaco Basin
record through the deglacial interval reveals that the marine reservoir age of Cariaco Basin
has varied, highlighting the importance of extending high-resolution marine and terrestrial
14C records back to the radiocarbon detection limit to be able to detect changes in ocean

circulation over the glacial cycle.
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Chapter 5

Assessing influences on speleothem
dead carbon variability over the
Holocene: Implications for
speleothem-based radiocarbon

calibration

5.1 Abstract

Recently, it has been shown that U-Th dated speleothems may provide a valuable archive
of atmospheric radiocarbon (14C), but the reliability of these records is dependent upon the
stability of the dead carbon proportion (DCP) derived from the soil and bedrock. In order
to assess climatic influences on speleothem DCP, we have investigated DCP variability over

the Holocene interval where atmospheric *C is well known based on dendrochronologically
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dated tree rings by conducting *C measurements on a U-Th dated stalagmite (HS4) from
Heshang Cave, Hubei Province, China (30 °27'N, 110 °25'E; 294 m) spanning 0.5-9.6 ka. We
investigated climatic controls on DCP, and found that DCP in HS4 has an average value
over the Holocene of 10.3 + 1.5%, with an average age offset from atmospheric radiocarbon
of 875 + 130 years, and displays a response to both precipitation increases and decreases.
HS4 DCP increases during the wetter mid-Holocene interval (~5.5-7.1 ka), likely reflecting a
shift to more closed-system dissolution in response to increased soil moisture. DCP decreases
during the 8.2 ka event, a time period of dry conditions at Heshang Cave, though the lower
amplitude of this shift indicates that DCP may be less sensitive to dry events. Speleothems
are potentially valuable archives of atmospheric radiocarbon, especially in older portions of
the C calibration curve where knowledge of atmospheric *C is limited, however minor cli-
matic influences on DCP could introduce uncertainties of several hundred years to calibrated

ages.

5.2 Introduction

5.2.1 Calibration of atmospheric radiocarbon

In order to study the causes and effects of past changes in Earth’s climate, precise and
accurate chronologies and chronometers are key. Many paleoclimate proxy records rely on
measurements of the concentration of radiocarbon (14C) in calcite (CaCO3) or organic matter
for construction of their calendar age chronologies. However, radiocarbon-based geochronol-
ogy, which is theoretically possible to at least 50 ka, is complicated by changing atmospheric
concentrations of C, which are controlled by: (1) non-constant *C production rates in
the upper atmosphere, which vary with geomagnetic field intensity and solar variations over

a wide-range of timescales (Bard et al., 1998); and (2) changes in carbon cycling which
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redistributes carbon, including *C, between ocean, atmosphere, and biosphere reservoirs.
In order to use *C as a chronometer, and investigate changes in carbon cycling, the *C
timescale must be calibrated by reconstruction of records of atmospheric 4C tied to robust

independent chronologies.

Tree ring records of *C with calendar ages derived from dendrochronology are considered
the most robust records of atmospheric *C because they directly incorporate atmospheric
COg during photosynthesis and have a high-resolution independent chronology. Tree ring
records from central and northern Europe are the basis of the most recent IntCall3 radio-
carbon calibration curve to 13.9 ka (Reimer et al., 2013). Before this point, regional climate
conditions were less hospitable to trees, and the tree ring records are no longer the basis
of C calibration curves, although there are some floating tree ring chronologies covering
earlier intervals (e.g. Turney et al., 2007; Muscheler et al., 2008; Kromer et al., 2004; Hua
et al., 2009; and Hogg et al., 2013b).

The only true non-tree ring record of atmospheric *C extending beyond 13.9 ka is a record
from Lake Suigetsu, Japan, which is based on macrofossils paired with a varve counting
chronology (Kitagawa and van der Plicht, 1998a, 1998b; 2000; Staff et al., 2010; and Bronk
Ramsey et al., 2012) and covers the interval 0-52.8 ka. The Lake Suigetsu record presented
by Kitagawa and van der Plicht, 1998a; 1998b; and 2000 showed significant divergence from
other atmospheric radiocarbon reconstructions prior to ~25 ka, which was found to be due
to errors in the calendar chronology because of incomplete core retrieval during sampling
(Staff et al., 2010). A new set of overlapping cores was taken and a new high-resolution
record with an improved chronology has been constructed, though the record displays large
scatter in the *C ages in the interval >28 ka due to small sample sizes, as well as large
uncertainty in the layer-counting age model (Bronk Ramsey et al., 2012). Nonetheless, the
Lake Suigetsu '*C record provides a valuable “backbone” for the atmospheric **C record,

which is refined by a variety of other *C records.
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In the absence of true atmospheric records, the majority of calibration efforts have been
focused on marine sediment records with a constant correction applied to account for the
marine reservoir effect-the offset between the concentration of *C in the ocean and the
atmosphere. The use of marine records for calibration of terrestrial radiocarbon dates is
complicated by the potential for climatically driven variations in marine reservoir age. It
is well known that large and rapid changes in climate occurred during the deglacial period,
which were likely associated with changes in the Atlantic Meridional Overturning Circulation
(McManus et al., 2004 and Vellinga and Wood, 2002). These climatic changes were accom-
panied by large variations in surface ocean *C (Broecker and Barker, 2007 and Hughen
et al., 2000), consistent with the idea that they involved major shifts in the carbon cycle,
which would have had large impacts on marine reservoir ages. Despite this complication, the
agreement between these reservoir corrected marine records and the Lake Suigetsu record is
very good to ~28 ka. Before 28 ka the divergence between records increases (Reimer et al.,
2013); as does the variance in the Lake Suigetsu record (Bronk Ramsey et al., 2012), with
differences between records on the order of thousands of years, leading to high uncertainty

in the atmospheric *C record in the earlier intervals.

5.2.2 Speleothem-based records of atmospheric radiocarbon

Recently, there has been interest in using speleothems to create records for radiocarbon
calibration, in part because they have many features which may make them valuable sources
of records which resolve the calibration curve in older intervals (e.g. Beck et al., 2001;
Weyhenmeyer et al., 2003; Dorale et al., 2008; McDermott et al., 2008; Hoffmann et al.,
2010; and Southon et al., 2012). Speleothems hold some key advantages over floating tree

rings, varved chronologies, and marine records:
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1. They can be precisely and absolutely dated using U-Th methods (Richards and Dorale,
2003)

2. Their fast growth rates, highly resolvable stratigraphy, and excellent preservation allow

for often continuous high-resolution C measurement over the entire *C dating range

3. They are widely used for paleoclimate reconstruction (Fairchild et al., 2006) so access
to numerous U-Th dated samples is possible and will allow for replication of records and
direct comparison with climate proxy data. There are, however, several complicating
factors affecting speleothem-based radiocarbon calibrations stemming from the way

that speleothems are formed.

Formation of speleothem calcite is driven by CO, degassing of cave drip water that has
accumulated carbon from the soil and bedrock. Meteoric waters equilibrate with soil COq
to form carbonic acid, which drives carbonate dissolution as drip water percolates through
the limestone cave host bedrock. Consequently, *C in speleothem calcite is offset from
contemporaneous atmospheric *C because a proportion of speleothem carbon comes from
old soil organic matter (SOM) and radiocarbon-free “dead carbon” from the bedrock. To
date, the offset between speleothem '*C and contemporaneous atmospheric *C has been
referred to in a variety of different ways across the literature, often using the same acronym
to refer to different metrics, which has been a source of some confusion. In this manuscript
we will refer to the dead carbon proportion (DCP) as a percentage as defined by Genty and
Massault (1997), but we also refer to the DCP as a “correction” or “offset” with units of *C

years.

Hendy (1971) considered two end member scenarios under which dissolution of carbon-
ate bedrock can occur: open and closed system dissolution. In open-system dissolution,
the solution dissolving the bedrock is continually in contact with soil CO5, which leads to

speleothem A'C source compositions dominated by a soil CO, signature, as isotopic equi-
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librium with soil C and the dissolved inorganic carbon (DIC) pool is maintained during
dissolution. In closed system dissolution, dissolution of the bedrock takes place in isolation
from soil CO,, leading to A“C source compositions shifted towards a bedrock *C isotope
signature. Therefore, completely open-system dissolution, where soil CO, “C values are
identical to atmospheric values would lead to an apparent DCP = 0%, whereas a completely
closed-system dissolution wherein one mole of carbonate is required to neutralize one mole
of dissolved CO, would lead to a theoretical DCP = 50%. However, soil gas 4COs is rarely
equal to atmospheric *CO,, because soil CO, is a mixture of atmospheric CO,, root res-
piration, and CO, from decomposition of aged SOM, leading to the potential for a DCP >
50%, and making a DCP = 0% unlikely. In natural systems, carbonate dissolution usually
falls somewhere between the two end member scenarios, with average DCP around 15 £ 5%
(Genty et al., 1999). Despite the potential for variable DCP to complicate speleothem-based
reconstructions of atmospheric 4C, speleothem radiocarbon records have been used to pro-
vide valuable constraints on the calibration curve during intervals where true atmospheric

(¢ data is limited (Beck et al., 2001; Hoffmann et al., 2010; and Southon et al., 2012).

The speleothem-based records of atmospheric 4C that have been included in IntCall3 are
a record spanning 10.6-26.8 ka from Hulu Cave, China (Southon et al., 2012), and a record
spanning 11.1-44.1 from the Bahamas (Beck et al., 2001 and Hoffmann et al., 2010). These
records were constructed using a trench-and-wall sampling technique, where *C measure-
ments on intact chips of calcite from the walls are interleaved with U-Th measurements on
powder from drilled trenches, resulting in a robust and well-constrained calendar chronology
for the *C record. The record from Hulu Cave, based on speleothem H82, has a very low
and stable DCP of 5.4 + 0.7% (450 + 50), calculated from the period of overlap between
H82 with the master tree ring records spanning 10.7-12.6 ka, which covers the Younger
Dryas/Holocene transition - a period of rapid climate change which is likely to have altered
cave hydrology (Southon et al., 2012). The Bahamas speleothem record based on GB-89-24-1

spanning 11-45 ka was initially published in Beck et al. (2001) and showed extremely large
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Figure 5.1: Comparison of period of overlap between existing speleothem-based re- construc-
tions of atmospheric 1*C H82 Hulu Cave (filled red circles), GB-89-24-1 Bahamas speleothem
(open green circles), and GB-89-25-3 Bahamas speleothem (filled blue circles) and tree ring
records of atmospheric *C included in IntCall3 (black dashes))

variations in C in the interval 41-44 ka. These variations were found to be an analytical
artifact, and a new sampling of GB-89-24-1 covering 41-44 ka as well as a new record based
on speleothem GB-89-25-3 spanning 28-44 ka and 11-15 ka to establish the DCP, was con-
structed by Hoffmann et al. (2010). GB-89-25-3 has a high DCP of 22.7 + 5.9% (2075 +
540), while GB-89-24-1 has a slightly lower DCP of 16.5 &+ 4.7% (1450 + 470).

There has been some hesitation in using speleothems for 1*C calibration, because of the po-
tential for undetected variations in DCP, as well as the large variations in DCP seen in the
Bahamas speleothem records. However, even with this additional uncertainty, the existing
speleothem records of *C have been instrumental in improving our understanding of the

history of the carbon cycle through identifying past changes in ocean circulation, and ma-
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rine reservoir age, and therefore improving the C calibration curve. Comparison between
the Cariaco Basin record and both the Hulu Cave speleothem and Bahamas speleothem 4C
records confirmed that the marine reservoir age in Cariaco Basin varied significantly during
Heinrich Stadial I (Southon et al., 2012); which resulted in the removal of the Cariaco Basin
14C data during Heinrich Stadial I from IntCall3 (Reimer et al., 2013). Additionally, while
the new Lake Suigetsu core has an improved varve counting chronology, complications inher-
ent to varve counting based chronologies still limit the certainty of the calendar chronology,
especially in older sections. To address this, the drift in the varve chronology was corrected
for by comparison between the Lake Suigetsu record and the U-Th based calendar chronol-
ogy of Hulu Cave H82 and Bahamas GB-89-25-3 speleothem records (Bronk Ramsey et al.,
2012); which resulted in major reductions in the 1o error of the Lake Suigetsu calendar
chronology, ranging from a factor of ~2 at 13 ka to at least a factor of 10 at >30 ka. The
combination of true atmospheric *C measurements from Lake Suigetsu with robust absolute
U-Th based calendar chronology from speleothems has resulted in significant improvement

in the calibration curve.

Speleothem records of **C have proven to be valuable for improving the calibration curve,
but to be able to fully take advantage of speleothems as records of atmospheric C, im-
proved understanding of the controls on dead carbon incorporation in speleothems must be
developed. Reconstructions of *C in speleothems over the interval where atmospheric *C
is well known from the tree ring record allows for precise constraint on DCP variability and
for investigation of the controls on variability in DCP. The Bahamas and Hulu *C records
included in IntCall3 (Southon et al., 2012; Beck et al., 2001; and Hoffmann et al., 2010) have
very short periods of overlap with the tree ring records (Fig. 5.1), of only 2.8 ka in GB-89-
24-1, 3.1 ka in GB-89-25-3, and 3.2 ka in H82, which severely limits knowledge of the extent
of variability of DCP in these records. To study the variation of DCP in speleothem records
over a wide range of climatic conditions and over a range of timescales, we have created a

stalagmite-based record of Holocene '*C, as the Holocene represents the interval where at-
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mospheric C is best known based on dendrochronologically dated trees. This record, based
on a Holocene stalagmite referred to as HS4 from Heshang Cave in the Hubei Province of
China, is particularly well-suited for this study as it lies in the East Asian Summer Monsoon
(EASM) region, a location which has likely experienced large changes in precipitation in
response to changing Northern Hemisphere summer insolation (Wang et al., 2008; Morrill
et al., 2003; and Hu et al., 2008b) and abrupt events linked to high-latitudes (Liu et al.,
2013). Furthermore, as the HS4 stalagmite has been the subject of extensive paleoclimate
research (Johnson et al., 2006; Hu et al., 2008b; and Liu et al., 2013) and Heshang Cave
is the site of a long-term modern calibration study (Hu et al., 2008b), robust paleoclimate
records are available for comparison with the *C record. In this paper, we present a new
speleothem-based atmospheric *C record spanning 0.5-9.6 ka based on a total of 84 *C
measurements made on HS4 with a calendar age model based on U-Th measurements from
Hu et al. (2008b) and Liu et al. (2013). In addition, to investigate the DCP response to
abrupt climate events, we present high-resolution *C measurements over the 8.2 ka event,

a time period characterized by very dry conditions at the cave site (Liu et al., 2013).

5.3 Study location and methods

Heshang Cave is located in the Hubei Provence of China (30.44 °N, 110.42 °E), ~100 km west
of the city of Yichang in the middle reaches of the Yangtze Valley. The cave is 250 m long,
roughly horizontal, well ventilated, and overlain with 400 m of Cambrian dolomite. HS4 is
a 2.5 m long annually-banded stalagmite that was actively forming when it was collected
from Heshang Cave in 2001. HS4 has previously been measured for §'%0 and 6'3C at high
resolution and an age model was constructed using 21 U-Th measurements and layer-counting

(Hu et al., 2008b). The stalagmite has a high mean growth rate of 0.28 mm/yr.
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The stalagmite was cut in half parallel to the growth axis and the surface was polished
to reveal laminations consisting of sub-mm scale light and dark couplets, which have been
shown to be annual (Hu et al., 2008b). HS4 calcite is milky, opaque, and porous, with
a fabric dominantly characterized as open columnar using the terminology of Frisia and
Borsato (2010). Fifty-four samples for C analysis were taken as intact wafers of calcite
using a “moat-and-spall” technique, whereby a small trench is drilled around the desired
sample region using a 0.5 mm dental drill and the solid wafer is then snapped off at its
base. Similar sampling methods have been employed in this study and previous studies
(e.g. Beck et al., 2001; Hoffmann et al., 2010; and Southon et al., 2012) because of concern
that contamination of sample material by atmospheric COs may occur, as shifts in isotopic
values have been observed in some carbonate samples collected as powder (e.g. Gill et al.,
1995). 21 wafer samples were taken from the same depths as the original 21 U-Th dates
and an additional 33 were interspersed along the HS4 growth axis to give an average spacing
of ~1 sample every 4 cm. Wafers were subsequently crushed into smaller pieces to achieve
the desired mass of carbon for measurements-typically 12-14 mg of calcite for AMS C

measurements.

A recent study by Liu et al. (2013) of the 8.2 ka event in Heshang HS4 indicated a sharp
decrease in precipitation over Heshang Cave at that time based on §'%0, Mg/Ca, and annual
layer thickness evidence. To investigate how abrupt changes in precipitation affect DCP, an
additional 30 samples ranging from 3-7 mg were drilled from this interval at 100 pm resolution
with a New Wave Research micromill and measured for **C. At this high resolution samples
must be drilled as powder, but the good agreement between these powder samples and the
samples drilled as wafers suggests that there was no atmospheric contamination of these

samples.

Carbonate samples for *C measurements drilled as chunks were pretreated with a 30%

leach by reaction with a measured volume of weak HCI to dissolve 30% of the sample mass
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while samples drilled with powder were only leached 10%. All carbonate was subsequently
hydrolyzed in 85% H3PO4. Samples were graphitized by iron catalyzed hydrogen reduction
following standard protocols, and geologic calcite samples were used as procedural blanks. All
radiocarbon measurements were made at University of California Irvine on a NEC Compact
(1.5 SDH) AMS system, using six aliquots of Oxalic Acid I as the normalizing standard.
Each mg-sized carbon sample was measured multiple times (typically 8-15 runs) over a 24 h

period.

Due to the aforementioned disparities in terminology used in the literature to describe the
offset between speleothem calcite and contemporaneous atmospheric *C, we undertake a
detailed explanation of the metric we use in this paper, in hopes that perhaps a standard
can be set in the literature. In this manuscript the term referred to as the DCP is simply
the percentage of old 4C-free “dead carbon” incorporated in the speleothem at the time of

formation. The percentage is calculated via the procedure of Genty and Massault (1997):

e
DCP = {1 _ (“—C’”H 100%

14
a Catm.init.

where a'*C},;; is the initial activity of the calcite:

14
a Cmeas

14
a Cinit = o

and the atmospheric *C activity at the time the calcite precipitated, a'*Clim.init, is obtained
from the 4C calibration curve at the calendar age, \ is the decay constant of *C, using a 5730
a half life, ¢ is the calendar age of the sample in years, and a'*C),.s, is the *C concentration
measured in the stalagmite. All a'*C values are in units of percent modern carbon (pMC).
The error in DCP is calculated from the error in the calibration curve, the error in the

stalagmite *C measurement, and the calendar chronology by:
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When referring to the age offset in 4C years that results from incorporation of dead car-
bon, we refer to the DCP “correction” or “offset”, which is a simple difference between the
measured speleothem “C and the contemporaneous atmospheric *C. The error is found by
propagating the uncertainty in both the calibration curve and the measured value. In these
calculations, because the calibration curve has 5-year resolution over the interval defined by

the tree rings in practice the atmospheric *C age used is that of the nearest IntCal point.

Table 5.1: OxCal Bayesian ages.

Distance from top Bayes max Bayes min Bayes age 1o error

(cm) (yrs BP) (yrs BP)  (yrs BP)

228 8024 7844 7934 £ 45

229 8084 7875 7979.5 £ 52.25
230.1 8147 7909 8028 £ 59.5
231 8209 7945 8077 + 66

232 8266 7984 8125 £ 70.5
233 8320 8025 8172.5 &£ 73.75
234 8373 8066 8219.5 £ 76.75
235 8432 8117 8274.5 £ 78.75
235.9 8498 8166 8332 + 83
236.8 8643 8245 8444 £ 99.5

U-Th ages published by Hu et al. (2008b) and Liu et al. (2013) are the basis of the calendar
age model for HS4. Following the methods of Liu et al. (2013), the age depth model derived
from the 9 U-Th dates covering the 8.2 ka event has been refined by the precise annual

layer-counting floating age model for the 8.2 ka event using the OxCal Bayesian software
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Figure 5.2: Comparison of the HS4 C record (open blue circles) and the DCF corrected
HS4 C record (filled red circles) with IntCall3.)
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(Bronk Ramsey, 2008). The OxCal analysis of the U-Th dates for the 8.2 ka event interval
was repeated in this study on the 9 U-Th dates with the addition of the U-Th date from
Hu et al. (2008b) from 238 cm depth, because of its proximity to the high-resolution U-Th
dates and smaller uncertainty relative to the nine high-resolution U-Th dates from Liu et al.
(2013). The resulting Bayesian OxCal ages are shown in Table 1. The age model for the
HS4 Holocene “C record was created using the 10 Bayesian OxCal ages and the remaining
20 U-Th dates from Hu et al. (2008b), using the R statistical software program StalAge
(Scholz and Hoffmann, 2011) which are shown in Table 2. C results are shown in Table 2
as conventional radiocarbon ages (Stuiver and Polach, 1977). Uncertainties are shown at 1o
and include contributions from background corrections, normalization to standards, as well

as counting statistics.

5.4 Results

The record spanning 0.5-9.6 ka is plotted in uncalibrated *C years with IntCall3 in Fig.
5.2. The HS4 data shows reasonably constant offset from the IntCall3 record, but exhibits
some interesting non-random structure including, most prominently, a sharp decrease in
11C age before 9.2 ka (250 cm stalagmite depth) that is not seen in IntCall3. This sharp
decrease in DCP before 9.2 ka, occurs concurrently with an increase in Mg/Ca, §'%0, §'3C
and U (Fig 5.5) and is suggestive of mineralogical alteration of this lowest section of
HS4 (see Section 5.5.3/Supplementary Discussion of Noronha et al. (2014)). Because of this
anomalous shift in speleothem geochemistry, measurements below 250 cm were not included
in the calculation of the average DCP for the whole Holocene record. The mean DCP and
standard deviation were calculated from the difference between each HS4 '*C measurement
and equivalent IntCall3 points, giving a mean DCP of 10.3 + 1.5% (DCP correction of 875
+ 130 C years). HS4 DCP is higher than Hulu Cave H82’s DCP of 5.4 4+ 0.7% (Southon
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Figure 5.3: Comparison of HS4 DCP (black) and precipitation at HS4 based on the A§'80
record from Hu et al. (2008b) (red). Ad*®O has been recalculated using HS4 on the StalAge
model presented in this text. Grey bars show the means of the regimes identified with the
sequential t-test method (Rodionov, 2004)

et al., 2012); but significantly lower and less variable than the DCP of both of the speleothem
records from the Bahamas (GB-89-25-3=22.7 £+ 5.9%, GB-89-24-1=16.5 + 4.7%) (Beck et al.,
2001 and Hoffmann et al., 2010)

To assess whether non-random variability exists in the HS4 DCP record, a runs test utilizing
the Matlab “runstest” function was conducted, which rejected the null hypothesis (H,) that
the DCP variability is entirely random (p<0.0001). Even if the clearly anomalous data prior
to 9.2 ka is excluded, Ho can be rejected at the 90% significance level (p=0.0982), suggesting
that there is likely some non-random structure to the DCP residuals during other parts of
the Holocene that may reflect minor influence of climate or other factors on speleothem DCP.
To objectively identify periods of distinct DCP, a sequential t-test method (Rodionov, 2004;
cut-off length = 10, «=0.05) was applied to identify statistically significant shifts between
one or more DCP regimes. To avoid bias from the dense sampling around the 8.2 ka event,

only the low-resolution HS4 DCP data was included in the analysis. Results show four
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distinct regimes: 0.556-4.989 ka (mean DCP = 9.8%), 5.456-7.134 ka (mean DCP = 12.4%),
7.365-9.246 ka (mean DCP = 10.2%), and 9.402-9.09 ka (mean DCP = 4.0%). The 8.2 ka
event is characterized by decreased DCP values, with a minimum of 7.6% but this event is not
recognized by the sequential t-test method, even when the high-resolution data is included
in the analysis. Furthermore, z-scores were calculated for each DCP point. During the
mid-Holocene period of elevated DCP, the probability of observing the two highest values,
z=2.52 and 2.28, is only 0.0058 and 0.0113 respectively, while during the 8.2 event, the
probability of observing the lowest DCP value observed is 0.1170. Together, these results
suggest that the elevated DCP observed during the mid-Holocene, from ~5.5 to 7.1 ka, is
unlikely to represent random chance and instead may reflect a climatically driven shift in
speleothem DCP. The observed DCP decrease during the 8.2 ka event, while it may also

reflect a climatically driven shift, is less clear than the mid-Holocene shift.

The rapid decrease in DCP from 10.9% to 7.5% between 2.6-2.4 ka BP lags a peak at 2.7 ka
in atmospheric “C caused by the Homeric Solar Minimum, and is therefore most likely an
artifact of the fact that speleothem carbon is not directly sourced from atmospheric CO», but
from soil CO,. As was highlighted in Fohlmeister et al. (2011a) because of the contribution
of old SOM to soil CO,, centennial scale events in atmospheric *C, like solar events, will be
smoothed in speleothem calcite and create apparent DCP excursions which are caused by

comparing a smoothed record (the speleothem) with a higher resolution record (IntCall3).

5.5 Discussion

5.5.1 Climatic influences on DCP during the mid-Holocene

Paleoclimate records indicate that the mid-Holocene was wetter and warmer in central China,

suggesting that the increase in DCP seen in HS4 during the mid-Holocene was climatically
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or hydrologically driven. Through comparison of the §'*O record from Heshang Cave with
a similar record from speleothem DA from Dongge Cave (25°17'N, 108°5'E, 680 m asl)
(Wang et al., 2005), 600 km SW and along the same moisture trajectory as Heshang Cave,
Hu et al. (2008b) showed that annual rainfall in Southwest China was higher than modern
values between 8.2 and 3.0 ka, peaking at 8% above the modern value between 6.4 and 5
ka. The period of increased rainfall between 6.4 and 5 ka represents the period of high-
est rainfall during the Holocene, indicating that the peak in DCP in this interval could be
driven by increased precipitation and/or soil moisture (Fig. 5.3). Several modeling studies
have confirmed the presence of a strengthened EASM during this interval. The Paleoclimate
Modeling Intercomparison Project (PMIP) reported the results of 18 models that showed
that amplification of the northern hemispheric seasonal cycle of insolation during the mid-
Holocene, specifically at 6 ka, caused a northward shift in monsoon precipitation (Joussaume
et al., 1999). A well-dated peat core from Dajiuhu Lake located 125 km north of Heshang
Cave (at 31.49°N, 109.99°E, 1760 m), has been studied extensively using a variety of pa-
leoclimate proxies including pollen (Zhu et al., 2006; Zhu et al., 2010; Chen et al., 2008;
and Zhao and Chen, 2010), minerogenic matter (Zhu et al., 2010), total organic carbon (Ma
et al., 2008), and degree of humification (Ma et al., 2009). All proxies from the Dajiuhu peat
core show the same general trend of gradually increasing summer monsoon strength from
the Late-glacial interval to 6 ka, with interruptions at the Younger Dryas and 8.2 ka event.
All proxies show the wettest, warmest, most stable values occurring between ~4.5-7.0, with
an abrupt shift to drier and colder conditions occurring ~4.2-4.5 ka, and pollen records indi-
cating peak monsoon strength at 6 ka (Zhu et al., 2010). The good agreement between the
interval of highest monsoon intensity in the Holocene as shown by the paleoclimate records

and the period of increased DCP in HS4 suggests a relationship between rainfall amount and

DCP.

The change in DCP due to changing rainfall amount could be caused by accelerating SOM

decomposition rates, and therefore increasing mean age of soil gas CO,, and/or changing
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open/closed system dissolution. The mean DCP correction during the mid-Holocene period
of increased DCP is 1065 years, while the mean DCP corrections during the early-Holocene
and late-Holocene are 845 years and 830 years respectively. If the mid-Holocene increase in
DCP was entirely due to increasing decomposition rate of old SOM, and therefore increasing
soil COy age, the mean age of soil COy would have had to increase by ~220 years for
a period of 1.6 ka during the mid-Holocene. If we make the assumption that SOM was
at steady state during the early-Holocene, and no longer at equilibrium during the mid-
Holocene when decomposition of the old SOM pools was greatly accelerated causing the
mean age of soil COs to increase by 220 years, we can do a simple mass balance calculation
to estimate if it is possible for the mid-Holocene increase in DCP to be caused predominately

by an increase in the mean age of soil COs.

SOM in tropical sites that have been studied using “C, which may not be analogous to SOM
in karst sites, show that ~20% of the SOM has a turnover time of <10 years, 60% has a
turnover time on the order of decades, and 20% has a turnover time of >6000 (Trumbore,
2000). For simplicity, in our mass balance calculations we consider only two SOM pools,
an annual pool, and a millennial pool, and assume that the mass of the contribution from
the annual pool stays constant between the steady state and the accelerated decomposition
modes. Decomposition of a millennial pool with a mean age of >5000 years would initially
have to be occurring roughly 650 times faster than at steady state if the pool accounted
for 25% of the SOM, and 215 times faster if the pool accounted for 50% of the SOM to
achieve the 220 year increase in mean age of soil CO,, and either case would result in the
complete consumption of the millennial pool on a timescale on the order of decades - much
less than necessary to explain the 1.6 ka long period of increased DCP seen in HS4 at the

mid-Holocene.

Moreover, barring a major disturbance event like tilling or fire, which would have effects

that are much shorter in duration than the mid-Holocene period of DCP increase, the de-
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composition rates of old SOM required for increasing soil CO, age to be the primary cause
of the increase in DCP seen at the mid-Holocene in HS4 are difficult to explain physically.
The Q10 of SOM decomposition, the increase in reaction rates given a 10°C increase in
temperature, is generally thought to be about 2 (Davidson and Janssens, 2006), ruling out
warming as the cause of the increase in SOM decomposition rates necessary to increase the
mean age of soil COy by 220 years. The increase in precipitation known to have occurred
during the mid-Holocene at Heshang Cave would be expected to cause a decrease in SOM
decomposition because increased soil moisture would limit oxygen diffusion in the soil, shift-
ing decomposition towards a more anaerobic mode which is a slower process (Davidson and
Janssens, 2006). Additionally, observations of soil **CO, show that soil COy has a mean
age of ~1 year in tropical sites, ~3 years in temperate sites, and ~16 years in boreal sites
(Trumbore, 2000), suggesting that soil CO, mean ages on the order of hundreds of years are

unlikely in a sub-tropical site like Heshang Cave.

There has been some effort to understand how changing SOM decomposition affects speleothem
DCP (e.g. Genty and Massault, 1999; Fohlmeister et al., 2010, 2011a, 2011b, Griffiths et al.,
2012; Rudzka et al., 2011; and Rudzka-Phillips et al., 2013) most often using a simple
three-box soil carbon model and the shape of the atmospheric **C bomb peak in modern
speleothems to estimate the relative size and turnover times of three SOM pools. The mod-
els employed in these studies require that the soil CO, equilibrating with the soil water
DIC have mean ages ranging from ~40 to 500 years during the twentieth century (Rudzka-
Phillips et al., 2013), which appears to be at odds with the observations of soil COs. This
discrepancy between the age distribution of soil carbon incorporated in DIC required by the
shape of the bomb peak observed in speleothems, and the observations of soil CO, ages is a
critical point in our understanding of the role of dead carbon incorporation in speleothems.
The discrepancy suggests that it is very likely that processes in soils above karsts are unlike
those in sites where soil CO, age has been studied to date, therefore limiting our ability to

interpret the role of changing age of soil *CO, on DCP in speleothems.
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Given observations of the mean age of soil CO5 observed in tropical sites (Trumbore, 2000),
we tend to favor the explanation that changes in the offset between speleothem calcite and
contemporaneous atmospheric 4C of centennial magnitude in observed in the mid-Holocene
in HS4 were driven by an increasing proportion of the dripwater DIC derived from the
bedrock - that is a more closed system dissolution regime. A similar relationship between
rainfall amount and DCP as is observed in HS4 was observed in a record based on an
Indonesian speleothem, LR06-B1 from Liang Luar Cave (8 °32'N, 120 °26'W) (Griffiths et al.,
2012). Griffiths et al. (2012) hypothesized that increased precipitation at the cave site would
increase saturation of the voids in the soil zone, thereby limiting exchange between soil gas
and soil moisture. Lower COy diffusion in the soil zone due to soil saturation would shift
dissolution to a more closed system, increasing speleothem DCP by increasing the relative
proportion of carbon sourced from the radiocarbon-free limestone host rock. Conversely,
periods of decreased rainfall should lead to lower DCP as soil would be less saturated,
allowing for more CO, diffusion, and would lead to more open system dissolution. The
increased DCP observed in HS4 during the mid-Holocene (~5.5-7.1 ka) is consistent with
this mechanism and indicates that increases in precipitation may in fact lead to more closed

system dissolution and a higher DCP.

5.5.2 Climatic influences on DCP during the 8.2 ka event

Hu et al. (2008b) showed that the most pronounced dry event at Heshang Cave occurred
at 8.2 ka, when rainfall was ~7% lower than present. This interval was identified by Liu
et al. (2013) as having synchronous onset and similar duration to the 8.2 ka event seen in
the Greenland ice core record. HS4 'O, Mg/Ca, and layer thickness data demonstrate that
the 8.2 ka event at Heshang Cave was characterized by an abrupt decrease in precipitation
that lasted for 150 years. To investigate the effect of abrupt precipitation decreases on

DCP, the 8.2 ka interval was sampled for *C at high resolution. These high-resolution

96



1C measurements show a rapid decrease in DCP to a minimum of 7.6% (Fig. 5.4), but
the interval is not significantly different than the proceeding early Holocene DCP values as
demonstrated by a sequential t-test method (Rodionov, 2004). If the relationship between
rainfall amount and DCP described by Griffiths et al. (2012) controls DCP in HS4, we might
expect a more pronounced drop in DCP at the 8.2 ka event. Under this mechanism, decreases
in DCP during periods of lower rainfall are driven by more open system dissolution because of
increased exchange between soil CO, and DIC in soil moisture relative to the exchange that
would occur in a saturated soil zone. A possible explanation of the muted DCP response to
the 8.2 ka dry event at Heshang Cave is that the relationship between closed-vs-open system
dissolution and rainfall amount may be non-linear. A completely closed system dissolution
regime would result in DCP of 50%, indicating that even during the mid-Holocene when DCP
reached a high of 14.1%, carbonate dissolution took place in a largely open system. There is
likely a limit to how much the lack of saturation of voids in the soil zone increases exchange
between soil CO, and soil moisture, i.e. once soil reaches a specific level of dryness, the
degree of open-system dissolution will be less sensitive to further decreases in soil moisture.
Moreover, even in a completely open system, where all speleothem carbon is derived from
soil CO,, there will be some contribution of *C-depleted carbon from aged SOM, putting a
lower limit on speleothem DCP. The lack of a significant decrease in DCP in HS4 at the 8.2
ka event suggests that DCP in speleothems formed in relatively open system regimes, i.e.

speleothems with low average DCP, may be less affected by dry events than by wet events.

Consistent with this hypothesis, DCP is remarkably stable in Hulu Cave speleothem H82
throughout the Younger Dryas (YD) climate event, which was likely a period of reduced
EASM intensity (Wang et al., 2001 and Yancheva et al., 2007). The Bahamas speleothem
GB-89-24-1 is also stable over the Younger Dryas interval, though GB-89-25-3, which has a
much higher average DCP, shows large fluctuations in DCP at the YD suggesting that climate
did have an effect on DCP in some speleothems in the region during the YD interval. Rudzka

et al. (2011) produced records of DCP over the YD interval in three stalagmites: So-1 from
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Figure 5.4: Plot of DCP and 6'®0 in the interval defined by the 8.2 ka event. Top panel
shows high-resolution measurements of DCP at 8.2 ka event as small open circles and lower
resolution measurements as larger open circles. Bottom panel shows high-resolution §¥0
measurements covering the 8.2 ka event (Liu et al., 2013) without markers and lower reso-
lution 680 measurements in the interval (Hu et al., 2008b) shown with open circles. Both
5180 records are plotted on the StalAge age model presented in this manuscript. U-Th ages
defining this interval, including the 10 Bayesian OxCal corrected ages,are shown at the top
of the figure.
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Sofular Cave in northwestern Turkey (41 °25'N, 31 °56'E), stalagmite Candela from El Pindal
Cave in northern Spain (43°23'N, 4°30'W), and stalagmite GAR-01 from La Garma Cave
in northern Spain (43 °24'N, 3°39’W) which also show muted responses to the YD in DCP.
There is a decrease of 3.24 £ 2.27% (1) in DCP in the Turkish speleothem, So-1, between the
two measurements bracketing the Blling-Allerd/YD transition (from 9.58 £ 1.87% at 13.1 ka
to 6.34 + 1.29% at 12.8 ka), but DCP rebounds to pre-YD values by the next measurement
at 12.4 ka. The two speleothems from Northern Spain, Candela and GAR-01, are separated
by only 70 km but display very different responses to the YD climate event. Candela shows
a largely stable DCP over the YD interval, with some indication of a slight increasing trend
in DCP. GAR-01 shows a decrease in DCP of 4.43 + 1.77% (pre-YD maximum of 6.13 +
1.15% to a mean of 1.7 + 1.72%) at the onset of the YD, but DCP rebounds to 5.42 £
0.92% at 12.2 ka and drops back to a mean of 1.93 + 1.34% for the remainder of the YD
interval. Given the high uncertainty, low resolution, and lack of knowledge of what the
range of variability is in DCP in GAR-01 over stable climate intervals, it is difficult to assess
whether the decreases in GAR-01 are significant. We interpret HS4, H82, GB-89-24-1, So-
1 and Candela as speleothems with low average DCP without pronounced drops in DCP
during dry events, lending support to the hypothesis that DCP in some speleothems with
low DCP may be somewhat less sensitive to decreases in rainfall amount. However, many
of these records are limited in duration and do not span periods of precipitation increase so
it is difficult to discern with certainty whether this asymmetric response of DCP to rainfall
amount observed in Heshang Cave exists in other speleothems, and more speleothem records
covering both stable climate intervals and abrupt climate transitions need to be investigated

to verify this hypothesis.
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5.5.3 Mineralogically-driven shifts in DCP

The dramatic shift to lower DCP values before 9.2 ka, or ~250 cm stalagmite depth, occurs
simultaneously with rapid changes in other geochemical parameters including 620, §'3C,
Mg/Ca and ?3®U concentration (Fig 5.5). Below ~250 c¢cm, §'%0, 6'3C, and Mg/Ca values
reach a maximum of —8.01%0, —3.65%0, and 0.037 compared to average of the proceeding
stable ~1ka interval preceding the 8.2ka event of —9.40%0, —9.44%0, and 0.029 respectively.
238U concentration below 250 cm is 3.79 ppm compared to the average of 0.50 ppm of the
rest of the stalagmite. The fact that all of these large and rapid changes in speleothem
geochemistry, occur concurrently during an interval which is not known to represent an
abrupt climate change, and that these changes are confined to the base of the stalagmite
suggests that this portion of the sample may have originally been deposited as aragonite. To
test this, material from the three samples that yielded low DCP was collected and checked via
XRD to determine the polymorph. XRD results confirmed that the sample from 255.4 cm,
the oldest sample measured for 4C, is 98% aragonite, though the samples from 252.35 and
254.05 cm, which also yielded low DCP, are both primarily calcite, though trace element,
stable isotope, and thin section analysis suggests that these sections may have also been
originally deposited as aragonite and subsequently recrystallized. The low DCP during this
time may therefore reflect a primary signal unique to aragonite speleothems, that could also

be climatically linked, or could simply be an artifact caused by post-depositional alteration.

Aragonite speleothems have been found in cave environments with source waters with high
Mg/Ca concentrations (Frisia et al., 2002), as Mg is a strong inhibitor of calcite nucleation
and growth (Bischoff and Fyfe, 1968 and Burton and Walter, 1987). Heshang Cave is located
in a dolomite (CaMg(CO3),) host rock, providing a major source for higher Mg** concen-
trations in drip water. Frisia et al. (2002), however, observe that aragonite does not always
form from very high Mg/Ca ratio waters and hypothesizes that low drip rate, which can lead

to increases in super-saturation through prolonged degassing, may be a controlling factor in
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Figure 5.5: Comparison of (a) HS4 DCP, (b) Mg/Ca concentration (g/g), (c) §"*C (%oV-
PDB), (d) 60 (%oV-PDB), and (e) *®*U concentration (ppm). U-Th dates with 20 error
bars are shown at the top of the figure. All data sets are plotted using the StalAge age
model presented in this text.



aragonite precipitation. Exceptionally low drip rates during the period of initial formation of
HS4, perhaps due to incomplete development of fractures feeding the stalagmite drip, could
potentially explain the very low DCP seen in this interval if the drip rate was low enough to
allow for exchange between cave drip water and cave air CO5, though recent modeling studies
suggest that this would require drip intervals on the order of 1000s of seconds (Scholz et al.,
2009 and Deininger et al., 2012). Furthermore, this would be expected to lead to decreased
speleothem growth rates which are not observed in this section of HS4. Nevertheless, recent
cave studies have suggested that CO, exchange between cave atmosphere and speleothem
solution films does likely influence the carbon isotope composition of speleothem calcite in
some cases (Frisia et al., 2011 and Tremaine et al., 2011), but clearly more work is needed
to assess the importance of this mechanism. One alternative possibility is that in the ini-
tial stages of HS4 deposition, water was able to pool on the speleothem surface during all or
part of the year. In this case, speleothem source water and/or water driving recrystallization
would have had sufficient time to exchange with the contemporaneous cave air, shifting A*C
of the DIC towards the contemporaneous modern atmosphere A*CO, values and leading
to anomalously low apparent DCP values. Finally, we cannot rule out the possibility that
the DCP shift does reflect a true climate-related shift towards an open-system dissolution
regime in response to decreased rainfall which would have coincided with increased prior

calcite precipitation, increased dripwater Mg/Ca, and, hence, aragonite precipitation.

The result that two of the samples with anomalous geochemistry are calcite is unsurprising,
because aragonite is not stable at Earth surface temperatures and pressures and is often
diagenetically replaced with or overgrown by calcite, which can inherit textural and chemical
properties from the precursor aragonite (Frisia et al., 2002). Diagenetic replacement of
aragonite by calcite could be driven by condensation or pooling of cave moisture on the
speleothem surface - a process that could also contribute to the decreased DCP seen in this
portion of HS4 if the water was in isotopic equilibrium with cave atmosphere CO,. There

is only one U-Th measurement in this interval, at 253 cm, but it does not display any
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age reversal, which suggests that diagenetic replacement of aragonite occurred soon after
deposition. We examined thin sections of this part of HS4 for evidence of relict aragonite
or other signs of aragonite to calcite transformation. The speleothem fabric is suggestive
of aragonite and fossil aragonite that has been transformed to calcite, with a mixture of
acicular crystals, some with square terminations, consistent with aragonite, and a mosaic
fabric with some fibrous precursor phase that has been replaced by equant crystals and
calcite thombs. While it is possible that the very low DCP signal in this section of HS4
does reflect very dry conditions at Heshang Cave at this time, this signal could also reflect
enhanced equilibration between cave air and speleothem source waters and/or introduction
of contemporaneous atmosphere “C through post-depositional alteration processes. Because
of the complex diagenetic history in this section of HS4, and the lack of additional evidence
for very dry conditions at this time, we do not utilize this portion of HS4 to interpret
climate or atmospheric C history at this time. A speleothem composed of intact aragonite
would theoretically be suitable for paleoclimate or *C reconstructions, but in situations
where diagenetic replacement has taken place, both the U-Th age, “C age, and isotopic
compositions are likely to be altered, causing changes in the calendar chronology and proxy

concentrations.

5.6 Conclusions

This new high-resolution record of *C from speleothem HS4 from Heshang Cave, China,
contributes to the developing understanding of the controls on variability of dead carbon
incorporation in speleothems, which is critically important to our ability to use speleothems
as records of atmospheric 14C. This record shows evidence of climatically controlled variation
in DCP, with an increase in DCP during the warmer and wetter mid-Holocene interval,

and a smaller shift towards lower DCP during the 8.2 ka dry event. We suggest that the
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increase in precipitation during the mid-Holocene caused increased soil moisture, which
limited diffusion of soil CO5 and equilibration between soil moisture and soil COs, therefore
shifting carbonate dissolution towards a more closed system regime and increasing DCP.
The lower amplitude change in DCP during the very dry 8.2 ka event suggests that there
may be an asymmetric response of speleothem DCP to rainfall amount. Development of
other speleothem “C records that span both wet and dry events is necessary to confirm this
mechanism, and continue to develop understanding of the controls on variability in dead

carbon incorporation in speleothems.
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Table 5.2: StalAge age model and radiocarbon measurements.

UCI Distance StalAge StalAge Fraction AEC 4C age 'C Age DCF DCP

AMS from top model  lo Modern (%0) (Yrs BP) corrected (%)

# (cm) (Yrs BP) Error (Yrs BP)

93902 24.65 556 58 0.8394 £ 0.0012 —102.2 &+ 1.2 1405 £ 15 530 &+ 131 9.74 £ 0.66
77412 28.5 651 49 0.8182 £ 0.0011 —114.8 + 1.1 1610 £ 15 735 + 131 11.37 £ 0.56
93903 33 762 47 0.8043 £+ 0.0016 —118.1 £ 1.6 1750 £ 20 875 4 132 10.48 £+ 0.56
77413 43 985 94 0.7908 £ 0.0012 —109.2 + 1.2 1885 £ 15 1010 £ 131 9.19 + 1.05
93904 48.25 1113 50 0.7740 £ 0.0011 —114.4 + 1.1 2060 £ 15 1185 £ 131 10.26 £ 0.58
77414 52.85 1253 25 0.7696 £+ 0.0011 —104.5 &+ 1.1 2105 £ 15 1230 £ 131 9.86 £ 0.34
77415 59 1456 45 0.7324 £ 0.0011 —126.5 &+ 1.1 2500 £ 15 1625 £ 131 10.75 £ 0.52
93905 63.25 1634 48 0.7258 4+ 0.0019 —115.5 £ 1.9 2575 £ 25 1700 & 132 9.73 £ 0.60
77416 67 1779 39 0.7127 £ 0.0012 —116.2 + 1.2 2720 £+ 15 1845 £ 131 10.48 £ 0.48
77417 73 2004 27 0.7046 £ 0.0010 —102.2 &+ 1.0 2815 £ 15 1940 £ 131 8.82 + 0.35
77418 78.6 2211 17 0.6844 £ 0.0010 —105.8 & 1.0 3045 £ 15 2170 £ 131 9.61 £ 0.29
93906 83.4 2382 23 0.6836 £ 0.0009 —88.1 £ 0.9 3055 + 15 2180 + 131 7.49 £+ 0.33
77421 85.25 2447 24 0.6781 £ 0.0010 —88.3 £ 1.0 3120 £ 15 2245 £ 131 8.32 £ 0.33
77422 90.6 2633 21 0.6532 £ 0.0011 —101.7 + 1.1 3420 £+ 15 2545 + 131 10.91 + 0.31
93907 95.45 2799 31 0.6375 £ 0.0009 —105.7 + 0.9 3615 £ 15 2740 £ 131 10.44 £ 0.39

104



77423
93908
77424
93909
77425
93910
77426
77427
77428
93913
93914
77429
77430
93915
93916
77433
93917
93918
77434
77464
77470
77435
77471
77465
77472
77466
93919
94750
94751
93920
94752
94753
94754
94755
94756
94757
94758
94759
94760
94761
94762
94763
94750
94751
94752
94753
94754
77473
94764
94765
94766
94767
94768
94769

99.9
104.5
109
111.7
115
118.35
121.7
131.5
141.75
145.85
149.8
154
166
169.1
172.8
176.7
179
181.15
183.6
193.25
200.5
208.1
212.2
216.7
222
228
230.6
232.05
232.2
232.25
232.3
232.35
232.45
232.55
232.65
232.75
232.85
232.95
233.05
233.15
233.25
233.35
233.45
233.55
233.65
233.75
233.85
233.9
233.95
234.05
234.15
234.25
234.35
234.45

2927
3077
3225
3315
3446
3754
3931
4195
4480
4632
4817
4989
5456
5629
5894
6162
6384
6560
6634
6911
7134
7365
7490
7629
7783
7951
8050
8123
8131
8134
8137
8140
8145
8150
8156
8161
8167
8172
8178
8183
8189
8194
8200
8205
8211
8217
8222
8225
8228
8234
8239
8245
8251
8257

35
23
27
81
178
152
26
11
34
54
o7
23
29
37
91
31
92
63
36
23
75
61
68
59
95
33
20
26
26
27
27
27
28
28
28
29
29
29
30
30
30
30
30
30
30
30
30
30
30
30
30
29
29
29

0.6287 £ 0.0009
0.6300 £ 0.0023
0.6242 £+ 0.0010
0.6081 £+ 0.0010
0.5973 £+ 0.0009
0.5917 £ 0.0009
0.5798 £ 0.0009
0.5568 + 0.0010
0.5513 £+ 0.0011
0.5353 £+ 0.0009
0.5361 £ 0.0008
0.5201 £ 0.0009
0.4915 + 0.0014
0.4772 £+ 0.0008
0.4616 £+ 0.0008
0.4443 £+ 0.0008
0.4318 £ 0.0007
0.4329 £ 0.0007
0.4270 £+ 0.0008
0.4198 £+ 0.0010
0.4062 £+ 0.0010
0.4055 £ 0.0007
0.4011 £ 0.0010
0.3914 £+ 0.0009
0.3760 + 0.0010
0.3696 £+ 0.0009
0.3709 £ 0.0006
0.3668 £ 0.0012
0.3719 £+ 0.0016
0.3624 £ 0.0008
0.3663 = 0.0012
0.3692 £+ 0.0009
0.3680 % 0.0009
0.3642 £ 0.0016
0.3627 £+ 0.0015
0.3651 £+ 0.0009
0.3669 £+ 0.0009
0.3686 £ 0.0009
0.3684 £ 0.0008
0.3689 £ 0.0008
0.3654 £ 0.0008
0.3659 £+ 0.0009
0.3667 £+ 0.0008
0.3652 £ 0.0012
0.3638 £ 0.0009
0.3638 £+ 0.0016
0.3613 £+ 0.0009
0.3548 £ 0.0009
0.3584 £ 0.0009
0.3572 £ 0.0008
0.3549 £ 0.0008
0.3590 £ 0.0008
0.3598 £ 0.0008
0.3581 £ 0.0009

—104.3 £ 0.9
—85.9 £ 2.3
—78.0 £ 1.0
—-92.0=+1.0
-93.8 £ 0.9
—68.2 £ 0.9
—67.2 £ 0.9
—-75.1+1.0
—-521+11
—62.5 £ 0.9
-39.9 £ 0.8
—49.0 £ 0.9
—49.1 + 14
—57.2 £ 0.8
—58.2 £ 0.8
—63.7 £ 0.8
—65.3 £ 0.7
—42.7 £ 0.7
—47.3 £ 0.8
-314+1.0
-374+1.0
—11.8 £ 0.7
—76+£1.0
—-15.1 £ 0.9
—-36.0 £ 1.0
—-33.0 £ 0.9
—-17.9 £ 0.6
—20.1 £1.2
—5.5+£1.6
—30.5 £ 0.8
—199 £ 1.2
—-11.9+ 09
—-14.3 £ 0.9
—23.7 £ 1.6
—272+ 15
—-20.2 £ 0.9
—14.6 £ 0.9
-94+£09
-93£08
—74£08
—16.2 £ 0.8
—-14.2 £ 0.9
—11.3 £ 0.8
—14.6 £ 1.2
—-17.8 £ 0.9
—-171+ 1.6
—-233 £ 0.9
—40.3 £ 0.9
-30.5 £ 0.9
-33.0 £ 0.8
—38.5 £ 0.8
—26.8 £ 0.8
—23.8 £0.8
—-27.8 £ 0.9
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3730 £ 15
3710 £ 30
3785 £ 15
3995 £ 15
4140 £ 15
4215 £ 15
4380 £ 15
4705 £ 15
4785 £+ 20
5020 £ 15
5010 £ 15
5250 £ 15
9705 £ 25
5945 £ 15
6210 £ 15
6515 £ 15
6745 £ 15
6725 £ 15
6835 + 15
6970 £ 20
7240 £ 20
7250 £ 15
7340 £ 25
7535 £ 20
7860 £ 25
7995 + 25
7965 £ 15
8055 £ 30
7945 + 35
8155 £ 20
8070 £ 30
8005 £ 20
8030 £ 20
8115 £ 35
8145 £ 35
8095 £ 20
8055 £ 20
8015 £ 25
8020 £ 20
8010 + 20
8090 £ 20
8075 £ 25
8060 £ 20
8090 £ 30
8125 £ 20
8125 £ 40
8180 £ 20
8325 £ 20
8245 £ 25
8270 £ 20
8320 + 20
8230 £ 20
8210 £ 20
8250 £ 20

2855 £ 131
2835 £ 133
2910 £ 131
3120 £ 131
3265 £ 131
3340 £ 131
3505 £ 131
3830 £ 131
3910 £ 132
4145 £ 131
4135 £ 131
4375 £ 131
4830 + 132
5070 £ 131
5335 £ 131
5640 £ 131
5870 £ 131
5850 £ 131
5960 + 131
6095 £+ 132
6365 £ 132
6375 £ 131
6465 £ 132
6660 + 132
6985 £+ 132
7120 + 132
7090 £ 131
7180 £ 133
7070 £ 135
7280 £ 132
7195 £ 133
7130 £ 132
7155 £ 132
7240 £ 135
7270 £ 135
7220 + 132
7180 £ 132
7140 + 132
7145 + 132
7135 + 132
7215 + 132
7200 £ 132
7185 £ 132
7215 £ 133
7250 £ 132
7250 £ 136
7305 £ 132
7450 £ 132
7370 £ 132
7395 £ 132
7445 £ 132
7355 £ 132
7335 £ 132
7375 £ 132

10.69 + 0.43
9.29 £ 0.45
9.08 + 0.37
11.18 £ 0.90
10.83 £+ 1.93
8.72 £ 1.69
8.83 £ 0.36
10.36 £ 0.23
9.14 4+ 0.44
10.38 + 0.62
9.88 £ 0.65
9.70 = 0.33
11.90 £ 0.41
12.10 4+ 0.44
13.05 £+ 0.98
14.14 £+ 0.39
13.70 £ 0.98
11.28 £ 0.71
12.19 + 0.44
10.78 + 0.36
12.80 + 0.83
9.85 £ 0.71
8.78 £ 0.81
8.83 £ 0.71
10.87 + 1.07
10.45 £+ 0.46
8.22 £ 0.39
9.28 £ 0.45
7.97 & 0.45
10.23 £+ 0.40
9.25 £+ 0.53
8.62 £ 0.45
9.00 + 0.45
9.91 £ 0.45
10.16 + 0.45
9.44 £+ 0.60
8.80 £ 0.48
8.23 £ 0.45
7.91 £ 0.46
7.59 + 0.46
8.31 £+ 0.46
8.09 + 0.48
7.76 £+ 0.45
8.01 £+ 0.46
8.27 £ 0.70
8.17 £+ 0.46
8.75 + 0.46
10.35 £ 0.44
9.50 £ 0.45
9.80 £+ 0.44
10.41 £+ 0.44
9.44 £+ 0.44
9.21 +£ 0.45
9.59 + 0.43



94770
94771
94772
94773
94774
94775
94776
94777
94778
94779
77468
93926
93927
77469
93928

234.55
234.65
234.75
234.85
234.95
236.2
237.7
239.85
242.3
244.85
247.75
249.9
252.35
254.05
255.4

8263
8269
8275
8281
8288
8371
8472
8609
8765
8927
9110
9246
9402
9509
9595

29
29
29
29
29
29
27
33
25
16
18
21
23
26
28

0.3589 £ 0.0009
0.3588 £ 0.0010
0.3565 £ 0.0009
0.3559 £ 0.0009
0.3582 £+ 0.0012
0.3448 £ 0.0006
0.3406 £ 0.0035
0.3363 £+ 0.0008
0.3353 £+ 0.0006
0.3249 £ 0.0007
0.3276 = 0.0008
0.3261 £ 0.0006
0.3379 £ 0.0008
0.3307 £+ 0.0008
0.3318 £+ 0.0036

—249+09
-243£1.0
—-30.1 £ 0.9
-30.9 £ 0.9
—239+12
—50.8 £ 0.6
-50.9 £ 3.5
—47.1 £ 0.8
—-31.9 £ 0.6
—43.5 £ 0.7
—-13.7 £ 0.8
—21+£06

53.8 £ 0.8

44.7 + 0.8

58.9 + 3.6

8230 £ 20
8235 £ 25
8285 + 20
8300 £ 20
8250 £ 30
8555 £ 15
8650 £ 90
8755 + 20
8780 £ 15
9030 £ 20
8965 £ 20
9000 £ 20
8715 £ 20
8890 £ 25
8860 + 90

7355 £ 132
7360 £ 132
7410 £ 132
7425 + 132
7375 £ 133
7680 £ 131
7775 £ 158
7880 + 132
7905 £ 131
8155 £ 132
8090 £ 132
8125 + 132
7840 £ 132
8015 £ 132
7985 £ 158

9.68 £+ 0.42
9.77 £ 0.43
10.35 £ 0.49
10.40 £ 0.42
9.78 £+ 0.42
12.03 £ 0.38
11.13 £ 0.98
10.59 £ 0.46
9.98 £+ 0.36
12.52 £ 0.32
9.45 £ 0.35
9.22 £ 0.40
4.78 £ 0.41
4.89 + 0.43
2.36 £ 1.13
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Chapter 6

Speleothem *C bomb peak evidence
for subterranean microbial production
of CO-y as the dominant source of

speleothem carbon

6.1 Introduction

Reconstructing the history of atmospheric radiocarbon (*C) concentrations through the
detection limit of *C has been a long-term goal of the scientific community, because of
the usefulness of *C for creating calendar chronologies and as a tracer of carbon through
the reservoirs of the carbon cycle. Speleothems have recently become important sources
of records of atmospheric *C, and speleothem-based *C records from Hulu Cave, China
(Southon et al., 2012) and a submerged cave in the Bahamas (Beck et al., 2001 and Hoffmann

et al., 2010) were incorporated in the latest version of the official *C calibration curve,
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IntCall3. These records provide valuable constraints on atmospheric C in the intervals of
the calibration curve where true atmospheric records are lacking, holding two key advantages
over the marine and terrestrial sediment records and corals that define the interval beyond

the robust dendrochronologically dated master tree ring records:

1. They can be precisely and absolutely dated using U-Th methods (Richards and Dorale,

2003), resulting in a robust calendar chronology.

2. They often have very fast growth rates, highly resolvable stratigraphy, and excellent
preservation, which allows for continuous high-resolution “C measurement over the

entire 1*C dating range.

Speleothems are, however, complicated as records of atmospheric *C because speleothem
carbon is not derived directly from atmospheric CO;y. Speleothem carbon is derived from
several organic and inorganic carbon sources, some of which are older than the contemporane-
ous atmosphere, creating an offset between speleothem carbonate *C and contemporaneous
atmosphere *C that is referred to as the dead carbon fraction (DCF) or dead carbon pro-
portion (DCP). This offset is similar in nature to the marine reservoir correction applied
to marine sediment records of atmospheric *C, but to date is not as well understood nor

constrained.

The most simple model of carbon incorporation in speleothems was described by Hendy
(1971), who considered two end member scenarios under which carbon incorporation in
dissolved inorganic carbon (DIC) of waters that will ultimately feed speleothem drip water
can occur: open and closed-system dissolution. In open-system dissolution, the solution
dissolving the carbonate bedrock is continually in contact with soil COs, which leads to
speleothem '4C activities identical to the soil *CO, activities, as isotopic equilibrium with
soil carbon and the DIC pool is maintained during dissolution. In a closed-system, dissolution

of the bedrock takes place in isolation from soil CO,, leading to speleothem C activities
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shifted towards a bedrock 4C activities. Therefore, completely open-system dissolution,
where soil *CO, activities are identical to atmospheric values would lead to an apparent
DCP = 0%, whereas a completely closed-system dissolution wherein one mole of carbonate
is required to neutralize one mole of dissolved CO, would lead to a theoretical DCP =
50%. However, soil gas 4CO, is rarely equal to atmospheric 4CO,, because soil CO, is
a mixture of atmospheric CO,, root respiration, and CO, from decomposition of aged soil
organic matter (SOM), leading to the potential for a DCP >50%, and making a DCP = 0%
unlikely. In natural systems, carbonate dissolution usually falls somewhere between the two

end member scenarios, with average DCP around 15 + 5% (Genty et al., 1999).

The range of DCP observed in speleothems suggests that dissolution regimes are generally
more open than they are closed, which, under this model, suggests that soil CO5 is the
dominant source of speleothem C, and that therefore changes in soil 1*CO, activities due to
changes in root respiration and/or SOM decomposition rates could have a significant impact
on speleothem DCP. Operating on the assumption that the degree of open/closed-system
dissolution can be taken to be constant over to 20" century, several previous studies have
interpreted speleothem-based *C records of the 20" century atmospheric *C bomb peak
as records of soil 1*CO, actives (e.g. Genty and Massault, 1999; Fohlmeister et al., 2010;
Fohlmeister et al., 2011a; Griffiths et al., 2012; and Rudzka-Phillips et al., 2013). Under this
assumption, the degree of attenuation of the 20" century atmospheric '*C bomb peak in
soil CO; as it is recorded in speleothems, is controlled by the turnover time of SOM pools.
Employing a simple soil carbon model to estimate the relative sizes and turnover times
of SOM pools necessary to generate the best fit to speleothem bomb peak records, these
studies have attempted to understand the contribution of soil CO5 to speleothem DCP, as
well as investigate the potential of speleothem '*C records as sensitive recorders of past SOM

dynamics.

109



The results of these modeling studies have suggested that soil CO, at infiltration sites in karst
settings has pre-bomb mean ages ranging from decades to centuries (Rudzka-Phillips et al.,
2013). However these predictions are at odds with observations of soil CO, ages, which are
typically on the order of years, with COq derived from root respiration and decomposition
of organic matter with a turnover time of <1 yr comprising 60-50% of soil CO, in boreal
and temperate sites and >80% in tropical sites (Trumbore, 2000). This discrepancy between
observed soil COy ages and the mean age of soil CO, required by the shape of the bomb

peak in speleothems suggest that:

1. soil carbon in karst settings may have very different dynamics than sites that have

been studied previously and/or

2. soil COy is not the predominant source of modern and slightly aged carbon that is

incorporated in drip water DIC.

Both of these hypotheses have major implications for interpretation of §'3C and A'*C records

in speleothems, as well as for understanding the role of karst soils in the global carbon cycle.

In this study, we attempt to resolve the cause of the discrepancy between observations of
soil CO, and speleothem bomb peak records through observations of soil carbon A“C and
d'3C in Heshang Cave, China. We present a new bomb peak record from speleothem HS4
from Heshang Cave, China and a geochemical box model that builds on previous attempts
to understand dead carbon incorporation in speleothems. We use this model to evaluate the
age spectrum of SOM required to produce the speleothem bomb peak at HS4 and 13 other

speleothem bomb peak records in the literature (Table 6.1).
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6.2 Site and sample description

Heshang Cave is located in the Hubei Provence of China (30.44°N, 110.42°E, 294 m asl),
~100 km west of the city of Yichang in the middle reaches of the Yangtze Valley. The cave
is 250 m long, roughly horizontal, and overlain with ~400 m of Cambrian dolomite. The
hillside has a very thin soil cover of 5-30 cm of well-developed soil derived from dolomite
bedrock, wind-blown silicate dust, and organic matter from the dense local vegetation. The
cave has a large entrance with a height of about 20 m and is well ventilated. Annual average
temperature in the study area is ~18°C, with daily averages ranging from 5°C to 28 °C.
Unlike many caves, cave temperature at Heshang Cave exhibits a seasonal cycle, ranging
from 16°C to 22°C, lagging the local temperature cycle by 2-3 months (Johnson et al.,
2006).

HS4 is a 2.5 m long annually banded stalagmite that was actively forming when it was
collected from Heshang Cave in 2001. The HS4 site is located ~150 m from the entrance of
the cave, and was still actively dripping when this study was undertaken. Records of §'%0,
§13C, and *C covering the Holocene measured on HS4 have been previously reported by Hu
et al. (2008b), Liu et al. (2013), and Noronha et al. (2014). The age model for the final
150 years of stalagmite growth is well-defined by annual layer counting (Hu et al., 2008b).
Previous work reporting Heshang Cave speleothem HS4 '*C showed that HS4 Holocene
average DCP was 10.3 + 1.5%. DCP increased significantly during the warmer, wetter, mid-
Holocene spanning ~5-7.5 ka (Noronha et al., 2014) to a maximum of 14.1 £+ 0.4% at 6 ka.
This increase in DCP was interpreted as a shift to more closed-system dissolution regime,

likely in response to increased precipitation at this time.
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6.3 Methods

6.3.1 Speleothem calcite

The stalagmite, HS4, was previously cut in half parallel to the growth axis and the surface
was polished to reveal laminations consisting of sub-mm scale light and dark couplets, which
has been shown to be annual (Hu et al., 2008b). HS4 calcite is milky, opaque, and porous,
with a fabric dominantly characterized as open columnar using the terminology of Frisia and
Borsato (2010). Speleothem calcite for the 20th century record of C was drilled parallel
to growth lamina as powder using a New Wave Research micromill. The age model for the

20" century is based on annual layer counting described in Hu et al. (2008a).

Beginning in 2007, calcite precipitated from the drip that previously fed HS4 was grown on
etched glass plates. Plates were collected and replaced during each trip to the cave site,
each sample representing an average of 40 days of calcite growth. Samples nearest the center
of the glass plate are preferred for measurements of stable isotopes and trace elements, as
isotope and element ratios change with distance from the drip axis. Because reported *C
measurements are corrected for isotopic fractionation (Stuiver and Polach, 1977), calcite for
4C measurements was collected from calcite scraped from the funnel above the glass plate
in effort to preserve the calcite precipitated on the glass plate for stable isotope and trace
element analyses. For simplicity we refer to this calcite as “glass plate calcite” throughout
the manuscript. Measurements of *C have been made on glass plate calcite during the

interval spanning from April 2007 to March 2012.

Speleothem and glass plate calcite samples for 14C measurements were pretreated with a 10%
HCI leach, and subsequently hydrolyzed in 85% H3PO,. After conversion to CO,, calcite
samples were converted to graphite via iron catalyzed hydrogen reduction following standard

protocols as described in Santos et al. (2007).
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6.3.2 Soil organic matter

Because access to the recharge zone is difficult, all soil sampling was conducted at a site near
the entrance of the cave. One expedition to the recharge zone in August 2004 described the
soil at the recharge zone as 30 cm deep with reasonably dense vegetation (Hu et al., 2008a),
which is consistent with the site at which sampling was conducted. Soil was collected from
a site near the cave entrance during the field trip in March 2010, in 5 cm depth intervals
until the bedrock was reached. Prior to measurement, visible roots were picked out and soil

samples were dried in an oven at 65 °C for 12-24 hrs.

Both samples of bulk SOM and SOM separated by size fraction were measured for “C and
§13C. Samples of soil from intermediate depths (5-10 cm) were separated by size fractions,
defined as coarse sand (>425 um), medium sand (425-250 pm), fine sand (250-63 pm),
and silt (<63 pm). All SOM samples were ground to powder because of the presence of
dolomite, (CaMgCO3) which is more resistant to acid hydrolysis than calcite. Soil samples
were acidified with 1N HCI overnight to remove carbonate. Following acidification, SOM
samples were converted to COy via combustion in evacuated sealed quartz tubes at 900 °C

for 3.5 hrs, cryogenically purified, and graphitized via hydrogen reduction.

6.3.3 Soil CO,

Soil CO, from depth was sampled using stainless steel gas wells, which were installed in the
soil at a variety of depths. COy was sampled 12-24 hrs after installation of wells, and wells
removed at the end of each field trip. COy concentrations were measured with a portable
infra-red gas analyzer (LI-820 CO5 Analyzer, LICOR Inc., Lincoln, NE, USA). When pCO,
concentrations were above 2,000 ppm sample was collected in 0.5 L evacuated stainless steel
canisters to achieve the in desired sample size of ~1 mg C. When sampling with stainless

steel canisters, flow was restricted by stainless steel capillary (0.010 cm x 0.063 cm x 30 cm,
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Fisher). When pCOy was below 2,000 ppm, samples were collected by pumping atmosphere
for ~15 minutes through steel traps containing activated molecular sieves (13x powder-free
133 8/12 beads, Grace) using a diaphragm pump (Hargraves Fluidics BTC Series miniature).
Samples were filtered through Drierite desiccant (W.A. Hammond Drierite Co. Ltd., Xenia,
OH, USA), and flow rate was measured as 1 L/min. One sample of atmospheric COy was
collected in a steel trap at the cave site during the field trip in March 2010. To prevent “C

memory effects traps were pre-conditioned by baking at 630 °C for 45 mins under vacuum.

Soil CO4 samples collected in evacuated flasks were extracted on line, and CO; collected in
steel traps was released for isotopic analysis by baking the traps at 475°C. All CO5 samples
were cryogenically purified and converted to graphite via the sealed tube zinc reduction

method (Xu et al., 2007).

6.3.4 Tree ring record of atmospheric '“C

A pine tree of unknown species from a location across the river from Heshang Cave was felled
in July 2011 to create a record of local atmospheric **C. We selected a tree that was located
~50 m away from the road to avoid bias from point sources of fossil fuels. The 25 rings
were assumed to be annual, and were counted to create a calendar age model for a record of
local atmospheric 4C. The tree appeared to be colonized by blue-stain fungus, but a study
by English et al. (2011) showed that blue-stain fungus colonization did not detectably alter
whole wood or a-cellulose 680 or §'3C, suggesting that translocation effects are minimal.
The tree was sampled annually, and pretreated to a-cellulose using the methods described in
Southon and Magana (2010). Briefly, ~30 mg of shaved wood was treated with a standard
acid-base-acid treatment, followed by a bleaching treatment to isolate hollocellulose, and a
strong base treatment to isolate a-cellulose. All samples were treated in individual 13 mm

glass test tubes.
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Tree cellulose was converted to COy via combustion in evacuated sealed quartz tubes at
900 °C for 3.5 hrs, cryogenically purified, and graphitized by iron catalyzed hydrogen reduc-

tion.

6.3.5 Isotope analysis

After conversion to graphite, all 1*C measurements were made at University of California
Irvine on a NEC Compact (1.5 SDH) AMS system, using six aliquots of Oxalic Acid I as the
normalizing standard. Each mg-sized carbon sample was measured multiple times (typically

8 to 15 runs) over a 24 hr period.

513C were measured by isotope ratio mass spectrometry at University of California, Irvine.
Measurements on samples collected as gas were made on splits of COy injected into He-
filled vials to a target concentration of 3,500 ppm CO, using a Thermo Finnigan DeltaPlus
equipped with a GasBench II autosampler. §3C measurements on SOM were made by
placing acidified, ground soil in tin capsules that are combusted to COy and analyzed by
isotope ratio mass spectrometry on a Thermo Finnigan DeltaPlus equipped with a Fisons
NA1500NC elemental analyzer. Replicate measurement errors on known standards were

approximately # 0.1%q.

6.3.6 Soil Carbon Model

Previous attempts to evaluate the age spectrum of soil carbon above caves using speleothem
bomb peak records (e.g. Genty and Massault, 1999; Fohlmeister et al., 2010; Fohlmeister

et al., 2011a; Griffiths et al., 2012; and Rudzka-Phillips et al., 2013) estimated soil **CO,
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using the mass balance equation originally proposed by Genty and Massault (1999):
a*C, = Oy (aMC'atm_yl) + s (aMC'atm_yQ) +Cs (a14Catm_y3)
where C;p, Cy, and Cj are the relative proportion of three SOM pools such that:
Ci+0Cy+C5=1

and the a'*Cqim—y, is the "C activity of the pool approximated by a simple moving average,

with a window, y, equal to the turnover time of the SOM pool:

Y
14
Z a Catmi

14 i=1
a Catm—y =
Y

Approximating soil carbon “C activity via moving average results in modeling SOM pools
as heterogenous, and decomposition of SOM as a zero-order process. That is, a moving
average assumes the inputs to the SOM pool from each year contribute a constant mass
to the CO, flux at every time step until the inputs are exhausted after y time steps. This
deviates from typical geochemical box modeling approaches, where SOM within a given
pool is homogenized, and the homogenized pool decomposes as a first-order process (Six and
Jastrow, 2002). Additionally, these models did not include a pool with a turnover time of one

year, essentially allowing for the possibility of soils where no root respiration was occurring.

Accordingly, in this study, we build on these previous works by modeling SOM using a more
typical geochemical box modeling approach with a total of 4 boxes - 3 homogenous SOM
pools which decompose as a first-order process, and and a pool with a turnover time (7)
equal to one year which represents root respiration and decomposition of organic matter of
annual age. We implement this model using the Matlab Global Optimization solver tool,

MultiStart, to generate 1000 sets of random start points for the parameters P; and 7;,
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where j=1:4 and P; represents the relative proportions of four pools, and 7; is the associated
turnover time for each pool. We constrain the parameters P; to satisfy the requirements,
> P =1and 1 > P; > 0. The first pool is fixed as an annual pool (i.e. 7 = 1), and
the rest of the pools are constrained to represent pools with turnover times on the order of
decades, centuries, and millennia (i.e. 100 > 7 > 1; 1000 > 73 > 100; 10000 > 74 > 1000).
We initialize the model by starting 100 years before the first speleothem *C measurement,
and set the initial 14C activity of each SOM pool equal to the average of the decay corrected

4 activity of the atmosphere over the last 7 years.

We take these parameters (P;) to represent the relative proportions and turnover times of
SOM pools, and derive the relative proportion of the soil COy fluxes from them, instead
of estimating the relative proportions of SOM contributions to the soil CO, directly. We
make this distinction because, in part due to the use of the moving average approach to
estimating *C activity of soil carbon pools, the language in previous studies was ambiguous
and at times erroneously implied that the contribution of a SOM pool to the total amount
of SOM is equal to the contribution of COy of that pool to the soil gas e.g. a pool with
7 = 5 yr that comprises 50% of the SOM is taken to generate 50% of the total soil COs.
In reality, at steady state, making the assumption that the only loss pathway for a SOM is
decomposition, the size of a flux of CO4 from a SOM pool is a function of its turnover time
T

M
F=—
T

where F is the flux from a pool, and M is the mass of the pool. Continuing in our example
of a pool that comprises 50% of the SOM, with a 7 of 5 years, at steady state the annual
flux out of the pool will be equal to 1/5 of its mass. If we imagine the the rest of the SOM
as a single pool with a 7 of 100 years, the steady state loss of the pool is equal to 1/100 of

its mass each year, which means that the flux from the pool with a 7 of 5 years will make
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up 95% of the soil CO,. In this study, we refer to the relative parameters representing the

proportions of the CO, fluxes as F;.

After calculating the steady state fluxes from the SOM pools and their relative contributions

to the CO,, we calculate the *C activity of the SOM pool at each time step via:

aC; = a'C;

1 1
Jy; Jyi—1 (1 o ;) T a14C(j_1)yi <;>

where 7 is the current model step year and j refers to the SOM pool 1-4. The inputs to
the pools with longer 7 are derived from the younger pools, and the inputs into pool 1 are

equal to the decay corrected “C activity of the atmosphere at the given model step year

<a14Catmyi ) .

We then multiply the fluxes by the *C activity of the pools at the model step and sum them

together to find the 1*CO, activity at the model step:
a14002(yi) = Fl (a14Cpool1yi) + F2 (a14Cpool2yi) + F3 (a14Cpool3yi) + F4 (al4cpool4yi)

Once the entire 20" century soil #CO, record is calculated from the start points generated,
we find the offset between the pre-bomb interval (y<1955) of the calculated curve to the
measured speleothem bomb peak curve to estimate the contribution from 4C dead sources,
and subtract this difference from the entire curve. After this step, the residuals are computed
and using the Matlab optimization function, fmincon, we iteratively calculate the parameters

that yield the best fit with the measured speleothem bomb peak from each set of start points.

In contrast to previous studies, we opt to ignore fractionation effects in our calculations for

several reasons:
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e Measured speleothem a'*C activities already account for fractionation effects, as they
are reported as fractionation corrected values following the standard outlined in Stuiver

and Polach (1977).

e There has been significant confusion in the speleothem literature recently about the
correct formulae to correct for fractionation. Some previous modeling studies have used
a value of 2.3 for fractionation changes in *C/'2C vs. ¥C/'2C based on an attempt
to determine the fractionation of 1C relative to *C in photosynthesis (Saliege and
Fontes, 1984). The experiment was probably compromised by contributions of fossil

fuel and the value of 2.3 has no support from quantum theory (Southon, 2011).

e At the range of observed surface temperatures and bomb/post-bomb speleothem “C

activities, fractionation effects are small, on the order of 2-4%.

e Because we, and others, do not allow for variable temperature in our model, fractiona-
tion affects all time steps by the same constant term. Therefore ignoring fractionation
does not affect the shape of the bomb peak curve generated by the model, only the

contribution of aged carbon from dead sources.

For atmospheric 4C activity for the post-bomb era we use the Hua et al. (2013) reconstruc-
tions of regional atmospheric *C at annual resolution, and for the pre-bomb era linearly
interpolated the IntCall3 Northern and Southern Hemisphere curves to annual resolution
(Reimer et al., 2013). In addition to modeling the soil gas age at the infiltration site for
HS4, we apply this model to 13 speleothem bomb peak records (shown in Table 6.1) from
the literature which have published age models which are based on independent methods. In
order words, we exclude from our modeling speleothem bomb peak records with published
age models that rely primarily on 4C bomb peak evidence as well as modifications made to

age models made on the basis of the results of previous modeling studies. In practice this
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means we exclude the records of Hua et al. (2013) and Hodge et al. (2011) and use the layer

counting age models in Rudzka-Phillips et al. (2013).

Table 6.1: Speleothem bomb peak records referred to in this text. Modified from Table 1 in
Rudzka-Phillips et al., 2013

Speleothem  Cave Location C Zone Altitude MAT  MAP  Soil cover Overburden  Reference

(masl) (°C) (mm/yr) (m) thickness (m)
Asfa-3 Rukiessa Ethiopia NHZ3 20-25 <1 30 Baker et al., 2007
CC-Bil Crag SW Ireland NHZ1 60 9.6 1465 <0.5 20 Rudzka-Phillips et al., 2013
ER-77 Grotta di Ernesto NE Italy NHZ1 1167 6.6 1300 <15 5-30 Fohlmeister et al., 2011a
Fau-stm14  La Faurie SW France NHZ1 225 12.9 860 0.2 10 Genty and Massault, 1999
GAR-02 La Garma N Spain NHZ1 80 13.7 1278 0.6-1.5 60-80 Rudzka-Phillips et al., 2013
Gib04a New St. Michaels Gibraltar NHZ2 325 18.3 767 <0.5 60 Mattey et al., 2008
Han-stmb Han-sur-Lesse Belgium NHZ1 180 8.9 790 <0.3 50 Genty et al., 1998
HS4 Heshang Central China ~ NHZ3 294 18 1144 <0.3 400 this publication
LR06-B1 Liang Luar Indonesia SHZ3 550 26 1200 1-2 30-50 Griffiths et al., 2012
Merc-1 Rukiessa Ethiopia NHZ3 20-25 <1 25 Baker et al., 2007
Obig4 Obir Austria NHZ1 1090 6.9 1350 <0.3 70 Smith et al., 2009
Pos-stm4 Postojna Slovenia NHZ1 529 8 1500 <0.1 30 Genty et al., 1998
So-11 Sofular N Turkey NHZ2 400 13.81 1200 0.5-1 10-30 Rudzka-Phillips et al., 2013
T7 Cold Air South Africa SHZ3 1420 18.8 512 <0.3 20 Sundqvist et al., 2013

6.4 Results

6.4.1 Measurements

The results of the tree ring record of local atmospheric 4C and the single measurement of
atmospheric *CO, are shown in Figure 6.1 and suggest that atmospheric *C at the study
site is similar to, though slightly lower than, the regional atmospheric 4C as approximated
by the NHZ3 reconstruction from Hua et al. (2013). There appears to be an increasing
divergence with time between the tree ring record and the NHZ3 reconstruction, which is
probably a regional offset due to the rapid increase in emission of **C-free fossil fuel derived
COg in China during the beginning of the 21st century. Given the good agreement between
the tree ring record and the NHZ3 reconstruction before 2000 AD, we consider the NHZ3
reconstruction to be an appropriate approximation of atmospheric *CO, at Heshang Cave
for our soil carbon model. The mean DCP calculated for HS4 from the 20*" century pre-

bomb points is 9.45 + 0.21%, which is lower than the Holocene average of 10.3 + 1.5%, but
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Figure 6.1: Results of local tree ring record and atmospheric **CO, at Heshang Cave, and
speleothem and glass plate calcite 1*COs,.

well within the Holocene 1o uncertainty. HS4 speleothem calcite 4C begins to increase in
response to the atmospheric '4C bomb peak by 1959 from the pre-bomb average value of
88.30 = 0.18 pMC and increases gradually to a maximum of 96.90 £ 0.24 pMC in 1999.
The total increase in speleothem *C in response to the atmospheric **C bomb peak increase
in NHZ3 of ~70 pMC is 8.6 pMC. Glass plate calcite has an average value of 95.92 + 0.41
pMC, and appears to have a seasonal cycle with an amplitude of ~1 pMC over the 5 year

interval sampled.

Soil *CO; activities range from 96.20 4 0.16 to 105.34 & 0.38 pMC and do not show any
consistent trend with depth as shown in Figure 6.2a. Soil CO,y §'3C range from —22.7 to
—12.8%o, and are shown in Figure 6.2b. The mean §'3C of the CO, sampled during the cold

dry month, March 2010, is —15.7%o, which is significantly more positive than §'3C of soil
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Figure 6.2: Isotopic measurements of soil CO,. a) “CO, by depth b) §*3C of soil CO, by
depth

CO; sampled during warm wet months (Sep 2010 = —21.8%q, June 2011 = —19.1%q, July =
—20.9%0). Soil pCOy is typically <5,000 ppm and generally increases with depth as shown
in Fig 6.4. Soil pCOy was lowest in March, with 2435 ppm being highest value observed
occurring at 30 cm depth, and the maximum observed value of 15,005 ppm observed in July

at 30 cm depth.

Bulk SOM 'C is shown in Figure 6.3, and generally decreases with depth with an average
value of 44 + 12 pMC in the 0-5 cm depth interval, 27 + 5 pMC in the 5-10 cm interval, and
29 + 16 pMC in the 10-15 cm interval. Soil from 10-15 cm depth was analyzed for *C by
size fractions. Sand fractions typically each accounted for ~1/3 of the SOM by mass while
silt accounted for only ~1%. Coarser size fractions have lower “C activities than finer size
fractions. Coarse sand has an average value = 25 + 3, medium sand = 38 + 15, fine sand
= 54 £ 16, and silt = 73 £+ 20. This is opposite to the trend expected when separating out
SOM by size fractions - typically coarse material is composed of younger material and finer
fractions account for the occluded recalcitrant carbon. All of these SOM “C measurements

are much lower than is typically found in measurements of 4C in shallow intervals of tropical
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Figure 6.3: Heshang Cave bulk SOM 4C activities.

soils. Becker-Heidmann et al. (1988) measured C on the silt fraction of SOM of a Chinese
mollisol, finding maximum C activities of 96.6 &= 0.6 pMC in the 0-19 cm depth interval
with decreasing 4C activities with depth to 49.43 4 0.46 pMC in the depth interval 65-105
cm. Ding et al. (2010) measured SOM in the 0-30 cm interval ranging from 109.49 £0.43 to
95.58 +£0.49 pMC in a South China forest soil. Hobley et al. (2014) measured *C activities

of 96.8 + 0.6 pMC on bulk SOM from the 0-30 cm depth interval of an Australian karst soil.

Soil samples from Heshang Cave were carbonate rich - with an average value of ~45% carbon-
ate by mass. It is possible that dolomite was not completely removed during pretreatment,
therefore biasing SOM C activities lower. However, the §*C values of the bulk SOM
samples ranged from —23.7 to —25.9%0, which is typical of SOM suggesting that dolomite
was successfully removed by pretreatment with 1N HCI overnight. Furthermore, even if we
assume that SOM samples did contain some residual dolomite with a §'3C of 0%, assuming
SOM should have a §'3C value typically observed in C3 plants of —27%o (Cerling and Harris,
1999), dolomite would account for a maximum of 12% of the sample C, which would shift
the range of C activities for the bulk measurements from 17 - 58 pMC to at most 19 - 66

pMC. This latter range still represents very old carbon (3,400 to 13,300 yrs), so regardless
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of whether traces of residual dolomite were present the results show that SOM at this site

is very old.
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Figure 6.4: Soil pCO5 v depth

6.4.2 Geochemical box model

Results of the soil carbon geochemical box modeling of speleothem bomb peak records are
shown in Table 6.2. The values shown are the mean and standard deviation of the DCP
values generated by the model results that yield fits with residuals <5% larger than the best
fit, following the practice of Rudzka-Phillips et al. (2013), and refer to these solutions as
the “good solutions.” The number of good solutions is shown in Table 6.2, as well as the
average percentage of COy derived from the annual pool (F;) in the good solutions, and the

minimum age of the soil CO, for the good solutions.

Modeled F; range from <1% to 33%, with most speleothems suggesting a contribution from
root respiration and decomposition of organic matter of annual age accounting for <10%
of the total COy flux. Gib0O4a is the only speleothem record that yielded parameters that

are similar to observations of typical soil gas sources of CO,, with ~30% of CO, derived
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from a pool of annual age. Model results show Pos-stm4 and ER-77 speleothem carbon is
derived predominately from a pool of decadal age, and Han-stm5 is a mixture of decadal and
centennially aged pools. All other records showed a dominance of the flux of COy derived
from organic carbon with a 7 >70 yr. The minimum age of soil CO4 predicted by the good
solutions is consistently on the order of decades or centuries, which contrasts starkly with
observations of soil gas in temperate and tropical sites observed to have mean soil gas ages

on the order of years (Trumbore, 2000).

6.5 Discussion

6.5.1 Heshang Cave soil carbon

Measurements of *C in both Heshang Cave SOM and soil CO, are both very different than
published observations of *C in shallow tropical soils. Trumbore (1993) observed Brazilian
SOM is composed of a mixture of large stocks of carbon of multi-millennial age and carbon
with post-bomb *C activities. *CO, measurements of tropical soils show that they are
dominated by root respiration and decomposition of decadal age SOM, which has post-
bomb *C activities, yielding a soil *CO, activity higher than that of atmospheric 1*CO,
(e.g. Ding et al., 2010 and Trumbore, 2000). *C measurements of SOM at Heshang Cave
shows that SOM at Heshang Cave contains carbon of multi-millennial age, but the absence
of bulk or size fractionated SOM measurements with post-bomb *C activities suggests that
the annual inputs of organic carbon to the soil are very low. If annual carbon inputs to soil
are low, most carbon fixed in a given year must be respired in that same year, which would
yield very large fluxes of CO, with 1*C activities close to atmospheric, and soil **CO, would
be roughly equal to atmospheric 1*CO,. However, soil **CO, measured at Heshang Cave

generally is lower than clean atmospheric *CO,, as well as the atmospheric measurement
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Figure 6.5: Results of speleothem #C bomb peak modeling. Black line is regional atmo-
spheric *C record from Hua et al. (2013) used for the bomb peak record shown on the same
plot. Speleothem measurements are shown in black circles. Redline shows the modeled best
fit and grey lines are the good fits.
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taken at the cave site in March 2010 and the trend predicted by the tree ring record of

atmospheric C (Fig 6.6).

There are several potential sources of depleted *CO, observed in Heshang Cave soil, both
because of sampling methods and properties of the system. The installation of wells used
to sample soil CO4 at depth causes disturbance of the soil profile and the ecosystem, which
could potentially bias soil gas *C activities, though this contribution would most likely in-
crease decomposition of labile carbon with contemporaneous and post-bomb *C activities
and therefore increase the measured *CO, activities. However, given the especially low 4C
activity of SOM and the apparent absence of decadal aged carbon, a small flux of decom-
position of multi-millennial aged SOM found at Heshang Cave could achieve the observed

offset of soil 1*CO, from atmospheric 1*COs,.

Given the range of 6'3C observed in the soil, and very high carbonate concentration of the
soil, it is also possible that some of the soil CO, is derived from '“C-free carbonates in the
soil. The open system model of carbon incorporation in speleothems relies on continuous
equilibration of soil water DIC with soil CO,, replacing carbon derived from dissolution of
the carbonate bedrock with carbon derived from the atmosphere. The loss of carbon derived

from the bedrock to soil CO, during equilibration in open system carbonate dissolution could
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Figure 6.6: Observed clean atmospheric 1*CO, (courtesy of X. Xu) and local atmospheric
14C0O, with Heshang Cave soil 14COs,.

contribute to the depletion of soil *CO, activities. Additionally, calcite precipitation in the

soil zone could also be a source of **C-free CO, to the soil atmosphere above Heshang Cave.

According to Roland et al. (2013), several recent studies in regions with carbonate bedrock
have observed a cycle of COy where daytime CO, fluxes are orders of magnitude higher
than what could be expected from biological principles, and drawdown of CO, occurs during
nighttime when there is no photosynthesis occurring. Roland et al. (2013) suggested that
daytime ventilation of the soil zone disturbs carbonate equilibria by driving evaporation
of soil moisture and down-mixing of lower pCOy atmosphere, therefore inducing calcite
supersaturation conditions, driving calcite precipitation, and daytime production of CO,. At

night, cooler temperatures allow condensation, driving calcite dissolution and consumption
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of COy. Through the process described by Roland et al. (2013), a significant portion of day

time CO, flux could be *C-free, which would offset soil *CO, from atmospheric *COs,.

Modeling results suggest that the COs from which speleothem carbon in HS4 is derived
predominately from decomposition of a single pool with a 7 = 108 yr. This results predicts
that soil **CO, activities would be 105.65 pMC in 2010, which is essentially indistinguishable
from contemporaneous atmospheric CO, (Fig 6.6). It is not possible to determine isotopi-
cally if soil COs is dominated by a flux from a centennial pool, as predicted by the modeling
results, or is mostly root respiration and decomposition of young SOM as would be expected
from observations of soil *CO, activities in shallow tropical soils, with a contribution from
an inorganic *C-free source. Given the dense local vegetation, absence of post-bomb *C
activities in the SOM, high soil carbonate concentration, and observations of the dominance
of root respiration at other tropical sites (Trumbore, 2000), we believe the most likely sce-
nario is that soil COy at Heshang Cave is derived predominately from carbon fixed during
the current year with a contribution from a 4C-free source. However, the measurements
made in this study point to soil carbon dynamics being very complicated at this site, and
perhaps across karst sites in general, highlighting the need for further investigations of soil
carbon in karst sites to determine if they are consistently storing large quantities of very old

SOM and how SOM decomposition at these sites responds to global climate change.

6.5.2 The sources of speleothem carbon

Modeling results suggest that COs derived from root respiration and decomposition of or-
ganic matter with 7 <1 year does not represent a significant portion of speleothem carbon,
which is similar to the results of previous modeling studies. Genty and Massault (1997)
referred to the soil *CO, measurements of Dorr and Miinnich (1986) which suggested that

under forested soil in Germany decomposition of SOM with 7 = 100 years composes 25% of
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soil CO, flux in the summer and 75% of the flux in the winter. Under the assumption that
the bulk of infiltration of waters that feed speleothems in temperate settings occurs during
the winter months when photosynthesis is at a minimum, previous modeling studies have
accepted modeling results that suggest that speleothem carbon is derived from soil CO5 that
is dominated by decomposition of old SOM in good agreement with observations of winter

soil 11CO;, activity.

However, even if this assumption is accurate for sites where the growing season is out of
phase with the rainy season, it is certainly not the case in tropical and sub-tropical sites
with monsoon climates where the growing season and rainy season are in phase. Indeed our
modeling results show that the speleothems from subtropical and tropical sites, LR06-B1 and
HS4, both show some of the lowest contributions of carbon with 7 <1 year. Moreover, the
assumption that speleothem carbon is predominantly derived from winter soil COs is difficult
to reconcile even in temperate sites because of the particularly low soil pCO, in temperate
sites during the winter. Dorr and Miinnich (1986) showed winter pCOs in the forested soil
of <3,000 ppm, and Tegen and Dorr (1996) typically saw concentrations of <2,000 ppm in
German forest during cold seasons. Measurements of soil pCOy at Grotto di Ernesto also
showed values of ~2,000 ppm in winter. If the majority of speleothem carbon is derived
from soil CO, during the winter, the combination of very low pCO,y and high soil moisture,
which would limit diffusion of CO,, would reduce open system behavior and result in very

high speleothem DCP, which is not generally observed in speleothems from temperate sites.

The assumption that open system dissolution is occurring under these low soil pCO4 condi-
tions also makes it difficult to explain observed drip water Ca?* concentrations. Fohlmeister
et al. (2011b) used a calcite dissolution model to calculate Grotto di Ernesto ER-G1 drip
water carbon isotopes using the annual average soil pCO, observed above Grotto di Ernesto
of 4,000 ppm. When the model was able to accurately reproduce drip water 4C activity, it

underestimated the 6*2C value by ~1%o, and the Ca?* concentration by a factor of ~2. The
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discrepancy in §'3C isotopes is very likely a result of the fact that the model did not consider
calcite precipitation that may have occurred before or after the drip water entered the cave,
or equilibration with cave atmospheric CO5 - both of which are processes which would likely
shift 6'3C values higher. The discrepancy in Ca?* is harder to explain. Fohlmeister et al.
(2011b) suggested that the discrepancy could be due to the longer time necessary to establish
equilibrium between soil water and soil gas for carbon isotopes than Ca?", however, another

possibility is that the initial pCO; used in the model was too low.

A higher initial pCO, would increase the Ca?* concentration of the water at the transition
from open to closed system, which is the phase during which the majority of the Ca?* is
acquired. However, when Fohlmeister et al. (2011b) forced their model to fit observed drip
water Ca?* values, calculated drip water *C activity was higher than observed drip water
14 activity by 6.5 pMC. The initial value used for the soil 1*CO, activity was 110.6 pMC,
based on the results of a previous bomb-peak modeling study on ER-77 which used the
moving average approach to calculate soil carbon C activity Fohlmeister et al. (2011a).
The best fit to ER-77 in the geochemical box modeling results of this study suggest that
the a lower initial **CO, activity of 99.5 pMC is appropriate for the carbon source for ER-
77, which could help bring the modeled speleothem “C activities in line with the observed
speleothem C activities. This initial *CO, activity predicted from the model best fit to
the ER-77 bomb peak record is lower than the *C activities measured in ER-G1 drip water,
suggesting that the this estimate is too low for ER-G1, and the possibility that ER-G1 and
ER-77 do not assimilate carbon from the same source. Nonetheless, the use of a higher
initial pCO, and a lower initial *C activity as predicted by this study could potentially
improve the performance of the Fohlmeister et al. (2011b) model in estimating drip water

geochemistry.

Given the low pCO4 observed in shallow karst soils, and the disagreement between observa-

tions of soil *CO, activity and the *CO, activity necessary to reproduce the speleothem
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bomb peak records as predicted by the geochemical box model, we suggest that CO, in
the soil zone is not the dominant source of speleothem carbon. The near absence of root
respiration signal in speleothem carbon and the predicted dominance of decomposition of
very old SOM suggests the possibility of a source of CO that is removed from the soil zone,

where decomposition of aged SOM occurs in isolation.

Transport of SOM to depth, both as particulate and dissolved organic matter, is known
to be an important loss pathway for soil carbon (Kindler et al., 2011). Organic matter
incorporated in speleothem calcite has long been studied via fluorescence (McGarry and
Baker, 2000) and recently has been studied for lipid biomarkers and 6'3C (e.g. Blyth et al.,
2006, Huang et al., 2008, Xie et al., 2003, Perrette et al., 2008). Although the the extent of
any transformation of this organic matter has not been well studied, there exists evidence
of alteration of organic matter during transit through the vadose zone. Drip water organic
matter fluorescence has been observed to have a lower emission wavelength than SOM,
suggesting that in karst settings transformations of organic matter is occurring in the vadose
zone (Baker et al., 1998). Pabich et al. (2001) showed that thicker the vadose zones had
lower the organic concentration at the water table, and a strong inverse relationship between
organic concentrations and nitrate concentrations suggests that the loss is through microbial
transformations. Studies of organic matter in Heshang Cave drip water have shown that drip
water n-alkanes are dominated by low molecular weight fatty acids, in contrast n-alkanes in
the soil which are dominated by high molecular weight fatty acids (Xie et al., 2003 and Li
et al., 2011), which also suggests SOM undergoes microbial transformation during transit

from the soil to the cave.

Very high vadose zone pCO; concentrations have long been known to occur in both carbonate
and carbonate-free settings, (e.g. Bacon and Keller, 1998; Murphy et al., 1992; Keller, 1991;
Keller and Bacon, 1998; Wood and Petraitis, 1984; Wood et al., 1993; Hendry et al., 1993;

Hendry and Wassenaar, 2005; Lawrence et al., 2000; and Sanchez-Canete et al., 2011), and
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isotopic evidence suggest that microbial respiration of organic material is the dominant source
of subterranean CO,. Most relevant to karst settings, Benavente et al. (2010) measured soil
and vadose zone pCO, and §'*C in a Mediterranian karst. Benavente et al. (2010) measured
pCO, concentrations of <2,000 ppm with a §3C of —11.2 to —20.6 in the soil, and pCO,
concentrations of >20,000 ppm in wells at depths of >10 m, with a §'3*C ranging from —19.7
to —22.1, suggesting an the CO5 was derived from an organic matter source. Peyraube et al.
(2013) estimated vadose zone pCOs based on carbon isotopic evidence in cave drip water
and COgq, and suggests vadose zone pCO, values of 4.4% (44,000 ppm) in winter and 10%
in summer with 6'3C values of —22.31%0 and —24.20%0, which is in good agreement with
the observations presented by Benavente et al. (2010). A study of the sources of cave CO,
by Breecker et al. (2012) also hypothesized that the majority of cave COs is advected from

a deep biogenic source.

Several lines of evidence suggest that in at least some karst terrains, SOM is transported
to depth in the vadose zone and microbial decomposition of this SOM produces high levels
of subterranean COs. In settings where this process occurs, it must have some influence
on speleothem C, and could explain the absence of root respiration derived carbon and
dominance of carbon derived from decomposition of aged SOM seen in speleothem bomb
peaks records. However, the hypothesis that speleothems are reflecting predominately the
¢ activity of this microbial produced subterranean COj is hard to reconcile with carbonate
chemistry. If waters are encountering large reservoirs of CO, during percolation, carbonate
chemistry dictates that CaCO3 must be consumed. Several studies have suggested that
generation of subterranean CO, is an important, and possibly necessary, driver of carbonate
dissolution and karst development (e.g. Wood, 1985; Atkinson, 1977; Gabrovsek et al., 2000;
and Gulley et al., 2014). This process would be expected to result in speleothems formed in
essentially closed systems, with DCP=50%. However, we consistently observe speleothems
with DCP<50% and bomb peak profiles that do not reflect observed soil *CO, activity,

suggesting that open-system dissolution is occurring even at significant depth in the vadose
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zone. Understanding how/if open-system dissolution occurs in the deep epikarst region is a

key to confirming this hypothesis.

6.6 Implications for speleothem-based *C calibration

The apparent stability of speleothem DCP observed across major climate transitions has
been both the most promising and puzzling result of attempts to produce speleothem-based
records of atmospheric 4C. Several speleothem records have been observed to have muted
changes in DCP throughout the Younger Dryas climate event (Noronha et al., 2014), and
most exceptionally in the Hulu Cave speleothem, H82, DCP showed no response through-
out the Younger Dryas despite the changes in summer monsoon intensity inferred from
speleothem 60, and vegetation changes inferred by pollen evidence (Southon et al., 2012).
The hypothesis that speleothems are formed predominately from COs in the vadose zone de-
rived from microbial decomposition of aged organic matter could potentially begin to explain
the apparent stability of DCP in speleothems through major climate transitions. Relative
to temperature and moisture conditions at the surface, the climate variability over the last
glacial cycle would be expected to induce less variability in the conditions the deep vadose

zone.

The fact that speleothem carbon is derived predominately from SOM acts as something
like a low pass filter, through which both abrupt changes in global atmospheric 4C, and
regional changes in soil dynamics are smoothed. In many speleothems, abrupt changes in
surface C, like the 20" century atmospheric 1*C bomb peak are barely distinguishable
in speleothem calcite because the signal is diluted by the very long turnover time of the
SOM which dominates the COy flux from which drip water DIC is acquired. Changes in
hydrology appear to have the most important driver of speleothem DCP (Griffiths et al.,

2012 and Noronha et al., 2014), with a working hypothesis that higher precipitation increases
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soil moisture, therefore limiting CO, diffusion and open system behavior, and leading to a
higher proportion of carbon derived from the *C-free bedrock. In a system where most drip
water DIC is acquired during open system dissolution occurring at depth in the vadose zone,
open system dissolution, which relies on the assumption of a functionally infinite supply of
COs could only occur when voids in the bedrock are filled with more gas than water. During
periods of higher infiltration this condition would be met less often, and the kind of closed

system dissolution that produces karst would dominate, leading to higher speleothem DCP.

6.7 Conclusion

We have developed an improved model based on previous attempts to model the sources
of speleothem carbon which allows us to predict the SOM age distribution required to pro-
duce the shape of the speleothem 20"century bomb peak. The results of this modeling
work confirm the results of previous studies, which suggest that a large flux of CO5 derived
from organic material with turnover times on the order of centuries is necessary to produce
the observed speleothem “C bomb peak. We believe this result suggests that soil CO, is
not the dominant source of speleothem C, and suggest that COy produced by microbial

decomposition of leached SOM in the deep vadose zone is the main source of speleothem C.

Our observations of soil carbon at Heshang Cave, China indicate that soil carbon dynamics
at karst sites are complicated and unlike sites that have been studied previously. Karst soils
appear to be a unique system that may respond differently to global climate change that sites
studies previously, meriting continued study of carbon cycling in karst settings to continue
to our understanding of the role of karst soils in the global carbon-climate feedback cycle

and the sources of speleothem C.
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Table 6.2: Modeling results for the 14 speleothem records described in Table 6.1. P j=Percent
of total SOM, F;=Percent of total CO, flux, 7,=Turnover time in years, P;, F';, 7 represent
the parameters for the best model fit. Mean F; are the mean and standard deviation of the
percentage of the CO, flux derived from root respiration and organic material with 7 <1 year
for the model solutions with residuals that were <5% greater than the best fit. n<5%=the
number of model solutions with residuals <5% greater than the best fit. n<1955 is the
number of stalagmite *C measurements in the pre-bomb interval. Speleothems that have
only one measurement in the pre-bomb interval have DCP values given with no associated
uncertainty, as the given uncertainties in DCP are the standard deviation of the differences

between atmospheric 1*C and pre-bomb speleothem “C. Min soil COs is the minimum age
of soil CO4 of the good fits.

Speleothem P; F; T; DCP Mean Fy Min soil CO>, n<5% n<1955
(%) (%) (%) (%) (%) Age (yr)
Asfa3 <1l <1 1 7.50 0.00 102 3 1
<1l <1 6
100 100 102
<1l <1 4358
CC-Bil <1 25 1 3413 £1.62 24.52 £ 0.29 74 6 3
<l <1 14
98 75 126
2 <1 2104
ER-77 <1l <1 1 11.85+£0.77 0.01 £0.01 67 37 11
<1 71 11
<1 1 557
99 28 7238
Fau-stm14 <1 9 1 728 £1.01 9.58 + 0.44 79 35 11
7 46 13
65 44 130
27 1 4450
Gar02 <1 3 1 1135137 2.7+£0.15 124 232 3
<1l <1 96
10 89 111
90 9 9912
Gib04a 1 31 1 6.18 32.55 + 1.04 32 3 1
11 43 8
82 25 104
7 <1 1043
Han-stmb <l <1 1 4.36 0.35 + 0.24 1029 27 1
1 37 20
5 45 159
94 19 7214
HS4 <1 3 1 943 +£0.23 3.46 £ 0.07 367 2 5
<1l <1 7
19 88 109
81 9 4655
LR06-B1 <1 5 1 19.56 £0.78 3.47 £+ 0.26 231 758 3
<1l <1 6
2 34 103
98 62 3461
Mercl <l <1 1 18.01 0 £ 0.01 81 232 1
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<1 1 6
95 98 117
5 <1 9094
Obi84 <1 14 1 14.14 £0.91 14.49 £+ 0.09 210 972
<l <1 83
4 52 243
96 34 9460
Pos-stm4 <1 6 1 826+ 1.88 6.51 = 0.6 75 79
1 67 18
1 5 375
98 22 7428
So-11 <1 8 1 19.70 7.99 £+ 0.29 92 18
<l <1 38
99 91 103
1 <1 5773
T7 <1 8 1 488 +£133 7.79 + 0.28 63 557
100 92 70
<l <1 278
<l <1 4430
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Chapter 7

Conclusions and Future Work

While this disseration spans a broad variety of work on *C in the Earth system, the most
significant results of this dissertation are the works that concern development of speleothem-
based 1*C calibration. The speleothem works included in this dissertation demonstrate the
utility of speleothems as records of atmospheric *C, and begin to deconvolve the controls
on speleothem dead carbon incorporation. Our understanding of carbon incorporation in
speleothems is still being developed, and the results presenting in this dissertation have wide-
reaching applications across Earth science. Potential continuations of the work presented in

this dissertation include:

e A study of soil carbon at karst sites
The results presented in Chapter 6 highlight that soil carbon in karst sites might be
much older than soil carbon at sites studied previously, and may have very different
dynamics. Despite the surface soil being very shallow in karst settings, the “soil zone”
likely extends very deep where organic matter is stored in voids in the bedrock. Karst
terrains make up ~10% of global land surface area, and have often been subject to

desertification due to human impacts. The fate of organic carbon eroded from karst
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terrains, and response of soils in karst terrains to global climate change is largely

unknown and a highly important research topic.

A study of the seasonal “C signal in speleothem glass plate calcite

Chemical kinetics predict that speleothem calcite crystallization generally happens very
quickly - too quickly for significant exchange between drip water and cave atmosphere.
However, the glass plate calcite *C measurements at Heshang Cave show a clear
seasonal cycle. The 20" century bomb peak record indicates that root respiration
is not an important contribution to speleothem carbon in HS4, and the lack of the
overall declining trend seen in atmospheric YCO, in the glass plate calcite suggests
that this is still the case at HS4. The seasonal cycle in “C in HS4 suggests that
there is some equilibration with cave atmosphere occurring before calcite deposition.
Combined with measurements of 14C in glass plates from other caves, there is potential
for a study investigating the mechanisms and importance of in cave gas exchange in

speleothem calcite isotopic composition.

A 20""century speleothem age model algorithm

There is a growing interest in high-resolution paleo reconstructions of changes in the
Earth system in the period since the Industrial Revolution as well as the past two
thousand years - the so called “Common Era.” The position of the bomb peak in
speleothems is a useful chronological tool for precisely identifying the year 1955, and
defining chronologies for records of the Common Era. The model used in Chapter 6
of this dissertation could be modified to accept a speleothem *C bomb peak record,
with depths and “C concentrations (and potentially sampling date), and output the
most probable position of the year 1955 and estimate a constant growth rate for the
post-bomb interval. This would be a useful tool, that would likely be widely used.

Accordingly I would modify the program to use a free programming language, like R,
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as at present it runs in Matlab, which is expensive software, and uses an expensive

Matlab add-on package.

Reconstruction of atmospheric “C using the remaining Hulu Cave speleothems
Hulu Cave speleothem H82 produced a remarkable speleothem-based record of atmo-
spheric *C with a robust calendar chronology and a stable DCP that has contributed
significantly to refining the *C calibration curve. Reconstruction of atmospheric **C
based on the remaining Hulu Cave speleothems is highly desirable goal for studies of

Earth system history.

A Hulu Cave “C bomb peak record

The exceptional stability of DCP, and simultaneous responsiveness of Hulu Cave H82
to changes in atmospheric C is both the most promising and puzzling characteristic
of Hulu Cave speleothems as records of atmospheric 1*C. A 4C bomb peak record from
Hulu Cave would be a valuable record for understanding carbon cycling in Hulu Cave,
which could improve interoperation of the Hulu Cave speleothem records as a record
of atmospheric *C. Understanding carbon cycling at Hulu Cave could also help with
interpretations of the 6*C record at Hulu Cave, which has millennial scale structure

but at present remains largely unstudied.
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Appendix A

A comparison of cellulose extraction
and ABA pretreatment methods for

AMS C dating of ancient wood

A.1 Abstract

We have compared accelerator mass spectrometry (AMS) radiocarbon results on wood sam-
ples at or near the limit of *C dating, pretreated with a standard acid-base-acid (ABA)
protocol, with those obtained from cellulose prepared from the same samples by several
modifications of the Jayme-Wise cellulose extraction method (Green 1963). These tests
were carried out to determine the most efficient way to ensure low backgrounds in 4C mea-

surements of well-preserved ancient wood samples.
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A.2 Introduction

Cellulose is a long polysaccharide chain that does not translocate within a tree or exchange
carbon with the atmosphere following its formation. Radiocarbon dates performed on cellu-
lose alone are therefore thought to be a good measure of past atmospheric 1*C. A study by
Gaudinski et al. (2005) indicated that the Jayme-Wise method produces extracts that are

most chemically similar to pure cellulose as compared to other cellulose extraction methods

A batch processing protocol for Jayme-Wise cellulose extraction, developed by Leavitt and
Danzer (1993) and commonly used for stable isotope measurements, involves 3 steps to

isolate a-cellulose, each step followed by multiple water washes:

1. Cleaning: treatment in a Soxhlet system with toluene and ethanol to remove waxes,

fats, oils, resins, and other compounds soluble in organic solvents.

2. Isolation of holocellulose: bleaching with a mixture of sodium chlorite and acetic acid

to remove lignins.

3. Isolation of a-cellulose: treatment with strong base followed by a neutralizing acetic

acid wash.

In C studies, a major driver for using cellulose extractions has been the need to quan-
titatively remove resins, lignins, and other mobile wood fractions when studying 4C in
post-bomb and immediately pre-bomb wood. These fractions can contaminate tree rings
with translocated carbon from subsequent years, which can have very different A*C and
may not be not completely removed by more conventional pretreatments, though the overall

effect on measured AC values is relatively small (Cain and Suess 1976; Stuiver and Quay

1981).
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Translocation effects are less important in studies of ancient wood where decadal or cen-
tennial scale AC changes were a few tens of per mil at most. In those contexts, cellulose
extraction can be viewed as one of several strong “C pretreatment methods for removal of
exogenous contamination from pollen and organic sediment fines (Brown et al. 1989; Gille-
spie 1990), charcoal (Bird et al. 1999), and wood (Santos et al. 2001), developed as more
rigorous alternatives to the conventional acid-base-acid (ABA) or de Vries protocol (Stuiver
and Quay 1981). The other techniques typically employ a variety of initial acid and base
treatments rather than Soxhlet extractions, but a common feature of all of these methods is
a very strong acid/oxidation step. Gillespie (1990) used dilute Schutze reagent (10% KClO3
in 35% HNO3); the ABOX method (Bird et al. 1999; Santos et al. 2001; Pigati et al.
2007) employs acid-dichromate solution (0.1M KyCr,O7 in 2M HsSOy); and acid chlorite
or hypochlorite bleaching is used in cellulose extractions and in pollen preparation for #C

dating (Brown et al. 1989).

As used in many labs today, ABA involves treatment at 60°C-90°C with 1IN HCI and 1IN
NaOH, with the base washes repeated until the solutions remain clear. ABA pretreatment
of wood has historically resulted in varied results and is sometimes viewed as inadequate,
but comparisons of ABA with other pretreatment methods have not always involved the full
rigor of the ABA protocol. For example, in radiometric labs where large volumes of reagents
are required, a single long-duration base treatment may be employed (A Hogg, personal
communication), as opposed to repeated washes that at least in principle might be more
effective. Additionally, in some comparisons between ABA and ABOX (Bird et al. 1999;
Santos et al. 2001) the acid and base treatments (AB) were carried out at room temperature
(G M Santos, personal communication), and the final acid step of ABA-potentially important
for removing any CO, absorbed under alkaline conditions-was sometimes omitted. In one
study (Hatt et al. 2001) that was subsequently cited elsewhere as showing the levels of

contamination remaining after ABA, the ABA was in fact deliberately carried out in a way
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that would maximize the uptake of modern COs, in order to test subsequent decontamination

procedures.

In this study, we compared several variations of the Jayme-Wise cellulose extraction method
against ABA pretreatment to see whether rigorous ABA could produce *C backgrounds from
wood samples comparable with those obtained from cellulose. In addition, we attempted to
streamline the Jayme-Wise method and thus reduce processing times for wood samples for
14C measurements, to eliminate the unnecessary exposure of samples to carbon-containing
reagents, and to test cellulose extraction procedures that did not require specialized Soxhlet
apparatus. This report reflects the current state of an ongoing study, and the methods
described here may be subject to further development and do not necessarily represent

“best” techniques.

A.3 Methods

Samples tested were well-preserved wood samples beyond or close to the limit of **C dat-
ing. Three were New Zealand kauri: cellulose from two of these (Wk5383, Wk5385) had
been previously dated to >50 kyr (Turney et al. 2007) and one (OIS7) was known from
stratigraphy to be >140 kyr (Marra et al. 2006). The Wk5385 sample was chosen for this
study because earlier work at the Waikato *C laboratory suggested that it could not be fully
cleaned even when rigorous ABA treatment was used (A Hogg, F Petchey, personal commu-
nications). The other 2 samples were woods used as background materials in our laboratory:
a “Patagonia” spruce sample of unknown stratigraphic provenance from northeast lowa,
USA (S Stine, personal communication) previously dated to >50 kyr (CAMS-50039), and a
conifer (probably spruce) sample collected near the Queets River mouth, Olympic Peninsula,
Washington, USA, from a stratigraphic unit corresponding to oxygen isotope stage ba or bc

(G Thackray, personal communication).
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The woods were sampled as fine shavings ;0.5 mm thick, cut from wood blocks with an
X-Acto knife. We typically used samples of 20-40 mg of wood-much more than we would
normally use for ABA treatment—because we anticipated significant losses in the cellulose
extractions. The kauri samples strongly resembled newly cut wood and produced no dust
when sliced, but the Queets-A and Patagonia woods, though well preserved, were noticeably

more friable.

The ABA pretreatment was carried out in 13 100 mm test tubes covered with vented Fisher
KimKap closures, on a heat block at 70 °C. Ultra-fine tip plastic pipets (Samco #233) were
used throughout to minimize pipetting losses. Samples were treated with aliquots of ~6 mL
of 1IN HCI for 30 min, followed by successive 30-min treatments with 1IN NaOH until the
liquid remained clear, ending with another 30-min 1N HCI wash. Samples were then washed
several times in Milli-Q water (15 min, 70°C) to pH >6 to remove remaining acid, dried for
30 min at 50 °C in a vacuum oven, and the tubes were capped with gas-tight closures (Fisher

TainerTop). Processing times for batches of 10-25 samples were typically 5 to 6 hr.

Isolation of holocellulose was carried out in 13-mm test tubes at 70 °C in a fume hood. Early
workers recommended that acid chlorite treatment be carried out at pH 2.4 or greater for
maximum bleaching efficiency (Skelly 1960), which may be why weak (buffered) acids such as
CH3COOH have traditionally been used in Jayme-Wise extractions for stable isotope mea-
surements. However, more recent studies (Kaczur and Cawlfield 2000; Svensson et al. 2006)
indicate that there is little loss of efficiency even at very low pH. The acid decomposition of

sodium chlorite in the presence of chloride ion was summarized by Gordon (1982) as:

5 NaClO, + 4HCl —» 4 C10, + 5 NaCl + 2 H,0

Using equal volumes of 1IN HCI and 1M NaClO2 solution simplifies the procedure and ensures
that the reaction takes place under strongly acidic conditions (pH ~1) where contamination

by atmospheric CO, is unlikely. We found that 2.5 mL of bleaching agent and 2.5 mL of
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acid was sufficient to bleach up to 40 mg of wood over 4-6 hr in most cases, though bleaching
times varied. For a few of the larger samples, the ClOy was exhausted (indicated by the
disappearance of the characteristic gold color of the solution) and a second short treatment
was required to fully bleach some of the larger pieces. Some ClO, was initially evolved into

the head space of the vented caps, but very little escaped.

After bleaching, the holocellulose was washed several times with Milli-QQ water (30 min,
70°C) to pH >6. Samples that had separated into fine fibers required centrifuging for several
minutes before pipetting to help separate cellulose from liquid and thus reduce losses. The
samples were then dried at 50 °C for 30 min in a vacuum oven, and the tubes were capped
with gas-tight closures. For acellulose extractions, the bleached holocellulose was washed
once with Milli-Q, then treated with 6 mL of 5N NaOH for 1 hr at room temperature.
This was followed by a 30-min treatment with 1IN HCI at 70°C to remove any absorbed

atmospheric COy, then multiple Milli-Q washes and drying as above.

These procedures were compared with a more traditional batch processing cellulose extrac-
tion method (X Xu, personal communication), based on the work of Leavitt and Danzer
(1993) and similar to techniques used previously for C by Linick et al. (1986). Samples
were processed in Ankom™F57 Dacron filter bags (25 pm effective pore size). Each bag was
subdivided into 2 heatsealed pouches containing individual samples, and bags were identi-
fied by unique patterns of heatsealing lines. Up to 25 bags were placed in a 50-mm-ID (200
mL) Soxhlet apparatus and extracted with 600 mL of 2:1 mixture of ;99.5% toluene and
HPLC-grade ethanol and then with 600 mL of HPLC ethanol, each for ~18 hr. Subsequent
processing of the bags was carried out in a 2-L, beaker covered with a watch glass, on a hot
plate with a magnetic stirrer. Samples were boiled gently for 2 hr in Milli-Q water and then
placed in a bleaching solution (4 g of sodium chlorite and 2 mL of glacial acetic acid added
to 600 mL of water) at 70°C. An additional 4 g of chlorite and 2 mL of acetic acid were

added after 3-4 hr and the treatment was continued overnight, after which the samples were
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washed several times with 600 mL of Milli-QQ water over 3-4 hr and dried at 50 °C for 2-3 hr
in a vacuum oven. For a-cellulose extraction, washed holocellulose samples were treated in
600 mL of 17% (weight/volume) NaOH for 1 hr at room temperature, treated at 70 °C with

1IN HCI and then washed repeatedly with water and dried as above.

Further variations of the holocellulose isolation step were made by modifying both the bleach-
ing agent and the activating acid. A 5% sodium hypochlorite solution (Chlorox), which is
the traditional source of Cly for chlorine-based bleaching (Long and Kalin 1992), was tested
briefly as an alternative to sodium chlorite in the test tube-based protocol, though chlorite
is now strongly preferred for extracting cellulose because the C1O2 produced attacks lignin
only and the reaction does not generate harmful free Cly. The standard batch processing
Jayme-Wise method (Leavitt and Danzer 1993) uses glacial acetic acid to activate the chlo-
rite, but mineral acids such as H3PO, and HCI have been used in some C studies (Pearson
and Stuiver 1986; Long and Kalin 1992; A Hogg, personal communication), reducing the
exposure of samples to carbon-containing reagents. We tested the use of H;PO, and HCI as
alternatives to acetic acid and ultimately chose HCI for the test tube-based method described
above. We also checked whether baking ABA-treated samples immediately prior to combus-
tion was effective for reducing backgrounds. Samples in unsealed quartz combustion tubes
prefilled with CuO and Ag, were baked in air for 1 hr or 3 hr in a muffle furnace at 160 °C
or 300°C, prior to sealing in vacuum and combustion at 900°C. The 300°C bake caused
actual charring of the wood, and was intended to approximate the low-temperature stage of
the stepped-combustion protocol of Bird et al. (1999), who found that a 330 °C combustion
with a limited quantity of oxygen gas was very effective at removing contaminants remaining

after ABOX.
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A.4 Results

A surprising result of our initial cellulose extraction tests was to reveal that a small but
significant source of contamination existed: results for holoor a-cellulose samples showed
substantial scatter and some were elevated (by 0.1-0.5 pMC) compared to ABA-only results
on the same wood. The source of the contamination was ultimately shown to be the NaClO2

when a new batch was purchased, but the contamination mechanism remains unclear.

Within the obvious limitations imposed by this problem, we found no differences in 4C
results for OIS7 kauri, Patagonia spruce, Queets-A, and Wk5383 kauri for several variations
of the cellulose extraction procedures (Table 1). Samples treated with the full Jayme-Wise
a-cellulose protocol described above, including 2 days of Soxhlet extractions, returned results
similar to those where ABA-treated wood was transferred to the Ankom bags for subsequent
holo or a-cellulose extractions, or samples where all processing was carried out in test tubes.
In addition, we saw no significant differences between results for cellulose extractions where
acetic acid, H3PO,, and HCI were used as chlorite activators. We also tested using a stronger
acid for the final neutralization step after NaOH treatment for a-cellulose: 2M HySOy, 2 hr
at 70°C, used by Hatte et al. (2001) to enhance the effectiveness of the final step of ABA;

but saw no improvement.

In spite of the presence of low-level contamination from the chlorite, these results suggested
strongly that ABA treatment followed by cellulose extraction in the 13-mm test tubes was
as effective as the full Jayme-Wise treatment, while taking far less time overall. Subsequent
tests were therefore aimed at optimizing the test tube method described above. ABA-treated
samples destined for cellulose extraction were treated with HCI and chlorite solution immedi-
ately after the last acid wash of ABA, and left overnight at room temperature. This reduced
the subsequent 70°C bleaching time to 2-3 hr and the overall processing time for holo or

a-cellulose production to 24-30 hr: typically from the late morning of one day to the after-
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Table A.1: Initial "C results for OIS7 kauri, Patagonia spruce, Queets-A, and QK5383.

Cellulose extraction® 14O results
Activating acid/ Neutralizing acid

Pretreatment processed in: Cellulose fraction for alpha-cellulose pMC =+
ABA None 0.20 0.13
Soxhlet HAc/bags Alpha HCI 0.23  0.07
ABA HAc/bags Alpha HCl 037 0.13
ABA HsPO, Alpha HCI 0.34 0.04
ABA HCl/bags Holo 0.35 0.05
ABA HCl/tubes Holo 0.28 0.11
ABA HCl/tubes Alpha HC1 0.27  0.10
ABA HCl/tubes Alpah HCl 0.31 0.12

“HAc: acetic acid. Note: all cellulose samples were extracted with the first (contaminated)
batch of chlorite.

noon of the next. An obvious next step would be to leave the samples at higher temperature
overnight, but we have not yet tested this for fear of sample losses. (Note: we have since
determined that yields for samples left bleaching overnight at 70°C are indistinguishable

from those for samples treated as above).

We tested weaker HCI and chlorite mixtures (2.5 mL of 0.25N HCI with 2.5 mL of 0.25M
NaClO,) but found that bleaching times increased and that 30-40 mg wood samples often
required a second application of bleaching solutions. Bleaching with HCl-activated Chlorox
(Long and Kalin 1992) required numerous applications of bleaching solutions following an
overnight soak at room temperature, was obviously more destructive to some samples than
chlorite, produced free chlorine, and left samples still only partially bleached after a full

working day.

Backgrounds for holo and a-cellulose extractions using the optimized test tube procedure
with the new chlorite were gratifyingly lower; data from these experiments and from samples
treated with ABA are shown in Figure 1. (In comparing our results with data from other
studies, it is important to note that all data shown here are raw #C results: no processing line

blanks or AMS “machine” backgrounds have been subtracted.) For OIS7 kauri, Patagonia
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Figure A.1: *C results (pMC) for wood samples treated with the standard ABA protocol,
and ABA plus holo- and alpha-cellulose extractions. Note that all data are shown as raw
values: no backgrounds have been subtracted.

spruce, Queets-A, and WkbH383 kauri, the results show little difference between pretreatment
methods. WkbH383 consistently displayed slightly higher pMC values than the samples known
from stratigraphy to be beyond the limit of 14C dating, and may indeed be younger. Wk5385
kauri was previously measured at Waikato and found to be difficult to clean by ABA, even
when treated with multiple base washes. In our tests, we found that by isolating holocellulose
the background for this sample was significantly improved, though further processing to a-

cellulose had little effect.

Yields from ABA were uniformly high, but large decreases in sample mass were observed with
increased processing to holo and a-cellulose, particularly for the less well-preserved Queets-A
and Patagonia samples. Table 2 shows average yields from test tube processing. In some
cases, 30 mg or more of wood was required to produce 3 mg of a-cellulose, which in turn

would yield about 1 mg of graphite for AMS. Furthermore, cellulose yields for a given type of
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wood showed significant scatter about these mean values, suggesting that wood preservation

can vary significantly even within a single wood block.

Table A.2: Average percent yield for samples by treatment method

ABA Holocellulose Alpha-cellulose

OIST kauri 79 35 30
Patagonia 73 16 11
Queets-A 71 15 10
WK5383 7 36 27
WK5385 76 44 33

Samples of holocellulose (and a-cellulose to an even greater extent) were very fluffy compared
to ABA-treated wood, and sample handling problems due to static were correspondingly
severe. The cellulose was particularly difficult to load into 6-mm quartz tubes for combustion,
and in many cases cellulose fibers were left on the tube walls in the area where the tubes are
sealed. This can lead to sealing problems as the adhering cellulose pyrolyzes in vacuum and
effectively increases the melting point of the quartz. An effective solution to this problem is
to burn off the stray fibers from the portion of the tubes where sealing takes place, by heating
this area in air with a gas torch before attaching the tubes to the combustion vacuum line

(X Xu, personal communication).

Samples that were baked just prior to combustion showed slight improvement in backgrounds
in some cases (Figure 2), but the differences were small and may simply reflect random
scatter. Baking for 3 hr versus 1 hr at each temperature produced no obvious increases
in the C ages. Carbon losses due to charring in the 300°C bake (calculated from the
COg yields per initial mass of ABA-treated wood for charred and uncharred samples) were
significant, and increased from ~30% for a 1-hr bake to ~40% after 3 hr. In marked contrast
to the effect of the post-ABOX low-temperature oxygen combustion of Bird et al. (1999),

charring in air had little effect on “C ages from these ABA-treated samples.
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A.5 Discussion

One possible candidate for the puzzling contamination of the first batch of NaClO, is ab-
sorption of atmospheric COs, since the jar of chlorite had been in general use in another
laboratory for several months and could conceivably have been left open for extended peri-
ods. Prior to our experiments, it was used only for extractions on modern and post-bomb
samples, and so the contamination was not detected. However, it is difficult to understand
how any absorbed CO, could have been transferred to the cellulose, since the bleaching pro-
tocols involved activation under acidic conditions (strongly acidic in some cases) in part to

minimize this possibility.

Hatt et al. (2001) pointed out that replacement of hydroxyl groups in wood structures by Cl~
(which does occur to some extent during chlorite delignification at low pH, e.g. Svensson
et al. 2006) might lead to subsequent carboxylation via a further replacement of Cl~ by
carbonate ions, but again, this second step requires alkaline conditions that were not present
in our experiments. Furthermore, Hatt et al. also found that any bound CO, was effectively
removed by subsequent treatment with 2M H5SO,, which did not remove the contamination

we encountered.

Our tests of cellulose extraction methods indicate that pretreatment of samples in individual
13-mm test tubes by ABA plus bleaching is effective, and appears to have several advantages
over Soxhlet/ bleach batch processing in the Ankom filter bags. No specialized Soxhlet
equipment is required, the process takes significantly less time, any possibility of cross-
contamination is removed, and labeling of samples is easier. Furthermore, the Dacron bag
material consists of white matted fibers that are sometimes difficult to distinguish from
adhering cellulose, which can complicate the removal of samples when the bags are cut apart

after processing.
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Figure A.2: "C results (pMC) for ABA-treated wood samples baked in air in quartz com-
bustion tubes just prior to sealing. (The Wk5385 sample baked for 3 hr at 400 °C was lost
during graphitization.)
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However, while the test tube method seems superior for the well-preserved woods used here,
we recognize that this may not be true for more degraded samples. Processing in tubes
requires many pipetting steps, and these may also require centrifugation if the samples
begin to disintegrate, so that for samples with marginal preservation, batch processing in
filter bags may actually be less labor intensive, and therefore preferable. If the conventional
Jayme-Wise method is used for such cases, it would seem prudent to adapt it for the special
requirements of *C, though the excellent cellulose *C results obtained in previous studies
suggests that few serious problems exist. Nevertheless, since concerns have been raised
about possible contamination by solvent residues (Long and Kalin 1992), using only *4C-
dead solvents rather than modern ethanol in any Soxhlet processing of old samples seems
desirable (Hogg et al. 2006), though we did not test this. Our results show no disadvantages
to using mineral acids for bleaching, thus avoiding unnecessary exposure of samples to organic

acids.

For 4 of the 5 woods tested (OIS7 kauri, Patagonia spruce, Queets-A, and Wk5383 kauri),
14 values for wood pretreated with ABA were not significantly different from 4C values for
holo or a-cellulose extractions. However, our results for the Wk5385 kauri sample (Figure
3) clearly confirm the earlier findings of the Waikato '*C laboratory. This wood contains
younger contaminating material that could not be completely removed by ABA, even with
multiple base treatments at high temperature, and was unaffected by subsequent 160°C
baking or 300 °C charring in air. The contamination was effectively removed by holocellulose

extraction, and further processing to acellulose did not produce significantly older ages.

These tests have therefore confirmed that a subset of old wood does exist for which even
rigorous ABA treatment is ineffective and more elaborate/harsh treatments are required.
Given that those methods involve significant extra work and result in lower processing yields
than ABA, a useful strategy for projects involving large numbers of measurements on single

logs (e.g. calibration studies) would be to carry out spot-checks on inner and outer rings of
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Figure A.3: C measurements on Wk5385 showed that cellulose extraction was required for
removal of young contamination from this sample: ABA with or without subsequent baking
was ineffective.
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ABA versus holocellulose or other pretreatment of choice. If ABA proved effective, as it did
for 4 of the 5 woods tested here, it could then be used with confidence for the large-scale

study.
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