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ABSTRACT OF THE DISSERTATION

A Study of Ocean Mass and Transport with Remote Sensing

By

Chia-Wei Hsu

Doctor of Philosophy in Earth System Science

University of California, Irvine, 2017

Professor Isabella Velicogna, Chair

We use GRACE data and estimates of ice sheet mass balance by the mass budget method to

study regional ocean mass changes. Regional ocean mass varies because of ocean dynamics

and gravitational attraction resulted from mass redistribution within the Earth system and

associated crustal deformation. The effects combining gravitational attraction and crustal

deformation are commonly called the sea level fingerprint (SLF). We focus on the SLF due

to its large cumulative sea level potential and importance for accurate ocean mass estimates

over regional scales. We conduct SLF sensitivity test with the mass estimate over the ice

sheet regions from the mass budget method. Our tests show that the required accuracy of

mass load estimates on land can be achieved by using GRACE data. We determine a set

of improved scaling factors to restore the magnitude of the GRACE signal attenuated from

a series of processing steps applied to remove systematic noise. We derive the SLF signals

by accounting the mass load changes in the whole Earth system from GRACE. The SLF

is validated with in-situ ocean bottom pressure measurements and sea level derived from

steric-corrected altimetry. The validations show good agreement in the seasonal signal at

the 1-degree resolution. We investigate the ocean transport error due to SLF signal in the

North Atlantic. A spurious meridional geostrophic transport is created due to the SLF gra-

dient across the Atlantic ocean. This spurious transport is equivalent to half of the seasonal

variation in the upper mid-ocean geostrophic transport shown in the in-situ transport mea-

xii



surements. The work shows the importance of removing SLF in OBP measurements used

to derive geostrophic flow. GRACE provides valuable constraints for extracting the ocean

bottom pressure estimates. We introduced an improved ocean bottom pressure product from

GRACE which can be used to study mass and current changes near coastal regions. This

required removing the land mass change signal, which leaks into the ocean and can obscure

the ocean bottom pressure signal. The product provides the possibility of studying coastal

processes by using the near-coast GRACE ocean bottom pressure estimates.
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Chapter 1

Introduction

Observations of ocean mass change can help us understand many important oceanographic

phenomena. How relative sea level, i.e. the difference in height between the sea surface and

the sea floor, changes (hereafter as sea level) is an important question for science and society

at-large. At present, global mean sea level is rising as a function of decreasing density

(increasing steric sea level) from increased ocean heat content and increasing ocean mass

(increasing barystatic sea level) from decreased land water storage. The rising signal has

been observed by tide gauge measurements since the late 19th century. The longterm average

increase from the 1880’s is 1.9 mm/yr [Church and White, 2011], which compares with the

present rate of 3.27 mm/yr provided by satellite remote sensing measurements since 1993

[Archiving Validation and Interpretation Satellite Oceanographic Center (AVISO), 2014].

Understanding the relative contributions of the steric and barystatic sea level components

on the total 70% rate increase is an important step for better sea level prediction. The

prediction is especially important for creating sea level rise mitigation strategies for many

coastal cities, which may have huge socioeconomic impacts.

The steric sea level component varies when ocean salinity or temperature changes. The

barystatic sea level component varies when there is a change in the flux of freshwater between

the atmosphere or land and the ocean. The land freshwater flux has increased over the last

few decades due to changes in glaciers and ice sheets [Velicogna, 2009, Bamber and Riva,

1



2010]. The increased flux of freshwater has resulted in a 70% increase in the barystatic sea

level rate over the last 15 years compared to the last 26 years [Church et al., 2011]. Over

the same two periods, the rate of steric sea level change has increased by only 10%. The

differences in the rate changes of steric sea level and barystatic sea level show the increasing

importance of freshwater storage change to global mean sea level. Climatological variations

in the hydrological cycle, such as from ENSO, affect barystatic sea level over seasonal and

interannual scales [Boening et al., 2012b]. Global mean sea level dropped around 1 cm before

the 2011 La Niña event and increased around 2 cm after. The large interannual variations

in barystatic sea level is another reason why ocean mass variations are worth further study.

The changes in relative sea level due to steric and barystatic vary spatially. Therefore,

changes in global mean sea level and regional sea level can be very different. Regional ocean

mass can vary spatially due to changes in ocean circulation and due to changes in the Earth’s

geopotential and deformation induced by a change in mass loading. This latter effect is also

called a sea level fingerprint (SLF) or the self-attraction and loading effect [Riva et al.,

2010, Wouters et al., 2011, Hughes et al., 2012]. Partitioning and attributing the regional

ocean mass changes to different causes is important for predictions of future sea level at a

regional scale. However, signal separation is difficult due to the lack of dense, high-quality

observational data.

Recent improvements in remote sensing techniques and increases in in-situ observations

make it possible to separate the two causes of ocean mass changes - ocean dynamics and sea

level fingerprints (SLF). The Gravity Recovery and Climate Experiment (GRACE) satellite

mission has been providing a regional estimate of gravity field changes since April 2002

[Appendix A]. With simulated atmospheric loading and long-term viscoelastic effect of the

solid Earth removed, ocean mass can be derived from GRACE [Chambers, 2006]. To isolate

the contribution of ocean dynamics from the GRACE-observed ocean mass changes, most

studies ignore SLF effects and assume a spatially uniform sea level variation due to freshwater

2



mass fluxes between the ocean and the rest of the ocean systems [Chambers and Willis, 2009,

Johnson and Chambers, 2013]. The validity of the spatially uniform assumption is highly

dependent on the temporal and spatial scales of the study. By using the sea level equation

with mass load estimates from GRACE, we find that neglecting the spatial variability can

result in significant errors in both basin and regional scales. For instance, we find that an

error of −0.4 mm/yr in basin averaged sea level trend can be introduced over Pacific ocean

during 2007 to 2013 [Chapter 3]. This is the first study to show the resultant uncertainties

from neglecting the SLF signals. By accurately modeling the SLF signal, we are able to

remove it from the GRACE measurements over the ocean and investigate the influence of

ocean dynamics on sea level variation more correctly. This is also the first set of studies

attempting to verify and validate the SLF signal with auxiliary datasets.

The sea level equation [Appendix B] is an implicit equation for solving the unknown sea

level (S). Since the sea level equation does not have an analytical solution, the iterative

approach is usually used to solve for the unknown S. The iterative process continues until a

set of consecutive guesses have converged to a stable solution. Usually, 2 to 3 iterations will

reach an appropriate level of convergence in S. Farrell and Clark [1976] solve the sea level

equation with the disc-discretized surface loading. This spatial-domain approach solves the

S iteratively. Mitrovica and Peltier [1991], on the other hand, develop the spectral-domain

approach in which all loadings are expressed in the form of spherical harmonic coefficients.

There are two approaches to solve for S in the spectral-domain. One is to invert a matrix

which avoids the need for iteration. The other is to perform the iteration in the form of

spherical harmonics and apply a spatial ocean function in the final step to determine the next

guess of S. The first approach is called the full spectral approach and the second approach

is called the pseudo-spectral method [Mitrovica et al., 2011]. More recently, a mesh-based

computation has been used to solve the sea level equation [Adhikari et al., 2015]. For all the

results presented in this work, we use the pseudo-spectral method [Appendix C]. Apart from

computing the SLF signal, some studies perform a joint inversion by combining the GRACE
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and Jason-1 Altimetry data to determine the SLF signal with pre-defined SLF maps as the

sea level “basis” from all hydrological and cryospheric basins [Rietbroek et al., 2012, Jensen

et al., 2013]. The inversion method needs all sea level components to be defined in the form

of sea level “basis” functions. Since some sea level basis cannot or have not been observed,

the basis is determined from a numerical model, which can cause the result to be model

dependent [Rietbroek et al., 2016]. Due to the large signal in the steric component, small

steric signal differences between models can result in large differences in the determined

SLF. The result is also related to the defined SLF basis based on the hydrological and

cryospheric basins. The study assumes a uniform mass change within each basin to derive

the corresponding SLF signal in which we show the possible error in Chapter 2.

This work focuses on studying and validating the SLF signal derived from mass load changes.

The SLF signal is generally smaller than the signal due to ocean dynamics. This statement

is widely used to justify neglecting the SLF effect. We find, however, that neglecting the

SLF signal is not appropriate for all time and spatial scales. In addition, the cumulative

effect of the SLF signal is dominant term in sea level predictions over the long-term (40 years

or more). The secular melting signal from ice-covered regions is the main reason for this

dominance, while the sea level changes due to the ocean dynamics show large spatial and

temporal variability which typically average out over the longterm.

In chapter 2, we show the mass load accuracy needed for studying SLF. Since the most

significant SLF signature is the regional sea level changes due to melting ice, we perform a

series of SLF sensitivity tests by changing the geometry of mass changes while keeping the

same mass changes over the entire ice sheet. This test is especially important for the SLF

studies using the mass budget method (MBM) to estimate ice sheet mass balance. This is

because the MBM provides an integrated estimate of the mass change for an entire drainage

basin, and not the spatial pattern of the change. Through a series of sensitivity tests, we

help determine the level of accuracy needed in reconstructed spatial patterns for use in SLF
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studies.

Some studies have derived the SLF signal from the mass changes in the Earth system from

sea level equation [Tamisiea et al., 2010, Riva et al., 2010, Wouters et al., 2011]. However,

the mass changes are based on combined datasets from different periods or based on GRACE

with overly simplified processing. In chapter 3, we use GRACE estimates of land and at-

mospheric water storage change to derive a series of SLF. GRACE estimates of land water

change are particularly important for estimating SLF. Due to a series of pre-processing steps

used to reduce noise in the GRACE datasets, the amplitude of the geophysical signals are

attenuated and need to be restored. One method is to use a set of scaling factors deter-

mined from a model of the mass change [Landerer and Swenson, 2012]. Previous studies

use constant scaling factor to restore the amplitude of mass load changes, which can result

in the wrong SLF amplitude and spatial pattern [Riva et al., 2010]. To accurately retrieve

the loading changes on land from GRACE, we introduce a new set of scaling factors which

consider both spatial and temporal changes in the loading signal. Some studies validate

the derived SLF indirectly by showing the accounted variance of total ocean mass by the

derived SLF [Vinogradova et al., 2010, 2011]. We validate the derived SLF with the in-situ

measurements in Chapter 3 by including the error analysis that shows the statistical sig-

nificance. The SLF effect will be present in both ocean bottom pressure recorders and sea

level measurements. However, the assumption that SLF contribution is negligible compared

to the signal from ocean dynamics has received little attention. In this work, we show the

possible misinterpretation of basin scale and regional scale mass transport over the ocean

when SLF effects are ignored.

Furthermore, no study has focused on the effects of SLF when using ocean bottom pressure

to derive geostrophic transport. We discuss the SLF effect in the meridional geostrophic

transport over the North Atlantic ocean in Chapter 4. With the validated SLF signal, we

show that a transport error in the seasonal signal as large as 54% of the observed geostrophic
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current can be introduced. The SLF effect should be removed from ocean bottom pressure

measurements to derive an accurate assessment of geostrophic flow.

Ocean bottom pressure estimates from GRACE have been used to study the variation in

ocean current and ocean mass changes [Chambers, 2011, Piecuch et al., 2013]. However, no

GRACE estimates are available for shallow regions due to the processing method used in

GRACE. In chapter 5, we generate an improved GRACE ocean product compatible with

land mass variation, which avoids the limitations over shallow, coastal regions.
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Chapter 2

Sensitivity of sea level fingerprint to different

melting geometries

Abstract

We calculate the effects of self-attraction and loading, also known as sea level fingerprints

(SLF), from estimates of ice sheet mass change based on the mass budget method (MBM).

We evaluate how varying the ice sheet melting geometry affects the resultant sea level finger-

print in both the near-field and the far-field. We design three SLF sensitivity tests over the

two ice sheet regions. In our first test, we use realistic mass loss rates from MBM in Green-

land distributed in different configurations to test the overall sensitivity. We find that the

resultant near-field SLF can vary up to 50% between the different geometries. Our second

test determined the sensitivity of SLF to mass change far from the coast in the interior of the

ice sheets. The SLF differences due to the redistribution of interior mass changes from SMB

estimates show less than 10% difference in the far field for both Antarctic ice sheet (AIS)

and Greenland ice sheet (GrIS). The second test shows that the redistribution of interior

mass introduces less than 10% error for GrIS and AIS far field SLF estimates, while AIS

near field shows 30% difference in SLF estimates. Our third test determined the sensitivity

in SLF calculations of variable spatial resolution using outputs from surface mass balance
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(SMB) models. The result shows a negligible difference between different resolutions for

both AIS and GrIS SLF estimates. Our third test shows that 1-degree resolution in latitude

and longitude is sufficient in SLF studies. This study is especially important for both ocean

and ice sheet modeling when considering the SLF near field effect.

2.1 Introduction

Regional relative sea level falls in the vicinity of a melting ice sheet and rises in the distant

field [Clark and Lingle, 1977, Clark and Primus, 1987]. As the ice sheet melts, the crust

underneath the region of melting and the surrounding areas are uplifted [Tamisiea et al.,

2010]. In addition, the gravitational attraction from the ice sheet to the ocean water decreases

due to the ice mass loss which will result in less water mass close to the melting area. The

combined effect results in falling sea levels in the vicinities of the ocean closest to the ice

melt. For regions where ice mass increases, the ocean experiences falling sea floors from solid

earth deformation and increasing water mass from the gravitational attraction, which results

in an increase in local sea level. This unique spatial pattern of sea level change is called a

sea level fingerprint (SLF) or the self-attraction and loading effect [Mitrovica et al., 2001].

Locally, the SLF signals are smaller than the sea level variations due to the effects of density

variations or mass changes from ocean dynamics. However, the cumulative effect of SLF

signal dominates the long-term (40 years or more) sea level prediction. The dominance of

the effect on longer time scales results from persistent land ice melt. Unlike SLF, regional

steric effects and ocean dynamics show large spatial and temporal variability, some of which

will average out over the longer term. The acceleration of ice sheet melt since the 1990’s

[Rignot et al., 2011] shows the pressing needs to both understand the present-day SLF effect

and accounts for the effect in predictions of future sea level [Slangen et al., 2014]. Mitrovica

et al. [2011], when summarizing the factors needed to evaluate the SLF signal due to ice
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sheet collapse, showed the importance of considering the elastic crust, rotational feedback,

and shoreline migration effects when there is water expulsion due to the marine base ice sheet

collapse. The study also uses GRACE-inferred melting geometries when evaluating the SLF

from ice sheet mass change. By comparing the SLF under realistic melting geometry with the

SLF under uniform melting, they emphasize the importance of melt geometry on both the

near-field and far-field sea level change. Melting geometry can also be obtained by combining

GRACE with the mass budget method (MBM) over the ice sheets. By combining the two

datasets, a global cryospheric contribution on the SLF can be estimated [Bamber and Riva,

2010].

To incorporate the SLF signal due to ice mass changes in sea level predictions, we need

a realistic spatial distribution of mass loss over the ice-covered regions. This is especially

important for the two ice sheet regions over the centennial time scale. However, the accuracy

of the land mass measurement needed for SLF estimates is unknown. In this study, we

evaluate the sensitivity of SLF to different melting geometries. We evaluate the sensitivity

of SLF to ice sheet interior mass changes by using the surface mass balance data. We also

provide a resolution guideline for both ice sheet and ocean model when considering the SLF

signal.

2.2 Data and Methods

2.2.1 Mass Budget Method

Mass budget method (MBM) estimates the total mass balance (TMB) of ice sheets based

on surface mass balance (SMB) and discharge (D). MBM can be expressed as

TMB = SMB −D (2.1)
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where SMB represents all surface processes based on the regional atmospheric model sim-

ulation, and D represents the discharge due to outlet glaciers within each basin. We use

MBM estimates of the basin-wide mass change for both the Greenland and Antarctic ice

sheets (GrIS and AIS). For the purpose of this study, we calculate the cumulative monthly

anomalies by adding all changes in previous months and removing the mean during the pe-

riod of study. The cumulative TMB allows us to study the longterm sea level fingerprints of

ice sheet mass change over the study period.

We calculate the monthly TMB map, which represents the melting geometry due to variations

in SMB and D. Here, we use outputs of SMB from the Regional Atmospheric and Climate

Model (RACMO2) provided by the University of Utrecht. SMB data is optimized for GrIS

and AIS [Ettema et al., 2009, van den Broeke et al., 2006]. RACMO2 incorporates the latest

reanalysis from the European Centre for Medium-Range Weather Forecasts (ERA-Interim)

as forcings on the lateral boundaries [Ettema et al., 2009]. The uncertainty in annual SMB for

Antarctica and Greenland are 144 Gt/yr and 41 Gt/yr, or 7% and 9% respectively [Lenaerts

et al., 2012, Ettema et al., 2009].

Discharge (D) data is derived from InSAR satellite data combined with measurements of ice

thickness [Rignot et al., 2011] at the grounding line of each basin in the two ice sheet regions.

With the velocity and ice thickness data at the grounding line, InSAR dataset provides an

estimate of total ice discharge in each basin. For most global mean sea level studies, a

uniform spread of freshwater flux due to the ice discharge is sufficient. As SLF calculates

the sea level response both in the near and far fields, a more detailed melting geometry is

required. However, we do not have the monthly ice motion data or the spatial coverage to

map the detail flow speed and ice thickness data over all glaciers. With the available data,

assumptions need to be made to extend the data spatially and temporally. The real melting

geometry would certainly be different from the reconstructed melting geometries. However,

the focus of this study is the sensitivity of SLF to different assumptions. We examine how
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different melting geometries based on different assumptions affect the SLF pattern. We

design different cases of melting geometries over the ice sheets to perform a sensitivity test

on the SLF.

2.2.2 Melting Geometry Construction

Previous studies show that the pattern of dynamic thinning has a strong positive correlation

with the speed of ice motion, and is more localized in the lower reaches of each glacier along

the coastline. Based on these studies, we create three different melting geometries over the

ice sheet regions. Greenland is using ice divides provided by Rignot et al. [2011] [Figure

2.1a]; Antarctica is updated from Rignot et al. [2011] divided into 19 basins [Figure 2.4a].

All melting geometries have exactly the same total mass loss when summed over the entire

ice sheet region. We force the total mass loss trend over GrIS to be 263.5 Gt/yr.

For our first test, we construct three different melt geometries in Greenland. The first melting

geometry assumes point mass loss at the grounding line in each basin. The second melting

geometry assumes a uniform mass loss over the entire ice sheet region. The third melting

geometry assumes the mass loss spread linearly according to the elevation in each ice-stream

basin. The mass change is maximized at the grounding line and decreases to zero at an

elevation of 1500 m, which is the approximate equilibrium line altitude (ELA).

In this study, the third melting geometry is likely to be closest to the real melting geometry.

As changes in ice discharge are most concentrated near the coasts, SMB change is the

dominant control of ice mass change in the ice sheet interior. While the linear melting

pattern assumes no mass changes above ELA, the assumption of redistributing the mass

changes higher than ELA (interior of the ice sheet) to regions lower than ELA (edges of the

ice sheet) needs to be tested. To justify that this assumption will not have a big impact on our

SLF estimate, we use the SMB data to further test this assumption. We create three different
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SMB mass change scenarios and calculate their associated SLF. The first uses the original

SMB data as computed from RACMO2 (oSMB). The second calculates the total SMB in

accumulation zone of each basin and redistributes the mass in the estimated ablation area

below the ELA of the basin (mSMB). Finally, our third scenario masks out all mass change

above the ELA, and does not redistribute this mass in the ablation area (remSMB). We

use the designed melting geometries from both ice sheets as inputs to the sea level equation

[Farrell and Clark, 1976] and calculate the regional SLF due to the deformational, rotational

and gravitational responses to these mass fluxes using a pseudo-spectral approach [Mitrovica

et al., 2001]. The associated SLF maps for the three cases are derived and compared.

While SLF can vary due to different melting geometries, different resolutions in the mass

estimate could also affect the resultant SLF estimates due to changes in the locations of

extreme values. To study the possible effect result from different resolutions, we take the

SMB estimate with 0.25, 0.50, and 1.00 degree resolution for both ice sheets, and calculate

their resultant SLF responses. All three resolutions of SMB data are kept in the same total

mass change for the same ice sheet region. This last experiment also helps to show the

possible error that may be introduced due to different resolutions in the SMB data.

2.3 Results

Figure 2.1 shows three different melting geometries. All three melting geometries have

generally the same SLF pattern of sea level drop in the near field (close to the melting

source) and sea level rising in the far field (away from the melting source). For the linear

spread approach, maximum sea level drop is up to -2.6 cm/yr in the near field of Helheim

Glacier. The maximum sea level drop in the near field of point mass approach is up to -2.2

cm/yr. This maximum sea level drop trend is seen at the coastline of Northwest (NW) basin.

As for the uniform spread approach, the sea level drop trend is approximately -0.7 cm/yr,
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far less negative than the other two approaches. Despite the difference in extreme value over

the near field of GrIS, all three cases show 0.1 cm/yr sea level rising signal in the far field.

Giving that the melting geometry with a linear spread is closer to the real melt geometry, we

treat this scenario as a baseline for comparing the SLF response with the other two scenarios.

We calculate the SLF difference between linear case and point mass (dPTS), and the SLF

difference between the linear case and the uniform case (dUNI). Both dPTS and dUNI are

normalized by the SLF of linear spread. Figure 2.2a shows the SLF pattern from the linear

melting. The normalized dPTS and dUNI is shown in 2.2b and 2.2c, respectively. dPTS

shows more Gibb’s ringing than dUNI due to the small spatial scale loading which requires

higher resolution. However, the percentage changes of dPTS in the near field is generally

less than dUNI. The most significant pattern in dUNI is the north-south dipole which is

not shown in dPTS. The dipole in dUNI shows a positive anomaly in the northern part of

Greenland near field and a negative anomaly in the southern part. The SLF percentage

changes from dPTS are around 20% over the near field, while dUNI shows 30% to 40% over

the near field.

To test the assumption of no interior mass changes in the linear melting approach, figure 2.3

shows the original SMB (oSMB) trend in 2.3a, SMB trend with removal of mass change in the

interior entirely (remSMB) in 2.3c, and SMB trend of redistributing the removed mass in the

region below ELA (mSMB) over each basin in 2.3b. We calculate the SLF difference between

oSMB and remSMB and difference between oSMB and mSMB. The differences of SLF are

divided by the SLF from oSMB at each associated grid over the ocean to determine the

percentage changes in SLF. For GrIS, figure 2.3d show the SLF from oSMB. The percentage

changes from oSMB to mSMB show less than 10% over the near field and smaller than 5%

over the far field (Figure 2.3e). The SLF percentage changes are small for both the near

field and far field. We also show the SLF changes from oSMB to remSMB, which are 40%

to 60% difference in SLF in both near and far field (Figure 2.3f).
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For AIS, we design the same three scenarios with the RACMO2 SMB estimates (Figure 2.4a-

c). Figure 2.4d show the SLF from oSMB. The percentage changes from oSMB to mSMB

are up to an average of 30% in the near field, and less than 10% over the far field ocean

(Figure 2.4e). The AIS SLF percentage changes from oSMB to mSMB are more significant

than GrIS due to the large cumulation over the interior of the ice sheet. Though the SLF

percentage changes are large in the near field of the AIS, the changes quickly decrease to

less than 10% northward of the Drake passage (≈ 60◦S) except near the southern part of

Australia which shows a 30% changes. The large changes are a result of SMB signal over

stretches of East Antarctica, which show significant mass losses near the edges in the mSMB

case. The large mass loss along the edge should originally decrease gradually toward the

interior of the ice sheet which is clearly shown in the oSMB map. However, the mass is

concentrated near the edges due to the assumption of no interior mass changes. This shows

the possibility of error introduced while redistributing the mass in the AIS region. We also

show the percentage changes from oSMB to remSMB which appeared 40% to 60% in both

near and far field (Figure 2.4f).

Using the oSMB data in both ice sheets, we further investigate the SLF sensitivity to dif-

ferent resolution of mass changes on land (figure 2.5, 2.6). In the three different resolutions,

we compare the percentage changes in SLF with respect to the 0.25 degree resolution. The

largest percentage changes are shown in the comparison between 0.25 and 1.00 degree res-

olution. SLF generally shows changes of less than 6% over the ocean. Large changes are

seen at the tips of western and southern Greenland. The changes between the 0.25 and 0.50

degree resolution are smaller than 6%.
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2.4 Discussion

To understand the accuracy of SLF while using MBM estimates, we calculate the SLF based

on different melting geometries. Since a realistic melting geometry can be difficult to obtain,

the analysis helps us to determine if it is crucial to generate a realistic melting geometry.

The sensitivity test allows us to see the difference in SLF due to the changes in melting

geometry.

The difference in SLF can be up to 2.60 mm/yr based on the three designed melting geome-

tries. Assuming the linear melting is closest to reality, our analysis shows the possibility of

underestimating SLF trend in the near field of GrIS when comparing to the uniform melting

approach. The comparison between the linear melt and uniform melt also shows the far

field SLF signal from GrIS can be affected by the melting geometry. Though the changes are

small, figure 2.2c shows a four-quadrant pattern (2% difference) due to the Earth’s rotational

feedback response to the different melting geometries. The difference in SLF estimates can

be particularly important for mass changes from Greenland, where the SLF difference is

maximum at locations close to the melt source. The difference of SLF can strongly affect the

sea level prediction of populated cities along the North Atlantic coastline. The SLF trend

difference due to different melting geometries can be up to 50%. Based on the compari-

son shown above, we understand the uniform melting approach is not accurate enough for

studying SLF responses due to the significant differences along the North Atlantic coastline.

The linear melting approach, while it is the closest to the realistic melting geometry, still

deviates from the reality due to the assumption of no mass changes in the ice sheets’ interior.

Although the assumption conserves mass in each basin, the relocation of mass results in

different SLF estimates. In the comparison of SLF between different SMB cases over GrIS,

the far field SLF difference is negligible. This is true even for the North Atlantic coastline,

which is in the near-field of GrIS, and justifies the use of the linear melting approach. As for
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AIS, the difference in SLF is larger than GrIS case in the near field. The reason is not only

the larger SMB signal in the interior from AIS than from GrIS but also the locations of the

two ice sheets. Redistributing the mass changes to regions in the accumulation zone above

the ELA to the ablation zone below the ELA will result in a larger mass change signal along

the coastline. The main reason for this large mass signal is the difference of area covered

above and below ELA. Even with small mass changes above the ELA (in the interior of the

ice sheet), the large area coverage creates a significantly more concentration mass signal.

Therefore, the redistribution of mass over AIS is more significant than the GrIS case due to

the large difference in area coverage separated by ELA. AIS is easier to create low degree

changes in the spherical harmonic domain due to the rotational feedback from the derivation

of SLF, which results in large change both in the near-field and far-field. Therefore, a large

percentage change in SLF is seen for the AIS. For the AIS, the large percentage changes of

SLF are most significant in the near field compared to the GrIS case. For far field changes

in SLF, a four-quadrant pattern shows a difference less than 5% between oSMB and mSMB.

The most sensitive area to SLF changes is the southeast part of Australia and the southern

part of south America. This experiment also shows the importance of AIS contributing on

the total SLF signal. Though most of the populated coastline is far away from the AIS, the

far field SLF is still affected by the ice mass changes in the AIS interior.

In addition to the different assumptions used to create the various melt geometries, the

resolution that we use to represent the SMB also has effects on the SLF response. Since

the change in resolution may alter the location of local extremes, different resolutions in

SMB data can change the location and magnitude of the SLF extremes. This sensitivity

test of SLF to the different SMB resolutions provides a good reference on the level of detail

needed in mass changes on land while analyzing SLF. This is also an indicator of the ice

sheet model resolution when studying future sea level prediction including the effect of SLF.

The cumulative effect due to the changes of resolution can be significant for centennial to

millennial sea level predictions. Our three test cases of various resolution, 0.25, 0.5 and 1.0
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degrees, provide a good range of model output scenarios. We subtract the SLF of 1.00 case

from 0.25 case, which is the extreme case for the three different resolutions. The difference of

near-field SLF is 6% of the SLF value from 1.00-degree case. This test shows that different

resolutions of SMB data do not have a significant effect on SLF for both AIS and GrIS.

2.5 Conclusion

From the three different melting geometries, the uniform melting approach used in many

sea level studies is not suitable for future studies in SLF responses. Based on the sensitivity

test of SLF due to three different melting geometries, we conclude that our linear spread

approach is suitable for use in future SLF research. The use of MBM data expands our

time series of ice sheet mass change to the 1990’s, before the launch of the GRACE mission.

The assumption of no interior mass changes used in the linear melting approach has less

effect on the SLF responses from GrIS than from AIS due to the location of the ice sheets

and the total mass change in the interior of the ice sheet. However, the AIS SLF based

on the linear melting approach shows little changes in the far field where most populated

coastline cities are located. The regions that are particularly sensitive to the SLF effect are

the southern tip of the south America and the southern coastline fo Australia. Increasing

the model resolution in sea level studies will result in little difference in the resultant SLF.

1.00 degree resolution is sufficient and more efficient (4 times more efficient in computational

time when comparing 1.00 degree and 0.25 degree case during data input) for calculating

the SLF signal.
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Figure 2.1: Mass change over Greenland with different melting geometries. (a) Mass
changes over each basin are assumed as a point mass at the edge of the ice sheet. (b) Mass
changes are distributed uniformly over the entire Greenland ice sheet. (c) Mass changes over
each basin follow a melting rate distributed as a linear function of elevation in each basin.
The linear function is chosen such that the maximum rate is maximized at the grounding line
and zero at an elevation of 1500 m which is approximately at the equilibrium line altitude
(ELA).
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Figure 2.2: Sea level fingerprint (SLF) from (a) linear melting geometry. (b) The percentage
changes in SLF from linear melting to point mass melting. (c) The percentage changes in
SLF from linear melting to uniform melting.
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Figure 2.3: Greenland surface mass balance (SMB) estimate based on the (a) original
model output, (b) removal of the interior (region above the 1500 m altitude) mass changes
and redistributed uniformly at the region below the 1500 m altitude, and (c) only removing
the interior mass changes. (d) Sea level fingerprint (SLF) due to SMB estimate from (a).
(e) The percentage changes in SLF from (a) to (b). (f) The percentage changes in SLF from
(a) to (c).
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Figure 2.4: Antarctica surface mass balance (SMB) estimate based on the (a) original
model output, (b) removal of the interior (region above the 1500 m altitude) mass changes
and redistributed uniformly at the region below the 1500 m altitude, and (c) only removing
the interior mass changes. (d) Sea level fingerprint (SLF) due to SMB estimate from (a).
(e) The percentage changes in SLF from (a) to (b). (f) The percentage changes in SLF from
(a) to (c).
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Figure 2.5: Greenland surface mass balance (SMB) estimate based on the different spatial
resolution output and the corresponding sea level fingerprint (SLF) estimate. (a) SMB
estimate in 0.25x0.25 degree resolution. (b) SMB estimate in 0.50x0.50 degree resolution.
(c) SMB estimate in 1.00x1.00 degree resolution. (d) SLF from (a). (e) SLF from (b). (f)
SLF from (c).
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Figure 2.6: Antarctica surface mass balance (SMB) estimate based on the different spatial
resolution output and the corresponding sea level fingerprint (SLF) estimate. (a) SMB
estimate in 0.25x0.25 degree resolution. (b) SMB estimate in 0.50x0.50 degree resolution.
(c) SMB estimate in 1.00x1.00 degree resolution. (d) SLF from (a). (e) SLF from (b). (f)
SLF from (c).
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Chapter 3

Evaluation of Sea Level Fingerprints derived

from GRACE gravity data

Abstract

Changes in freshwater fluxes from the ice sheets, glaciers, ice caps, and land water hydrology

cause a non-uniform sea level rise due to the gravitational and self-attraction and loading

effects, called sea level fingerprints (SLF). SLF have been previously derived from a com-

bination of observations and model output products. Here, we derive improved SLF from

time series of time-variable gravity data from the GRACE mission for April 2002-October

2014. We evaluate the GRACE-derived SLF using Ocean Bottom Pressure (OBP) data from

stations in the tropics, where OBP errors are the lowest. We detect the annual phase of the

SLF in the OBP signal and separate it unambiguously from the barystatic sea level (BSL)

at two stations. At the basin scale, the SLF explain a larger fraction of the variance in

steric-corrected altimetry than the BSL, which has implications for the evaluation of mass

transport between ocean basins.
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3.1 Introduction

Changes in the mass fluxes from ice sheets, glaciers and ice caps (GIC), non-ice-covered

land regions, and the ocean cause a non-uniform rise in sea level called sea level fingerprints

(SLF) [Mitrovica et al., 2009], or static sea level change. Herein “sea level” refers to relative

sea level, i.e. the difference between the sea surface and the solid Earth surface. The SLF

associated with changes in atmospheric, oceanic, hydrological, and cryospheric mass fluxes

are calculated by solving the sea level equation [Farrell and Clark, 1976]. These dynamic

load components have been previously derived from a combination of observations and model

output products [Mitrovica et al., 2001, Tamisiea et al., 2010, Slangen et al., 2014]. Model-

derived changes in water storage, however, have a limited accuracy due to uncertainties in

the hydrology storage components, GIC, and snow cover contributions [Rodell et al., 2004].

Few studies have attempted to evaluate the spatial pattern of SLF due to present-day mass

changes [Tamisiea et al., 2010, Vinogradova et al., 2010]. GRACE satellite measurements

have been used to calculate mass fluxes into the ocean [Riva et al., 2010, Wouters et al.,

2011, Adhikari and Ivins, 2016], but using constant a-priori scaling factors to restore the

true amplitude of the GRACE signal [Riva et al., 2010, Adhikari and Ivins, 2016] that do

not account for the spatial and temporal variability of the mass changes [Rodell et al., 2009,

Landerer and Swenson, 2012, Velicogna and Wahr, 2013].

Here, we calculate the SLF for the period April 2002-October 2014 using improved estimates

of the mass changes in Greenland, Antarctica, GIC, and land water storage derived from

monthly GRACE time-variable gravity data using tailored scaling factors for the various

freshwater fluxes. To evaluate the SLF, we compare the ocean mass annual cycle from ocean

bottom pressure (OBP) measurements at DART stations [Gonzalez et al., 2005] with the

annual cycle of the SLF and the Barystatic Sea Level (BSL), i.e. a uniform redistribution

of the mass fluxes into the ocean. We discuss the detection of the SLF at OBP stations and
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make recommendations for improving their detectability. We compare time series of SLF

with sea level changes from ocean mass variations calculated from steric-corrected altimetry,

∆SLmass, at the near-global scale and at the basin scale for the period 2005-2013. At the

basin scale, we evaluate the portion of the variance of the basin-averaged time series of

∆SLmass explained by the SLF and by the BSL and discuss the implications of the results

for the interpretation of mass transport between ocean basins.

3.2 Data and Methods

GRACE data processing. We use monthly GRACE Release-5 (RL05) gravity solutions

provided by the Center for Space Research (CSR) during April 2002-October 2014 [Bettad-

pur, 2012]. Each solution consists of fully-normalized spherical harmonic coefficients up to

degree, l, and order, m, set to 60. We substitute the GRACE-derived C20 coefficients with

monthly estimates from Satellite Laser Ranging [Cheng et al., 2013]. We account for the

variation of the Earth’s geocenter using degree-1 coefficients calculated using Swenson et al.

[2008]. We remove glacial isostatic adjustment (GIA) signal, i.e. the Earth’s viscoelastic

response to the glacial unloading over the past several thousand years, using coefficients

from Ivins et al. [2013] regional ice deglaciation model in Antarctica and A et al. [2013] for

other regions. A et al. [2013] is an update to the Paulson et al. [2007] global GIA model

that includes the viscoelastic response of a compressible Earth to surface loads. Canadian

relative sea level observations are used to determine the Earth’s globally averaged viscosity

profile and Antarctic GPS uplift rates have been used to constrain Antarctic GIA models. A

et al. [2013] in North America agree within error bars with independent GIA estimate that

integrates regional GPS uplift data [Wang et al., 2012].

We include an additional pole tide correction to remove the long-period pole tide signals not

included in the standard correction [Wahr et al., 2015]. For ice sheets, we generate regu-
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lar 1◦x1◦ latitude-longitude monthly mass grids by smoothing the GIA-corrected spherical

harmonic coefficients using a 300-km radius Gaussian averaging function [Jekeli, 1981], and

converting them in the spatial domain. In the remaining continental regions, we apply a

de-striping procedure [Swenson and Wahr, 2006] before applying the Gaussian smoothing to

reduce the correlated errors between degrees that affect lower latitude signals and produce

north/south trending stripes. We then calculate the 1◦x1◦ latitude-longitude monthly mass

grids. Monthly mass changes are calculated relative to the mean during the entire period.

GRACE scaling factors. As the truncation and post-processing methods used to reduce

the noise in GRACE data tends to also reduce the amplitude of the recovered signal, GRACE-

derived mass fluxes must be scaled to restore the full signal amplitude. Scaling factors are a

function of the spatial variability of the measured signal, and therefore differ significantly for

the seasonal and long-term trends [Landerer and Swenson, 2012, Velicogna and Wahr, 2013].

For instance, changes in precipitation may be uniform across large regions, but changes in

glacier flux or groundwater withdrawal are localized [Rodell et al., 2009]. A different scaling

factor is required for each component to recover the entire signal correctly [Landerer and

Swenson, 2012, Rodell et al., 2009]. To calculate the scaling factors, we use a synthetic signal

that represents the variability of the measured signal [Landerer and Swenson, 2012, Velicogna

and Wahr, 2013]. The synthetic signal is not meant to match the GRACE measurements

but is used to model the spatial pattern of the measured signal to determine the relative

signal attenuation based on the ratio of true and filtered signal amplitudes. At each grid

point, we calculate two separate scaling factors: one to recover the annual component of

the observed signal and another to recover the inter-annual and long-term components.

Over the ice sheets, we use monthly ice mass grids from the mass budget method for the

synthetic signal [Rignot et al., 2011]. Over the remaining land regions, we use monthly water

storage grids from the CLM4.5 hydrological model [Oleson et al., 2013]. The hydrological

model does not provide realistic estimates for the GIC due lack of model physics. At the

locations of the GIC [Arendt et al., 2015], we replace the model values with the glacier
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trend from Jacob et al. [2012]. The synthetic monthly grids are processed like the GRACE

data, i.e. converted into harmonics, truncated to lmax=60, de-striped on continental regions

outside the ice sheets, spatially smoothed and converted to 1◦x1◦ regular longitude-latitude

grids. At each grid point, we decompose the synthetic signal into annual and long-term

components. We generate a scaling factor for each of the two components to minimize the

misfit between the original signal and the GRACE-like processed time series through a least

squares regression [Landerer and Swenson, 2012]. For each component, we calculate the

uncertainty in the recovered mass anomaly due to the error in the scaling factor as the root-

mean-square of the difference between the original synthetic time series and the one processed

as the GRACE data after the scaling factor is applied. The error in the scaling factor is the

sum in quadrature of the annual and trend scaling factor errors. We use these scaling factors

to scale the GRACE monthly data and generate gridded monthly mass changes.

GRACE-derived mass flux error. Errors in the GRACE-derived mass fluxes are due

to errors in the GRACE measurements, the scaling factors, the GIA, and the Atmosphere

and Ocean De-aliasing Level-1B (AOD1B) products [Flechtner et al., 2014] used to remove

the atmospheric mass signal to isolate the surface mass fluxes. The measurement errors

of individual GRACE monthly fields are calculated as in Wahr et al. [2006]. We assume

the GIA uncertainty to be 100% of the GIA signal over North America and 50% in the

remaining continental region. Error in the AOD1B product is negligible compared to other

error sources. At each grid cell, we calculate the total monthly error as the sum in quadrature

of the different errors.

Atmospheric and Non-Tidal Ocean Loading. We calculate the atmospheric and non-

tidal ocean loading (AOL) SLF using the GRACE AOD1B products. The AOD1B is provided

in the form of spherical harmonic coefficients up to degree and order 100. Atmosphere com-

ponents are based on 6-hourly meteorological analysis fields of the Integrated Forecast Sys-

tem of the European Centre for Medium-Range Weather Forecasts (ECMWF). The oceanic
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mass variability is based on the output of Ocean Model for Circulation and Tides (OMCT)

[Thomas, 2002] that conserves the total ocean mass. Monthly AOL errors include the effect

of truncation of the AOD1B products and, for the trend, the error due to the change in

resolution of the ECMWF numerical weather prediction model used to generate the AOD1B

atmospheric input fields [Fagiolini et al., 2015]. To evaluate the error in the AOL estimates

due to the truncation to lmax=100, we compare the time series of the SLF calculated using

the sum of ERA-Interim surface pressure [ECMWF, 2009] and ocean mass from ECCO JPL

[Fukumori, 2002, Kim et al., 2007] with the one obtained by converting them into harmonics

and truncating them to lmax=100. We find that the two time series agree within 10% over

the open ocean, with an average difference in trend of 1%, a maximum of 6% in the Indian

Ocean, and an average difference of 2% in the annual signal, with a maximum of 4% in

the Indian Ocean. The error on the trend due to the change in resolution of the ECMWF

operational model on the SLF of Antarctica, Greenland, GIC and land water is negligible

compared to the other error sources, while for the AOL SLF it is 50%. We include these

errors in our total error estimate.

Sea Level Fingerprints. We use the scaled monthly mass fluxes for the ice sheets, the

remaining land water mass, and the atmospheric and non-tidal ocean loading as inputs

to the sea level equation [Farrell and Clark, 1976] and calculate the regional SLF due to

the deformational, rotational and gravitational responses to these mass fluxes between land,

atmosphere and ocean using a pseudo-spectral approach [Mitrovica et al., 2001]. We calculate

the SLF trend and annual signal by simultaneously fitting, at each grid point, an annual, a

semiannual, a trend and a constant to the SLF time series.

The errors in the trend, annual amplitude, and phase of the SLF are calculated as the sum

in quadrature of fit error and error due to mass flux uncertainty. We calculate the monthly

SLFs error due to the uncertainty in the GRACE-derived mass fluxes using a Monte Carlo

approach. We use the monthly mass flux uncertainties, due to measurement and scaling
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factor errors, to generate at each grid point a set of 1,000 Gaussian pseudo-random numbers

with standard deviation equal to the mass flux uncertainty. We use the 1,000 Gaussian

pseudo-random numbers to calculate the associated SLF. At each grid point in the ocean,

we define the 95% confidence interval for the monthly SLF as the 2-σ of the obtained SLF

distribution. The monthly error for the global-average and basin-average SLF is ∼0.4 mm.

We use these monthly errors to generate 10,000 SLF time series. At each grid point over the

ocean, we define the 95% confidence interval for the annual amplitude and phase and the

trend as the 2-σ of the corresponding SLF error distribution.

OBP data. To evaluate the SLF, we compare their annual cycle with the ocean mass annual

cycle from ocean bottom pressure (OBP) measurements. To detect the SLF, the SLF signal

has to agree with the OBP at a statistically significant level and the differences between SLF

and BSL and OBP and BSL must be statistically significant. Due to the instrument non-

linear drift, OBP measurements cannot be used to study trends, so the comparison between

SLF, OBP, and BSL focuses on the amplitude and phase of the annual signal.

We use 15-minute time series ocean bottom pressure (OBP) measurements processed by

Williams et al. [2014] from stations part of the US National Tsunami Hazard Mitigation

Program, DART, [Gonzalez et al., 2005]. The time series are not continuous and vary in

duration. We select stations with more than a 15-month record overlapping with the GRACE

period. To isolate the OBP signal corresponding to the SLF, or the static sea level change,

OBP measurements are corrected for the direct effect of ocean dynamics using the ECCO2

model. The atmospheric pressure averaged over the global ocean is removed using ECMWF

data. Pole tide and short period (sub-monthly) tides are removed and the instrument drift

is corrected using an iterative drift removal process [Williams et al. [2014]]. We calculate the

annual amplitude and the phase by simultaneously fitting an annual, a semiannual signal, a

trend, and a constant to the time series over the common time period at each station.

Uncertainty in the ocean mass annual cycle is dominated by the skills of the ocean model
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used to correct for ocean dynamics [Hughes et al., 2012, Williams et al., 2014]. We assume

the OBP error to be equal to the error in the dynamic correction [Hughes et al., 2012]. We

use the difference between two versions of ECCO (ECCO2 and ECCOv4, Menemenlis et al.

[2008], Forget et al. [2015]) to estimate the error. The error ranges from 2.6 to 8 mm at OBP

sites within 18◦ of the equator and are higher than 10 mm at higher latitudes. For stations

above 18◦ latitude, the OBP error is larger than the SLF signal, so we cannot compare SLF

and OBP. We, therefore, select stations in the open ocean within 18◦ of the equator, with

records overlapping the GRACE period, which limits us to eight stations.

At each station, we use the OBP monthly errors in a Monte Carlo approach to calculate

the uncertainty in the OBP annual amplitude and phase due to the measurement errors.

We generate a set of 1,000 synthetic OBP time series by adding to the original time series

the random noise calculated from a Gaussian pseudo-random distribution with standard

deviation equal to the OBP error and we calculate the standard deviation of the estimated

annual signals from all synthetics. We define the 2-σ measurement error for the annual

amplitude and phase as the 2-σ of the corresponding OBP measurement error distribution.

Errors in the OBP annual amplitude and phase are the sum in quadrature of the measurement

error and the least squares fitting error. Here, OBP amplitude and phase uncertainties

represent the 90% confidence interval. We compare OBP time series with the SLF calculated

for a 1◦x1◦ cell containing the OBP station. We generate the corresponding BSL time series

by distributing the GRACE-derived monthly mass fluxes uniformly over the entire ocean

and then extract the time series at each station.

Sea level elevation changes. We compare time series of SLF with sea level changes

from ocean mass variations calculated from steric-corrected altimetry, ∆SLmass, between

60◦S-66◦N, i.e. at the near-global scale, and at the basin scale for the Pacific, Atlantic,

and Indian Oceans for the period 2005-2013. We calculate sea level elevation changes using

the merged satellite altimeter gridded product (Ssalto/Duacs multimission altimeter prod-
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ucts distributed by AVISO [Archiving Validation and Interpretation Satellite Oceanographic

Center (AVISO), 2014] based on multiple altimetry missions (Topex/Poseidon, Jason-1 and

2, Envisat, ERS-1, and ERS-2) that provide a near-global coverage of total sea level height

changes. The multi-mission product allows the longest overlapping period with the other

datasets. Monthly gridded products are available for the period 1993-2013 with a 0.25◦

latitude-longitude resolution. The dataset provides the near-global estimation of sea level

height variation between 82◦S and 82◦N latitude. Since we are interested in the relative sea

level change, i.e. the height change between the seafloor and the ocean surface, we correct

the monthly AVISO gridded data for the GIA signal using the same model used to correct

the GRACE data. We include an additional pole tide correction to account for drift in the

mean pole location which is not included in the standard correction [Desai et al., 2015].

We calculate the uncertainty in near-global (60◦S-66◦N latitude) and basin averages annual

amplitude and phase due to measurement errors using a Monte Carlo approach. We use

a monthly uncertainty of 4 mm [Leuliette and Miller, 2009] to generate 10,000 time series

assuming that at each month the error is defined by a Gaussian pseudo-random distribution

with standard deviation equal to the monthly uncertainty. We define the 95% confidence

interval for the annual amplitude and phase as the 2-σ of the corresponding time series error

distribution. For the trend, we assume a measurement error of 0.6 mm/yr [Ablain et al.,

2009] which is more conservative of the one calculated with the Monte Carlo method. The

error in the sea level elevation changes (trend, annual amplitude, and phase) is calculated

as the sum in quadrature of the measurement error, the least squares fitting error, and the

GIA uncertainty for the trend.

Steric sea level changes. We use Argo float gridded data from [Roemmich and Gilson,

2009] to calculate monthly sea level changes due to heat and salinity induced density (steric)

changes. We use vertical salinity and temperature profiles from the Argo float data provided

between 60◦S and 66◦N of latitude on a 1◦x1◦ latitude-longitude grid for the period 2005-

2013. We use data starting in 2005 as large coverage gaps existed in the Southern Ocean
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in the previous years [Roemmich and Gilson, 2009, Leuliette, 2015]. We calculate steric

height changes at each grid cell by vertically integrating the density profile. The vertical

profiles provide data up to 2,000 m depth with vertical resolution of 10 dbar when close to

the sea surface and 100 dbar close to 2,000 m depth. We calculate measurement errors for

the near-global and basin averages annual amplitude and phase, and trend using a Monte

Carlo approach (as for the SLF error). We use a monthly uncertainty of 3 mm [Leuliette and

Miller, 2009] to generate 10,000 time series assuming that at each month the error is defined

by a Gaussian pseudo-random distribution with standard deviation equal to the monthly

uncertainty. We define the 95% confidence interval for the annual amplitude and phase and

the trend as the 2-σ of the corresponding time series error distribution. Error in the steric

sea level changes (annual amplitude, annual phase, and trend) is the sum in quadrature of

the measurement error and the least squares fitting error.

We compare SLF and ∆SLmass from steric-corrected altimetry for the regions where all the

datasets are available, i.e. we use the common grid points between 60◦S and 66◦N latitude

during 2005-2013. All time series are relative to the mean of the common period. Agreement

between two time series is calculated as the Normalized Root Mean Square Error (NRMSE)

between the two time series. At the scale of a single ocean basin, to determine if the SLF

time series explain a larger portion of the observed ocean mass signal (∆SLmass) than the

BSL, we define the variance reduction (δvar) as δvar=varexp∆SLmass,SLF
−varexp∆SLmass,BSL

where

varexp∆SLmass,SLF
and varexp∆SLmass,BSL

are the variance of the ∆SLmass time series explained by

SLF and BSL, respectively. The explained variance of a time series, A, by a time series, B, is

calculated as varexpA,B=[var(A)− var(A−B)]/var(A), where var(A) and var(A−B) are the

variance of A and A-B, respectively. varexpA,B = 1 when B fully accounts for the variance of

A, and smaller otherwise. Positive values of δvar indicate that the SLF account for a larger

portion of the variance of ∆SLmass than the BSL.
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3.3 Results and Disccusion

Figure 3.1 shows the SLF trend from Greenland, Antarctica, Land-water+GIC, and the total

including AOL. During the period 2002-2014, the globally-averaged SLF is +1.8±0.5 mm/yr,

with +0.76±0.02 mm/yr (43%) from Greenland, +0.3±0.1 mm/yr (16%) from Antarctica,

+0.5±0.5 mm/yr (29%) from Land-water+GIC and +0.2±0.1 mm/yr (12%) from AOL

(Figure 3.2e). Greenland and Antarctica global mean sea level contribution from this study

agree with the independent estimates obtained using the least square fit mascon approach

[Velicogna et al., 2014].

Along the US, the Greenland SLF is 30% smaller than its BSL equivalent in the East, and

3% smaller in the West, while the Antarctic SLF is 39% larger in the East and 52% larger

in the West. The Antarctic SLF contribution is twice as large as indicated in prior studies

[Mitrovica et al., 2009, Tamisiea et al., 2010]. One reason is that we use updated time series

of mass loss for West Antarctica and include a mass loss from Wilkes Land and a small

mass gain from Queen Maud Land, in East Antarctica [Velicogna et al., 2014]. The total

trend in SLF is dominated by the ice sheets and GIC. The contribution of AOL to total

SLF is smaller and more uniform (Figure 3.3). Near the ice sheets, GIC, and regions with

large hydrological changes, our signal is 100% larger than Riva et al. [2010] in the near field

and 60% larger in the far field as a result of using improved scaling factors. The annual

SLF spatial pattern is dominated by land-water [Wouters et al., 2011, Tamisiea et al., 2010],

followed by AOL (Figure 3.4-3.5).

Time series of SLF and sea level changes from ocean mass variations calculated from steric-

corrected altimetry, ∆SLmass, between 60◦S-66◦N for the period 2005-2013 (Figure 3.2a)

agree within 7%. The time series agree in trend and we close the sea level budget within

error bars for the entire period (comparison with earlier studies in Table 3.1). The annual

amplitude and phase agree within error bars (Table 3.2). Differences between time series of

34



averaged SLF and ∆SLmass are due to measurement errors and mass transport caused by

dynamic changes not included in the SLF. We are not including the deep ocean steric signal,

but this signal should be small [Purkey and Johnson, 2010], i.e. about the same order of

magnitude as the fit error for ∆SLmass time series at the scale of a single ocean basin and

smaller for the global mean [Purkey and Johnson, 2010].

At the basin scale, SLF and ∆SLmass agree within 12% in the Pacific Ocean, 13% in the

Atlantic, and 14% in the Indian (Figure 3.2b-d). The trends agree within error bars and

we close the sea level budget at the basin scale (Table 3.2). Best-fit annual cycle amplitude

and phase are in excellent agreement within the Atlantic and Pacific, while the phases are

off by 10±5% for the Indian. When comparing ∆SLmass with SLF, rather than BSL, we

find a variance reduction of 2% for the Atlantic, 6% for the Indian and 7% for the Pacific.

To evaluate the variance reduction, we use a partial correlation approach [Legendre and

Legendre, 1998]. We first remove the climatology and the trend from the time series of

steric-corrected altimetry ∆SLmass, SLF, and BSL and normalize each data value by its

monthly standard deviation. We calculate the first order partial coefficient of correlation

between ∆SLmass and SLF, i.e. calculate the correlation between ∆SLmass and SLF after

the effect of BSL has been removed from both. We use a linear regression to remove the

inter-dependency between ∆SLmass and BSL, and between SLF and BSL. To determine

if the residuals obtained from the regressions still contain information about the ∆SLmass

and SLF signals, we calculate the correlation between ∆SLmass and the residual from the

∆SLmass vs BSL regression, and the correlation between SLF and the residual from the

SLF vs BSL regression. The correlations are both significant (p<0.01), indicating that the

residuals contain information about the signals (∆SLmass and SLF). We also verify that

BSL is not correlated to either residual. The residuals, therefore, represent, respectively, the

observation not explained by BSL, and the SLF anomaly not included in BSL. We compute

the correlation between the two residuals and the associated p-value. We find a residual

correlation of 53% (p<0.01) for the Pacific Ocean, 30% (p<0.04) for the Atlantic, and 40%
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(p<0.01) for the Indian. This indicates that the SLF signal contains additional information

about ∆SLmass that is not included in BSL, supporting the fact that the variance reduction

obtained using the SLF is significant.

Differences between BSL and SLF trends over a shorter period may impact studies of in-

terbasin ocean mass transport as it is common practice to interpret monthly basin-averaged

ocean mass time series, after removing the monthly mean global mass signal (BSL), in terms

of ocean dynamics. For example, using GRACE and OMCT (Ocean Model for Circulation

and Tides) basin-averaged ocean mass time series corrected for the monthly global mass

signal during 1979-2007, Chambers and Willis [2009] found dynamic trends of opposite sign

in the Pacific and Atlantic. They calculated the mass exchange at 3-year time scale, between

the Pacific and Atlantic and found that an average mass transport of 0.001Sv was required

to sustain the estimated exchange. This average mass transport is equivalent to 0.3 mm/yr

sea level changes in Atlantic basin and 0.2 mm/yr sea level changes in Pacific. Here, we cal-

culate the SLF and BSL trend over 3-year and longer periods and find that the two trends

differ up to 0.4±0.1 mm/yr in the Atlantic, 0.17±0.04 mm/yr in the Pacific and less than

0.1±0.1mm/yr in the Indian Oceans. In the Atlantic and Pacific, these differences in trend

are of the same magnitude as the sea level changes that would cause the mass transport

estimated by Chambers and Willis [2009]. This suggests that the effect of the SLF trend

should be considered when interpreting inter-basin, short period, dynamic trends.

To evaluate the SLF, we compare SLF annual cycle with the ocean mass annual cycle at eight

OBP stations in the open ocean within 18◦ of the equator (Figure 3.2h). The best fitting

annual amplitude and phase for SLF and OBP time series agree within 90% confidence at

all eight OBP stations (Figure 3.6, Table 3.3). Only at stations 1 and 2 (Figure 3.2f,g), the

differences in phase between SLF and BSL and between OBP and BSL are significant (90%

confidence). At station 1, the phase difference between OBP and SLF is 5±13 day versus

22±13 day between OBP and BSL. At station 2, we find 1±9 day phase difference between
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OBP and SLF versus 15±9 day between OBP and BSL (Table 3.2). For these two stations,

we are therefore able to unambiguously detect the SLF signal in the OBP data and separate

it from the BSL.

At stations 1 and 2, we determine the relative contribution from land-water and AOL to the

phase difference between BSL and SLF as follows. We generate a synthetic SLF combining

the land-water SLF (or AOL SLF) with a uniform distribution into the ocean of the other

components, i.e. AOL and ice sheets (or land-water and ice sheets). Comparing the phases

of the corresponding annual signals with the one of BSL, we determine the land-water and

AOL contribution to the phase difference. At station 1, which is located closer to land and

where the land-water effect is stronger, 33%±29% of the phase difference between SLF and

BSL is due to land-water and 67%±35% to AOL. At station 2, which is in the middle of the

Pacific, 19%±19% is due to land-water and 81%±47% to AOL. At station 1, the phase of

the synthetic designed with the land-water SLF agrees with OBP phase (90% confidence)

and the phase difference with BSL is still detected with 90% confidence, whereas at station

2 we are no longer able to discriminate with BSL.

Traditional studies to detect the SLF have focused on regions near the ice sheets, where

the difference between SLF and BSL is the largest, using steric-corrected altimetry or tide

gauges. Here, we use OBP measurements in the tropics, where the OBP signal error is lower,

and the detection is possible. Even though the detection is limited to two stations, the study

provides a roadmap for improving and confirming the detectability of SLF with OBP. For

instance, we would benefit from more OBP measurements in the tropical Pacific ocean, where

the uncertainty in the dynamic correction applied to the OBP measurements is low and the

OBP error is lower than the SLF signal. To maximize the sensitivity of the hydrological

signal, we should also use OBP measurements near regions with a large hydrological signal

close to the coast (station 1, Figure 3.2h) and where the SLF and BSL annual variations are

not in phase. Finally, it is important to collect data for a continuous period of at least two
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years to perform a robust detection.

3.4 Conclusion

We constructed the SLF corresponding to mass water fluxes from land into the ocean using

improved time series of time-variable gravity data from the GRACE mission for the period

2002-2014. Our comparison with OBP data in the tropics reveal that we detect the SLF at

a statistically significant level at two OBP stations. At other stations, the time series are

not long enough or the signal is not large enough to be detected, but this could be improved

with longer time series or by collecting OBP data at more strategic locations to separate

the SLF and BSL. At the two stations where we detect the SLF, the phase of the signal is

predominantly due to the AOL but a significant fraction of the signal is also due to land

hydrology. Overall, these results suggest that we correctly capture the timing and spatial

distribution of freshwater fluxes from land into the ocean. At the basin scale, we show

that a larger fraction of the signal observed by steric-corrected altimetry is explained by

SLF compared to BSL, which implies that the effect of the SLF should be considered when

interpreting short-term dynamic trends between ocean basins in terms of mass transport.
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Figure 3.1: Trends in the Sea Level Fingerprint (SLF) from (a) Greenland, (b) Antarctica,
(c) land water storage including glaciers and ice caps, and (d) the sum of a, b, c, and
atmospheric and non-tidal ocean loading (AOL). Trends are calculated for the time period
April 2002-October 2014. Blue contour in (a-d) is the barystatic sea level (BSL) equivalent
value.

Table 3.1: Near-global (60◦S-66◦N) mean sea level trend estimate from different studies

GMSL trend (mm/yr) Time period Total Steric Mass Total-Steric
Riva et al. 2010 2003/02-2009/02 1.0±0.4
Leuliette 2014 2005/01-2013/12 3.0±0.4 (Jason1/2) 0.8±0.5 2.0±0.2 2.2±0.6
Chen et al. 2013 2005/01-2011/12 2.4±0.5 (AVISO) 0.6±0.3 1.8±0.5 1.8±0.6
Llovel et al. 2014 2005/01-2013/12 2.8±0.3 (CU) 0.9±0.2 2.0±0.1 1.9±0.4
Dieng et al. 2015 2005/01-2012/12 2.8±0.1 (All center mean) 0.6±0.1 1.9±0.1 2.2±0.2
This study 2005/01-2013/12 3.0±0.7 (AVISO) 0.9±0.1 2.0±0.4 2.1±0.7
All uncertainties represent 95% confidence level.
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Figure 3.2: Time series of SLF (red), steric-corrected altimetry (blue), and barystatic
sea level (green in b-d) for (a) Near-global mean (60◦S-66◦N), (b) Atlantic, (c) Indian, and
(d) Pacific Ocean basins during 2005-2013 with a 3-month smoothing applied to the basin
averages in (b-d). (e) Cumulative time series relative to April 2002 of the contribution
to BSL from Antarctica (blue), Greenland (black), land water mass and glaciers and ice
caps (green), atmospheric and non-tidal ocean loading (orange), and the sum of all four
components (red) during 2002-2014. Best-fitted annual signal of static sea level from OBP
measurements (blue), BSL (green), and SLF (red) at (f) station 1 and (g) station 2. (h)
Location of OBP stations 1-8 (white dots) superimposed on the phase of the annual SLF
signal. Blue contour is the phase of the BSL.
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Figure 3.3: Trend of atmospheric and non-tidal ocean loading (AOL) Sea Level Fingerprint
(SLF) calculated for the period April 2002-October 2014. Blue contour is the barystatic sea
level (BSL) equivalent.

a b

c d

e

Figure 3.4: Sea Level Fingerprint (SLF) annual amplitude from (a) Greenland, (b) Antarc-
tica, (c) land water mass and glaciers and ice caps, (d) atmospheric and non-tidal ocean
loading, and (e) sum of all four components. Black contour is the barystatic sea level (BSL)
annual amplitude.
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Figure 3.5: Sea Level Fingerprint (SLF) annual phase for (a) Greenland, (b) Antarctica,
(c) land water mass and glaciers and ice caps, (d) atmospheric and non-tidal ocean loading
(d), and (e) sum of all four components. Blue contour is the barystatic sea level (BSL)
annual phase.
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Figure 3.6: Static sea level derived from OBP measurements (daily time series are gray,
monthly is blue) and monthly mean SLF (red) at stations 1-8 (a-h). (i) Location of OBP
stations 1-8 (white dots) superimposed on the amplitude of the annual SLF. Blue contour is
the barystatic sea level (BSL) annual amplitude.
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Table 3.2: Comparison of Sea Level Fingerprint (SLF) with ocean mass and static sea level
variations.

Trend Amplitude Phase
(mm/yr) (mm) (day)

Ocean mass components (2005-2013)a

BSL 1.9±0.5 8.7±0.7 293±4
Near-global ∆SLmass 2.1±0.7 8.9±1.1 277±6

SLF 2.0±0.4 9.0±0.7 289±4
Atlantic ∆SLmass 3.1±0.8 8.4±2.2 298±14

SLF 1.9±0.5 7.0±0.6 301±5
Pacific ∆SLmass 1.9±0.7 8.8±2.1 272±10

SLF 2.1±0.6 9.5±0.9 285±4
Indian ∆SLmass 1.3±0.8 10.4±2.6 266±12

SLF 2.1±0.6 10.0±0.8 289±4
Static sea levelb

Station 1 (2007-2010) OBP – 8.8±2.4 273±13
(90.7◦W, 5.0◦N) SLF – 8.5±0.8 278±5

BSL – 8.6±0.6 295±4
Station 2 (2003-2010) OBP – 9.9±1.8 279±9
(125.0◦W, 8.5◦S) SLF – 10.0±0.7 280±4

BSL – 8.3±0.5 294±3
aOcean mass components are calculated for 60◦S to 66◦N. Uncertainties represent the 95% confidence interval.
bStatic sea level are compared for station 1 and station 2. Uncertainties represent the 90% confidence interval.

Table 3.3: Annual amplitude and phase of Sea level Fingerprint (SLF) and static sea level
from Ocean Bottom Pressure (OBP) measurements.

Amplitude (mm) Phase (day)
Station DART station no. OBP SLF OBP SLF
1 (90.7◦W, 5.0◦N) 32411 8.8 ± 2.4 8.5 ± 0.8 273 ± 13 278 ± 5
2 (125.0◦W, 8.5◦S) 51406 9.9 ± 1.8 10.0± 0.7 279 ± 9 280 ± 4
3 (88.5◦E, 8.9◦N) 23401 17.0 ± 5.9 16.8 ± 1.1 285 ± 17 293 ± 4
4 (101.9◦W, 10.9◦N) 43413 6.4 ± 5.8 9.9 ± 1.0 310 ± 50 289 ± 5
5 (176.2◦W, 9.5◦S) 51425 9.3 ± 3.5 11.0 ± 1.2 287 ± 19 275 ± 5
6 (154.3◦E, 11.7◦N) 52402 10.3 ± 6.2 10.0 ± 1.0 276 ± 30 289 ± 5
7 (145.6◦E, 4.0◦N) 52403 9.9 ± 3.1 10.0 ± 1.0 286 ± 17 285 ± 5
8 (132.2◦E, 13.0◦N) 52405 9.3 ± 5.1 11.4 ± 0.9 293 ± 30 294 ± 4
SLF and static sea level from ocean bottom pressure measurements (OBP) at eight stations.
Annual amplitude and phase are calculated over common time period at each station.
Deep-ocean Assessment and Reporting of Tsunami (DART) station numbers are shown.
All uncertainties represent 90% confidence level.
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Chapter 4

Transport Estimates Affected by Sea Level

Fingerprints

Abstract

In-situ measurement from the RAPID MOC/MOCHA array started in 2004 shows large

seasonal and inter-annual Atlantic meridional overturning circulation (AMOC) variability.

Previous studies show that the mid-ocean geostrophic transports can also be derived from

ocean bottom pressure (OBP) measurement on the two sides of the basin. Here, we pro-

pose the importance of Sea level fingerprints (SLF) when using OBP measurement to de-

rive the mid-ocean geostrophic transport. SLF is the relative sea level variation due to

the self-attraction and loading effect caused by the rapid water mass redistribution. The

changes in SLF, however, should not be included in the OBP measurement when deriving

the geostrophic transport. We show the east-west SLF gradient across the Atlantic basin

can be misinterpreted as a north-south geostrophic transport which is comparable to 54%

of the seasonal variability in upper mid-ocean transport shown in the RAPID array during

2004-2014. The transport derived from OBP with the inclusion of the SLF signal can also

create 20% of the inter-annual variability shown in the RAPID array. The possible error in

full-depth transport due to the SLF is in the same order of magnitude as what the RAPID
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array observed. An adjustment in OBP measurements are needed to correct for the possible

error introduced by the SLF signal.

4.1 Introduction

Atlantic meridional overturning circulation (AMOC) contributes 25% of the global merid-

ional heat transports between north and south hemispheres [Kanzow et al., 2010].Variations

in the meridional transport can result in energy imbalance between hemispheres. Therefore,

measuring the variation is needed to better understand the energy redistribution within the

Earth system. In 2004, a full-depth array across 26.5◦N over the Atlantic basin with daily

measurement was established through a U.S. and U.K. joint project. The joint project is

called the Rapid Climate Change (RAPID)/meridional overturning circulation (MOC)/heat

flux array (MOCHA). The array uses the end point measurement (measuring mainly the

sloping boundary at the two sides of the Atlantic basin across 26.5◦N) to derive the zonally

averaged meridional geostrophic current in the mid-ocean (between Bahamas and Canary

Islands). The array consists of multiple vertical density profiles for estimating the mid-ocean

geostrophic transports. The zonally averaged mid-ocean transports can be separated into dif-

ferent layers including upper mid-ocean transport (0 to 1100m), upper North Atlantic Deep

Water (1100 to 3000m), and Lower North Atlantic Deep Water (3000 to 5000m) [McCarthy

et al., 2015]. The mid-ocean geostrophic transport is derived from density differences be-

tween eastern and western boundaries at the same level based on the thermal wind balance.

Since the thermal wind balance only constrains the difference in transport between layers,

the mass conservation constraint is applied to derive the reference-level transport. Kanzow

et al. [2007] use one year of continuous measurement to prove that the depth-integrated

transport derived from bottom pressure recorders (BPR) is similar to the depth-integrated

transport derived from thermal wind balance with mass conservation constraint applied for

time scale over 10 days. The mass conservation constraint assumes that the sum of the
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Gulf stream (Tgs), Ekman transport (Tek), upper mid-ocean transport (Tumo), upper north

Atlantic deep water (Tunadw), and lower north Atlantic deep water (Tlnadw) vanishes. The

constraint determines the unknown reference level transport.

The RAPID array, in addition to providing temporal and spatial measurements, provides

a baseline comparison to other remote sensing derived transports. The combination of the

RAPID array with other measurements also help to expand the temporal record and spatial

coverage from a single latitude to the entire North Atlantic basin [Willis, 2010], enabling, for

instance, estimates of the pronounced seasonal variability as a function of latitude [Baringer

and Garzoll, 2007, Dong et al., 2009].

Besides using vertical density profile in the RAPID array, ocean bottom pressure (OBP)

can also be used to compute the geostrophic transport. The geostrophic transport, unlike

the thermal wind derived transport, does not need an arbitrary reference-level transport

estimate. Unfortunately, bottom pressure recorder in the RAPID array only has the complete

trans-basin coverage during 2004 to 2005 [Elipot et al., 2014]. In addition, a significant signal

drift in the OBP measurement is affecting the transport estimate. There are studies that

provide drift-free estimates by using density and velocity data to derived bottom pressure

[Hughes et al., 2013] or that validate the transport estimate derived from OBP by using a

model simulation [Bingham and Hughes, 2008].

GRACE has been providing continuous OBP estimate globally since April 2002. GRACE

OBP estimates are not affected by the drifting signal affecting the bottom pressure recorder

which is a source of error in studies of the inter-annual and long-term trend. Landerer

et al. [2015] uses the GRACE OBP in the ocean to derive the geostrophic transport between

3000 m and 5000 m. The transport derived from GRACE OBP, however, are limited by a

horizontal resolution of ∼ 300km. In regions with steep boundaries, GRACE OBP estimates

cannot separate the transport from different layers due to the coarse horizontal resolution.

In addition, near the coastline, the GRACE OBP estimates are contaminated by the leakage
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of the land mass change that is 1 to 2 orders of magnitude larger than the ocean signal.

For this reason, the GRACE data are used starting ∼ 300 km away from the coastline in

all ocean studies [Chambers et al., 2007, Landerer et al., 2015]. For the same reason, the

transport from regions of shallow depth coastal areas cannot be estimated.

OBP-derived transports (TP (z)) can be different from the density derived transport (Tρ(z))

for two reasons. The differences due to the reference level used in Tρ(z) are smaller than 1

Sv[McCarthy et al., 2015]. Difference can also be caused by the fact that Tρ(z) combines all

density profiles at different locations along the sloping boundary to form a single profile and

applies a single reference level velocity while the TP (z) method calculates the total transport

along the sloping eastern boundary [Hughes et al., 2013, Elipot et al., 2014]. By combining

profiles along the boundary, Tρ(z) does not account for potential OBP gradients along the

sloping boundary due to geostrophic flow. This difference is significant when calculating

local transport at the sloping boundary, however, it is negligible when considering the zonally

averaged transport [Elipot et al., 2014].

In this study, we find another source of differences between the TP (z) method and the Tρ(z)

method. We find and quantify a new source of error in the TP (z) method that affects esti-

mates of both seasonal and inter-annual variability in mid-ocean geostrophic transport. The

transport error is a result of the existing self-attraction and loading effect caused by the

rapid mass redistribution between the continents, the atmosphere, and the ocean. The self-

attraction and loading effect is also called sea level fingerprint (SLF) [Mitrovica et al., 2009].

SLF contributes to part of the ocean bottom pressure changes [Hughes et al., 2012, Williams

et al., 2014]. While most studies do not consider SLF effect when comparing OBP measure-

ment at different locations with the same depth, OBP differences are thought to result from

the mass differences above the ocean floor driven by surface or other external forcing. By

assuming that the ocean floor with the same depth locates at the equi-geopotential surface,

the OBP difference along the equi-geopotential surface results in a difference in geopotential
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energy above the ocean floor. Under the geostrophic approximation due to long oceanic

response time (longer than 1 day), a geostrophic flow is created in response to the difference

in geopotential energy.

The existence of the SLF signal contradicts the assumption of equi-geopotential surface at

the ocean floor with same average depth. The SLF signal combines the effects of crustal

movement and the geoid height changes. The crustal movement causes the geopotential field

to change on the ocean floor where the OBP measurement is conducted. The geoid height

changes, on the other hand, is registered by the OBP measurement but do not create geopo-

tential difference at the ocean surface. Therefore, to calculate the geostrophic transport,

for instance resulting from the surface wind forcing [Kanzow et al., 2010], a removal of SLF

signal in the OBP measurement is needed from the TP (z) method. In this study, we show

the possible transport error that can be introduced by not removing the SLF signal from the

OBP measurement. The error in transport is compared with the transport measured by the

RAPID array to show the degree of influence.

4.2 Data and Methods

4.2.1 OBP derived Mid-ocean Geostrophic Transport

Ocean bottom pressure (OBP) can derive the transport based on the geostrophic balance

Tp(z) =
1

ρ0f
(PE(z)− PW (z)) (4.1)

where ρ0 is the ocean water density, f is the Coriolis parameter (a function of latitude θ that

f = 2ω sin θ ), and PE and PW are pressure profile on the eastern and western boundary,
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respectively. z is the averaged ocean bottom depth based on the ETOPO1 data [Amante and

Eakins, 2009]. Two kinds of physical mechanisms can affect OBP changes. One is related

to the ocean dynamical adjustment due to wind forcing, circulation, and tidal motion. The

other is the ocean mass movement due to gravitational change and the associated crustal

deformation that is controlled by the SLF and glacial isostatic adjustment (GIA). The GIA

is a linear signal in the geopotential field during our study period. While we want to focus

mainly on the seasonal and inter-annual changes, SLF and ocean dynamical adjustment

are the two factors that control the OBP over the ocean. To estimate the transport error

introduced by including the SLF signal, we calculate the OBP changes due to the SLF signal

and derived the associated transport Tslf .

We use the estimates of mass changes from GRACE over land combined with model driven

ocean dynamic and atmospheric loading to calculate the SLF signal. SLF is smooth in its

nature compared to the ocean dynamic signal that usually is very variable at small spatial

scale (eddy or western boundary current). In particular, the spatial variability of the SLF

signal is small within the region including the sloping boundary, and therefore the estimated

Tslf is not affected by the inability to separate the transport from different layers due to

large spatial variability within small regions. The SLF signal is calculated all the way to the

coast, and therefore we can derive the transport for all the layers.

We use GRACE RL05 level-2 gravity solutions to calculate land water and ice mass changes

[Bettadpur, 2012], which serve as an input of the sea level equation [Farrell and Clark, 1976]

to calculate the sea level fingerprint (SLF ) during the most recent decade [Mitrovica et al.,

2001]. The monthly mean field consists of spherical harmonic coefficients up to degree and

order 60, from the Center for Space Research for April 2002 to October 2014. We substitute

the GRACE-derived C20 coefficients with monthly estimates from Satellite Laser Ranging

(SLR) [Cheng et al., 2013], and we account for the variation of the Earth’s geocenter using

degree-1 coefficients provided by Swenson et al. [2008]. The signal associated with glacial iso-
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static adjustment (GIA), i.e., the viscoelastic response of the solid Earth to glacial unloading

over the past several thousand years, is subtracted from the GRACE data using Ivins et al.

[2013]’s regional ice deglaciation model in Antarctica and A et al. [2013] for the rest of the

globe. To calculate the Greenland and Antarctica ice sheets (GIS and AIS) contribution,

we smooth the GIA-corrected spherical harmonics using a 300-km radius Gaussian aver-

aging function [Jekeli, 1981], and we generate regular latitude-longitude monthly ice mass

grids. Over the remaining land water mass, to reduce the correlated errors between degrees

that produce north-south stripes when transformed into the spatial domain, we apply the

Swenson and Wahr [2006] destriping procedure before applying the Gaussian smoothing and

calculating regular latitude-longitude monthly land water mass grids. We include an addi-

tional pole tide correction to remove the long-period pole tide signals not included in the

standard correction [Wahr et al., 2015].

The amplitude of the derived mass signal is reduced due to the truncation and the post-

processing used to reduce noise [e.g. Velicogna and Wahr [2013]]. Therefore, scaling factor

is needed to recover the attenuated mass signal. As the seasonal and long term mass change

are frequently characterized by different spatial and temporal variability, a separate scaling

factor should be calculated for each component [e.g. Rodell et al. [2009]]. Two scaling

factors are calculated using an approach similar to Landerer and Swenson [2012]. We use

a realistic synthetic signal representing the signal to be recovered. This signal is processed

as the GRACE data, i.e. converted into harmonics, truncated to lmax = 60, filtered on

the continental region outside the Ice Sheets, spatially smoothed and converted in monthly

1-degree regular longitude/latitude mass grids. At each grid point, the synthetic signal is

decomposed into the sum of the long term and short term components using the method

provided by Velicogna [2009], and two scaling factors were derived at each grid point. Each

factor is calculated by minimizing the misfit between the original signal and the GRACE-like

processed time series through a simple least square regression.
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For the ice sheets, the scaling factor is calculated using the monthly ice mass grid for Apr

2002-Dec 2009 from the mass budget method (MBM) as the synthetic monthly signal [Rig-

not et al., 2011]. Ice mass balance is calculated combining estimates of ice discharge with

surface mass balance (SMB; i.e., the sum of snowfall minus surface ablation) reconstructed

from regional atmospheric models. Over the remaining land region, the synthetic signal is

generated as follows. We use monthly terrestrial water storage generated from the CLM4.5

land model [Oleson et al., 2013]. As the land model does not provide realistic estimates for

the Glacier and ice caps (GIC) due to lack of model physics. We use the GLIMS (Global

Land Ice Measurements from Space) World Glacier dataset to identify the location of GIC

outside the ice sheets, we remove the CLM4.5 values at the GIC locations and replace GIC

signal based on the estimate from Jacob et al. [2012].

At each mass grid, we calculate the root-mean-square difference between the original syn-

thetic time series and the one processed as the GRACE data after the scaling factor is applied

[Landerer and Swenson, 2012]. This leakage error associated with the scaling factors is the

sum in quadrature of the seasonal leakage error and trend leakage error.

Scaled GRACE monthly mass estimates provide the input for sea level equation [Farrell and

Clark, 1976]. We iteratively solve the SLF for each month using a pseudo-spectral approach

[Mitrovica et al., 2011]. We generate separate SLF for each ice sheets and the remaining

land water mass.

SLF due to the atmospheric and non-tidal ocean loading are calculated using the GRACE

Atmosphere and Ocean De-aliasing Level-1B(AOD1B) products [Flechtner et al., 2014]. The

AOD1B is provided in the form of spherical harmonic coefficients up to degree and order

100 and reflects spatiotemporal mass variations in the atmosphere and oceans. Atmosphere

components are based on 6-hourly meteorological analysis fields of the Integrated Forecast

System of the European Centre for Medium-Range Weather Forecasts (ECMWF) and the

oceanic mass variability is based on the output of Ocean Model for Circulation and Tides
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(OMCT) that conserves the total ocean mass at any time step.

To evaluate the role of SLF introduced transport error, we compare Tslf to the geostrophic

transport measured by the RAPID array. We integrate equation [4.1] with regards to depth

to determine the transport within the layer

T12 =
1

ρ0f

∫ z2

z1

PE(z)− PW (z)dz (4.2)

where PE(z) and PW (z) are the bottom pressure at the eastern and western boundaries. We

calculate the bottom pressure signal due to SLF signal at the eastern boundary for PE(z)

and the western boundary for PW (z). We can also show Tslf resulted from different sources

of land mass variation. We calculate total land water mass (including ice sheets and other

land water mass) introduced transport error (Tslflwm).

For all comparison with the RAPID array [McCarthy et al., 2015], we picked the common

period of all dataset which is April 2004 to March 2014. All data is mean-removed and

trend-removed. To isolate the SLF induced transport error result from the SLF spatial

variabilities, we remove the global mean value from each monthly SLF map which represents

the eustatic contribution due to the freshwater flux from the atmosphere and the land to the

ocean.

In the RAPID array, Tumo represents upper mid-ocean transport between the surface to 1100

m. Tumo shows the largest seasonal variation when comparing with Ekman transport and

boundary transport [Kanzow et al., 2010]. To compare Tslf with RAPID array measurement,

we define T uslf with z1 = 0 and z2 = 1100 which is the same as Tumo. The range can be

changed accordingly based on the desired layer of comparison. For a simple two vertical

layer comparison, we define T lslf with z1 = 1100 and z2 = 5000. To study the contribution
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from SLF at each boundary, we define Tslfe and Tslfw as

Tslfe =
1

ρ0f

∫ 0

1100

PE(z) (4.3)

Tslfw = − 1

ρ0f

∫ 0

1100

PW (z) (4.4)

We focus the comparison on the best-fit seasonal signal and on the inter-annual variability.

We perform a multi-regression on all time-series by including seasonal, sub-seasonal, linear

trend, and a constant. The best-fit seasonal signal from the multi-regression helps us to

have a consistent comparison in both seasonal amplitude and phase without the influence of

inter-annual variations. For error estimate in the RAPID array, we include the misfit from

our multi-regression and measurement error from McCarthy et al. [2015] for all RAPID array

estimate.

For inter-annual and multi-time scale comparison, we filter with a moving average with an

equal weight for each month on all time series. With almost 10 years of data, we change the

window width from 1 month (no smoothing) to 48 months (4 years smoothing) to study the

characteristic under different time scale. We calculate correlation coefficients under different

window width to show the possible correlation between transport error introduced by SLF

and transport measured by the RAPID array. While increasing autocorrelation needs to

be accounted for when a moving window is applied, we determine the significance level of

the correlation by following the method in Ebisuzaki [1997]. The 90% significance level

is determined by random phase shift while maintaining the same power spectrum of the

time-series.

To evaluate the percentage of the signal in the AMOC that may be mistakenly explained by
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transports error due to SLF, we also define the variance reduction as

σred =
σ(T1)− σ(T1− T2)

σ(T1)
× 100% (4.5)

where σred shows the percentage of variance in T1 that is explained by T2.

4.2.2 GRACE-derived land mass error

Errors on the GRACE-derived land mass include errors in measurements, scaling factor, GIA,

and removed atmospheric mass signal to isolate the surface mass changes. The measurement

errors of individual GRACE monthly fields are calculated as in Wahr et al. [2006]. Errors

due to the scaling factors are calculated as described earlier. Errors in the atmospheric mass

are negligible compared to the other error sources. At each grid cell on land, we calculate

the total monthly error as the sum of the quadrature of GRACE measurement error and the

scaling factor error. GRACE data are corrected for the GIA signal which is linear during

the period of this study. Since we remove all linear trend for the seasonal and inter-annual

signal comparison, the GIA-related error will not affect our result.

4.2.3 SLF induced transport error

We calculate the monthly SLF error due to the uncertainty in the GRACE-derived mass

flux using a Monte Carlo approach. We generate, at each grid point, a set of 1,000 Gaussian

pseudo-random numbers with standard deviation equal to the monthly mass flux error. The

1,000 synthetic mass load estimates from the random numbers create 1,000 synthetic SLF

signal at each grid point in the ocean. We define the 95% confidence interval from the

1,000 synthetic SLF as the monthly SLF uncertainty. By following the definition of a single
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boundary contributed transport, we derived the monthly transport error estimates at each

boundary based on the monthly SLF uncertainty. By summing the transport error at both

boundaries, we find that the monthly transport error is 0.3 Sv (0.16 Sv at the western

boundary and 0.14 Sv at the eastern boundary). The total transport errors in the seasonal

amplitude and phase are obtained from the sum of the variance of the residual from least-

square fit and the variance of SLF error.

4.3 Results and Disccusion

Figure [4.1] shows the best-fit seasonal signal for Tumo and T uslf . The peak to peak amplitude

for T uslf , which represents transport error due to SLF signal, is 1.6 ± 0.2Sv while Tumo is

4 ± 2Sv. We find phase of T uslf is at 334 ± 9 day while Tumo is at 301 ± 23 day. T uslflwm,

which represents transport error due to SLF associated to land water mass, shows a peak to

peak amplitude of 0.8± 0.1 Sv with phase at 297± 10 day. T uslflwm accounts for half of the

seasonal signal in T uslf . T
u
slflwm and T uslf both introduce significant seasonal signal error.

In figure [4.2], we separate the transport error due to T uslf signal into eastern and western

boundary contributions. Western boundary (T uslfw) and eastern boundary (T uslfe) are of the

same order of magnitude in the amplitude while their phases have a 60± 19 days difference.

T uslfe has a peak to peak amplitude of 1.0± 0.2 Sv and phase at 362± 6 day while T uslfw has

a peak to peak amplitude of 0.8± 0.2 Sv and phase at 302± 12 day.

Figure [3] shows the best-fit seasonal signal for upper and lower transport (T uslf and T lslf )

obtained by separating the ocean into two layers. T lslf has a peak to peak amplitude of

5.0± 0.6 Sv and phase at 327± 6 day. T lslf shows larger seasonal signal then T uslf . T
l
slf and

T uslf show little phase difference (7± 15 days). The SLF signal at two sides of the mid-ridge

shows little difference implying little effect of mid-ridge on the T lslf estimates.
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We define the total Tslf as the sum of upper and lower transport (equivalent to an integration

from the surface to 5000m). Tslf has a peak to peak amplitude of 6.8± 0.8 Sv and phase at

329 ± 6 day. We also calculate Tgeo by summing Tumo, Tunadw, and Tlnadw derived from the

RAPID array to compare with Tslf . Tgeo shows a peak to peak amplitude of 3 ± 2 Sv and

phase at 14± 33 day.

In figure [4.4], we plot the correlation coefficients between Tumo and T uslf . The maximum

value of correlation coefficient is 0.86 with 33 months smoothing (approximately 2.5 years).

The maximum value has 90% significance level (0.76). In figure [4.5], we plot the variance

reduction calculated with Tumo as T1 and T uslf as T2 in equation [4.5]. Similar to the cor-

relation coefficient, figure[4.5] shows that the maximum variance reduction of 20% with 33

months smoothing. Figure[4.6] shows that the inter-annual signal with 33 month smoothing

is mostly from western boundary while eastern boundary has little contribution. Besides

the upper layer transport comparison, we also plot the full-depth transports comparing Tslf

to Tgeo (figure 4.7). Unlike the seasonal signal, Tslf shows no correlation with Tgeo, but the

variability of Tslf and Tgeo has the same order of magnitude.

In this study, we find that the SLF can introduce significant error in seasonal variation in

upper mid-ocean geostrophic transport. The seasonal amplitude of SLF can range from 0

to 3 cmH2O (water equivalent height) regionally [Wouters et al., 2011, Hughes et al., 2012].

Besides the temporal variability, the spatial variability of SLF across the Atlantic basin

generates a gradient between eastern and western boundary, which can be misinterpreted

as a pressure gradient force generating the geostrophic flow in the mid-ocean. This bogus

pressure gradient changes direction between spring and fall season [figure 4.8].

Based on our best-fit seasonal signal estimate, we find the relative magnitude of the seasonal

signal in different transports are consistent with the climatology approach [Zhao and Johns,

2014a] (ZJ14). Tumo is 5±1 Sv in ZJ14 and 4±2 Sv with best-fit seasonal signal, Tgs is 4±1

Sv in ZJ14 and 2± 1 Sv with best-fit seasonal signal, and Tek is 3± 3 Sv in ZJ14 and 1± 2
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Sv with best-fit seasonal signal. The reason for different peak to peak estimates is related

to the different methods of amplitude estimation. Climatology includes both seasonal and

sub-seasonal signal while our estimate contains only best-fit seasonal signal. The climatology

approach might even be affected by an inter-annual signal with short period observation. We

use best-fit estimate in this study to isolate the seasonal signal.

In figure [1], T uslf can account for 54% of the seasonal signal in Tumo. Assuming the Tumo is

the true transport, the Tobp method can end up showing a seasonal signal that is 1.5 times

larger than the Tumo due to the inclusion of SLF signal in OBP measurement. Ignoring T uslf in

Tobp which is equivalent to about half of the real seasonal signal can cause an overestimation

in seasonal signals from the Tobp method. In addition, SLF has not yet been considered

in many ocean models. If the data assimilation of in-situ OBP measurement is performed

on the ocean model, it can result in a strengthened seasonal variation of Tumo due to the

inclusion of SLF signal in the in-situ OBP observation.

The existent of SLF gradient across the basin is strongly related to the different SLF changes

zonally across the Atlantic basin. SLF changes near the coastline are, in general, positively

correlated to the nearby mass anomaly changes. While the mass anomalies are different on

two sides of the Atlantic basin, an SLF gradient is created across the basin [figure 4.8]. The

seasonal signal is plotted along the latitude 26.5◦N to show the SLF gradient changes between

months. An increasing total water storage over the northwest Africa creates the positive

SLF anomaly at the eastern boundary which is associated with the West Africa monsoon

resulted from the inter-tropical convergence zone (ITCZ) residing over the region during

June to September [Thorncroft et al., 2011]. Later on in the year, a positive atmospheric

loading (surface pressure) anomaly resulted from the cold continental air mass during the

northern hemisphere winter occupies on the northwest Africa region. This atmospheric

loading effect also creates a positive mass anomaly during the northern hemisphere winter

and reverses during the northern hemisphere summer which shows negative mass anomaly
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[Thorncroft et al., 2011]. The positive mass anomaly from atmosphere and land creates

positive SLF anomaly on the eastern boundary. On the western boundary, SLF seasonal

variation generally follows the eastern boundary SLF but with a smaller seasonal amplitude

(1 cmH2O) when comparing to the eastern boundary (2 cmH2O). The in-phase mass anomaly

between the two boundaries is a result of the meridional movement of ITCZ which creates

similar response along the same latitude, but the significantly less land coverage at the

western boundary reduces the positive mass anomaly signal from land. In addition, the Gulf

of Mexico at the western boundary has larger heat capacity comparing to the continent on

the eastern boundary resulting in smaller atmospheric loading variation. Based on equation

[4.2], we know that increasing SLF anomaly toward the eastern boundary creates a spurious

positive (northward) geostrophic transport anomaly, and increasing SLF anomaly toward the

western boundary creates a spurious negative (southward) geostrophic transport anomaly.

Therefore, a spurious seasonal variation in the geostrophic transport is introduced due to

the changing SLF zonal gradient.

In figure 3, T uslf and T lslf shows same seasonal phase while T lslf has larger amplitude than T uslf .

The amplitude difference is mainly reflecting the different integrated depth between upper

and lower layer. This barotropic property is the result of the smooth spatial variabilities of

SLF across the Atlantic basin. With smooth SLF changes at both boundaries, equation 4.2

shows that the spurious transport does not differ much in the integration at different depths

with the same vertical thickness.

Geostrophic transport (Tgeo) observed by the RAPID array representing the whole column

transport in the mid-ocean. We sum Tslf with Tgeo to show the possible derived transport

from Tobp method through the observational data. An overestimation in the seasonal signal

is shown in Tobp. With full-depth integration, we average out the large variabilities of ocean

dynamic transport which are well described by the first baroclinic mode [Kanzow et al., 2010,

Zhao and Johns, 2014a]. We find that seasonal amplitude of the spurious SLF transport with
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full-depth integration appears to have the same order of magnitude when comparing to the

full-depth integrated Tgeo.

Inter-annual variability of T uslf shows a high correlation coefficient of 0.86 with Tumo (90%

confidence) while T uslf accounts for 20% of the inter-annual variability in Tumo with 33 month

smoothing. This result shows the large possibility of overestimation of inter-annual Tobp

variability due to the inclusion of SLF signal. The barotropic characteristic is also clear

in inter-annual variability when comparing T uslf with T lslf . Unlike seasonal signal to which

eastern and western boundary contribute similar transport, western boundary contributes

most of the inter-annual variability which shares the same property as the wind stress curl

induced transport [Zhao and Johns, 2014b]. The high correlation of inter-annual variability

also suggests a possible relation between wind stress curl and SLF changes on the western

boundary. However, the mechanism linking SLF and wind stress curl is beyond the scope

of this paper. A further discussion of the linkage needs to be focused on how total water

storage and atmospheric loading are associated with atmospheric wind stress curl.

4.4 Conclusion

This study proposes a possible spurious mid-ocean geostrophic meridional transport at both

seasonal and inter-annual time scale when using Tobp method. The spurious meridional

geostrophic transport is introduced into Tobp method through the inclusion of SLF signal in

the observed OBP signal. The SLF change is a redistribution of ocean mass and crustal

changes due to the gravity field changes, which is usually not considered as affecting the

estimates from Tobp method. In this study, we want to emphasize the role of SLF on creating

the spurious transport (Tslf ) in the AMOC transport estimates from OBP measurements.

Tslf , in the upper level (0-1100m), can introduce more than half of the seasonal variability

shown in observed Tumo from the RAPID array. Any future model simulations that assimilate
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the observed OBP measurement can create a strengthened seasonal signal of upper mid-ocean

geostrophic transport by 1.5 Sv and can overestimate the western and eastern boundary

contribution by up to 1 Sv at the upper layer. The differences in transport due to the SLF

signal is similar to the difference due to wind products used to force the ocean model (which

create 2 Sv difference in total seasonal amplitude).

The barotropic property in Tslf creates a significant spurious seasonal signal while comparing

with Tgeo in full-depth integration. We show the Tobp measurement by summing Tslf and

Tgeo. At seasonal time scale, Tobp shows larger variability than Tgeo. The result shows a

possibility of overestimation in Tobp.

The inter-annual variability with 33-month moving average shows a high correlation between

Tumo and T uslf . 20% of the variance of overestimation in Tobp can be introduced due to T uslf .

This study, for the first time, shows the spurious transport due to SLF signal which is usually

not considered in any previous study. The estimates help to understand the transport

estimate difference between Tobp method and Tρ method. The result can also be used to

explain possible transport difference due to the assimilation of OBP measurement in the

ocean model. With large spurious seasonal signal in T uslf and large spurious seasonal and

inter-annual signal in full-depth Tslf , SLF needs to be removed in the OBP signal while using

Tobp method to calculate the AMOC transport to correctly estimate the ocean dynamical

response.
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Figure 4.1: Best-fit seasonal estimate for Tumo from RAPID array (blue), T uslf , a transport
error, derived from SLF changes between 0-1100 m (red), and T uslflwm, a transport error,
derived from land water mass induced SLF changes between 0-1100 m (green) during the
period of April 2004 to October 2014. The variance reduction of T uslf to Tumo is 54%, which
means that the magnitude of T uslf can be mistakenly accounted into the seasonal transport
derived from Tobp method. T uslflwm accounts for more than half of the variability in T uslf .
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Figure 4.2: Best-fit seasonal estimate for total transport error due to SLF signal at the
upper layer 0-1100 m T uslf (red), only eastern boundary contribution (black dash), and only
western boundary contribution (black solid) during the period of April 2004 to October 2014.
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Figure 4.3: Best-fit seasonal estimate for T uslf transport error between 0-1100 m (red dot

dash), T lslf transport error between 1100-5000 m (red dash), Tslf transport error between
0-5000 m (red solid), Tgeo (blue) from RAPID array, and the sum of Tslf and Tgeo (black)
during the period of April 2004 to October 2014.

Figure 4.4: Transport correlation coefficient with changing running mean between T uslf and
Tumo (solid). The 90% confidence level is plotted to show the statistical significance (dash).
Both time series are de-trended. The maximum correlation coefficient between T uslf and Tumo
is 0.8 above the 90% confidence level at 33 month running mean applied.
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Figure 4.5: Transport variance reduction of Tumo due to T uslf with changing running mean.
Both time series are de-trended. The maximum variance reduction of Tumo due to T uslf is
22% at 33 month running mean applied

Figure 4.6: Transport error due to SLF signal with de-trended, best-fit seasonal signal
removed, and 33-month running mean applied. Total transport error at the upper layer
T uslf (red), only eastern boundary contribution (black dash), and only western boundary
contribution (black solid) during the period of April 2004 to October 2014.
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Figure 4.7: Transport error compare with transport with de-trended, best-fit seasonal
signal removed, and 33-month running mean applied for T uslf transport error between 0-1100

m (red dot dash), T lslf transport error between 1100-5000 m (red dash), Tslf transport error
between 0-5000 m (red solid), Tgeo (blue) from RAPID array, and sum of Tslf and Tgeo (black)
during the period of April 2004 to October 2014.
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Figure 4.8: Best-fit seasonal signal based on the period of April 2004 to October 2014 is
plotted along latitude 26.5oN .
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Chapter 5

Improved ocean bottom pressure estimates

from GRACE

Abstract

The GRACE satellite data provides a monthly estimate of mass change over the ocean. A

big challenge of using the GRACE estimates over the ocean is the removal of the leakage

signal from land mass changes. Since the land signal is usually 5-10 times larger than ocean

signal, leakage signal from land can easily obscure the ocean signal near the coastal area.

The standard processing procedure for ocean mass estimate removes the land leakage by first

singling out the land signal in the spatial domain and then transforming the land signal into

spherical harmonics which truncated at the desired degree. By transforming the truncated

spherical harmonics back to the spatial domain, the signal over the ocean represents the

first order estimate of the land leakage. With the improved scaling factor over land we

established in Chapter 3, we use scaled land estimates from GRACE to calculate the land

leakage. We see a significant improvement of the near coastline estimate with removing the

new leakage estimate. The regional variation is more pronounced comparing to the standard

processing ocean product. The standard processing ocean product usually masked out the

near coastline area (also called a buffered zone) due to the still existing leakage signal. We
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propose a new ocean product showing the possibility of using the near-coast data with the

improved land leakage estimate.

5.1 Introduction

Ocean mass variation can be derived from ocean bottom pressure (OBP) measurement with

the removal of atmospheric pressure variations. OBP measurement has been done by the

in-situ OBP recorder for decades. Nowadays, OBP recorders still provide a good quality of

localized estimates which remote sensing cannot achieve. The recorder provides many kinds

of information including the tsunami warning, ocean tidal motion, and ocean mass variations.

However, in-situ recorders are usually suffering from the spatial sparsity and gaps between

different deployments that create discontinuous time series. On top of the sparsity and

discontinuity, recorders also suffer from drift in the pressure measurement showing in the

form of an exponential curve within each deployment. The existence of the drift makes the

derivation of long-term OBP trend very difficult. Current solutions of removing the drift are

based on least square fitted an exponential signal [Watts and Kontoyiannis, 1990, Polster

et al., 2009] or iteratively solve for the exponential signal [Williams et al., 2014].

GRACE satellite provides monthly ocean bottom pressure (OBP) estimate since April 2002.

GRACE satellite with the global coverage and continuous measurement avoids the disad-

vantages shown in OBP recorder. GRACE provides OBP estimate in the form of spherical

harmonic coefficients representing the geoid height changes. The degree truncation of the

spherical harmonics is usually set to 40 over the ocean region due to the small signal to noise

ratio in the higher degree and order coefficients [Chambers and Bonin, 2012]. The truncation

results in a spatial resolution of around 500 km.

The truncation of the spherical harmonics creates a ringing signature when transforming to

the spatial domain. Applying a Gaussian function with 350-500km radius is usually enough
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to significantly decrease the ringing effect. The truncation and smoothing attenuate the

local signal amplitude and create leakage signal with amplitude decreasing radially outward.

The leakage signal is particularly important over the ocean along the coastline. Since ocean

signal is usually more smooth than the localized land signal, land signals are usually 5-10

times larger than ocean signals [Chambers et al., 2007]. The leakage signal from land can

obscure the signal over the ocean which makes the ocean signal undetectable from GRACE.

Therefore, removing the leakage from land signal becomes the most important procedure

when using GRACE to estimate the ocean mass changes.

Besides the leakage removal, the standard OBP product from GRACE includes post-processing

to remove the correlated error which creates north-south stripes in the gridded field before

the truncation and smoothing applied [Swenson and Wahr, 2006]. An optimized de-striping

and Gaussian smoothing for the ocean gridded field is also proposed by Chambers [2006].

Chambers and Willis [2010] further show the possibility of projecting the GRACE solution

on to the empirical orthogonal functions based on an ocean model to single out the geo-

physical signal in GRACE. 2-3 cm in root mean square difference is shown when comparing

various GRACE products with other observational data including steric corrected altime-

ter [Chambers, 2006, Chambers and Willis, 2010], ocean model output [Ponte et al., 2007,

Quinn and Ponte, 2010], and in-situ measurement from OBP recorder [Morison et al., 2007,

Park et al., 2008]. The nature of the spherical harmonics solution creates signal correlation

with adjacent points in the gridded field. Hence, a large spatial scale (basin scale) GRACE

estimate is usually preferable and more accurate.

This study compares the standard ocean gridded field from GRACE with the improved

gridded field estimate. Our improved ocean gridded field removes the leakage signal from

land based on the scaled land estimates from GRACE. The new product shows the possibility

of obtaining the mass changes close to the coastline.
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5.2 Data and Methods

We use GRACE RL05 level-2 gravity solutions (called GSM solution) to calculate ocean

bottom pressure (OBP) from April 2002 to October 2014 [Bettadpur, 2012]. To derive the

OBP signal from GRACE, we need both the GSM and ocean and atmospheric mass estimate

due to the nontidal dynamic movement which is represented by the background model in

GRACE processing procedure. The background atmospheric and ocean dealiasing product

is also provided from the processing center. We sum the monthly GSM solution with the

ocean and atmospheric loading field (GAD) to recover the OBP signal [Chambers et al.,

2007, Johnson and Chambers, 2013]. GSM and GAD products are in the form of spherical

harmonics with GSM up to degree 60 and GAD up to degree 100. We sum the GSM and

GAD product up to degree 40 [Chambers et al., 2007]. Due to the correlated errors between

degrees over lower latitude ocean region which produces north-south stripe, we apply the

de-striping procedure [Swenson and Wahr, 2006]. By substituting C20 [Cheng et al., 2013]

and degree 1 coefficients [Swenson et al., 2008] following the standard GRACE processing,

we further remove the GIA signal that is related to the viscoelastic response due to the

unloading of ice melting since the last glacial maximum based on A et al. [2013]. All the

corrections mentioned so far are performed in the spherical harmonic domain. We convert

the signal to gridded field with 350-km Gaussian smoothing [Jekeli, 1981]. We include an

additional pole tide correction to remove the long-period pole tide signals not included in

the standard correction [Wahr et al., 2015]. The pole tide correction can be particularly

important for the ocean signal since the OBP signal in the order of ±6 mm/yr is comparable

with the pole tide correction in the order of ±3mm/yr

Besides all the signal correction and removal of GIA signal, we need to remove the signal

of land mass changes which leaks into the ocean due to truncation and smoothing. The

large leakage signal from land may obscure the OBP signal especially for grids near the
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coastline. Instead of using the land only GRACE signal to estimate the leakage, we estimate

the leakage signal over the ocean by using the scaled GRACE solution over land. At each

grid point over land, we calculate two scaling factors: one to recover the annual component of

the observed signal and another to recover the inter-annual and long-term components. We

obtain the gridded land estimate with separate scaling factors applied in both seasonal and

long-term signal of GRACE to restore the attenuated amplitude. The scaled land estimate is

then converted to spherical harmonics with degree 40 truncation and converted back to the

spatial domain with 350-km Gaussian smoothing. Once the land only estimates converted

back to the gridded field we masked out the land part and take only the leakage estimate

over the ocean. The leakage estimates are removed from the ocean estimate we obtained

earlier.

To compare the difference between the standard ocean estimates from GRACE (STD) and

ocean estimate considering the improved leakage signal (IMP), we focus the comparison on

long-term trend and annual amplitude. We use the multi-linear regression to simultaneously

fit trend, annual, semi-annual, and constant signal to the time serious at each grid point. The

best-fitted trend and annual signal provide us the estimates of trend and annual amplitude.

5.3 Results and Disccusion

Figure 5.1a,b show the trend maps of IMP and STD, respectively. In both maps, the OBP

trend signals show a small trend over low latitude and gradually increase toward the high

latitude the same as the result shows in Johnson and Chambers [2013]. The only exception

of large signal close to the Indonesia is due to the earthquake which displaces the Earth’s

lithosphere and generates a change in Earth’s gravity field. While comparing IMP with

STD trend maps, the ocean area away from the continent shows little difference between

the two maps. Large differences can be seen close to the coastline. IMP trend map shows
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significant spatial variabilities along the two ice sheets which are not showing in STD trend

map due to the overwhelming unremoved leakage signal [Johnson and Chambers, 2013]. The

differences near the continent also increase while moving toward high latitude. Due to the

recent accelerating melting signal from both ice sheets and glaciers and ice caps, the large

trend signal from the mass loss can easily leak into the ocean especially for ice melting region

directly adjacent to the ocean. To show that the IMP regional variation is not a direct effect

of the removed leakage signal, we show the leakage signal trend maps for both IMP and STD

over the ocean [Figure 5.1c,d]. Regions near the two ice sheets show the most pronouncing

difference in leakage signals. Most the leakage signals are larger in the IMP than in the

STD. The IMP leakage includes some of the missing signals near glacier regions in the STD

leakage maps (i.e. Iceland and Novaya Zemlya) [Jacob et al., 2012]. To show the percentage

changes due to the improved leakage estimate, we subtract the two trend maps [Figure 5.1e]

and divided by the STD trend map [Figure 5.1f]. Over the middle of the open ocean, the

differences are negligible (smaller than 5%), which has also been shown in previous studies

[Chambers and Willis, 2009, Boening et al., 2012a, Chambers, 2011, Chambers and Bonin,

2012]. However, trend differences between IMP and STD show more than 10 mm/yr near

Greenland, Alaska, Patagonia, West Antarctica, and Antarctic Peninsula. These positive

value of trend differences is resulting from the leakage of ice melting signal on land being

removed from the IMP trend map. Previous studies mask out the region which is within the

300km range from the coastline to avoid this leakage signal. The masking approach avoids

most of the leakage signal from land but eliminates the possibility of using the GRACE OBP

estimate over the shallow region which is usually close to the coastline.

Figure 5.2a,b show the annual amplitude maps of IMP and STD, respectively. Like the

difference in trend map, the difference in annual amplitude map is generally small in the

middle of the open ocean. The difference can be spotted along the coastline from India

to southeast Asia, in Labrador sea, close to Alaska glacier region, and central America

coastline. The difference is again due to the leakage from the annual amplitude resulted
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from the hydrological cycle [Figure 5.2c,d]. For instance, the large amplitude shown along

India to southeast Asia is a result of the leakage due to monsoon precipitation over land.

To show the percentage changes due to the improved leakage estimate, we subtract the two

annual amplitude maps [Figure 5.2e] and divided by the STD annual amplitude map [Figure

5.2f]. Near Greenland ice sheet shows significant improvement of leakage estimate in annual

amplitude. Near Antarctic ice sheet, however, shows little differences in annual amplitude

between IMP and STD.

By comparing the percentage changes in OBP trend [Figure 5.1f] and OBP annual amplitude

[Figure 5.2f], we find the percentage changes in trend is larger than the annual amplitude.

Most significant land leakage regions in trend maps show percentage changes larger than

100% while the annual amplitude is mostly smaller than 60% of the annual amplitude in STD.

The result shows that the STD leakage estimate in annual variability is better represented

than leakage estimate in the trend.

5.4 Conclusion

This study shows the improved leakage estimate remove most of the land leakage in both

annual amplitude and long term trend. We restore the GRACE signal over land with im-

proved scaling factors and truncated the signal to investigate the leakage signal over the

ocean. While previous studies avoid the leakage signal near the coastline by masking out

the area, we improved the leakage estimate in the effort to restore the possibility of using

the near coastline estimates from GRACE. This improved estimates from GRACE open the

possibility of studying the near coastline and shallow region dynamics.
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Figure 5.1: Ocean mass trend (a) with improved leakage estimate removed (IMP), and (b)
with standard processed leakage removed. Ocean region leakage signal from (c) truncated
scaled GRACE estimate over land, and (d) truncated GRACE estimate over land. (e) Trend
difference of (a) subtracting (b). (f) Ratio changes of difference (e) normalized by the trend
from (b)
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Figure 5.2: Ocean mass annual amplitude (a) with improved leakage estimate removed
(IMP), and (b) with standard processed leakage removed. Ocean region leakage signal from
(c) truncated scaled GRACE estimate over land, and (d) truncated GRACE estimate over
land. (e) Trend difference of (a) subtracting (b). (f) Ratio changes of difference (e) normal-
ized by the annual amplitude from (b)
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Chapter 6

Conclusions

This thesis focuses on studying the sea level fingerprint effect on the regional ocean mass

changes by using GRACE data and other datasets. We further discuss the derivation of

oceanographic geostrophic transport which can be affected by sea level fingerprint changes

over the ocean. Finally, we generate an improved OBP product over the ocean to extend

the area of study when using GRACE data.

Our works emphasize the importance of considering both two types of forcing controlling

the ocean mass changes. One is the gravity related changes (sea level fingerprint) due to

the mass changes within the entire Earth system. The other is the ocean internal dynamics.

With the GRACE data, we can, for the first time, separate the two types of forcing and

study the individual effects of the ocean mass changes. While both types of forcing have

important contributions to the ocean mass signal, sea level fingerprint is usually neglected by

most of the studies using the ocean model simulation. With the improved understanding of

the sea level fingerprint processes, many recent model improvements have started to include

the gravity related changes for future sea level prediction. However, the understanding of

ocean response due to the sea level fingerprint changes is still lacking.

We study the sea level fingerprint (SLF) effect due to the rapid mass changes in the Earth

system by using the GRACE estimates, MBM estimates, and other datasets. With the SLF
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sensitivity test of different ice sheet mass estimates provided from the mass budget method

(MBM) and the surface mass balance data, we find the that SLF is sensitive to ice melting

geometries and required a 1x1 degree resolution in mass load estimates. Since GRACE is

available to provide mass load estimate with the desired resolution, we use the GRACE

date to derive the rapid mass changes on land. We evaluate the SLF due to land, ocean,

and atmosphere loading changes at both regional and basin scale. The results show that

the seasonal SLF signal is detected at 1-degree scale and show that significant ocean mass

variances are accounted by SLF signal over basin scale. The two SLF studies show the

robustness and the accuracy of our SLF estimates. With the validated SLF signal, we find a

possible transport error due to the SLF signal while deriving the geostrophic transport from

ocean bottom pressure measurement. The SLF gradient across the Atlantic ocean changes

seasonally; this is included in the ocean bottom pressure measurement and it triggers a

spurious seasonal meridional geostrophic transport. The transport error due to SLF signal is

equivalent to half of the seasonal variability observed by the RAPID MOC/MOCHA array.

The finding shows, for the first time, a possibility of a spurious dynamic effect which should

be removed from the OBP derived geostrophic transport.

Ocean mass measurement is usually conducted with the measurement of the ocean bottom

pressure changes, GRACE provides a global and continuous measurement. With the help

of the improved land mass estimates from GRACE that we use to derived SLF, we present

an improved GRACE ocean bottom pressure product which minimizes the leakage signal

over the ocean. The new OBP product removes the leakage in both the annual and trend

estimate. We hope the new ocean bottom pressure estimates from GRACE can extend the

available study area over the ocean.
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6.1 Summary of Results

Chapter 2 shows the sensitivity of SLF signal to different melting geometries. Three melting

approaches are used to derive the Greenland SLF. The linear melting approach is simple

yet close to the real melting geometry. The uniform melting approach shows more than

30% difference in near-field SLF when comparing to linear melting. The uniform melting

approach should be avoided especially for sea level study along the north-east American

coastline. The point mass melting approach, thou better than the uniform approach, still

create a 20% discrepancy compared with the linear approach in near-field SLF estimates.

This demonstrates the importance of melting geometry when studying the near-field SLF

signal. We further show the SLF sensitivity to the assumption used in the linear melting

approach. By using the SMB data, we show the assumption of redistributing the interior

mass over Greenland ice sheet only result in smaller than 10% SLF changes on both the near

and far fields. The redistribution of mass over Antarctic ice sheet also shows smaller than

10% SLF changes for latitude higher than 60◦S. This study shows the possibility of using

linear melting geometry with the mass budget method for future SLF study.

Chapter 3 shows the evaluation of the GRACE-derived SLF signal at both basin scale and

regional scale. While in Chapter 2 we know the importance of the mass loading location

to SLF and the possibility of using a mass load estimate with 1-degree resolution for SLF

study, we use GRACE data to provide the mass load estimates over all continents. With the

amplitude restored using an improved scaling factor, we achieved a much accurate mass load

signal in both seasonal and long-term signal. The seasonal signal detection at the regional

scale is performed over the ocean by using the in-situ measurement of ocean bottom pressure

recorder corrected with tides, ocean dynamic, and atmospheric loading. We compare the SLF

signal with the corrected recorders while considering all possible errors in both estimates.

The seasonal signal of GRACE-derived SLF is shown to be detected in two recorders over
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the Pacific ocean. At basin scale, we show the variance reduction between SLF and steric

corrected altimetry estimates. This study shows the possibility of using GRACE to derive

the SLF signal in both regional and basin scale sea level.

In chapter 4, we propose a new correction needed for OBP measurement which is used to

derived the mid-ocean geostrophic transport in the Atlantic meridional overturning circula-

tion. Due to changes in the SLF patterns, a gradient of the ocean bottom pressure created by

the SLF signal results in a spurious geostrophic current in the meridional direction over the

North Atlantic basin. This is the first study to show the transport error due to SLF signal.

Based on the comparison with the observed transport from the RAPID MOC/MOCHA array

across 26.5◦N , we find that the SLF transport error resulted from SLF signal is equivalent

to half of the seasonal variabilities and have a high correlation with the inter-annual signal

shown in the in-situ observed upper mid-ocean geostrophic transport. This study shows the

possibility of transport errors in OBP derived geostrophic transport. A correction of the

SLF signal in the OBP measurement is needed to avoid any over/underestimation in the

ocean dynamical response.

In chapter 5, we introduce an improved ocean bottom pressure estimate from the GRACE

data. Leakage signal from the land mass load has long been affecting the ocean bottom

pressure estimated from GRACE data. We improve the leakage estimates based on the

scaled GRACE estimates over land. The land signal is scaled with two separate scaling

factors to restore the amplitude. Our improved leakage estimate restores the ocean bottom

pressure signal in the region closed to the continent. Regional variation showing in the

new OBP product is not seen in the previous OBP estimates. This improvement opens the

possibility of using the near-coast ocean bottom pressure estimated from GRACE which can

be very useful in studying the coastal processes and in estimating the geostrophic meridional

transport [e.g. Bingham and Hughes [2008]].
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6.2 Implications and Future Directions

We plan to extend our research in two ways. First, we will study the transport error due

to SLF signal at various regions by using the SLF derived from GRACE. Chapter 4 has

shown the importance of SLF signal in AMOC variabilities. We extend the region of study

from the RAPID array (26.5◦N) to the tropic region. Due to the decrease of Rossby radius

of deformation over the tropic region, the spatial OBP variation over the region may be

smaller with lesser mesoscale eddies. This is a suitable condition for using the GRACE

OBP estimates to derive the zonally averaged meridional geostrophic transport and also a

condition possibly showing more spurious transport from SLF. We will compare transports

derived from the GRACE mascon OBP estimate based on level-2 spherical harmonics to the

transports error due to SLF signal over the region. The focus will be looking at the total

variance from GRACE OBP explained by SLF signal in both annual and inter-annual signal.

The analysis can also be extended to trend estimate which has not yet been done in this

work. Due to the drifting problem in the in-situ OBP measurement, OBP derived transport

cannot be used to analyze long-term trend. We hope to overcome this problem with the use

of GRACE OBP estimate. There are also regions with a significant gradient in SLF trend

shown in the recent decade due to the rapid ice melting signal. The SLF trend gradient is

especially pronounced near the ice sheet region (the Labrador sea, Norwegian Sea, Drake

passage). The gradient of SLF trend can introduce trend error in transport in the direction

which is perpendicular to the SLF trend gradient. Besides the transport error, we also want

to investigate the ENSO-related SLF signal over Australia, North and South America, and

South-east Asia. The ENSO signal has already been recognized in the global mean sea level

due to the total water storage changes over the above-mentioned regions [Boening et al.,

2012b]. We will investigate the SLF signal in the coastal regions where the large water

storage changes have been spotted, and will further compare with the tide gauges data.
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Second, we will use mass load changes estimate from MBM for both ice sheet regions to

derive long-term SLF estimate. With the extended time-series, we can show a longer SLF

effect over the ocean which is not available in any previous studies. Since the long-term

cumulative SLF pattern is generally dominated by the ice melting signal. We hope to

evaluate and investigate the long-term SLF signal with tide gauges data. The previous study

uses a statistical approach to show the global mean sea level changes from tide gauges by

considering the spatial pattern resulting from SLF signal [Hay et al., 2013, 2014]. However,

the SLF signal in the statistical approach is based on time-invariant melt rate. By examining

the true SLF signal from MBM data at those tide gauges data, we can also evaluate the global

mean sea level estimates based on the statistical approach.
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Appendix A

GRACE

The GRACE satellite mission is designed to improve the accuracy of the observed gravity

field. GRACE involves two satellites that fly at a height of 500km with one following the

other at a distance of approximately 220 km. By using the microwave ranging system to

detect the changes in distance between the two satellites, one can derive gravity changes

that alter the satellite orbit speed. The two satellites are polar orbiting with nearly circular

orbits. Since the gravity is derived from changes in the separation distance between the two

satellites, other non-gravitational forcings that may affect the distance are measured by the

on-board accelerometer on each satellite. The orientation and position of the satellites are

also monitored accurately with the help of GPS receivers and star-cameras to reduce position

bias.

From the microwave ranging system, one can derive the geopotential value that represents

the work done by the gravity of the entire Earth system including solid Earth, ocean, and

atmosphere portions. The geopotential field can be expanded in terms of spherical harmonics

[Heiskanen and Moritz, 1967].

It is convenient to define a geoid height (r), which represents an equi-geopotential surface that

would coincide with the mean ocean surface if the ocean was at rest. The geoid height does

not always have the same geopotential value because of changes in the mass of the ocean.
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Therefore, the geoid height changes are not height changes of a single equi-geopotential

surface, but the equi-geopotential changes at the ocean surface. With the mean geoid height

as the reference state, we can express the geoid height anomaly (δr) in terms of an infinite

series of spherical harmonics as

δr(θ, φ) = a
∞∑

l=1

l∑

m=0

Plm(cos θ)[δClm cosmφ+ δSlm sinmφ] (A.1)

where θ represents colatitude and φ represents longitude in radians





0 ≤ θ ≤ π

0 ≤ φ ≤ 2π

In this eq. (A.1), Plm(cos θ) are the (fully-normalized) associated Legendre polynomials of

degree l and order m derived from the conventional associated Legendre polynomial (P c
lm)

as

Plm(t) =

√
k(2n+ 1)

(n−m)!

(n+m)!
P c
lm(t)

with

k =





1 for m = 0

2 for m 6= 0

δClm and δSlm are the spherical harmonic coefficients. GRACE satellite level-2 product

provides monthly values of δClm and δSlm.

Since we are not interested in the absolute value of the gravity field, which includes the

entire Earth system, GRACE uses background models to remove the best estimate of the

unwanted components from available simulations and other measurements. Total gravity
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potential can be described in sets of spherical harmonic coefficients as

Glm(t) = Glm +G′lm(t) +Gst
lm(t) +Got

lm(t) +Gpt
lm(t) +Gao

lm(t) (A.2)

where Glm represents the long-term mean geopotential. The geopotential value divided by g

(gravitational acceleration of the Earth) represents the geoid height value shown in eq. (A.1).

Glm represents the unchanged gravity force that acted on both satellites thus not a function

of time. The mean field is represented by models like EGM96 or GGM02C. In our study,

we use the time mean of the period that we are interested in to remove this mean gravity

field. G′lm(t) is the anomaly described in terms of δClm and δSlm in the final GRACE level-2

product. Gst
lm(t), Got

lm(t), and Gpt
lm(t) include effects due to tides from the solid earth, the

ocean, and due to polar motion, respectively. These tidal estimates come from a combination

of measurements, numerical simulation, and theoretical simulation. The last term, Gao
lm(t),

represents high frequency atmospheric and ocean dynamic non-tidal loading. This atmo-

spheric and oceanic loading is also called the Atmospheric and Oceanic Dealiasing product

(AOD1B). They represent the high-frequency loading signal. Atmosphere loading is derived

from the European Centre for Medium-Range Weather Forecasts (ECMWF) operational

product. Dynamic ocean non-tidal loading is derived from the ocean bottom pressure (or

vertical integration of the water column) in the mass conserved ocean model Ocean Model

for Circulation and Tides (OMCT). Most ocean models are volume conserved. However, for

the purpose of analyzing GRACE data, at every time step, a uniform layer of mass is added

into the ocean model to conserve mass [Ponte and Stammer, 2000, Gross et al., 2003]. As

mentioned earlier, the trend and low frequencies changes in OMCT simulation output are

not suitable for interpreting geophysical phenomenon since they are primarily related to the

upper layer warming or cooling of the water mass. The atmospheric portion of the AOD1B

product is suffered from a step-function-like signal in surface pressure time series due to

topographic changes from resolution improvement in the atmospheric model [Fagiolini et al.,

95



2015]. The error due to this atmospheric signal is included in our error analysis in the study.

For most geophysical applications, we interpret G′lm(t) as representing rapid water mass

changes over land, and interpret the combined G′lm(t) and Gao
lm(t) terms as representing the

ocean bottom pressure, which is equivalent to the observed GRACE signal with only the

tidal effects removed.

A.1 Geoid height anomaly

In this section we show how gravitational potential and geoid height are related. The gravi-

tational potential of the Earth V can be described as

V (r, θ, φ) =

∫ a

0

∫ π

0

∫ 2π

0

Gρ(r0, θ0, φ0)

|~x− ~x0|
r2

0 sin θdφ0dθ0dr0, (A.3)

where G is the universal gravitational constant, r0 is radius in meter, and θ0 and φ0 represent

colatitude and longitude in radian, respectively. ρ(r0, θ0, φ0) is the mass of the unit volume

causing the geopotential field, ~x0 is a position defined by (r0, θ0, φ0), and ~x indicates the

position possessing the geopotential value V (r, θ, φ). From now on we will refer to V as the

geopotnetial (see Appendix E). There are two parts in the integral that can be expanded in

terms of spherical harmonics (Appendix F), one is

1

|~x− ~x0|
=
∑

l,m

(
1

2l + 1

rl0
rl+1

)
Plm(cos θ)Plm(cos θ0)[cosmφ cosmφ0+sinmφ sinmφ0], (A.4)

the other is

ρ(r0, θ0, φ0) =
∑

l,m

Plm(cos θ0)[ρclm(r0) cosmφ0 + ρslm(r0) sinmφ0]. (A.5)
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After integrating eq.(A.3) over dθ0 and dφ0 with the expansion described by eq.(A.4) and

eq.(A.5), geopotential can be expressed as

V (r, θ, φ) =
∑

l,m

Plm(cos θ)
4πG

2l + 1

1

rl+1

[(∫ a

0

rl+2
0 ρclm(r0)dr0

)
cosmφ

+

(∫ a

0

rl+2
0 ρslm(r0)dr0

)
sinmφ

]
,

(A.6)

where the l = 0 and m = 0 term in V (r, θ, φ) is equal to GM/r (M is the total mass of the

Earth). We can also express V as

V (r, θ, φ) =
GM

r
+ δV (r, θ, φ),

where the geopotential anomaly δV (r, θ, φ) is then equal to

δV (r, θ, φ) =
∞∑

l=1

l∑

m=0

Plm(cos θ)
4πG

2l + 1

1

rl+1

[(∫ a

0

rl+2
0 δρclm(r0)dr0

)
cosmφ

+

(∫ a

0

rl+2
0 δρslm(r0)dr0

)
sinmφ

]
.

(A.7)

Note that δV (r, θ, φ) � GM/r. While geoid height is defined as the equi-geopotential

surface coinciding with the ocean surface, we can assume that the geopotential field is a

scalar where V (r, θ, φ) = C1. The geoid height would be located at r = a assuming a

spherically symmetric Earth (δV (r, θ, φ) = 0). However, for a more realistic case, the geoid

will be located at

r = a+ δr(θ, φ), where δr�a.

Therefore,

V (a+ δr(θ, φ), θ, φ) =
GM

a+ δr(θ, φ)
+ δV (a+ δr(θ, φ), θ, φ) = C1
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where δV � GM/a, and δr � a. By ignoring the δr term in δV , and rearranging the

denominator in the first term with the approximation of (1 + ε)n ≈ (1 + nε) for ε � 1, we

can rewrite the equation as

GM

a

(
1− δr(θ, φ)

a

)
+ δV (a, θ, φ) = C1

By moving all the constants together, the equation becomes

δr(θ, φ) =
δV (a, θ, φ)

g
+ C2

where g = GM/a2, and C2 = (GM/a − C1)/g. Therefore, setting C2 = 0 means that

C1 = GM/a. Setting C1 equal to GM/a implies that V̄ave = GM/a with the mean geoid

height at r = a. As a result, the geoid is given by

r = a+
δV (a, θ, φ)

g
,

and the geoid anomaly can be written as

δr(θ, φ) =
δV (a, θ, φ)

g
. (A.8)

Using this relation, we can derive the relation between the spherical harmonics for the geoid

and for the geopotential from equations (A.7) and (A.1) to obtain




∆Clm(r0, t)

∆Slm(r0, t)


 =

4πG

(2l + 1)gal+2



∫ a

0
rl+2

0 ∆ρclm(r0, t)dr0

∫ a
0
rl+2

0 ∆ρslm(r0, t)dr0


 ,

where ∆ represent the anomaly with respect to the time average. Setting g = MG/a2 =
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4/3πaρaveG, we can further express the relationship as




∆Clm(r0, t)

∆Slm(r0, t)


 =

3

ρave(2l + 1)a



∫ a

0

(
r0
a

)l+2
∆ρclm(r0, t)dr0

∫ a
0

(
r0
a

)l+2
∆ρslm(r0, t)dr0


 . (A.9)

Equation (A.9) shows the non-uniqueness of geoid anomalies. Only the radial integral of

∆ρc,slm(r0, t) matters for the determination ∆Clm(r0, t) and ∆Slm(r0, t).

A.2 Surface mass

While the temporal mean of the geoid and geopotential field cannot be related to a radial

density redistribution, the time-varying portion can be assumed to be concentrated within a

thin layer at the Earth’s surface. This resolves the non-uniqueness problem. This assumption

implies that ∆ρc,slm(r0, t) ≈ ∆ρc,slm(a, t), and leads to (r0/a)l+2 ≈ 1 in the integral, which implies

that Eq(A.9) reduces to




∆Clm

∆Slm


 =

3

ρave(2l + 1)a



∫
thin

∆ρclmdr0

∫
thin

∆ρslmdr0


 . (A.10)

To make use of this important relationship, we define surface mass density (weight per unit

area) as

∆σ(θ, φ) =

∫

thin

∆ρ(θ, φ)dr0 (A.11)

which is further expand in terms of spherical harmonics as following.

∆σ(θ, φ) = aρref

∞∑

l=1

l∑

m=0

Plm(cos θ)[∆σclm cosmφ+ ∆σslm sinmφ], (A.12)
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where ρref is a reference material density. Since most of the time varying surface mass

changes are related to the redistribution of water mass, ρref is usually set to the density of

pure water (which we will describe as “water equivalent”). a is the radius of the Earth. From

the definition, Eq.(A.11) and the spherical harmonic expression for the density (Eq.A.5) and

the surface mass density (Eq.A.12), we can express the relation between the two variables

as follows.

aρ




∆σclm

∆σslm


 =



∫
thin

∆ρclmdr0

∫
thin

∆ρslmdr0


 (A.13)

The relation between geoid anomaly and coefficients of surface mass density can be expressed

as




∆Clm

∆Slm


 =

(
3

2l + 1

)(
ρref
ρave

)



∆σclm

∆σslm


 . (A.14)

Notice that in this relation, the radius of the Earth, a, is absent because of the spherical

harmonic form of ∆σ(θ, φ). We can then describe ∆σ(θ, φ) in terms of spherical harmonics

based on the above relation

∆σ(θ, φ) =
aρave

3

∞∑

l=1

l∑

m=0

Plm(cos θ)(2l + 1)[∆Clm cosmφ+ ∆Slm sinmφ]. (A.15)

We can also calculate the spherical harmonic coefficients for the geoid from the surface mass

load anomaly




∆Clm

∆Slm


 =

3

aρave(2l + 1)

1

4π

∫
∆σ(θ, φ)×Plm(cos θ)




cos(mφ)

sin(mφ)


 sin θdθdφ. (A.16)
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A.3 Solid Earth deformation

Besides the rapid surface water mass changes that can alter the time-varying geopotential

field, the deformation of the solid Earth also plays an important role. The solid Earth reacts

like a spring to loading changes. This elastic deformation causes a depression near the loading

region and uplift in the far field. The cumulative elastic response can be significant especially

in the location where there is sustained mass gain/loss (e.g. ice cumulating/melting regions)

[Mitrovica et al., 2009]. This elastic loading response can often be described by a set of load

love numbers (kl) for each spherical harmonic degree (l), which are analogous to the spring

constant in Hooke’s Law. Over centennial time scales, the mantle’s response to loading

becomes significant. The deformation depends on the viscosity of mantle flow. This visco-

elastic response is very different from the instant elastic response mentioned above. The

visco-elastic response is dominated by the glacial isostatic adjustment (GIA) due to changes

in land ice since the last glacial maximum. It can be simulated given the ice loading history

and viscosity profile (1-D) or distribution (3-D) in the Earth’s mantle layer.

The GIA signal is particularly important for regions that were covered by ice sheets during the

last glacial period. Such regions include the location of the current ice sheets - Greenland and

Antarctica, and some polar regions in the Northern Hemisphere. This signal is included in the

GRACE signal. We can assume a linear response at each location due to the short time span.

The signal amplitude depends on the past loading history, the thickness of the lithosphere

(including the crust and upper solid mantle), and the viscosity of the mantle. Many regional

GIA models have used the above-mentioned variables to constrain the simulated crustal

movement which can be removed from the GRACE signal. Many observational records,

like GPS, measuring the solid earth movement play the important role of providing the

constraints from crustal movements in simulated results on gravity changes [Ivins et al.,

2013].
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If a surface mass causes a perturbation like equation (A.15), the elastic response can be

described as

E(θ, φ) =
aρave

3

∞∑

l=1

l∑

m=0

klPlm(cos θ)(2l + 1)[∆Clm cosmφ+ ∆Slm sinmφ] (A.17)

where kl is the load love number at degree l. We can also describe the geoid changes due to

the elastic response as




∆CE
lm

∆SElm


 =

3

aρave(2l + 1)

1

4π

∫
E(θ, φ)× Plm(cos θ)




cos(mφ)

sin(mφ)


 sin θdθdφ

= kl




∆Clm

∆Slm




(A.18)

By combining the surface loading with the associated elastic response of the solid Earth, the

total geoid anomaly can be expressed as




∆Ctot
lm

∆Stotlm


 =




∆Clm

∆Slm


+




∆CE
lm

∆SElm




= (1 + kl)




∆Clm

∆Slm




=
3

aρave(2l + 1)

(1 + kl)

4π

∫
∆σ(θ, φ)× Plm(cos θ)




cos(mφ)

sin(mφ)


 sin θdθdφ.

(A.19)

GRACE data consists of the total geoid (geopotential) anomaly which is the sum of ∆Ctot
lm

and ∆Stotlm . To derive the surface mass load the total geopotential changes, we can express
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the relationship of surface mass and geoid as

∆σ(θ, φ) =
aρ̄ave

3

∞∑

l=1

l∑

m=0

(2l + 1)

(1 + kl)
Plm(cos θ)[∆Ctot

lm cosmφ+ ∆Stotlm sinmφ]. (A.20)

When we use GRACE data to derive water mass changes at the Earth’s surface, this last

equation is the fundamental relationship we used to derive surface mass anomaly (∆σ) from

the gravity field anomaly (observed by GRACE and represented by the ∆Ctot
lm and ∆Stotlm).

A.4 GRACE data processing

GRACE does not provide the l = 1 terms because GRACE observations are based on the

center-of-mass (CM) reference frame. With this reference frame, the degree 1 load love

number is set to -1 so that the degree 1 terms (C10,C11,S11) vanish by definition. Using

the relationship between the center of figure and the center of mass, Swenson et al. [2008]

combine the ocean and hydrological model to determine the degree 1 term. GRACE does

not include l = 0 terms. The l = 0 term would be proportional to the total mass of the

Earth (including the surface layer), and not vary with time. GRACE provides Clm,Slm for

2 ≤ l ≤ lmax. For monthly solutions

lmax = 60 Center for Space Research (CSR) at University of Texas

lmax = 120 the GeoForschungs Zentrum (GFZ) in Potsdam

Besides the degree one term, GRACE C20 coefficients (l = 2,m = 0) are usually replaced

by the Satellite Laser Ranging (SLR) observed C20 coefficients [Cheng et al., 2013]. C20

coefficients represent the oblateness of the Earth. SLR provides the longest record of oblate-

ness changes recently available since 1976. GRACE values for Clm,Slm are less accurate as l

increases. However, Gibbs phenomenon (ringing effect) can occur if we truncate at a certain

degree and order. Thus, finding a way to lower the ringing effect caused by truncation is one
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of the important processes to obtain the surface mass. A Gaussian function is usually used

to smooth the ringing effect [Jekeli, 1981], which can be described as a smoothing function

W

σ̄(θ, φ) =

∫ π

0

∫ 2π

0

W (θ, φ, θ0, φ0)σ(θ, φ) sin θ0dφ0dθ0

where W is a function of position (θ, φ), and the center of the Gaussian function (θ0, φ0).

Depending on the smoothing radius, the smoothed region is usually a few hundred kilometers

at the Earth’s surface. The Gaussian function is defined as

W (θ, φ, θ0, φ0) = W (α) =
b

2π

(
e−b(1−cosα)

1− e−2b

)

where α is the angle distance between (θ, φ) and (θ0, φ0), and b = ln2/(1−cos(R/a)) where R

is the smoothing radius. By the above definition, when α = R/a (meaning an angle distance

of R), the Gaussian function satisfies the result of 1/2×W (0) = W (R/a). By expending σ

and W into spherical harmonics, the weighted result can be written as

σ̄(θ, φ) =
aρ̄ave

3

60∑

l=2

l∑

m=0

Plm(cos θ)
(2l + 1)

(1 + kl)
Wl[Clm cosmφ+ Slm sinmφ]

where Wl are the spherical harmonic coefficients of W (α), which are




W0 = 1

W1 = 1+e−2b

1−e−2b − 1
b

Wl+1 = −2l+1
b
Wl +Wl−1




GRACE data also suffers from north-south oriented stripes when converting spherical har-

monic coefficients to spatial maps. The stripes are related to the correlation of high order

coefficients. A “destriping” procedure is usually applied to filter out this non-geophysical
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phenomenon [Swenson and Wahr, 2006].
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Appendix B

Sea Level Fingerprint

The sea level fingerprint (SLF) signal is the self-attraction and loading effect described by

the sea level equation [Farrell and Clark, 1976]. While there are many ways to solve the

sea level equation, many studies have used the Green function approach to describe the sea

level equation. In the following discussion, we use the notations in the theoretical review by

Spada and Stocchi [2005].

A Green function is defined as the solution to the following equation

LG(x, s) = δ(s− x) (B.1)

where L represents a linear operator, s − x = d describes the distance between the source

given by the delta function at s and the field position, x. The Green’s function for the

gravitational potential is given by the solution of

∇2G(x, s) = δ(s− x) (B.2)

where δ(s − x) is an impulse function at point s representing a point mass, and G(x, s) is

the geopotential caused by that point mass. By integrating with respect to s, once all point

masses are weighted by density, we can account for the full mass of the Earth. The integral
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shows a geopotential field at position x. This concept can be applied to all mass changes

including fresh water flux and the associated solid Earth (elastic and visco-elastic) changes

[Appendix G].

B.1 Surface load

Surface loading can be separated as

L(ω, t) = Ll(ω, t) + Lo(ω, t) (B.3)

where Ll represents all loading changes on land due to freshwater in the form of liquid

and ice, and Lo represents the loading changes over the ocean including tidal motion and

redistribution of mass due to internal dynamics. ω represents both longitude and colatitude

where

dw = sin θdθdλ

• Land load

Loading on land can be expressed in the form of equivalent water mass since most rapid

mass changes on land are related to waters storage change. We define the thickness of

water mass per unit area over land as

∆T (ω, t) = T (ω, t)− T0

where T represents the water equivalent thickness over unit area, and T0 represents

the temporal mean of thickness. The loading can be written as

Ll(ω, t) = ρw∆T (ω, t)
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and total mass change caused by the loading can be express as

ml(t) = a2

∫

Ωl

ρw∆T (ω, t) sin θdθdλ

= a2

∫

Ωl

Ll(ω, t)dω

= a2

∫

Ωl

σ(ω)f(t)dω

= msf(t)

where a represents the radius of the Earth and Ωl represents the area over land. Using

the method of seperation of variables, Ll(ω, t) can be expressed as load function σ(ω)

and load history f(t).

• Ocean load

For loading over the ocean, we define sea level as

SL(ω, t) = r′g(ω, t)− r′t(ω, t)

where r′g represents geoid changes and r′t represents changes in the surface of solid

Earth (surface of ocean bottom). We define sea level variation as

S(ω, t) = SL(ω, t)− SL0

where SL0 is the time mean. Loading of ocean water mass is

Lo(ω, t) = ρoS(ω, t)O(ω)

where O(ω) represents the ocean function assumed to be constant in time, which is 1

over the ocean and 0 over land.
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If we try to calculate a simplified situation where sea level is only a uniform distribution of

mass loss from land without considering self-attraction and loading, the sea level is only a

function of time and ocean function.

S(ω, t) = −mi(t)

ρoAo
O(ω)

However, in this simplified case, there is no regional sea level variation due to gravitational

changes, which we know is not accurate. We define the uniform sea level changes as barystatic

sea level changes, which also represents the global mean sea level.

B.2 Property of Green’s function

Starting with the Green’s function equation

∇2Gφ(ω, t) = δ(ω − ω′, t) (B.4)

and multiplying by L(ω′, t′) and integrating with respect to ω′ yields the total mass changes

as

∫
∇2Gφ(ω − ω′, t)L(ω′, t′)dω′ =

∫
δ(ω − ω′, t)L(ω′, t′)dA′ = L(ω, t) (B.5)

From the relation

∇2Φ(ω, t) = L(ω, t) (B.6)

where total load is L and geopotential is Φ. We conclude (based on equation (B.5) and
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(B.6)) that

∇2Φ(ω, t) = ∇2

∫
Gφ(α, t)L(ω′, t′)dA′

Φ(ω, t) =

∫
Gφ(α, t)L(ω′, t′)dA′ (B.7)

where α = ω′ − ω. We further simplify the equation by defining the notation ∗ as the

convolution, which leads to

Φ(ω, t) = Gφ ∗ L

Besides geopotential changes, solid Earth deformations can also be written in the Green’s

function, as was mentioned in section section G.4




Φ(ω, t)

U(ω, t)


 =



Gφ

Gu


 ∗ L =



Gφ

Gu


 ∗l Ll +



Gφ

Gu


 ∗o Lo

The linearity of the above result is important because it allows us to separate the sources of

loading and geopotential changes by region.

B.3 Sea level equation

As described above, we can express the sea level as

SL(ω, t) = r′g − r′t

SL0 = rg − rt

where the equation shows that sea level (SL) is defined as the difference of geoid height (r′g)

and the sea floor height (r′t). This defined sea level is also called the passive sea level since
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it does not consider the sea surface changes due to ocean dynamic. SL0 is a reference state

of sea level. Variations in the sea level are given by

S = SL(ω, t)− SL0,

= r′g − r′t − rg + rt,

= (r′g − rg)− (r′t − rt),

= N − U, (B.8)

where N represents the geoid changes and U represents the solid Earth deformation changes.

For the new geoid height (r′g), two parts must be considered

r′g = (rg + h) + c (B.9)

where rg+h is the height of the new equi-geopotential surface which has the same geopotential

value as the old geoid. The new geoid has to consider the contribution of water mass

redistribution over the ocean that causes changes of sea level. Therefore, c is describing the

equi-geopotential surface changes caused by sea level changes.

By putting (B.9) into (B.8) with first order approximation in Appendix H, the geoid and

solid Earth changes can be written as

N = r′g − rg = h+ c =
Φ(r0)

γ0

+ c,

U = r′s − rs,

and then the sea level equation can be rewritten as

S = N − U =
Φ

γ0

+ c− (r′s − rs), (B.10)
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In order to solve for constant c, water mass conservation (∆M = 0) is applied

∆M = ml(t) +

∫
Sρ0dA = 0 (B.11)

where ml is mass changes over land and ρ0 is the water density. By substitute S in equation

B.11 based on equation B.10, the mass conservation can be expressed as

ml(t) + ρ0c

∫
dA+ ρ0

∫
(

Φ

γ0

− U)dA = 0

ml(t) + ρ0cA0 + ρ0A0

(
Φ

γ0

− U
)

= 0

where A0 is the area integral and the overbar denotes the area mean. This leads to

c = −mi(t)

ρ0A0

−
(

Φ

γ0

− U
)

By substituting c in equation B.10, we have

S =

(
Φ

γ0

− U
)

+ SE −
(

Φ

γ0

− U
)

(B.12)

where SE is the barystatic sea level that we defined previously as the uniform sea level

changes due to water mass (from land) distributed uniformly

SE = −mi(t)

ρ0A0

By expressing the U and Φ in the form of a Green’s function [Appendix G], we have

U = ρ0Gu ∗O S + ρlGu ∗L ∆T (B.13)

Φ = ρ0Gφ ∗O S + ρlGφ ∗L ∆T (B.14)
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which leads to the sea level equation in the form of

S =
ρl
γ0

Gs ∗L ∆T +
ρo
γ0

Gs ∗O S + SE −
ρl
γ0

Gs ∗L ∆T − ρo
γ0

Gs ∗O S (B.15)

where

Gs

γ0

=
Gφ

γ0

−Gu

The sea level equation is an implicit equation for solving the unknown sea level [S]. Once S

is determined, one can use the Green function form of U and Φ above to solve the crustal

motion and geoid height changes separately. Since the sea level equation does not have an

analytical solution, the iterative approach is usually used to solve for the unknown S. Using

SE as a first guess of S on the right-hand side of the sea level equation, we solve S on

the left-hand side of the equation and use it as a second guess for S. The iterative process

continues until the consecutive guesses converges to a stable solution (usually converges after

2 iterations).
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Appendix C

Pseudo-Spectral Method for Sea Level

Equation

Iterating the sea level equation to calculate the sea level height changes cause by the chang-

ing mass on land.

Step(1):

calculate the mass changes in land water mass (in spherical harmonic domain)

synthc(l,m) =
∑

θ,φ

Wl
3

ρavea

1 + k(l)

2l + 1
×∆σ × Plmcos(mφ)

synths(l,m) =
∑

θ,φ

Wl
3

ρavea

1 + k(l)

2l + 1
×∆σ × Plmsin(mφ)

where

Wl =

[
Pl−1,0(1− Ω

2π
)

√
2

2(l − 1) + 1
− Pl+1,0(1− Ω

2π
)

√
2

2(l + 1) + 1

]
× 1

2
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In the spherical harmonic domain, the first coefficient (l,m = 0) is the average value of that

physical variable distributed all over the surface of the Earth.

tmass = synthc(0, 0)× ρavea

3
× 4πa2 = synthc(0, 0)× 5.97e27

where tmass (gram) means the average value of land water mass distributed all over the

surface of the Earth

Normalize synthc, synths (unit is therefore change to length)

synthc(l,m) = a× synthc(l,m)

synths(l,m) = a× synths(l,m)

Step(2):

calculate the value of ocean function in spherical harmonic domain ocfnlm

ofcnc00 =
1

4π

∫

φ

∫

θ

ocfn(θ, φ)Plmcos(mφ)× sinθdθdφ

ocnint = 4π × ofcnc00
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Step(3):

calculate the water thickness of land water mass which only distributes on the ocean surface

amass =
−tmass
ρ0a2ocnint

derive uniformly distributed sea level in the physical domain

total(θ, φ) = amass× ocfn(θ, φ)

and then calculate this uniform sea level height in spherical harmonic domain

hclm(l,m) =
1

4π

∫

φ

∫

θ

total(θ, φ)Plmcos(mφ)× sinθdθdφ

hslm(l,m) =
1

4π

∫

φ

∫

θ

total(θ, φ)Plmsin(mφ)× sinθdθdφ

Step(4) Iteration start:

calculate the total sea level corrected by elastic response and gravitational changes.

total(θ, φ) = ofcn(θ, φ)×
∑

l,m

[[
1 + k(l)− h(l)

2l + 1

3ρ0

ρave

(
hclm(l,m)×cos(mφ)+hslm(l,m)×sin(mφ)

)

+
1 + k(l)− h(l)

1 + k(l)

(
synthc(l,m)× cos(mφ) + synths(l,m)× sin(mφ)

)]
× Plm

]
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calculate the average value of the corrected sea level rint distributed all over the surface of

the Earth.

rint =

∫

φ

∫

θ

total(θ, φ)P00cos(0× φ)sinθdθdφ

calculate the difference between original uniform sea level with the corrected sea level (con-

sider elastic and gravitational effect) amass

amass =
−tmass
ρ0a2ocnint

− rint

ocnint

add the difference to the corrected sea level (consider elastic and gravitational effect)

total(θ, φ) = total(θ, φ) + amass× ocfn(θ, φ)

calculate the ”new” corrected sea level

hclm(l,m) =
1

4π

∫

φ

∫

θ

total(θ, φ)Plmcos(mφ)sinθdθdφ

hslm(l,m) =
1

4π

∫

φ

∫

θ

total(θ, φ)Plmsin(mφ)sinθdθdφ

use this spherical harmonic coefficient to start the iteration again.
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Appendix D

Meridional Overturning Circulation

The meridional overturning circulation (MOC) affects the global energy budget and global

ocean transport. Variations in the MOC can affect the cross-equator transport and the ver-

tical redistribution of water mass that contains different water density and chemical species

between the abyssal ocean and upper ocean. The variation of vertical motion is especially

important under the changing climate for two reasons. First, with the continuously warming

climate due to the energy imbalance in the Earth’s atmosphere, the ocean surface can equi-

librate with the atmosphere in terms of thermal expansion. The decreased density due to

warming at the ocean surface layer increases the stability (stratification) of the ocean, which

quickly makes the ocean reach its limit of heat storage. However, the existence of vertical

motion allows the exchange of water mass between the ocean’s upper and lower layers which

increases the heat capacity of the ocean. Second, the overturning timescale of the MOC is

on the centennial timescale. With the vertical motion, the sinking process brings dissolved

chemical species to the abyssal ocean. Pristine abyssal ocean water (which does not contain

dissolved chemical species since it has remained in the abyssal ocean) resurfaces. This allows

the ocean to continuously store chemicals in the deep ocean reservoir while bringing more

pristine water into contact with the atmosphere. For the above reasons and more, under-

standing processes that control the MOC are essential for long-term prediction of the carbon

cycle, temperature, and energy changes in the Earth System [Drijfhout et al., 2012, Meehl
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et al., 2013, Winton et al., 2012, Marshall et al., 2014a,b, Kostov et al., 2014].

The meridional overturning circulation (MOC) can be separated into four distinct branches.

First is the upper branch which involves the formation of the sinking regions due to density

changes of the water mass. Second is the sinking branch. The third is the upwelling branch

which involves the mechanism of abyssal water resurfacing. The final branch is the returning

current which brings the water back to its origin at the surface. Within all major ocean

basins, the Atlantic basin has the largest meridional overturning circulation. It extends from

pole to pole which includes the sinking processes at both pole regions. A brief introduction

of the important mechanisms of Atlantic MOC (AMOC) will be described in the following

sections.

D.1 Mechanism of buoyancy driven circulation

Meridional overturning circulation can exist solely due to the surface buoyancy changes

from the tropics to poles. For AMOC, one sinking region is located near Greenland due

to the freshwater flux from ice melt and water density changes along the pathway from the

equator to the north pole. The density increases due to warm water evaporating into the

cold atmosphere, which decrease the water buoyancy [Kuhlbrodt et al., 2007]. The sinking

branch near Greenland forms the north Atlantic deep water (NADW). The other sinking

branch is located close to the Antarctic Ross Sea and the Weddell Sea. The density also

increases due to brine rejection (which is the process of salt being pushed out during sea

ice formation) and wind-induced evaporation near the polynyas around Antarctica. The

rejected salt dissolves within the ocean water while the cold surface winds blowing off the

Antarctic continent result in the existence of polynyas, which creates strong evaporation due

to warm ocean water being in contact with the cold surface wind. Both effects result in

increasing ocean water density near the sea ice and ice shelf. The Antarctic sinking branch
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forms the Antarctic bottom water (AABW) which is the densest water when compared to

other deep water masses. A detailed discussion of the dynamic and kinetic aspects of the

buoyancy driven circulation is provided in Appendix I.

D.2 Mechanism of wind-driven circulation

While the two sinking branches meet within the Atlantic basin, AABW is located deeper

than the NADW due to higher density. The two branches join together to resurface in the

Southern Atlantic through vertical diapycnal mixing and upwelling along the poleward tilting

isopycnal line. This tilting isopycnal line is a result of the balance between strong westerly

winds and mesoscale eddy transports [Marshall and Radko, 2003, Thompson, 2008]. Due

to the strong westerly wind (the wind from the west) located near 40◦S to 50◦S, a strong

equatorward Ekman transport is established underneath the westerly wind with smaller

transport north and south of the wind. This difference in Ekman transport creates the

convergence north of the westerly wind and divergence to the south. The divergence at

the surface pulls up the dense water while the less dense surface water converges at the

north. This process produces isopycnal that tilts upward towards the poles. The tilted

isopycnal surface stores potential energy which is released through baroclinic instability. It

is the balance between Ekman transport and eddy transport that establishes the steady

state of the tilted isopycnal surface. This steady state provides the channel for deep water

to resurface without the need of excess energy to cross the isopycnal surfaces.

D.3 Atlantic meridional overturning circulation

With the combined effects of surface density and surface wind forcing, meridional transport

is established in the Atlantic sector. At intra-annual to inter-annual timescales, AMOC is
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thought to respond to the local wind stress forcing. At the decadal to centennial time scale,

AMOC responds to a more complex interaction between the wind forcing and buoyancy

forcing.

The two cell overturning circulation is most significant when the transport is zonally av-

eraged. There are, however, small-scale localized mechanisms affecting the individual cur-

rents. For buoyancy forcing at the surface, east of the Grand Bank is a critical region. This

is the place most studies focus on due to the interaction between the North Atlantic Cur-

rent, Labrador current, and the Gulf stream. Besides the convergence of different currents,

this region is also the boundary of subtropical and subpolar gyres. While the Gulf stream

brings warm water northward, it is confined in a narrow current at the western boundary

[Appendix J]. The warm Gulf stream, which detaches from the coast at Cape Hatteras, me-

anders until it encounters the cold Labrador current. The cold southward Labrador current

is the western boundary current due to the positive vorticity input in the subpolar gyre. The

joined current forms the North Atlantic Current, and continue to meander north-eastward

[Rossby, 1999]. The North Atlantic current eventually separates to northward and south-

ward parts. The zonal mean of the above-mentioned currents forms the upper branch of the

AMOC.

In the North Atlantic, intense mixing and cooling at the high latitude ocean result in the

sinking of dense water. Based on the buoyancy forcing mechanism mentioned previously,

the buoyancy forcing at the surface results in a localized sinking region and a basin-wide

upwelling elsewhere. With a first order approximation in the conservation of potential vor-

ticity (f/h), ocean interior mass moves poleward (an increase f) to overcome the stretches

(an increase of h) due to the basin-wide upwelling. Due to the increasing planetary vorticity,

while moving poleward (which further increase the absolute vorticity), a fast equator-ward

western boundary current must exist to maintain the conservation of both mass and vortic-

ity [Stommel et al., 1958]. This equatorward boundary current at depth also called Deep
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Western Boundary Current (DWBC), is proven to exist in recent observations, which is gen-

erally greater than the interior flow [Fischer et al., 2004, Dengler et al., 2006, Schott and

Brandt, 2013]. DWBC has since thought to be the dominant pathway for the lower branch

of the AMOC, which transports dense water away from the sinking region [LeBel et al., 2008,

Rhein et al., 2015]. However, recent studies find that a large portion of floats released in the

Labrador sea reach the subtropic gyre through the ocean interior instead of DWBC [Bower

et al., 2009, Gary et al., 2011]. The mechanism of the interior pathway is explained with the

help of the eddy-resolving model, which is related to eddy generated from the instability of

the Gulf stream and North Atlantic Circulation [Gary et al., 2011].

The improvement in model simulation due to improved understanding of the mechanism

keeps showing new possibilities and control factors that can affect the AMOC. Improved

in-situ measurements in recent years are important for the recent advance. In the past, a

hydrographic transect was used to acquire a snapshot of the current under the assumption

of a stable geostrophic current [Bryden et al., 2005]. However, a recently established array

across the Atlantic basin (RAPID-MOC/MOCHA array) shows high-frequency variabilities

within the observed time series [Kanzow et al., 2007, Cunningham et al., 2007]. The high-

frequency variations show that the inaccurate assumption of stability results in signal aliasing

when using the measurements from hydrographic transects. Improved remote sensing also

provides larger spatial coverage with continuous measurements. By combining Argo profiling

floats and satellite altimetry, Willis [2010] has shown the possibility of estimating the deep

shelf AMOC with the assumption that it is dominated by the first baroclinic mode in sea

surface height observed by the altimeter. Landerer et al. [2015] use the GRACE satellite

observed ocean bottom pressure to derive the lower branch of the AMOC transport. Many

other locations have also established in-situ measurement systems like the RAPID array to

provide more spatial coverage. For example, Line W off the coast of New England, 53◦N near

the exit of Labrador sea, and MOVE array located at 16◦N, are all of critical importance in

measuring AMOC variabilities.
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The complexity of the overturning circulation shows the need for further research. Different

mechanisms at different time scales have various roles in the circulation. Here in our work,

we want to discuss one of the neglected mechanisms of AMOC variability. The contribution

from SLF to AMOC variations have never been considered in any simulation or literature

before. We provide the SLF related influence on AMOC at different time scales with the use

of GRACE estimates.
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Appendix E

Gravitational Potential

Gravitational potential represents the work to move a unit mass (m) from the center of mass

of M to a certain location. Assuming the center of mass of M is located at the origin of a

fixed reference frame, and the unit mass m is at ~x.

M

m

�x

~F is the gravity of M acted on m

~F = −GMm
|~x|2 x̂ = m~g(~x)

~g(~x) = ∇V (~x)

V is scalar representing the gravitational po-

tential

V (~x) =
GM

|~x|

With a more complex situation when M is not at the origin,
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M

m

�x

�x0

�x − �x0

we can again write the gravitational potential

as

V (~x) =
GM

|~x− ~x0|

with M located at ~x0

Now, with M representing a point mass located within a spherical mass, we can simply in-

tegrate all the point mass in the sphere to describe the total gravity potential of all point

mass (assuming center of the sphere is at the origin)

Earth

�x0

�
Volume = dV0,
Mass = ρ(�x0)dV0

For each M at ~x0 within the sphere, sum of all

gravity potential is

V (~x) =

∫

earth

Gρ(~x0)

|~x− ~x0|
dV0

where

∫

earth

dV0 =

∫ a

0

r2
0dr0

∫ π

0

sinθ0dθ0

∫ 2π

0

dφ0

θ0 is co-latitude (π−latitude), φ0 is eastward

longitude, r0 is the distance from the center of

the sphere, a is the maximum radius.
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Appendix F

Spherical harmonic

Since geoid (gravitational potentail/geopotential) is defined on a sphere, we want to describe

the previous potential energy V in the form of spherical harmonic coefficent. Suppose a

function f(θ, φ) is defined over a sphere, where





0 ≤ θ ≤ π

0 ≤ φ ≤ 2π

then there exist coefficients f clm and f slm, such that

f(θ, φ) =
∞∑

l=0

l∑

m=0

Plm(cos θ)[f clm cosmφ+ f slm sinmφ]

where

Plm(x) = Alm
1

2ll!
(1− x2)m/2

dl+m(x2 − 1)l

dxl+m

represents the normalized Legendre polynomial and the Alm are

Alm =

√
2l + 1

4π

(l −m)!

(l +m)!
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The basis of spherical harmonics are constructed by Plm(cos θ) × cosmφ and Plm(cos θ) ×

sinmφ, where

∫ π

0

∫ 2π

0

P 2
lm(cos θ)





cos2mφ

sin2mφ
sin θdφdθ = 4π

, and

∫ π

0

∫ 2π

0

PlmPl′m′(cos θ) cosmφ cosm′φ sin θdφdθ = 0, (if l 6= l′ or m 6= m′)

∫ π

0

∫ 2π

0

PlmPl′m′(cos θ) sinmφ sinm′φ sin θdφdθ = 0, (if l 6= l′ or m 6= m′)

As for the resolution in the spatial domain, it is equal to the half-wavelength at the earth’s

surface divided by the maximum degree lmax

≈ 20000

lmax
km

If f also depends on radius(r), then

f(r, θ, φ) =
∞∑

l=0

l∑

m=0

Plm(cos θ)[f clm(r) cosmφ+ f slm(r) sinmφ]

coefficients f clm(r) and f slm(r) are function of radius(r).
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Appendix G

Geopotential - Green’s function

G.1 Point mass in geopotential

A point mass can be express as

µ(t) = δ(t)∆m

where δ(t) indicates the impulse mass load changes with time on the surface of solid Earth,

∆m indicates the mass of the loading.

Based on Newton’s 2nd law, gravity potential due to point mass can be expressed as

φr(d, t) =
Gµ(t)

d
(G.1)

which





d = 2a sin(α/2)

G = a2γ0/me

µ(t) = δ(t)∆m
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where γ0 is g=9.8. By putting all the above variables into (G.1), we can get

φr(α, t) =
a2γ0/me × δ(t)∆m

2a sin(α/2)
=
aγ0 × δ(t)∆m
2me sin(α/2)

(G.2)

here we simplified the question to two dimension with radial and colatitude (r,α), so the

distance (d) can be substituted by the angular distance (α). First, with equation (B.2),

the Green’s function for our geopotential problem with point mass ∆m has the following

relationship between φr(α, t) and G(α, t)

φr(α, t)

∆m
= Gr

φ(α, t) (G.3)

thus G(α, t) can be describe as

Gr
φ(α, t) =

aγ0δ(t)

2me sin(α/2)
(G.4)

Equation (G.2) can be further express into a simpler form by using Legendre polynomial

while

∞∑

l=0

Pl(cos(α)) =
1

2 sin(α/2)
(G.5)

By putting (G.5) into (G.4), unit point mass’s gravity potential can be express as

Gr
φ(α, t) =

aγ0δ(t)

me

∞∑

l=0

Pl(cosα) = δ(t)
∞∑

l=0

φrlPl(cosα) (G.6)

where φrl is aγ0/me. This means the gravity potential amplitude is constant (flat spectrum).
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G.2 Elastic response in geopotential

Elastic deformation from Earth is a instantaneous response act on surface of solid Earth.

Two properties determines the elastic deformation. First is surface of solid Earth should

be temporally in phase with the point mass that causes the deformation. Second is load

deformation coefficient(LDC) of elastic response which determines the degree of deformation

due to the point mass. Based on the first property, we can describe the elastic response as

Ge
φ(α, t) = δ(t)

∞∑

l=0

φelPl(cosα)

which shows that elastic response can use the same Legendre’s polynomial expansion (spatial)

and delta function (temporal) to express the deformation except for amplitudes (φel ). Based

on the second property, the amplitude is linearly proportional to the loading

φel = kel φ
r
l

where kel is the LDC. Therefore, the gravity potential cause by elastic response can be express

as

Ge
φ(α, t) = δ(t)

∞∑

l=0

kel φ
r
lPl(cosα) (G.7)

G.3 Viscoelastic response in geopotential

Considering the two loadings above and viscoelastic response of solid Earth (Gv
φ(α, t)), we

describe the total geopotential due to unit mass (Green’s function) as

Gφ(α, t) = Gr
φ(α, t) +Ge

φ(α, t) +Gv
φ(α, t) (G.8)
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Viscoelastic response is a delayed (large time scale) response from solid Earth’s mental

movement, which can be describe as

Gv
φ(α, t) = H(t)

aγ0

me

∞∑

l=0

(
M∑

i=1

kl,ie
(slit))Pl(cosα) (G.9)

where H(t) is representing the delay response, and the summation of index i is indicating

how many vertical layers in solid Earth is account for the viscoelastic response. One can

also notice the exponentially decreasing with respect to time on LDC. sli is related to the

decreasing time scale of viscoelastic response.

Considering all gravity potential cause by point mass, elastic response, and viscoelastic

response from solid Earth, equation G.8 can be written in the form of Legendre’s polynomial

as

Gφ(α, t) =
aγ0

me

[
δ(t)

∞∑

l=0

(1 + kel ) +H(t)
∞∑

l=0

(
M∑

i=1

kl,ie
(slit))

]
Pl(cosα) (G.10)

G.4 Solid Earth response in deformation

Surface height can also express in the form of Green’s function as long as we know the

information of density which establishes the relationship between surface height changes and

mass changes. For solid Earth height changes, only elastic and viscoelastic affects the

response of solid Earth.

Besides the vertical changes of height (radial changes), the elastic and viscoelastic responses

also change the horizontal distance (α). We describe the changes in the vector form

~u(α, t) = Gu(α, t)r̂ +Gv(α, t)α̂ (G.11)
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where r̂ is the direction of increasing radius and α̂ is in the horizontal direction away from

the point mass.

For elastic response, we can describe the changes as

Ge
u(α, t) = δ(t)

∞∑

l=0

ulPl(cosα)

Ge
v(α, t) = δ(t)

∞∑

l=0

vl
∂Pl(cosα)

∂α

where derivative of Pl is a linear combination of Pl and Pl−1, therefore it can still represent

a complete basis. The amplitude is proportional to gravity potential of point mass

ul = hel
φrl /(me∆m)

γ0

vl = lel
φrl /(me∆m)

γ0

while γ0 is gravity acceleration (9.8 m/s2), hel and lel are dimensionless factors. This create

the

φrl /(me∆m)

γ0

=
a

me

Combining all the equation above, we get

Ge
u(α, t) = δ(t)

a

me

∞∑

l=0

helPl(cosα)

Ge
v(α, t) = δ(t)

a

me

∞∑

l=0

lel
∂Pl(cosα)

∂α

This leads to the result of

~U(α, t) = ∆m~u(α, t) = ∆mGu(α, t)r̂ + ∆mGv(α, t)α̂ (G.12)
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For viscoelastic response, we can also describe the changes as

Gv
u(α, t) = H(t)

a

me

∞∑

l=0

(
M∑

i=1

hl,ie
(slit))Pl(cosα)

Gv
v(α, t) = H(t)

a

me

∞∑

l=0

(
M∑

i=1

ll,ie
(slit))

∂Pl(cosα)

∂α

notice sli is exactly the same as the Green’s function of viscoelastic response in terms of

gravity potential.

Combining both elastic and viscoelastic effects, we can get

Gu = Ge
u +Gv

u

Gv = Ge
v +Gv

v

and by putting all the above Green’s function related to solid earth deformation in terms of

Legendre polynomials

Gu(α, t) =
a

me

[
δ(t)

∞∑

l=0

(hel ) +H(t)
∞∑

l=0

(
M∑

i=1

hl,ie
(slit))

]
Pl(cosα)

Gv(α, t) =
a

me

[
δ(t)

∞∑

l=0

(lel ) +H(t)
∞∑

l=0

(
M∑

i=1

ll,ie
(slit))

]
∂Pl(cosα)

∂α
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G.5 Geopotential and deformation in Green’s function

We can write the above responses in both gravity potential and deformation as

Gφ(α, t) =
aγ0

me

∞∑

l=0

[
δ(t)(1 + kel ) +H(t)(

M∑

i=1

kl,ie
(slit))

]
Pl(cosα)

Gu(α, t) =
a

me

∞∑

l=0

[
δ(t)

∞∑

l=0

(hel ) +H(t)(
M∑

i=1

hl,ie
(slit))

]
Pl(cosα)

Gv(α, t) =
a

me

∞∑

l=0

[
δ(t)

∞∑

l=0

(lel ) +H(t)(
M∑

i=1

ll,ie
(slit))

]
∂Pl(cosα)

∂α

Combining the elastic (time-invariance) and viscoelastic (time-variance) LDC




kl(t)

hl(t)

ll(t)




= δ(t)




1 + kel

hel

lel




+H(t)
M∑

i=1




kl,ie
slit

hl,ie
slit

ll,ie
slit




the expression can thus be simplified as




1
γ0
Gφ

Gu

Gv




=
a

me

∞∑

l=0




kl(t)

hl(t)

ll(t)



×




1

1

∂
∂α



Pl(cosα)
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Appendix H

Geopotential and Geoid height changes

Now, let us take one step back and look at the definition of the equi-geopotential surface that

defined the geoid height. Due to the asymmetric shape of the Earth, gravity acceleration at

the Earth’s surface can have both radial and lateral accelerations

~g = grr̂ + gtt̂ (H.1)

where

gr = γ(r) + δgr =
Gme

r2
+ δgr

gt = δgt

If we define total geopotential as W (ω, t) (where geopotential anomaly is Φ(ω, t)), accelera-

tion can also be expressed as the gradient of total geopotential

~g = ∇W (H.2)
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where

gr = −∂W
∂r

Geoid is defined as equipotential surface which is the same as mean sea level (which means

not including dynamic ocean). Therefore, we can also state the geoid (equipotential) surface

at two different stage as

W ′(r′g) = c′

W0(rg) = c0

where W0 is a reference state. Now, let’s try to prove an interesting relation that will be

useful for the derivation of sea level equation by using the concept of equipotential.

W (req + ε) ' W (req) + ε
∂W

∂r
|req

= W (req) + ε(−gr)

= W (req) + ε(−γ(req) + δgr)

' W (req)− εγ(req) (H.3)

This result is implying that the equipotential surface at req plus a small height ε can give

us another equipotential surface, as long as the height ε is small enough when comparing to

radius of the Earth.

By assuming fixed shoreline, we can find rg + h (reference state geoid + small height) at a

certain time having the same geopotential value as rg (reference state geoid). This can be
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described as

W ′(rg + h) = W0(rg) (H.4)

With the help from (H.3), W ′(rg + h) can be rewritten as

W ′(rg + h) = W ′(rg)− hγ0 (H.5)

where γ0 = γ(r0). Combining (H.4) and (H.5), we can get

hγ0 = W ′(rg)−W ′(rg + h)

hγ0 = W ′(rg)−W0(rg)

h =
W ′(rg)−W0(rg)

γ0

h =
Φ(rg)

γ0

' Φ(r0)

γ0

(H.6)
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Appendix I

Buoynacy driven meridional circulation

The buoyancy forcing is the important mechanism of generating the sinking branch. Buoy-

ancy forcing along at the surface can generate an overturning cell. Let’s take a look at the

governing equations of a simplified 2-D y-z plane with buoyancy forcing at the surface.

Dv

Dt
=

1

ρ0

∂p

∂y
+ ν∇2v (I.1)

Dw

Dt
=

1

ρ0

∂p

∂z
+ b+ ν∇2w (I.2)

Db

Dt
= κ∇2b (I.3)

∂v

∂y
+
∂w

∂z
= 0 (I.4)

where b represent the buoyancy term (ρ′/ρ0)g. The Coriolis force is not in the equation

because we are on the 2-D plane with no x component. The only forcing of the circulation

is the surface buoyancy forcing at z = 0. From the governing equation, we understand the

only driven force to change b is controlled by the diffusivity κ. Diffusion term (in the form of

the second derivative of b) only smooth the b field over the domain. Therefore, the density

range within the entire domain is not possible to exceed the range of surface buoyancy

forcing. Here, we assume the nonlinear effect from the state equation is small (mixed water

sometimes might result in larger density than the two water mass before mixing). With the

surface forcing set at a constant but linear decrease in buoyancy on the y direction to mimic

138



the decreasing temperature and/or increasing evaporation from tropic to pole, the forcing

minimum at the surface results in the formation of the sinking region. The sinking process

is a result of the turbulent plume with environment entrainment of larger buoyancy. The

sinking process forces the deep water being replaced and upwelled. This process continues

to fill the interior domain with water that has b only a little bigger than the minimum b

at the surface forcing. In addition, a surface layer is formed with a strong b gradient in

the z direction which is the location of the thermocline. As for the sinking region, vertical

convection is localized to the minimum surfaced forced b as the domain interior b becoming

small and only slightly larger than the surface minimum value. The circulation of this forced

system will never reach stationary since the forcing at the surface is continuously generating

a baroclinic state where isobar is never aligned with isopycnal line.

Through a simple scale analysis, we can estimate the order of thermocline depth at the steady

state. The analysis helps to understand if the buoyancy forcing along is enough to explain

the overturning circulation in the Atlantic basin with realistic buoyancy distribution over

the domain. Let’s first define the stream function in the y-z plane to describe the circulation

in a scaler function with

v = −∂ψ
∂z
, w =

∂ψ

∂y

which can also be express as

ψ(y, z) =
1

T

∫ t0+T

t0

∫ xw

xe

∫ z=0

z

vdzdxdt (I.5)

where xe and xw are the basin boundary on the east and west, respectively. Eq. I.5 de-

scribes the vertically integrated transport from surface to the depth z in y direction with

positive(negative) indicating northward(southward) transport. With the stream function,
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we can describe the momentum equation in the form of vorticity (ζ = vz − wy)

∂ζ

∂t
+ J(ψ, ζ) =

∂b

∂y
+ ν∇2ζ (I.6)

and buoyancy equation can be written as

∂b

∂t
+ J(ψ, b) = κ∇2b (I.7)

advection term can be written as Jacobian because of the incompressibility vy + wz = 0. In

scale analysis, Eq I.7 in steady state (bt = 0) can be written as

ψb

LH
≈ κb

H2
(I.8)

with this scale analysis, we can also describe ψ in term of

ψ ≈ κL

H
(I.9)

while Eq I.6 in steady state (ζt = 0) can be written as

ψ2

H3L
≈ ∆b

L
(I.10)

Here ∆b is representing the small horizontal difference of buoyancy changes due to the surface

forcing. With the scale analysis of ψ, we know at a fix aspect ratio (H/L), diffusivity (κ)

determine the strength of the circulation. H which is representing the thermocline depth

(since at steady state the large gradient in b is located only above the thermocline while

layer below is filled with low buoyancy close to sinking region forcing.) can be written as

H ≈ κ2/5L2/5∆b−1/5 (I.11)
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With realistic κ = 10−5(m2/s), L = 10000(km), and ∆b = 0.1(m/s2), we have a unrealistic

H = 10(m). From the scale analysis, we know there are still missing mechanism not being

considered for the overturning circulation.

Besides the scale analysis, kinetic energy equation derived from momentum equation also

helps to understand the constrain of the circulation with whole domain integration. We

multiple eq.(I.1) and eq.(I.2) with v, w, respectively.

1

2

∂

∂t
u2 = −∇ ·

(
u

(
p

ρ0

+
1

2
u2

))
+ wb+ νu · ∇2u (I.12)

At steady state, time derivative term becomes zeros. The advection term and pressure gra-

dient term are zeros after multiple the velocity under area integration (divergence theorem).

The balance is between the remaining two terms as

{wb} = ν{∂v
∂z

2

+
∂w

∂y

2

} (I.13)

where {} represents the whole domain averaging. Since right hand side is always positive,

two variable (w, b) representing vertical buoyancy term are on average the same sign. The

balance shows that the release of potential energy ({wb}) to kinetic energy is dissipated by

viscosity (ν).

To further study the relation between kinetic and potential energy transfer, we first describe

how the two energy changes with time. Potential energy can be described as

{D(bz)

Dt
} = {zDb

Dt
}+ {bDz

Dt
} (I.14)

while kinetic energy from Eq.I.12 can be rewritten as

{D(K)

Dt
} = {wb} − ν{∂v

∂z

2

+
∂w

∂y

2

} (I.15)
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with the energy converting between kinetic and potential energy with the help of term {wb},

we can combine the two equation to

D

Dt
{K − (bz)} = −{zDb

Dt
} − ν{∂v

2

∂z
+
∂w2

∂y
} (I.16)

at steady state

{zDb
Dt
} = −ν{∂v

2

∂z
+
∂w2

∂y
} < 0 (I.17)

The relation of the two terms show that the dissipation of energy is balanced with the buoy-

ancy anomalies which are negatively correlated with depth (assume z < 0 in the ocean).

Since the two terms should always be negative, the buoyancy anomalies should be positive

(warmer) when it is deeper. With a further look at the buoyancy anomaly term, we under-

stand that the buoyancy generated in the domain integrate can only come from the diffusion

term. This analysis shows the buoyancy source is coming from the diapycnal turbulent mix-

ing between the surface high buoyant and deep low buoyant water. A similar conclusion can

be achieved by looking at the spatially integrated buoyancy equation at steady state.

wb = κ
∂b

∂z
(I.18)

where over-line indicate the horizontal integration, this relation applied to all depth. The

relation of wb basin scale overturning is balanced by the local buoyancy turbulent mixing.

The cross-scale interaction is the most important concept to keep in mind when looking at

the overturning circulation which is very different from the typical turbulent fluid where

smaller κ only makes turbulent motion moved to smaller spatial scale.

In summary, viscosity caused eddy is balanced with vertical motion (wb) based on momentum

equation (kinetic equation). The residual energy is the difference between viscosity eddy

energy and buoyancy diffusivity. Therefore, at steady state, the two should compensate
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each other. Based on buoyancy equation, on the other hand, the balance at steady state is

between buoyancy diffusion and vertical motion (wb).
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Appendix J

Western Boundary Current

Western boundary current can be derived from the geostrophic balance and incompressibility

−fv = −1

ρ

∂p

∂x
(J.1)

fu = −1

ρ

∂p

∂y
(J.2)

∂u

∂x
+
∂v

∂y
+
∂w

∂z
= 0 (J.3)

through combining the momentum equations by removing the pressure gradient force with

derivative, and substituting the 2-D horizontal divergence with the derivative of vertical

velocity result from incompressibility, we can rewrite the above three equation into one

βv = f
∂w

∂z
(J.4)

where β = df/dy describes the Coriolis parameter f changes with latitude. This balance is

called the Sverdrup balance. We can then integrate the equation along z direction to derive

the total column transport V (Sverdrup transport)

βV = f(wEk − 0) (J.5)
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where wEk represents the vertical velocity of the entire surface layer due to Ekman pump-

ing/suction

wEk = ∇× (
τ

ρf
) (J.6)

where τ is the wind stress at the ocean surface. The Sverdrup balance shows how the total

column transport (V ) is controlled by the wind stress curl at the surface. Based on the

balance, there is a southward transport (V < 0) at the interior of the ocean due to subtrop-

ical gyre where the Ekman suction (wEk < 0) locates. The steady state based on Sverdrup

balance should satisfy both mass and vorticity conservation. While the interior ocean is hav-

ing a southward transport due to Sverdrup balance, a northward transport at the boundary

is needed to satisfy the mass conservation over the subtropic gyre region. Though both

boundaries can offer the northward transport, only western boundary northward transport

accompanied with eastern boundary southward transport provide enough positive vorticity

to balance the negative vorticity forced by the wind stress.
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