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ABSTRACT OF THE DISSERTATION 

Improving Snow Processes in WRF/SSiB Regional Climate Model to Investigate 
Aerosols-in-Snow Impacts over North America and Sub-Regions 

 
 

by 
 
 

Catalina Monica Oaida 
Doctor of Philosophy in Atmospheric and Oceanic Sciences 

University of California, Los Angeles, 2014 
Professor Yongkang Xue, Chair 

 
 

Two important factors that control snow albedo are snow aging (grain growth) 

and presence of light-absorbing impurities (aerosols) in snow. However, most current 

regional climate models do not include such processes in a physically-based manner in 

their land surface models, which can have serious implications to simulated surface 

energy and water budgets, and ultimately to water resources and regional climate. We 

improve snow albedo calculations in the Simplified Simple Biosphere (SSiB) land 

surface model coupled with the Weather Research and Forecasting (WRF) regional 

climate model (RCM), by incorporating the SNow ICe And Radiative (SNICAR) 

scheme. SNICAR is a snow radiative transfer model that simulates snow albedo 

evolution due to snow grain growth and presence of aerosols in snow in a physically-

based manner. The land surface model is further modified to account for deposition, 

movement, and removal by meltwater of such impurities in the snowpack. The newly 

modified SSiB-3 land surface model (LSM) is validated offline with in situ observations 

at a location in Western U.S. (WUS), and shows significant improvements in simulated 

snow albedo and depth when dust in snow is considered, and reproduces snow grain size 

and vertical distribution of dust in snow that are comparable to those observed.  
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The online, coupled version of the new model, WRF/SSiB-3/aer, is then 

employed to conduct two 10-year long simulations over North America – aerosols-loaded 

(AER) snow and clean snow (NOAER) cases – to investigate the impact of aerosols in 

snow (AIS) on surface energy (SEB) and water (WB) budgets on a regional scale. 

GOCART surface aerosol deposition data is used in AER scenario. Comparisons between 

AER and NOAER simulations reveal albedo is reduced the most during the ablation 

period in the presence of AIS, inducing a surface radiative forcing (RF) ranging 8.5 W/m2 

over WUS to 13.6 W/m2 over NCan during MAM and MJJ (10-year means), respectively, 

but as high as 65 W/m2 during peak ablation. This corresponds to an increase in skin 

temperature (TSK) of 0.5 °C and a subsequent spring snow mass reduction ranging 12 - 

45 mm in the aerosol-loaded snow case. Changes found in our study are higher than those 

found by GCM simulations, RF being an order of magnitude large in our RCM 

simulation, for example. On a sub-regional scale, our simulations reveal mountainous 

areas like the Sierra Nevada and Rockies see larger changes in TSK, runoff, and soil 

moisture (SM) due to AIS at higher elevation during the spring season. Furthermore, the 

Sierras see a net decrease in SM, which we show can have implications to wildfire 

vulnerability, while in the southern Rockies AIS cause shifts in runoff timing (9-year 

mean of 3.5 days earlier). 
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Part I 
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Introduction 

 

1. Importance of snow albedo 

Surface reflectance, or albedo, is one of the most important components in the earth’s 

surface energy budget since it controls the amount of energy that is absorbed at the 

surface. Because the albedo of snow is significantly different from that of snow-free 

surfaces, snow albedo and snow cover extent have a significant influence on the regional 

and global energy budget through their interactions with surface air temperature, as 

described by the snow-albedo feedback (e.g. Robock, 1985). First, the snow cover is 

reduced if surface air temperature increases, thus reducing the surface albedo. Second, a 

warmer surface air temperature leads to snow metamorphism. Melting snow has a lower 

albedo than dry frozen snow (Robock, 1980). A lower albedo from both of these 

feedbacks means more energy is absorbed at the surface, causing a further increase in 

temperature. Because snow albedo modulates snow cover extent, it pays a main role in 

influencing the strength of the snow-albedo feedback (Qu and Hall, 2007). 

 

Many factors influence snow albedo, including snow grain size and impurities in snow 

(Wiscombe and Warren, 1980; Warren and Wiscombe, 1980). It’s been long known that 

snow grain size has a great influence on snow albedo, with older, larger snow grains 

allowing more solar radiation to pass through, be multi-scattered, increasing absorption 

within snowpack, and ultimately lowering snow albedo (Wiscombe and Warren, 1980). 

Additionally, impurities in snow such as mineral desert dust and black carbon (soot) 

drastically change its albedo, lowering it in the visible part of the spectrum (Warren and 
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Wiscombe, 1980). Aerosols-in-snow can lower surface albedo three-fold, (1) through the 

presence of the aerosol itself in the snow (direct effect), (2) by causing larger snow grains 

due to accelerated snow metamorphism from snowpack heating (first indirect effect), and 

(3) by exposing darker substrate earlier due to the previous two effects (second indirect 

effect) (Painter et al., 2007; Hansen and Nazarenko, 2004). Sensitivity studies have 

shown that impurities in snow, by changing albedo, have an impact on snow melt timing 

and amount (e.g. Flanner et al., 2007; Qian et al, 2009; Painter et al., 2010). This not only 

works to amplify snow-albedo feedback and further affect snowpack state and hydrologic 

cycle, but it also affects runoff timing and amount, which is of great concern from a water 

resources perspective (e.g. Leung et al., 2003; Painter et al., 2007). 

 

2. Increase in aerosols-in-snow in North America 

In situ measurements as well as satellite observations have been documenting the 

emission and transport of both mineral dust and black carbon, and their deposition on 

mountain snowpacks world-wide (e.g. Thompson et al., 2000). Studies in the last couple 

of decades suggest that land use change due to human activity has an impact on wind 

erosion of soils around the world, which leads to the generation of dust (e.g. Belnap and 

Gillette, 1998; Liu et al., 2007; Neff et al., 2008). In Western U.S., evidence shows as 

much as eight times more dust flux in the last 150 years compared to the prior several 

millennia, suggesting that the westward expansion at the end of the 19th century that 

brought with it livestock grazing and agricultural practices causes a disturbance of the 

soil (Neff et al., 2008). Studies have shown that disturbed soils due to grazing by 

domestic livestock in this area consistently produced 2.8 times more sediment than 
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undisturbed soils (Belnap et al., 2009), increasing dust emission from those areas. 

Agricultural practices and grazing by animals disrupt the biological soil crusts formed at 

the top of soil surface from living organisms and their products, and therefore affect soil 

surface stability and the soil’s ability to resist wind erosion. While sources for dust found 

in the southern Rockies snow cover are both domestic and global, physical and isotopic 

properties of the dust suggest that the dominant source is the southwest U.S. rather than 

Asian dust. Satellite images of dust plumes from the deserts of southwest U.S. support 

these findings (Neff et al., 2008; Li et al., 2013). Reduced plant cover during drought 

years also plays a role in soil surface stability, but it has been shown that it is not as 

important as biocrust state (Belnap et al., 2009). However, anthropogenic climate change 

is likely to amplify the importance of vegetation cover and drought since models from the 

Fourth Assessment Report of the Intergovernmental Panel on Climate Change (IPCC) 

predict a transition to a more arid climate in areas like southwest North America (Seager 

et al., 2007). Increased drought occurrences coupled with disturbed soils from land use 

changes are likely to cause a rise in regional dust emission.   

 

3. Snow Microphysics in Models 

Given the importance of snow on the hydrological cycle, water management, regional 

climate, and general circulation, it is crucial to accurately represent snow albedo and 

related processes in weather and climate models.  

 

3.1    Snow Grain Size (i.e. Snow Aging) 
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Ice is a strong absorber in the near-infrared (NIR), but is weakly absorptive in the visible 

(VIS). The NIR albedo of pure snow is very sensitive to snow grain size (e.g. older, 

bigger grains reduce albedo) and moderately sensitive to solar zenith angle, whereas the 

pure snow VIS albedo is rather insensitive to variations in model parameters (Wiscombe 

and Warren, 1980). It is also important to note that radiation penetrates deeper into a pack 

of older snow that has larger grains. In other words, the depth at which snow becomes 

“effectively” semi-infinite” increases with grain size (Wiscombe and Warren, 1980). 

Since snow grain size is so important in determining the albedo and radiative processes of 

snow, it is important to represent snow aging in models as realistically as possible. 

Sensitivity studies using physically-based snow models have shown that initial grain 

growth is nonlinear and depends on snowpack temperature, initial size distribution, 

vertical temperature gradient, and snow density, with the temperature gradient having the 

largest impact on broadband snow albedo (Flanner and Zender, 2006). The strong 

dependence of snow aging on the temperature gradient in the snowpack, when not 

considered in current climate models can lead to an inaccurate representation of snow 

albedo evolution. A poor representation of radiative transfer in snow and that of snow 

albedo has serious implications for simulating snowmelt timing, which would amplify 

biases through snow-albedo feedback (Flanner and Zender, 2005). Also, because near-

surface air temperature and snow temperature have an impact on snow grain 

development, and since it is projected that temperatures will rise in the future, including 

snow aging in simulating snow process (which influence surface energy balance) allow 

us to account for the effects of a warming future climate on snow processes (with or 

without aerosols involved), the surface energy balance, and consequently on climate. 



	   6 
 

 

3.2   Aerosols in snow 

When aerosols are present in snow, they can decrease the snow albedo in the visible by 5-

15% from the value of pure snow with aerosols in concentrations of only 1 ppmw or less, 

but have no impact in the NIR where snow is already a strong absorber (Warren and 

Wiscombe, 1980). Aerosols in snow reduce snow reflectance because of the large 

difference in their absorption coefficients from that of ice, and also by causing multiple 

scattering in the snowpack. For the same amount of aerosols present, smaller particles 

were found to be more effective at lowering albedo than larger ones, however, smaller 

particles are more easily removed by meltwater in the snowpack (Conway et al., 1996). 

Also, if the snow is older, and the snow grains are larger, albedo will be more efficiently 

reduced due to aerosols in snow than if the snow was younger, since radiation penetrates 

more deeply when the snow grains are coarser, and therefore it has the chance to 

encounter more aerosol particles and be absorbed in larger amount.  

 

It is important to keep in mind where in the snowpack these aerosols are found. Once 

deposited, they can remain on or near the surface where they have the largest impact, 

they can be moved down through the snowpack by meltwater, and eventually removed all 

together, or they may be buried under freshly fallen snow. It is expected that particles 

larger than 5-6µm (e.g. volcanic ash or dust) are relatively immobile during melt and tend 

to remain in the top layer of snow, while submicron soot do not persist at the surface for 

long, limiting the impact of soot on snow albedo and consequent melting (Conway et al., 

1996). Field experiments suggest that the removal of soot with time from the top layer of 
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snow caused a brightening of the snow surface, the residual amounts of soot left near the 

top still had a long lasting impact on albedo. With ash, even though the smaller particles 

were removed from the top of the snowpack by meltwater, the surface albedo did not 

brighten as it did for soot, and the impact of ash on snow remained about the same 

(Conway et al., 1996). 

 

4.   Summary and Layout of Dissertation  

Given the importance of snow to the surface energy and water budgets, as well as 

climate, and in light of increasing evidence of presence of light-absorbing impurities in 

snow, such as desert dust and black carbon, it is important to have numerical models that 

accurately represent snow processes and can account for these aerosols in snow. 

Furthermore, there is a need for these models to allow for detailed assessment of impact 

of aerosols in snow on a regional scale. Sensitivity studies using global climate models 

(GCMs) or offline snow energy balance models have provided initial insight into 

potential effects of the impurities in snow. However, GCM are too coarse to resolve 

orographic processes related to complex topography (such as that across western U.S.). 

Single-column models cannot provide spatial distribution information. Regional climate 

models (RCM) can account for both of these shortcomings, and allow for a more 

comprehensive and detailed impact of aerosols-in-snow on surface energy and water 

balance, hydrologic cycle, and regional climate.  

 

In this work we present the coupling of a physically-based snow scheme (SNICAR) into 

the SSiB-3 land surface model within the WRF-ARW RCM framework in order to 
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improve snow processes in RCM models. Part I details the coupling method (Chapter 1) 

and model validation (Chapter 2). In part II, we employ the new and improved version of 

the RCM to conduct longer-term regional climate simulations, with and without aerosols 

in snow, over North America (Chapter 3), assess the impact of dust, BC, and OC on 

surface energy and water balance across various parts of North America, and investigate 

potential implications of the changes to the regional climate and atmospheric circulation 

(Chapter 4). Lastly, I focus on western U.S. mountain regions such as Sierra Nevada, 

Cascade and Rocky Mountain ranges, which reveal an elevation dependency of changes 

in temperature due to aerosols-in-snow, potential implications to wildfire susceptibility, 

and changes in runoff timing (Chapter 5).  
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Chapter 1 

 

Model Development 

 

 

 

ABSTRACT 

Two important factors that control snow albedo are snow aging (grain growth) and 

presence of light-absorbing impurities (aerosols) in snow. However, current regional 

climate models do not include such processes in a physically-based manner in their land 

surface models, which can have serious implications to simulated surface energy and 

water budgets. We improve snow albedo calculations in the Simplified Simple Biosphere 

(SSiB) land surface model coupled with the Weather Research and Forecasting (WRF) 

regional climate model (RCM), by incorporating the physically-based SNow ICe And 

Radiative (SNICAR) scheme. SNICAR is radiative transfer model that simulates snow 

albedo evolution due to snow aging and presence of aerosols in snow. The land surface 

model is further modified to account for deposition, movement, and removal by 

meltwater of such impurities in the snowpack. This chapter presents the models and 

model development technique. Chapter 2 will discuss model validation and preliminary 

results from high-resolution regional simulation. 
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1.   Regional climate model/Land surface model (WRF/SSiB-3) 

The regional climate model (RCM) used in this work is the Weather Research and 

Forecasting/Advanced Research WRF (WRF-ARW) model v3.2 and v3.4 [Shamarock et 

al., 2008]. WRF-ARW is typically run at resolutions varying 30-45 km for larger-scale 

regional studies (e.g. United States, North America), meaning it is able to better resolve 

topographic features such as the Rocky Mountains in WUS compared to global climate 

model (typically 1-2.5° horizontal resolution).  When used over smaller domains (e.g 

Western U.S.), higher resolution simulations such as 15 km result in realistic simulation 

of orographic precipitation and snowpack spatial variability when compared to 

observations [Qian et al., 2010; Rasmussen et al., 2011]. The Simplified Simple 

Biosphere version 3 (SSiB-3) [Xue et al., 1991; Xue et al., 2003] land surface model 

(LSM) is employed, which is a biophysically-based model that simulates land-

atmosphere interactions by calculating the surface energy budget and surface water 

balance for three soil layers and one vegetation layer, with snow processes simulated by 

the Snow-Atmosphere-Soil Transfer scheme [Sun et al., 1999; Xue et al., 2003]. SSiB-3 

has been validated with observational data, as well as in snow-model intercomparisons 

[e.g., Xue et al., 2003; Rutter et al., 2009; Shrestha, et al., 2010; 2012]. SSiB has been 

coupled with a number of RCMs to extensively conduct regional climate studies for 

different continents [e.g., Xue et al., 2001, 2007; De Sales and Xue, 2006, 2012; Sato and 

Xue, 2013], and the version integrated with WRF-ARW, hereinafter referred to as 

(WRF/SSiB-3), has been released for public use through the National Center For 

Atmospheric Research WRF website.  
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In SSiB-3, precipitation is categorized as snow when it accumulates with the surface air 

temperature below 0 °C. Snow can accumulate on both the vegetation canopy, as well as 

on the ground, where the snowpack is one bulk layer if the snow is less than 7 cm, or 

three layers if it is thicker than 7 cm (see Section A1 in Appendix for more details on 

snow layer subdivision in SSiB-3). Snow cover fraction is determined based on snow 

depth, which can be decreased by compaction and melting, and increased by new snow. 

Changes in snow water equivalent (SWE), which is the sum of liquid water and ice grain 

mass, are described by the mass balance, with precipitation, snow melting, and 

evaporation/sublimation at the snow surface being the main contributors. In the original 

SSiB-3 and WRF/SSiB-3, surface albedo is calculated based on canopy (αcanopy) and 

ground-level (αground) albedos, weighted by vegetation cover fraction (VCF): 

αsurface = αcanopy × VCF + αground × (1-VCF),    (Eq. 1) 

where αcanopy and αground are each calculated for diffuse and direct, VIS and NIR radiation. 

αcanopy considers vegetation and snow-on-vegetation reflectance in the radiative transfer 

calculations. For αground, snow cover fraction (SCF) is also considered, to differentiate 

between snow-covered and snow-free areas, and for the latter, whether there is vegetation 

or not: 

αground = SCF × αsnow + (1-SCF) × [(1-VCF) × αsoil + VCF × αvegetation],         (Eq. 2) 

In this original version of SSiB-3, snow albedo (αsnow) is parameterized and related to 

SCF and solar zenith angle. If melting occurs within the snowpack, snow albedo in this 

pre-modified version of SSiB-3 is reduced empirically by 60% of the fresh snow albedo 

(0.85 in visible, 0.65 in near-infrared). As part of this work, we replace the original αsnow 
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in the αcanopy and αground calculations with a more physically-based snow albedo, as 

describe in the following section. 

 

The already integrated regional climate model (WRF-ARW) – land surface model (SSiB-

3) just described will hereinafter be referred to as WRF/SSiB-3/orig, representing the 

original model.   

 

2.   New snow/aerosol processes in WRF/SSiB-3  

In this work, we coupled the SNow ICe and Aerosol Radiative (SNICAR) model by 

Flanner and Zender (2005, 2006) into the WRF/SSiB-3/orig regional climate model 

(Figure 1).  SNICAR simulates radiative transfer in the snowpack using the two-stream, 

multiple scattering, multi-layer radiative approximation of Toon et al. [1989]. Optical 

properties of ice grains and light absorbing impurities are calculated with Mie theory on 

the same 5-band spectral grid employed by the radiative transfer model. Ice optical 

properties depend on the snow effective grain size, which is prognosed by the snow aging 

scheme described next. 

 

2.1   Snow grain size parameterization in SNICAR 

SNICAR calculates the effective snow grain radius as a function of snow temperature 

Tsnow, temperature gradient TGsnow between snow layers, and snow density ρsnow, based on 

an empirical equation by Legagneux et al. [2004], which robustly fits predictions of grain 

size evolution from a more detailed microphysical model [Flanner and Zender, 2006]. 

This equation represents dry metamorphism, or vapor diffusion due to vapor density 
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gradients resulting from difference in curvature of the snow particles, one of the five 

processes believed to contribute to snow grain growth. Wet metamorphism is represented 

empirically based on Brun et al. [1989]. Refreezing of liquid water and deposition of 

fresh snow also contribute to grain evolution, the latter being represented by effective 

radius of fresh snow. Sintering, the fifth process, is not explicitly modeled in this scheme, 

but is implicitly accounted for, to some extent, in the aging parameters applied for dry 

snow evolution. Therefore, the effective snow grain radius, re, calculated by SNICAR at a 

given time t, is 

  (Eq. 3) 

where re(t-1) is effective grain radius at the previous time step,   

                                      (Eq. 4) 

and  

      (Eq. 5) 

are the change in snow radius due to dry metamorphism and wet metamorphism, 

respectively. is the initial rate of change of effective radius, drfresh_snow is the 

difference between re(t-1) and that of fresh snow (re,fresh_snow) - here re,fresh_snow is set to a 

constant value of 54µm; τ and κ are best-fit parameters calculated offline and extracted 

from a lookup table based on snow temperature Tsnow, snow temperature gradient TGsnow, 

and snow density ρsnow; C1 is a wet snow aging constant from Brun [1989], and fliq is the 

liquid water fraction in snow (fractionliquid_water in Figure 1). rrefreeze is set to 1000 µm. In 
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the coupling of SNICAR with SSiB-3 (Figure 1), SSiB-3 provides input variables needed 

to calculate re,i for each of the three snow layers i, namely, snow temperature (Tsnow,i) and 

density (ρsnow,i), snow layer thickness (dzsnow,i), liquid water (ωliq,i) and ice (ωice,i) contents 

in snow layer (from which snow temperature gradient is calculated), amount of snow on 

ground after interception by canopy, and snow refreezing rate, as illustrated in Figure 1.  

Because there is limited scientific literature and quantitative understanding about the 

process of refreezing, we chose to turn off the refreezing term in this study.  

 

2.2   Radiative Transfer in SNICAR 

Once the effective snow grain radius for each snow layer is computed, it is passed to the 

snow radiative transfer part of SNICAR, where it is used to select the appropriate Mie 

optical properties for ice. Optical properties (single scattering albedo SSA, mass 

extinction cross-section, and asymmetry parameter) are also determined for eight aerosol 

types (hydrophilic and hydrophobic BC, hydrophilic and hydrophobic organic carbon and 

4 dust particle sizes) using a lookup table computed offline (see Section 2.4). These 

optical properties are used along with solar zenith angle (coszen), bare surface reflectance 

(αsoil), ice (ωice,i) and liquid water (ωliq,i) contents, and concentration of absorbing 

impurities (aer_cnci) if present, all provided by WRF/SSiB-3 (Figure 1), to calculate bulk 

snow albedo, αsnow, and absorbed solar radiation flux in each snow layer (solar flux_absi) 

for visible and NIR bands, through a set of radiative transfer calculations.  

 

2.3   SNICAR – SSiB-3 Interactions 
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Output from the SNICAR radiative transfer scheme, namely snow albedo and absorbed 

solar radiation by each snow layer, is passed back to SSiB-3. The original snow albedo, 

αsnow, described in Section 2.1 and which was calculated empirically, is replaced by the 

snow grain size and impurities-dependent snow albedo calculated by SNICAR. The 

absorbed flux in each snow layer is used in SSiB-3 calculations of snow and surface/soil 

water and energy balances (Figure 1).  

 

The SNICAR snow aging and snow radiative transfer schemes are employed by SSiB-3 

twice, once for snow layer on the canopy, and once for the snowpack on the ground. For 

each of these, SNICAR is called if the canopy or ground temperature, respectively, is less 

than 0 °C and if SWE is greater than a minimum threshold, currently set to 1.0E-08 m 

(1.0E-05 mm). If temperature is below 0 °C, and SWE is greater than zero but less than 

the minimum SWE, the effective snow grain radius is set to that of fresh snow and only 

the radiative transfer part of SNICAR is called. If the temperature is not below 0 °C, or 

SWE is not greater than zero, SNICAR is not called. For the ground, re is computed as 

described above (Eq. 3), while for the canopy level, the effective snow grain radius is 

always set to that of fresh snow because we assume snow does not get the chance to 

accumulate much before falling off the vegetation, and will thus be relatively new snow 

with smaller grain. 

 

2.4   Tracking aerosol mass in SSiB-3 LSM 

Since the new snow scheme computes snow albedo based on optical properties of snow 

grains and aerosols present in snow, SSiB-3 and WRF/SSiB-3 are modified to account for 
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the input and tracking of light-absorbing impurities within the modeled snowpack. 

Specifically, aerosol mass is first inputted into the model, either provided by an aerosol 

surface deposition map, or by an atmospheric chemistry/transport model, and the sum of 

wet and dry surface aerosol deposition, Dm [kg/m2], is added to the top snow layer only 

(Figure 1). Mass concentration (mixing ratio) [kg aerosol/kg snow] of aerosols is 

calculated for each model snow layer and passed to the radiative transfer part of 

SNICAR, where it is used to calculate snow albedo and solar flux absorbance. The mass 

of aerosols [kg/m2] is passed in the subroutine where SSiB-3 deals with melting in the 

snowpack, in order to calculate possible scavenging of aerosols by meltwater. The mass 

rate of change of aerosols in each snow layer due to meltwater removal is, 

    (Eq. 6) 

where mi is mass of aerosol in layer i, k is the species-dependent scavenging coefficient 

from Conway et al. (1996) (see Table A1 in Appendix), qi is the mass flux of water out of 

layer I provided by SSiB-3 LSM, and ci is the mass mixing ratio of aerosol in layer i. 

Some aerosol mass will be lost entirely from the snowpack when runoff from snowpack 

occurs. The aerosol mass rate of change due to meltwater removal was inspired by the 

method used in the Community Land Model [e.g. Flanner et al, 2007; Oleson et al., 2010] 

and adapted to SSiB-3 framework. 

 

Finally, a method was developed to allow aerosol mass within the snowpack to be 

adjusted based on the number of snow layers and how each snow layer thickness might 

change within a model time step due to new snowfall, compaction, and melt; both aerosol 

mass and snow layer depth are updated at every time step in SSiB-3. As mentioned 
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earlier, snow in SSiB-3 can accumulate on both vegetation, as well as the ground, where 

the snowpack is one bulk layer if the snow is less than 7 cm, or three layers if it is thicker 

than 7 cm (see Section A1 in Appendix for more details on snow layer subdivision in 

SSiB-3). When total snow depth goes below 7 cm, the three snow layers are combined 

into a single layer. Accordingly, aerosol mass corresponding to each of those layers will 

be combined into a single mass value, representative of the single snow layer. On the 

other hand, when the snowpack grows to above 7 cm threshold, it will be divided into 

three snow layers as described in Section A1. Total aerosol mass in this case is also 

divided into three layers. For examples, aerosol mass in top layer (aer_mass3) is set as the 

ratio (R1) of bottom snow layer thickness (dz1) to total snow thickness, times total aerosol 

mass (aer_mass_total), whereas the bottom layer aerosol mass (aer_mass1) is set as the 

ratio (R3) of top snow layer thickness (dz3) to total snow thickness, times total aerosol 

mass (aer_mass_total): 

Ri = dzi/dztotal, for i=1,2,3       (Eq. 7) 

aer_mass1 = R3*aer_mass_total     (Eq. 8) 

aer_mass2 = R2*aer_mass_total     (Eq. 9) 

aer_mass3 = R1*aer_mass_total     (Eq. 10) 

where i=1 is bottom layer, i=2 is middle layer, and i=3 is top snow layer. This method is 

used because it has been found by previous studies [e.g. Conway et al., 1996; Flanner et 

al., 2007; Painter et al., 2013] that aerosols in snow tend to remain towards the top of the 

snowpack (even during ablation period), or in the layer they were originally deposited in. 

Splitting single aerosol mass (into the three corresponding layers) inversely proportional 

to how snow layer depth is defined allows us to keep the bulk of the aerosol mass 
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towards the top of the pack. The vertical distribution of aerosol mass within the modeled 

snowpack resulting from this method is validated in Chapter 2.  

 

During the ablation period, when there is meltwater in the snowpack, aerosols throughout 

the snow may be scavenged by this meltwater. The efficiency with which meltwater can 

move or remove aerosols depends on the type of aerosols present. Here we use species-

dependent scavenging coefficients from Conway et al. [1996] (see Table A1). If the snow 

is single-layer, runoff within the pack will remove aerosol mass altogether (amount 

depended on efficiency). On the other hand, if the snow is multi-layer, aerosol mass may 

be moved from a layer to the one below according to Eq. 6.  

 

Each of these snow layers themselves can change (during a given time step) due to new 

snowfall, compaction, and melting, as described in Section A1. When this happens, 

aerosol mass is adjusted proportionally with how much the snow layer depth itself has 

changed. For example, if the top snow layer decreases in depth within a given time step 

due to compaction and melt, it is adjusted before the new time step by receiving some of 

the middle layers snow, and therefore aerosol mass, to be equal to 2 cm in thickness (as 

explained in Section A1). This means the top snow layer aerosol content also increases 

since it receives some of the aerosol mass from the middle layer. 

 

The enhanced WRF/SSiB-3 model, as described in Section 2 and summarized in Figure 

1, will hereinafter be referred to as WRF/SSiB-3/aer. 
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3.   Aerosol optical properties and size distribution  

As aforementioned in Section 2.2.2, SNICAR uses optical properties (single scattering 

albedo SSA, mass extinction cross-section MEC, and asymmetry scattering parameter g) 

in the radiative transfer calculations extracted from a look-up table computed offline for 

lognormal distribution of ice particles (ranging 30-1500 µm in effective radius), dust, BC 

and OC. SSA for end-members ice particles, as well as for BC, OC and dust are listed in 

Table A2b (from Oleson et al., 2010). MEC and g values can be found in Table A2c-d in 

Appendix. BC optical properties are described in Flanner et al. (2007).  

 

The current version of SNICAR used in this work divides dust into four size bins: 0.05-

0.5 µm, 0.5-1.25 µm, 1.25-2.5 µm, and 2.5-5 µm, and corresponding optical values are 

calculated offline for each, for each of the 5 spectral bands (1VIS and 4 NIR; see Table 

1), and saved in a look-up table. The dust is a blend of SiO2 (47.6%), limestone (2%), 

montmorillonite (25%), illite (25%), and hematitie (0.4%), selected to roughly match 

properties of Saharan dust (Flanner, personal communication, 2012), which is also 

representative of the dominant global dust. Throughout our studies presented in this work 

(Ch 1 – 5), our focus is on North American, and more specifically WUS. This therefore 

presents a potential discrepancy between dust optical properties available in the model 

and dust properties found in nature in these regions.  

 

However, since this work was started, recent new data on optical properties and size 

distribution of dust found in WUS has become available. McKenzie Skiles, a collaborator 
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on this work, has determined optical properties for dust found at sites in Colorado River 

Basin (CRB) in WUS by applying an inversion method based on measured hemispherical 

reflectance and lognormal size distribution of dust samples found in this area, which 

range 1-100 µm in diameter, with a mean radius of 6 µm (Figure A1). This analysis 

provides a value for SSA, g, and MAC every 10 nm between 0.35 and 2.5 µm (Skiles, 

personal communication, July 2014); when used in SNICAR, it would be averaged over 

the five spectral bands (Table 1). Comparing the new values obtained from in-situ dust in 

the CRB to the original SNICAR optical properties values, the new CRB numbers match 

closely those of SNICAR dust bin 4 (2.5–5 µm) (Figure 2), which is not surprising given 

the volume weighted mean radius for CRB dust falls within this range. This suggests 

SNICAR values capture some of the absorptive properties of WUS dust, but in general 

may be underestimating the absorptivity of WUS dust given natural size distributions 

would not fall solely in this dust size range (2.5-5 µm).  

 

Summary 

In this chapter we presented the coupling of SNICAR into SSiB-3 and WRF/SSiB-3 

model frameworks in order to improve snow processes in regional models. Snow albedo 

is now calculated based on snow effective grain size – representative of the snow aging 

process – and presence of potential light-absorbing impurities (aerosols) in snow. The 

new version of the model allows for input and tracking of aerosols within the snowpack, 

adjusting aerosol mass within a snow layer as scavenging by meltwater occurs, or as 

snow layers change due to new snowfall, compaction, or runoff. 
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The next chapter, Chapter 2, presents the model validation and the preliminary regional 

simulations with the new WRF/SSiB-3 model. 



	  25 
 

APPENDIX 

 

A1. Snow Layers in SSiB-3 

The SSiB-3 land surface model can have up to three snow layers, depending on the total 

thickness of the snowpack. If snow depth is less than the critical snow depth value, 

currently defined as 7 cm, there is only one snow layer. If snow accumulation surpasses 7 

cm, the snowpack is divided into three layers, according to the following method: (i) if 

total snowpack depth is between 7 and 8 cm, the top and middle snow layers are each set 

to 2 cm, and the bottom to the remaining snow depth; (ii) if total snowpack depth is 

between 8 and 62 cm, the top layer is set to 2 cm, middle to 1/3 and bottom to 2/3 of the 

remaining depth; (iii) if the snowpack is thicker than 62 cm, top snow layer is set to 2 cm, 

middle to 20 cm, and bottom to remainder.  

 

During a given model time step, each snow layer may change due to new snowfall, 

compaction, and melt. At the end of that time step, the snow layers are adjusted such that 

the top layer equals 2 cm. For example, if there is new snowfall during a given time step, 

the top snow layer will gain snow, thus increasing in depth. However, this will cause 

some snow compaction to occur, perhaps causing top layer depth to fall below 2 cm. 

Before the end of the time step, the model will adjust the snow layers, taking some snow 

from the middle layer and placing it in the top layer, such that the top can be 2 cm; this 

causes the middle and bottom layers to also be adjusted accordingly. For further details 

about the method of layering snow in SSiB-3, please refer to Sun et la. [1999].  
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FIGURES 
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Figure 2. Comparison between original SNICAR dust optical properties available in look-
up table and optical properties obtained from in situ* dust in CRB, WUS. *Data courtesy 
of S. McKenzie Skiles, JPL, personal communication (July 2014). 
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Table A1. Meltwater scavenging efficiency coefficient k for particles in snow, based on 
Conway et al., [1996].  
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Table A2. (a) SNICAR spectral bands used and SNICAR optical properties (b) Single-
scattering albeod, (c) mass extinction values, and (d) asymmetry scattering parameters. 
From CLM Tech Report (Oleson et al., 2010). 
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Table A2 (cont.). (a) SNICAR spectral bands used and SNICAR optical properties (b) 
Single-scattering albeod, (c) mass extinction values, and (d) asymmetry scattering 
parameters. From CLM Tech Report (Oleson et al., 2010). 
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Chapter 2  

 

Offline Validation and Preliminary High 
Resolution Regional Simulation 
 

 

 

ABSTRACT 

The newly improved SSiB-3 land surface model (LSM) presented in Chapter 1 is 

validated here with in situ observations at a location in Western U.S. (WUS). Preliminary 

results with the new WRF/SSiB-3/aer RCM are used to investigate the impact of dust, 

BC and OC in snow on surface energy and water budgets across WUS. By including 

snow-aerosol interactions, the new LSM is able to realistically simulate observed snow 

albedo, snow grain size, dust in snow and surface water and energy balances in offline 

test for a location in WUS. Model bias is reduced by half in the offline dust-loaded 

scenario relative to clean snow case, and temporal correlation is also improved. Snow 

depth simulations at the WUS site suggest a clean snow would maintain a snowpack for 

about a month longer compared to the observed snow-all-gone date. Preliminary results 

with the fully coupled RCM show that over WUS, realistic aerosol deposition in snow 

induces a springtime average radiative forcing of 16.26 W/m2 due to an 6% albedo 

reduction, a regional surface warming of 0.84 ºC, and a snowpack reduction of 11 mm. 

The RCM results also suggest an elevation dependency of changes in skin temperature, 

with higher elevations (1400-2400 m) experiencing larger increases in TSK (0.58-0.92 
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ºC) due to aerosols in snow, although certain vegetation type and freezing line location 

can suppress such effects.  

 

Chapter 1 described the models and model development applied in order to improve 

snow processes in RCMs. Here, two types of experiments are carried out using the new 

model to validate and conduct preliminary tests: (i) a set of point-based simulations using 

the offline version of the land surface model (SSiB-3/aer), and (ii) a set of regional 

simulations over Western U.S. (WUS) using the fully coupled WRF/SSiB-3/aer. The 

various experiments and models used are summarized in Tables 1a and 1b. 
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1. Offline Validation  

 

1.1 Experimental design 

The newly modified SSiB-3/aer is used to conduct a set of point-based simulations to 

help assess the model’s performance in reproducing snow properties and processes, such 

as snow albedo and depth, dust distribution in snowpack, and snow grain size evolution, 

when compared to observations. The offline SSiB-3/aer model is run for four different 

years (2009, 2011, 2012, 2013) for a location in the San Juan Mountains of the southern 

Rocky Mountains in WUS named Swamp Angel Study Plot (SASP) [see Painter et al., 

2012 for more in-depth site description]. SASP is a subalpine site located at 3371 m 

altitude in the eastern half of the Colorado River Basin at 37°54’N, -107°52’W. The 

measurements are taken in a sheltered clearing surrounded by sub-alpine forest. 

“Groundcover only” vegetation type is selected for the model simulation. SSiB-3/aer is 

run January through July (except for 2012 for when data were only available through 

May), under two different scenarios: (1) clean snow (NOAER) – no dust deposition, and 

(2) aerosol-loaded snow (AER) – observed levels of desert dust in snow used as forcing.  

 

In addition, several sensitivity tests were performed to assess the model’s response to 

uncertainties in dust forcing, such as those due to dust optical properties and amount of 

dust input. These experiments are summarized in Table 1b. Because current SNICAR 

values for dust optical properties are based on general global dust characteristics, this 

may not be entirely representative of dust found in WUS, as discussed in Chapter 1 – 

Section 2.5, which would have implications to the magnitude of snow albedo modeled. 
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Initial tests reveal SSiB-3 albedo in dust-loaded case is larger than that observed at SASP 

(e.g. Figure 5). We therefore reduce the original SNICAR single scattering albedo (SSA) 

table values by 0.2 (test AER-st3) to investigate its impacts on SSiB-3/aer simulated 

albedo and snow depth. We also performed tests in which the amount of dust mass 

inputted is doubled from that observed for both original-SSA-values scenario (test AER-

st2) and reduced-SSA-scenario (test AER-st4). AER-st1 is the simulation with the 

original SSA values and observed dust mass as forcing. The main offline simulations for 

the four years at the SASP location (AER and NOAER) were conducted using SSA-0.2 

and observed amount of dust mass since we wanted to keep the dust forcing as close to 

that measured at the site as possible, but wanted to account for the aforementioned dust 

optical properties discrepancy (again, also see Chapter 1 – Section 2.5). Reducing SSA 

by 0.2 produced modeled albedo that matched observed albedo and snow depth the 

closest, having the smallest bias with respect to SASP observations (see Section 1.3.6, 

Figure 5 and Table 6). Furthermore, very recent data shows that SSA of dust found at 

SASP location in WUS is generally lower than SNICAR values in the visible part of the 

spectrum, by as much as 0.13 (see Figure 2 in Chapter 1) (SASP data provided by Skiles, 

personal communication, July 2014; for further information, see Skiles, 2014). This 

implies the reduction in SSA by 0.2 in our offline validation studies at the SASP site is 

not unrealistic. (Note: due to timing of availability of this new in situ based data, we were 

unable to incorporate the SASP optical properties in SSiB-3 and perform the validation 

with this updated data. The adjustment, however, seems justifiable.) 

 

1.2 Data 
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The in situ measurements used here were acquired for the Integrated Hydrologic 

Response to Extreme Dust Deposition to the Snow Cover of the Colorado River Basin 

(IDS) project. A network of energy balance towers is being developed in the Colorado 

River Basin, with SASP in the Senator Beck Basin Study Area being fully functional 

since 2005. They have been operated by the Center for Snow and Avalanche Studies 

(CSAS) (www.snowstudies.org) in conjunction with the Snow Optics Laboratory (SOL) 

at NASA/California Institute of Technology’s Jet Propulsion Laboratory. Measurements 

from this site are described in detail and evaluated in Painter et al. [2012] and Skiles et al. 

[2012]. The meteorological measurements from these towers are used as input to drive 

the SSiB-3/aer model. Dust mass sampled from the snow column near the tower is also 

used as forcing. Dust was deposited onto snow in the model on the dates recorded as 

dust-on-snow deposition events by the CSAS and IDS programs. The amount of dust 

used in the model is a combination of in situ values recorded by CSAS and IDS on or 

near the dates of the dust events, depending on data availability. The CSAS data are from 

bulk measurements, while the IDS data is from amount recorded from top 3 cm. Dust 

events timing and magnitudes are indicated for reference in Figure 1 along with albedo. 

 

1.3 Offline Results 

 

1.3.1 Change in Snow Albedo  

The performance of the new SSiB-3/aer is first evaluated by comparing the point-based 

offline simulations from the AER and NOAER scenarios to in situ observations for the 

SASP location. Figure 1 shows simulated and observed albedo for each of the four years, 
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along with precipitation and dust-on-snow events for reference. The modeled albedo has 

an average bias over Jan-Jul for the four years of 0.08 and 0.16 and RMSE of 0.14 and 

0.25, for AER and NOAER, respectively. During the accumulation period (defined as 1 

January to 15 April), both AER and NOAER simulations behave similarly and are 

consistent with observations, albedo decreasing mostly due to snow aging during periods 

of no fresh snowfall, and increasing with new snow, dust in snow having little impact on 

albedo. The AER and NOAER simulations start to diverge from one another during the 

ablation period, from 15 April to snow-all-gone date. The NOAER simulation is unable 

to correctly reproduce albedo evolution during the melting season, remaining too large 

throughout most of that time. On the other hand, the AER simulated albedo matches 

observations more closely, responding both to melting and to dust-on-snow deposition 

events. The difference between AER and NOAER simulations highlight the importance 

of considering aerosols in snow in model simulations, as the dust in the AER simulation 

lowers albedo significantly through both the direct and two indirect effects, and 

demonstrates that snow-aging processes alone cannot explain the observed albedo 

reduction during the melting season. This is corroborated by the statistics in Table 2, 

which show that the AER simulation has an average RMSE (0.14) and bias (0.08) that are 

half of those of NOAER albedo (0.25 and 0.16, respectively), a higher temporal 

correlation (0.88 for AER case, 0.73 for NOAER), and a standard deviation that matched 

observations to within 91% (OBS stdev is 0.23, AER is 0.21, NOAER is 0.12).  

 

1.3.2 Change in Snow Depth 
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Simulated and observed snow depth is plotted in Figure 2, with the red line indicating the 

snow-all-gone (SAG) date in observations. Simulated snow depth is consistent with the 

albedo results. During the accumulation period, there is very little distinction between the 

clean (NOAER) and dirty (AER) snow simulations, both matching closely the observed 

snow depth magnitude and variability, capturing the gain and loss of snow mass due to 

new snowfall, compaction, and melt. However, during ablation, AER snow depth 

decreases at a pace closer to observations, while NOAER simulates a thicker snowpack, 

delaying the melting process and thus misrepresenting the length of the snow cover. As 

Table 3 shows, the clean snow simulation average snowpack duration is about a month 

longer (33 days) than that observed, whereas the dust-loaded snow cover duration is only 

about 14 days longer. While neither simulation matches observations exactly, the AER 

results have a smaller error (bias of 0.1; RMSE of 0.23) and better variability (temporal 

correlation of 0.93) compared to NOAER (bias of 0.21; RMSE of 0.43; temporal 

correlation of 0.81) over the simulated Jan-Jul period (Table 2), showing the 

improvement in model results when dust in snow is considered. 

 

1.3.3 Change in Radiative Balance  

To quantify the impact dust-in-snow has on the surface energy budget, we calculate its 

radiative forcing (RF). RF is computed by taking the difference between net shortwave 

radiation (NSW) in the AER case and NSW in the NOAER case. Total RF of dust in 

snow, due to both the direct and two indirect effects introduced earlier, is calculated 

based on the NSW difference over the ablation period, here defined as 15 April to SAG 

in NOAER. Again, the direct effect is albedo reduction from the presence of the aerosol 
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itself in the snow, first indirect effect is due to larger snow grains due to accelerated snow 

metamorphism from snowpack heating, and second indirect effect is the earlier exposure 

of darker substrate due to the previous two impacts. In our simulations, total RF ranges 

from 32 to 80 W/m2 for the four years, with an average of 54 W/m2 additional energy 

absorbed at the surface (Table 4). These results are comparable to those found by 

previous observational studies at the SASP site, which found mean daily RF over the 

period 21 March – 21 June of 31-37 W/m2 for 2005, and 56-64 W/m2 for 2006, with a 

maxima of 80 W/m2 [Painter et al., 2007a]. RF from the second indirect effect alone, 

representing the additional amount of solar radiation absorbed at the surface due to earlier 

exposure of darker underlying layer, is the NSW difference over the period from SAG in 

AER case to SAG in NOAER scenario. We find a mean modeled RF over this interval of 

118 W/m2, with a range of 78 to 142 W/m2 (Table 4). For clarity, the periods selected for 

RF calculations for the various effects are indicated visually in Figure 2 (2013 panel). 

The values in this study are within the range found by previous studies at the SASP site. 

Painter et al., 2007a calculated the 2nd indirect RF to be 147±8 W/m2 at the SASP site for 

2006, while Skiles et al. [2012] found 2nd indirect RF values over the period SAG 

observed to SAG in clean snow simulation (using a snow model only) of 136 W/m2 in 

2005 and 150 W/m2 in 2006. Our model results, supported by previous observational 

studies, indicate the influence of dust in snow at this location is substantial, with 

implications to the snowpack state (e.g. snow depth reduction), and ultimately to runoff 

and water resources.  

 

1.3.4 Evaluating Snow Grain Size Parameterization 
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We also validate the model’s ability to simulate snow aging.  Snow grain size evolution 

matters both during the accumulation period and perhaps more importantly during the 

melting season, when it enhances the effects of impurities in snow. Table 5 summarizes 

modeled effective snow grain size, re, averaged over the four years simulated, and Figure 

3 presents stratigraphy of snow particle radius observed at the SASP location for year 

2011. Because observed re is recorded every 2 cm vertically, while modeled snow is 

divided into only three layers, it is difficult to do a direct comparison. However, Table 5 

and Figure 3 suggest the model is able to capture the main features of how re changes 

with depth. SSiB-3/aer generates the largest snow grains in the middle modeled layer, 

between 2 and 22 cm from the snow surface (Table 5), which is consistent with 

observations at the SASP sites, where largest snow grains are found just below the top 

layer (Figure 3). This observation is corroborated by other field studies [e.g. Painter et al., 

2007b].  

 

1.3.5 Evaluating Vertical Dust Mass Distribution in Snowpack 

The magnitude of the impact of impurities in snow depends on their location within the 

snowpack. Figure 4 shows how the mass of dust in each model snow layer changes over 

time during the 2013 spring season, along with precipitation and runoff for reference. 

Both the timing and magnitude of simulated dust mass in the top 2 cm of snow compare 

well to observed mass in the top 3 cm at the SASP site, with a temporal correlation of 0.8 

and RMSE of 1.0E-03 (Table 2). Dust mass budget in SSiB-3/aer responds to 

precipitation events, which tend to reduce dust amount in top layer and increase mass in 

the middle and bottom layers, as well as to dust deposition events, increasing dust mass 
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in the top layer, unless it happens to be a strong wet dust deposition event, in which case, 

dust layers are quickly buried and placed in the layers below. These processes are in 

agreement with observations at this site [Painter et al., 2007a; Skiles et al., 2012]. Dust 

mass in top layer also increases when there is compaction, melting, and little to no new 

snowfall, for example during 30 April – 6 May (arrows in Figure 4); This occurs because 

the top snow layer itself is adjusted. For example, in this case the top snow layer first 

decreases in depth due to compaction and melt, but is adjusted before the new time step 

by receiving some of the middle layers snow, and therefore aerosol mass, to be equal to 2 

cm in thickness as intended (see Sections 2.3 and A1 in Chapter 1 for more details on 

how snow layers and aerosol mass are adjusted). This means the top snow layer aerosol 

content increases since it receives some of the aerosol mass from the middle layer. As 

seen in Figure 4, during this period (30 April – 6 May) dust mass increases in top layer, 

while decreasing in the middle and bottom layers; the bottom layer is also losing dust and 

snow mass through runoff. The model tends to keep the dust in the top part of the 

snowpack as it is starting to melt, in agreement with previous field studies [e.g. Conway 

et al. 1996; Painter et al. 2007b; Painter et al., 2012].  

 

1.3.6 Sensitivity Studies  

Figure 5 shows how simulated albedo and snow depth might change if SSA and/or dust 

mass are adjusted. A lower SSA and doubled dust mass do not have a substantial impact 

until the ablation period, despite five dust events occurring prior to 15 April. However, 

during late spring and early summer, SSiB-3/aer becomes sensitive to such changes. 

Taking AER-st1 to be our control, where neither SSA nor dust mass is modified, we can 
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infer that decreasing the SSA only (AER-st3) lowers albedo and snow depth more than a 

higher dust mass deposition (AER-st2), suggesting that dust optical properties rather than 

dust amount might have a larger impact on snow energy and mass budgets. Altering both 

SSA and dust mass (AER-st4) simulates albedo (Figure 5a) closest to observations, but 

snow depth (Figure 5b) is reduced too much during the ablation season compared to both 

observations and the other model scenarios as the bias values in Figure 5c and Table 6 

indicate: AER-st4 has the largest bias during the melting period (0.114) of all four 

sensitivity studies, whereas AER-st3 has the lowest (0.045).  

 

 

The newly enhanced model generally captures the aerosol/snow physical processes.  This 

point-based, offline study leads to the question of what is the impact of aerosols in snow 

on snowpack albedo, duration, and consequently on runoff and overall hydrologic cycle, 

on a larger, regional scale such as WUS? Having SSiB-3/aer implemented in a regional 

climate model (WRF/SSiB-3/aer), as described earlier (Chapter 1), allows us to 

investigate this question.  

 

 

2. RCM Preliminary Simulation 

 

2.1 Experimental Design 

The ultimate goal is to use WRF/SSiB-3/aer at a regional scale to both achieve a more 

realistic simulation, and to help investigate more quantitatively the impact of aerosols in 
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snow on snowpack state and related hydrologic processes at such scale. As a first step in 

reaching these goals, we conduct a preliminary study using the newly improved model, 

WRF/SSiB-3/aer (WRF-ARW v3.2), in the coupled mode over the WUS (see Figure B2 

for model domain coverage). WRF/SSiB-3/aer is used under two different scenarios, 

clean (wrf_NOAER) and aerosol-loaded (wrf_AER) snow, at a spatial model resolution 

of 15km, from January to July 2009 (see Table 1a). As in the offline simulations, SSA 

values are reduced by 0.2 in these experiments since this adjustment resulted in offline 

modeled snow albedo and depth that best matched observations at the SASP site in WUS 

(see Section 1.3.6). 

 

2.2 Data 

Global NCEP Reanalysis II product (http://nomad3.ncep.noaa.gov/ncep_data/index.html) 

is used as initial and lateral boundary conditions for both scenarios, while for the aerosol-

loaded case, the GOCART aerosol deposition data set is also used as forcing. GOCART, 

the Goddard Chemistry Aerosol Radiation and Transport model, simulates emission, 

transport, and wet and dry deposition of major tropospheric aerosol components, 

including dust, BC, organic carbon (OC), sulfur, and sea salt [e.g. see Chin et al., 2000 

for sulfate, Ginoux et al., 2001 for dust, and Chin et al., 2002 for other aerosols]. The 

model has been used in several studies to simulate dust distribution globally, and 

comparison with observations find it generally reproduces dust distribution patterns and 

seasonal surface concentration variability reasonably well [e.g. Ginoux et al., 2001; 

Ginoux et al., 2003]. Using the GOCART aerosols deposition data allows us to apply a 

realistic spatial and temporal aerosol forcing on snow. For this work, the GOCART group 
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provided monthly accumulations of these aerosols for 2009 at a 1°x1.25° horizontal 

resolution [Chin, personal communications, 2013]. The data is processed such that daily 

values of dust, BC and OC, smoothed over the entire day, are deposited onto the modeled 

snowpack every 7 days, to simulate weekly aerosol deposition events (see Chapter 3 - 

Section 3.1 and 3.2 for more details and discussion of GOCART data). This temporal 

interval is reasonable given observed springtime dust deposition events over the WUS 

[e.g. Painter et al., 2012]. Snow Data Assimilation System (SNODAS) SWE reanalysis 

data available from the National Operational Hydrologic Remote Sensing Center    

(http://nsidc.org/data/docs/noaa/g02158_snodas_snow_cover_model/) are used for 

coupled model validation. 

 

2.3 RCM Results 

Using the RCM modeling framework we investigate (1) the improvement of the new 

model (WRF/SSiB-3/aer) with respect to the previous version (WRF/SSiB-3/orig), thus 

highlighting the importance of properly simulated snow processes, as well as (2) the 

impact on the regional snowpack of impurities in snow. Preliminary testing results based 

on a one-year simulation are presented in this section. 

 

Figure 6 shows simulated March-April-May (MAM) average SWE for 2009 compared to 

SNODAS reanalysis, along with corresponding statistics. The newly enhanced RCM does 

well in capturing the main features of the SWE spatial distribution over WUS, especially 

over high topography such as the Sierra, Cascade, and Rocky mountain ranges, despite a 

negative bias in average magnitude of 17 mm. WRF/SSiB-3/aer reduces the bias with 
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respect to observations by more than half compared to WRF/SSiB-3/orig, underlining the 

added value of including snow aging and vertically resolved snow radiative transfer 

explicitly in the model. WRF/SSiB-3/orig, in which vertically-resolved radiative transfer 

and the effects of snow grain size and aerosols on the albedo were ignored, melts snow 

too soon, leading to an underestimated snowpack during springtime. 

 

2.3.1 Changes in Surface Energy Balance and SWE 

Of great importance is understanding how aerosols in snow affect the snowpack 

regionally in the springtime. Figure 7 shows changes in modeled surface albedo, NSW 

radiation, skin temperature, and SWE and between wrf_AER (aerosol-loaded snow) and 

wrf_NOAER (clean snow) simulations for MAM 2009. The inserted statistics in each 

panel represent the wrf_AER – wrf_NOARE average difference for albedo, NSW, skin 

temperature, and SWE over the domain 30-50N, -129W to -102W during MAM period, 

wherever this difference is greater than 0.02, 5 W/m2, 0.2 °C, and 1 mm, respectively. 

Percent change is also indicated in parentheses. There is a clear reduction in surface 

albedo when dust, BC, and OC are present in the simulated snow, by as much as 0.3 and 

an average of about 6% during MAM, a -22% change (Figure 7a). The larger changes are 

over the southern parts of WUS, in particular over the Southern Rockies and the 

intermontane Great Basin area. Comparing the location of the largest albedo changes 

(Figure 8a) with dust and BC/OC spatial distribution (Figure B1) highlights the strong 

influence of dust in snow on surface energy balance relative to that of BC and OC. 

Because surface albedo is lowered in the presence of aerosols in snow, NSW radiation 

increases, leading to an average radiative forcing of 16.26 W/m2 (7.6% change) over the 
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MAM period (Figure 7b); (again, this is averaged wherever RF difference is greater than 

5 W/m2, and over the domain 30-50N, -129W to -102W as detailed above). This forcing 

causes a MAM average increase in skin temperature of 0.84 °C (Figure 7c) over the 

specified domain, and thus an overall decline in springtime SWE of about 11 mm, a -33% 

change (Figure 7d), with larger SWE reductions over mountainous, higher elevation areas 

(see Figure B2b in Appendix) where the SWE is relatively larger.  

 

While the overall effect of aerosols in snow is to lower snow albedo (in particular in the 

visible spectral range, e.g. Warren and Wiscombe, [1980]), and therefore increase NSW 

and TSK, Figure 7 reveals small areas where the opposite can also occur, for example 

over Vancouver Island and along the foothills of the Cascades in the Pacific Northwest. 

This increase in albedo in the wrf_AER case causes a decrease in TSK and increase in 

SWE (Figure 7). While it may seem counterintuitive that aerosols in snow can have such 

an effect, dust in snow can sometimes, in specific cases, increase snow albedo (Zhao et 

al., 2014). While dust is much more absorbing that snow grains at wavelengths shorter 

that 1um, at certain wavelengths and snow and dust effective radii, dust co-albedo can be 

smaller than that of snow grains, causing snow albedo to increase in the presence of dust 

in snow (Zhao et al., 2014). 

 

 

2.3.2 Elevation Dependency  

The change in TSK (ΔTSK) (Figure 7c) due to presence of aerosols in snow varies in 

magnitude across the domain. Several studies suggest an elevation-dependency of 
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temperature change in response to climate drivers, although there is a disagreement as to 

whether warming rates increase or decrease with elevation (see Rangwla and Miller 

[2012] for a literature review). When plotted against topography height, our simulations 

do show a ΔTSK elevation dependency (Figure 8a). The largest ΔTSK over the MAM 

period occurs at relatively high elevations, between 1400 and 2400 m (Figure 8a and 8c) 

and above 3200 m, ranging 0.58 to 0.92 °C. At even higher elevations, 2400 to 3200 m, 

ΔTSK is still noteworthy though not as large, ranging 0.35 to 0.46 °C. This relatively 

smaller ΔTSK at the higher elevations might be explained by the fact that temperatures 

here remain below 0 °C during MAM, which helps suppress the temperature increase due 

to effect of aerosols in snow. In addition, vegetation type in this elevation band is mostly 

needle-leaf evergreens, whereas the 1400-2400 m band has shrubs with bare soil and/or 

dwarf tree with ground cover (Figure 8b). This suggests the taller bigger vegetation 

(evergreens) contribute to moderate and suppress the temperature increase caused by the 

presence of aerosols in snow. The analysis of ΔTSK in conjecture with elevation, 

vegetation type, and freezing line suggests that in general ΔTSK due to aerosols in snow 

increases with elevations, but the location of the freezing line and taller bigger vegetation 

such as evergreens, if present, tend to suppress this warming.  

 

Summary 

Offline validation of the new SSiB-3 model shows it can realistically reproduce 

snowpack properties, especially in the spring when snow begins to melt and aerosols in 

snow have a significant impact. The dust-loaded scenario simulates snow albedo and 

snow depth that match observations better than the clean snow case. Bias is reduced by 
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about 50% in the dust-loaded scenario, and correlation is improved relative to clean 

snow. In the case when no impurities are present in snow, snow cover duration is 

overestimated by about a month, while the dirty snow offline simulation reproduces snow 

cover duration closer to that observed, within about 13 days. The point-based simulation 

for the location in the San Juan Mountains in the Southern Rockies of the WUS suggests 

an average dust-in-snow radiative forcing of 54 W/m2 during MAM for the four years 

simulated. On a regional scale, the newly improved RCM produces a springtime radiative 

forcing over WUS of 16.26 W/m2, a consequence of surface albedo being reduced by 

about 6% in the presence of impurities in snow. This forcing causes the skin temperature 

to increase by 0.84 °C and leads to a WUS snowpack loss of about 11 mm averaged over 

the four simulated MAM seasons. WRF/SSiB-3/aer model results suggest an overall 

elevation dependency for change in TSK for the WUS region, with higher elevations 

(1400 – 2400 m) experiencing larger increase in TSK (0.58 – 0.92 °C) due to aerosols in 

snow, although certain vegetation type and freezing line location can suppress such 

effects.  

 

The RCM results are a preliminary look at what the impact of dust, BC and OC in snow 

is when realistic spatial and temporal distribution is used as forcing in a regional climate 

model with physically-based, comprehensive snow-aerosol interactions. One of the 

benefits of this model is that it could be used over any region of the world, at varying 

regional scales and spatial resolutions, and its output could be used in hydrologic models 

for various local and regional applications.  Additionally, because the model considers 

both snow aging and aerosols in snow explicitly, it can be employed for simulations 
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under a changing climate, including effects such as warmer temperatures affecting grain 

size evolution, increased dust emission and deposition due to increased drought-like 

conditions, and increased BC emissions.  

 

 

Part II presents longer-term, 10-year, RCM simulations over North America using 

WRF/SSiB-3/aer, to investigate the impact of dust, BC and OC in snow on surface 

energy and water balances across various regions of North America. Potential 

implications of such changes are also explored. 
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FIGURES  

 
 
 
Figure 1. Observed and modeled albedo using SiSiB-3/aer for 4 different years at the 
SASP site, along with precipitation and dust events and mass. 
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Figure 2. Observed and modeled snow depth [m] using SiSiB-3/aer for 4 different years 
at the SASP site. Short red dash indicates observed snow-all-gone date. Grey lines and 
arrows in (d) indicate periods over which various radiative forcings (RF) are calculated. 
D refers to “direct”, 1st ID to “first indirect”, 2nd ID to “second indirect” RF.  
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Figure 3. Observed snow grain radius [µm] at SASP for year 2011. 
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Figure 4. Observed and modeled dust mass [kg/m2] at SASP for year 2013, along with 
precipitation [mm/day] and modeled runoff for AER simulation [mm/day]. Right hand 
side axis for precipitation, runoff, and observed dust mass in top 30 cm. 
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Figure 5. Modeled (a) albedo and (b) snow depth [m] for sensitivity studies described in 
Table 1b, along with observations, for year 2013. (c) Sensitivity studies snow depth 
biases [m] with respect to observations for year 2013. 
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Figure 6. Snow water equivalent (SWE) [mm] for MAM 2009 in (a) observations 
(SNODAS) and modeled simulations with (b) WRF/SSiB-3/aer and (c) WRF-SSiB-
3/orig RCMs. Statistics (average, bias and spatial correlation with respect to 
observations) for each data set are included in the bottom left corner of each panel.  
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Figure 7. MAM 2009 difference in modeled (a) albedo, (b) net shortwave radiation (RF) 
[W/m2], (c) Skin Temperature [°C] , and (d) SWE [mm] between wrf_AER and 
wrf_NOAER simulations using WRF/SSiB/aer. Statistics listed in each panel refer to area 
averages during MAM over 30-50N, -129W to -102W, wherever difference for albedo, 
NSW, skin temperature and SWE are greater than 0.02, 5 W/m2, 0.2 °C, and 1 mm, 
respectively, with the percent change in parentheses. 
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Figure 8. (a) wrf_AER – wrf_NOAER TSK difference [°C] over MAM 2009 (averaged 
over a given elevation band) with respect to elevation [m]; (b) Vegetation category for 
elevation band 1400-2400 m; (c) wrf_AER – wrf_NOAER TSK difference [°C] over 
MAM 2009 wherever elevation is 1400-2400 m. 
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Table 2. Statistics for SSiB-3/aer model runs (AER and NOAER) with respect to in situ 
observations. 
 

 
 

a calculation does not include 0 values (i.e. only snow present in obs values) 
 b small sample size (e.g. =11 (2009)) 
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Table 3. aSnow-all-gone (SAG) dates for observations and for modeled AER and NOER 
cases; bnumber of days difference between observations and AER, observations and 
NOAER, and AER and NOAER (i.e. the impact of dust-on-snow on snowpack duration). 
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Figure B1. Spatial distribution for Mar, Apr, May, respectively, of (a)-(c) total aerosols 
mass (dust+BC+OC) in top model snow layer; (d)-(f) BC/OC mass only in top model 
snow; and (g)-(i) dust mass only in top model snow layer. Units of kg/m2. Note different 
color bar for BC/OC plots, panels (d)-(f). (1mm SWE mask is applied to all panels.)  
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Figure B2. WRF/SSiB-3/aer (a) vegetation type (see Table A2 for definition of 
vegetation type); (b) elevation [m].  
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Introduction  

 

In recent decades, there has been an observed increase in emission and deposition of 

aerosols such as desert dust, black carbon (BC), and organic carbon (OC) onto mountain 

snowpacks worldwide, including those of North America, as detailed in Part I - 

Introduction. These light-absorbing impurities, once deposited in snow lower its albedo, 

which has implications to surface energy and water budgets, as well as atmospheric 

circulation and climate. Here we present an overview of previous studies on the topic, 

and highlight the gaps and shortcomings that motivated the current work. The following 

chapters detail the findings of our experiments, which focus on the seasonal and 

interannual variability of aerosols-in-snow impacts, both locally and remotely, across 

various regions of North America. 

 

1.   Previous Studies and Their Shortcomings 

Because of the increase in deposition of aerosols in snow as discussed previously, 

sensitivity studies on the radiative forcing of such impurities in snow have been 

conducted using climate models. Radiative forcing (RF) of aerosols in snow, which refers 

to the enhanced absorption of solar radiation at the surface due to a lower snow albedo, is 

a consequence of the presence of the aerosol itself in the snow (direct effect), the larger 

snow grains due to accelerated snow metamorphism (first indirect effect), and the darker 

substrate exposed earlier due to the previous two effects (second indirect effect) (Painter 

et al., 2007; Hansen and Nazarenko, 2004). GCM studies estimate a global annual mean 

BC-on-snow surface radiative forcing to be somewhere between 0.05 W/m2 (Flanner et 
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al., 2007; Hansen et al., 2007-Supplementary Material) and 0.13 W/m2 (Bond et al., 

2013), with anthropogenic contributions of BC accounting for about 80%. On a regional 

scale, BC-on-snow radiative forcing was found to be about 20 W/m2 over the Tibetan 

Plateau (Flanner et al., 2007) and about 1.1 – 3.5 W/m2 over the Sierras and Central 

Rockies in North America, respectively, (Qian et al, 2009) in March. For dust on snow, a 

spring mean springtime radiative forcing in east central Upper Colorado River Basin in 

western U.S. (WUS) was found to be 31-49 W/m2 at the alpine site and 45-75 W/m2 at 

the subalpine site (Painter et al., 2012; Skiles et al., 2012). Aerosols in snow can trigger a 

severe springtime climate response because the forcing coincides with increase in solar 

irradiance and the onset of snowmelt, resulting in a more rapid snow ablation and an 

enhanced snow-albedo feedback (Flanner et al., 2007). These findings suggest that both 

BC and dust in snow induce a significant climate forcing.  

 

Through their direct impact on surface energy balance, aerosols in snow (AIS) can have a 

significant influence on the hydrologic cycle, atmospheric circulation, and climate, both 

on a regional and global scale (e.g. Qian et al., 2009, 2011; Painter et al., 2010; Skiles et 

al., 2012; Bond et al., 2013). For example, dust RF in the Upper Colorado River Basin in 

WUS could shorten snowcover duration by 21-51 days (Skiles et al., 2012) and cause 

peak runoff date to occur on average 3 weeks earlier, reducing runoff amount by about 

5% (Painter et al., 2010). On a larger scale, GCM sensitivity studies shown that BC in 

snow can have an impact on the Asian Monsoon, by causing an increase in surface air 

temperature, a reduction in spring snowpack over the Tibetan Plateau, shifting runoff and 

disturbing soil moisture budgets and surface fluxes (Qian et al., 2011), which could lead 
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to an increase in moisture, cloudiness and convective precipitation. Furthermore, it has 

been shown that dust and BC are more efficient at melting snow than warmer surface air 

temperatures (Hansen and Nazarenko, 2004; Hansen et al., 2005; Flanner et al., 2009; 

Qian et al., 2011; Skiles et al., 2012], meaning their effects on the hydrologic cycle and 

climate can be felt quicker than those from climate change induced warming.  

 

While these previous studies reveal important information about the impact of aerosols in 

snow on the surface energy and water budgets, as well as implications to atmospheric 

circulation and climate, many of them are conducted using either global climate models 

(GCMs) (e.g. Hansen and Nazarenko, 2004; Flanner et al., 2007; Flanner et al., 2009; 

Qian et al., 2011), or offline snow energy balance models, in mostly single-column 

simulations (e.g. Painter et al., 2010, 2012; Skiles et al., 2012). GCMs cannot resolve 

orographic-related precipitation processes due to coarser spatial resolution and smoother 

terrain, and therefore perform poorly when simulating snow in areas of complex 

topography (AR4; Ghan and Shippert, 2006), such as the western United States. It is 

important to better understand and quantify the impact of aerosols-in-snow on the 

mountain snowpack, surface energy budget, and subsequent hydrologic cycle, especially 

at a regional scale, since that is the scale at which resource managers, policy makers, and 

stakeholders are most concerned. Single-column snow energy balance models lack land-

atmosphere interaction processes, which are essential in capturing feedbacks between 

snow, aerosols-in-snow, and surface and air temperatures through the snow-albedo 

feedback. The point-based, single-column, simulations also cannot provide information 

about the spatial distribution of AIS and their impacts. The spatial distribution of the 
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amount and properties of snow and aerosols-in-snow is heterogeneous, especially in 

regions of complex topography (e.g. Zhao et al., 2013).  

 

Appropriate spatial resolution using regional climate models (RCMs) can improve snow 

simulations because they can more realistically reproduce orographic precipitation and 

snowpack accumulation over regions of complex topography such as the WUS (Leung et 

al., 2003; Leung and Qian, 2003; Rasmussen et al., 2011).  Few studies have used RCMs 

to investigate the impact of light absorbing impurities in snow on surface energy and 

water balance.  For instance, Qian et al. (2009) conducted an RCM study over WUS to 

investigate the impact of black carbon on the hydrologic cycle.  However, in their study, 

snow aging or vertically-resolved snowpack radiative heating processes, including those 

due to aerosols in snow, were not considered. These processes have been shown to be 

very important to snow albedo evolution and ice-albedo feedback (Marbouty, 1980; 

Fukuzawa and Akitaya, 1993; Sturn and Benson, 1997; Flanner and Zender, 2005; 2006). 

When light absorbing impurities are present in snow, snow aging and vertically-resolved 

snowpack radiative transfer processes allow models to capture the amplifying effect of 

aerosols in snow. In addition, this study only focuses on BC, and excludes deposition of 

dust in snow, which has been shown to have a significant impact on snow processes, one 

likely greater than BC in certain regions of WUS (e.g. Painter et al., 2007; Skiles, 2014). 

Furthermore, Qian et al. (2009) estimate BC in snow based on one-year simulation with a 

chemistry model and repeat that forcing for all years, limiting the interactions between 

BC and climate, and excluding interanual variabliity in both BC-in-snow deposition, as 

well as in its effects. Only very recently has there been a RCM study using an LSM with 
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physically-based snow process such as snow aging and vertically resolved snow radiaitve 

transfer that investigates the RF of dust and BC, however, this was a case study and was 

conducted over Asia (Zhao et al., 2014).  

 

2.   Motivation and Goals 

Thus far there have been no comprehensive studies using RCM with physically-based 

snow schemes that consider snow aging, interactive snow radiative transfer, and presence 

of aerosols in snow, that evaluate the impact of dust, BC and OC in snow across North 

America and its subregions, such as western U.S. and Canada, as well as the sub-regional 

mountain ranges like the Sierra, Rocky and Cascade. This was primarily due to a lack of 

such models.* The results from previous works that highlight the increasing evidence of 

aerosols in snow and their non-trivial effects motivated this work, in which a primary 

goal was to develop an RCM with physically-based snow processes that can used at local 

and regional scales to allow for quantitative assessment of the impact of light-absorbing 

impurities (dust, BC, OC) in snow on regional mountain snowpack, associated surface 

energy budget, hydrologic cycle, and climate. 

 

To this end, we modified and enhanced the SSiB-3 (Xue et al., 1991; 2003) land surface-

regional climate model within the WRF-ARW RCM modeling framework (Shamarock et 

al., 2008), by incorporating SNICAR snow radiaitve transfer model (Flanner and Zender, 

2005; 2006) and making appropriate modification to the LSM. Model development and 

validation was outlined in Part I of this work. The resulting model is hereinafter referred 

to as WRF/SSiB-3/aer (Oaida et al. 2014, under review). We design a set of experiments 
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in which we use WRF/SSiB-3/aer forced with realistic amounts of dust, BC, and OC in 

snow to study the seasonal and interannual impact of aerosols in snow on surface energy 

and water budgets across North America and specific sub-regions.  We also investigate 

implications of these changes in SEB and WB through local (e.g. forest fires, runoff 

changes), and remote aerosols-in-snow effects, such as larger-scale atmospheric 

circulation and climate changes, both of which have serious implications to society. 

Chapters 3-5 present these efforts. 

 

 

 

*Note: Only very recently WRF/NCAR released a version in which the CLM land surface 

model became available as an option, and which has SNICAR incorporated within. 

However, at the start of this work, there were no RCMs with physically based snow 

schemes and which accounted for presence of AIS. The new WRF/CLM/SNICAR 

framework has not been used or validated across U.S. or North America at large as of 

yet. 
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Chapter 3 

Experimental Design 

 

ABSTRACT  

Part I presented the model development, detailing how WRF/SSiB-3 regional climate 

model (RCM) was modified to have more physically-based snow processes. The new 

RCM, WRF/SSiB-3/aer, computes surface energy (SEB) and water (WB) budgets based 

on snow albedo and solar flux absorption radiative transfer in snow that considers snow 

aging and light-absorbing impurities (aerosols) in snow processes. In this chapter we 

describe the model experimental setup and data used to force WRF/SSiB-3/aer over a 10-

year period over North America, with a thorough discussion of the GOCART surface 

aerosol deposition data used in the aerosol-loaded snow scenario. We describe the spatial 

and temporal distribution of dust, BC and OC across various regions of North America, 

including western U.S., northern Canada, and the Great Lakes/Northeast U.S. regions. 

We identify springtime as the peak period of aerosol surface deposition, which over 

snow-covered areas is crucial, given incoming solar radiation begins to increase during 

this time, magnifying the radiative forcing of aerosols in snow, as it will be shown in 

Chapters 4 and 5. This is in agreement with previous studies. We also highlight years of 

peak deposition, which help explain interannnual variability of the response in SEB and 

WB to this forcing. Given the spatial distribution of GOCART surface aerosol deposition, 

we select three main regions of interest to further investigate the effect of aerosols in 

snow on SEB and WB, and subsequent potential implications.  
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1. Experimental Design 

 

In order to address the scientific issues previously discussed, we employ the WRF/SSiB-

3/aer regional climate model (see Chapter 1 and Oaida et al. 2014, under review). 

WRF/SSiB-3/aer is a recently enhanced version of WRF-ARW (v3.4) (Shamarock et al., 

2008) coupled with the SSiB-3 land surface model (Xue et al., 1991; Xue et al., 2003) 

where improvements to snow radiative processes are addressed, including those due to 

snow aging and aerosols-in-snow. A detailed description of the WRF/SSiB-3/aer can be 

found in Chapter 1. In summary, the previously coupled WRF/ARW – SSiB-3 model 

(WRF/SSiB-3) was modified to include physically-based snow processes, namely snow 

aging and vertically-resolved radiative transfer in snow. This was achieved by 

incorporating the SNow ICe and Aerosol Radiative (SNICAR) model by Flanner and 

Zender (2005, 2006) within the WRF/SSiB-3 model framework. SNICAR simulates 

radiative transfer in the snowpack using the two-stream, multiple scattering, multi-layer 

radiative approximation of Toon et al. (1989). Optical properties of ice grains and light 

absorbing impurities are calculated with Mie theory on the same 5-band spectral grid 

employed by the radiative transfer model. Ice optical properties depend on the snow 

effective grain size, which is prognosed by the snow aging scheme. In this formulation, 

the effective snow grain size changes due to dry metamorphism, wet metamorphism, new 

snowfall, and refreezing. Dry metamorphism is calculated as a function of snow 

temperature Tsnow, temperature gradient TGsnow between snow layers, and snow density 

ρsnow based on an empirical equation by Legagneux et al. (2004), which robustly fits 

predictions of grain size evolution from a more detailed microphysical model (Flanner 
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and Zender, 2006). Wet metamorphism is represented empirically based on Brun et al. 

(1989). Refreezing of liquid water and deposition of fresh snow also contribute to grain 

evolution, the latter being represented by effective radius of fresh snow. Sintering, the 

fifth process, is not explicitly modeled in this scheme, but is implicitly accounted for, to 

some extent, in the aging parameters applied for dry snow evolution. Concentration of 

impurities in snow and effective snow grain radius are used in the radiative transfer part 

of SNICAR, which outputs snow albedo and amount of solar flux absorbed by the 

snowpack. These are then passed to the SSiB-3 land surface model to compute water and 

energy budgets.  

 

WRF/SSiB-3 model was also modified to account for the deposition and movement of 

aerosols such as desert dust, black carbon (BC), and organic carbon (OC) in the 

snowpack. The aerosol mass is first inputted onto the snow surface, either provided by a 

surface aerosol deposition map, or by an atmospheric chemistry/transport model, and the 

sum of wet and dry atmospheric deposition is added to the top snow layer only. Aerosol 

amount changes as the snow mass of each layer changes with new snowfall, compaction, 

or runoff. During melt, the mass of aerosols within each model snow layer is adjusted due 

to scavenging by meltwater, the efficiency of which is aerosol-species dependent.  

 

WRF/SSiB-3/aer simulations are performed over the domain covering most of North 

America (Figure 1), including the contiguous United States and Canada, with parts of the 

Pacific and Atlantic Oceans at the western and eastern boundaries, respectively. The 

domain is centered at 46°N and 100°W, with a 45 km x 45 km horizontal resolution and 
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35 vertical levels, and model top at 50 mb. The model is run continuously over a period 

of 10 years, 2000 through 2009, with output every 6 hours. The following schemes were 

selected for the model simulations: CAMS shortwave and longwave radiation [Kiehl et 

al., 1996], Kain-Fritsch convection parameterization [Kain and Fritsch, 1993; Kain, 

2004], the Yonsei University (YSU) boundary layer scheme [Hong et al., 2006], WRF 

Single-Moment 6-class cloud microphysics scheme [Hong et al., 2006], and the 

aforementioned, modified SSiB land surface model (Xue et al., 1991; Xue et al., 2003; 

Oaida et al., 2014, under review).  Global NCEP-DOE Reanalysis II [Kanamitsu et al., 

2002] data at 2.5° horizontal resolution and 6-hour temporal interval is used as initial and 

lateral boundary conditions. Model is run under two scenarios: aerosol-free (NOAER) 

and aerosols-loaded (AER) snow. In the AER experiment, the GOCART aerosol surface 

deposition data set (dust, BC and OC) is used as additional forcing. This data set and its 

applications in this study are further discussed in the next section.  

 

 

2. GOCART surface aerosols deposition data 

 

GOCART, the Goddard Chemistry Aerosol Radiation and Transport model, simulates 

emission, transport, and wet and dry deposition of major tropospheric aerosol 

components, including dust, black carbon (BC), organic carbon (OC), sulfur, and sea salt 

(for more details, see Chin et al., 2000 for sulfate, Ginoux et al., 2001 for dust, and Chin 

et al., 2002 for other aerosols). The model has been used in several studies to simulate 

dust distribution globally, and comparisons with observations find it generally reproduces 
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dust distribution patterns and seasonal surface concentration variability reasonably well 

(e.g. Ginoux et al., 2001; Ginoux et al., 2003).  

 

2.1   Processing GOCART data for input to WRF 

For this work, the GOCART group provided monthly surface accumulations of dust, BC 

and OC for the period 2000-2009 at a 1° x 1.25° horizontal resolution, globally (Chin, 

personal communications, 2013). Using the GOCART data allows us to apply a realistic 

spatial and temporal surface aerosol forcing on snow that covers the North America 

domain and captures the seasonal and interannual variability of such aerosols. Because 

the model is run over the entire globe, it also captures contributions from trans-oceanic 

transport of such aerosols, which have been shown to be a fraction of the North American 

budget (e.g. Fairlie et al., 2007), the other being local, North American source. We 

process the GOCART data such that daily values of dust, BC and OC, smoothed over the 

entire day, are deposited onto the modeled snowpack every 7 days, to represent weekly 

aerosol deposition events. This temporal interval is reasonable given observed springtime 

dust deposition events over the WUS (e.g. Painter et al., 2012), which is the dominant 

aerosol-in-snow species found in WUS (dust is 2 orders of magnitude larger that BC/OC 

across WUS according to GOCART simulated surface aerosol deposition; see Section 2.4 

for a discussion of spatial and temporal aerosol surface distributions).  

 

In order for the GOCART data to be ingested into WRF/SSiB-3/aer, several steps had to 

be taken: (i) data were transformed to a regular 1°x1° horizontal resolution; (ii) data were 
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converted to needed units: dust from kg/box to kg/m2, BC and OC from mole/box to 

kg/m2 using the following: 

� 

dustMass[ kg
box

]/gridBoxArea[ m
2

box
] = dust[kgm2]

    (Eq . 1)
 

� 

BCmass[mole
box

]×molecularMass[ g
mol

]× 1kg
1000g

/gridBoxArea[ m
2

box
] = BC[kgm2]

    (Eq. 2)
 

where grid box area is provided in the GOCART data set, and molecular mass of BC is 

12 g/mol; (iii) wet and dry deposition values are summed together to give total 

deposition; (iv) WRF takes the accumulated monthly aerosol values and places them at 

the 15th of each month, then interpolates to a daily value. For this study, every 7th day 

value is used as input and deposited onto the modeled snowpack, smoothed over the 

entire day, again, to represent weekly aerosol deposition events. 

 

2.2   GOCART-SNICAR Dust Size Bins Discussion 

Dust surface deposition amount from GOCART is provided in five size bins: 0.1-1 µm 

(du1), 1-1.8 µm (du2), 1.8-3 µm (du3), 3-6 µm (du4), and 6-10 µm (du5). We use the first 

four bins and match them as best as possible to the SNICAR dust optical properties size 

bins (Table 1). For example, the amount of dust deposited on snow at a given time from 

GOCART dust size bin 4 (3-6 µm) will have the optical properties of dust in the 2.5-5 µm 

range found in the SNICAR look up table. We do not expect this slight mismatch 

between GOCART dust mass bins and SNICAR dust optical properties bins to be an 

issue. The only problem with the GOCART dust size bins is that it does not provide 

surface deposition amount for the larger dust particles found in WUS, 6-100 µm (e.g. 

Lawrence et al., 2010; Skiles 2014; also see Section 2.3 and Figure A1 in Chapter 1), 
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implying this may cause our simulations to underestimate the full impact of dust in snow 

on albedo.  

 

In Chapters 1 and 2 we discussed the potential discrepancy between SNICAR dust optical 

properties and those of dust found in WUS. In the offline simulations presented in 

Chapter 2 we find that reducing SSA by 0.2 produces model results that best match in 

situ observations. Our choice was further justified by very recent work that shows dust at 

a site in WUS is more absorptive than SNICAR dust in the visible part of the spectrum 

(Skiles, 2014). While we consider the SSA adjustment an appropriate method for the 

offline validation since this was done for that same site (SASP), in our long-term 10-year 

North America simulations we employ the original dust optical properties provided by 

SNICAR. There is still much uncertainty and unknowns in dust properties across North 

America, and we assume spatial heterogeneity in dust characteristics across this large 

domain. Since SNICAR dust optical properties is representative of generic, global dust, 

and since GOCART aerosol surface deposition data comes from a globally run model, we 

find using SNICAR original dust properties to be most appropriate for use in the 10-year 

RCM simulations over North America.  

 

2.3   Shortcomings in using GOCART 

GOCART provides good spatial coverage, and captures the seasonal and interannual 

variability of aerosol surface deposition, but it is important to acknowledge some of the 

shortcomings associated with using it in a study such as this one. Because the model used 

to provide the data is a global model, it has a relatively coarse spatial resolution (here 1° 
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x 1.25°), which might cause it to miss the spatial and temporal variability of aerosol 

deposition on mountain snow, primarily due to the smoothing of high complex terrain. In 

addition, since GOCART was run separately from our RCM simulations, there is a 

discrepancy between timing of aerosols surface deposition and snowfall/snow 

accumulation. Based on the above-presented method of inputting the GOCART light 

absorbing impurities in the RCM snow, the deposition onto the snowpack is done rather 

evenly through time (once every 7th day), and not in sink with snow or rain fall events, 

which deposit aerosols through wet removal. (Intra-annual variability is still captured – 

see Section 2.4.) This mismatch implies some potential error in the vertical profile of 

aerosol concentrations in the snowpack. However, by adjusting the mass of aerosols in 

each snow layer when there is snowfall (including the top layer), our model accounts for 

the redistribution of aerosols in snow with new precipitation, even if the snowfall event 

may not match exactly with a potential wet deposition aerosol event. To account for such 

mismatches, the RCM would have to be run with atmospheric “chemistry” and 

“transport” components turned “on”. This requires adequate dust, BC, and OC emission 

schemes. Given the current large uncertainty in processes controlling dust emissions 

characteristics, including dust size distribution (e.g. Reid et al., 2003) and spatial 

variability, dust surface deposition provided by running WRF with chemistry component 

coupled (Grell et al., 2005) might have just as large of an uncertainty as that of the 

current method used here. The uncertainty of WRF-Chem over North America in terms 

of dust emissions is unknown since there haven’t been any studies assessing this 

capability. We therefore chose GOCART as the surface aerosol forcing data in our 

WRF/SSiB-3/aer simulations. 
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2.4   GOCART spatial and temporal distribution across North America 

Despite some caveats, GOCART data was the only data available with the desired spatial 

and temporal coverage, and which included seasonal and interannual variations in surface 

deposition of light-absorbing impurities such as dust, BC and OC, allowing for thorough 

investigation of the impact of aerosols in snow (AIS) on surface energy and water 

budgets on such time scales, across the North American region. Such assessment has not 

yet been done. In this section we discuss the spatial and temporal distribution of the 

GOCART data. 

 

2.4.1   Dust 

Figures 2-5 display the 10-year averages of monthly sums of the spatial and temporal 

distribution of surface dust deposition in the GOCART data, which is used as the aerosol-

in-snow forcing in the model simulations, along with 1mm SWE contour line for 

reference. Shown is only dust amount from every 7th day, summed for a given month to 

yield the total surface dust deposition imposed in the model simulation for that given 

month. In general, the largest deposition across North America occurs in Apr-May-Jun 

across southwest U.S., along the Rocky Mountain Range, and for the smaller dust, across 

the Great Plains. The smaller dust (du1 and du2) is more widely spread and can be found 

throughout most of the U.S., with a maximum along the Great Plains during April-May. 

In late winter and early spring, a maximum in smaller dust (du1 and du2) can also be seen 

over southern California and southwest Arizona (Figures 2 and 3). Larger dust (du3 and 

du4) is more confined to southwest U.S., with a clear maximum throughout most of the 
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year over Arizona, and a general large deposition in southwest U.S. and the southern 

Rocky Mountains (Figures 4 and 5). This peak is quite prominent during winter and 

spring, when surface dust deposition is over snow-covered areas. The northern parts of 

North America receive a relatively small amount of dust deposition, a result of being 

farther away from major dust sources. Northern Canada has little-to-no large dust particle 

(du4) deposition because the bigger dust grains (3-6 µm) have a short atmospheric 

lifetime (e.g. Seinfelt and Pandis, 1998) and will not be transported such great distances 

from the southwest U.S. primary source regions. Figure 6 shows the sum of all dust 

species for March-April-May (MAM), with areas with SWE less than 1mm masked out. 

The largest amount of dust-in-snow is found in WUS mountainous areas like the Rocky 

Mountain range. The fact that peak dust deposition at the surface coincides with 

springtime when insolation increases means that light-absorbing impurities in snow can 

be very powerful at enhancing snowmelt, as it will be discussed in Chapter 4. 

 

The spatial and seasonal distribution of dust across the United States and Mexico in our 

simulations using GOCART data is consistent with observational studies. Ginoux et al. 

[2012] identified the southwest U.S. and northern Mexico as having the highest dust 

events frequency across North America during MAM based on MODIS observations. 

They also identified these regions as being major dust source regions, both anthropogenic 

and natural (see Figure 6 in Ginoux et al., 2012).  

 

2.4.2   BC and OC 
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The 10-year mean spatial and seasonal distribution of surface BC deposition in the 

GOCART data is shown in Figure 7, along with 1mm SWE contour line for reference. 

The primary areas where BC is deposited at the surface is along the two coastal areas, 

coinciding with urban development. Surface BC maxima can be seen all along the west 

coast, with deposition on snow over the Sierra and Cascade mountain ranges. These 

maxima are most prominent from November to April. The surface BC across the eastern 

part of the continent is more widespread due to urban centers being more abundant and 

expansive in these parts. Significant deposition on snow is found in the Great Lakes 

region and the Northeast (GLNE) starting in October and lasting through May. During 

June-July there is a significant amount of BC deposited on snow in the northern parts of 

Canada. The spatial distribution of GOCART BC surface deposition is in agreement with 

that predicted by Flanner et al. (2007), who simulated global BC concentration in snow 

using emission estimates based on fuel-use data and assumptions about local combustion 

technology and practice from Bond et al. (2004), as well as biomass burning estimate 

from Van def Werf et al. (2006), which are derived from satellite-monitored burned 

areas. Stolh et al. (2006) suggest boreal forest fires are the dominant source of arctic BC 

during moderate fire seasons, and exhibit strong interannual variability.  

 

Figure 8 shows the 10-year monthly averages of the spatial and seasonal distribution of 

surface OC deposition in the GOCART data. OC has similar spatial and seasonal 

distribution to BC, but is one order of magnitude larger. It is also more widespread across 

the northern parts of the continent, and peaks during June-July-August. Based on the 

GOCART data, OC is a significant contributor to aerosols-in-snow across NCan May 
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through July, as well as in the NE Nov through Apr. BC and OC could be major 

contributors to the effects AIS might have in regions such as NCan, where dust cannot 

reach.  

 

To more clearly show the relative contributions of dust, BC and OC to the aerosols-in-

snow effect across the year, we looked at their area average surface deposition across the 

three main regions where they appear to be most prominent: WUS (33-50°N, 125-

103°W) and Northern Canada (NCan; 50-63°N, 140-50°W), and Great Lakes/Northeast 

(GLNE; 40-50°N, 90-60°W), analyzing their seasonal and interannual variability. Area 

average is done over snow-covered regions only (where SWE > 1 mm).  

 

2.4.3   Seasonal variability 

Figure 9a shows the seasonal variability of dust, BC, and OC across the WUS. Generally, 

all three regions have a similar seasonal pattern, with lower aerosol surface deposition 

values during late fall and winter season (Oct-Feb), increasing during later winter, early 

spring (Mar), and peaking during later spring, early summer (Apr-Jun). Surface 

deposition of small-to-medium dust (du1-du3, 0.1-3 µm) particles increases starting in 

Feb-Mar, peaks during Apr-May, and remains relatively high during Jun-Jul-Aug-Sep 

(JJAS). BC and OC surface deposition across WUS are two and one orders of magnitude 

smaller than dust, respectively. BC tends to have a constant value Jan-Apr, peaking 

slightly during May-Jun, and decreasing in Jul-Sep. OC is also somewhat constant during 

Jan-Mar, increases more significantly Apr-May and peaks in Jun, then dramatically 
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decreasing Jul-Sep. Jul-Dec surface deposition values for BC and OC are generally very 

small.  

 

Across Canada (Figure 9b), dust is still the primary aerosol species found at the surface, 

but BC and OC have a relatively larger contribution than they did in WUS, BC being one 

order of magnitude smaller than dust, and OC having the same magnitude in its peak 

season. It is mostly the small/medium-sized dust (du2) that dominates, which is to be 

expected given most dust sources are in southwestern U.S. and the Great Plains [Ginoux 

et al., 2012], farther from the Canadian snowpack such that the larger dust cannot be 

transported those distances. All dust peaks Mar-Jun, while OC peaks in Jun-Jul-Aug. In 

these northern regions, OC is a significant contributor to aerosols-in-snow, in June having 

same order of magnitude as dust. Because of the high latitude, snow can be found in the 

north most parts of the continent later in the year, through most of the summer, 

suggesting that aerosols-in-snow, peaking in surface deposition Apr-Jun, can have an 

impact in these regions, despite it being late in the season.  

 

In the Great Lakes and Northeast region (Figure 9c), dust has a similar pattern to that in 

NCan, while BC and OC have a similar pattern to that in WUS, with BC having a 

relatively large value throughout Dec-Jun and being very small Jul-Nov, whereas OC is 

relatively small Jul-Dec, starts slowing increasing Jan-Apr, and peaking May-Jun, then 

drastically decreasing in July. All aerosols are on the same order of magnitude as those 

found across WUS. 
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2.4.4   Interannual variability  

The interannual variabilities of GOCART dust, BC and OC surface deposition in WUS, 

NCan, and GLNE are shown in Figure 10. Once again, across all regions, dust has larger 

magnitude than BC and OC. Across WUS, the larger dust (du4) has the most interannual 

variability, and the smallest dust the least (Figure 10a), but over NCan and GLNE all dust 

types have similar interannual variability, with mid-size dust having largest magnitude, 

and largest dust the smallest. Over the WUS, the largest dust surface deposition occurs in 

2002, 2004, and 2007, and the smallest during 2005 (Figure 10d), whereas for BC/OC, 

anomalously larger years are 2003 and 2008 (Figure 10g). Across NCan, one noticeable 

fact is that OC is similar in magnitude with du4 (Figure 10b). BC concentrations are 

relatively small in this region (one order of magnitude smaller than OC and du4, and two 

orders of magnitude smaller than du2 and du3.  Dust has comparable interannual 

variability in NCan as it did over the WUS, with 2001, 2004, 2008, and 2009 seeing 

slightly above average surface deposition, and 2003 and 2005 seeing anomalously lower 

amounts (Figure 10e). Anomalously large BC and OC years in NCan are 2002, 2003 and 

2004, with 2001 and 2009 having relatively lower deposition with respect to the 9-year 

average (Figure 10h). Flanner et al. (2007) also identify 2001 as being a low biomass-

burning year based on their 1997-2004 emissions time series. In the GLNE regions, the 

interannual variability of each aerosol species is very similar to that in NCan (Figure 

10c). The largest dust surface deposition occurs during 2002, 2004, 2008, and 2009 

(Figure 10f), while for BC and OC, during 2002 and 2008 (Figure 10i). Years 2003 and 

2005 see the lowest dust deposition, while 2005 and 2007 the lowest BC and OC surface 

values. NCan and GLNE have significant BC and OC interannual variability, likely due 
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to variability of forest fires in these regions (Stohl et al., 2006). WUS has little BC/OC 

interannual variability.  

 

Considering all aerosol species surface deposition across each region, we can identify the 

years with low and high values. In the WUS, 2002, 2007, and 2004 (in that order) have 

the most surface aerosol deposition, while 2005 has the least. Across Northern Canada, 

the most aerosols deposit in 2001, 2004, 2008, and 2009, with 2003 and 2005 having the 

lowest values. Over GLNE, 2002, 2004, 2008, and 2009 have the largest amount of 

aerosol deposition, and 2005 and 2003 the smallest. From this, it is evident that across all 

three regions, year 2004 experiences anomalously large surface aerosol deposition 

relative to the 9-year average, while year 2005 sees relatively low values.  

 

Figure 11 shows the total mass of aerosols (dust, BC, and OC) found in the top 2 cm of 

modeled snow. This is an accumulation through time. However, because aerosols in snow 

are adjusted along with snow layer depth based on new snowfall, compaction, and melt, 

this accumulation is not strictly increasing with time. The largest amount can be seen 

over three main areas: (1) WUS during springtime, with its mountain ranges, complex 

topography, and seasonal snowpacks that are essential to the region’s water resources, (2) 

Great Lakes/Northeast during winter and spring, and (3) Northern Canada during June-

July. We will focus our analysis of impacts of aerosols-in snow on these regions.  

 

Summary  
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The recently enhanced WRF/SSiB-3/aer RCM is set up to conduct 10-year long 

simulations over North America, from 2000 to 2009, under two scenarios: aerosol-free 

(NOAER) and aerosol-loaded (AER). The difference between the two cases can provide 

insight into impact of light-absorbing impurities in snow on surface energy (SEB) and 

water (WB) balances across the North American continent, on both a seasonal and 

interannual scale. 2000-2009 GOCART dust, BC, and OC surface aerosol deposition 

monthly accumulation data is used as forcing in the AER simulations. The monthly 

surface aerosol data is processed such that daily values of dust, BC and OC, smoothed 

over the entire day, are deposited onto the modeled snowpack every 7 days, to represent 

weekly aerosol deposition events. GOCART comes in 1° x 1.25° horizontal resolution, 

which is interpolated to the RCM spatial resolution of 45 km x 45 km. Despite some 

shortcomings in using surface aerosol data conducted offline – separate from the RCM 

simulations – such as potentially mismatched timing of precipitation events and wet 

aerosols deposition, and a somewhat coarse horizontal resolution that might cause 

misrepresentation of spatial distribution of surface aerosols in regions of high 

topography, GOCART is still appropriate given our experimental setup and goals. It 

provides data coverage across the relatively large domain of interest, and captures 

seasonal and interannual variability of surface aerosol deposition. It also considers both 

local as well as trans-oceanic transport of aerosols given GOCART is run globally.  

 

In this chapter we discuss the spatial and temporal distribution of dust, BC and OC across 

various regions of North America, including western U.S., northern Canada, and the 

Great Lakes/Northeast U.S. regions. We identify springtime as the peak period of aerosol 
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surface deposition, which over snow-covered areas is crucial, given incoming solar 

radiation begins to increase during this time, magnify to radiative forcing of aerosols in 

snow, as it will be shown in Chapters 4 and 5. We also highlight years of peak deposition, 

which might help explain interannnual variability of the response in SEB and WB to this 

forcing. Given the spatial distribution of GOCART surface aerosol deposition, we select 

three main regions of interest to further investigate the effect of aerosols in snow on SEB 

and WB, and subsequent potential implications.  
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FIGURES  
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Figure 2. Spatial and seasonal distribution of surface dust 1 (0.05-0.5 µm) deposition 
from the GOCART data [kg/m2 x105], used as the aerosol-in-snow forcing in model 
simulations, along with 1mm SWE contour line for reference – 2000-2009 average. 
Shown is monthly summed dust amount from every 7th day, giving the total surface dust 
deposition imposed in the model simulation for that given month, and averaged over the 
10 years).  
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Figure 3. Spatial and seasonal distribution of surface dust 2 (0.5 -1.25 µm) deposition 
from the GOCART data [kg/m2 x104], used as the aerosol-in-snow forcing in model 
simulations, along with 1mm SWE contour line for reference – 2000-2009 average. 
Shown is monthly summed dust amount from every 7th day, giving the total surface dust 
deposition imposed in the model simulation for that given month, and averaged over the 
10 years).  
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Figure 4. Spatial and seasonal distribution of surface dust 3 (1.25-2.5 µm) deposition 
from the GOCART data [kg/m2 x104], used as the aerosol-in-snow forcing in model 
simulations, along with 1mm SWE contour line for reference – 2000-2009 average. 
Shown is monthly summed dust amount from every 7th day, giving the total surface dust 
deposition imposed in the model simulation for that given month, and averaged over the 
10 years).  
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Figure 5. Spatial and seasonal distribution of surface dust 4 (2.5-5 µm) deposition from 
the GOCART data [kg/m2 x104], used as the aerosol-in-snow forcing in model 
simulations, along with 1mm SWE contour line for reference – 2000-2009 average. 
Shown is monthly summed dust amount from every 7th day, giving the total surface dust 
deposition imposed in the model simulation for that given month, and averaged over the 
10 years).  
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Figure 6. Spatial and seasonal distribution of MAM total surface dust (sum of du1, du2, 
du3, du4) deposition from the GOCART data [kg/m2 x104], used as the aerosol-in-snow 
forcing in model simulations; areas where SWE < 1mm are masked. 2000-2009 average. 
Shown is monthly summed dust amount from every 7th day, giving the total surface dust 
deposition imposed in the model simulation for that given month, and averaged over the 
10 years). 
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Figure 7. Spatial and seasonal distribution of surface BC (sum of hydrophilic and 
hydrophobic) deposition from the GOCART data [kg/m2 x106], used as the aerosol-in-
snow forcing in model simulations, along with 1mm SWE contour line for reference. 
2000-2009 average. Shown is monthly summed dust amount from every 7th day, giving 
the total surface dust deposition imposed in the model simulation for that given month, 
and averaged over the 10 years). 
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Figure 8. Spatial and seasonal distribution of surface OC (sum of hydrophilic and 
hydrophobic) deposition from the GOCART data [kg/m2 x105], used as the aerosol-in-
snow forcing in model simulations, along with 1mm SWE contour line for reference. 
2000-2009 average. Shown is monthly summed dust amount from every 7th day, giving 
the total surface dust deposition imposed in the model simulation for that given month, 
and averaged over the 10 years). 
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Figure 9. Seasonal variability of surface aerosol deposition on snow across (a) WUS*, 
(b) Northern Canada*, and (c) GLNE.  *Area average where SWE > 1mm, over 33-50N, -125 to -
103W for WUS; 50-63N, -140 to -50W for NCan; 40-50N, -90 to -60W for GLNE. 
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Figure 10. Inter-annual variability of surface aerosol deposition on snow across WUS* 
(a, d, g) , Northern Canada* (b ,e, h), and GLNE (c, f, i). Horizontal orange and black 
lines indicate 10-year means.  *Area average where SWE > 1mm, over 33-50N, -125 to -103W for 
WUS; 50-63N, -140 to -50W for NCan; 40-50N, -90 to -60W for GLNE. 
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Figure 11. Spatial and seasonal variability of aerosol mass (kg/m2 x103) in top 2 cm of 
modeled snow. Areas where SWE < 1 mm, are masked. Includes BC, OC and all four 
dust types. 
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Chapter 4 

 

Aerosols-in-Snow—Induced Surface Energy and 
Water Balance Changes across North America 
and Their Implications 
 

 

 

ABSTRACT  

 

The 10-year (2000-2009) RCM simulations with the new WRF/SSiB-3/aer model over 

North American is first validated against temperature and precipitation observational 

data. The RCM is able to capture the large-scale surface temperature and precipitation 

spatial features during both winter and spring seasons, including those areas associated 

with higher complex topography. Springtime temperature bias is reduced in the AER 

case, suggesting that including aerosols in snow (AIS) in model improves simulation. 

Comparing 10-year average AER minus NOAER simulations, we find albedo is reduced 

the most during MAM by about 0.02 over western U.S. (WUS), but by as much as 0.14-

0.19 in certain regions. High latitudes such as Northern Canada (NCan) see a decrease in 

albedo later in the season, during MJJ, with average July reductions of 0.05, and a 

maximum of 0.36. Given the decrease in albedo, aerosols in snow induce a surface 

radiative forcing (RF) ranging 8.5 W/m2 over WUS to 13.6 W/m2 over NCan during 

MAM and MJJ, respectively. Certain regions experience net shortwave increase of about 
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65 W/m2 during peak ablation. This excess solar radiation absorbed by the surface due to 

AIS causes an average increase in skin temperature TSK of 0.5 °C, in particular during 

MAM in WUS and MJJ in NCan. Negative changes in TSK are simulated during summer 

season when snow is no longer present, suggesting a remote impact of AIS. Due to 

increase in TSK, snow mass is also reduced in AER case during the ablation period, on 

average decreasing by 12 mm, 45 mm, and 8 mm across WUS, NCan, and GLNE, 

respectively. Changes found in our study are higher than those found by GCM 

simulations, RF being an order of magnitude large in our RCM simulation, for example. 

Furthermore, the regional study presented here provides more detailed spatial distribution 

of AIS and their effects across various regions of North America over its GCM 

counterparts.  

 Such changes to the surface energy and water balance can have remote 

implications to regional climate. Our results suggest AIS can cause a cooling at the 

surface post-snowmelt season in certain regions, likely due to local effects, such as 

through temporary increase in soil moisture. Furthermore, the springtime heating caused 

by AIS may induce an atmospheric anomaly that leads to a bi-pole temperature and 

precipitation anomaly pattern in the summer across southern U.S., and may also have an 

influence on upper level winds, causing a shift in the June 200 mb subtropical jet during 

years with large AIS deposition.  
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1.    Model Validation 

 

1.1 Evaluation Data 

Prior to assessing the impact of aerosols-in-snow on surface energy and water balances, it 

is important to validate the model’s behavior when it comes to simulating the main 

components of these processes, such as temperature, precipitation, and SWE. The 

following data are used to evaluate model simulations. 

 We use the Global Historical Climatology Network version 2 and the Climate 

Anomaly Monitoring System (GHCN + CAMS) 2m temperature data (hereinafter 

referred to as CAMS) for comparison with our model simulations (Fan and van den Dool, 

2008). The data can be downloaded through the following link 

ftp://ftp.cpc.ncep.noaa.gov/wd51yf/GHCN_CAMS/. CAMS is a monthly global gridded 

land surface temperature data set, with spatial resolution of 0.5° x 0.5° (roughly 50 km x 

50km), and a temporal coverage from 1948 to present. We chose this data set because it 

matches well with model spatial resolution of 45 km, and covers the 2000-2009 simulated 

period. Since most weather stations used in such observational products are located at 

lower elevations, and as temperature changes rapidly with height, we apply a topography 

correction to the observed data in order to make sure that surface temperature from the 

model and the observation are compared at the same height (e.g. Xue et al., 2006). This 

correction is especially important in areas where topography is high, such as the WUS 

region of North America. A lapse rate of 6.5 °C/km was used. (An older version of 

CAMS data comes with station location/altitude information. We average this elevation 

information from 2000-2003, since this older data covers 1948-2003, therefore we selects 
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only the more recent years that overlap with our temporal range. CAMS elevation does 

not seem to change much in the more recent observational years.) 

 For validation of modeled precipitation we use the CPC Unified Gauge-Based 

Analysis of Global Daily Precipitation (Chen et al., 2008; Xie 2010), hereinafter referred 

to as CPC. CPC is a gauge-based analysis of daily precipitation constructed over global 

land areas. Gauge reports from over 30,000 stations are collected from multiple sources 

including GTS, COOP, and other national and international agencies. Quality controlled 

data through comparisons with historical records and independent information from 

measurements at nearby stations, concurrent radar / satellite observations, as well as 

numerical model forecasts, are used to create analyzed fields of daily precipitation with 

consideration of orographic effects (Xie et al. 2007). The daily analysis is constructed on 

a 0.125° lat/lon grid over the entire global land areas, and released on a 0.5° lat/lon grid 

over the global domain for a period from 1979 to the present [source Xie, 2010]. This 

dataset is split into two periods: “retrospective” which uses 30K stations and spans 1979-

2005 and “real-time” which uses 17K stations and spans 2006-present. We chose this 

dataset over its CONUS counterpart because it includes all of North America, covering 

the entire model domain.  It also matched model spatial resolution well, which is again 45 

km x 45 km. Data and more information can be retrieved from 

https://climatedataguide.ucar.edu/climate-data/cpc-unified-gauge-based-analysis-global-

daily-precipitation. 

 There is still significant uncertainty in mountain snowpack observations (e.g. 

Qian et al., 2009), and a general lack of reliable SWE measurements on a larger regional 

scale. We do a rough comparison to the Rutgers snow cover product (Robinson et al., 
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2012) to show that model spatial distribution of the snow line is reasonable, in particular 

during the ablation period. The snow cover data are a gridded to 1° x 1° grid cells using 

gridded composites of visible imagery for the eastern and western hemispheres of the 

Northern Hemisphere, and the imagery is supplemented with daily reports of snow depth 

at several thousand stations. Rutgers snow cover data can be accessed here 

http://climate.rutgers.edu/snowcover/index.php.  

 

1.2 Temperature 

Figure 1 shows the seasonal mean surface temperature for winter (Dec-Jan-Feb, DJF) and 

spring (Mar-Apr-May, MAM) in observations (2m temperature) and model simulations 

(skin temperature, TSK), averaged over 2000-2009. Large-scale spatial features are well 

captured by both AER and NOAER model simulations throughout both seasons, with 

spatial correleations of 0.97 in both DJF and MAM, 0.92 in JJAS across the model 

domain (Table 1). The model has a small cold bias, but it is generally smaller than -1.72 

°C and -1.75 °C in DJF, and less than -1.28 °C and -1.53 °C in MAM across North 

America (NAm; 20-65N, 150-50W) with respect to observations, for AER and NOAER 

scenarios, respectively (Table 1). The summertime model bias across the entire domain is 

small, less that 0.91 °C. The RCM also captures the cooler temperatures associated with 

high elevation areas, having a spatial correlation of 0.86 in DJF and 0.80-0.83 in MAM 

over western U.S. (WUS; 33-49N, 125-103W). In this region, magnitude of simulated 

TSK is very close to observations during the cooler months, with a small bias of -0.26 to 

-0.28 °C in the winter and -0.49 to -0.65 °C in spring, for AER and NOAER respectively. 

At higher latitudes, such as across Northern Canada (NCan; 50-63N, 150-50W), model 
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has a cold bias of about -2 °C in winter, -1.43 to -1.47 °C in spring, and small warm bias 

in summer of about 1.10 to 1.23 °C, and spatial correlation in the 80s throughout these 

seasons. These statistics are presented in Table 1, which details model bias for both AER 

and NOAER scenarios across the entire domain, as well as separated by region (WUS, 

EUS, NCan), for winter, spring and summer seasons.  

 

Table 1 and Figure 2 reveal that when aerosols in snow (AIS) are included in the 

simulation, model TSK bias is reduced throughout most of the year, and rather 

significantly during spring and summer. Across the larger domain (NAm), temperature 

bias is reduced by as much as 0.3 °C and 0.4 °C in Mar and Apr, respectively, in the AER 

case. Average NAm springtime (MAM) bias is reduced by 0.25 °C, while over WUS it is 

reduced by 0.16 °C. In the more northerly latitudes, where spring comes later, AIS reduce 

TSK bias by 0.13 during Jun-Jul. From Table 1 we can see that temperature bias is 

improved the most in the AER over NOAER cases with respect to observations during 

MAM period. As it will be discussed in Section 2, AIS have largest impact during this 

(ablation) period. MAM in WUS and MJJ in NCan are also peak AIS deposition periods, 

as discussed in Chapter 3, Section 3.4. All this suggests that including aerosols in snow in 

models can lead to more realistic simulations. 

 

Modeled summertime surface temperatures are also improved in the AER case relative to 

NOAER when compared with observations, in particular during Jun-Jul-Aug (Figure 2), 

with reductions of about 0.1 °C across NAm. In EUS, bias is lowered throughout JJAS, 

reduction ranging 0.09 to 0.18 °C. An improvement in simulated TSK during 
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summertime in the AER case, when most of the snow is gone, as well as over regions that 

don’t experience AIS directly, implies that AIS might have a remote, lagged impact on 

surface temperature, potentially through soil moisture, land-atmosphere interactions, 

and/or atmospheric circulation. This is further investigated in Section 3.  

 

1.3 Precipitation  

Precipitation during the cold season is of great importance to the water cycle, as it 

accumulates and forms the snowpack, in particular at high altitudes across WUS and 

western Canada, and high latitudes over northern U.S. and Canada. These snowpacks 

represent a major water resource to millions across North America. Figure 3 shows 

observed and simulated DJF and MAM precipitation across the domain, averaged over 

2000-2009. In general, the model is able to capture the spatial variability of winter and 

springtime precipitation with a spatial correlation of 0.83 and 0.87 over NAm, 

respectively. The orographic precipitation associated with the high topography of the 

Cascade, Sierra, and Rocky Mountains in the west is well simulated, with spatial 

correlations of 0.92 in DJF and 0.89 in MAM across WUS. The precipitation band across 

the eastern board of the continent is also well captured, with a 0.91 spatial correlation in 

DJF and 0.73 in MAM over EUS. (Correlations are the same for both AER and NOAER.) 

As Figure 3 indicates, the model, despite its good spatial distribution, has a slight wet 

bias during winter and spring, in particular across regions of high complex topography, 

with an average DJF bias of 0.96 mm/day and MAM bias of 0.91 mm/day across WUS. 

This is likely due to observational pillows being located at lower elevations where they 

generally see less accumulation than what you get with complete topographic 
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representation in a model. Running the RCM at much higher spatial resolution, such as 4 

km, would improve orography-related precipitation (e.g. Rasmussen et al., 2011). 

However, conducting model simulations at such high spatial resolution, over a large 

domain such as North America for 10 years would be computationally expensive. 

Overall, DJF model bias (over NAm) is 0.65 and 0.80 during DJF and MAM, 

respectively.  Wintertime precipitation magnitude across EUS is well simulated, with a 

small wet bias of 0.33 mm/day. Model precipitation bias is smaller during the summer 

season (Figure C1 in Appendix), about 0.25 mm/day over NAm, 0.59 mm/day in WUS, 

and less than +/-0.05 mm/day (AER/NOAER, respectively) across EUS. Precipitation 

bias does not change noticeably from the NOAER to AER scenario when averages over a 

relatively large area (see Figure 3 inserts). However, the spatial distribution of 

precipitation differences in Figure C7 reveals there are some areas that see a change in 

precipitation between AER and NOAER that are statistically significant. Implications of 

AIS effects to precipitation changes are further discussed in Section 3. 

 

1.4 SWE 

Due to uncertainty in mountain snowpack observations, we use the Rutgers snow cover 

product to do a comparison of spatial distribution of snow line in “observations” and 

model simulations, in particular during the ablation period. Figure 4 shows Rutgers snow 

line and AER and NOAER 1 mm and 4 mm modeled SWE line for Mar – Jun, averaged 

over 2000-2009. In general, the model and Rutgers data agree on the location of the snow 

line during the spring, Mar-Apr, especially in the eastern part of the North American 

continent. During May-Jun, when there is significant snowmelt, the two start to diverge, 
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with the Rutgers data moving the snowline northward much quicker than the model 

simulation, especially over western United States and the Rocky Mountain Range. Given 

the Rutgers snow cover product has a coarser 1° x 1° spatial resolution that likely does 

not resolve the complex high topography over this region very well, we believe our 

model simulations of snow to be reasonable.  

 

2. Impact of aerosols-in-snow on surface energy and water balances 

across North America 

Analysis of the impact the presence of aerosols-in-snow have on the surface energy 

budget across the domain is presented in this section. We calculate the 10-year mean for 

the monthly average of the difference between the AER and NOAER scenarios. For 

Figures 5 – 8, only areas where the difference is statistically significant at 90% (SS90) 

are shown. The area-averaged values discussed in this section are also calculated over the 

statistically significant areas only. Non-masked difference plots can be found in the 

Appendix, Figures C2-C6. 

 

2.1  Albedo Difference 

Figure 5 shows the 10-year average differences in surface albedo between AER and 

NOAER cases for January through December. Overall, across the North America domain 

aerosols in snow (AIS) cause a reduction in surface albedo, as expected based on 

previous studies findings. What our experiments can reveal that hasn’t been addressed in 

the literature as of yet, is the potential variation in magnitude and location of their 

impacts on albedo and other components of the surface energy balance depending on 
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which region of North America is considered, as well as the seasonal and interannual 

variability across this domain.  

 

It is immediately evident that the WUS region experiences a significant reduction in 

surface albedo compared to clean snow scenario in late winter and spring (Feb-Jun), 

when both snow and aerosols-in-snow are most present. The largest change relative to 

clean snow occurs during Mar-Apr-May (MAM), with the month of May having the 

maximum albedo reduction (Figures 5 and 9a). Albedo reduction in AER compared to 

NOAER is small Dec-Feb, but starts to increase in Mar, peaks in May, and remains 

relatively high during Jun. Springtime albedo reduction due to aerosols-in-snow 

compared to clean snow ranges 0.01-0.03 averaged over the WUS area, with certain areas 

within the WUS region seeing a decline by as much as 0.14-0.19 during MAM. Overall, 

impurities in snow cause an additional 10-year – MAM – WUS average albedo reduction 

of 0.02. (These statistics are calculated by doing area average over 33-50°N, -125 to -

103°W, for SS90 gridpoints).  

 

Another region where aerosols in snow cause a significant reduction in surface albedo 

relative to clean snow case is the high latitudes of North America (NCan) during later 

spring and early summer (May-Jun-Jul), such as across the Canadian provinces of British 

Columbia, Yukon, Northwest Territories, Nunavut, northern Quebec, and Newfoundland 

and Labrador (Figure 5). AIS-induced changes are more extensive during May, but more 

drastic during Jun-Jul, when insolation is high. In fact, albedo reductions due to aerosols-

in-snow in these areas are the highest across the continent, reaching 0.05 in July averaged 
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over the area (50-63°N, 140°W to 50°W), with some parts seeing a reduction in albedo of 

as much as 0.36 for that month. The May-Jul (MJJ) average albedo reduction across 

NCan is 0.035, nearly double the peak change over WUS (during MAM). Difference in 

albedo between AER and NOAER across NCan have a similar seasonal pattern as the 

WUS, but with about a two month lag, given the higher latitude (Figure 9a-b). This 

coincides with the timing of aerosol deposition in snow, in particular BC and OC, which 

see a distinct peak during June (see Figure 9b in Chapter 3).  

 

Finally, a persistent reduction of about 0.01 is observed over the Great Lakes and 

Northeast (GLNE) region December through March in the AER case (Figures 5 and 9), 

likely attributed to a significant deposition of BC and OC in snow during that time period 

(Figures 7-8 and 9c). Because of the shorter snow season in these areas (e.g. snowline in 

Figures 7-8), aerosols in snow reduce albedo relative to clean snow case during winter 

and early spring (Dec through Apr), and with a much smaller magnitude compared to 

WUS and NCan regions, which are higher in elevation and latitude, respectively (Figures 

5 and 9c). The smaller AIS albedo reduction across GLNE is also due to the synoptics of 

the region, with winter and early spring snowstorms covering the BC/OC deposition. For 

comparison with the other two regions, MAM albedo decreases on average by 0.01. 

These changes in surface reflectivity from the presence of AIS across many of the snow-

covered areas in North America have a significant influence on surface energy budget, as 

detailed below. 

 

2.2 NSW Difference (Radiative Forcing) 
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The decrease in surface albedo due to presence of impurities in snow leads to an increase 

in modeled net shortwave (NSW) radiation in AER case relative to NOAER, with more 

energy being absorbed at the surface. This excess energy due to the direct and two 

indirect effects of aerosols in snow is referred to as the radiative forcing (RF) of aerosols 

in snow (see Part II Intorduction Section). Figure 6 shows the difference in NSW 

between AER and NOAER scenarios, averaged over the 10 years for each month. The 

largest NSW difference is across WUS in MAM, and NCan during MJJ, as expected 

based on the changes in albedo in these regions. NSW average increase over WUS during 

MAM is 7 W/m2 (8.5 W/m2 over snow-covered areas only), peaking in May at 10 W/m2 

(13 W/m2 over snow only), with certain regions seeing values as high as 64 W/m2 (in 

May). Averaged across NCan, RF is 6.5 W/m2 (13.6 W/m2 over snow only) during MJJ, 

with a monthly maximum of 9 W/m2 (21 W/m2 over snow only) and monthly values as 

high as 66 W/m2 in some areas in July (Figure 9b). In the GLNE area, changes in NSW 

are about half of those seen in WUS and NCan, with a MAM 10-year average of 4 W/m2. 

As it will be discussed later, such large changes in NSW due to AIS across large areas of 

North America have a significant impact on snow mass (Section 2.4), and therefore 

regional climate. 

 

Certain parts of the continent see a negative NSW difference between AER and NOAER. 

These areas of negative NSW generally exist in regions where snow is either no longer 

present, or was never present. This suggests a remote effect of aerosols-in-snow, one of 

opposite sign than over snow-covered areas. For example, the GLNE region experiences -

18 W/m2 RF in June, when snow is no longer present in the region (Figure 9b). Other 
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regions that see less NSW in the AER case are Canada (45-60°N) in July and Aug, and 

southeast U.S. in September. This is further discussed in Section 3. 

 

2.3 Skin Temperature Difference  

Figure 7 shows the monthly difference in skin temperature (TSK) between AER and 

NOAER cases, averaged over the 10 years. Areas like the WUS and NCan, which 

experience a significant reduction in albedo and an increase in NSW in spring and early 

summer due to presence of aerosols in snow, are also seeing a significant increase in 

TSK. Changes in TSK (dTSK) correlate well with those in albedo (dALB), at 0.80 in 

WUS throughout the year, and relatively high with NSW changes (dNSW), at 0.64. 

Averaged over the WUS, TSK increases by 0.5 °C during MAM, max dTSK occurring 

during May at 0.9 °C, and staying relatively large in Jun (0.7 °C) (Figure 9c). Certain 

areas of WUS see an increase in TSK of as much as 4.2 °C in May. Warming due to 

impurities in snow also occurs in NCan, in the Yukon and Quebec provinces. MAM 

average change in TSK is 0.2 °C, while during the peak impact period MJJ average dTSK 

is 0.46 °C, with maximum monthly change in TSK of 0.78 °C during July. The area 

where TSK changes due to AIS is quite extensive, both in the WUS region, as well as in 

northern parts of the continent (Figure 7). Over NCan, dTSK has a high correlation with 

dNSW (0.88) and relatively high correlation with dALB (0.66) throughout the year.  

 

As Figure 7 indicates, there are also negative changes in TSK between the AER and 

NOAER scenarios, primarily in the summer (JJA), between 40°N and 60°N, with Aug 

having a large portion of this area experience a decrease in TSK in the AER scenario. 
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These are likely indirect effects of AIS, potentially via land-atmosphere interactions and 

changes, which are further discussed in Section 3. 

 

2.4 SWE Difference  

The lower albedo, higher NSW and TSK in the AER case have implications to the water 

cycle, most directly to the snowpack. Figure 8 shows the monthly difference in snow 

water equivalent (SWE) between AER and NOARE cases, averaged over the 10 years. It 

is evident that aerosols-in-snow reduce SWE from March through June over WUS. MAM 

decreases in SWE in this region range 4-20 mm, averaging 12 mm. Significant reductions 

are also seen in NCan in Jun-Jul, and during Apr-May in the GLNE. In NCan, MAM 

SWE decrease by 22 mm, while during MJJ by as much as 45 mm. SWE is reduced by 8 

mm during the spring in the GLNE region. (Area averages for SWE changes are done 

over regions where these changes are greater than 1mm.) These are significant losses in 

snow mass, in particular since these are in areas that depend on snowmelt for water 

resources. Interestingly enough, while snow mass is reduced in the AER model 

simulation relative to NOAER case, there is little change in snow cover between the two 

cases, as Figure 4 shows. 

 

2.5 Discussion 

Ten-year mean changes in energy and water budgets across North America due to 

deposition of aerosols in snow, in particular during springtime, reveal a lot about the 

impact of such impurities in snow on the climate. Decreases in albedo ranging 0.019 in 

WUS to 0.035 across NCan cause additional amounts of solar radiation to be absorbed at 
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the surface, leading to radiative forcing by AIS of 3-8.5 W/m2 during MAM, and as much 

as 13.6 W/m2 during MJJ in northern parts of the continent (over snow areas only). This 

excess insolation causes a warming at the surface ranging 0.5 °C in WUS during MAM 

to 0.46 °C over NCan during MJJ. SWE is reduced in response to these changes in 

surface energy, by as much as 12 mm and 22 mm during MAM in WUS and NCan, 

respectively, and by 45 mm in NCan in late spring early summer (MJJ).  

 

Previous sensitivity and interannually-varying BC studies have estimated the impact of 

BC in snow on the global climate (e.g. Hansen et al., 2005; Flanner et al., 2007). They 

find an annual global average RF of 0.05 W/m2 (corrected value in Hansen et al., 2007-

Appendix A.5) and associated warming of 0.065 °C, and a range of 0.049 – 0.054 W/m2 

for weak and strong boreal fire years, with 2-meter air temperature warming by 0.50 °C 

and 1.61 °C, respectively (Flanner et al., 2007). A GCM studying, which included 

physically-based snow model, found 1979-2000 springtime (MAM) average RF due to 

dust and BC in snow to be 1.2 W/m2 over North American snow, compared to a three-

fold greater RF over Eurasia (3.9 W/m2) (Flanner et al., 2009). Because of the greater 

areal snow-cover extent of Eurasia, including the high elevation and large perimeter of 

the Tibetan Plateau, most GCM/global studies have focused on the impact of aerosols-in-

snow on climate and climate sensitivity in this region of the world. For example, Qian et 

al., 2011 found surface radiative flux across Asia to increase by 5-25 W/m2 during spring, 

with a surface warming of 1.0 °C. However, because GCMs – which have coarse spatial 

resolution – were used in the majority of the studies dealing with the radiative forcing of 

AIS, important topographic features over North America were not well simulated, 
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causing most of these studies to overlook the impact of AIS across this region. This 

overlook was also due to a focus primarily on BC as the main impurity deposited in 

snow. Until recent, dust has not been considered a major player in radiative forcing 

studies of aerosols in snow. 

 

 In our study we try to fill in some of the gaps left by these global studies. Using a 

regional climate model enhanced with physically-based snow model, we focused our 

analysis on North America. We found MAM AIS-induced RF to range 3-8.5 W/m2 

(average over statistically significant regions only, wherever SWE AER is greater than 

1mm), with WUS having the largest springtime AIS forcing (8.5 W/m2). In addition, the 

northern parts of North America experience AIS RF later in the season, with a MJJ 

average of 6.5 W/m2. Perhaps more importantly, the values found in our work shed more 

light on the impact of AIS in North America, where a GCM study found 22-year MAM 

RF to be on average 1.2 W/m2 (Flanner et al., 2009). Comparing Figure 13 in our study to 

Figure 7 in Flanner et al. (2009), we note that the RCM simulates an AIS RF of 3-26 

W/m2 across northern North America, in contrast to 0.5 to 2.5 W/m2 in the GCM study, 

which is one order of magnitude smaller. Furthermore, our RCM simulations also provide 

more detailed spatial distribution of AIS and their effects when compared to those 

presented in GCM studies, including those across the Sierra and Cascade Mountain 

ranges, which are important watersheds for large populations across western U.S. and 

western Canada, as well as the Rocky Mountains, an important source of water to over 7 

million people across U.S. and Mexico. A more detailed analysis of changes across these 



	  136 
 

sub-regions of U.S. in response to AIS, and potential implications, are presented in 

Chapter 5.  

These changes to the surface energy balance by AIS could also have implications 

to local, regional, and continental atmospheric circulation. Such links are further explored 

in the next section. 

 

3. Indirect aerosols-in-snow impacts 

3.1   Impact on TSK through local effects  

Figure 10 shows 10-year mean June changes in TSK between AER and NOAER 

scenarios. The more indirect, lagged AIS-induced changes are apparent across WUS and 

northern Canada, with a positive change in TSK (Figure 10a) due to a general decrease in 

soil moisture in that area (Figure 10c), and an increase in sensible heat flux (Figure 10d). 

Although soil moisture first increase in the spring (Apr-May) due to enhanced snowmelt 

and evaporation in WUS (see Figures 8 and 9 in Chapter 5), there is an overall decrease 

in soil moisture in early summer over the semi-arid regions of WUS (Figure 10c, and 

Chapter 5 – Figure 8). Another noticeable change in TSK is the negative difference 

across regions of Canada as well as over Texas in U.S. The decrease in TSK in the AER 

case across Canada can be explained by an increase in total soil moisture content in those 

regions (Figure 10c), a result of AIS-induced enhance snowmelt in May and June at these 

higher latitudes (Figure 8). The increase in TSK over Texas is discussed in the following 

section.  

 

3.2    Impact on precipitation through atmospheric circulation 
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There is a noticeable bi-pole pattern in the June TSK difference between AER and 

NOAER in southern U.S. (Figure 10a). TSK decrease over TX and increase over LA, 

MS, and AL in the AER case. Since there is no snow accumulation in this region of the 

U.S., it implies this is a remote AIS effect, likely through changes in atmospheric 

circulation. It’s been previously suggested that spring subsurface soil temperature 

anomaly in the WUS can have an influence on summer precipitation in North America, 

including across southeast U.S. (Xue et al., 2012) through a surface heating induced 

anomalous cyclone that propagated eastward through Rossby waves in westerly mean 

flow. The steering flow also contributed to the location of the perturbation and resulting 

increase in precipitation. Furthermore, a recent study suggests an anomalously thick 

spring snowpack in WUS can lead to higher than average summer temperatures and 

below average summer precipitation over the U.S. Southern Great Plains (Xue, Oaida, et 

al, submitted). We therefore hypothesize that a surface heating during May (Figure 11a) 

due to aerosols-in-snow could produce such anomalous cycle that propagates eastward, 

and causes an increase in precipitation over Texas and decrease over LA, MS, and AL. 

Figure 11b shows AER-NOAER 850 mb vorticity difference. There is a clear positive 

vorticity center over TX, and a corresponding negative vorticity center to the east. The 

500 mb geopotential height field (zonal mean removed) in AER case indicates a potential 

steering path for these atmospheric perturbations. While this initial analysis provides 

some insight regarding potential remote influence of AIS on climate, further studies are 

necessary to confirm and fully understand the mechanisms present in these findings, 

including an explanation for the bi-pole temperature and precipitation anomaly over 

southern United States.  
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3.3   Implications to the subtropical jet  

The Northern Hemisphere extratropical climate is more sensitive to radiative forcings 

because of the strong snow albedo feedback (SAF) in this region (Budyko 1969; Sellers 

1969; Schneider and Dickinson 1974; Robock 1983; Cess et al. 1991; Randall et al. 1994; 

Hall 2004). SAF is the interplay between surface temperature, snow cover extent, and 

surface albedo (Robock 1985; Qu and Hall, 2007). Warmer surface temperatures cause a 

reduction in snow cover extent and a lower snow albedo due to snow metamorphism (e.g. 

Robock 1980; Wiscombe and Warren, 1980). Hall et al. (2008) have shown that spring 

SAF can exert an influence on summertime temperatures. For example, a reduced 

winter/spring snow mass means less soil moisture storage due to diminished snow 

meltwater availability, leading to a decrease in latent heat/evaporation and a relative 

increase in sensible heat. Furthermore, Fletcher et al. (2009) demonstrate that there is a 

link between the radiative feedback of spring (MAM) SAF and summer (JJA) 

atmospheric circulation response to anthropogenic forcing. The anthropogenic forcings in 

these studies are those due to an increase in atmospheric CO2 and associated climate 

change. Based on the knowledge from these previous studies, and given the nontrivial 

amount of radiative forcing AIS exert across North America found in our current study, 

we explore whether the aerosols-in-snow—induced radiative forcing might exert an 

influence on atmospheric circulation via SAF and subsequent processes (changes in 

surface water and energy budgets).  

 Figure 12 shows monthly mean TSK changes due to AIS for spring (MAM) and 

early summer (Jun) in 2004, one of the years with the most aerosol deposition in snow. 
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TSK increases significantly during the spring (MAM) both over the WUS and NCan. The 

MAM increase in TSK over WUS is mostly due to direct AIS forcing as many regions 

are still snow-covered. In Northern Canada that is true through Jun-Jul. By Jun there is a 

positive TSK change between 40 and 50N in the AER case (Figure 12), with an 

associated increase in sensible heat flux (Figure 13). Figure 14 shows there is an 

associated change in the upper level zonal winds during June 2004, with the upper level 

subtropical jet shifting northward, as implied by the decrease in winds 35-45N and an 

increase 50-60N. Our results are in agreement with the spring SAF-summer temperature 

and atmospheric circulation links put forth by Hall et al. (2008) and Fletcher et al. (2008), 

and suggest that surface-warming—induced atmospheric changes can be caused not only 

by an increase in atmospheric CO2, but perhaps also by light-absorbing impurities 

deposited in snow. Further studies and analysis are required to establish a more robust 

conclusion.   

 

Summary 

The 10-year (2000-2009) RCM simulations with the new WRF/SSiB-3/aer model over 

North American is first validated against temperature and precipitation observational 

data. Evaluation reveals that the RCM is able to capture the large-scale surface 

temperature and precipitation spatial features in both AER (aerosols in snow) and 

NOAER (clean snow) simulations during both winter and spring seasons, including those 

areas associated with higher complex topography. The model tends to have small cold 

bias during DJF and MAM, but very small bias during summer. Springtime temperature 

bias is reduced in the AER case, suggesting that including aerosols in snow (AIS) in 
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model improves simulation. Comparing AER minus NOAER simulations, albedo is 

reduced the most during MAM over western U.S. (WUS), on average 0.02, and by as 

much as 0.14-0.19 in certain regions. High latitudes such as Northern Canada (NCan) see 

a decrease in albedo later in the season, during MJJ, with average July reductions of 0.05, 

and a maximum of 0.36. Given the decrease in albedo, aerosols in snow induce a surface 

radiative forcing (RF) ranging 8.5 W/m2 over WUS to 13.6 W/m2 over NCan during 

MAM and MJJ, respectively. Certain regions experience net shortwave increase of 64 

W/m2 in WUS (May) and 66 W/m2 in NCan (July). Over the Great Lakes and North East 

U.S. (GLNE), MAM 10-year average is about 4 W/m2. This excess solar radiation 

absorbed by the surface due to AIS causes an average increase in skin temperature TSK 

of 0.5 °C, in particular during MAM in WUS and MJJ in NCan. Changes in TSK as high 

as 0.9 °C in May and 0.78 °C in July are seen in WUS and NCan, respectively. Negative 

changes in TSK are simulated during summer season when snow is no longer present, 

suggesting a remote impact of AIS, either through local or atmospheric changes effects. 

Due to increase in TSK, snow mass is also reduced in AER case during the ablation 

period, on average decreasing by 12 mm, 45 mm, and 8 mm across WUS, NCan, and 

GLNE, respectively. In WUS, SWE reductions range 4-20 mm. Changes found in our 

study are higher than those found by GCM simulations, RF being an order of magnitude 

large in our RCM simulation, for example. Furthermore, the regional study presented 

here provides more detailed spatial distribution of AIS and their effects across various 

regions of North America over its GCM counterparts.  

 Such changes to the surface energy and water balance can have remote 

implications to regional climate. The results presented in this chapter suggest AIS can 
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cause a cooling at the surface post-snowmelt season in certain regions, likely due to local 

effects, such as through temporary increase in soil moisture. Furthermore, the springtime 

heating caused by AIS may induce an atmospheric anomaly that leads to a bi-pole 

temperature and precipitation anomaly pattern in the summer across southern U.S. (TX, 

LA, MS, and AL) in the AER simulation. This late spring surface heating may also have 

an influence on upper level winds, causing a shift in the 200 mb subtropical jet in Jun 

during years with large AIS deposition. These impacts require further investigations.  
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FIGURES  

 

 

Figure 1. Spatial distribution of observed* and simulated** surface temperature (°C) for DJF 
(left) and MAM (right). *CAMS 2m temperature data with elevation adjustment using 
atmospheric temperature lapse rate of 6.5 °C/km.; **Skin temperature (°C).  
 

 



	  143 
 

Figure 2. Model surface temperature bias difference, AER-NOAER, for (a) North 
America (20-65N; 150-50W), (b) WUS (33-49N,125-103W), (c) Northern Canada (50-
63N; 150-50W), and (d) EUS (25-49N, 103-60W). Bias is calculated with respect to 2m 
temperature CAMS data, which has topography correction using atmospheric temperature 
lapse rate of 6.5 °C/km. Model data is skin temperature.  
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Figure 3. Spatial distribution of observed* and simulated precipitation [mm/day] for DJF 
(left) and MAM (right). Model bias with respect to observations over North America 
(NAm; 20-65N; 150-50W), Western U.S. (WUS 33-49N; 125-103W), and Eastern U.S. 
(EUS; 25-49N; 103-60W) listed in lower left corner.  *CPC data.  
 

 



	  145 
 

Figure 4. Snow cover line in observations* (a-d) and model simulations with 1 mm SWE 
(e-h) and 4 mm SWE (i-l) contours for Mar (top row), April (2nd from top), May (3rd from 
top), and June (bottop row), averaged over 2000-2009. *Rutgers global snow cover 
product.   
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Figure 5. Monthly mean 10-year average of spatial distribution of simulate AER-
NOAER surface albedo difference. Areas not statistically significant at 90% are masked.  
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Figure 6. Monthly mean 10-year average of spatial distribution of simulate AER-
NOAER net shortwave radiation difference (radiative forcing) [W/m2]. Areas not 
statistically significant at 90% are masked. 1 mm SWE contour line plotted for reference.  
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Figure 7. Monthly mean 10-year average of spatial distribution of simulate AER-
NOAER TSK difference [°C]. Areas not statistically significant at 90% are masked.  
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Figure 8. Monthly mean 10-year average of spatial distribution of simulate AER-
NOAER SWE difference [mm]. Areas not statistically significant at 90% are masked.  
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Figure 9. Seasonal variability of AER-NOAER difference in (a) albedo, (b) NSW, and 
(c) TSK across WUS, Northern Canada (NCan), and Great Lakes North East (GLNE) 
regions. Average over statistically significant at 90% area only, over 33-50N, -125 to -
103W for WUS; 50-63N, -140 to -50W for NCan; 40-50N, -90 to -60W for GLNE. 
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Figure 10. Monthly mean 10-year average of spatial distribution of simulate AER-
NOAER difference for June (a) TSK [C], (b) precipitation [mm/day], (c) total soil 
moisture content [mm], and (d) sensible heat flux [W/m2], averaged over 2000-2009. 1 
mm SWE line in plotted in (c) for reference. 
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Figure 11. Monthly mean 10-year average of spatial distribution of simulate AER-
NOAER difference in (a) May TSK and (b) 850 mb Jun vorticity, as well as Jun 500 mb 
geopotential height in (c) Reanalysis and (d) AER model simulation. 
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Figure 12. Monthly mean spatial distribution of simulate AER-NOAER TSK difference 
[°C] for March (a), April (b), May (c), and June (d) 2004. 
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Figure 13. Monthly mean spatial distribution of simulate AER-NOAER sensible heat 
flux difference [W/m2] for May (a) and June (b) 2004. 
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Figure 14. Zonal mean zonal wind u AER-NOAER difference [m/s] for Jun (a) and Jul 
(b) 2004. 
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Figure C1. Spatial distribution of observed* and simulated precipitation [mm/day] for 
JJAS. Model bias with respect to observations over North America (NAm; 20-65N; 150-
50W), Western U.S. (WUS 33-49N; 125-103W), and Eastern U.S. (EUS; 25-49N; 103-
60W) listed in lower left corner.  *CPC data.  
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Chapter 5 

 

Aerosols-in-Snow—Induced Surface Energy and 
Water Balance Changes across Mountainous Sub-
Regions of Western United States and 
Implications 
 

 

 

ABSTRACT  

WRF/SSiB-3/aer simulation results are also analyzed over mountainous sub-regions of 

Western United States, including the Sierra, Cascade, and Rocky mountain ranges. 

Changes in surface energy and water budgets reveal that the Sierra and Rocky mountains 

are in general more greatly affected by aerosols in snow (AIS). Analysis of changes in 

skin temperature (TSK), runoff, and soil moisture (SM) with respect to elevation shows 

that higher elevations (e.g. > 1500 m in the Rockies, > 2000 m in the Sierras for TSK) 

experience larger changes during the spring season. During the summer, the Sierra 

mountain region experiences a significant reduction in SM, and the decrease is enhanced 

above 1500 m elevation, and is greater than the increase during the ablation period. This 

net decrease in SM in this region has the potential to cause an increased risk of wildfires, 

as our simulation analysis suggests. AIS also cause shifts in runoff timing across the 

southern Rockies (9-year mean of 3.5 days earlier), although the relatively coarse 

resolution over this mountainous region is likely underestimating this shift.  
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1. Impact of aerosols-in-snow over mountainous sub-regions of 
Western U.S.  

 

Chapter 4 discussed the main areas across North America where there is a significant 

difference between the AER and NOAER scenarios, by looking at the 10-year mean of 

the seasonal variability. This highlights the impact aerosols-in-snow have on the surface 

energy balance, and where and when this is most pronounced. In order to better 

understand the changes in surface energy and water balance, both seasonally and on an 

interannual scale, we focus our attention on the WUS region, as it experiences some of 

the largest changes due to impurities in snow and is also important from a water 

resources perspective.  

 

We select three subregions within the WUS that coerrespond to major mountain ranges, 

and therefore watersheds, in oder to investigate the seasonal and internanual variability of 

changes due to aerosols-in-snow: the Cascades (41-50N, 125-120W), the Sierras (36-

41N, 125-118W), and the Rockies (33-50N, 118-103W) (Figure 1). Figures 2-9 show the 

spatial and seasonal differences between AER and NOAER for main components of the 

energy and water budgets across the WUS. These are 10-year monthly averages, with 

areas statistically significat at 90% delineated by black contour lines. An area average 

was also computed over the statistically significant regions to highlight the timing of how 

aerosols in snow impact the energy and water budgets for each subregion (Figures 11-

12).  
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1.1 Seasonal Variability 

Changes in the energy balance have similar temporal patterns for the three regions, with 

most of the changes occuring in later spring and early summer (Apr-Jun) (Figures 2-4, 

and 11), in sink with a significant increase in aerosol amount deposited in snow (Figure 

10 and Ch 3 – Fig 11). Changes in surface albedo (dALB) begin in Mar and peak during 

May in the Rockies and Sierras, with an area averaged decrease of 3%, whereas in the 

Cascases peak albedo reduction happens in Jun, with an area average decrease of 1.4% 

(Figure 11a). This delayed response to aerosols-in-snow in the Cascades is likely due to 

its more northerly locations, while the smaller magnitude in dALB is likely attributed to 

both the vegetation type found here. Because a large portion of the Cascades have large 

mature vegetation cover (broad-leaf deciduous and evergreen trees) that already has low 

albedo, even in the presence of snow (which is shletered under the canopy), the impact of 

AIS on surface albedo is diminished relative to other regions that have less mature 

vegetation cover (Figures 11a and 17). The impact of vegetation type on magnitude of 

change due to aerosols in snow is further demonstrated and discussed in Section 1.3.  

 

The reduction in albedo leads to an expected change in net shortwave (dNSW) radiation 

due to the direct and indirect radiative forcing exerted by aerosols in snow. Congruent 

with the magnitude of dALB, dNSW is larger across the Rockies and Sierra mountain 

ranges, with an area average increase in May of 11 W/m2 and 13 W/m2, respectively, 

while in the Cascades NSW peak increase is about half, at 6 W/m2 (Figure 11b). This 

extra amount of abosrbed solar radiation at the surface causes the skin temperature (TSK) 

to increase. Maximum TSK change (dTSK) occurs in May in the Rockies and Sierras and 
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June in the Cascades, with a 0.98 °C area-averaged increase in the Rockies, 0.8 °C in the 

Sierras, and 1.2 °C in Cascades. Because the Cascades experience maximum changes in 

albedo and TSK later in the season compared to the other two regions due to its more 

northerly location, insolation is greater during this time (June), thus the radiative effect of 

aerosols in snow is greater. Furthermore, this peak in dTSK in June across the Cascades 

region is localized over a small area in the northern most part of our defined domain, 

where there is terrain with higher elevation and smaller vegetation (ground cover or 

shrubs with bare soil or ground cover), which tend to influence the magnitude of the 

impact of aerosols in snow, topic further discussed in Section 1.3.  

 

Snowpack responds to the increase in NSW and TSK during MAM, SWE decreasing on 

average by 20 mm in the Rockies and 24 mm in the Sierras in Apr in the presence of 

aerosols in snow (Figure 12a). The loss of snow is greater in the Rockies since it is a 

larger region, has higher elevations, and occurs over a longer period of time (Figures 5 

and 12a). The loss of snow takes place later in the season in the Cascades, again, owing 

to the fact that the mountain ranges are located farther north. While the area average over 

the statistically significant regions time series might suggest the Cascades have the 

greatest loss of SWE extending over a longer period of time, examination of the spatial 

distribution of dSWE (Figure 5) reveals that most of this loss is over a small areal extent, 

at the most northern part of the Cascades-defined domain. Nonetheless, Figure 5 shows 

that loss of SWE across all three sub-regions is substantial throught the spring and 

summer.  
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Higher temperatures and subsequent snowmelt during the ablation period also cause a 

change in runoff timing and amount. Runoff increases in April and May across the WUS 

subregions and decreases during June-July (Figure 12b), suggesting a shift in peak runoff 

to an earlier date. In the Sierras region there is net runoff decreases of 0.14 mm/day, or 50 

mm per year. Across the Rockies, there is no net loss of runoff water, likely due to 

storage in soil (significant increase in TSMC in April-May – Figure 12c) and increase in 

local precipitation, particularly in May and July (Figure 7 and 12e), which offsets the loss 

of meltwater via ET. However, CT analysis, a common measumre of when half of annual 

runoff mass occurs (e.g. Stewart et al., 2004), for the Southern Rockies shows a shift 

towards earlier runoff by as much as 6.5 days during large aerosol and large snow years 

(e.g. 2008) (see Section 2.2), which can have an impact from water management 

perspective. In the Cascades region, overall there is an increase in net annual runoff of 55 

mm/year, owing to a second period of runoff increase during Nov-Jan. If we consider 

only the spring/summer seasons (here Mar-Aug) when aerosol deposition in snow is 

greatest, and when influence of impurities in snow have the largest effect due larger 

insolation at this time, we see a net decrease in runoff of 49 mm per 6 months (0.26 

mm/day). We hypothesize that the increase in runoff during Nov-Jan is due to a 

combination of temperatures fluctuating around freezing point during those months, very 

thin snow cover (Figure D1), and relatively large amount of aerosol deposition in snow, 

in particular BC and OC (Figures 10 and Ch 3-Fig 11). Even a small increase in TSK 

from aerosols in snow would more easily melt the thin layer because the TSK itself is 

close to freezing point. 
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Increased temperatures and a shift in runoff timing in the AER case causes changes in 

timing and partitioning of water among land surface and atmosphere. The Sierras and 

Rockies experience an increase in total soil moisture content (TSMC) during spring, 

when AIS have the largest direct impact, with some notable differences for given areas 

(Figure 12c). In the Sierras, the increase in runoff due to AIS in Mar-Apr first causes an 

increase in TSMC during those same months. As spring transitions into summer, and 

insolation increases, LHF (evaporation) increases and starts to dominate in May (Figure 

12d). Consequently, TSMC difference decreases starting in May, and continues to be 

negative throughout the summer. The 9-year averages over JJA correlate well with AERd 

9-year averages during MAM at -0.92, indicating that the amount of aerosols in snow 

during spring have a significant influence on summertime soil moisture levels. These 

negative changes in TSMC tend to occur at higher elevations (Figure 16c), generally 

above 1500 m, with largest negative dTSMC above 2000 m. Figure 16c also suggest that 

there is a net yearly loss of soil moisture in the Sierras between 2000 m and 2500 m. The 

decrease in soil moisture at these elevations could have implication to the vulnerability of 

the Sierra mountains to forest fires, which will be adressed in greater detail in Section 

2.1. 

 

In the Rockies region, the main increase in TSMC in the AER case relative to NOAER 

also occurs during Apr-May, coinciding with peak runoff (Figure 12), but dTSMC on 

average does not become negative as is the case in the Sierras, rather, it remains slightly 

positve throughtout summer and fall. However, if we consider the spatial distritribution 

of these changes, we note that certain areas acrosss the Rockies do experience a decrease 
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in soil moisture throughout the summer (Figure 8). These lower summertime soil 

moisture values in the AER simulation tend to occur when elevations are high (generally 

above 2000 m) and vegetation cover fraction is low (compare Figures 8 and D2). Soil 

moisture in the Cascades region has an opposite behavior from the other two basins, 

increasing during summer and fall, likely due to the increase in precipitation during the 

summer, and to increase in runoff during the fall and early winter (Figure 12) discussed 

earlier.  

 

 

1.2 Interannual variability  

Over the 9 water years (WY, Oct-Sep) simulated in this study, there is inter-annual 

variability in energy and water balance changes. Figures 13-15 show MAM interannual 

variability of select water and energy budgets components for each WUS sub-region, 

along with MAM aerosol surface deposition and SWE amount. In the Rockies, years 

2004, 2008, and 2009 see some of the largest changes in albedo, NSW, TSK and 

consequently SWE and ROFF (Figure 13a). These years coincide with 3 of 5 of the 

largest AIS years (Figure 13b), and they also represent 3 of the 4 biggest snow years 

during the 2001-2009 water years (Figure 13c). While 2007 and 2008 also have large 

AIS, snowpack thickness is much lower during these years, and therefore changes in 

ALB, TSK, NSW and SWE are smaller. Correlation between SWE amount and dNSW 

during the MAM period over the 9 WYs is 0.56, while that between AERd and dNSW is 

0.32 (Table 2), suggesting that on an interannual scale, springtime energy balance 

changes are in large part dominated by snowpack thickness, but with amount of aerosols 
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in snow having a contribution.  The correlations over the 9 WYs during April, which is 

the month when peak AERd and peak SWE overlap the most, are 0.63 for dNSW-AERd 

and 0.28 for dNSW-SWE, suggesting AIS do contribute significantly to interannual 

variability of changes in energy balance during spring. In general, the magnitude of AIS 

deposited has a strong influence on the magnitude of changes in energy balance on an 

interannual scale, but snowpack thickness controls how much change AIS can induce on 

the water budget.  

  

1.3 Elevation and vegetation dependency  

While the general impact of AIS during the ablation period is clearly one towards darker 

snow, heating at the surface via radiative forcing, earlier snowmelt, and local temporary 

increase in soil moisture, these effects are not always taking place evenly across a given 

region. As alluded to earlier, elevation and vegetation type and fractional cover might 

play a role in ennhancing or dampening the effects of AIS.  

 

Plotting changes in TSK between the AER and NOAER scenarios against elevation 

reveals a dependency of dTSK with terrain height (Figure 16a, d, g). During MAM, 

dTSK increases with elevation across all three WUS sub-regions, meaning that AIS cause 

a larger increase in skin temperature at higher altitudes. This is important given the 

thickest snowpack is found here, implying AIS are most detrimental by melting snow 

where there is more of it. Previous studies on possible dependency of temperature 

changes with elevation have found contradicting evidence, as sumarrized by Rangwala 

and Miller (2012), with some concluding warming rates are increasing with height, others 
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decreasing, while some found no elevation dependency. All these studies, however, 

analysized changes in temperature trends with altitude due to climate change. The results 

from our study imply that perhaps the trends found in some of these previous works are 

not simply due to climate change alone, but rather, that part of the temperature increase at 

higher altitudes have contributions from the effects of AIS. Furthermore, the majority of 

the studies summarized and discussed in Rangwala and Miller (2012) are observational 

analyses using station data. Given the location distrtibution of these stations in mountain 

regions cannot adequately represent the heterogeneity of the given region, model 

simulations are necessary to provide better spatial coverage. Our modeling study, by 

considering the entire WUS region, adds to the evidence that higher increases in skin 

temperatures are found at higher elevations in a robust way. Because of the link between 

TSK and snowmelt, a runoff and consequently soil moisture elevation dependancy is also 

observed (Figure 16). In the Rockies, most of the AIS-induced spring runoff increase 

occurs above 2500 m, primarily in May (Figure 16h). A coinciding decrease in runoff at 

these altitudes is noticed in June. A portion of the increased water flow gets stored in the 

ground, as TCMS increases above 2000 m during MAM.  

 

Figure 17 shows changes in TSK between AER and NOAER with respect to land-cover 

type. The vegetation cover types are grouped in five categories: tall trees (type 1-5), 

ground cover only (type 6), dwarf trees (type 7-9), crops (type 10), and bare ground (type 

11). While the pattern of dTSK with vegetation type is somewhat different for the three 

subregions in the WUS, it is clear that areas with bigger vegetation (type 1-5; deciduous 

and pine trees) experience a smaller increase in TSK during MAM when the impact from 
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AIS in felt the most, while smaller vegetation (type 6, 10, and 7-9; ground cover, crops 

and shrub-land) see the highest increase in TSK. dTSK in regions with tall vegetation (1-

5) is about half compared to areas that have sparcer smaller vegetation (7-9) (Figure 17). 

In the Sierras, while both groundcover and tall-trees areas can be found in same, 

relatively high elevation bands, dTSK is smaller in the regions that have tall deciduous or 

pine trees. This suggests that bigger vegetation tends to suppress the warming from AIS. 

This is because surface albedo is already lower from the green vegetation, therefore the 

presence of aerosols in snow has a smaller impact in lowering albedo, as is the case for 

the Cascade region (see Figure 11). However, even when there is a decrease in albedo 

due to AIS, evapotranspiration from vegetation can supress the potential temperature 

increase (Figure D3). 

 

 

2. Implication of Aerosols-in-Snow Effects in Western U.S. 

Overall, AIS have a significant “direct” effect on the surface energy and water balance 

during the ablation period. Decrease in surface albedo causes an increase in NSW and 

therefore TSK during MAM or AMJ, depending on the region. These changes lead to a 

loss of SWE, a shift and/or loss in runoff, and in some cases, a net decrease in water 

mass.  

 

2.1 Sierras – Wildfires 

In the Sierras, 9-year spatially averaged change in albedo due to AIS during MAM is 

0.02, leading to 7 W/m2 additional solar radiation being absorbed at the surface, and 
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consequential increase in TSK of 0.3 °C. SWE therefore decreases during MAM by 16 

mm. Snowmelt occurs earlier in the season, runoff increasing by 12 mm (0.2 mm/day) in 

MAM, and decreasing by 15 mm (0.5 mm/day) in June. These changes to the energy and 

water balance due to the effect of AIS cause a net decrease in soil moisture of 2.35 mm 

per year (9-year mean, SS90).  There is a noticible decrease in soil moisture during JJAS 

in the Sierras region, in particular at higher elevations (Figure 16f). Due to the dry, 

mediterranean-like climate of the region, the Sierras are a wildfire prone region. A 

decrease in soil moisture could have serious implication to the vulnerability of the area to 

such fires (Westerling et al., 2006).  

 

Through analysis of historical data, Westerling et al. (2006) determined that wildfire 

frequency in WUS is highly correlated with regional spring and summer temperatures, 

with more wildfires burning during warmer years than cooler, and is greatest at higher 

elevations, between 1680 and 2590 m. Furthermore, they found that wildfire actvity is 

also strongly associated with springtime snowmelt timing, where earlier snowmelt years 

saw a higher wilffire frequency, this signal again being concentrated at higher elevations 

(1680 and 2590 m). The authors of this study also show that moisture deficit is linked to 

forest fire vulnerability, with ealier snowmelt leading to an ealier and longer dry season, 

causing longer periods when ingnition could occur, and drier soil and vegetation, all of 

which imply greater opportunity for wildfires.  

 

In our studies, given that the impact of AIS on snowpack is a reduction in SWE during 

MAM and an earlier runoff, the AER scenario can be thought of as earlier snowmelt, 
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while NOAER as later snowmelt. As aforementioned, we see a warming of spring and 

early summer temperatures (increase in dTSK) in AER case (Figures 4 and 11c), in 

particular at higher elevations (above 1500 m – Figure 16a), with earlier snowmelt – 

increase in dROFF during MAM and decrease in June (Figures 6 and 12b). AIS also lead 

to a decrease in soil mosture during JJAS, especially at altitudes above 1500 m, implying 

drier vegetation in these regions. We conduct an analysis of wildfire vulnerability for the 

Sierras similar to that presented in Westerling et al. (2006). We calculated an index of 

forest vulnerability, FVI, based on the moisture deficit of the area – defined as the 

monthly difference between PET and ET – and scaled by vegetation fraction as follows: 

FVI = [ (MDaer – MDnoaer) / (MDaer + MDnoaer) ] x vegfra ,  (Eq. 1) 

where MDaer = PETaer - ETaer, and MDnoaer = PETnoaer – ETnoaer. Vegfra is the vegetation 

fraction in the model (Figure D2). PET [mm/day] is calculated using the Hargreaves 

equation (Hargreaves and Samani, 1985): 

PET = 0.0135 x (Rs*86400/LHvap) x (T+17.8) ,   (Eq. 2) 

where Rs is here defined as NSW in W/m2 , LHvap = 2.45x106 J/kg, T is TSK in °C.  

ET is calculated by converting LH [W/m2] to mm/day.  

 

FVI is calculated for each summertime month (JAS) and each water year (Figures D4-

D6). Figure 18 highlihghts the spatial distribution of FVI for months and years that have a 

high aerosols-in-snow value. It can be observed that FVI is largest at higher elevations, 

generally above 1000 m, and coincides with areas where dTSMC decreases during the 

same time period (see Figure 8). Figure 19 shows interannual time series of area averages 

for FVI for the months of July, Aug, Sep, JJAS dTSMC average, MAM AIS deposition 
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average, and SWE yearly sum. Years with large aerosol surface deposition on snow 

during springtime have a larger vulnerability to wildfires, as is the case for year 2006 and 

2009, for example. However, the thickness of the snowpack during a certain year, in 

conjunction with AIS amount, affect the timing of when FVI is greatest. For example, 

because 2006 has a small snowpack, dTSMC is greater and occurs over a longer period of 

time (less snow to begin with, and enahnced melt from AIS), leading to a large FVI 

during both July and Aug. July and August FVI is highly correlated during the 9 water 

years considered to MAM AIS deposition amount (0.8 (SS99) and 0.73 (SS95), 

respectively), as well as to JJAS dTSMC (-0.78% (SS98) and -0.83 (SS99), respectively). 

This indicaties that AIS, through their direct effect on snowmelt during spring, and 

indirect lagged effect on soil moisture in the summer in high elevation forest areas, might 

have a significant influence, increasing on the vulnerability of vegetation in the Sierras to 

wildfires.  

 

2.2 Rockies –Runoff 

As mentioned earlier, spatial monthly runoff change in the AER scenario imply a shift in 

runoff timing (Figure 6). Annual hydropgraphs for the Southern Rockies region (36-42N; 

109-105W) corroborate this (Figure 20). Years when AIS is relatively large, such as 

2004, 2006, 2007, and 2008 (Figure 13), see an increase in runoff earlier in the spring. 

This is enhanced if those years coincide with a large snowpack, such as 2008. 

Calculations for center of mass (CT) dates, a common measure of when half of annual 

runoff mass occurs (e.g. Stewart et al., 2004) further substantiate that runoff takes place 

sooner in the Colorado River Basin region, with CT ranging -1.5 to -6.4 days between 
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AER and NOAER cases (Figure 20 insert), and -3.5 days on average for the 9 water 

years. Change in CT correlates at 0.66 with AERd and 0.58 with SWE (AER) on an 

interannual scale, indicating that these changes to the timing in mountain water flow are 

in large part due to AIS, and influenced by amount of snow available (Figure D8). (CT 

calculation here were done using Dec – Jun or July period, as opposed to the standard 

water year (Oct-Sep) in order to avoid as much as possible changes to rain events 

contributing to changes in runoff. We wanted to look at the direct effect of AIS on 

springtime melt and mountain runoff.  91% of the annual SWE occurs during Dec-

Jun/July, justifying our choices. The CT formula used here is, CT =
tiri

i
∑

ri
i
∑ , where i is 

number of days since Dec 1 and ri the corrsponding runoff [mm/day] for that day. The 

resulting CT is number of days since Dec 1 when half of center of mass of runoff takes 

place.) 

 

 

Summary  

The presence of aerosols in snow sets off feedbacks amongst the energy and water 

budgets, which leads to significant seasonal changes. Table 1 summarizes correlations for 

9-year MAM averages amongst aerosol deposition in snow amount and changes in 

various components of the energy and water balances. Similar feedbacks take place 

across all three subregions of the WUS. In the Rockies and the Sierras, the amount of 

aerosols deposited (AERd) in snow during MAM are highgly correlated with dALB and 

dNSW (-0.995 and -0.96, respectively – Rockies; -0.994 and 0.97, respectively - Sierras), 
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with more AIS causing larger reduction in albedo and greater amount of solar radiation 

being absorbed at the surface. During May, the Sierras and Rockies experience an 

increase in NSW of 11 and 13 W/m2, respecitvely. The AERd–dALB and AERd–dNSW 

corrlations across the Cascades are about half of those in the other two regions, likely due 

to the fact that the tall green vegetation in this area masks some of the potential impact of 

AIS, as discussed in the previous section. Peak increase in NSW in the Cascades is about 

half of those in the Sierras and Rockies, at 6 W/m2. 

 

The changes in albedo and NSW cause a warming of the skin temperature (correlation os 

-0.994 and 0.88 – Rockies; -0.99 and 1.0 – Sierras, respectively) of 0.98 °C, 0.8 °C and 

1.2 °C in the Rockies, Sierras and Cacades, respectively. This induces a decrease in SWE 

(-0.999 correlation between dTSK and dSWE in both Rockies and Sierras) of 20 mm 

across the Rocky moutain region and 24 mm in the Sierras. Warmer surface skin 

temperatures and decrease in SWE accompany an increase in runoff (e.g. correlations of 

0.75 and -0.78, respectively – Rockies) during springtime, and a decrease in the summer. 

The low correlations between runoff and precipitation changes during MAM suggest that 

it is not the changes in rainfall that cause the changes in runoff, but rather, the runoff 

increase during MAM and decrease during Jun-Jul are due more directly to enhanced 

snowmelt changes induce by AIS in the springtime. However, it is interesting to note that 

Mar-Jul runoff changes are relatively highly correlated with May-Sep dPREC, suggesting 

that perhaps springtime changes in runoff may have an influence on summer 

precipitation, possibly through changes in soil moisture storage.  
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Analysis of changes in skin temperature (TSK), runoff, and soil moisture (SM) with 

respect to elevation shows that higher elevations (e.g. > 1500 m in the Rockies, > 2000 m 

in the Sierras for TSK) experience larger changes during the spring season. During the 

summer, the Sierra mountain region experiences a significant reduction in SM, and the 

decrease is enhanced above 1500 m elevation, and is greater than the increase during the 

ablation period. This net decrease in SM in this region has the potential to cause an 

increased risk of wildfires, as our simulation analysis suggests. AIS also cause shift in 

runoff timing across the southern Rockies (9-year mean of 3.5 days earlier), although the 

relatively coarse resolution over this mountainous region is likely underestimating this 

shift. Vegetation type also plays a role in modulating the magnitude of the AIS effects. 

While the pattern of dTSK with vegetation type is somewhat different for the three 

subregions in the WUS, it is clear that areas with bigger vegetation (deciduous and pine 

trees) experience a smaller increase in TSK during MAM when the impact from AIS in 

felt the most, while smaller vegetation see the highest increase in TSK. 
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FIGURES 

 

 

Figure 1. (a) Model elevation over WUS, with boxes indicating sub-regions of interest: Cascade, 
Sierra, and Rocky mountains; model vegetation type in the Sierras (b), Cascades (c), and Rockies 
(d). Vegetation type corresponding to each value  
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Figure 2. Monthly mean 10-year average of spatial distribution of simulate AER-
NOAER surface albedo difference over WUS. Contour lines indicate areas statistically 
significant at 90%.  
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Figure 3. Monthly mean 10-year average of spatial distribution of simulate AER-
NOAER net shortwave radiation [W/m2] difference over WUS. Contour lines indicate 
areas statistically significant at 90%.  
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Figure 4. Monthly mean 10-year average of spatial distribution of simulate AER-
NOAER TSK [C] difference over WUS. Black contour lines indicate areas statistically 
significant at 90%. Purple contour line in May and Jun indicate 1 mm SWE line.  
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Figure 5. Monthly mean 10-year average of spatial distribution of simulate AER-
NOAER SWE difference over WUS. Contour lines indicate areas statistically significant 
at 90%.  
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Figure 6. Monthly mean 10-year average of spatial distribution of simulate AER-
NOAER runoff [mm/day] difference over WUS. Contour lines indicate areas statistically 
significant at 90%.  
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Figure 7. Monthly mean 10-year average of spatial distribution of simulate AER-
NOAER precipitation [mm/day/] difference over WUS. Blue and red ontour lines 
indicate areas statistically significant at 90%. Black contour lines show elevation bands 
above 2000 [m].  
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Figure 8. Monthly mean 10-year average of spatial distribution of simulate AER-
NOAER total soil moisture content [mm] difference over WUS. Contour lines indicate 
areas statistically significant at 90%.  
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Figure 9. Monthly mean 10-year average of spatial distribution of simulate AER-
NOAER latent heat flux [W/m2] difference over WUS. Contour lines indicate areas 
statistically significant at 90%.  
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Figure 10. Seasonal variability of (a) total surface aerosol (dust+BC+OC) deposition on 
snow, (b) dust only, and (c) BC+OC, across the Sierras (36-41N, 125-118W), Cascades 
(41-50N, 125-120W), and Rockies (33-50N, 118-103W).   
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Figure 11. Seasonal variability of (a) surface albedo, (b) net shortwave radiation 
[W/m2], and (c) TSK, across the Sierras (36-41N, 125-118W), Cascades (41-50N, 125-
120W), and Rockies (33-50N, 118-103W). Average over statistically significant at 90% 
area only. 
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Figure 12. Changes (AER-NAOER) in seasonal water balance for the Sierras, Cascades and 
Rockies regions: (a) SWE [mm], (b) runoff [mm/day], (c) total soil moisture content [mm], (d) 
latent heat flux [W/m2], and (e) precipitation [mm/day]. Average over statistically significant at 
90% area only. 
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Figure 13. Interannual variability of (a) changes* in surface energy and water balance 
components during the 2001-2009 WY, (b) MAM dust [kg/m2*103], BC/OC 
[kg/m2*105], and total [kg/m2*103]  surface deposition*, and (c) SWE MAM sum [mm], 
over the Rockies. *Average over snow cover areas only. 
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Figure 14. Interannual variability of (a) changes* in surface energy and water balance 
components during the 2001-2009 WY, (b) MAM dust [kg/m2*103], BC/OC 
[kg/m2*105], and total [kg/m2*103]  surface deposition, and (c) SWE MAM sum [mm], 
over the Sierras. *Average over snow cover areas only. 
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Figure 15. Interannual variability of (a) changes* in surface energy and water balance 
components during the 2001-2009 WY, (b) MAM dust [kg/m2*103], BC/OC 
[kg/m2*105], and total [kg/m2*103]  surface deposition, and (c) SWE MAM sum [mm], 
over the Cascades. *Average over snow cover areas only. 
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Figure 16. Changes in TSK [C] (a, d, g), runoff [mm/day] (b, e, h), and total soil 
moisture content [mm] (c, f, i) with respect to elevation [m] for the Rockies (a-c), Sierras 
(d-f) and Cascades (g-j) regions. Elevation bands are categorized in 500 meter bins.  
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Figure 17. Changes in TSK due to aerosols-in-snow with respect to vegetation type for 
Rockies (a), Sierras (b), and Cascades (c) regions. Vegetation cover types are grouped in 
five categories: tall trees (type 1-5), ground cover only (type 6), dwarf trees (type 7-9), 
crops (type 10), and bare ground (type 11) .  
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Figure 18. Spatial distribution of the fire vulnerability index, FVI for select months and 
years (lower left corner) that have high aerosol in snow surface deposition. 
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Figure 19. Interannual variability of fire vulnerability index FVI for (a) Jul, (b) Aug, (c) 
Sep, of (d) JJAS TSK [C] difference (AER-NAOER), (e) MAM aerosols surface 
deposition [kg/m2*1000], and (f) SWE yearly sum. 
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Figure 20. Hydrographs for water years 2001-2009 showing runoff [mm/day] across the 
Southern Rockies region (36-42N; 109-105W). Upper right value indicates change in 
runoff center of mass CT [days]. 
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Table 1. Intra-seasonal Correlations among amount of aerosol deposited in snow 
(LAER), changes in albedo (dALB), net shortwave (dNSW), skin temperature (dTSK), 
SWE (dSWE), runoff (dROFF), and precipitation (dPREC) across the three mountain 
sub-regions of WUS. 
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Table 2. Inter-annual Correlations between changes in net shortwave (dNSW), amount of 
aerosols deposited on snow (DAER), and SWE.  
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APPENDIX 
 
 
 
Figure D1. Seasonal 10-average changes in (a) TSK [C] , (b) runoff, and (c) spatial 
changes in runoff Oct-Jan. 
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Figure D2. Vegetation fraction across WUS with height contours [m] overlaied.  

 



	  201 
 

Figure D3. (a) Changes in Apr (top), May (middle), and Jun (bottom) albedo (left), TSK 
[C] (center), and latent heat flux [W/m2] (right); (b) Cascade Mountains region elevation; 
(c) Cascades vegetation type. 
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Figure D4. July fire vulerability index (FVI) for 2000 – 2009. Upper right corner shows 
interannual variability of dust and BC/OC deposition in the model, as well as California 
topography map (from http://en.wikipedia.org/wiki/Geography_of_California).  
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Figure D5. August fire vulerability index (FVI) for 2000 – 2009. Upper right corner 
shows interannual variability of dust and BC/OC deposition in the model, as well as 
California topography map (from http://en.wikipedia.org/wiki/Geography_of_California).  
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Figure D6. September fire vulerability index (FVI) for 2000 – 2009. Upper right corner 
shows interannual variability of dust and BC/OC deposition in the model, as well as 
California topography map (from http://en.wikipedia.org/wiki/Geography_of_California).  
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Figure D7. Runoff analysis for Southern Rockies region. Table includes 2000 – 2009 
changes in CT (center of timing of runoff) [days], amount of SWE in AER simulations 
[mm], and amount of dust deposition used in model [kg/m2]. Correlations indicate SWE 
and dust amount correlation to changes in CT. Changes in CT, SWE and dust amount are 
also ploted as bar graphs. (See text for how CT is calculated.) 
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