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Abstract. Oblique convergence across the San Andreas Fault in southern California has
lead to rapid uplift of the San Gabriel Mountains since 5 Ma. Tomographic models of this
region include a sheet-like, high velocity anomaly, extending to depths greater than 200 km.
One proposed mechanism for the formation of this feature is gravitational instability of the
lithosphere, resulting in a cold thermal downwelling. We present a systematic study of the
sensitivity of lithospheric deformation (lithospheric downwelling, topography, deflection of
the Moho, convergent velocity profile) to the viscosity structure in 2-D numerical models
of lithospheric instability, including a pre-existing zone of weakness. Strike-parallel strain
within a convergent region should create a local zone of weakness due to the non-Newtonian
response of the lithosphere. Such a weak zone can focus convergent motion, increasing and
localizing the growth-rate of a lithospheric instability. We find that the observed characteristics
of deformation depend on the widtk,( and relative viscous weakening factdy), the ratio
of crust to mantle-lithospheric viscositgd/nm), and the absolute viscosity of the lithosphere
(nm). For the San Gabriel Mountains, we find that a range of models is capable of reproducing
the observed Moho deflection and depth extent of the downwelling within the short time since
the onset of convergence. However, only a small subset of moggls, 20 km, f,, = 50-100
Nm= 7.5x 10P°%-1.5 x 10?1 Pa s,n¢/nm > 100 reproduce both the narrow, high topography

and horizontal shortening profile.



Introduction

Oblique convergent margins, like that found along the Pacific-North America plate
boundary in southern California (Figure 1), comprise a special subset of continental collisions,
in that the convergent component of deformati@f inm/yr) is smaller than the strike-slip
component £ 40 mm/yr) [Crustal Deformation Working Groypl998]. In southern
California, recent crustal deformation due to convergence along the San Andreas Fault is
characterized by a narrow region of deformation with 1) crustal shortening over a 200 km
wide region Crustal Deformation Working Groyd998], 2) rapid uplift of the San Gabriel
Mountains (with peaks greater than 3000 m), ové0&m wide region Blythe et al, 2000]
and 3) crustal thickening by 10-15 km beneath San Gabriel Mountdefaé¢r et al, 1996].

This narrow zone of convergent deformation developed since the change in plate motion at
about 5 Ma, suggests that the strike-slip strain around the San Andreas Fault system may act

to localize the convergent deformation compared to that predicted by models of convergence

in laterally homogeneous layers.

The recent € 5 myr) convergent motion across the San Andreas Fault, may have been
partially accommodated by removal of some lithospheric-mantle to form a sheet-like, fast
seismic velocity anomaly extending to depths of at least 200 km beneath the San Gabriel
Mountains of the Transverse Rangekimphreys and Claytqri990;Hu et al, 1994;Powell
and Mitchell 1994;Kohler, 1999]. Following the initial observations of a fast seismic
velocity anomaly beneath the Transverse Rangeslley and Kanamoyil977;Raikes 1980],

subsequent studies constrained the lateral and vertical extent of the anomaly to the length



of the Transverse Ranges 00 km east-west, including the San Bernadino Mountains).
The anomaly is centered near the San Gabriel Mountains of the Eastern Transverse Ranges,
is approximately 60—-120 km wide (north-south), and reaches depths of at least 200 km
[Humphreys and Claytori990;Hu et al, 1994;Powell and Mitchell 1994;Kohler, 1999].
Previous models of regional deformation explained this fast seismic anomaly as either
a one-sided slab-like feature caused by subduction of lithosphere from the Badthrid
Rosenstockl1984; Sheffels and McNuyttLl986], or as the result of symmetric convective
downwelling of lithospheric mantle decoupled from crustal deformatidumfiphreys and
Hager, 1990]. Such models were consistent with the observation at the time, that no crustal
thickening existed beneath the Transverse Rangadlgy and Kanamoyil977;Hearn and
Clayton 1986]. Following recent high-resolution seismic experiments which reveal that
the crust is thicker by 10-15 km beneath the San Gabriel Mountains, relative to a regional
crustal thickness of 25-35 knipfner et al, 1996;Kohler and Davis 1997;Fuis, 1998],
Houseman et a[2000] developed a quantitative model in which crustal shortening develops
with lithospheric downwelling in response to convergence imposed by a surface velocity
boundary condition. This type of model is consistent with the observed displacement of the
Moho beneath the San Gabriel Mountains and the present-day geodetic strain field. It also
depends on the idea that the continental lithospheric mantle may be gravitationally unstable,
as has been suggested in different contexts by authors who have proposed mechanisms such
as delaminationBird, 1978, 1979], lithospheric-mantle subducti@epumont et al.1994;
Willet and Beaumontl994], and convective thinningdpuseman et al1981].

Like previous models of lithospheric instability, the modeldHafuseman et a[2000]



require a low lithospheric viscosity (less than ab@ilt x 10°° Pa s) in order for the
downwelling to develop in less than 5 million years, as constrained by the plate boundary
history. Furthermore, while they suggested that the localization of deformation near the
plate boundary could be due to the non-Newtonian response of the lithosphere, they did
not include lateral variations of lithospheric viscosity in their calculations. Rather they
enforced localization of deformation by imposing a surface velocity profile consistent with
that observed (Figure 1B). The possible importance of pre-existing weak regions on the
deformation in obligue margins has also been considered in the similar geologic setting of the
Southern Alps, New Zealan&grbault et al, 2003], although the importance of strike-parallel
deformation in maintaining the weak zone and affecting the convergent deformation is not
considered.

Here we first discuss a simplified analytic model for deformation in a sheared thin viscous
sheet. This model provides a rationale for the horizontal variation in lithospheric strength
that may cause localization of the convergence. We then investigate how deformation due
to imposed convergence depends on the lithospheric-mantle viscosity, its lateral variation
as described by the length-scale and degree of weakening near the plate boundary, and
the crust to lithospheric-mantle viscosity ratio. In these 2-D convergence experiments,
deformation is localized by the lateral variation in viscosity, rather than by a surface velocity
boundary condition. Our numerical experiments are constrained by observations of the
fast seismic velocity anomaly, variation of crustal thickness, the convergent velocity profile
and topographic profile of the San Gabriel Mountains. Our aim is to determine if these

observations are consistent with this mechanism in which lithospheric downwelling, crustal



thickening and topographic uplift have developed in response to plate boundary convergence
acting on a zone of lithospheric weakness; and if so, what is the viscosity structure necessary

to match the set of observations?

Thin Sheet Model of Lithospheric Viscosity Variation

The obliqgue convergent margin of southern California is dominated by motion in the
strike-parallel direction, with a relative velocity & 40 mm/yr) two to three times that in the
strike-normal direction= 15— 20 mm/yr). Note that relative plate motions based on the
NUVEL-1 plate reconstruction moded¢ Mets et al.1990] are slightly greater in magnitude
than measurements based on GPS data within 150 km of the San Andreas Fault. These
two components of motion are orthogonal, and the associated strain-fields may therefore
be computed separately if variation in the along-strike direction is slow, and if the flow is
Newtonian. The viscosity structure influencing each component of motion will depend on
both components of the strain-rate field. In particular, when we compute the convergent
strain-rate, the effective viscosity coefficient should be dominated by the larger component of
strike-parallel shear strain-rate. Thus, it is likely that the large strain-rates in the strike-parallel
direction will lead to the formation of a weak zone along the plate boundary, through the
non-Newtonian (e.g., dislocation creep) response of the lithosphere.

Since the deformation along the plate boundary is dominated by the strike-parallel
motion, we can use the resultsihgland et al[1985] to estimate the width of the weak zone

and the expected weakening factor. They showed that, for a thin non-Newtonian viscous sheet



with stress-exponemt, and strike-parallel velocity

u(0,y) = UpSin (?) (1)

imposed on the boundary= 0, the strike-parallel velocity component within the sheet

decreases with distangdrom the boundary approximately as,

(2)
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A

U= uoexp(—

The solution is approximately correct even if the boundary is only driven on a segment of
lengthA /2. The exponential decay in the strike-parallel velocity, corresponds to a decay in the

strike-parallel strain-rate away from the boundary,
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wherea = ﬁm. For non-Newtonian viscosity, stress is related to strain-rate by,
Oij = 2N1&ij (4)

where,
. (1-n)

n=Ben, (5)

whereg without subscripts represents the second invariant of the strain-rate tensBr and

is a depth-averaged material constant that may include effects caused by temperature and
compositional variation. Because the strain-rate invariant is dominated by the strike-parallel
shear (3), the viscosity (5) will therefore increase exponentially with distance away from the

strike-slip boundary,

N1= nwexp(xi) (6)

W



where Xy = %

Far from the boundary, strain-rates are low and the lithosphere is likely to be in the
diffusion creep regime, with the stress linearly proportional to the strain-rate (Newtonian
viscosity),

ij = 2No€ij (7)
If we assume that the Newtonian and non-Newtonian mechanisms will act in parallel, than the

effective viscosity within the layer is found by summing the strain-rates for each mechanism:

Ne = NoN1
¢ No+N1

(8)

In southern California the fault-parallel velocity data (Figure 1E) are best fit by a
decaying exponential with a length-scalecof= 67 km. For the thin sheet dominated by
strike-slip motion, this length-scale impliag2 = 730km for n = 3, the expected stress versus
strain-rate index for non-Newtonian deformation of olivine. The length of the San Andreas
fault along which there is oblique convergence is only about 300 km, however. The mismatch
between model prediction and observation here might be attributed to the approximations used
in deriving the thin-sheet equations, because the horizontal length scale is not large compared
to the layer thickness, and the strike-normal component of deformation - which decays
four times more slowly away from the boundaBmgland et al. 1985] — is small but not
negligible. Because of these uncertainties, we therefore assume that the degree of weakening
fw = no/nw and the width of the weak zonw,, should be independently determined in any
model of the convergent deformation, as described in the following section. Regardless of

these uncertainties, the exponential decay observed in Figure 1E implies that lithospheric



strength decreases towards the shear zone according to some relation like that defined by (6)
and (8). This weak zone induced by the strike-parallel deformation may then act to localize
deformation in the strike-normal direction, which we compute separately, as described in the
following section. Thus the two orthogonal components of deformation are coupled through

the non-Newtonian viscous response of the lithosphere.

Convergent Deformation in 2-D Vertical Section

We investigate the convergent component of deformation in 2-D plane-strain using the
finite element methods developed Hpuseman and Molngl997], Molnar et al.[1998]
andNeil and HousemafiLl999], modified to include a viscosity distribution that varies in the
horizontal direction according to equations (6) and (8). The numerical model represents a
2-D section of the crust and lithosphere perpendicular to the strike-slip boundary (Figure 2).
The model includes a crustal layer (densfy, viscosity,n¢), overlying a lithospheric-mantle
layer (densitypm = pa—+ Ap; Viscosity,nm), overlying an asthenosphere (dengity, viscosity
Na). We assume that the asthenosphere viscosity is negligible companggdaion¢. In
general we specify that the weak zone paramefigrandx,, are the same for both crust and
lithospheric mantle, §y = n¢/nw(c) = Nm/Nw(mM), whereny, andnc are equivalent tgyp in
8), so that the crust to lithospheric-mantle viscosity ratignm is constant, independent of
X. Within each layer we assume, for simplicity, that density and viscosity are independent of
depth. The density difference between the lithosphere and asthenodyhasecattributed to
the difference in mean temperature of mantle lithosphere and asthenosphere and the effect of

thermal expansion. For models with a weak zone, viscosity increases away from the center of
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convergencex= Do), such that the effective viscosity in each layer is given by Equation & Figure 2. ]

Convergence is imposed by fixing the displacement rates on the boundaries initially at
x = 0andx = 2D,, at a rate ofi = +U,/2 andu = —U,/2 respectively, wher#);, is the total
convergence rate. We focus on models with a free-slip top boundgyy=(0 andv = 0),
although the choice of a zero normal velocity at the surface could inhibit certain modes of
lithospheric deformation (e.qg., folding, séaong and Zubef2000]). The hydrostatic stress
field due to the constant density asthenosphere is subtracted from the model, so that the bottom
boundary (initially aty = 0) is traction-free ifxOxx + NyOxy = NyOyy + NkOxy = 0). Initially
we investigate models which are symmetric across the center of convergence. In this case,
solutions are obtained for only half the domain= 0 to D) and the boundary at= D, is a
free-slip boundarydyy = 0 andu = 0).

Deformation of the lithosphere in 2-D plane-strain is governed by conservation of mass,

and conservation of momentum,

1 pgdy =0, (10)

whereg is the acceleration due to gravityjs density, the stress tensordg = pdjj + Tij, and

dij is the Kronecker delta. Because the effective viscosity is dominated by the shear strain-rate,
we assume that the convergent strain-rate field may be computed using a Newtonian viscous
constitutive relation of the form,

Tjj = Zne'sij. (11)

The system of Equations 9-11 is solved with the boundary conditions illustrated in Figure 2,
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and viscosity in each layer given by Equation 8, using a finite element method in a Lagrangian
formulation (progranbasil). Boundary conditions and material properties are advected by the
creeping flow, except that thedependent component of the viscosity distribution is held fixed

in the reference frame attached to the center of convergence. The equations are solved using

non-dimensional variables (primed):

x = LX (12

gApL?
p = dpp (13) U = 5 -U(6)

n=nm @) = %t/ (37)

o = gApLd’(15)
whereL is the lithospheric thickness amds time. Accuracy of the method has been verified
previously Neil and Housemanl999] by verification of the computed growth rates in the
absence of forced convergence.

Observed topography is an important constraint on the deformation mechanism and

the viscosity structure. We compare the observed topography to the computed dynamic
topography on the upper surface of the crustal layer. At anytithe computed normal stress

og,y aty = L is that required to ensure that the vertical displacernaen®. The vertical stress

is assumed to be in static equilibrium with a topographic burden of:

ApL

H=_—-—0o
Aps Yy

(18)

wherelps is the density difference across the top surfay®; & pc — Pair, Wherepgir is the

density of air). It is important to note that the effects of erosion and the elastic response of the
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lithosphere are not included in these models.

Computational results are dimensionalized using parameters appropriate for the southern
California region. Based on observed plate convergence rates we dhges20 mm/yr.

The density difference between the lithospheric-mantle and asthenosphere is due to the
colder temperature of the lithosphere. For an average temperature difference of 360 K, the
average density of the lithospheric-mantle/is, = p,0AT ~ 30 kg/m?® greater than that of
asthenosphere (assumiog= 2.5 x 10° K1, p5 = 3300kg/m?). With g = 10 m/$> and

L = 100km, the velocity and time scales defined by equations 16 and 17 then depend on
the choice oy In the following section we consider different valuesngf and attempt

to constrain this poorly determined parameter by comparison of model predictions with
observations. Note, however, that a different choicAmfL, or U, would lead to a different
choice offnm.

The results described below illustrate the dependence of the model deformation history
(downwelling formation, crustal thickening, topography, and surface convergent velocity
profile) on several aspects of the viscosity structure. Initially we assume that the convergent
zone is symmetric, and consider parameter sets (Table 1) that include variations in the
lithospheric-mantle viscosity (also referred to as either lithosphere or mantle viscggity),

(7.5 x 10'°-3.0 x 10%! Pa s), crust to lithospheric-mantle viscosity ratio (also referred to as

crust-mantle viscosity ratio)jc/nm (10-100), and the weak zone parametdys(5, 10, 50,

100) andxy (10, 20, 50, 100 km). Table 1.
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Numerical Experiments on Symmetric Model

In the absence of forced convergence, instability of the lithosphere may develop in
response to an initial perturbation of a stratified density structure, which grows at a rate
dependent upon the viscosity and/or density structure, and the wavelength of the initial
perturbation [e.g.Houseman and Molnarl997;Molnar et al, 1998;Neil and Houseman
1999]. In general the initial growth rate of the instability in such models is slow, and the total
time for the instability to develop is greater than 10 million years if the lithospheric viscosity
is greater than abo@ x 10?° Pa s Neil and Housemanl999]. At slower growth rates
thermal diffusion may stabilize the layer and prevent instabifitgrirad and Molnay 1999;
Houseman and Molna2001]. If uniform horizontal shortening is imposed the growth rate
increasesMolnar et al, 1998], but if convergence is localized in a zone of width comparable
to the wavelength of the natural instability, density-driven downwelling is more probable still.

Including a weak zone within the lithosphere has a strong localizing effect on the
deformation, increasing the growth rate of the instability for weakening factors as small as
1.5. The effectiveness of the weak zone to focus deformation, and how this deformation
manifests in the dynamic topography and convergent velocity profiles, depends not only on
the width and relative viscosity of the weak zone, it also depends on the overall strength of the
lithospheric layer and the crust-mantle viscosity ratio.

The primary effects of increasing the lithospheric viscogityare: higher topography,
decreased growth rate of the instability, thus requiring increased total convergence for the

downwelling to reach the same depth in a given time, broadening of the deformation zone,
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and increased crustal thickening within the weak zone. The four models in Figure 3 (See

Table 1 for model parameters), illustrate how the topography, convergent velocity and layer
deformation, for models with the same weak zone parameters, depemgland the crust to
lithospheric-mantle viscosity ratige/nm.

Deformation in weak lithosphere models (1 and 2; Figure 3) is soon driven by the
downwelling, which develops quickly, reaching a depth of 200 km in less than 1 million
years. The convergent velocity profiles show the velocity near the weak zone increasing
to a value greater than required by the driving velocity, and this rate increases with time
as the downwelling rate increases. The increase in surface convergence is more evident in
model 1, as the weaker crust is more easily drawn into the weak zone by the downwelling.
Strong lithosphere models (3 and 4; Figure 3), in contrast, are driven further by the imposed
convergence, with over 150 km of total convergence before the downwelling reaches 200 km
depth. The velocity profiles for these experiments do not vary much with time, and reflect the
overall horizontal shortening of the layer, localized within the weak zone.

Surface topography for these models depends on several effects, including: horizontal
shortening caused by material being pushed or pulled into the weak zone, local thickening or
thinning of the crust and lithospheric-mantle, and the downward pull of the mass anomaly
in the downwelling sheet. In the weak lithosphere models, material is being pulled into the
weak zone by the downwelling. In model 1, with crust-mantle viscosity radjo)» = 10,
topography building is dominated by viscous shortening in the crust, increasingly driven by
the downwelling in the mantle. In model 2, also with a weak mantle lithosphere but relatively

stronger crustr{c/nm = 100), crustal shortening in the weak zone occurs at slower rates
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(Figure 3B). In this case, the downward pull from the downwelling sheet, although comparable
to that in model 1, is better coupled to the surface due to the higher crustal viscosity, and
overwhelms the upward push caused by shortening; this combination of driving forces result
in a deepening topographic low over the center of the weak zone.

In the strong lithosphere models (3 and 4), material is being pushed into the weak zone
faster than it is being pulled down by the downwelling (Figure 3C, D). This deformation is
accommodated in the crust primarily by increasing horizontal shortening and thickening.
Since the crust is less dense than the lithospheric-mantle, the buoyancy of the thickened
crust resists the downward pull of the dense mass in the downwelling and adds to the overall
positive topography across the weak zone. The greater amplitude of topography in the strong
lithosphere models is in part a consequence of comparing the model predictions after different
amounts of imposed convergence. In general surface measurements such as topography and
convergent velocity profile may evolve with time. This variation must be kept in mind for
the comparisons that follow, and if we are to use observations of deformation to constrain the
lithospheric viscosity structure. In all cases we have chosen to compare model predictions
at the point when the downwelling first reaches the depth of 200 km, as suggested by
tomographic images of seismic velocity variation below the Transverse Ranges.

The extent to which the crust-mantle viscosity ratio affects the topography and convergent
velocity profiles depends also on the weak zone parameters. For a broad weak zone
(xw = 100km), the topography profiles for crust-mantle viscosity ratios of 10 and 100 are
similar (Figure 4A, model 7 versus 11, solid; model 8 versus 12, dashed), & 10,

the topography profiles, only differ significantly within about 25-50 km of the center of
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convergence, where there is a narrow region of higher topography in the stronger crust model
(model 11, Figure 4A). For a narrow weak zong & 20 km), however, increasing the
crust-mantle viscosity ratio leads to significantly narrower, higher topography (Figure 4C:
model 5 versus 9, solid; and model 6 versus 10, dashed). For both crust-mantle viscosity ratios
we see that increasing the weakening fact@) from 10 (solid) to 100 (dashed) decreases the
magnitude of topography, while increasing the localization of deformation (Figure 4D).

While the crust-mantle viscosity ratio has little effect on the overall shape of the
topography profiles for broad weak zones, the convergent velocity profiles can differ
significantly for those models with a large weakening factir £ 100 dashed). The
convergent velocity profile for model 8, witl,/nNm = 10, shows the deformation driven by
the downwelling (increasing convergent velocity toward the center of convergence), while the
equivalent profile with a larger crust-mantle viscosity ratig/fjm = 100, model 12) is driven
more by convergence (Figure 4B). Similarly, for models with a narrow weak zone, shortening
is more localized for models with a larger crust-mantle viscosity ratio (Figure 4D; model 6
versus model 10).

The profiles in Figure 4 illustrate some of the effects of varying weak zone parameters on
topography and convergent velocity profile: 1) increadipgecreases topographic amplitude,
but localizes shortening more within the weak zone, and 2) decreagingreases and
narrows topography, and again localizes shortening more within the weak zone. In the first
case (increasindy), while the strain-rate is higher in the weak zone, the viscosity is lower,
resulting in faster growth of the downwelling and therefore less total convergence, less stress

on the surface due to convergence, and lower topography. In the second case (degkg¢asing
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deformation is strongly focused within the weak zone by the sharp lateral gradient in viscosity,
and the locally greater strain-rates lead directly to higher amplitude topography.

As mentioned above, changing the weak zone parameters affects the development of the
lithospheric downwelling, and affects crustal thickening (Figure 5). \Wyith= 1.5 x 10?1 Pa s
andn¢/nm = 100, downwelling develops more quickly (less total convergence before the
downwelling reaches 200 km depth) for models with a greater weakening factor (compare A
versus B and C versus D, Figure 5). Models with greatealso develop faster (compare A
versus C, or B versus D, Figure 5), though the effect,pis greater than that of,. Crustal
thickening is greater, and more localized for narrower weak zones. Models 14 and 15 have
crustal thickening factors of about 1.5 (ratio of crustal thickness within weak zone, to average
crustal thickness outside weak zone) within 25 km of the center of convergence, while models
12 and 13 have thickening factors of 1.1 and 1.3, respectively. The small degree of crustal
thickening in model 12 is attributable to the small total convergence prior to development of
the downwelling in this experiment witf, = 100

Shortening is strongly focused within the weak zone for models with a greater weakening
factor or narrower weak zone, though the effecixgfis less marked than that df,.
Topographic amplitude is maximized for models with a narrow weak zone and small
weakening factor, and conversely minimized for models with a broad weak zone and large
weakening factor (compare Figure 5A-D). The main control on the amplitude of topography
at the time the downwelling reaches 200 km depth is the total amount of convergence. If the
weak zone parameters lead to a lower overall lithospheric viscosity, then the downwelling will

develop quickly and there will be little convergence and low topography.
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Oblique Convergence Across the San Gabriel Mountains

In order to explain the observed deformation along the oblique convergent margin of the
San Gabriel Mountains in southern California, model predictions must satisfy the observed
deformation, including: present-day convergent velocity profile, and topography, crustal
thickening and lithospheric downwelling developed within the period since convergence began
(5 Ma), at the plate convergence rate (20 mm/yr). The numerical results described above
demonstrate strong trade-offs between the height and shape of topography, the total amount of
convergence, the degree of focusing of horizontal shortening within the weak zone, and the
distribution of crustal thickening. Initial inspection suggests that only a small subset of the
models investigated can provide a reasonable match to all of these observations.

We summarize the deformation measures for the set of models with a relatively strong
crust fic/Nm = 100 in Figure 6. Parameter values that lead to predictions consistent with the
relevant observation in southern California are indicated by the gray shaded region on each of
these maps. Firstly, in order for the downwelling to reach 200 km depth in less than 5 Ma at a
convergence rate of 20 mm/yr, the total convergence needs to be less than 100 km (50 km in
the half-domain represented in the symmetric models). This constraint is met by a range of
weakening factors, which depends on the lithospheric viscosity, but shows little dependence
on the weak zone width (Figure 6A, B).

The observed topography in the San Gabriel Mountains averages 1.5 km, with peaks
greater than 3.0 knBlythe et al, 2000]. Model topography of about 2.5 km is obtained for

Nm= 1.5x 10?1 Pa s, over a range of weakening factors and weak zone widths in the range 20
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to 50 km (Figure 6C, D). A similar constraint is provided by the observed crustal thickness
variation from 30 to 40 km beneath the San Gabriel Mountains. Assuming that this variation
in Moho depth is attributed to the recent deformation, we require a crustal thickening factor of
about 1.3 (Figure 6E, F).

The strongest constraint on the weak zone parameters comes from the width of the
topographic high. The observed width of the uplift in the San Gabriel Mountains is less than
50 km (Figure 1D). For the large weakening factors required to match the net convergence
constraint, the width of topography is not strongly affected by the lithospheric viscosity.
However, only models with a weak zone in the ramge= 20 to 50 km can reproduce the
narrow width (15—-25 km full width at half-height) of the topographic high (Figure 6G, H).

The final observation that constrains the viscosity structure is the convergent velocity
profile, which shows a decay in convergent velocity over a length scale of 50 to 80 km
(Figure 1E). This shortening length scale, estimated from model profiles as the distance across
which the convergent velocity decreases by a facta a only fit by models with high
lithospheric-mantle viscosityng > 1.5 x 10?1 Pa s) as shown in Figure 61, but is equally
well-matched by weak zones with widths from 20 to 100 kmffpe= 50and f, = 100(Figure
6J).

Both the topography and convergent velocity profiles are sensitive to variations in the
weak zone parameters. Therefore, matching all these observations simultaneously is difficult,
and indeed requires some compromise. The best fitting symmetric model, estimated by
inspection (with parameters indicated by the star in Figure 6) is compared to the profiles of

topography and convergent velocity from southern California in Figure 7. Model 10 assumes
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Nm= 1.5x 10°! Pa sn¢/nm = 100 a weak zone width af, = 20 km, and weakening factor

fw = 100. While this model predicts narrow, high topography, the prediction overestimates

the observed width. The prediction of the convergent velocity profile is within observational

error, though it probably underestimates the width of the convergence. The tendency towards
broader, lower topography for models with a lower crust-mantle viscosity ratio, would make

it even more difficult to match the above set of observations, by requiring an even higher
lithosphere viscosity, which would increase the convergence times. Therefore, only models

with a relatively large crust-mantle viscosity ratip:{nm = 100) are able to reproduce the

high, narrow topography observed across the San Gabriel Mountains.

One of the striking features of the topography across the San Gabriel Mountains is
the asymmetry of the profile. The highest topography is shifted about 20 km south of
the San Andreas Fault and the average height of topography north of the San Andreas
fault is 1 km higher than in the Los Angeles Basin. While this asymmetry, may reflect
processes not included in our models, such as erosion and brittle faulting, we briefly explore
what modifications to the lithospheric structure might explain this feature. Asymmetry is
investigated using a full-width modet & 0— 2D, D, = 600km) in which the viscosity and
density structure may be asymmetric with respect to the center of convergead2,j.

In order to match the asymmetry in the topography and velocity profiles, we introduced
changes to the parameters of the best-fit symmetric model (10) as follows: First, in order
to match the 1 km offset in average topography from south to north of the convergent zone,
we reduce the average density of the crustal layer north of the weak zob@ kgy/m?

compared to that in the Los Angeles Basin= 0 to D, in the model; Figure 8). This
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difference in average density is consistent with estimates based on crustal expdfaokey [
and Langenhein001] and provides an explanation for the difference in average elevation of
these two regions. Second, in order to match the offset in location between the topography and
the present day center of convergence, we shift the center of the weak zone 30 km south of this
density discontinuity. This assumption approximately represents the inferred migration of the
plate boundary northward from the San Gabriel Fault, which accommodated over 40 km of
strike-slip displacement between 13 and 4 Ma, to the present day San AndreadNBatsg]
2002;Powell and Weldon1992]. The region to the south of the San Andreas Fault therefore
may have been subject to greater strike-parallel strain (and thus weakening) than the region to
the north.
In order to match the asymmetry of the velocity and topography profile, adjustments to
the relative crustal viscosity south of the San Andreas Fault, and to the weak zone parameters,
were also investigated. The topography of the San Gabriel Mountains is much steeper on
the south side, than on the north side, indicating a stronger viscosity gradient to the south.
However, increasing the viscosity on the south side, increases the height and narrows the
topography. Therefore, an increase of the crustal viscosity must be offset by a decrease of the
mantle viscosity in order to maintain the small net convergence and preserve the height of
topography while making the slope steeper. This difference in crustal viscosity is consistent
with seismic observations that indicate the lower crust of the Los Angeles Basin is mafic in
composition, while the lower crust of the Mojave Desert is felsic to intermediatis et al,
2001]. Based on experimental data at lower crustal conditions, the strength of mafic rocks with

a olivine-dominate rheology is expected to be several orders of magnitude greater than felsic
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rock with a quartzite-dominated rheologydhlistedt et al. 1995;Chen and Molnar1983].

Using the results from a large set of symmetric models that we investigated, we find that
we can increase the crust-mantle viscosity ratio on the south sid®, (630 km) from 100 to
200, and yet maintain the required topographic elevation if we also decrease the lithospheric
viscositynm to 7.5 x 1079 Pa s. At the same time, to better match the slopes of topography and
the convergent velocity profile, we decrease the weakening fagtmom 100 to 50. The final
asymmetric model (Model A in Figure 8) provides an improved fit to the observed topography,
the convergent velocity profile, the net convergence needed for the downwelling to reach
200 km depth (30 km), and the maximum crustal thickening factor (1.34). To illustrate the
influence of the increased crust-mantle viscosity ratio to the south, Figure 8 also shows the
topography and velocity profiles for model B, which is identical to model A, except that is
has a uniform crust-mantle viscosity ratio. Model B has lower, broader topography and under

predicts the increase in convergent velocity on the south side.

Conclusions

The model presented here investigates the effect of a non-Newtonian lithospheric
viscosity in the plate boundary region. Strike-parallel and strike-normal deformations are
coupled by the non-linear viscous constitutive relation. We have made several important
simplifications, however, to keep the problem tractable. Other components of deformation
are omitted, including the elastic response of the lithosphere, brittle failure of the crust, and
erosion. While the elastic response of the lithosphere will act to distribute loads at short

wavelengths leading to broader topography, brittle deformation and erosion will likely help
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to further localize deformation. The parameters that we have estimated for the low viscosity
region may thus require amendment if these other processes are included in the model. In
particular, pre-existing heterogeneities, erosional processes, or the development of faults to
accommodate uplift may all play a role in creating the observed asymmetry in the topography.

Although we have examined a relevant range of the density and strength contrasts
between crust and lithospheric-mantle layers, we have also, for simplicity, assumed that these
layers are each vertically homogeneous. The effect on our experiments of a low viscosity
channel at the base of the crust is uncertd&ioyden1996] showed that a ductile lower
crustal layer existing before convergence begins, results in broad, muted topography, while the
development of a ductile lower crust during deformation leads to only slightly less topography
at short times (1-4 myrs) compared to uniform crust models. Experiments to examine this
possibility are needed, but were considered beyond the scope of this study. Our inferred model
parameters should therefore be interpreted in terms of a depth-averaged viscosity, which is by
definition less than the peak viscosity in each layer. In addition, these values are valid only in
the domain of the model constrained by observations (250 km wide). Although the lithosphere
in general probably has much greater viscous strength than we infer for this plate boundary
region, we surmise that the relatively low strengths cited here are a consequence of the history
of deformation in this region.

With those caveats, the models presented here illustrate some of the possible variation in
lithospheric deformation that may develop in an oblique continental convergent margin. Our
fundamental assumption is that strike-parallel motion may focus convergent deformation by

creating a lithospheric weak zone. For a fixed set of weak zone parameters, we have found
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that the shape and height of topography, Moho displacement, and growth rate of the instability
depend firstly on the lithospheric-mantle viscosity and on the crust-mantle viscosity ratio:
increasing the lithospheric-mantle viscosity and/or the crust-mantle viscosity ratio increases
topography, increases Moho displacement, and decreases the growth-rate of the associated
gravitational instability. For a fixed lithospheric-mantle viscosity and crust-mantle viscosity
ratio, decreasing the weak zone widtly increases topographic elevation and narrows the
zone of shortening and high topography. Similarly, increasing the weakening fiactor
increases the growth rate of the instability and decreases topography, but has only a weak
effect on the width of high topography.

The observations of topography, Moho displacement and convergent velocity profile for
the San Gabriel Mountains region of southern California can be matched by a lithospheric
instability model with a lithospheric-mantle viscosity of ab@ui x 10°° Pa s, a crust-mantle
viscosity ration¢/nm = 100-200, and narrow weak zone defined by widi, = 20 km,
and weakening factorf,, = 50. This model includes a difference in average crustal density
between Los Angeles and Mojave regions and a weak zone centered 30 km south of the San
Andreas Fault Zone, consistent with geological observations and history of deformation.
The lithospheric viscosity estimates that we obtain are consistent with those estimated
independently for the depth-averaged lithospheric viscosity in the southern California region
by Flesch et al[2000] (1-5<10?! Pa s decreasing by a factor of 10 near the San Andreas
Fault). Those authors were unable, however, to assess the contrast between average viscosities
of crust and mantle lithosphere. Likébuseman et a[2000] we conclude that the crust must

be stronger than the lithospheric mantle in Southern California. Unlike them we find that the
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average effective crustal viscosity is as much as two orders of magnitude greater than that of
the mantle lithosphere in this region.

We have presented a rationale for a lithospheric weak zone approximately centered
on the plate boundary in the Transverse Ranges of southern California. The width of the
weak zone that one would infer from the strike-parallel geodetic displacement profile is,
however, too wide here, by at least a factor of 2, for consistency with the thin sheet model
with n = 3, on which we base our argument. The valuexpt= 67 km inferred from Figure
1E also may be too large to allow a satisfactory prediction of the observed narrow width of
the topography. The explanation of this discrepancy could lie in our assumptions concerning
the formation of the weak zone, the effective constitutive relation of the lithosphere (including
possibly arbitrary spatial variation of the viscous strength parameters), the interpretation of
the geodetic strain-rate data, or the processes that are assumed to have created the topography.
This discrepancy remains unresolved at this time.

Our approximate two dimensional models of oblique convergence have demonstrated
that lithospheric instability may be localized by plate boundary geometry interacting with a
non-Newtonian viscosity law. There is, however, significant along-strike variability on the
obliquely convergent plate boundary segment we have studied. In particular, the fast seismic
velocity anomaly lies further south of the San Andreas Fault in the Wwesti¢r, 1999], and
lies beneath the San Bernadino Mountains north of the San Andreas Fault in the east. Full
three-dimensional models that allow oblique convergent margin deformation to be investigated
without the kind of approximations used here, but incorporating along-strike variation of

properties may be the next important step in understanding partitioning of deformation in
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these types of collision zones.
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Figure Captions

Figure 1. (A) Topography in Southern California (from USGS, 90 minute DEM), with arrows
indicating components of horizontal velocity from GPS measurements, relative to stable North
America [Crustal Deformation Working Groyd.998]: white - normal to, and black - parallel

to the San Andreas Fault (SAF, thin white line). Thick white line denotes location of cross
section for topography and velocity profiles across the Los Angeles Basin (LAB) and San
Gabriel Mountains (SGM) region of the Eastern Transverse RafBeBault-normal velocity
projected onto the profile in A, relative to a fixed San Andreas Fault (SAF at O(KhJ-ault-
parallel velocity relative to a fixed San Andreas Fa(2) Topography on same profil€E)

Best fit (black line) to log?5— u mm/yr) versus—x, whereu (velocity) andx (distance) are

the measurements shown in (C) relative to the stable Pacific Plate, for data southwest of SAF

(x<0).

Figure 2. Numerical Model Geometry(A) Initial density and viscosity distributions, and
boundary conditions, for numerical models of convergence with a weak zone. The center of
convergence is at = Do. Gray shading indicates variation in viscosity (layers and lateral
gradient) and density (layers onlyjB) Example viscosity profiles (assumithg= 100 km):
black-solid, f, = 10, x,y = 20 km; black-dashedf,, = 100, x,, = 20 km; gray-solid,f,, = 10,

xw = 100km; gray-dashedf,, = 100, x,, = 100km;
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Figure 3. Influence of mantle viscosity and crust-to-mantle viscosity ratio on deformation with
fixed weak zone parametenrs,(= 100km, f,, = 10). In each column, top to bottom: Conver-
gent velocity profile, topography, layer deformation, and crustal viscosity profile (relative to
mantle viscosity), at three time steps-light gray, to-dark grayts-black). For the final time-
step the crust-lithosphere boundary is also shown with the layer deforméfieB) Models

1 and 2 withnm = 7.5 x 10'° Pa s. (C-D) Models 3 and 4 witmm = 3 x 10?1 Pa s. Note

differences in vertical scales for topography and velocity profiles.

Figure 4. Influence of weak zone parameters and crust-mantle viscosity ratio on topography
and convergent velocity profiles, for fixed lithospheric viscosiy € 1.5 x 10?1 Pa s). Profiles
shown at time downwelling reaches 200 km deptiHA—B) Models 7, 8, 11, and 1§ = 100

km), att = 5.4, 1.2, 5.3, and 1.2 myr, respectivelZ—D) Models 5, 6, 9 and 1 = 20km)
attj=7.8, 1.5, 7.3 and 1.4 myr, respectively. Lines are coded for model numbers and parameter
values as follows: Solid-black (5 and 7), dashed-black (6 and 8), solid-gray (9 and 11), dashed-

gray (10 and 12), solid,, = 10, dashedf,, = 100, blackn¢/nm = 10, gray n¢/nm = 100

Figure 5. Influence of weak zone parametexg, @nd fy,) for experiments withr{,, = 1.5 x
10%! Pa s) andr{c/nm = 100). Panels are the same as Figure(3—D) Models 12 to 15,
with x,, and fy, as labeled on bottom panel. Note differences in vertical scale for topography

profiles.
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Figure 6. Summary of deformation measures mapped onfthes n, and f,, vs X planes,

for experiments withr{c/nm = 100). All values are measured when the instability reaches
200 km depth(A, C, G, E, 1) Left column,x, = 20km. (B, D, F, H, J) Right column,nm =

1.5 x 10?1 Pa s. Gray regions indicate values consistent with southern California observations.

Star indicates the symmetric model which, by inspection, best fits the set of observations.

Figure 7. Comparison of observed topograpfdy) and convergent velocityB) with pre-
dictions of Model 10 (gray lines). Note, for comparison of symmetric models to observed

topography, the peak observed topography is aligned with the center of convergence.

Figure 8. Comparison of observations and predictions of asymmetric ModeiAnm =
200for x = 0 to Dy — 30 km; n¢/Nm = 100for X = Dy — 30 km to 2Dy; Do = 600 km) and
Model B (N¢/Nm = 100for x = 0 to 2D,; D, = 600 km) at the time the instability reaches
200 km depth(A) Topography: observed (black), Model A (gray) and Model B (gray-dashed).
(B) Convergent velocity: observed (black dots,) Model A (gray line) and Model B (gray-
dashed)(C) Density (gray shading) and layer deformation in vicinity of weak zone for Model
A. Density discontinuity is initially located at = Dy km with pg(S) — pe(N) = 50kg/m?. (D)

Viscosity (gray shading) and layer deformation in vicinity of weak zone for Model A.
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Tables
Model Nm Ne/NMm  Xw  fw
(Pas) (km)
1 75x10% 10 100 10
2  75x10° 100 100 10
3  30x10* 10 100 10
4  30x10% 100 100 10
5 15x10 10 20 10
6  15x10% 10 20 100
7  15x10?t 10 100 10
8 15x10 10 100 100
9 15x10 100 20 10
10 15x10* 100 20 100
11  15x10% 100 100 10
12 15x10% 100 100 100
13 15x10* 100 100 5
14 15x10* 100 10 100
15 15x10* 100 10 5
A 75x10°° 200,100 20 50
B  75x10%° 100 20 50

Table 1. Summary of parameters for symmetric models (1-15) and asymmetric model (A-B).
For Model A, the two values afic/nm are forx = 0 to D, — 30 km andx = Doy — 30t0 2Dy,

respectively Do, = 600km).
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