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ABSTRACT	OF	THE	DISSERTATION	

	

Understand	the	Role	of	Global	Meridional	Overturning	Circulation		

on	the	Ocean	Carbon	Sink	

by	

Yi	Liu	

Doctor	of	Philosophy	in	Earth	System	Science	

University	of	California,	Irvine,	2023	

Professor	J.	Keith	Moore,	Irvine,	Chair	

	

The	 oceans	 play	 an	 important	 role	 in	 regulating	 atmospheric	 CO2	 levels	 and	 the	

climate	 system.	Since	 the	beginning	of	 the	 Industrial	Revolution,	 the	ocean	has	absorbed	

more	than	25%	of	anthropogenic	CO2	emissions,	and	the	carbon	sink	is	expected	to	grow	

over	 the	 next	 several	 centuries	 as	 atmospheric	 CO2	 concentrations	 rise.	 Multiple	 ocean	

processes,	however,	affect	the	amount	of	anthropogenic	carbon	that	the	ocean	absorbs	from	

the	 atmosphere.	 This	 thesis	 combines	 Earth	 System	Models	 (ESM)	 from	 the	 sixth	 phase	

Coupled	Model	 Intercomparison	 Project	 (CMIP6)	with	 an	 offline	 inverse	 biogeochemical	

model	to	answer	a	fundamental	question:	What	mechanisms	control	the	size	of	the	ocean	

carbon	sink	in	a	warming	climate?	
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First,	 I	 use	 the	 CMIP6	 models	 to	 investigate	 the	 role	 of	 meridional	 overturning	

circulation	in	ocean	carbon	uptake	(Chapter	2).	Slowing	MOC	reduces	anthropogenic	carbon	

uptake	by	the	solubility	pump	while	increasing	deep	ocean	carbon	and	nutrient	storage	by	

the	biological	pump.	The	net	effect	is	a	reduction	in	the	ocean	carbon	sink.		

I	then	used	an	offline	inverse	biogeochemical	model	to	conduct	a	series	of	sensitivity	

experiments	to	better	understand	how	changes	in	circulation	affect	the	ocean	carbon	sink	

(Chapter	3).	The	results	show	that	slowing	MOC	reduces	anthropogenic	carbon	uptake	by	

decreasing	biological	productivity.	The	slowing	MOC	sequesters	more	nutrients	in	the	deep	

ocean,	 reducing	nutrient	 replenishment	 to	the	 upper	 ocean	 and	 thus	 lowering	 biological	

productivity.	This	increases	ocean	surface	CO2	saturation	and	reduces	the	ocean's	ability	to	

absorb	 anthropogenic	 CO2	 from	 the	 atmosphere.	 However,	 without	 taking	 into	 account	

changes	in	biological	productivity,	the	slowing	MOC	contributes	little	to	the	ocean	carbon	

sink.		

In	 Chapter	 4,	 I	 examine	 the	 ocean	 ventilation	 timescales	 and	 patterns	 in	 a	 time-

evolving	 circulation	 in	 the	 context	 of	 climate	 change.	 I	 found	 that	 slowing	 meridional	

overturning	circulation	causes	a	110-year	 increase	 in	global-averaged	mean	age	 from	the	

year	 1850	 to	 2300.	 However,	 where	 and	 when	 the	 water	 will	 be	 re-exposed	 to	 the	

atmosphere	is	highly	dependent	on	the	post-2300	circulation.	The	dependence	of	interior-

to-surface	transit	time	on	future	ocean	circulation	produces	great	uncertainties	in	the	long-

term	durability	of	the	ocean	CDR	strategies.	
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Chapter	1:	Introduction	

1.1 	The	ocean	carbon	sink	

A	 global	 agreement	 on	 climate	 change	 The	 Paris	 Agreement	 aims	 to	 limit	 global	

average	temperature	increase	to	less	than	2oC	or	1.5oC	above	preindustrial	levels.	To	meet	

the	 climate	 targets,	 strict	carbon	 emission	 reductions	 and	 "negative	 emission"	 strategies	

(Carbon	Dioxide	Removal,	 hereafter	CDR)	 are	 required.	The	 foundation	of	meeting	 these	

climate	 targets	 is	 accurately	calculating	the	allowable	 amounts	of	 additional	 emissions	as	

well	 as	the	 efficacy	 of	 CDR	 strategies	 for	 enhancing	 natural	 carbon	 sinks.	 However,	 the	

calculations,	 which	 are	 heavily	 reliant	 on	 future	 global	 carbon	 sinks,	 have	

large	uncertainties	(Jones	and	Friedlingstein,	2020;	Keller	et	al.,	2018).	

Since	 the	 Industrial	 Revolution,	 the	 ocean	 has	 absorbed	 more	 than	 25%	 of	

anthropogenic	CO2	emissions	(Friedlingstein	et	al.,	2022),	and	this	carbon	sink	is	projected	

to	 continue	growing	over	 the	next	 several	 centuries	 (Randerson	et	 al.,	 2015;	 Jones	et	 al.,	

2016).	However,	accurately	estimating	the	contemporary	and	future	ocean	carbon	sink	using	

Earth	System	Models	(ESMs)	is	challenging,	and	there	are	significant	uncertainties	with	large	

regional	biases	in	the	current	era	compared	to	observation-based	products	(McKinley	et	al.,	

2017;	Kessler	and	Tjiputra,	2016;	Fay	and	McKinley,	2021).	The	uncertainty	of	the	future	

ocean	carbon	sink	(Terhaar	et	al.,	2022:	150±11	PgC	to	399±29	PgC	depending	on	the	climate	

scenarios)	contributes	significantly	 to	 the	uncertainties	of	allowable	additional	emissions	

(i.e.,	416±90	PgC	(Schurer	et	al.,	2018)).	Furthermore,	 the	 large	uncertainty	 in	the	CMIP6	

ESMs	 implies	 a	 lack	 of	 comprehensive	 understanding	 of	 the	 carbon	 cycle,	 which	 adds	
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uncertainty	 to	 the	 calculation	 of	 the	 durability	 of	 some	 marine	 carbon	 dioxide	 removal	

(mCDR)	strategies	that	aim	to	sequester	CO2	in	the	deep	ocean.	

In	 estimating	 the	 contemporary	 and	 future	 ocean	 carbon	 sink,	 ESMs	 include	

uncertainties	 arising	 from	 various	 sources	 such	 as	 model	 structure,	 initialization,	 and	

emission	 scenarios.	Among	 these,	 emission	 scenarios	 contribute	most	 significantly	 to	 the	

considerable	spread	of	ESMs	concerning	the	future	ocean	carbon	sink,	posing	a	challenge	

that	 is	 difficult	 to	minimize.	 Differences	 in	 the	 parameterization	 of	 ocean	 processes	 and	

initial	 conditions	 across	 models	 primarily	 account	 for	 the	 remaining	 spread.	 These	

uncertainties	 underscore	 the	 existing	 gaps	 in	 our	 understanding	 of	 ocean	 processes,	

including	physical	and	biogeochemical	aspects,	such	as	the	unclear	roles	of	large-scale	ocean	

circulation	 and	 ocean	 biology	 in	 modulating	 the	 ocean	 carbon	 sink.	 A	 recent	 study	 by	

McKinley	 et	 al.	 (2023)	 suggests	 that	 constraining	 the	 contemporary	 ocean	 carbon	 sink	

estimation	 could	 reduce	 the	 model	 spread	 of	 the	 future	 global	 ocean	 carbon	 sink	 by	

approximately	50%.	However,	the	influence	of	individual	ocean	processes	on	the	spread	of	

the	ocean	carbon	sink	estimated	by	ESMs	remains	unclear.	

1.2 Natural	and	anthropogenic	ocean	carbon	

The	ocean	serves	as	a	vast	reservoir	of	inorganic	carbon,	with	continuous	exchange	

occurring	 between	 the	 ocean	 and	 the	 atmosphere.	 It	 includes	 both	 natural	 and	

anthropogenic	components	of	carbon.	The	natural	CO2	pool	is	part	of	the	ocean’s	dissolved	

inorganic	carbon	(DIC)	pool	that	existed	in	the	preindustrial	era,	whereas	the	anthropogenic	

component	represents	the	carbon	that	the	ocean	takes	up	from	rising	atmospheric	CO2	due	

to	anthropogenic	perturbation.		
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1.2.1	The	natural	carbon	cycle	

The	preindustrial	level	of	atmospheric	CO2	was	approximately	280	ppm,	and	the	role	

of	ocean	carbon	pumps	in	maintaining	this	level	of	atmospheric	CO2	is	crucial	(Henson	et	al.,	

2017).	In	the	absence	of	the	ocean	carbon	pump,	the	preindustrial	atmospheric	CO2	levels	

would	have	been	as	high	as	583	ppm	(DeVries,	2022).	

The	carbon	pumps	also	modulate	the	DIC	distribution	in	the	ocean.	The	most	striking	

feature	 of	 DIC	 in	 the	 ocean	 is	 its	 robust	 vertical	 gradient,	 characterized	 by	 lower	

concentrations	near	the	surface	and	higher	concentrations	in	deeper	waters.	This	gradient	

enables	the	ocean	to	absorb	additional	carbon	from	the	atmosphere,	thus	mitigating	climate	

change.	Ocean	carbon	pumps,	primarily	the	biological	and	solubility	pumps,	are	responsible	

for	maintaining	these	gradients	(Volk	and	Hoffert,	1985).	Approximately	two-thirds	of	the	

ocean's	vertical	DIC	gradients	can	be	attributed	to	the	biological	pump,	while	the	remaining	

third	is	a	result	of	the	solubility	pump	(DeVries,	2022).	A	comprehensive	understanding	of	

ocean	 carbon	 pumps	 is	 essential	 for	 deciphering	 both	 the	 natural	 carbon	 cycle	 and	

anthropogenic	carbon	uptake	resulting	from	human-induced	increased	atmospheric	CO2.	

The	biological	pump	 transfers	 carbon	dioxide	 (CO2)	 from	 the	atmosphere	 into	 the	

deep	 ocean.	 This	 process	 involves	 photosynthetic	 organisms,	 such	 as	 phytoplankton,	

absorbing	carbon	and	then	sinking	organic	matter	and	calcium	carbonate	shells	to	the	deep	

ocean.	 The	 strength	 of	 the	 biological	 pump	 is	 primarily	 determined	 by	 surface	 water	

productivity	 and	 the	 export	 of	 some	 of	 this	 production.	 Factors	 such	 as	 nutrients,	

temperature,	and	light	regulate	phytoplankton	growth,	thereby	influencing	the	strength	and	

efficiency	of	biological	pump.	Globally,	the	biological	pump	has	a	strength	of	5-13	PgC/yr,	
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with	significant	spatial	variations	(e.g.,	Henson	et	al.,	2011;	Henson	et	al.,	2022;	Nowicki	et	

al.,	2022).	As	phytoplankton	consume	nutrients	and	generate	organic	matter,	some	of	which	

sink	into	the	ocean's	depths,	upper	ocean	nutrients	become	depleted.	To	maintain	marine	

biological	productivity,	ocean	circulation	must	ultimately	return	these	sinking	nutrients	to	

the	 upper	 ocean	 (Palter	 et	 al.,	 2010;	 Moore	 et	 al.,	 2018).	 Ultimately,	 the	 strength	 and	

efficiency	of	 the	biological	pump	are	controlled	by	both	biological	processes	and	physical	

processes	such	as	ocean	circulation.	The	solubility	pump	is	another	critical	contributor	to	

the	 ocean	 carbon	 sink,	 accounting	 for	 approximately	 1/3	 of	 the	 DIC	 vertical	 gradients	

(DeVries,	2022).	It	operates	based	on	the	principle	that	carbon	dioxide	is	more	soluble	in	

cold	water.	 As	 cold	water	 is	 denser,	 it	 is	more	 likely	 to	 sink	 into	 the	 deep	 ocean,	 taking	

dissolved	CO2	along	with	it	(Volk	and	Hoffert,	1985).	As	a	result,	the	solubility	pump	is	driven	

by	a	combination	of	ocean	chemistry	and	ocean	circulation.	This	process	helps	maintain	the	

ocean's	 ability	 to	 absorb	 additional	 carbon	 from	 the	 atmosphere	 and	 contributes	

significantly	to	the	overall	ocean	carbon	sink,	collaborating	closely	with	the	biological	pump	

to	regulate	Earth's	carbon	cycle	and	climate	system.	

Recent	 and	 projected	 climate	 warming	 alters	 natural	 carbon	 cycling	 via	 multiple	

pathways,	 including	CO2	 solubility,	 ocean	 circulation,	 and	ocean	 carbon	pumps.	As	ocean	

temperatures	rise,	CO2	solubility	in	water	decreases,	 leading	to	natural	carbon	outgassing	

from	 the	 surface.	 The	 stronger	 upwelling	 in	 the	 Southern	 Ocean	 driven	 by	 stronger	

westerlies	is	also	a	potential	reason	for	natural	carbon	outgassing.	The	reduced	carbonate	

buffer	 factor	also	emitted	some	natural	carbon	 into	 the	atmosphere	(Holzer	and	DeVries,	

2022).	Changes	in	the	biological	pump	are	also	an	important	factor	in	modulating	natural	

carbon	cycling.	 	The	strength	of	the	biological	pump	is	projected	to	decline	in	most	Earth	
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System	Models	due	to	increased	nutrient	stress	in	the	upper	ocean	(Henson	et	al.,	2022;	Fu	

et	al.,	2016).	However,	physiological	responses	and	phytoplankton	community	shifts	may	

partially	mitigate	this	stress	by	requiring	fewer	nutrients	with	higher	stoichiometric	ratios	

(Kwon	et	al.,	2022).	Although	the	weakened	biological	pump	reduces	carbon	injection	into	

the	 deep	 ocean,	 the	 slower	 overturning	 circulation	 allows	more	 time	 for	 carbon	 buildup	

before	eventual	release	back	to	the	atmosphere	(Matear	et	al.,	1999;	Bernardello	et	al.,	2014).		

	

1.2.2	The	anthropogenic	carbon	uptake	

The	 ocean	 accounts	 for	 approximately	 40%	 of	 the	 total	 anthropogenic	 carbon	

absorption	 from	 the	 atmosphere	 since	 the	 preindustrial	 era.	 The	 concept	 of	 the	 oceanic	

anthropogenic	carbon	sink	is	a	combination	of	the	absorption	of	newly	emitted	carbon	and	

alterations	 in	 the	 ocean's	 natural	 inventory	 caused	 by	 climate-induced	 shifts	 in	

temperatures,	winds,	and	freshwater	cycles	(Frolicher	and	Joos,	2010;	McNeil	and	Matear,	

2013).	 Notably,	 the	 Southern	Ocean	 contributes	 to	 a	 larger	 proportion	 of	 anthropogenic	

carbon	uptake	compared	to	other	ocean	basins	(Gruber	et	al.,	2019;	Prend	et	al.,	2022).	 	

Historically,	 data-constrained	 estimates	 indicate	 that	 the	 ocean	 has	 absorbed	

approximately	 33.0±4.0	 PgC	 from	 1994	 to	 2007	 (Gruber	 et	 al.,	 2019).	 Conversely,	 Earth	

System	Models,	including	both	CMIP5	and	CMIP6	models,	present	lower	estimates	of	carbon	

uptake	at	around	27.8±0.5	PgC	(Fu	et	al.,	2022).	This	discrepancy	might	be	attributable	to	a	

weakened	exchange	from	the	surface	to	the	ocean's	interior.	

In	a	changing	climate,	estimating	the	future	ocean	carbon	sink	presents	significant	

challenges.	 However,	 current	 oceanic	 conditions,	 such	 as	 overturning	 circulation,	 ocean	
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stratification	and	the	Revelle	factor	can	help	constrain	some	uncertainties.	Employing	these	

emergent	 constraints	 could	 decrease	 uncertainties	 around	 future	 anthropogenic	 carbon	

uptake	 by	 32%-62%,	 depending	 on	 the	 warming	 scenarios	 (Terhaar	 et	 al.,	 2022).	

Furthermore,	constraining	present-day	carbon	sinks	can	reduce	approximately	50%	of	the	

uncertainty	in	the	future	ocean	carbon	sink	(McKinley	et	al.,	2023).	The	trajectory	of	future	

ocean	carbon	sinks	also	heavily	relies	on	prescribed	climate	scenarios.	For	instance,	under	a	

"business-as-usual"	 scenario,	 the	 ocean	 would	 absorb	 approximately	 750	 PgC	 of	

anthropogenic	 carbon	 from	 the	 preindustrial	 era	 until	 2100.	 Under	 the	 scenario	 with	

emission	mitigation,	this	value	reduces	to	380	PgC	(Ridge	and	McKinley,	2021).	While	the	

ocean	 carbon	 sink	mirrors	 atmospheric	 CO2	 emissions	 to	 some	 extent,	 the	 time-evolving	

ocean	physical	and	biological	processes	also	influence	the	magnitude	of	the	sink.		

Previous	studies	argue	that	the	reduced	buffer	factor	primarily	influences	the	ocean	

carbon	 sink	 under	 both	 moderate	 and	 business-as-usual	 warming	 scenarios	 (Ridge	 and	

McKinley,	 2021;	 Chikamoto	 and	 DiNezio,	 2021).	 The	 temperature-driven	 decreased	 CO2	

solubility,	along	with	other	mechanisms,	such	as	variable	overturning	circulation	and	the	

biological	pump,	also	affect	carbon	uptake	by	modulating	the	surface	ocean's	DIC,	alkalinity	

(ALK),	and	air-sea	CO2	disequilibrium.			

	

1.3 	The	global	overturning	circulation	

The	Meridional	Overturning	Circulation	(MOC)	is	a	key	component	of	global	ocean	

circulation,	playing	a	vital	role	in	heat	and	nutrient	distribution	as	well	as	the	ocean	carbon	

sink.	The	MOC	 consists	 of	 two	primary	 cells:	 the	 abyssal	 cell	 Southern	Ocean	Meridional	

Overturning	Circulation	(SMOC),	driven	by	Antarctic	Bottom	Water	(AABW)	formation	and	
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the	upwelling	 of	 Circumpolar	Deep	Water	 (CDW),	 and	 the	upper	 cell	Atlantic	Meridional	

Overturning	Circulation	(AMOC),	driven	by	North	Atlantic	Deep	Water	(NADW)	formation.	

The	MOC	interacts	with	the	upper	ocean	circulation,	thereby	affecting	both	natural	

carbon	cycling	and	anthropogenic	carbon	uptake.	In	the	Antarctic	Divergence,	deep	ocean	

nutrients	upwell	to	the	surface	and	travel	northward,	further	spreading	into	the	Subantarctic	

Mode	 Water	 (SAMW)	 and	 Antarctic	 Intermediate	 Water	 (AAIW)	 formation	 regions	 via	

Ekman	transport.	SAMW,	enriched	with	nutrients	from	thick	wintertime	mixed	layers,	move	

northward	into	the	thermocline,	fueling	low-latitude	biological	productivity	through	upward	

transport	in	equatorial	regions.	

A	 slowing	 global	 meridional	 overturning	 circulation	 combined	 with	 intensifying	

upper	ocean	stratification	affects	the	ocean	carbon	sink.	This	slowdown	is	hypothesized	to	

sequester	 more	 nutrients	 in	 the	 deep	 ocean,	 leading	 to	 a	 potential	 decrease	 in	 surface	

nutrient	levels	and	biological	productivity	(Moore	et	al.,	2018).	Yet,	it	also	allows	carbon	to	

remain	 in	 the	 deep	 water	 longer	 before	 resurfacing.	 The	 weakening	 exchange	 between	

surface	and	deep	water	could	hinder	the	transfer	of	anthropogenic	carbon	from	the	surface	

to	the	ocean	interior,	thereby	accumulating	carbon	at	the	surface	and	reducing	the	ocean's	

uptake	of	additional	anthropogenic	carbon	 from	the	atmosphere.	Untangling	 the	complex	

influence	of	varying	overturning	circulation	on	the	oceanic	carbon	sink	poses	a	considerable	

challenge.	
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1.4 	Research	questions	

	 This	thesis	mainly	focuses	on	how	ocean	circulation	and	biological	processes	affect	

the	 ocean	 carbon	 sink.	 Also,	 how	 the	 time-evolving	 circulation	will	 affect	 the	 ventilation	

timescales	and	further	the	efficacy	of	some	ocean	CDR	strategies.	This	thesis	is	divided	into	

three	main	chapters.	

In	Chapter	2,	I	will	focus	on	the	role	of	time-evolving	global	overturning	circulation	

on	 the	ocean	carbon	sink.	Previous	 studies	have	primarily	 focused	on	 the	variability	and	

trends	of	AMOC,	while	the	control	of	the	SMOC	on	the	ocean	carbon	sink	has	been	largely	

ignored.	This	chapter	aims	to	address	this	gap	in	knowledge	by	analyzing	all	CMIP6	models,	

in	conjunction	with	an	offline	biogeochemical	model,	to	investigate	the	effects	of	a	slowdown	

in	 SMOC	 on	 nutrient	 availability,	 biological	 productivity,	 and	 the	 ocean	 carbon	 sink.	 Our	

findings	indicate	that	a	slowdown	of	the	SMOC	will	deplete	surface	nutrients	and	decrease	

export	production,	but	it	will	increase	the	efficiency	of	the	biological	pump,	resulting	in	the	

sequestration	 of	 more	 regenerated	 carbon.	 This	 slowdown,	 however,	 will	 weaken	 the	

solubility	 pump	 by	 transporting	 less	 anthropogenic	 carbon	 into	 the	 deep	 ocean	 and	

ultimately	lead	to	a	reduction	in	the	ocean	carbon	sink.	

In	Chapter	2,	I	 investigate	how	the	ocean	carbon	sink	is	affected	by	a	slowdown	in	

overturning	circulation	under	different	warming	scenarios	using	CMIP6	models.	However,	

we	still	don't	fully	understand	the	specific	mechanisms	by	which	this	slowdown	affects	both	

natural	 and	 anthropogenic	 carbon,	 nor	 do	we	 have	 a	 clear	 picture	 of	 how	 other	 oceanic	

processes,	like	sea	surface	temperature,	biology,	and	air-sea	CO2	exchange,	impact	the	ocean	

carbon	sink.	To	address	these	gaps	in	knowledge,	we	integrated	time-evolving	circulation	
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into	an	inverse	biogeochemical	model	to	analyze	the	contributions	of	each	oceanic	process	

to	the	ocean	carbon	sink	in	chapter	3.	Our	results	indicate	that	while	increased	temperature	

leads	to	natural	carbon	outgassing,	the	slowing	overturning	circulation	and	the	associated	

decrease	in	export	production,	has	the	greatest	impact	on	the	total	ocean	carbon	sink.	

Chapters	2	and	3	help	us	understand	the	crucial	role	that	oceanic	processes	play	in	

regulating	 the	 ocean	 carbon	 sink.	 However,	 the	 impact	 of	 time-evolving	 circulation	 on	

ventilation	 timescales	 and	 patterns	 is	 equally	 important,	 as	 it	 directly	 influences	 the	

sequestration	timescales	and	durability	of	ocean	carbon	dioxide	removal	(CDR)	strategies	

that	aim	to	sequester	carbon	in	the	deep	ocean.	In	chapter	4,	we	expand	on	the	theory	of	

water	mean	age	and	mean	first-passage	time	by	incorporating	time-evolving	circulation.	Our	

findings	indicate	that	a	slowdown	in	overturning	circulation	results	in	older	deep	water,	but	

younger	upper	ocean.	However,	the	estimation	of	mean	first-passage	time,	i.e.,	the	length	of	

time	a	tracer	can	remain	in	the	water	before	reaching	the	surface,	is	highly	dependent	on	

future	circulation	patterns	beyond	 the	year	2300,	when	our	 simulation	ends.	As	a	 result,	

there	are	significant	uncertainties	in	our	estimation	of	mean	first-passage	time.		

In	chapter	5,	 I	provide	a	summary	of	 this	dissertation	and	give	an	overview	of	the	

impacts	of	slowing	overturning	circulation	on	the	ocean	carbon	sink	and	its	potential	impacts	

on	 the	 durability	 of	 mCDR	 strategies.	 Furthermore,	 I	 contemplate	 prospective	 future	

research	directions.	

	

	 	



 

10 
 

Chapter	2:	Reduced	CO2	Uptake	and	Growing	Nutrient	Sequestration	

from	Slowing	Overturning	Circulation	

Abstract	

Current	Earth	System	Models	(ESMs)	project	dramatic	slowing	(28%-42%	by	2100)	

of	 Atlantic	 Meridional	 Overturning	 Circulation	 (AMOC)	 and	 Southern	 Meridional	

Overturning	 Circulation	 (SMOC)	 across	 a	 range	 of	 climate	 scenarios,	 with	 a	 complete	

shutdown	 of	 SMOC	 possible	 by	 year	 2300.		 Slowing	 meridional	 overturning	 circulation	

(MOC)	differentially	impacts	the	ocean	biological	and	solubility	carbon	pumps,	leaving	the	

net	 impact	 on	ocean	 carbon	uptake	uncertain.	Here	using	 a	 suite	 of	 ESMs,	we	 show	 that	

slowing	MOC	reduces	anthropogenic	carbon	uptake	by	the	solubility	pump,	but	 increases	

deep	ocean	storage	of	carbon	and	nutrients	by	the	biological	pump.	The	net	effect	reduces	

ocean	uptake	of	anthropogenic	CO2.	The	deep-ocean	nutrient	sequestration	will	increasingly	

depress	 global-scale,	 marine	 net	 primary	 production	 (NPP)	 over	 time.	 MOC	 slowdown	

represents	 a	 positive	 feedback	 that	 could	 extend	 or	 intensify	 peak-warmth	 climate	

conditions	on	multicentury	timescales.	

	

This	chapter	appeared	as	a	publication	in	Nature	Climate	Change.	

Liu,	 Y.,	 Moore,	 J.K.,	 Primeau,	 F.,	 Wang,	 W.L.,	(2023),	 Reduced	 CO2	uptake	 and	 growing	

nutrient	 sequestration	 from	 slowing	 overturning	 circulation.	Nat.	 Clim.	 Chang.	13,	 83–90.	

https://doi.org/10.1038/s41558-022-01555-7.	

	 	



 

11 
 

Main	text	

The	 global	 Meridional	 Overturning	 Circulation	 (MOC),	 comprised	 of	 the	 Atlantic-

based	upper	MOC	cell	(AMOC)	and	the	deeper	Southern	MOC	cell	(SMOC),	strongly	impacts	

climate	and	marine	biogeochemistry	(Jahn	et	al.,	2013;	Matear	et	al.,	1999;	Plattner	et	al.,	

2001;	Schmittner,	2005;	Whitt	et	al.,	2020;	Katavouta	and	Williams,	2021).	Earth	System	

Models	 (ESM)	 from	 the	 Coupled	Model	 Intercomparison	 Project	 (CMIP6)	 project	 rapidly	

declining	AMOC	rates	over	 the	21st	 century	 (Katavouta	and	Williams,	2021;	Weijer	et	 al.,	

2020;	O’Neill	et	al.,	2016).	Recent	observations	suggest	declining	North	Atlantic	Deep	Water	

(NADW)	 formation	and	slowing	of	AMOC	are	underway	and	already	 impacting	biological	

productivity	(Thornalley	et	al.,	2018;	Caesar	et	al.,	2018;	Osman	et	al.,	2019).	A	recent	study	

of	 eleven	 CMIP6	models	 found	 a	 strong	 link	 between	 Atlantic	 basin	 carbon	 storage	 and	

slowing	AMOC	(Katavouta	and	Williams,	2021).	 	There	have	been	 fewer	studies	of	SMOC	

response	 to	climate	warming,	particularly	with	ESM	projections	 that	extend	beyond	year	

2100	(Moore	et	al.,	2018;	Frölicher	et	al.,2020;	Beadling	et	al.,	2020;	Heuzé,	2021).			

	 The	oceans	play	a	critical	role	in	removing	anthropogenic	CO2	from	the	atmosphere	

(Sabine	 et	 al.,	 2004;	 Gruber	 et	 al.,	 2019).	 Global	 ocean	 dissolved	 inorganic	 carbon	 (DIC)	

concentrations	have	increased	over	time	as	the	oceans	take	up	anthropogenic	CO2,	driven	by	

rising	atmospheric	CO2	 concentrations	 (Sabine	et	al.,	2004;	Gruber	et	al.,	2019).	Both	 the	

biological	and	solubility	carbon	pumps	contribute	to	ocean	CO2	sequestration.	The	solubility	

pump	refers	to	the	combined	influences	of	ocean	circulation	and	inorganic	carbon	chemistry	

that	contribute	to	uptake	and	storage	of	carbon	dioxide,	helping	maintain	observed	vertical	

gradients	of	DIC	(higher	concentrations	at	depth).	The	biological	pump	refers	to	the	biogenic	
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export	of	carbon	to	the	interior	ocean	(as	sinking	particulate	organic	carbon	(POC),	sinking	

calcium	 carbonate	 (CaCO3),	 and	 transported	 dissolved	 organic	 matter),	 which	 modifies	

surface	 carbon	 chemistry	 and	 air-sea	 CO2	 exchange.	 CMIP5	 ESMs	 project	 weakening	

biological	 carbon	export	 from	surface	waters	over	 the	21st	 century,	generally	with	 larger	

decreases	under	stronger	warming	scenarios	(Bopp	et	al.,	2013;	Fu	et	al.,	2016;	Laufkötter	

et	al.,	2016).		

	 Slowing	meridional	overturning	circulation	weakens	carbon	uptake	by	the	solubility	

pump,	but	allows	more	time	for	exported	biogenic	carbon	to	accumulate	at	depth,	increasing	

deep	ocean	carbon	and	nutrient	storage	by	the	biological	pump	(Matear	et	al.,	1999;	Plattner	

et	al.,	2001;	Schmittner,	2005;	Whitt	et	al.,	2020;	Katavouta	and	Williams,	2021;	Frölicher	

and	Joos.,	2010;	Bernardello	et	al.,	2014;	Ito,	2015;	DrVries	et	al.,	2017;	Ödalen	et	al.,	2018).	

Previous	 studies	 often	 focused	 on	 a	 single	 model,	 assumed	 steady	 state	 circulation,	 or	

focused	on	the	paleoclimate	context.	MOC	impacts	on	global	ocean	carbon	uptake	and	the	

underlying	 mechanisms	 across	 multiple	 warming	 scenarios	 remain	 unclear,	 as	 all	 these	

multiple	processes	are	integrated	in	ESMs	and	the	relative	roles	of	these	processes	may	be	

changing	 over	 time,	 making	 it	 difficult	 to	 disentangle.	 Here,	 we	 diagnose	 the	 effects	 of	

slowing	overturning	circulation	on	the	ocean	carbon	sink	in	the	context	of	a	warming	climate	

with	a	suite	of	CMIP6	ESM	projections	along	three	potential	future	climate	scenarios.	We	also	

incorporate	a	new	offline	model	based	on	output	 from	 the	CESMv1(BGC)	CMIP5	RCP8.5-

ECP8.5	 simulation	 (Moore	et	 al.,	 2018)	 (hereafter	CESMv1-RCP8.5).	 Simulations	with	 the	

offline	model	allow	us	to	more	accurately	diagnose	the	changing	contributions	of	different	

processes	to	carbon	sequestration	over	time	in	the	CESMv1-RCP8.5	simulation	(Methods	for	

details).	
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Climate	Warming	Slows	Meridional	Overturning	Circulation	

	 We	calculate	the	changing	rates	of	overturning	in	the	Atlantic-based	upper	MOC	cell	

(AMOC)	and	for	the	global	Southern	MOC	cell	(SMOC)	for	a	suite	of	thirty-six	CMIP6	models	

and	 twenty-four	 CMIP5	 models	 to	 year	 2100	 across	 multiple	 climate	 scenarios	 (CMIP5	

Representative	 Concentration	 Pathway	 (RCP)	 8.5,	 and	 CMIP6	 Shared	 Socioeconomic	

Pathways	(SSP)	1-2.6,	SSP2-4.5	and	SSP5-8.5).	Radiative	forcing	at	2100	is	the	same	for	the	

two	high-end	scenarios,	but	with	a	modestly	different	relative	contribution	from	different	

greenhouse	gases.	We	extend	this	analysis	to	year	2300	for	the	six	CMIP6	models	with	output	

available	 on	 the	 Earth	 System	 Grid	 Federation	 (ESGF)	 (tables	 S1-S2	 in	 Supplementary	

Information,	hereafter	SI).	The	RCP8.5	and	SSP5-8.5	are	high-end	warming,	emissions-as-

usual	 scenarios,	 SSP2-4.5	 has	 more	 moderate	 warming,	 and	 SSP1-2.6	 is	 a	 stabilization	

scenario	aimed	at	keeping	mean	surface	warming	below	2oC	(O’Neill	et	al.,	2016).	The	CMIP6	

mean	AMOC	rate	(maximum	overturning	at	30oN)	for	the	present	climate	(1990s)	is	19.2±4.5	

Sv,	which	matches	well	with	the	estimate	of	17.0±4.4	Sv	from	the	RAPID	project	(27)	and	

other	 observation-based	 estimates	 (Cessi,	 2019)	 (Fig.	 2.1,	 table	 4).	 However,	 all	 CMIP6	

models	 underestimate	 SMOC	 rate	 (maximum	 overturning	 at	 30oS)	 compared	 to	 the	

observational	estimates	(Fig.	2.1,	Fig.	2.6,	table	4).	Despite	these	model	discrepancies	there	

is	a	robust	trend	across	the	models	of	declining	overturning	rates	in	both	AMOC	and	SMOC	

as	the	climate	warms.	 	

There	 is	 a	 dramatic	 future	 slowing	 of	 both	 MOC	 cells	 on	 the	 high-end	 warming	

scenarios	 (RCP8.5,	 SSP5-8.5)	 that	 extends	well	 beyond	year	2100	 (Fig.	 2.1,	 Fig.	 2.6).	 The	
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CMIP6	 model-mean	 AMOC	 rate	 steadily	 declines	 over	 the	 21st	 century	 (Katavouta	 and	

Williams,	2021)	before	stabilizing	at	a	much-reduced	rate	(Fig.	2.1A),	similar	to	the	CMIP5	

models	(Fig.	2.6).	Overturning	rates	for	both	MOC	cells	also	decline	to	year	2100	under	the	

more	moderate	warming	scenarios	(Fig.	2.2,	Fig.	2.6).	SMOC	slows	as	polar	salinity-driven	

stratification	intensifies	(Fig.	2.7,	SI)	and	appears	to	be	shutting	down	completely	by	year	

2300	 in	 available	 CMIP6	 SSP5-8.5	models,	 similar	 to	 the	 pattern	 in	 the	 CESMv1-RCP8.5	

simulation	(Fig.	2.1,	Fig.	2.6,	SI).	Both	AMOC	and	SMOC	slow	with	climate	warming,	but	there	

is	a	range	of	responses	across	models	and	climate	scenarios	(Figs.	2.1-2.2,	table	2.1).	There	

is	considerable	variability	in	the	degree	of	MOC	slowdown,	with	the	inter-model	differences	

often	 larger	 than	 the	 variability	 across	 different	 climate	 scenarios	with	 the	 same	model.	

Thus,	there	is	broad	agreement	in	projecting	rapidly	declining	MOC	rates	this	century,	but	

substantial	uncertainty	remains	in	the	magnitude	of	MOC	slowing	and	in	the	tipping	points	

related	to	potential	MOC	shutdown	in	the	centuries	beyond.	

		

Reduced	Ocean	Carbon	Uptake	from	Slowing	SMOC	

	 To	 understand	 the	 time-dependent	 contributions	 of	 the	 biological	 and	 solubility	

pumps	to	global	ocean	carbon	uptake,	we	partition	DIC	into	the	regenerated	and	preformed	

components	 using	 the	 apparent	 oxygen	 utilization	 (AOU),	 and	 define	 the	 strength	 of	 the	

biological	and	solubility	carbon	pumps	in	a	changing	climate	as	the	accumulation	rate	of	the	

regenerated	DIC	and	preformed	DIC,	respectively,	relative	to	the	preindustrial	for	thirteen	

CMIP6	models	and	the	CESMv1-RCP8.5	simulation.		
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	 We	find	increasing	ocean	carbon	storage	(full	depth)	in	every	model	with	most	of	the	

accumulation	as	preformed	DIC	at	intermediate	depths	(100-2000	m,	Fig.	2.2,	table	2.1).		The	

whole	ocean	regenerated	DIC	storage	ranges	widely	across	these	models	from	+5	to	+142	

PgC,	accounting	for	1%	to	30%	(mean	15%)	of	the	total	ocean	carbon	storage	by	2100	(Fig.	

2.2).	 	 Yet	 in	 the	deep	ocean	 (>	2000m)	 regenerated	DIC	 accounted	 for	~50-100%	of	 the	

carbon	 accumulation	 and	 increases	 over	 the	 21st	 century	 across	 the	 CMIP6	models	 and	

different	warming	scenarios	 (Fig.	2.2,	Figs.	2.8-2.10,	 table	2.1).	Differences	 in	deep	ocean	

regenerated	carbon	accumulation	are	 limited	across	 the	warming	scenarios,	 even	 though	

both	AMOC	and	SMOC	tend	to	slow	more	with	stronger	climate	warming	(table	2.1).	Storage	

of	preformed	carbon	in	the	deep	ocean	increases	at	a	slower	rate	or	in	some	models	declines	

over	 the	 21st	 century	 (Fig.	 2.2,	 Figs.	 2.8-2.10).	 	 Thus,	 the	 biological	 pump	 is	 coming	 to	

dominate	deep	ocean	 (>	2000	m)	 carbon	 storage	by	2100	 in	most	 of	 the	CMIP6	models,	

particularly	under	stronger	climate	warming	scenarios	(SSP2-4.5	and	SSP5-8.5	scenarios).				

	 Regenerated	DIC	is	also	accumulating	at	intermediate	depths,	but	this	accumulation	

scales	more	strongly	with	degree	of	climate	warming	across	the	CMIP6	scenarios	(Fig.	2.2,	

table	2.1).	The	accumulation	of	regenerated	DIC	by	the	end	of	this	century	is	correlated	with	

the	 changes	 in	 export	 production	 normalized	 by	 the	 slowdown	 of	 SMOC,	 because	 the	

accumulation	of	regenerated	DIC	is	controlled	by	the	changes	in	surface	export	production,	

which	injects	carbon	into	ocean	interior,	and	by	the	changes	of	SMOC,	which	is	an	indicator	

of	 ocean	 interior	 residence	 time	 and	 the	 potential	 to	 accumulate	 regenerated	 DIC.	 This	

correlation	is	valid	across	CMIP6	SSP1-2.6,	SSP2-4.5	and	SSP5-8.5	warming	scenarios	(Fig.	

2.3).	Furthermore,	it	is	also	valid	in	the	intermediate	and	deep	ocean	(Figs.	2.11-2.12).	
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We	hypothesize	that	slowing	of	the	MOC	will	reduce	the	capacity	of	the	oceans	to	take	

up	anthropogenic	CO2	on	multicentury	timescales	in	the	context	of	increasing	atmospheric	

CO2.	Slowing	SMOC	should	weaken	the	solubility	pump,	as	it	controls	ventilation	of	the	ocean	

interior	on	multicentury	timescales.	Great	amounts	of	preformed	DIC	are	accumulating	at	

intermediate	depths	 (100	 -	2000m)	 in	CMIP6,	but	 little	of	 this	 is	making	 it	 into	 the	deep	

ocean,	 in	 part	 due	 to	 slowing	MOC	 (Fig.	 2.2,	 table	 2.1).	 	We	 find	 significant	 correlations	

between	 the	 slowing	 of	 SMOC	 and	 both	 preformed	 and	 total	 ocean	DIC	 storage	 by	 2100	

across	CMIP6	SSP1-2.6,	SSP2-4.5	and	SSP5-8.5	projections	for	models	with	necessary	output	

available	on	the	ESGF	(Fig.	2.3).	The	models	with	the	greatest	slowing	of	SMOC	take	up	the	

least	preformed	and	total	DIC.	The	declines	in	SMOC	can	explain	39%-51%	of	the	variance	in	

ocean	carbon	storage	by	the	solubility	pump	by	2100	depending	on	the	warming	scenarios	

(Fig.	2.3).	The	storage	of	regenerated	DIC	only	partially	makes	up	the	difference	between	

preformed	 and	 total	 DIC	 storage	 (Fig.	 2.3).	 If	 we	 consider	 intermediate	 and	 deep	 ocean	

separately,	the	same	correlation	holds	true	in	the	intermediate	ocean	(Fig.	2.11),	but	in	the	

deep	ocean,	the	correlation	becomes	much	weaker	as	the	deep	ocean	has	longer	ventilation	

time	which	does	not	allow	as	much	preformed	DIC	accumulation	in	the	deep	ocean	by	2100	

and	the	impacts	of	slowing	SMOC	on	regenerated	DIC	and	preformed	DIC	partially	cancel	out,	

resulting	in	no	obvious	correlation	to	total	DIC	(Fig.	2.12).		

	 We	examine	centennial	timescale	changes	in	carbon	and	nutrient	accumulation	rates	

(relative	 to	preindustrial)	 in	 the	CESMv1-RCP8.5	 to	better	 illustrate	processes	happening	

across	the	CMIP6	models.		DIC	storage	rate	peaks	in	the	21st	century	and	declines	in	ocean	

uptake	out	to	year	2300	(Fig.	2.4).	The	accumulation	of	DIC	is	initially	much	larger	in	surface	

waters	 than	 at	 depth,	 due	 to	 direct	 uptake	 of	 anthropogenic	 CO2	 from	 the	 atmosphere.	
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However,	the	movement	of	carbon	from	the	surface	to	the	interior	by	circulation	eventually	

dominates	 over	 the	 transfer	 of	 carbon	 from	 the	 atmosphere	 to	 the	 oceans,	 causing	 the	

relative	contribution	of	surface	ocean	DIC	storage	to	decrease.	The	strongest	accumulation	

rate	progressively	shifts	to	intermediate	depth	waters	(Fig.	2.4).		Preformed	DIC	dominates	

accumulation	at	intermediate	depths	(100	-	2000m),	but	little	has	reached	the	deep	ocean,	

even	by	2300,	largely	due	to	slowing	MOC	(Fig.	2.4,	table	2.1).		Preformed	DIC	accumulation	

rates	decline	at	all	depth	levels	after	2100,	with	very	little	accumulation	in	the	deep	ocean	

and	no	surface	accumulation	(<	100m)	of	preformed	DIC	in	the	2200s.	The	accumulation	rate	

of	preformed	DIC	at	intermediate	depths	slows	substantially	in	the	2200s	compared	to	the	

previous	two	centuries,	but	still	accounts	for	most	of	the	total	carbon	storage	over	the	23rd	

century	(Fig.	2.4).	

	 During	20th	 century,	CESMv1-RCP8.5	accumulation	of	carbon	 in	 the	deep	ocean	(>	

2000m)	 is	 dominated	by	 the	 solubility	 pump	 (~67%),	 but	 the	 biological	 pump	 comes	 to	

dominate	deep-ocean	carbon	storage	(Fig.	2.4).	By	2100,	the	biological	pump	accounts	for	

65%	of	the	deep-ocean	DIC	accumulation,	 increasing	to	85%	by	2300	(Fig.	2.4).	Thus,	the	

biological	pump	comes	to	dominate	deep-ocean	carbon	storage	with	strong	climate	warming	

in	the	CESMv1-RCP8.5,	as	seen	in	the	CMIP6	models	(Fig.	2.2,	Figs.	2.8-2.10).		The	biological	

pump	is	also	sequestering	nitrate	and	phosphate	in	the	deep	ocean,	with	large	upper-ocean	

declines	 balanced	 by	 increasing	 deep	 ocean	 concentrations	 (Fig.	 2.4).	 In	 2200s,	 both	 the	

preformed	 and	 regenerated	 DIC	 keep	 accumulating	 in	 the	 ocean,	 but	 the	 declines	 of	

accumulation	 rates	of	 preformed	DIC	 are	 far	 larger	 than	 the	declines	 in	 regenerated	DIC	

accumulation	rates	compared	to	2100s	(Fig.	2.4).	Thus,	the	total	rate	of	CO2	uptake	from	the	
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atmosphere	is	declining	just	as	atmospheric	CO2	concentrations	and	surface	temperatures	

are	approaching	peak	values	(O’Neill	et	al.,	2016;	Moore	et	al.,	2018).	

	 To	better	understand	the	changing	regenerated	DIC	distributions,	we	separate	 the	

effects	of	decreasing	 surface	export	 flux	 from	 the	effects	of	 slowing	MOC	on	 regenerated	

carbon	 distributions	with	 the	 offline	model.	We	 perform	 a	 decomposition	 of	 the	 carbon	

accumulation	 using	 offline	 simulations	 in	 which	 the	 biological	 source	 terms	 and	 the	

circulation	are	prescribed	factorially	to	be	either	time-varying	or	fixed	to	their	preindustrial	

values	(1850s)	as	simulated	with	the	online	ESM	(SI).	These	offline	simulations	provide	a	

clean	 separation	 of	 the	 influences	 of	 time-varying	 physical	 and	 biological	 processes.	We	

diagnose	 the	 carbon	 fluxes	 for	 CESMv1-RCP8.5	 with	 the	 offline	 model,	 separating	 the	

contributions	 of	 sinking	 biological	 fluxes	 and	 the	 time-varying	 ocean	 circulation	 fluxes	

across	the	100m	and	2000m	depth	horizons,	comparing	the	steady-state	preindustrial	fluxes	

with	the	changing	accumulation	rates	averaged	over	the	21st	and	23rd	centuries	(Fig.	2.5).		

The	sinking	biogenic	carbon	fluxes	at	both	depths	decline	over	time	by	~30%.	However,	the	

return	of	deep-ocean,	regenerated	DIC	back	to	the	surface	by	the	circulation	declines	even	

more,	from	0.76	PgC/yr	preindustrial	to	0.38	PgC/yr	in	the	21st	century,	and	even	brings	(-

0.04	PgC/yr)	upper	ocean	regenerated	DIC	back	to	the	deep	ocean	in	the	23rd	century	(Fig.	

2.5).	The	imbalance	leads	to	net	storage	of	regenerated	carbon,	nitrogen	and	phosphorus	in	

the	 deep	 ocean,	 depressing	 upper-ocean	 nutrient	 concentrations	 (Figs.	 2.4-2.5).	 With	

available	 model	 output,	 we	 could	 separate	 the	 impacts	 of	 changing	 surface	 export	 and	

circulation	 on	 regenerated	 DIC	 accumulation	 for	 CESMv1-RCP8.5	 and	 for	 three	 CMIP6	

projections.	In	each	of	these	projections	the	biological	export	from	surface	waters	declines	
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over	the	21st	century.	Thus,	all	of	the	increasing	deep-ocean	regenerated	DIC	accumulation	

is	due	to	slowing	MOC	(Fig.	2.13,	table	2.1).			

	

Discussion	and	Conclusions	

	 The	CMIP6	ESMs	consistently	project	dramatic	slowing	of	AMOC	and	SMOC	across	a	

wide	range	of	future	climate	scenarios.		There	are	substantial	differences	across	the	models	

in	both	the	magnitude	of	MOC	slowing	and	in	how	strongly	it	scales	with	the	degree	of	climate	

warming	(Figs.	2.1-2.2,	Figs.	2.6-2.7).	On	the	low-end	warming	scenario	(SSP1-2.6)	both	MOC	

cells	stabilize	after	year	2100,	but	at	rates	greatly	reduced	from	the	preindustrial	(-37%	for	

AMOC,	-67%	for	SMOC).	There	are	no	signs	of	MOC	recovery	by	year	2300.	On	the	high-end	

warming	scenario	(SSP5-8.5),	SMOC	appears	to	collapse	completely	by	2300	(Fig.	2.1,	SI).	

	 Slowing	MOC	 increases	 the	efficiency	of	 the	biological	pump.	Global-scale	primary	

production	 and	 surface	 biogenic	 carbon	 export	 will	 decline	 as	 critical	 nutrients	 are	

increasingly	 sequestered	 in	 the	 deep	 ocean,	 along	 with	 community	 shifts	 from	 larger	

phytoplankton	 to	 smaller	 phytoplankton	 under	 increasing	 nutrient	 stress	 (Moore	 et	 al.,	

2018,	Fu	et	al.,	2016)	until	at	some	point	MOC	becomes	more	vigorous	again	(13).	Despite	

the	 declining	 or	 flat	 surface	 export	 production,	 nearly	 all	 of	 the	models	 show	 increasing	

storage	of	regenerated	DIC	over	this	century,	due	to	the	MOC	slowing	(Fig.	2.2,	Fig.	2.13,	table	

2.1).	In	the	near	term,	the	increasing	sequestration	efficiency	of	the	biological	pump,	driven	

by	 the	 MOC	 slowdown,	 leads	 to	 net	 removal	 of	 CO2	 from	 the	 atmosphere,	 partially	

compensating	for	the	weakening	solubility	pump.	However,	a	substantial	pulse	of	CO2	could	

be	released	back	to	the	atmosphere	when	a	more	vigorous	MOC	eventually	returns.	Some	
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studies	have	suggested	a	returning	MOC	strength	after	several	hundred	years	(Frölicher	et	

al.,	2020,	Frölicher	and	Joos,	2010;	Ito	et	al.,	2014,	Schmittner	et	al.,	2008;	Yamamoto	et	al.,	

2015;	 Battaglia	 and	 Joos,	 2018).	 These	 coarse	 resolution	 and	 intermediate	 complexity	

models	 did	 not	 include	 active	 ice	 sheets	 and	 may	 not	 accurately	 capture	 the	 long	 term	

climate	 impacts	 on	 MOC.	 The	 longer	 residence	 time	 in	 the	 deep	 ocean	 allows	 more	

accumulation	of	regenerated	carbon	and	nutrients	at	depth,	but	it	also	allows	more	oxygen	

to	be	consumed	before	water	masses	are	again	ventilated	at	the	surface.	Slowing	MOC	will	

exacerbate	 the	 expected	 declines	 in	 ocean	 oxygen	 content,	 driven	 primarily	 by	warming	

effects	on	solubility	and	increasing	upper	ocean	stratification	(Koeve	et	al.,	2020,	Levin	et	al.,	

2018).	MOC	shutdown	could	eventually	lead	to	an	anoxic	deep	ocean,	which	has	contributed	

to	past	mass	extinction	events	(Brennecka	et	al.,	2011).	

	 Slowing	 MOC	 weakens	 the	 solubility	 pump’s	 capacity	 to	 take	 up	 and	 store	

anthropogenic	CO2	 on	multicentury	 timescales.	The	 increasing	efficiency	of	 the	biological	

pump	only	partially	compensates	 for	much	 larger	decreases	 in	solubility	pump	efficiency	

(i.e.,	preformed	DIC	accumulation)	as	circulation	changes	and	surface	waters	saturate	with	

CO2	(Figs.	2.2-2.5).	Thus,	slowing	of	MOC	with	climate	warming	will	weaken	ocean	uptake	of	

CO2,	potentially	extending	hot	climate	conditions	by	hundreds	to	even	thousands	of	years	

(Steffen	et	al.,	2018;	Holzer	et	al.,	2020;	Plattner	et	al.,	2008;	Clark	et	al.,	2016;	Frölicher and 

Paynter, 2015; Hajima et al., 2020).	Elevated	air	temperatures	and	high	CO2	concentrations	

could	 last	 for	millennia	with	a	persistent	collapse	of	MOC,	which	would	prevent	the	deep	

ocean	from	contributing	to	CO2	drawdown.		The	timescale	for	AABW	to	return	to	the	surface	

had	already	increased	by	2000	years	as	of	the	2090s	due	to	the	rapid	slowing	of	SMOC	in	one	

ESM	(Holzer	et	al.,	2020).	The	intermediate	complexity	models	used	to	generate	the	CMIP6	
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climate	 scenarios	 lack	 realistic	 ocean	 circulation	 (O’Neill	 et	 al.,	 2016)	 and	 so	 likely	

overestimate	ocean	CO2	uptake	by	not	properly	accounting	for	the	impacts	of	MOC	slowdown	

as	climate	warms.	This	means	larger	reductions	in	greenhouse	gas	emissions	than	previously	

estimated	may	be	necessary	 to	 achieve	 the	 targeted	 radiative	 forcing	 trends,	 and	 for	 the	

more	moderate	scenarios,	the	climate	stabilization	goals.			 	

Millennial	 timescale	 ESM	 projections	 are	 necessary	 to	 understand	 the	 impacts	 of	

global	 warming	 on	 ocean	 circulation,	 biogeochemistry,	 and	 marine	 ecosystems,	 and	 to	

evaluate	 associated	 potential	 climate	 feedbacks	 and	 tipping	 points	 (Steffen	 et	 al.,	 2018;	

Holzer	 et	 al.,	 2020;	 Plattner	 et	 al.,	 2008;	 Clark	 et	 al.,	 2016;	 Frölicher	 and	 Paynter,	 2015;	

Hajima	et	al.,	2020).	However,	few	previous	studies	have	included	active	ice	sheet	dynamics,	

and	so	are	missing	the	massive	freshwater	inputs	from	the	Greenland	and	Antarctica	that	

will	come	with	climate	warming,	and	the	corresponding	impacts	on	ocean	circulation	and	

biogeochemistry	(Hu	et	al.,	2009;	Lago	et	al.,	2019;	Kwiatkowski	et	al.,	2019;	Mackie	et	al.,	

2020).	 These	 freshwater	 inputs	will	 further	 stratify	 polar	 regions,	 inhibiting	 deep	water	

formation.	Thus,	inclusion	of	active	ice-sheet	dynamics	in	the	ESMs	will	likely	further	weaken	

MOC	 (Levin	 et	 al.,	 2018)	 relative	 to	 the	 CMIP6	 results	 presented	 here,	 potentially	

contributing	to	a	shutdown	of	the	deep-water	formation	that	drives	both	MOC	cells.		Some	

CMIP6	models	 form	Antarctic	Bottom	Water	 (AABW)	 through	an	unrealistic,	 open	ocean	

convection,	 missing	 important	 shelf	 and	 coastal	 processes	 that	 influence	 AABW	 in	 the	

observations,	 including	 dynamic	 ocean-ice	 sheet	 interactions	 (Heuzé,	 2021).	 Deep	water	

formation	results	from	complex	interactions	between	the	oceans,	the	atmosphere,	sea	ice,	

and	 ice	 sheets,	 often	 at	 spatial	 scales	 smaller	 than	 current	 ESM	 grid	 cells	 can	 represent.	

Improved	representation	of	 the	deep-water	 formation	processes	 that	drive	 the	MOC	cells	
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should	be	a	top	priority	for	ESM	development	(Katavouta	and	Williams,	2021;	Beadling	et	

al.,	2020;	Heuzé,	2021)	as	these	processes	will	largely	determine	the	long-term	trajectory	of	

ongoing	climate	perturbation.	As	humanity	moves	to	reduce	greenhouse	emissions,	there	is	

a	great	need	 to	explore	millennial	 timescale	climate	change	with	state-of-the-art	ESMs	 to	

better	 understand	 the	 full	 consequences	 of	 greenhouse	 gas	 emissions	 for	 planet	 Earth	

(Moore	et	al.,	2018;	Frölicher	et	al.,	2020;	Steffen	et	al.,	2018;	Holzer	et	al.,	2020;	Plattner	et	

al.,	2008;	Clark	et	al.,	2016;	Frölicher	and	Paynter,	2015;	Hajima	et	al.,	2020).	

	

Table	2.1.	CMIP6	model	mean	changes	in	physical	and	biogeochemical	fluxes	by	2100	
under	three	climate	scenarios.	Shown	are	the	mean	changes	 in	meridional	overturning	
circulation	rates	and	in	the	sinking	flux	of	particulate	organic	carbon	at	100m	depth	from	
CMIP6	models	(2080-2099	mean	relative	to	1850-1869	mean	for	each	model)	across	a	range	
of	warming	scenarios.		For	each	calculation	we	include	all	CMIP6	models	with	all	necessary	
output	available	on	the	Earth	System	Grid	Federation	(ESGF).	“n”	is	the	number	of	models	
with	necessary	variables.	

	 SSP1-2.6	 SSP2-4.5	 SSP5-8.5	

∆AMOC	(Sv)	
-5.1±3.0	

(-28.8%±16.4%)	
(n=24)	

-6.0±2.6	
(-33.6%±14.2%)	

(n=26)	

-7.3±2.7	
(-41.7%±13.8%)	

(n=28)	

∆SMOC	(Sv)	
-3.6±1.9	

(-33.2%±14.1%)	
(n=24)	

-4.0±2.0	
(-37.9%±13.7%)	

(n=26)	

-4.6±2.3	
(-41.9%±14.8%)	

(n=28)	

∆EP	(PgC/yr)	
-0.4±0.2	

(-4.5%±4.0%)	
(n=11)	

-0.6±0.3	
(-6.9%±5.7%)	

(n=12)	

-1.1±0.5	
(-12.3%±8.2%)	

(n=13)	
∆preDIC	(100-2000m,	

PgC)	
220.5±32.1	
(n=11)	

273.6±37.1	
(n=12)	

364.2±46.6	
(n=13)	

∆preDIC	(>2000m,	PgC)	 24.4±24.0	
(n=11)	

22.1±25.1	
(n=12)	

21.8±24.4	
(n=13)	

∆regDIC	(100-2000m,	
PgC)	

15.9±16.7	
(n=11)	

21.7±18.1	
(n=12)	

31.7±20.1	
(n=13)	

∆regDIC	(>2000m,	PgC)	 34.0±30.1	
(n=11)	

36.3±29.3	
(n=12)	

37.3±28.7	
(n=13)	
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Figure	 2.1.	 Slowing	Meridional	 Overturning	 Circulation	 (MOC)	with	 strong	 climate	
warming.	Mean	MOC	rates	 (Sv)	under	 the	SSP5-8.5	scenario	 from	CMIP6	models	 to	year	
2100	(36	models	for	historical	period,	28	extend	to	2100,	6	models	extend	to	2300,	table	S1)	
are	shown	for	the	Atlantic	Meridional	Overturning	Circulation	(AMOC,	A)	and	the	Southern	
Meridional	Overturning	Circulation	(SMOC,	B).		Black	line	indicates	the	CMIP6	multi-model	
mean,	and	light	and	dark	pink	shadings	indicate	the	range	and	one	standard	deviation.	Black	
circles	and	lines	indicate	mean	and	one	standard	deviation	of	the	observation-based	MOC	
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estimates	 in	 table	 2.4.	 Also	 shown	 is	 the	 mean	 northward	 bottom	 flow	 across	 50oS	 (>	
4000m),	representing	export	of	Antarctic	Bottom	Water	(AABW)	from	the	Southern	Ocean	
(see	SI	for	details).	

 

 

Figure	2.2.	Changes	in	meridional	overturning,	carbon	export,	and	carbon	storage	by	
2100.	Panels	A	and	B	show	the	changes	in	SMOC	and	AMOC	(Sv)	comparing	preindustrial	
mean	(1850-1869)	to	mean	of	years	2090-2099.	Panel	C	shows	changes	in	export	production	
(sinking	organic	carbon	at	100m	(PgC/yr).		Panel	D	shows	the	integrated	export	production	
from	 1850	 to	 2100	 (PgC).	 Panels	 E	 and	 F	 show	 preformed	 and	 regenerated	 carbon	
accumulation	 (PgC/yr)	 at	 intermediate	 depths	 (100-2000m)	 under	 three	 warming	
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scenarios.	Panels	G	and	H	show	deep	ocean	carbon	accumulation	(>	2000m)	as	in	E	and	F.	
For	reference	1	ppm	atmospheric	CO2	=	0.47	PgC.	Only	13	models	with	necessary	variables	
are	included.	

 

 

Figure	2.3.	 Slowing	SMOC	rates	 reduce	ocean	carbon	uptake.	 	The	 full	water	 column	
storage	of	regenerated	dissolved	inorganic	carbon	(top	row,	A-C),	preformed	DIC	(middle	
row,	D-F),	 and	 total	DIC	 (bottom	row,	G-I)	by	year	2100	 (2080-2099	compared	 to	1850-
1869)	 from	 eleven	 CMIP6	 SSP1-2.6	 projections	 (left	 column),	 twelve	 CMIP6	 SSP2-4.5	
projections	(middle	column),	and	thirteen	CMIP6	SSP5-8.5	projections	(right	column)	are	
compared	with	the	relative	declines	of	export	production	and	SMOC	rates	(regenerated	DIC)	
and	 declines	 in	 SMOC	 rate	 (preformed	 DIC	 and	 total	 DIC)	 by	 year	 2100	 (2080-2099	
compared	to	1850-1869).	Plotted	numbers	indicate	the	model	number	in	table	S1.			
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Figure	2.4.	Shifting	carbon	and	nutrient	distributions	over	time	with	climate	warming.	
CESMv1-RCP8.5	 centennial	 mean	 accumulation	 rates	 of	 dissolved	 inorganic	 carbon	 (left	
column,	DIC	(PgC/yr)),	dissolved	inorganic	phosphorus	(middle	column,	DIP	(TgP/yr))	and	
dissolved	inorganic	nitrogen	(right	column	DIN	(TgN/yr))	 in	the	surface	ocean	(0-100m),	
intermediate	depths	 (100-2000m),	 and	deep	ocean	 (>2000m)	averaged	over	 the	periods	
1901-2000,	2001-2100,	2101-2200	and	2201-2300	under	the	RCP8.5-ECP8.5	scenario.		The	
regenerated	 and	 preformed	 components	 sum	 to	 totals	 shown	 in	 top	 row.	 	 Red	 shading	
indicates	positive	accumulation	rates	and	blue	shading	negative	accumulation.	
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Figure	2.5.	 	Biological	export	and	changing	circulation	contributions	to	regenerated	
carbon	storage.	CESMv1-RCP8.5	carbon	fluxes	across	the	100m	and	2000m	depth	horizons	
due	to	biology	as	sinking	particulate	organic	carbon	(POC)	and	calcium	carbonate	(CaCO3)	
(green	arrows),	and	physical	 transport	across	these	depths	due	to	circulation	and	mixing	
(red	 arrows)	under	 the	RCP8.5-ECP8.5	 scenario	 (PgC/yr).	 	 Left,	middle,	 and	 right	 panels	
show	mean	 carbon	 fluxes	 for	 the	 preindustrial	 (1850s)	 and	 the	 periods	 2001-2100	 and	
2201-2300,	respectively.	
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Figure	2.6.	Slowdown	of	Meridional	Overturning	Circulation	(MOC)	in	CMIP5	(RCP8.5-
ECP8.5)	 and	 CMIP6	 (SSP1-2.6	 and	 SSP2-4.5).	 The	 Atlantic	 Meridional	 Overturning	
Circulation	(AMOC)	and	the	Southern	Meridional	Overturning	Circulation	(SMOC)	calculated	
from	available	CMIP5	models	and	CMIP6	models	(Sv)	are	shown.	The	CESMv1	simulation	is	
included	and	shown	here	as	light	blue	line.	Black	lines	show	the	multi-model	mean,	and	light	
and	dark	pink	 shading	 indicate	 the	 range	 and	one	 standard	deviation	of	 the	overturning	
circulation.	 	 Black	 circles	 and	 error	 bars	 show	 mean	 and	 standard	 deviation	 of	 the	
observational	estimates	of	MOC	rates	in	table	S1.	

	

	
Figure	2.7.	Declining	Southern	Ocean	AABW	Formation	and	SMOC.	Dissolved	oxygen	
distributions	 (mmol/m3)	 at	 shelf	 depths	 (200-400m)	 are	 shown	 in	 panel	 A	 for	 decades	
(1850s,	 1990s,	 2090s,	 2190s,	 and	2290s)	with	 time	 series	 of	mean	 stratification	 (kg/m3,	
calculated	by	𝜌!""# − 𝜌"#)	in	the	Weddell	Sea	(black	line)	and	Ross	Sea	(red	line,	B).	Panel	
C	and	D	compare	mean	stratification	(south	of	60	oS)	versus	the	SMOC	rates	(Sv),	and	mean	
depth	boundary	between	the	AMOC	and	the	SMOC	compared	with	the	SMOC	fraction	of	total	
global	overturning	circulation	in	the	1990s	for	the	CMIP6	models.	The	number	in	C)	and	D)	
indicate	 the	 number	 of	 models	 in	 table	 S1.	 The	 “RS”	 and	 “WS”	 represent	 Ross	 Sea	 and	
Weddell	Sea.	
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Figure	 2.8.	Deep	 ocean	 carbon	 accumulation	 (>	 2000m)	 in	 CESMv1	RCP8.5	 and	 13	
CMIP6	models	under	the	SSP5-8.5	warming	scenario.	The	time	series	of	DIC	partitioning	
in	CESMv1	(A),	ACCESS-ESM1-5	(B),	CanESM5	(C),	CMCC-ESM2	(D),	EC-Earth3-CC	(E),	GFDL-
ESM4	(F),	IPSL-CM6A-LR	(G),	MPI-ESM1-2-HR	(H),	MPI-ESM1-2-LR	(I),	CanESM5-CanOE	(J),	
CNRM-ESM2-1	 (K),	MIROC-ES2L	 (L),	MRI-ESM2-0	 (M)	 and	 UKESM1-0-LL	 (N),	where	 the	
black,	 red	 and	 blue	 line	 represents	 the	 total	 DIC,	 regenerated	 DIC	 and	 preformed	 DIC	
accumulation	 below	 2000m	 depth	 (PgC/yr).	 Changing	 rates	 of	 the	 Southern-sourced	
Meridional	 Overturning	 Circulation	 (SMOC)	 and	 the	 Atlantic	 Meridional	 Overturning	
Circulation	(AMOC)	are	also	shown	for	each	model.	
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Figure	 2.9.	 Deep	 ocean	 carbon	 accumulation	 and	 meridional	 overturning	 rates	 in	
twelve	CMIP6	models	under	 SSP2-4.5	 scenario.	The	 time	 series	 of	DIC	partitioning	 in	
ACCESS-ESM1-5	 (A),	 CanESM5	 (B),	 CMCC-ESM2	 (C),	 EC-Earth3-CC	 (D),	 GFDL-ESM4	 (E),	
IPSL-CM6A-LR	(F),	MPI-ESM1-2-HR	(G),	MPI-ESM1-2-LR	(H),	CanESM5-CanOE	(I),	CNRM-
ESM2-1	 (J),	 MIROC-ES2L	 (K)	 and	 UKESM1-0-LL(L),	 where	 the	 black,	 red	 and	 blue	 line	
represents	the	total	DIC,	regenerated	DIC	and	preformed	DIC	accumulation	below	2000m	
depth	(PgC/yr).	Changing	rates	of	the	Southern-sourced	Meridional	Overturning	Circulation	
(SMOC)	and	the	Atlantic	Meridional	Overturning	Circulation	(AMOC)	are	also	shown	for	each	
model.	
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Figure	2.10.	Deep	ocean	 carbon	accumulation	and	meridional	 overturning	 rates	 in	
eight	 CMIP6	 models	 under	 the	 SSP1-2.6	 warming	 scenario.	 The	 time	 series	 of	 DIC	
partitioning	in	CanESM5	(A),	GFDL-ESM4	(B),	IPSL-CM6A-LR	(C),	MPI-ESM1-2-HR	(D),	MPI-
ESM1-2-LR	(E),	CanESM5-CanOE	(F),	CNRM-ESM2-1	(H)	and	UKESM1-0-LL	(I),	where	the	
black,	red	and	blue	lines	represent	the	total	DIC,	regenerated	DIC	and	preformed	DIC	below	
2000m	 depth	 (PgC/yr).	 Changing	 rates	 of	 the	 Southern-sourced	Meridional	 Overturning	
Circulation	 (SMOC)	 and	 the	Atlantic	Meridional	Overturning	Circulation	 (AMOC)	 are	 also	
shown	for	each	model.	

	

	
Figure	 2.11.	 Slowing	 SMOC	 rates	 on	 intermediate	 ocean	 carbon	 uptake.	 The	
intermediate	water	(100-2000m)	storage	of	regenerated	dissolved	inorganic	carbon	(DIC)	
(top	row,	A-C),	preformed	DIC	(middle	row,	D-F),	and	total	DIC	(bottom	row,	G-I)	by	year	
2100	(2080-2099	compared	to	1850-1869)	 from	eleven	CMIP6	SSP1-2.6	projections	(left	
column),	twelve	CMIP6	SSP2-4.5	projections	(middle	column),	and	thirteen	CMIP6	SSP5-8.5	
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projections	(right	column)	are	compared	with	the	relative	declines	of	export	production	and	
SMOC	rates	(regenerated	DIC)	and	declines	in	SMOC	rate	(preformed	DIC	and	total	DIC)	by	
year	2100	(2080-2099	compared	to	1850-1869).	Plotted	numbers	indicate	model	number	
in	table	S1.	

	

	
Figure	 2.12.	 Slowing	 SMOC	 rates	 on	 deep	 ocean	 carbon	 uptake.	 	 The	 deep	 water	
(>2000m)	 storage	 of	 regenerated	 dissolved	 inorganic	 carbon	 (DIC)	 (top	 row,	 A-C),	
preformed	DIC	(middle	row,	D-F),	and	total	DIC	(bottom	row,	G-I)	by	year	2100	(2080-2099	
compared	 to	 1850-1869)	 from	 eleven	 CMIP6	 SSP1-2.6	 projections	 (left	 column),	 twelve	
CMIP6	 SSP2-4.5	 projections	 (middle	 column),	 and	 thirteen	 CMIP6	 SSP5-8.5	 projections	
(right	column)	are	compared	with	the	relative	declines	of	export	production	and	SMOC	rates	
(regenerated	DIC)	and	declines	in	SMOC	rate	(preformed	DIC	and	total	DIC)	by	year	2100	
(2080-2099	compared	to	1850-1869).	Plotted	numbers	indicate	model	number	in	table	S1.			
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Figure	 2.13.	 Separating	 biology	 and	 circulation	 impacts	 on	 regenerated	 DIC	
accumulation	 in	 the	 deep	 ocean.	 The	 contribution	 of	 varying	 circulation	 and	 sinking	
biological	export	to	the	deep	ocean	(>	2000m)	regenerated	DIC	accumulation	for	CESMv1,	
two	versions	of	the	MPI-ESM1	model	and	IPSL-CM6A-LR	model	from	the	CMIP6	under	three	
climate	scenarios.	

	

Table	 2.2.	 The	 CMIP6	 models	 included	 in	 the	 MOC	 analysis.	 The	 36	 CMIP6	 models	
included	 in	 the	 meridional	 overturning	 circulation	 computation.	 Only	 models	 with	 all	
necessary	outputs	available	and	a	net	northward	bottom	 flow	out	of	 the	Southern	Ocean	
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were	included.	Extended	output	to	year	2300	was	only	available	for	a	subset	of	the	models.		
“Yes”	indicates	model	output	available	and	no	indicates	not	available.	

	 Model	name	 Historical	 SSP5-8.5	 SSP2-4.5	 SSP1-2.6	

	 	 	 To	
2100	

To	
2300	

To	
2100	

To	
2300	

To	
2100	

To	
2300	

1	 ACCESS-CM2	 Yes	 Yes	 No	 Yes	 No	 Yes	 Yes	
2	 ACCESS-ESM1-5	 Yes	 Yes	 No	 Yes	 No	 Yes	 Yes	
3	 BCC-CSM2-MR	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
4	 CanESM5	 Yes	 Yes	 Yes	 Yes	 No	 Yes	 Yes	
5	 CanESM5-CanOE	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
6	 CESM2	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
7	 CESM2-FV2	 Yes	 No	 No	 No	 No	 No	 No	
8	 CESM2-WACCM	 Yes	 Yes	 Yes	 Yes	 No	 Yes	 Yes	

9	 CESM2-WACCM-
FV2	 Yes	 No	 No	 No	 No	 No	 No	

10	 CIESM	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
11	 CMCC-CM2-SR5	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
12	 CMCC-ESM2	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
13	 CNRM-ESM2-1	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
14	 EC-Earth3	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
15	 EC-Earth3-CC	 Yes	 Yes	 No	 Yes	 No	 No	 No	
16	 EC-Earth3-Veg	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
17	 FGOALS-f3-L	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
18	 FGOALS-g3	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
19	 GFDL-CM4	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
20	 GFDL-ESM4	 Yes	 Yes	 No	 Yes	 No	 No	 No	
21	 GISS-E2-1-G-CC	 Yes	 No	 No	 No	 No	 No	 No	
22	 GISS-E2-1-G	 Yes	 No	 No	 No	 No	 No	 No	
23	 INM-CM4-8	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
24	 INM-CM5-0	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
25	 IPSL-CM6A-LR	 Yes	 Yes	 Yes	 Yes	 No	 Yes	 Yes	
26	 MIROC6	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
27	 MIROC-ES2L	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	

28	 MPI-ESM1-2-
HAM	 Yes	 No	 No	 No	 No	 No	 No	

29	 MPI-ESM1-2-HR	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
30	 MPI-ESM1-2-LR	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
31	 MRI-ESM2-0	 Yes	 Yes	 Yes	 Yes	 No	 Yes	 Yes	
32	 NorCPM1	 Yes	 No	 No	 No	 No	 No	 No	
33	 NorESM2-LM	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
34	 NorESM2-MM	 Yes	 Yes	 No	 No	 No	 No	 No	
35	 SAM0-UNICON	 Yes	 No	 No	 No	 No	 No	 No	
36	 UKESM1-0-LL	 Yes	 Yes	 No	 Yes	 No	 Yes	 No	
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Table	 2.3.	 The	 CMIP5	 models	 included	 in	 the	 MOC	 analysis.	 The	 24	 CMIP5	 models	
included	 in	 the	 meridional	 overturning	 circulation	 computation	 under	 RCP8.5	 warming	
scenario.	Only	the	models	with	necessary	outputs	available	and	some	net	northward	bottom	
flow	 out	 of	 the	 Southern	 Ocean	were	 included.	 Extended	 output	 to	 year	 2300	was	 only	
available	for	a	subset	of	the	models.	

	 Model	name	 Historical	 To	2100	 To	2300	
1	 ACCESS1-0	 Yes	 Yes	 No	
2	 ACCESS1-3	 Yes	 Yes	 No	
3	 CanESM2	 Yes	 Yes	 No	
4	 CNRM-CM5	 Yes	 Yes	 Yes	
5	 CSIRO-Mk3-6-0	 Yes	 Yes	 Yes	
6	 FGOALS-g2	 Yes	 Yes	 No	
7	 GFDL-CM3	 Yes	 Yes	 No	
8	 GFDL-ESM2G	 Yes	 Yes	 No	
9	 GFDL-ESM2M	 Yes	 Yes	 No	
10	 GISS-E2-R	 Yes	 Yes	 Yes	
11	 GISS-E2-R-CC	 Yes	 Yes	 No	
12	 HadGEM2-CC	 Yes	 Yes	 No	
13	 HadGEM2-ES	 Yes	 Yes	 Yes	
14	 INMCM4	 Yes	 Yes	 No	
15	 IPSL-CM5A-MR	 Yes	 Yes	 No	
16	 IPSL-CM5A-LR	 Yes	 Yes	 Yes	
17	 IPSL-CM5B-LR	 Yes	 Yes	 No	
18	 MIROC5	 Yes	 Yes	 No	
19	 MPI-ESM-MR	 Yes	 Yes	 No	
20	 MPI-ESM-LR	 Yes	 Yes	 No	
21	 MRI-CGCM3	 Yes	 Yes	 No	
22	 MRI-ESM1	 Yes	 Yes	 No	
23	 NorESM1-ME	 Yes	 Yes	 No	
24	 NorESM1-M	 Yes	 Yes	 No	
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Table	2.4.	Model	mean	1990s	overturning	rates	from	CMIP6	(36	models)	and	CMIP5	
(24	 models)	 for	 the	 Atlantic	 Meridional	 Overturning	 Circulation	 (AMOC)	 and	 the	
Southern	 Meridional	 Overturning	 Circulation	 (SMOC)	 cells	 are	 compared	 with	
observation-based	estimates	(reproduced	from	Cessi,	2019).	 	Maximum	transport	for	
AMOC	is	the	maximum	overturing	at	30	oN	over	depths	0-3000	m.		Maximum	SMOC	transport	
is	the	maximum	overturning	at	30oS	over	the	depth	range	2500-5000	m.	

	 Estimate	 Sources*	 Transport	at	
30oS	(Sv)	

Maximum	transport	
(Sv)	

AMOC	

Models	
CMIP5	Mean	 1	 12.0±4.7	 17.1±5.8	
CMIP6	Mean	 2	 15.0±4.4	 19.2±4.5	

	 	 	 	
Observation-based	

Lumpkin	&	Speer,	2007		 3	 12	 18	
Talley,	2013		 3	 13	 18	

Meinen	et	al.,	2018		 4	 15	(at	34.5oS)	 NA	
McCarthy	et	al.,	2015		 5	 NA	 17.0	

ECCO4	 6	 15	 19	
Mean	 	 13.8±1.5	 18.0±0.8	

	 Transport	at	30oS	(Sv)	

SMOC	

Models	
CMIP5	Mean	 1	 10.3±5.7	 11.7±5.1	
CMIP6	Mean	 2	 6.7±3.4	 8.4±3.5	

	 	 	 	
Observation-based	

Talley,	2013		 3	 29	 29	
Kunze,	2017		 5	 NA	 20	

De	Lavergne	et	al.,	2016		 5	 NA	 15	
Lumpkin	&	Speer,	2007		 3	 20.9	 20.9	

ECCO4	 6	 15	 20	
Mean	 	 21.6±7.0	 21.0±5.1	

*:	1.	CMIP5	model	mean	(24	models,	Table	S2);	2.	CMIP6	model	mean	(36	models,	Table	
S1);	3.	Hydrography;	4.		Moored	density	profiles;	5.	Diapycnal	mixing	rates;	6.	ECCO4,	
Estimating	the	Circulation	and	Climate	of	the	Ocean	v4	-	assimilation	of	observations.	

	

Methods	

The	CMIP5	and	CMIP6	Ensembles	

	 We	 analyze	 simulations	 from	 a	 set	 of	 24	 ESMs	 that	 were	 submitted	 to	 the	 Earth	

System	Grid	Federation	as	a	part	of	CMIP5	and	36	ESMs	that	participated	in	CMIP6	to	study	
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the	 changing	of	 overturning	 circulation	 and	 carbon	 sequestration	under	 the	business-as-

usual	scenarios	in	CMIP5	(RCP8.5-ECP8.5)	and	three	warming	scenarios	from	CMIP6	(SSP5-

8.5+LTE,	SSP2-4.5,	SSP1-2.6)	(tables	2.2-2.3).		We	use	the	meridional	overturning	circulation	

output	variable	"msftmz"	and	“msftyz”	 if	available	and	integrate	the	meridional	transport	

output	 "vmo"	 for	 the	 models	 not	 having	 "msftmz”	 or	 “msftyz”.	 Required	 physical	 ocean	

variables	 also	 included	 potential	 temperature	 and	 salinity	 to	 compute	 the	 density	 for	

assessing	the	ocean	stratification.	SMOC	rate	is	defined	as	the	maximum	cell	strength	at	30oS	

over	depths	of	2500-5000m.	AMOC	rate	is	defined	as	the	maximum	overturning	between	0-

3000m	at	30oN.		The	relative	contributions	of	AMOC	and	SMOC	is	dependent	on	the	boundary	

between	the	upper	and	abyssal	cells	of	MOC,	defined	as	the	depth	at	the	equator	where	the	

stream	function	is	equal	to	zero.	The	AABW	export	from	the	Southern	Ocean	is	defined	as	the	

net	northward	bottom	flow	across	50oS	in	each	model.		

We	 also	 use	 CMIP6	 models	 to	 study	 the	 carbon	 sequestration	 by	 dividing	 the	

dissolved	 inorganic	 carbon	 (variable	 "dissic")	 into	 regenerated	 and	 preformed	 fractions	

based	on	the	apparent	oxygen	utilization	(AOU):		

𝑟𝑒𝑔𝐷𝐼𝐶 = 𝑟$:&! · 𝐴𝑂𝑈	

𝑝𝑟𝑒𝐷𝐼𝐶 = 𝐷𝐼𝐶 − 𝑟𝑒𝑔𝐷𝐼𝐶	

where	AOU	=	O2sat	–	O2	and	O2sat	is	the	saturation	dissolved	oxygen	concentration	of	a	water	

parcel	in	contact	with	the	atmosphere.	The	oxygen	variables	in	CMIP6	models	are	"o2",	and	

we	 computed	 the	 saturated	 O2	 (O2sat)	 using	 the	 potential	 temperature	 and	 salinity	 to	

represent	 the	 effect	 of	 oxygen	 solubility	 changes.	 The	 regenerated	 dissolved	 inorganic	

phosphorus	and	nitrogen	(DIP	and	DIN)	are	thus	defined	as:		
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𝑟𝑒𝑔𝐷𝐼𝑃 = 𝑟':$ · 𝑟𝑒𝑔𝐷𝐼𝐶	

𝑟𝑒𝑔𝐷𝐼𝑁 = 𝑟(:$ · 𝑟𝑒𝑔𝐷𝐼𝐶	

where	𝑟':$ = 1/117,	𝑟(:$ = 16/117	,	𝑟$:&) = 117/138	as	fixed	stoichiometric	ratios	(Moore	

et	al.,	2004).	The	preformed	fraction	of	DIP	and	DIN	are	thus	defined	as:	

𝑝𝑟𝑒𝐷𝐼𝑃 = 𝐷𝐼𝑃 − 𝑟𝑒𝑔𝐷𝐼𝑃	

𝑝𝑟𝑒𝐷𝐼𝑁 = 𝐷𝐼𝑁 − 𝑟𝑒𝑔𝐷𝐼𝑁	

where	DIP	and	DIN	are	retrieved	from	CESMv1-RCP8.5	outputs	directly.	For	the	models	with	

the	remineralization	variable	"bddtdic"	(MPI-ESM1-2-HR,	MPI-ESM1-2-LR	and	IPSL-CM6A-

LR),	 we	 separate	 the	 change	 in	 the	 deep	 ocean	 regenerated	 DIC	 sequestration	 into	

contributions	from	biological	and	physical	processes.	Relevant	output	from	the	CMIP5	and	

CMIP6	 models	 are	 available	 from	 the	 Earth	 System	 Grid	 Federation	

(https://www.earthsystemgrid.org).	

	

CMIP5	Community	Earth	System	Model	(CESMv1)	RCP8.5-ECP8.5	Simulation	

The	 CESMv1-RCP8.5	 was	 used	 for	 CMIP5	 and	 it	 simulates	 multiple	 plankton	

functional	 groups,	 key	 growth-limiting	 nutrients	 (nitrogen,	 phosphorus,	 iron,	 silicon),	

carbon,	alkalinity,	and	oxygen	(Moore	et	al.,	2004).		The	circulation	is	simulated	using	CCSM4	

ocean	component	(Danabasoglu et al., 2012; Gent et al., 2011).	The	model	configuration	details	

and	 spin	 up	 were	 previously	 reported	 (Lindsay et al., 2014)	 along	 with	 analysis	 of	 the	

historical	 uptake	 and	 storage	 of	 anthropogenic	 CO2	 in	 the	 oceans	 (Long	 et	 al.,	 2013).			

Evaluation	of	the	marine	ecosystem	dynamics,	biogeochemistry,	and	climate	change	impacts	
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under	RCP4.5	and	RCP8.5	up	to	the	year	2100	have	been	documented	(Moore	et	al.,	2013;	

Misumi	 et	 al.,	 2014),	 and	 were	 extended	 to	 2300	 along	 the	 RCP8.5-ECP8.5	 scenario	

(Randerson	et	 al.,	 2015;	Moore	et	 al.,	 2018).	We	build	on	 these	previous	analyses	of	 this	

simulation,	and	compare	with	the	CMIP6	results.		RCP8.5-ECP8.5	is	a	high-end,	emissions-

as-usual	 scenario	 with	 prescribed	 atmospheric	 CO2	 values	 reaching	 1962	 ppm	 before	

leveling	off	 for	 the	 last	50	years	of	 the	simulation.	 	 It	was	part	of	 the	CMIP5	simulations.		

Additional	 CESM	 documentation	 and	 source	 code	 are	 available	 online	

(www2.cesm.ucar.edu),	 and	 the	 model	 output	 files	 from	 this	 simulation	 are	 available	

through	 the	 Earth	 System	 Grid	 Federation	 (ESGF)	 data	 delivery	 system	 at		

(https://www.earthsystemgrid.org/dataset/ucar.cgd.ccsm4.randerson2015.html).			

In	 the	 RCP8.5-ECP8.5	 simulation,	 global	 mean	 surface	 air	 temperature	 increases	

9.6oC,	warming	more	 than	25oC	 in	polar	 regions	 (Randerson	et	 al.,	 2015).	We	previously	

documented	large	increases	in	net	primary	production	(NPP)	and	export	production	(EP)	in	

the	 high-latitude	 Southern	 Ocean	 driven	 by	 climate	 forcings	 (warming	 surface	 waters,	

declining	 sea	 ice	 cover,	 shifting	 winds),	 which	 stripped	 out	 a	 higher	 percentage	 of	 the	

nutrients	upwelling	at	the	Antarctic	Divergence,	reducing	the	northward	flow	of	nutrients	in	

the	surface	Ekman	layer.	The	increased	export	production	sinking	into	the	upwelling	waters	

drives	 a	 subsurface	 nutrient	 buildup	 (~100-1000m,	 "nutrient	 trapping")	 (Moore	 et	 al.,	

2018).	Subsurface	concentrations	of	nitrate,	phosphate,	and	silicate	in	this	trapping	region	

increase	 substantially	 and	 are	 still	 rising	 at	 the	 end	 of	 the	 simulation	 in	 the	 year	 2300.		

Upper-ocean	 nutrient	 concentrations	 declined	 everywhere	 outside	 the	 Southern	 Ocean,	

leading	to	steady	declines	in	biological	production	and	export	to	the	ocean	interior.		By	2300	
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global-scale	NPP	decreases	by	15%,	and	the	global	carbon	export	at	100m	declines	by	30%	

(Moore	et	al.,	2018).			

	

Development	of	the	Offline	Tracer	Transport	Model	

It	 is	 difficult	 to	 separate	 the	 roles	 of	 the	 changing	 physical	 circulation	 from	 the	

changing	 biological	 processes	 using	 standard	 climate	 model	 output.	 	 We,	 therefore,	

constructed	an	offline	tracer	transport	model	from	which	we	diagnose	the	separate	effects	

of	the	changes	in	the	circulation	and	the	changes	of	the	biogeochemical	transformations.	To	

this	end,	we	retrieved	the	velocity	field	and	diffusivity	coefficients	from	the	CESMv1-RCP8.5	

output	and	constructed	a	time-dependent	tracer	transport	operator,		

𝑻(𝑡) ≡ ∇ ∙ [𝒖(𝑡) − 𝑲(𝑡) ∙ ∇]	

with	a	1-year	time	resolution,	i.e.,	𝑻(𝑡)	consists	of	a	series	of	sparse	matrices,	one	per	year,	

in	which	annual	averages	replace	the	continuous	𝒖(𝒕)	and	𝑲(𝒕).			No-flux	conditions	are	built	

into	 the	operator	at	all	 the	 solid	basin	boundaries	and	 the	sea	 surface.	The	parent	ocean	

model	in	CESMv1	is	POP2	(Gent	et	al.,	2011).	

On	 the	 discretized	model	mesh,	 tracer	 fields	 are	 represented	 by	 a	 column	 vector	

whose	components	represent	the	tracer	concentrations	at	the	mesh	points.	Multiplication	of	

such	 a	 vector	 by	𝑻(𝑡) 	yields	 the	 advective-diffusive	 flux	 divergence	 of	 the	 tracer.	 For	

example,	 if	𝑐(𝑡) 	represents	 a	 tracer	 concentration	 field	with	 source-minus-sink	 given	 by	

𝑆(𝑡),	then	the	time-evolution	of	𝑐	is	governed	by	the	following	system	of	ordinary	differential	

equations			
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𝑑𝑐
𝑑𝑡 + 𝑻

(𝑡)𝑐 = 𝑆(𝑡).								(1)	

	 To	 separate	 the	 contribution	 of	 changing	 circulation	 from	 changing	 export	

production	on	the	carbon	storage	in	the	deep	ocean,	we	perform	offline	simulations	using	

modified	versions	of	Eq.	(1)	as	described	below.		

	

Partitioning	 Regenerated	 and	 Preformed	 DIC	 in	 CESMv1-RCP8.5	 with	 the	 Offline	

Model	

When	studying	the	impacts	of	overturning	circulation	and	climate	change	on	ocean	

tracers,	 it	 is	 often	 helpful	 to	 partition	 the	 tracers	 into	 their	 regenerated	 and	 preformed	

components.	Regenerated	 DIC	 consists	 of	 inorganic	 carbon	 that	 was	 remineralized	 from	

organic	carbon	or	CaCO3	in	the	ocean	interior.	When	DIC	comes	into	contact	with	the	surface	

layer	where	it	can	participate	in	the	air-sea	exchange	of	CO2	it	is	relabeled	as	preformed	DIC.	

The	contribution	of	dissolved	organic	carbon	to	the	deep	export	is	small,	and	it	is	neglected	

in	this	study.		We	achieve	this	relabeling	using	a	short	restoring	timescale	of	one	day.	Thus,	

the	governing	equation	for	regenerated	DIC	is	given	by		

𝜕𝑐*+,
𝜕𝑡 = −𝑻(𝑡)𝑐*+, − 𝑳𝑐*+, + 𝑆(𝑡),									(2)	

𝑐*+,(1850) = 𝑐*+,,",										(3)	

where	 𝑳 	is	 a	 diagonal	 matrix	 operator	 with	 non-zero	 elements	 for	 diagonal	 entries	

corresponding	 to	 surface	 grid	 boxes.	 For	 those	 entries,	 the	 elements	 are	 given	 by	 the	

reciprocal	of	the	surface	restoring	timescale.	The	source	of	regenerated	carbon	is	given	by		
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𝑆(𝑡) = 𝑟$:&! ∙ 𝑂𝑈𝑅(𝑡) + 𝐷./.0"(𝑡),										(4)	

where	 the	 oxygen	 utilization	 rate,	𝑂𝑈𝑅(𝑡), 	and	 the	 calcium	 carbonate	 dissolution	 rate,	

𝐷./.0"(𝑡),	consist	 of	 annually-averaged	 values	 extracted	 from	 the	CESMv1-RCP8.5	model	

output.			

The	 initial	condition,	specified	 in	1850,	 is	obtained	by	assuming	that	 the	system	was	 in	a	

steady-state	equilibrium	for	𝑡 < 1850	and	then	solving	the	resulting	linear	system	

[	𝑻(𝟏𝟖𝟓𝟎)	+	𝑳	]𝑐*+,," = 𝑆(1850).									(5)	

The	governing	equation	for	the	preformed	DIC	is	given	by		

𝜕𝑐1*+
𝜕𝑡 = −𝑻(𝑡)𝑐1*+ − 𝑳(𝑐1*+ − DIC(t)),									(6)	

𝑐1*+(1850) = 𝑐1*+,",										(7)	

where	 	DIC(t)	is	 the	 total	 dissolved	 inorganic	 carbon	 extracted	 from	 the	CESMv1-RCP8.5	

output.	 The	 fast	 surface	 restoring	 term	ensures	 that	𝑐1*+ = DIC(t)	in	 the	 top	 layer	 of	 the	

model.	Below	the	surface	𝑐1*+(𝑡) < DIC(𝑡)	because	of	the	absence	of	the	regenerated	carbon	

source	 in	 the	𝑐1*+ 	governing	 equation.	 The	 initial	 condition,	 again	 specified	 in	 1850,	 is	

obtained	by	assuming	a	pre-1850	steady	state	and	solving	the	resulting	linear	system		

[	𝑻(𝟏𝟖𝟓𝟎)	+	𝑳	]𝑐1*+," = 𝑳	DIC(1850).											(8)	

Note	 that	because	 the	 tracer	 transport	 equation	 is	 linear,	 the	 regenerated	 carbon	 can	be	

further	decomposed	into	three	parts		

𝑐*+,(𝑡) = 	 𝑐*+,," +	∆𝑐*+,,2 + 	∆𝑐*+,,),				(9)	

where	
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𝜕∆𝑐*+,,2
𝜕𝑡 = −𝑻(𝑡)∆𝑐*+,,2 − 𝑳∆𝑐*+,,2 + 𝑆(1850),								(10)	

∆𝑐*+,,2(1850) 	= 0,					(11)	

corresponds	to	the	time	evolution	of	the	regenerated	carbon	that	was	remineralized	before	

1850,	and	

𝜕∆𝑐*+,,)
𝜕𝑡 = −𝑻(𝑡)∆𝑐*+,,) − 𝑳∆𝑐*+,,) + _𝑆(𝑡) − 𝑆(1850)`,																	(12)	

																	≈ −𝑻(1850)∆𝑐*+,,) − 𝑳∆𝑐*+,,) + _𝑆(𝑡) − 𝑆(1850)`,									(13)	

∆𝑐*+,,)(1850) = 0,				(14)	

corresponds	to	the	time	evolution	of	the	carbon	anomaly	due	to	the	change	in	the	carbon	

regeneration	 rate	 after	 1850.	 	 As	 shown	 by	 direct	 computation	 (Fig.	 2.2.14)	 the	

approximation	in	going	from	(12)	to	(13)	where	we	replace	the	time-dependent	transport	

operator	with	 its	 1850	 value	 is	 a	 very	 good	 one.	 The	 negligible	 effect	 of	 the	 interaction	

between	 the	 time-dependence	of	 the	 transport	 operator	 and	 the	 time-dependence	of	 the	

biological	 source	 allows	 us	 to	 interpret	∆𝑐*+,,2(𝑡) 	and	∆𝑐*+,,)(𝑡) 	as	 a	 separation	 of	 the	

change	 in	 the	 regenerated	 carbon	 inventory	 into	 contributions	 due	 to	 the	 change	 in	 the	

physical	circulation	and	the	change	in	the	biological	production.			

	

Potential	Bias	of	the	Offline	Model	and	the	traditional	AOU	method	

	 We	first	compare	CESMv1-RCP8.5	regenerated	DIC	accumulation	computed	from	the	

offline	model	(equation	(2)-(3))	and	with	the	inorganic	carbon	regeneration	computed	using	

the	AOU	method	(Fig.	2.14).	The	patterns	are	very	similar	but,	approximately	10-20%	more	
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regenerated	DIC	is	sequestered	in	the	deep	ocean	in	the	offline	model	estimate.	The	main	

reason	for	this	difference	is	due	to	the	neglect	of	carbon	regeneration	associated	with	the	

dissolution	of	CaCO3	in	the	AOU	calculation.		

	 There	 are	multiple	possible	 errors	 in	 the	offline	model	 compared	with	 the	parent	

POP2	ocean	model.	Before	doing	the	offline	tracer	calculations,	we	coarse	grained	the	tracer	

transport	operator	using	the	method	from	the	POP2	nominal	1ox1o	horizontal	resolution	to	

a	roughly	2ox2o	horizontal	resolution	(Gent	et	al.,	2011).	We	also	coarse	grained	the	time	

variable	 from	a	3	hour	 time-step	 size	 in	POP2	 to	 an	annual	 time-step	 size	 for	 the	offline	

model.	 Furthermore,	 the	 parent	 POP2	 model	 in	 the	 CESMv1-RCP8.5	 simulation	 has	 not	

reached	complete	equilibrium	 in	1850	causing	a	slight	drift	 in	 the	deep	ocean	 that	 is	not	

associated	with	imposed	greenhouse	forcing.	In	contrast,	our	offline	calculations	are	based	

on	an	exact	preindustrial	(t	<	1850)	steady	state.		

The	 traditional	 AOU	 method	 has	 been	 widely	 used	 to	 calculate	 the	 regenerated	

fraction	of	DIC	 in	 the	 ocean	by	 assuming	 that	 surface	 oxygen	 concentration	 is	 saturated,	

which	 introduces	 some	 error	 to	 the	 estimation.	We	 explicitly	 simulate	 preformed	 O2	 to	

compute	the	True	Oxygen	Utilization	(TOU)	in	the	offline	model	to	evaluate	the	uncertainties	

caused	 by	 the	 AOU	method	 (Ito	 et	 al.,	 2004).	 The	 accumulation	 rate	 of	 regenerated	 DIC	

computed	from	the	AOU	method	compares	well	with	the	TOU	method	in	the	whole	water	

column	(~5%	uncertainties),	even	though	the	AOU	methods	underestimated	the	deep	ocean	

regenerated	 DIC	 by	 0.03	 PgC-0.13	 PgC	 and	 overestimated	 the	 intermediate	 ocean	

regenerated	DIC	by	0.01	PgC-0.12	PgC	depending	on	the	century	(Fig.	2.15).	
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Figure	 2.14.	 Partitioning	 of	 deep-ocean	DIC	 storage	 in	 the	 offline	model.	Left	 panel	
shows	changes	in	the	deep-ocean	carbon	inventory,	〈Δc〉	,	partitioned	into	preformed	〈Δ𝑐1*+〉	
and	regenerated	〈Δ𝑐*+,〉	parts.	The	right	panel	shows	the	changes	in	the	deep-ocean	(depth	
>	2000	m)	regenerated	carbon	inventory	separated	into	the	part	remineralized	before	1850	
(gray	line),	a	part	that	is	due	to	change	in	the	post-1850	regeneration	rate	computed	by	fixing	
the	transport	operator	to	its	1850	value	(dark	yellow).	The	blue	line	is	nearly	identical	to	
dark	yellow	line,	indicating	that	equation	(13)	is	a	good	approximation	of	equation	(12),	see	
Methods.	The	angle	brackets	denote	the	volume	integral	over	depths	greater	than	2000	m.	

	

	
Figure	2.15.	Comparison	of	the	regenerated	DIC	accumulation	calculated	by	the	AOU	
method,	TOU	method	and	the	offline	model.	The	regenerated	DIC	accumulation	rates	in	
the	surface	ocean	(0-100m),	intermediate	depths	(100-2000m),	and	deep	ocean	(>2000m)	
averaged	over	 the	periods	1990-2000,	2000-2100,	2100-2200,	and	2200-2300	computed	
from	 the	AOU	method	 in	 CESMv1	 (left	 panel),	 TOU	method	 (middle	 panel)	 and	with	 the	
offline	model	(right	panel)	(PgC/yr).	
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Supplementary	Information	

Meridional	Overturning	Circulation	in	the	CMIP5	and	CMIP6	Models	

	 There	 are	 substantial	 differences	 in	 the	 simulated	 global	 overturning	 circulation	

across	the	CMIP5	and	CMIP6	models.	The	CMIP5	models	have	a	larger	spread	(24	models)	

in	the	MOC	rates	compared	to	the	CMIP6	models	(Fig.	2.1,	Fig.	2.6,	tables	2.1,	2.2).	 	AMOC	

ranges	widely	from	less	than	5	Sv	to	35	Sv	from	the	preindustrial	to	the	2100s	under	the	

RCP8.5-ECP8.5	warming	scenario,	though	almost	all	the	models	showed	a	decreasing	trend	

as	 expected	 (Fig.	 2.6).	 Compared	 with	 the	 observational	 estimates,	 the	 strength	 of	

overturning	circulation	did	not	show	noticeable	improvement	from	CMIP5	to	CMIP6.	Both	

CMIP5	and	CMIP6	models	estimate	the	AMOC	well	at	~18Sv,	consistent	with	observational	

estimates	(table	2.2).	However,	both	the	CMIP5	and	CMIP6	models	strongly	underestimate	

the	strength	of	the	SMOC	(table	2.2).	There	are	five	models	in	CMIP5	extending	to	2300,	and	

all	show	continuing	declines	in	the	SMOC	and	the	AMOC	after	year	2100	(Fig.	2.6).	CMIP6	

model	mean	SMOC	continues	to	decline	to	~2	Sv	by	the	year	2300.	The	model	mean	CMIP6	

AMOC	also	has	a	large	reduction	before	stabilizing	at	about	5	Sv	(Fig.	2.1).	Under	moderate	

warming	 scenarios	 (SSP1-2.6	 and	 SSP2-4.5),	 both	 AMOC	 and	 SMOC	 weaken	 from	 the	

preindustrial	to	2100,	but	they	decline	more	slowly	than	under	SSP5-8.5	(Fig.	2.1,	Fig.	2.6).		

	

Shutdown	of	AABW	Formation	and	the	SMOC	in	CESMv1	

AABW	formation	slows	due	 to	 increasing	stratification	 in	 the	Weddell	Sea	and	the	

Ross	Sea,	key	formation	regions	for	AABW	formation,	which	leads	to	the	slowdown	of	the	

SMOC.	The	slowdown	and	apparent	shutoff	of	dense	AABW	formation	is	noticeable	in	the	
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oxygen	fields	averaged	over	the	shelf	depths	(200-400m,	Fig.	2.7A).		Early	in	the	simulation,	

high	 oxygen	 concentrations	 are	 seen	 in	 the	 southern	Weddell	 and	 Ross	 seas,	 indicating	

waters	 recently	 in	 contact	 with	 the	 atmosphere.	 Over	 time	 the	 increasing	 stratification	

breaks	the	connection	to	surface	waters,	and	oxygen	concentrations	then	approach	the	much	

lower	values	seen	offshore,	first	in	the	Weddell	Sea	by	the	2090s	and	with	only	a	small	patch	

of	high	O2	water	in	the	Ross	Sea	by	the	2190s	(Fig.	2.7A).	By	the	2290s	oxygen	concentrations	

decline	dramatically	across	the	Southern	Ocean	at	these	depths	as	increasing	temperatures,	

decrease	density	at	the	surface,	and	increasing	stratification	that	ensures	that	winter	mixing	

does	not	reach	200m	depth	in	the	region.		The	low	oxygen	concentrations	demonstrate	this	

lack	of	ventilation	(Fig.	2.7A).			

Stratification	in	the	Weddell	Sea	(<	60	oS)	increases	rapidly	beginning	just	before	the	

year	2100	and	levels	out	near	the	end	of	the	simulation	after	rising	by	more	than	a	factor	of	

2	(Fig.	2.7B).	 	The	increase	is	more	gradual	in	the	Ross	Sea	and	begins	earlier,	though	the	

increase	 in	 both	 regions	 it	 accelerates	with	 increasing	 loss	 of	 the	 southern	 sea	 ice	 cover	

(Moore	 et	 al.,	 2018).	 	 The	 increasing	 stratification	 in	both	 regions	 is	 primarily	driven	by	

reductions	in	surface	salinity.		The	southern	Weddell	and	Ross	seas	do	not	warm	as	much	

with	climate	change	(1-2℃)	as	the	offshore	waters	of	the	Southern	Ocean	(~6-9	℃)	by	2300.	

These	regions	are	kept	cooler	by	the	cold	winds	blowing	off	Antarctica	and	are	the	only	place	

in	 the	 Southern	Ocean	where	 some	 sea	 ice	 still	 forms	by	2300	 (Moore	 et	 al.,	 2018).	 The	

salinity-driven	vertical	density	gradients	in	the	high	latitude	Southern	Ocean	and	a	strongly	

salinity-dominated	Arctic	Ocean	stratification	suggest	that	polar	ocean	physics,	circulation,	

and	biogeochemistry	will	be	sensitive	to	increasing	freshwater	runoff	from	the	Greenland	

and	Antarctic	ice	sheets	with	climate	warming.			
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Factors	Influencing	the	strength	and	volume	of	SMOC	in	the	CMIP6	models	

The	strength	of	SMOC	is	defined	as	the	maximum	northward	transport	between	2500	

and	5000m	at	the	latitude	30oS,	across	the	CMIP6	models	that	SMOC	ranges	widely,	from	2	

Sv	to	15	Sv	in	the	present	climate.	One	important	reason	is	that	the	surface	buoyancy	forcing	

is	not	well	constrained,	making	it	challenging	to	assess	the	fidelity	of	the	AABW	formation	

rate.	Fig.	2.7C	shows	the	negative	correlation	between	upper	ocean	stratification	(density	

difference	between	400m	and	10m)	in	the	latitudes	75oS-65oS	and	the	strength	of	SMOC.	The	

models	 with	 strong	 upper	 ocean	 stratification	 most	 underestimated	 SMOC,	 including	

CESMv2	and	CIESM	(models	5	and	9).	The	relative	fraction	of	SMOC	and	AMOC	to	the	global	

MOC	 is	 significant	 for	 circulation	 and	 ocean	 carbon	 storage	 patterns.	 The	 depth	 of	 the	

boundary	 between	 the	MOC	 cells	 ranges	widely	 in	 the	 CMIP6	models	 (Fig.	 2.7D).	 In	 the	

models	with	a	deep	separation	boundary,	the	upper	cell	extends	deeper,	which	squeezes	the	

abyssal	cell	into	a	small	depth	band	and	decreases	its	northward	transport.	

	

Ocean	Carbon	Storage	in	the	CMIP6	Models	

	 We	compared	carbon	sequestration	in	the	CMIP6	models	that	reported	the	variables	

needed	to	compute	the	sequestration	and	in	the	CESMv1	out	to	year	2100.	We	use	the	AOU	

method	to	separate	regenerated	DIC	from	the	preformed	DIC	for	the	CMIP6	models,	which	

implies	that	the	carbon	regeneration	due	to	CaCO3	dissolution	is	lumped	into	the	preformed	

DIC	component.	Thus,	the	preformed	DIC	is	likely	somewhat	overestimated.	All	the	models	

showed	 increasing	 storage	 of	 total	 DIC,	 regenerated	 DIC,	 and	 preformed	 DIC	 from	 the	
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preindustrial	era	to	2100.		In	the	deep	ocean	(>	2000m)	the	accumulation	of	regenerated	DIC	

increases	more	quickly	than	preformed	DIC	storage,	and	accounts	for	50%	or	more	of	deep	

ocean	DIC	storage	by	2100	in	all	the	models	(Figs.	2.8-2.10).	

In	 terms	 of	 the	 models	 with	 remineralization	 outputs	 available	 (variable	 name	

"remoc"),	 we	 separated	 the	 regenerated	 DIC	 into	 both	 biological	 and	 circulation-driven	

fractions	(Fig.	2.13).	The	models	consistently	show	a	decreasing	biological	surface	export	of	

carbon	in	a	warming	climate.	However,	the	increase	in	the	regenerated	DIC	from	the	slowing	

circulation	more	 than	compensates	 (Fig.	2.13).	These	results	support	our	conclusion	 that	

most	 of	 the	 carbon	 accumulation	 in	 the	 deep	 ocean	 is	 due	 to	 the	 slowdown	 of	 global	

overturning	circulation	that	dominates	over	the	decreasing	(or	flat	in	a	couple	of	models)	

export	flux	from	the	surface.		

	

Ocean	Carbon	Storage	in	CESMv1	(RCP8.5-ECP8.5)	

Global	Ocean	dissolved	inorganic	carbon	concentrations	gradually	increase	over	time	

as	the	oceans	take	up	more	and	more	anthropogenic	CO2,	especially	in	the	Southern	Ocean.	

Ocean	uptake	of	CO2	peaks	at	~5.5	PgC/yr	in	the	late	21st	century	and	then	declines	steadily	

over	time,	even	as	atmospheric	CO2	continues	to	rise,	as	surface	waters	become	increasingly	

saturated	(Moore	et	al.,	2018,	Kwiatkowski et al., 2019).	The	DIC	increase	in	the	surface	ocean	

is	much	larger	than	in	the	deep	ocean,	due	to	the	direct	uptake	of	anthropogenic	CO2	from	

the	atmosphere	(Fig.	2.9).	In	the	deep	ocean,	the	DIC	buildup	over	time	is	due	mainly	to	the	

accumulation	of	carbon	via	the	biological	pump	(~93%	of	deep	ocean	DIC	increase).	Thus,	
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preformed	DIC,	which	could	 include	both	natural	and	anthropogenic	carbon,	accounts	for	

only	~7%	of	the	deep	ocean	DIC	storage	by	year	2300	(Fig.	2.9).			
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Chapter	3:	Surface-to-Interior	Transport	Timescales	and		

Ventilation	Patterns	in	a	Time-Dependent	Circulation		

Driven	by	Sustained	Climate	Warming	

	

Abstract	

The	effect	of	climate	warming	in	response	to	rising	atmospheric	CO2	on	the	ventilation	of	the	

ocean	 remains	 uncertain.	 Here	we	 develop	 an	 offline	 tracer-transport	model	 to	 characterize	 the	

ventilation	patterns	and	timescales	in	the	time-evolving	circulation	for	the	1850-to-2300	period	as	

simulated	with	the	Community	Earth	System	Model	version	1	(CESMv1)	under	a	business-as-usual	

warming	scenario.	We	find	that	by	2300	2.1%	less	water	originates	from	the	high-latitude	deep	water	

formation	regions	(both	hemispheres)	compared	to	1850.	In	compensation,	there	is	an	increase	in	

the	water	originating	 from	 the	 subantarctic.	 Slowing	meridional	 overturning	 circulation	 causes	 a	

gradual	increase	in	mean	age	during	the	1850	to	2300	period,	with	a	globally	averaged	mean-age	

increase	of	~110	years	in	2300.		

Where	and	when	the	water	will	be	re-exposed	to	the	atmosphere	depends	on	the	post-2300	

circulation.	For	example,	if	we	assume	that	the	circulation	persists	in	its	year-2300	state	(scenario	

1),	the	mean	interior-to-surface	transit	time	in	year	1850	is	~1140	years.	In	contrast,	if	we	assume	

that	the	circulation	abruptly	recovers	to	its	year-1850	state	(scenario	2),	the	mean	interior-to-surface	

transit	time	in	1850	is	only	~740	years.	By	2300,	these	differences	become	even	larger;	in	scenario	

1,	the	mean	interior-to-surface	transit	time	increases	by	~200	years,	whereas	scenario	2	decreases	

by	~80	years.	 The	dependence	of	 interior-to-surface	 transit	 time	on	 the	 future	ocean	 circulation	

produces	an	additional	unavoidable	uncertainty	in	the	long-term	durability	of	marine	carbon	dioxide	

removal	strategies.	
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Main	text	

The	 surface	 patterns	 and	 timescales	 with	 which	 the	 interior	 ocean	 is	 ventilated	

determine	the	ocean's	ability	to	modulate	the	Earth's	climate	by	taking	up	and	redistributing	

heat	and	carbon	(Katavouta	et	al.,	2019).		Here	we	focus	on	key	timescales:	the	mean	age,	i.e.,	

the	mean	transit	time	for	water	to	be	transported	from	the	sea	surface	into	the	interior,	and	

the	mean	first-passage	time,	i.e.,	the	mean	transit	time	for	water	to	be	transported	from	the	

ocean	 interior	 back	 to	 the	 surface.	 	 The	 theory	 describing	 transit-time	 distributions	 for	

stationary	 flows	and	 its	connection	to	 the	 ideal-age	 tracer	 that	 is	 included	 in	many	Earth	

System	Models	(e.g.,	Moore	et	al.,	2018)	is	well-developed	(Delhez	et	al.,	1999;	Holzer	et	al.,	

2000;	Khatiwala	et	al.,	2001;	Deleersnijder	et	al.,	2001;	Primeau	2005).	At	steady-state	in	a	

time-invariant	flow,	the	ideal	age	is	equal	to	the	mean	of	the	last-passage	time	distribution,	

i.e.,	to	the	mean	age	(Primeau,	2005).		The	mean	of	the	first-passage	time	distribution	has	

received	 less	 attention,	 but	 it	 is	 particularly	 useful	 for	 quantifying	 carbon	 sequestration	

(DeVries	et	al.,	2012;	Siegel	et	al.,	2021).	However,	in	situations	where	the	ocean	circulation	

is	evolving	in	time	due	to	global	warming,		neither	the	mean	age	nor	the	mean	first-passage	

time	has	received	much	attention.		

Indeed,	most	previous	studies	have	focused	on	the	present-day	circulation,	treating	

it	as	stationary	with	no	secular	trends	in	the	overturning	circulation	(e.g.,	Primeau,	2005,	

DeVries	and	Primeau,	2011;	Shah	et	al.,	2017;	Rousselet	et	al.,	2021).		Recently,	Chamberlain	

et	al.	2019,	and	Holzer	et	al.	2020,	examined	mean	transit	times	in	ocean	circulation	states	

diagnosed	from	a	transient	climate	change	simulation.	However,	they	treated	the	decadal-

mean	snapshots	captured	during	a	transient	climate	warming	simulation	as	if	they	could	be	

applied	indefinitely	into	the	past	and	future	without	considering	the	fact	that	the	snapshots	
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were	part	of	a	climate	state	that	was	evolving	on	longer	timescales.		Here	we	apply	transit-

time	 diagnostics	 to	 a	 time-evolving	 flow	 without	 making	 any	 stationarity	 assumption.	

Moreover,	we	do	this	in	the	context	of	a	transient	climate	change	simulation	for	the	1850-to-

2300	 period	 in	 a	 business-as-usual	 warming	 scenario	 in	 which	 the	 global	 overturning	

circulation	eventually	collapses	(Moore	et	al.	2018).			

We	aim	to	answer	two	questions:	1)	What	are	the	ocean	ventilation	time	scales	in	a	

situation	where	the	circulation	is	evolving	in	time	due	to	climate	warming?	2)	What	are	the	

regional	 variations	 in	 the	 fraction	 of	 the	 interior	 ocean	 volume	 ventilated	 from	different	

regions	of	the	surface	ocean,	and	how	are	these	regional	fractions	changing	with	time?		

In	the	Method	section,	we	describe	the	development	of	an	offline	model	for	a	CESM	

CMIP5	simulation.	We	also	provide	a	detailed	mathematical	strategy	based	on	the	theory	of	

Green	 functions	 to	address	our	questions	 in	a	 computationally	efficient	way.	The	Results	

section	describes	 the	 time-evolving	circulation	and	ocean	stratification	before	presenting	

our	ventilation	diagnostics.	These	include	two-dimensional	maps	showing	the	fraction	of	the	

interior	ocean	volume	ventilated	from	different	surface	regions	and	zonally-averaged	depth-

latitude	plots	of	the	mean	age	averaged	over	decades	separated	by	100	years.	We	also	show	

a	time	series	of	the	globally-averaged	mean	age	and	mean	first-passage	time	from	1850	to	

2300.	The	Discussion	and	Summary	section	summarizes	the	paper's	key	findings	and	lists	

some	limitations	of	the	study	and	prospects	for	future	work.		
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Methods	

Development	of	the	Offline	Tracer	Transport	Model	

To	 investigate	 ocean	 ventilation	 patterns	 and	 timescales,	we	 developed	 an	 offline	

tracer	 transport	model	using	outputs	 from	 the	Community	Earth	System	Model	CESM1.0	

POP2.	We	applied	it	to	a	simulation	under	a	high-end	warming	scenario	RCP8.5-ECP8.5	for	

the	period	from	the	year	1850	to	2300	(see	Moore	et	al.,	2018	for	more	details	about	this	

particular	simulation).	The	simulation	is	part	of	the	Coupled	Model	Intercomparison	Project	

phase	5	(CMIP5).		

Our	offline	model	is	implemented	as	a	series	of	annual	transport	operators	written	in	

the	 form	 of	 sparse	 matrices.	 Previous	 studies	 have	 validated	that	 the	 Transport	 Matrix	

Method	(TMM)	faithfully	represented	most	aspects	of	the	parent	online	model	(Bardin	et	al.,	

2016;	Kvale	et	al.,	2017).	The	action	of	the	transport	operator	𝑻(t)	on	a	tracer	field,	yields	

the	advective-diffusive	flux	divergence	of	the	tracer.	The	transport	operator	𝑻(t)	comprises	

three	 physical	 processes,	 advection,	 horizontal	 diffusion	 and	 vertical	 diffusion:			

𝑻(t) ≡ 𝑨(t) + 𝑫(t) + 𝑯(t)	

where	𝑨	includes	both	the	explicit	advection	and	the	bolus	advection	driven	by	the	GM	eddy	

parameterization.	 The	 Redi	 diffusive	 flux	 divergence	 associated	 with	 the	 GM	 scheme	 is	

incorporated	in	the	𝑯	and	𝑫	diffusion	operators.	The	vertical	diffusion	associated	with	the	

KPP	mixing	scheme	is	also	folded	into	𝑫.	We	separate	the	transport	operator	into	these	three	

parts,	 so	 that	 we	 can	 use	 different	 time-stepping	 schemes	 (see	 below)	 for	 the	 different	

processes.		
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To	reconstruct	the	Redi	diffusivity	tensor,	we	computed	the	isopycnal	slope	from	the	

saved	annual-averaged	density	 fields.	We	also	used	 the	saved	annual-averaged	 isopycnal,	

horizontal	and	vertical	diffusivity	fields.	To	reconstruct	the	advection	operator,	we	combined	

the	saved	annual-averaged	explicit	velocity	with	the	GM	bolus	velocity	fields.	This	approach	

is	similar	to	the	one	used	in	Primeau	(2005)	and	Chamberlain	et	al.	(2019)	but	different	than	

the	method	 used	 in	Kvale	 et	 al.	 (2017)	 and	Bardin	 and	Primeau	 (2014),	which	 used	 the	

impulse	response	functions	to	contruct	the	advection	and	diffusion	operators	(Khatiwala	et	

al.,	2005).	In	terms	of	the	spatial	discretization,	we	followed	the	scheme	described	in	the	POP	

manual	(Smith	et	al.,	2010).	However,	we	neglected	the	variable	thickness	of	the	top	layer	of	

the	model.	We	therefore	corrected	the	annual-averaged	velocity	field	to	ensure	that	its	three-

dimensional	divergence	vanishes.	The	correction	was	applied	to	the	horizontal	velocity	in	

the	top	model	layer	following	the	method	described	in	Bardin	and	Primeau	(2014).	No-flux	

conditions	are	built	into	the	operator	at	all	the	solid	basin	boundaries	and	the	sea	surface.	

The	offline	model's	resolution	is	the	original	CESMv1	resolution.	In	total,	there	are		𝑛	

=	4,241,988	wet	grids	in	the	model,	of	which	𝑛4	=	85813	are	in	the	surface	layer.	Thus,	𝑻(𝑡)	

consists	 of	 451	𝑛 × 𝑛 	sparse	 matrices	 for	 the	 period	 from	 the	 year	 1850	 to	 2300.	 For	

example,	 if	𝒄	represents	a	tracer	concentration	field,	then	it	can	be	represented	as	a	𝑛 × 1	

column	vector,	𝒄.	 the	time	tendency	of	the	tracer	𝒄	is	governed	by	the	following	system	of	

ordinary	differential	equations			

𝑑𝒄
𝑑𝑡 + 𝑻

(𝑡)𝒄 = 𝒔(𝑡),								(1)	

where	𝒔(𝑡)	is	a	discretized	source	and	sink	function	expressed	as	a	column	vector.		Because	

we	do	not	know	what	the	circulation	will	be	beyond	the	year	2300	in	our	analysis	we	assume	
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that	 the	 circulation	 is	 constant	 after	 year	 2300.	 We	 consider	 two	 scenarios.	 In	 one	 we		

assume	that	the	year-2300	circulation	persists	without	changing	for	𝑡 > 2300.	In	the	second	

one,	we	assume	that	the	circulation	abruptly	returns	to	its	1850	state	and	stays	permanently	

in	the	1850	state	for	𝑡 > 2300.	

This	offline	model	can	be	stepped	forward	and	backward	in	time	by	employing	an	

implicit	 first-order	 Euler-backward	 scheme	 for	 vertical	 diffusion,	 an	 explicit	 (3rd	 order	

Adam-Bashforth)	 scheme	 for	 advection,	 and	 the	 Euler-forward	 scheme	 for	 horizontal	

diffusion	and	source	and	sink	terms.	The	time	step	is	set	to	one	hour.	

	

Surface-to-Interior	Ventilation	Patterns	and	Timescales	in	a	Time-dependent	Flow	

If	we	consider	a	fluid	particle	in	the	ocean	interior	at	time	𝑡,	its	residence	time,	defined	

as	the	time	between	successive	surface	contacts,	can	be	decomposed	into	two	parts	

𝜏(𝑡) = 	 𝜏↓(𝑡) +	𝜏↑(𝑡).								(2)	

where	𝜏↓	is	the	surface-to-interior	transit	time,	also	known	as	the	age	or	last-passage	time,	

and	𝜏↑is	the	interior-to-surface	transit	time,	also	known	as	the	first-passage	time	(Primeau,	

2005;	 Primeau	 and	 Holzer,	 2006).	 In	 an	 advective-diffusive	 flow,	 water	 parcels	 have	 a	

distribution	 of	 transit	 times.	 Our	 focus	 is	 on	 the	 properties	 of	 these	 time-dependent	

distributions	rather	than	on	the	transit	times	of	individual	Lagrangian	particles.		

For	our	discretized	ocean	circulation	model,	each	grid-box	can	be	characterized	by	a	

pair	of	transit-time	distributions,	which	can	be	organized	as	𝒈↓_𝜏↓; 𝑡`	and	𝒈↑_𝜏↑; 𝑡`.	Note	that	

for	 a	 water	 parcel	 in	 the	 ocean	 interior	 at	 time	 𝑡 ,	 the	 interior-to-surface	 transit-time	
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distribution	depends	on	the	circulation	at	times	greater	than	𝑡,	while	the	surface-to-interior	

transit	time	distribution	depends	on	the	circulation	at	times	less	than	𝑡.	These	distributions	

can	be	expressed	in	terms	of	the	Green	functions	for	the	forward	and	time-reversed	adjoint	

transport	 equations	 subject	 to	 a	 rapid	 loss	 term	 in	 the	 top	model	 layer.	 Specifically,	 the	

interior-to-surface	transit	time	distribution	is	given	by	

𝒈↑_𝜏↑; 𝑡` = 𝑹4𝑽𝑮↑_𝑡 + 𝜏↑; 𝑡`,										(3)	

where	𝑮↑	is	a	space-discretized	version	of	the	Green	function	for	the	transport	equation	

𝜕
𝜕𝑡	 𝑮

↑(𝑡; 𝑡7) + [𝑻(𝑡) + 𝑹]𝑮↑(𝑡; 𝑡7) = 0,										(4)	

𝑮↑(𝑡7; 𝑡7) = 	𝑽82		

in	which	𝑻(𝑡)	is	the	discretized	advective-diffusive	tracer	flux	divergence	operator	written	

in	matrix	form;	𝑹	is	the	loss	frequency	expressed	as	a	diagonal	matrix	whose	only	non-zero	

elements	 are	 in	 the	 columns	 (and	 rows)	 corresponding	 to	 the	 surface	 grid-boxes.	 The	

elements	of	𝑹	are	given	by	𝑅99 = (1	hr)82	if	𝑖	corresponds	to	a	grid	box	in	the	top	layer	of	the	

model	and	zero	otherwise.	In	equation	(2),	𝑽	is	a	diagonal	matrix	whose	non-zero	elements	

are	the	volumes	of	the	model	grid	boxes.	The	matrix	𝑹4	is	an	𝑛4 × 𝑛	matrix	formed	from	the	

𝑛4	rows	of	𝑹	corresponding	to	the	model’s	grid	boxes	in	direct	contact	with	the	atmosphere.	

Thus	𝒈↑_𝜏↑; 𝑡`𝑑𝜏↑ 	is	 an	𝑛4 × 𝑛	matrix	whose	𝑖𝑗-th	 element	 gives	 the	 fraction	 of	 the	water	

volume	in	the	𝑗-th	grid	box	at	time	𝑡	that	will	first	come	in	contact	with	the	atmosphere	in	

the	𝑖-th	surface	grid	box	and	whose	interior-to-surface	transit	times	will	be	between	𝜏↑	and	

𝜏↑ + 𝑑𝜏↑.		

	 Similarly,	the	surface-to-interior	transit	time	distribution	is	given	by	
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𝒈↓_𝜏↓; 𝑡` = 𝑹4𝑽𝑮↓_𝑡 + 𝜏↓; 𝑡`,									(5)	

where	𝑮↓	is	the	green	function	for	the	time-reversed	adjoint	equation	

𝜕
𝜕𝑡	 𝑮

↓(𝑡7 − 𝑡; 𝑡7) + [𝑻:(𝑡′ − 𝑡) + 𝑹]𝑮↓(𝑡7 − 𝑡; 𝑡7) = 0,									(6)	

𝑮↓(𝑡7; 𝑡7) = 	𝑽82,	

where	𝑻:(𝑡′ − 𝑡) = 𝑽82𝑻;(𝑡′ − 𝑡)𝑽	is	the	adjoint	tracer	transport	matrix.		The	𝑖𝑗-th	element	

of	𝒈↓_𝜏↓; 𝑡`	is	the	fraction	of	the	water	volume	in	the	𝑗-th	grid	box	at	time	𝑡	that	was	last	in	

contact	 with	 the	 atmosphere	 in	 the	 𝑖 -th	 surface	 grid	 box	 and	 whose	 surface-to-interior	

transit	times	are	between	𝜏↓and	𝜏↓ + 𝑑𝜏↓.			

	 The	 forward	 and	 adjoint	Green	 functions,	 	𝑮↑ 	and	𝑮↓ 	can	be	 related	 to	 each	other.	

Using	the	semi-group	property	of	the	the	Green	function,	we	have	

𝑮↑(𝑡2; 𝑡") = 𝑮↑(𝑡2; 𝑡)𝑽𝑮↑(𝑡; 𝑡").								(7)	

Equation	(7)	simply	states	that	propagating	an	initial	condition	from	𝑡"	to	𝑡2	is	equivalent	to	

propagating	 the	 solution	 from	 𝑡" 	to	 some	 intermediate	 time,	 𝑡 ,	 and	 then	 from	 𝑡	 to	 𝑡2 .	

Differentiating	equation	(7)	with	respect	to	t	gives	

0 =
𝜕𝑮↑(𝑡2; 𝑡)

𝜕𝑡 𝑽𝑮↑(𝑡; 𝑡") + 𝑮↑(𝑡2; 𝑡)𝑽
𝜕𝑮↑(𝑡; 𝑡")

𝜕𝑡 ,						(8)	

and	then	using	equation	(4)	to	eliminate	the	time	derivative	in	the	second	term	on	the	right	

yields	

0 =
𝜕𝑮↑(𝑡2; 𝑡)

𝜕𝑡 𝑽𝑮↑(𝑡; 𝑡") − 𝑮↑(𝑡2; 𝑡)𝑽(𝑻(𝑡) + 𝑹)𝑮↑(𝑡; 𝑡").						(9)	



 

62 
 

Post-multiplying	equation	(9)	by	{𝑽𝑮↑(𝑡; 𝑡")|
82
yields		

𝜕𝑮↑(𝑡2; 𝑡)
𝜕𝑡 − 𝑮↑(𝑡2; 𝑡)𝑽(𝑻(𝑡) + 𝑹)𝑽82 = 0,		

	then	taking	the	transpose	yields		

𝜕_𝑮↑(𝑡2; 𝑡)`
;

𝜕𝑡 − (𝑻:(𝑡) + 𝑹) {𝑮↑(𝑡2; 𝑡)|
;
= 0.						(10)	

We	now	do	a	change	of	variables	from	𝑡 = 𝑡7 − 𝑡∗	to	get	

−
𝜕 {𝑮↑(𝑡2; 𝑡7 − 𝑡∗)|

;

𝜕𝑡∗ − (𝑻:(𝑡′ − 𝑡∗) + 𝑹) {𝑮↑(𝑡2; 𝑡′ − 𝑡∗)|
;
= 0.						(11)	

Comparing	equation	(11)	and	to	equation	(6),	reveals	the	relationship	between	𝑮↑(𝑡; 𝑡7)	and	

𝑮↓(𝑡; 𝑡7)		

𝑮↓(𝑡7 − 𝑡; 𝑡7) = {𝑮↑(𝑡7; 𝑡′ − 𝑡)|
;
.								(12)	

	

2.2.1	Surface-to-Interior	Ventilation	Patterns	

Computing	the	full	𝑮↑	and	𝑮↓	is	computationally	too	expensive	because	each	column	

requires	the	simulation	of	an	independent	tracer.	However,	not	all	the	information	that	could	

be	extracted	from	the	Green	function	is	needed	for	our	diagnostics.	We	are	interested	in	the	

volume	of	the	ocean	re-exposed	to	the	atmosphere	through	each	surface	pixel	averaged	over	

all	possible	transit	times,	i.e.,			
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〈𝒉4↑〉(𝑡′) = ~ 𝑨48𝟏𝒈↑_𝜏↑; 𝑡′`𝑽𝟏𝑑𝜏↑,
?

"

								(13)	

where	these	volumes	have	been	scaled	by	the	area	of	 the	surface	pixels	to	get	equivalent	

thicknesses.	 In	 the	 above	 expressions,	𝑨4 	is	 an	𝑛4 × 𝑛4 	diagonal	 matrix	 formed	 from	 the	

horizontal	areas	of	the	model’s	grid	boxes;		𝟏	is	an	𝑛 × 1	vector	of	ones	so	that	the	factor	of	

𝑽𝟏	to	the	right	of	𝒈↑	acts	to	initialize	the	tracer	concentration	to	unity	everywhere	inside	the	

ocean.	The	fact	that		𝒈↑𝑽𝟏	is	an	𝑛 × 1	column	vector	implies	that	the	〈𝒉4↑〉	diagnostic	can	be	

computed	from	a	single	tracer.	Thus	we	introduce	the	following	tracer	equation,		

𝜕
𝜕𝜏↑	

𝒄_𝜏↑; 𝑡′` + �𝑻_𝑡7 + 𝜏↑` + 𝑹�𝒄_𝜏↑; 𝑡7` = 0,								(14)	

𝒄(0; 𝑡′) = 	𝟏,		

where	𝒄	is	the	tracer	concentration	so	that	equation	(13)	can	be	rewritten	as	

〈𝒉4↑〉(𝑡′) = ~ 𝑹4𝑽𝒄_𝜏↑; 𝑡7`𝑑𝜏↑,																							(15)
?

"

	

where	we	 used	 equation	 (3)	 and	 the	 fact	 that	𝒄	can	 be	 expressed	 in	 terms	 of	 the	 Green	

function,		𝒄_𝜏↑; 𝑡7` = 𝑮↑_𝑡7 + 𝜏↑; 𝑡7`𝑽𝟏.		

To	further	limit	the	needed	computation,	we	evaluate	integral	 in	equation	(13)	for	

three	 separate	 values	 of	𝑡7 .	 Thus,	 we	 start	 three	 tracer	 simulations	 using	 equation	 (14)	

starting	from	𝑡7 = 1850,	𝑡7 = 2090	and	𝑡7 = 2290	and	time-step	forward	in	time	from	𝜏↑ =

0	to	𝜏↑ = 2300 − 𝑡′	(i.e.,	for	450	years,	240	years	and	10	years	respectively).	The	resulting	

tracer	 fields	provide	 the	 integrand	 for	 the	𝜏↑ = 0	to	𝜏↑ = 2300 − 𝑡′	part	 of	 the	 integral	 in	
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equation	(15).	The	remaining	part	of	the	integral	represents	the	forward	integration	from	

the	year	2300	and	can	be	obtained	by	direct	matrix	inversion	because	we	assume	that	𝑻	is	

constant	after	year	2300:			

𝒄?(𝑡7) ≡ ~ 𝒄_𝜏↑; 𝑡7`𝑑𝜏↑
?

)3""8@#

= [𝑻A + 𝑹]8𝟏𝒄(2300 − 𝑡7; 𝑡7).									(16)	

where	𝑻A	is	the	time-invariant	transport	operator	assumed	to	apply	for	the	period	after	year	

2300.	We	 consider	 two	 scenarios	 for	𝑻A 	after	 year	 2300.	 In	 scenario	 1	 the	 circulation	 is	

assumed	to	persist	in	its	year-2300	state	indefinitely	with	𝑻A = 𝑻(2300)	while	in	scenario	2	

the	circulation	 is	assumed	to	abruptly	return	to	 its	year-1850	state	after	2300	with	𝑻A =

𝑻(1850).	Putting	all	this	together	we	have		

〈𝒉4↑〉(𝑡′) = ~ 𝑨48𝟏𝑹4𝑽𝒄(𝜏↑, 𝑡′)𝑑𝜏↑
)3""8@#

"

+	𝑨48𝟏𝑹4𝑽𝒄?(𝑡7)	.														(17)	

Finally,	using	〈𝒉4↑〉,	the	water	volume	fractions	in	1850,	2090	and	2290	that	will	be	first	re-

exposed	to	the	atmosphere	at	each	sea-surface	pixel	can	be	written	as:	

〈𝒇4↑〉(𝑡′) =
𝑨𝒔〈𝒉4↑〉(𝑡′)
𝟏𝑻𝑽𝟏 .										(18)	

	 Similarly,	 to	compute	the	equivalent	thickness	for	the	flux	of	water	that	enters	the	

ocean	through	each	surface	pixel	we	need	to	evaluate	

〈𝒉4↓〉(𝑡′) = ~ 𝑨48𝟏𝒈↓_𝜏↓; 𝑡′`𝑽𝟏𝑑𝜏↓.								(19)
?

"

	

We	thus	introduce	the	following	adjoint	tracer	transport	equation,	



 

65 
 

𝜕
𝜕𝜏↓	

𝒄_𝜏↓; 𝑡′` + �𝑻:_𝑡7 − 𝜏↓` + 𝑹�𝒄_𝜏↓; 𝑡7` = 0,																	(20)	

𝒄(0; 𝑡′) = 	𝟏	

so	that	equation	(19)	can	be	rewritten	as		

〈𝒉4↓〉(𝑡′) = ~ 𝑹4𝑽𝒄_𝜏↓; 𝑡7`𝑑𝜏↓	.								(21)
?

"

	

Again,	we	 further	reduce	 the	computational	costs	by	 focussing	on	 three	 times	𝑡7 = 1850,		

𝑡7 = 2090 	and	 𝑡7 = 2290 .	 Thus,	 we	 start	 three	 tracer	 simulations	 using	 equation	 (20)	

starting	from	𝑡7 = 2290,	𝑡7 = 2090	and	𝑡7 = 1850	and	time-step	backward	in	time	from	𝜏↓ =

0	to	𝜏↓ = 𝑡7 − 1850	(i.e.,	 for	440	years,	240	years	and	0	years	respectively).	The	resulting	

tracer	 fields	provide	 the	 integrand	 for	 the	𝜏↓ = 0	to	𝜏↓ = 𝑡7 − 1850	part	 of	 the	 integral	 in	

equation	(21).	The	remaining	part	of	the	integral	represents	the	backward	integration	from	

the	year	1850	and	can	be	obtained	by	direct	matrix	inversion	because	we	assume	that	𝑻	is	

constant	before	1850:			

𝒄8?(𝑡7) ≡ ~ 𝒄_𝜏↓; 𝑡7`𝑑𝜏↓
?

@#82DE"

= [𝑻:(1850) + 𝑹]8𝟏𝒄(𝑡7 − 1850; 𝑡7),								(22)	

Thus	

〈𝒉4↓〉(𝑡′) = 𝑨48𝟏𝑹4𝑽𝒄8?(𝑡7) + ~ 𝑨48𝟏𝑹4𝑽𝒄(𝜏↓, 𝑡′)𝑑𝜏↓
@#82DE"

"

.									(23)	

As	before,	the	volume	fractions	of	water	in	1850,	2090	and	2290	that	was	last	ventilated	to	

the	atmosphere	at	each	surface	pixel	can	be	written	as	
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〈𝒇4↓〉(𝑡′) =
𝑨𝒔〈𝒉4↓〉(𝑡′)
𝟏𝑻𝑽𝟏 .										(24)	

	

2.2.2	Surface-to-Interior	Timescales	

In	addtion	to	the	volume	fractions,	we	also	present	mean	interior-to-surface	transit	

times	 (i.e.,	 mean	 first-passage	 time)	 from	 each	 interior	 ocean	 pixel	 to	 anywhere	 at	 the	

surface.	Specifically,	

〈𝜏↑〉;(𝑡7) = ~ 𝜏↑𝟏4;𝒈↑_𝜏↑; 𝑡′`𝑑𝜏↑,												(25)
?

@7

	

where	〈𝜏↑〉	is	 a	 row	matrix	of	 size	of	1 × 𝑛	whose	components	are	 the	mean	 first-passage	

times	from	each	of	the	𝑛	model	gridboxes.	From	equation	(3)	and	the	fact	that	𝟏;𝑹 = 𝟏4;𝑹4,	

we	rewrite	equation	(25)	as	

〈𝜏↑〉;(𝑡7) = ~ 𝜏↑𝟏;𝑹𝑽𝑮↑_𝑡7 + 𝜏↑; 𝑡7`𝑑𝜏↑,								(26)
?

@7

	

Note	that	applying	the	operator	𝟏;𝑽	to	a	 tracer	 field	corresponds	to	the	 integral	over	the	

volume	of	the	ocean.	Thus	𝟏;𝑽𝑻𝒇 ≡ 0	for	any	𝒇	because	the	transport	operator,	written	in	

flux-divergence	form,	conserves	tracer	mass.	Equation	(26)	can	thus	be	written	as		

〈𝜏↑〉;(𝑡7) = ~ 𝜏↑�𝟏;𝑽𝑹𝑮↑_𝑡7 + 𝜏↑; 𝑡7` + 𝟏;𝑽𝑻(𝑡7)𝑮↑_𝑡7 + 𝜏↑; 𝑡7`�𝑑𝜏↑,
?

@7

= ~ 𝜏↑𝟏;𝑽_𝑹 + 𝑻(𝑡7)`𝑮↑_𝑡7 + 𝜏↑; 𝑡7`𝑑𝜏↑,							(27)
?

@#
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in	which	we	added	a	term	equal	to	zero.	Doing	so	allows	us	to	use	equation	(4)	to	rewrite	

equation	(27)	as	follows:	

〈𝜏↑〉;(𝑡7) = − ~ 𝟏;𝑽 �𝜏↑
𝜕𝑮↑_𝑡7 + 𝜏↑; 𝑡7`

𝜕𝜏↑
� 𝑑𝜏↑,									

?

@7

	

= ~ 𝟏;𝑽𝑮↑_𝑡7 + 𝜏↑; 𝑡7`𝑑𝜏↑,											(28)		
?

@7

	

where	we	used	integration	by	parts	to	go	from	the	first	to	second	line.	If	we	now	take	the	

transpose	of	equation	(28)	we	get		

〈𝜏↑〉(𝑡7) 	= ~ 𝑮↑𝑻_𝑡7 + 𝜏↑; 𝑡7`𝑽𝟏𝑑𝜏↑,										
?

@#

	

= ~ 𝑮↓(𝑡7; 𝑡7 + 𝜏↑)𝑽𝟏𝑑𝜏↑,																
?

@#

	

= ~ 𝑮↓_𝑡7; 𝑡7 + 𝜏↑`𝑽𝟏𝑑𝜏↑ +
?

)3""

~ 𝑮↓_𝑡7; 𝑡7 + 𝜏↑`𝑽𝟏𝑑𝜏↑,								(29)
)3""

@#

	

	

which	is	the	solution	of	the	following	equation:		

𝜕〈𝜏↑〉
𝜕𝑡 + [𝑻:(𝑡) + 𝑹]〈𝜏↑〉 = 𝟏,						(30)	

subject	to	either	of	the	following	initial	condition		

〈𝜏↑〉(2300) = (𝑻:(2300) + 𝑹)82𝟏,	
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or		

	〈𝜏↑〉(2300) = (𝑻:(1850) + 𝑹)82𝟏.	

The	first	initial	condition	corresponds	to	the	scenario	in	which	the	circulation	is	assumed	to	

persists	in	the	year	2300	state	(scenario	1).	The	second	initial	condition	corresponds	to	the	

assumption	that	the	circulation	abruptly	recovers	to	its	year	1850	state	(scenario	2).	

Similarly,	the	mean	surface-to-interior	transit	times	(i.e.,	mean	last-passage	time	or	

mean	age)	at	each	pixel	can	be	directly	solved	from	the	following	equation	

𝜕〈𝜏↓〉
𝜕𝑡 + [𝑻(𝑡)]〈𝜏↓〉 = 𝑹〈𝜏↓〉 + 𝟏,					(31)	

subject	to	the	following	initial	condition	

〈𝜏↓〉(1850) = (𝑻(1850) + 𝑹)82𝟏.			(32)	

Equation	(31)	takes	the	form	of	the	ideal	age	equation	that	is	implemented	in	many	ocean	

general	circulation.	It	is	important	to	note,	however,	the	equation	(31)	only	yields	the	mean	

of	the	TTD	when	it	is	initialized	using	the	fully	spun-up	boundary	condition	given	in	equation	

(32).		
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3.	Results	

3.1	Global	Overturning	Circulation	and	Buoyancy	Frequency	

The	global	overturning	circulation	contains	the	upper	cell	and	abyssal	cell	(Fig.	3.1).	

In	 our	model,	 the	preindustrial	 circulation	 is	 characterized	by	upwelling	 in	 the	Antarctic	

Divergence	(14.0	Sv)	and	equatorial	upwelling	zones	(57.6	Sv).	This	upwelling	is	balanced	

by	the	downwelling	that	is	driven	by	the	convergence	of	surface	wind-driven	currents	in	the	

subtropical	regions.	A	part	of	the	water	that	is	upwelled	in	the	Antarctic	(Circumpolar	Deep	

Water,	 hereafter	 CDW)	 is	 transported	 southward	 as	 it	 loses	 buoyancy.	 This	water	 forms	

Antarctic	 Bottom	Water	 (AABW)	 and	 drives	 the	 abyssal	 cell	 of	 the	 southern	meridional	

overturning	circulation	(SMOC,	9.0	Sv).	In	the	Northern	Hemisphere,	the	formation	of	North	

Atlantic	Deep	Water	(NADW)	drives	the	upper	cell	of	the	Atlantic	meridional	overturning	

circulation	(AMOC)	(21.7	Sv).	The	strength	of	AMOC	and	SMOC	in	our	model	compares	well	

with	the	CMIP6	model	mean	strength	of	overturning	circulation,	even	though	the	strength	of	

SMOC	is	grossly	underestimated	compared	with	observational	estimates	(Liu	et	al.,	2023).	

In	a	warming	climate,	the	formation	of	AABW	and	NADW	weakens	due	to	the	stronger	

stratification	 driven	 by	 the	 gain	 of	 buoyancy,	 which	 leads	 to	 a	 slowdown	 of	 the	 global	

overturning	 circulation	 (Weijer	 et	 al.,	 2020;	Heuzé,	 2021;	 Liu	 et	 al.,	 2023).	 Furthermore,	

stronger	 westerlies	 drive	 stronger	 upwelling	 in	 the	 Antarctic	 Divergence	 zone,	 which	 is	

balanced	 by	 stronger	 downwelling	 in	 the	 subtropical	 gyres	 (Fig.	 3.1G).	 This	 behavior	 is	

consistent	with	other	estimates	(Bracegirdle	et	al.,	2013;	Waugh,	2014;	Waugh	et	al.,	2013),	

even	though	the	magnitude	of	these	changes	can	vary	across	different	estimates.	Also	by	the	

end	of	the	21st	century,	the	equatorial	upwelling	is	6.7	Sv	weaker	due	to	weaker	equatorial	
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easterlies	compared	to	its	preindustrial	level	in	our	model.	Again,	this	behavior	is	generally	

consistent	with	other	ESMs	(Terada	et	al.,	2020).	Finally,	the	weaker	equatorial	easterlies	

also	 lead	 to	 a	 3.0-6.8	 Sv	 decrease	 of	 the	 wind-driven	 subtropical	 downwelling	 in	 both	

hemispheres	(Fig.	3.1G).	In	the	north	Atlantic,	the	formation	of	NADW	weakens	by	more	than	

50%	by	the	end	of	the	21st	century	under	the	business-as-usual	warming	scenario,	which	is	

consistent	 with	 CMIP	 model	 studies	 and	 accordingly	 drives	 the	 weakening	 overturning	

circulation	(Liu	et	al.,	2019;	Weijer	et	al.,	2020).		

Overall,	the	changes	of	overturning	circulation	will	affect	the	ventilation	of	the	ocean,	

but	it	is	difficult	to	assess	this	effect	directly.	Moreover,	most	streamlines	do	not	cross	the	

surface	mixed	layer,	making	it	difficult	to	relate	changes	in	the	overturning	circulation	with	

changes	 in	 ventilation.	 The	 complex	 relationship	 between	 the	 changing	 circulation	 and	

ventilation	in	a	warming	climate	motivates	us	to	develop	a	mathematical	method	to	clearly	

quantify	 the	 transport	 timescales	 and	 ventilation	 patterns	 in	 a	 time-evolving	 ocean	

circulation.			
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Figure	 3.1.	 Ocean	 circulation	 and	 buoyancy	 frequency.	 CESMv1	 global	 meridional	
overturning	stream	functions	in	A)	preindustrial	era	(1850-1859),	B)	2090s	and	C)	2290s.	
CESMv1	 zonal	 mean	 buoyancy	 frequency	 in	 D)	 preindustrial	 era	 (1850-1859),	 E)	 the	
differences	between	1850s	and	2090s	and	F)	the	differences	between	1850s	and	2290s.	G)	
represents	key	aspects	of	global	ocean	circulation:	vertical	transport	at	100m	of	the	Antarctic	
Divergence	 upwelling	 (SO,	 south	 of	 60oS),	 equatorial	 upwelling	 (Eq	 upw,	 18S-18N),	
subantarctic	 downwelling	 (AAIW	 dnw,	 i.e.,	 AAIW/SAMW	 formation,	 60S-35S),	 southern	
hemisphere	subtropical	downwelling	(subS,	35S-18S)	and	northern	hemisphere	subtropical	
downwelling	(subN,	18N-35N),	the	strength	of	SMOC	and	AMOC	(unit:	Sv).			
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3.2	Ventilation	volumes		

The	 fraction	 of	 the	 ocean	 ventilated	 from	 each	 surface	 location	 provides	 a	 useful	

summary	of	the	ocean’s	transport	pathways.	To	summarize	the	results,	we	followed	DeVries	

and	Primeau	 (2012)	and	divided	 the	surface	 into	7	broad	zonal	bands,	which	we	 further	

divided	into	separate	basins,	resulting	in	17	patches	that	cover	the	whole	ocean	(Fig.	3.2).	

Fig.	3.3	shows	a	color	map	of	these	fractions	per	unit	area	for	the	year	1850	along	with	the	

change	from	1850	to	2100	and	from	1850	to	2300.	Under	the	assumption	that	the	ocean	was	

in	 steady	 state	 up	 to	 the	 year	 1850,	 our	 calculation	 shows	 that	 disproportionately	more	

water	was	ventilated	from	high	latitudes.	We	find	that	27.2%	and	37.2%	of	the	total	ocean	

volume	were	last	ventilated	from	the	North	Atlantic	and	the	Southern	Ocean	(i.e.,	Antarctic	

+	Subantarctic),	respectively	(Fig.	3.3).	

	

	

Figure	3.2.	The	separation	of	17	surface	patches.	“Ant”,	“Suba”,	“Subt”,	“Equ”,	and	“Subp”	are	
short	for	Antarctic,	Subantarctic,	Subtropical,	Equatorial	and	Subpolar,	respectively.		
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Generally,	 our	 results	 show	 similar	 surface	 ventilation	 patterns	 as	 those	 obtained	

from	data-constrained	models	(Gebbie	and	Huybers,	2010;	DeVries	and	Primeau,	2012).	One	

conspicuous	exception	is	in	the	Southern	Ocean.	We	estimated	the	fraction	ventilated	from	

the	 Antarctic	 region	 to	 be	 only	 14.4%	 (Fig.	 3.3),	 whereas	 DeVries	 and	 Primeau	 (2012)	

estimated	36%.	This	underestimation	 is	possibly	due	to	the	 inadequate	representation	of	

AABW	formation	in	CESMv1.	In	the	model,	AABW	formation	is	much	lower	than	observation-

based	 estimates	 and	 occurs	 through	 open-ocean	 convection	 instead	 of	 sinking	 along	 the	

Antarctic	continental	slope	as	is	the	case	in	the	real	world,	a	problem	found	in	many	Earth	

system	models	(Heuzé,	2021).	

Our	model	shows	how	the	simulated	global	water-mass	ventilation	changes	as	 the	

climate	warms.	Consistent	with	the	MOC	weakening	in	a	warming	climate,	we	see	the	largest	

ventilation	decreases	in	the	North	Atlantic	and	Weddell	Sea.	Of	the	total	ocean	volume,	1.9%	

less	originates	from	the	North	Atlantic	in	2290	compared	to	1850.	In	the	Weddell	Sea,	the	

decline	 is	more	gradual	with	0.9%	and	0.7%	decreases	 in	 the	1850-2090	and	2090-2290	

periods.	To	 compensate	 the	ventilation	decreases	 in	 the	North	Atlantic	 and	Weddell	 Sea,	

there	 are	 significant	 ventilation	 increases	 in	 the	 subantarctic	 region.	 These	 increases	

indicate	stronger	AAIW	and	SAMW	formation	rates	(Fig.	3.1G)	which	are	driven	by	stronger	

westerlies	as	a	result	of	climate	warming	(Russell	et	al.,	2006;	Bracegirdle	et	al.,	2013).		

Besides	 these	 basin	 scale	 ventilation	 changes,	 there	 are	 also	 sub-basin	 scale	

ventilation-pattern	shifts	in	response	to	climate	warming.	For	example,	the	NADW	formation	

regions	shift,	 leading	to	less	water	originating	from	the	Labrador	Seas	and	more	from	the	

Norwegian-Greenland	Seas	(Fig.	3.3).	This	could	be	due	to	a	weaker	NAO	in	a	warming		
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Figure	 3.3.	 The	 surface	 sources	 of	 global	 ocean	 waters.	 The	 left	 panels	 represent	 the	
equivalent	thickness	from	the	oceanic	volume	that	originated	in	each	surface	pixel,	scaled	by	
the	surface	area	of	each	pixel	(A)	in	the	year	1850,	(C)	the	difference	between	2090	and	1850	
and	(E)	the	difference	between	2290	and	1850	(unit:	km).	The	color-scale	follows	a	base-ten	
logarithm	of	the	field	in	panel	(A).	The	black	number	indicates	the	fraction	(in	percent)	of	
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the	whole	water	column	that	made	last	contact	with	the	surface	ocean	in	each	region	defined	
by	the	solid	lines.	The	right	panels	show	the	zonal	integration	of	the	fraction	along	with	each	
latitude	bin	(1o)	(B)	in	the	year	1850,	(D)	the	difference	between	2090	and	1850	and	(F)	the	
difference	between	2290	and	1850	(unit:	‰/deg).		

	

climate,	as	similar	shifts	on	decadal	timescales	have	been	observed	in	decades	with	a	weak	

NAO:	The	NADW	originating	from	the	Labrador	Sea	is	weaker	compared	with	the	decades	

with	a	strong	NAO,	resulting	in	a	weaker	AMOC	(Yeager	and	Danabasoglu,	2014).	

The	surface	patterns	showing	where	the	interior	ocean	volume	will	eventually	be	re-

exposed	to	the	atmosphere	depend	both	on	the	circulation	changes	from	the	year	1850	to	

2300	and	after	the	year	2300.	As	discussed	in	the	Methods,	we	consider	two	scenarios	that	

have	the	same	time-dependent	circulation	up	to	the	year	2300,	but	that	differ	afterwards.	In	

scenario	1	the	circulation	is	assumed	to	persist	in	its	year-2300	state	indefinitely	while	in	

scenario	2	the	circulation	is	assumed	to	abruptly	return	to	its	year-1850	state	after	2300.	

These	 two	scenarios	provide	crude	bounds	on	what	 could	happen	after	atmospheric	CO2	

stabilizes.		

In	general,	most	of	the	total	water	volume	will	ventilate	the	surface	in	the	upwelling	

zones,	 regardless	 of	 the	 future	 circulation	 scenarios.	 The	 Southern	 Ocean	 (Antarctic	 +	

Subantarctic)	is	the	largest	region	to	ventilate	the	ocean	water	in	the	future,	which	will	re-

expose	more	than	45%	of	the	total	volume	of	the	year-1850	ocean	water	to	the	atmosphere	

depending	on	the	circulation	scenarios.	It	is	followed	by	regions	with	equatorial	upwelling	

and	intensified	western	boundary	currents,	such	as	Kuroshio	Extension	and	Gulf	Stream	(Fig.	

3.4).			
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In	scenario	1,	most	of	the	ventilation	changes	occur	between	years	1850	and	2090	

(Fig.	3.4).	Of	the	total	ocean	volume	in	1850,	62.7%	will	eventually	ventilate	to	the	surface	in	

the	Southern	Ocean.	In	2090,	1.7%	more	will	ventilate	in	the	Southern	Ocean	compared	with	

the	year	1850,	whereas	the	fraction	of	the	total	ocean	volume	ventilating	in	the	Southern	

Ocean	will	not	change	from	the	year	2090	to	the	year	2290.	This	increase	is	due	to	stronger	

Southern	 Ocean	 upwelling	 driven	 by	 stronger	westerlies	 as	 a	 result	 of	 climate	warming	

(Russell	et	al.,	2006;	Moore	et	al.,	2018).	To	compensate	for	the	ventilation	increase,	there	is	

less	water	ventilation	occurring	in	the	Kuroshio	Extension	and	Gulf	Stream.	In	scenario	2,	as	

the	Southern	Ocean	will	experience	weaker	upwelling	after	the	year	2300,	only	46.5%	of	the	

total	ocean	volume	in	1850	will	eventually	be	exposed	to	the	atmosphere	in	the	Southern	

Ocean.	 This	 number	 is	 about	 16.2%	 less	 than	 it	 is	 in	 scenario	 1.	 Over	 time,	most	 of	 the	

ventilation	 changes	 occur	 between	 years	 2090	 and	 2290	 in	 scenario	 2.	 Spatially,	 the	

ventilation	changes	showed	contrary	patterns	with	the	changes	in	scenario	1.	
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Figure	3.4.	 The	 fraction	of	whole	water	 column	where	 it	made	 its	next	 contact	with	 the	
surface	at	each	ocean	grid	in	the	experiment	of	scenario1	(left	panels)	and	scenario2	(right	
panels).	From	the	top	to	the	bottom	represents	the	fraction	of	the	water	column	ventilating	
in	each	region	in	the	year	1850	(top	panel),	year	2090	–	year	1850	(middle	panel)	and	year	
2290	–	year	1850	(bottom	panel).	The	regions	are	defined	by	the	solid	black	lines.		
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3.3	The	mean	age	

As	discussed	in	the	introduction,	the	mean	age	is	a	useful	diagnostic	to	characterize	

the	timescales	of	ocean	ventilation.	It	represents	the	elapsed	time	since	a	water	parcel	in	the	

ocean	interior	made	its	last	contact	with	the	ocean	surface.	Fig.	3.5	shows	zonally-averaged	

latitude-depth	sections	and	a	time	series	of	the	global	mean	age	for	year	1850,	along	with	

the	difference	in	the	mean	ages	at	year	2090	minus	year	1850	and	year	2290	minus	year	

1850.	Globally,	the	deep	ocean	has	the	oldest	mean	age	of	more	than	1600	years	for	year	

1850.	The	mean	ages	in	the	deep	water	formation	regions	(high	latitudes)	are	much	younger	

than	 the	 low	 latitudes.	 The	 upper	 ocean	 becomes	 slightly	 younger	 in	 the	 equatorial	 and	

subtropics,	possibly	due	 to	 the	weakening	downwelling	despite	 the	ocean	becomes	more	

stratified.	With	climate	warming,	the	upper	ocean	becomes	more	stratified	(Capotondi	et	al.,	

2012;	 Li	 et	 al.,	 2020),	 which	 correlates	 with	 the	 decreasing	 age	 in	 the	 upper	 ocean,	

decoupling	 from	 the	deep	water.	As	 the	 global	 overturning	 circulation	 continues	 to	 slow	

down	out	to	the	year	2300,	the	mean	age	continues	to	increase,	especially	in	the	deepwater	

formation	regions.	It	is	worth	noting	that	most	of	the	changes	in	mean	ages	occur	after	year	

2090	as	most	MOC	slowdown	and	stratification	increase	occur	after	year	2090,	supporting	

the	conclusion	in	Moore	et	al.,	2018	that	it	 is	important	to	extend	the	climate	simulations	

beyond	the	21st	century.		

To	summarize,	Fig.	3.5D	shows	the	mean	age	for	the	whole	ocean	as	a	function	of	time.	

As	climate	warms,	the	global-averaged	mean	age	increases	from	~670	in	1850	to	~780	years	

in	2300.	The	upward	trend	in	the	mean	age	is	still	strong	in	year	2300	(Fig.	3.5D).	
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Figure	3.5.	The	global	mean	age.	The	top	row	shows	zonally-averaged	contour	plots	of	the	
mean	age	in	A)	year	1850,	B)	the	differences	between	the	years	2090	and	1850	and	C)	the	
differences	between	the	year	2290	and	1850.	Panal	D	shows	the	time	series	of	ideal	age	from	
the	preindustrial	era	to	year	2300	(unit:	year).	

	

3.4	The	mean	first-passage	time	

The	mean	first-passage	time	is	a	diagnostic	of	the	time	needed	for	a	water	parcel	in	

the	ocean	interior	to	be	transported	back	to	the	surface	where	it	comes	in	contact	with	the	

atmosphere.	 Naturally,	 the	 first	 passage	 distribution	 for	 some	 time	 𝑡7 	depends	 on	 the	

behavior	of	the	ocean	circulation	at	times	𝑡 > 𝑡7.	In	particular	it	depends	on	the	circulation	

at	times	beyond	year	2300	when	our	climate	simulation	ends.	As	discussed	in	the	Methods,	

we	consider	two	scenarios	that	have	the	same	time-dependent	circulation	up	to	year	2300,	

but	that	differ	after	year	2300.	In	scenario	1	the	circulation	is	assumed	to	persist	in	its	year-
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2300	state	indefinitely	while	in	scenario	2	the	circualtion	is	assumed	to	abruptly	return	to	

its	year-1850	state	after	year	2300.	While	the	results	are	qualitatively	similar	for	the	two	

scenarios,	there	are	significant	quantitative	differences.		

Our	calculations	show	that,	as	expected,	the	mean	first-passage	time	is	longer	in	the	

deep	 ocean	 than	 in	 the	 upper	 ocean	 regardless	 of	 the	 scenario	 (Fig.	 3.6A,	 3.6D).	 Also,	

independent	of	scenario,	the	mean	first-passage	time	for	the	deep	waters	is	generally	shorter	

at	high	latitudes	compared	to	lower	latitudes.	This	behavior	is	due	to	deep	convection	at	high	

latitudes	that	can	ventilate	the	deep	ocean	by	rapidly	mixing	deep	waters	with	the	surface.		

However,	the	different	assumptions	about	what	happens	after	year	2300	have	a	large	impact	

on	the	deep	ocean’s	mean	first-passage	time.	For	example,	in	the	northern-hemisphere,	the	

zonally-averaged	mean	 first-passage	 time	 in	 the	 deep	 ocean	 is	 approximately	 800	 years	

longer	for	scenario	1	compared	to	scenario	2	(c.f.	~2300	yrs	for	scenario1	vs.	~1500	years	

for	scenario	2;	Fig.	3.6A,	3.6D).		

In	 scenario	 1	 the	 mean	 first-passage	 time	 increases	 almost	 everywhere	 and	 is	

particularly	pronounced	in	the	location	of	deep-water	formation	in	the	northern	hemisphere	

and	in	regions	downstream	of	the	North	Atlantic	deep	convection	site	(Fig.	3.6B,	3.6C).	The	

change	shown	in	Fig.	3.6B	demonstrates	the	influence	of	the	decline	of	the	maximum	AMOC	

strength	from	20	Sv	to	12	Sv	between	1850	and	2090	(see	Fig.	3.1G).	The	further	decline	in	

the	 strength	of	AMOC	 from	12	Sv	 to	7	 Sv	between	years	2090	and	2290	has	 a	 relatively	

smaller	impact	on	the	mean	first-passage	time	(c.f.	Fig.	3.6C	versus	Fig.	3.6B).	This	behavior	

shows	 the	 importance	 of	 eddy-diffusive	 transport,	which	 prevents	 the	 first-passage	 time	



 

81 
 

from	 increasing	 to	 infinity	 as	 the	 overturning	 circulation	 collapses.	 The	 importance	 of	

diffusive	transport	has	also	been	highlighted	by	Holzer	et	al.	(2021).		

In	scenario	2	if	we	compare	the	change	in	the	mean	first-passage	time	for	year	1850		

to	that	of	year	2090,	we	see	an	increase	in	the	upper	ocean	and	a	decrease	in	deeper	waters	

(Fig.	3.6E).	This	pattern	of	change	can	be	understood	in	terms	of	the	mean	first-passage	time	

itself.	 	Where	the	mean	first-passage	time	is	on	the	order	of	200	years	or	less,	the	weaker	

ventilation	associated	with	the	slowdown	in	the	circulation	for	the	2090-to-2290	period	will	

have	a	relatively	large	impact.	In	contrast,	where	the	mean	first	passage	time	is	much	greater	

than	200	years,	the	post-2300	circulation	dominates.	Because	in	scenario	2	this	circulation	

is	a	return	to	the	vigorous	1850	circulation,	we	see	a	decrease	in	the	year-2090	mean	first-

passage	time	over	most	of	the	deep	ocean.	On	the	other	hand,	if	we	compare	the	mean	first-

passage	 time	 for	 the	 year-1850	 to	 that	 of	 the	 year-2290,	 we	 see	 a	 decrease	 almost	

everywhere	(Fig.	3.6F).	In	this	case,	the	whole	ocean	experiences	the	more	vigorous	1850	

circulation.	The	AMOC	slowdown	that	occurred	during	the	1850-to-2300	period	does	not	

affect	the	year-2300	first	passage-time	distribution.		

To	summarize,	Fig.	3.6G	shows	the	mean	first-passage	time	for	the	whole	ocean.	What	

we	assume	for	the	circulation	after	year-2300,	when	our	simulation	ends,	has	a	significant	

impact.	Assuming	that	the	year-2300	circulation	persists	indefinitely,	the	whole-ocean	mean	

first-passage	 time	 is	 about	~1140	 years	 in	 1850.	 As	 climate	warms,	 the	 global-averaged	

mean	first-passage	time	increases	to	~1340	yrs	in	2300.		If,	instead,	we	assume	that	in	the	

year-2300,	the	circulation	abruptly	returns	to	its	1850	state	the	mean	first-passage	time	is	

only	~740	years	in	1850	and	then	decreases	back	to	~650	years.		
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Figure	 3.6.	 The	 global	 mean	 first	 passage	 time.	 The	 panels	 in	 the	 top	 row	 (A-C)	
correspond	 to	 scenario	 1	 in	 which	 the	 year-2300	 circulation	 is	 assumed	 to	 persist	
indefinitely.	The	panels	in	the	second	row	correspond	to	scenario	2,	where	the	circulation	is	
assumed	to	abruptly	return	to	its	1850	state	after	year	2300	(D-F).	The	zonal	average	of	the	
first-passage	time	was	averaged	for	the	1850-1859	decade	(A	and	D).		Panels	B	and	E	show	
the	differences	between	the	2090-2099	and	1850-1859	decadal	averages.	Panels	C	and	F	
show	the	differences	between	2290-2299	and	1850-1859	decadal	averages.	Panel	G	shows	
the	time	series	of	the	globally-integrated	first-passage	time	for	each	scenario	(unit:	years).			
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4.	Summary	and	Discussion	

We	applied	the	theory	of	transit	time	distributions	(TTD)	to	a	transient	circulation	

obtained	from	a	realistic	climate	simulation	in	CESMv1	run	from	the	year	1850	to	the	year	

2300	under	the	RCP8.5-ECP8.5	climate	scenario.	We	computed	how	the	global	ventilation	

patterns	evolve	in	a	transient	circulation	using	the	forward	and	adjoint	transport	operators	

derived	 from	the	CESMv1	simulation.	 In	addition,	we	showed	 that	 the	 ideal	age	equation	

applied	to	a	transient	flow	yields	the	time-evolving	mean	age	provided	that	the	ideal	age	is	

initialized	with	the	mean	of	the	TTD	at	the	beginning	of	the	simulation.	Similarly,	we	showed	

that	the	mean	first-passage	time	satisfies	an	equation	similar	to	the	ideal	age	equation	except	

that	 it	 uses	 the	 time-reversed	 adjoint	 transport	 operator.	 We	 used	 these	 equations	 to	

compute	the	time-evolving	mean	age	and	mean	first-passage	time.		

Ours	 is	 the	 first	 calculation	 that	provides	 a	proper	 treatment	of	 the	 time-evolving	

ventilation	patterns	and	timescales	in	a	global	circulation	model	subject	to	climate	change.	

Previous	calculations,	 for	example,	DeVries	and	Primeau	(2012)	and	Gebbies	and	Huyber	

(2010)	assumed	the	circulation	to	be	in	a	steady	state.	Holzer	et	al.	(2020)	considered	a	time-

evolving	circulation,	but	they	treated	a	sequence	of	decadal	averaged	transport	operators	as	

if	they	were	steady-state	circulations	frozen	in	time	and	computed	the	ventilation	patterns	

for	each	decade.	

Under	ongoing	climate	warming,	of	the	total	ocean	volume,	2.1%	less	originates	from	

the	high	latitudes	(AABW	and	NADW	formation	regions)	due	to	the	slowdown	of	the	global	

overturning	 circulation.	 In	 compensation,	 2.2%	more	water	 originates	 from	 subantarctic	

regions.	 This	 indicates	 that	 the	 stronger	 upwelling	 in	 the	 Antarctic	 Divergence	 zone	 is	
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balanced	by	stronger	downwelling	in	the	subtropical	gyres	(Fig.	3.1D).	The	fractions	of	the	

ocean	ventilated	in	the	future	depend	on	the	post-2300	circulation.	The	most	conspicuous	

signal	 of	 the	 changes	 in	 future	 ventilation	 patterns	 is	 in	 the	 Southern	 Ocean,	 with	 the	

strongest	upwelling	zone.	In	the	scenario	that	the	circulation	persists	forever	after	the	year	

2300	 (scenario	 1)	 of	 the	 total	 ocean	 volume,	 16.2%	 more	 of	 the	 year-1850	 water	 will	

eventually	 ventilate	 in	 the	 Southern	 Ocean	 than	 the	 scenario	with	 post-2300	 circulation	

abruptly	returning	to	its	1850-state	(scenario	2).	Of	the	total	ocean	volume	of	the	year-2290	

water,	15.1%	more	will	eventually	ventilate	in	the	Southern	Ocean	in	scenario	1	compared	

to	scenario	2.	

The	 ventilation	 timescales	 are	 also	 subject	 to	 climate	 change.	 We	 found	 that	 the	

slowing	of	overturning	circulation	leads	to	an	increase	of	the	global-averaged	mean	age	by	

17.2%	(110	years)	from	1850	to	2300.	In	contrast,	using	Holzer	et	al.	(2020)’s	approximation	

which	treated	a	sequence	of	decadal	averaged	transport	operators	as	if	they	were	steady-

state	circulations	frozen	in	time,	we	find	that	the	global-averaged	mean	age	increases	from	

~670	years	to	1172	years.	This	indicates	that	the	Holzer	et	al.	(2020)	approximation	greatly	

overestimated	the	 impacts	of	slowing	overturning	circulation	on	the	mean	age.	The	time-

evolving	 circulation,	 along	 with	 the	 future	 circulation	 recovery	 trajectories,	 have	 large	

impacts	 on	 the	 global-averaged	 mean	 first-passage	 time.	 The	 Holzer	 et	 al.	 (2020)	

approximation	did	not	consider	the	multiple	potential	circulation	recovery	trajectories	after	

year	2300.	In	our	study,	we	considered	two	circulation	recovery	scenarios	after	year	2300.	

In	scenario	1	which	the	circulation	at	year	2300	persists	infinitely,	the	global-averaged	mean	

first-passage	 time	 increases	 from	 ~1140	 years	 to	 ~1340	 years	 from	 1850	 to	 2300.	 In	

scenario	2	which	the	circulation	at	year	2300	abruptly	recovers	to	its	year-1850	state,	the	
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global-averaged	 mean	 first-passage	 time	 decreases	 from	 ~740	 years	 to	 ~650	 years.	

Therefore,	to	better	estimate	the	mean	first-passage	time,	we	need	to	extend	the	model	runs	

further	into	the	far	future	(Frölicher	et	al,	2020;	Schmittner	et	al.,	2008).	Without	extending	

the	simulation	into	the	far	future,	we	can	only	discuss	the	short	time	part	of	the	first-passage	

time	distribution	because	the	mean	of	the	whole	distribution	would	not	be	available.		

The	 increase	 in	water	mean	 age	 allows	more	nutrients	 to	 accumulate	 in	 the	deep	

ocean	before	its	returning	back	to	the	surface,	leading	to	the	decline	of	export	productivity	

(Moore	et	al.,	2018).	Additionally,	the	increase	in	the	mean	age	also	allows	more	time	for	

exported	biogenic	 carbon	 to	 accumulate	 at	 depth,	 sequestering	more	 carbon	 in	 the	deep	

ocean	 by	 the	 biological	 pump	 (Liu	 et	 al.,	 2023)	 and	 potentially	 causing	 deoxygenation	

(Gnanadesikan	 et	 al.,	 2007).	 However,	 the	mean	 first-passage	 time	 (Primeau,	 2005)	 has	

received	 much	 less	 attention,	 but	 it	 is	 an	 equally	 important	 characteristic	 of	 ocean	

ventilation.	It	sheds	light	on	the	efficiency	of	the	biological	carbon	pump	by	characterizing	

how	 long	 carbon	 exported	 to	 the	 deep	 ocean	will	 remain	 isolated	 from	 the	 atmosphere	

(DeVries	et	al.,	2012).	Similarly,	the	time-evolving	mean	first-passage	time	provides	a	useful	

diagnostic	for	the	long-term	efficacy	of	carbon	dioxide	removal	(CDR)	strategies	that	aim	to	

sequester	carbon	into	the	deep	ocean	(Siegel	et	al.,	2021).	

Several	 caveats	 apply	 to	 our	 study.	 First,	 our	 offline	model	 is	 developed	 from	 the	

CESMv1	circulation,	which	underestimates	the	strength	of	the	SMOC	(Liu	et	al.,	2023).	In	the	

offline	model,	we	neglect	the	seasonal	variabilities	of	the	circulation,	which	could	affect	the	

mean	age	and	mean	first-passage	time.	Secondly,	the	circulation	recovery	trajectories	after	

2300	 are	 highly	 uncertain,	 and	we	 considered	 only	 two	 extreme	 scenarios.	 This	 limited	
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exploration	 of	 possible	 future	 scenarios	 adds	 additional	 uncertainty	 to	 our	 mean	 first-

passage	time	and	ventilation	patterns	diagnostics.	Finally,	our	study	focused	on	one	specific	

high-end	climate	scenario;	other	scenarios	should	be	considered	in	future	work.		
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Chapter	4:	Long-term	responses	of	the	ocean	carbon	sink		

driven	by	multiple	interacting	ocean	processes	

	

Abstract	

Ocean	 uptake	 of	 atmospheric	 CO2	 results	 from	 complex	 interactions	 between	

biological	and	physical	processes.	However,	the	impacts	of	each	ocean	process	on	the	ocean	

carbon	 sink	 remains	unclear.	This	 study	utilizes	 a	 linear	 inverse	phosphorus	 and	 carbon	

cycling	model	to	assess	the	relative	contribution	of	various	mechanisms	to	the	global	ocean	

carbon	 sink	 from	 1850	 to	 2300	 under	 a	 business-as-usual	 warming	 scenario	 (RCP8.5-

ECP8.5).	Sensitivity	experiments	are	conducted	to	estimate	the	natural	and	anthropogenic	

components	of	ocean	carbon	uptake	for	multiple	mechanisms.	Rising	atmospheric	CO2	is	the	

primary	driver	of	anthropogenic	carbon	uptake,	whereas	increasing	temperature	leads	to	

natural	 carbon	 outgassing.	 The	 impact	 of	 time-evolving	 circulation	 on	 natural	 and	

anthropogenic	carbon	largely	offset	each	other,	but	considering	the	biological	processes	that	

vary	 with	 circulation,	 the	 ocean	 carbon	 sink	 is	 reduced	 by	 about	 580	 PgC	 from	 2100	

onwards,	 potentially	 resulting	 in	 an	 extra	 280	 ppm	 increase	 in	 atmospheric	 CO2	

concentration	 compared	 with	 constant	 biological	 export	 production.	 Rising	 sea	 surface	

temperature	plays	a	secondary	role,	leading	to	an	extra	96	ppm	increase	of	atmospheric	CO2.	

Changes	 in	 piston	 velocity	 have	 a	minimal	 impact	 on	 the	 ocean	 carbon	 sink.	 This	 study	

provides	 insights	 into	predicting	 the	 future	of	 the	global	 carbon	cycle	and	 its	 impacts	on	

climate.	
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Introduction	

The	 ocean	 absorbs	 approximately	 25%	 of	 anthropogenic	 CO2	 emissions	 annually	

(Ciais	 et	 al.,	 2013;	 Friedlingstein	 et	 al.,	 2022).	 Because	 ocean	 carbon	 uptake	 occurs	 on	

millennia-scale	 timescales,	understanding	 long-term	changes	 in	 the	ocean	carbon	cycle	 is	

critical	 for	predicting	the	long-term	evolution	of	the	climate	system	(Plattner	et	al.,	2008;	

Zickfeld	et	al.,	2013).		

Climate	 change	 reduces	 oceanic	 CO2	 uptake	 from	 the	 atmosphere,	 increasing	 CO2	

concentration	in	the	atmosphere	and	causing	further	warming	(Friedlingstein	et	al.,	2006;	

Randerson	et	al.,	2015).	Global	ocean	carbon	uptake	is	driven	by	rising	atmospheric	CO2	in	

the	first	order,	but	it	is	also	significantly	modulated	by	multiple	ocean	processes	(e.g.	Ito	et	

al.,	 2015;	 Bernardello	 et	 al.,	 2014).	 Typically,	 all	 extra	 carbon	 the	 ocean	 absorbs	 from	

atmosphere	is	referred	to	as	anthropogenic	carbon	because	it	is	driven	by	human	induced	

CO2	 emissions.	The	assumption	of	 this	 interpretation	 is	 that	 the	natural	atmospheric	and	

ocean	 carbon	 pools	 do	 not	 significantly	 change	 (Sabine	 et	 al.,	 2004;	 Gruber	 et	 al.,	 2019;	

Khatiwala	 et	 al.,	 2009).	 However,	 state-of-the-art	 models	 agree	 that	 natural	 carbon	 is	

outgassing	as	climate	warms	(Fu	et	al.,	2022;	Holzer	and	DeVries,	2022),	which	indicates	that	

the	 understanding	 the	 partitioning	 between	 natural	 and	 anthropogenic	 carbon	 uptake	 is	

necessary	to	understand	the	total	ocean	carbon	sink.	

Previous	studies	have	suggested	that	temperature-driven	feedback	is	the	dominant	

mechanism	affecting	the	ocean	carbon	sink.	As	the	climate	warms,	the	solubility	of	CO2	in	the	

ocean	 decreases,	 which	 in	 turn	 reduces	 ocean	 carbon	 uptake	 and	 further	 increases	

atmospheric	CO2	(Joos	et	al.,	1999;	Plattner	et	al.,	2001;	Matsumoto	et	al.,	2010).	However,	
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the	impacts	of	varying	ocean	circulation	on	the	ocean	carbon	sink	is	still	under	debate.	Some	

studies	have	found	that	changes	in	ocean	circulation	primarily	reduce	ocean	carbon	uptake	

by	inhibiting	the	mixing	of	anthropogenic	carbon	into	the	deep	ocean	(Sarmiento	et	al.,	1998;	

Matear	and	Hirst,	1999).	These	studies	often	assume	that	the	strength	of	the	biological	pump	

remains	constant	and	do	not	account	for		any	climate-driven	changes.	Ridge	and	McKinley	

(2021)	employed	a	1D	conceptual	diffusive	model	to	quantify	the	relative	contributions	of	

individual	mechanisms	and	concluded	that	circulation	changes	have	a	negligible	effect	on	

anthropogenic	ocean	carbon	uptake	under	moderate	and	high-end	warming	scenarios.		

In	 contrary,	 Zickfeld	 et	 al.	 (2008)	 argued,	 based	 on	 an	 earth	 system	 model	 of	

intermediate	complexity,	that	the	reduction	in	ocean	carbon	uptake	is	largely	due	to	a	decline	

in	 the	marine	export	of	organic	particulate	matter,	emphasizing	 the	need	 to	consider	 the	

changing	role	of	biological	pumps.	Yamamoto	et	al.	(2018)	argued	that	varying	circulation	

has	only	a	minor	direct	role	in	the	reduction	of	CO2	uptake	when	the	decline	in	the	biological	

export	production	 is	considered	under	 the	scenario	 that	CO2	 levels	 increase	1%	per	year	

from	preindustrial	 levels	until	they	reach	four	times	those	levels.	Liu	et	al.	(2023)	argued	

that	a	slowing	overturning	circulation	would	reduce	the	total	ocean	carbon	sink,	based	on	

comprehensive	analysis	of	both	ocean	carbon	pumps	in	the	CMIP6	climate	projections.	

No	previous	studies	have	separated	the	contributions	of	 individual	mechanisms	to	

natural	and	anthropogenic	carbon	cycling	under	the	“business-as-usual”	scenario	extending	

into	 the	year	2300.	Here	we	use	an	offline,	 inverse	model	 to	quantify	 the	 impacts	of	key	

processes	 on	 ocean	 carbon	 uptake	 using	 time-varying	 physical	 state	 and	 circulation	

extracted	from	the	Community	Earth	System	Model	(CESM)	ECP8.5-ECP8.5	simulation.	The	
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extracted	 circulation	 is	 combined	 with	 a	 simplified	 inverse	 biogeochemical	 model	 to	

simulate	the	ocean	biological	pump	and	carbon	cycling.	In	the	combined	model,	each	process	

can	 be	 held	 at	 preindustrial	 values	 or	 to	 change	 through	 time,	 allowing	 for	 quantitative	

assessment	of	the	role	of	each	process	in	total	ocean	carbon	uptake.		

The	remainder	of	this	paper	is	organized	as	follows:	Section	2	outlines	the	model	and	

experimental	design.	Sections	3.1	and	3.2	show	the	global	map	of	natural	and	anthropogenic	

carbon	uptake,	as	well	as	the	model's	physical	and	biological	diagnostics.	Section	3.3	focuses	

on	the	individual	mechanisms	affecting	global	ocean	carbon	uptake.	Section	3.4	investigates	

the	 impacts	of	 time-evolving	circulation	on	both	natural	and	anthropogenic	carbon	cycle.	

Section	 3.5	 investigates	 the	 role	 of	 changing	 biological	 export	 both	 natural	 and	

anthropogenic	carbon	cycle.	Finally,	Section	4	summarizes	main	findings	of	this	study	and	

discusses	future	implications	of	these	findings	on	climate	predictions.	
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2.	Methods	

2.1	Data		

Observational	 concentrations	 of	 dissolved	 inorganic	 phosphorus	 (DIP),	 dissolved	

inorganic	 carbon	 (DIC),	 and	 ALK	 are	 downloaded	 from	 the	 Global	 Ocean	 Data	 Analysis	

Project	website	-	the	second	version	(GLODAPv2)	(Lauvset	et	al.,	2022).	The	data	are	then	

binned	 into	 the	 Community	 Earth	 System	 Model	 (CESMv1)	 grid	 that	 has	 a	 horizontal	

resolution	of	1F × 1F	and	vertically	60	layers	with	finer	resolution	in	the	upper	ocean	and	

coarser	 resolution	 in	 the	 deep	 ocean.	 The	 NPP	 product,	 carbon-based	 net	 primary	

production	from	Sea-viewing	Wide	Field-of-view	Sensor	(SeaWiFS	CbPM	averaged	from	Sep.	

1997	 to	 Dec.	 2010),	 	 is	 from	 the	 Ocean	 Productivity	 website	 managed	 by	 Oregon	 State	

University	 (http://orca.science.oregonstate.edu/npp_products.php)	 and	 is	 then	

interpolated	to	the	CESMv1	grid.	The	annual	temperature,	salinity,	phosphorus	and	silicate	

are	 from	 CESMv1	 outputs.	 The	 annual	 transport	 operators	 are	 also	 constructed	 from	

CESMv1	 velocity	 and	 diffusivity	 coefficients	 (see	 Liu	 et	 al.,	 2023	 for	 details).	 The	

climatological	 ocean	 phosphorus	 is	 from	 World	 Ocean	 Atlas	 2018	 (Garcia	 et	 al.,	 2019;	

Locarnini,	2018).			

	

2.2	Biogeochemical	Inverse	Model	

The	model	couples	 the	cycling	of	phosphorus	(P)	and	carbon	(C).	The	phosphorus	

model	is	the	base	model	that	provides	a	biological	uptake	rate	(𝐿(𝐫),	where	r	is	a	position	

coordinate)	in	P	units,	which	is	then	converted	to	a	DIC	uptake	rate	in	the	carbon	model	by	
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incorporating	a	variable	C:P	ratio	(𝑟.:G).	 In	 the	P-cycle	model,	 the	DIP	assimilation	rate	 is	

modeled	using	a	spatial	pattern	obtained	from	satellite-derived	NPP	(mg	C	m-2	day-1)	and	a	

gridded	surface	DIP	climatology	as	follows	

𝐿(𝒓) ≡ � 𝛼
[ $
%&:(

)(((𝒓)
)((-

].

[01(]345(𝒓)
[01(]-

, 𝑖𝑓	𝑧 < 𝑧J

																		0,													𝑜𝑡ℎ𝑒𝑟𝑤𝑖𝑠𝑒
																				(1)	

where	NPP0	 and	 [DIP]0	 are	 1	mmol	C	m-2	 day-1	 and	1	𝜇M	 that	 are	 functioned	 to	 remove	

dimensions	 of	 NPP	 and	 DIP.	𝛼 	and	𝛽 	are	 adjustable	 parameters	 that	 are	 constrained	 by	

observational	datasets.	𝑟.:G	is	C:P	ratio	that	is	used	to	convert	NPP	from	C	unit	to	P	unit,	and	

it	is	modeled	as	𝑟$:' = (0.006 + 0.0069[DIP]KL4)82	(Galbraith	and	Martiny,	2015).	𝑧	and	𝑧$ 	

are	water	depth	and	the	euphotic	zone	depth,	 respectively.	Photosynthesis	 is	assumed	to	

occur	only	in	the	euphotic	zone	and	to	be	zero	below.	The	euphotic	zone	is	defined	as	the	top	

ten	model	layers	(100	m).	

2.2.1	Phosphorus	model	

We	 consider	 three	 pools	 of	 phosphorus:	 dissolved	 inorganic	 phosphorus	 (DIP),	

dissolved	 organic	 phosphorus	 (DOP)	 and	 particle	 organic	 phosphorus	 (POP),	 whose	

concentrations	 are	 denoted	 as	 DIP,	 DOP	 and	 POP	 (mmol/m3).	 The	 biological	 production	

converts	 most	 DIP	 into	 POP	 directly,	 while	 a	 small	 portion	𝜎 	goes	 to	 DOP	 pool	 before	

remineralizing	back	 into	phosphate	at	a	constant	 rate.	The	remaining	production	1 − 𝜎	is	

allocated	to	sinking	POP.	The	advective-diffusive	transport	of	dissolved	tracers	is	computed	

using	annual	transport	operators	which	include	the	information	of	climate-driven	varying	

circulation.	The	particulate	tracer	POP	is	only	transported	vertically.			
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The	governing	equation	for	phosphorus	tracers	is:	
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where		𝐿(𝒓)	is	the	spatially	varying	rate	for	the	biological	uptake	rate	of	phosphate	(defined	

in	 equation	 (1)).	 The	 resulting	 spatial	 variations	 in	 the	 value	 of	 𝐿(𝒓) 	parameterize	

differences	 in	 biological	 production	 due	 to	 light	 density,	 grazing	 pressure,	 and	 the	

availability	of	nutrients	other	than	phosphate.	Note	that	𝐿(𝒓)	is	identically	equal	to	zero	in	

the	 aphotic	 zone	 (i.e.,	 deeper	 than	 100m).	𝑻(𝑡) ≡ ∇ ∙ [𝝁(𝑡) − 𝜿(𝑡) ∙ ∇] 	is	 the	 advection-

diffusion	transport	operator	subject	to	no-flux	boundary	conditions	at	the	surface	and	on	the	

basin	boundaries,	and	𝑆 ≡ ∇	 ⋅ (𝑤��⃗ [POP])	is	a	divergence	operator	representing	the	vertical	

transport	 of	 POP.	𝑤��⃗ 	is	 the	 sinking	 speed	 of	 POP	 and	 is	 directed	 downward.	𝑤��⃗ 	increases	

linearly	 with	 depth.	 The	 dissolution	 rate	 𝑘1 	is	 a	 vertically	 fixed	 constant	 so	 that	 the	

attenuation	 of	 the	 vertical	 flux	 of	 POP	 follows	 a	 powerlaw	 function , 𝐹(𝑧) = 𝐹(𝑧")(𝑧/

𝑧")8L ,	where	𝐹(𝑧) 	and	𝐹(𝑧") 	are	 fluxes	 at	 a	 depth	 of	𝑧 	and	𝑧" ,	 respectively.	 Here	𝑏 	is	 a	

constant	and	does	not	vary	with	temperature.	The	phosphorus	model	is	solved	forwardly	

from	its	preindustrial	state,	which	is	determined	as	the	DIP,	POP	and	DOP	field	solved	from	

the	steady-state	version	of	equation	(2).		
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2.2.2	Carbon	model	
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	 At	 each	 time	 step,	 the	 carbon	 cycling	 model	 is	 solved	 subsequently	 from	 the	

phosphorus	 model.	 In	 the	 carbon	 model,	 we	 consider	 five	 pools	 of	 carbon:	 dissolved	

inorganic	carbon	(DIC),	dissolved	organic	carbon	(DOC),	particulate	organic	carbon	(POC),	

particulate	inorganic	carbon	(PIC)	and	alkalinity	(ALK).	The	DIP	assimilation	rate	(𝛾[DIP])	is	

denoted	using	𝐆	for	simplicity	and	is	converted	to	DIC	assimilation	rate	by	multiplying	a	C:P	

ratio	 (𝑟.:G)	 that	 is	allowed	 to	vary	spatially	according	 to	 the	modelled	DIP	concentration,		

𝑟.:G = (𝑐𝑐[DIP] + 𝑑𝑑)82 ,	 where	𝑐𝑐 	and	𝑑𝑑	are	 estimated	 as	 part	 of	 the	 optimization.	 The	

fraction,	𝜎,	of	the	organic	carbon	production	allocated	to	POC	and	DOC	pools	is	estimated	as	

part	of	the	inversion	and	does	not	need	to	be	the	same	as	the	fraction	𝜎'	allocated	to	the	POP	

and	DOP	pools.	The	downward	transport	of	POC	is	modeled	using	a	flux	divergence	operator	

( 𝐒G0. ),	 which	 is	 formulated	 in	 the	 same	 way	 as	 the	 POP	 sinking	 flux-divergence	

operator, 	𝐒G0G,	with	independent	adjustable	parameters	𝑏$N 	and	𝑏$ 	that	are	determined	as	

part	of	the	inversion	(Table	1).	Unlike	DIP,	DIC	is	also	subject	to	sea-to-air	CO2	exchange	at	

the	surface.	This	gas	exchange	is	modeled	according	to	the	method	used	for	phase	2	of	the	

Ocean	 Carbon-Cycle	 Model	 Intercomparison	 Project	 (OCMIP-2).	 In	 addition,	 freshwater	

precipitation	 and	 evaporation	 can	 significantly	 impact	 surface	 ocean	 DIC	 and	 ALK	

concentrations.	 Precipitation	 will	 dilute,	 while	 evaporation	 will	 concentrate	 their	

concentrations.	A	virtual	 flux	according	 to	OCMIP-2	 is	 applied	 to	model	 for	 the	effects	of	

precipitation	and	evaporation	on	DIC	and	ALK	(𝑭OPQ$[DIC]4	and	𝑭ORST[ALK]4,	where	[DIC]s	

and	 [ALK]s	 are	 the	 mean	 surface-ocean	 concentrations	 of	 DIC	 and	 ALK,	 respectively).	

Production	 of	 PIC	 is	 modeled	 to	 be	 proportional	 to	 the	 production	 of	 POC	 using	 two	

adjustable	parameters	𝑟U9 	and	𝑟VV 	that	are	estimated	by	the	optimization.	The	parameter	𝑟U9 	
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adjusts	PIC	production	according	to	silicate	concentration	in	the	surface	ocean	in	linear	form	

(𝑅VV = 𝑟U9[SiO!38] + 𝑟VV).		

	 The	downward	transport	of	PIC	is	modeled	using	a	flux	divergence	operator	(𝐅GW.),	

which	 generates	 a	 PIC	 flux	 profile	 that	 follows	 an	 exponential	 function	 𝐅GW.(𝑧) 	=

	𝐹"exp	((𝑧 − 𝑧")/𝑑),	where	𝑑	is	PIC	dissolution	length	scale	whose	value	is	estimated	as	part	

of	the	optimization	(Table	1).	Every	mole	of	PIC	production	consumes	two	moles	of	ALK.	In	

contrast,	the	dissolution	of	one	mole	of	PIC	releases	two	mols	of	ALK.	From	the	perspective	

of	carbon,	photosynthesis	and	remineralization	of	organic	matter	do	not	change	alkalinity.	

However,	in	photosynthesis	and	demineralization,	chemical	forms	of	nitrogen	change,	which	

influences	alkalinity	so	that	a	mole	of	organic	carbon	production	increases	alkalinity	by	𝑟X:.	

moles,	while	a	mole	of	organic	carbon	remineralization	decreases	alkalinity	by	𝑟X:.	moles.	

The	governing	equation	for	carbon	tracers	is:		
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−2𝑘1𝐼

0
0
0
0

𝑻(𝑡) + 𝑘,𝐼⎦
⎥
⎥
⎥
⎤

⎣
⎢
⎢
⎢
⎡
𝐷𝐼𝐶
𝑃𝑂𝐶
𝐷𝑂𝐶
𝑃𝐼𝐶
𝐴𝐿𝐾⎦

⎥
⎥
⎥
⎤
=

⎣
⎢
⎢
⎢
⎢
⎡−
(𝐼 + (1 − 𝜎)𝑅)(𝐺 ∙ 𝑟$:') + 𝐅OYW.[DIC]4

(1 − 𝜎)(𝐺 ∙ 𝑟$:')
𝜎𝐺 ∙ 𝑟$:'
𝑅 ∙ 𝐺 ∙ 𝑟$:'

𝑘,𝐴𝐿𝐾������ − 𝐅ORST[ALK]4 ⎦
⎥
⎥
⎥
⎥
⎤

						(4)	

Similarly,	the	carbon	model	is	also	solved	forwardly	and	its	initial	condition	is	the	steady-

state	solution	of	equation	(5).	
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⎣
⎢
⎢
⎢
⎡𝑻(1850) − 𝐽,

0
0
0
0

0
𝑆 − 𝑘1𝐼
−𝑘1𝐼
0
0

−𝑘M𝐼
0

𝑇 − 𝑘M
0
0

−𝑘1𝐼
0
0

𝑆 + 𝑘1𝐼
−2𝑘1𝐼

0
0
0
0

𝑻(1850) + 𝑘,𝐼⎦
⎥
⎥
⎥
⎤

⎣
⎢
⎢
⎢
⎡
𝐷𝐼𝐶
𝑃𝑂𝐶
𝐷𝑂𝐶
𝑃𝐼𝐶
𝐴𝐿𝐾⎦

⎥
⎥
⎥
⎤
=

⎣
⎢
⎢
⎢
⎡
−(1 + 𝑟)𝐺
(1 − 𝜎)𝐺
𝜎𝐺
𝑟𝐺

𝑘,𝐴𝐿𝐾������ ⎦
⎥
⎥
⎥
⎤

								(5)	

The	values	of	all	parameters	in	the	phosphorus	and	carbon	model	are	listed	in	Table	4.1.
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Table	4.1.	The	optimal	model	parameters.	The	definitions	of	the	parameters	are	presented	

in	the	Methods	section.		

Parameters	 Values	 Units	
𝜎	 1.2954 × 1082!	 Unitless	

𝑄2"'	 2.3433	 Unitless	
𝑘M𝑃	 3.4422 × 108D	 s82	
𝑏𝑃_𝑇	 1.1347	 Unitless	
𝑏𝑃	 0.1419	 Unitless	
𝛼	 9.1742 × 108D	 s82	
𝛽	 0.1193	 Unitless	

𝑏𝐶_𝑇	 1.4151	 Unitless	
𝑏𝐶	 0.0023	 Unitless	
𝑑	 4280	 m	

𝑄2"$ 	 1.4560	 Unitless	
𝑘𝑑𝐶	 6.2877 × 108D	 s82	
𝑟U9 	 0.1627	 L		µM-1	
𝑟VV 	 0.0180	 Unitless	
𝑐𝑐	 1.7075 × 108!	 L		µM-1	
𝑑𝑑	 0.0056	 Unitless	

	

2.3	Sensitivity	Experiments	

To	investigate	the	relative	contribution	of	individual	mechanisms	to	the	global	ocean	

carbon	 sink	 and	 its	 natural	 and	 anthropogenic	 components,	 two	 groups	 of	 sensitivity	

experiments	were	conducted	(Table	4.2).	Group	A	is	designed	to	explore	the	role	of	each	

mechanism	in	the	natural	carbon	cycle,	with	atmospheric	CO2	concentration	held	constant	

at	preindustrial	values.	Experiment	A1	serves	as	the	control	experiment,	with	all	variables	

set	to	preindustrial	values.	Experiment	A2	examines	the	effects	of	varying	circulation,	with	

the	difference	between	A2	and	A1	representing	the	role	of	circulation	changes	in	the	natural	

carbon	cycle.	The	experiment	A3	quantifies	the	role	of	varying	biology,	with	the	difference	

between	 A3	 and	 A2	 representing	 the	 impact	 of	 varying	 biological	 processes	 on	 natural	

carbon	uptake.	The	experiment	A4	evaluates	the	role	of	increasing	sea	surface	temperature	
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in	natural	carbon	uptake,	with	the	difference	between	A4	and	A3	reflecting	the	 impact	of	

temperature	on	the	natural	carbon	cycle.	Finally,	the	experiment	A5	is	a	full	natural	carbon	

run,	with	 the	difference	between	A5	and	A4	 representing	 the	 role	of	 varying	 air-sea	CO2	

exchange	rate	on	natural	carbon	uptake.	

Group	 B	 focuses	 on	 understanding	 the	 role	 of	 individual	mechanisms	 in	 the	 total	

ocean	 carbon	 sink,	 with	 atmospheric	 CO2	 concentrations	 following	 the	 prescribed	

trajectories	under	the	RCP8.5-ECP8.5	climate	scenario.	The	difference	between	experiment	

B1	and	A1	examines	the	effects	of	rising	atmospheric	CO2,	but	with	no	radiative	feedback	in	

the	 model.	 The	 experiment	 B2	 allows	 ocean	 circulation	 to	 change	 with	 time,	 with	 the	

difference	between	B2	and	B1	representing	the	role	of	changing	circulation	in	total	ocean	

carbon	uptake.	The	experiment	B3	quantifies	the	impact	of	varying	biology	on	total	ocean	

carbon	uptake,	with	the	difference	between	B3	and	B2	representing	the	role	of	biological	

processes	in	the	total	carbon	sink.	The	experiment	B4	assesses	the	impact	of	increasing	sea	

surface	temperature	on	total	ocean	carbon	uptake,	with	the	difference	between	B4	and	B3	

reflecting	the	role	of	temperature	in	the	total	carbon	sink.	Finally,	the	experiment	B5	is	a	full	

climate	 run,	with	 the	difference	between	B5	and	B4	 representing	 the	 role	of	wind	 speed	

driven	changes	of	air-sea	CO2	exchange	rate	in	the	total	carbon	sink.	
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Table	4.2.	The	configuration	of	sensitivity	tests.	The	mark	“√”	means	this	variable	changes	

with	climate	warming,	and	“×”	means	it	is	fixed	at	the	levels	of	preindustrial	times.	

	 Experiments	 pCO2atm	
Circulati

on	
Biology	

SS

T	

Piston	

velocity	

A1	 Control	 ×	 ×	 ×	 ×	 ×	

A2	 Circulation	 ×	 √	 ×	 ×	 ×	

A3	 Circulation	and	biology	 ×	 √	 √	 ×	 ×	

A4	 Circulation,	biology	and	SST	 ×	 √	 √	 √	 ×	

A5	 Full	nat	 ×	 √	 √	 √	 √	

B1	 pCO2atm	 √	 ×	 ×	 ×	 ×	

B2	 pCO2atm	and	circulation	 √	 √	 ×	 ×	 ×	

B3	
pCO2atm,	circulation	and	

biology	
√	 √	 √	 ×	 ×	

B4	
pCO2atm,	circulation,	biology	

and	SST	
√	 √	 √	 √	 ×	

B5	 Full	climate	 √	 √	 √	 √	 √	
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3.	Results	

3.1	Ocean	carbon	uptake	from	the	BGC	model	

Fig.	 4.1	 shows	 global	maps	 of	 air-sea	 CO2	 flux	 and	 its	 natural	 and	 anthropogenic	

components	 from	 the	 preindustrial	 to	 year	 2300.	 The	 contemporary	 global	 air-sea	 flux	

pattern	 is	 comparable	 to	 that	 of	 corresponding	 simulations	 in	 other	 Coupled	 Model	

Intercomparison	Project6	(CMIP6)	models	and	reconstructions	from	the	observational	pCO2	

dataset	(Fig.	4.1A)	(Landschutzer	et	al.,	2014;	Takahashi	et	al.,	2009;	Gloege	et	al.,	2021).	The	

equatorial	upwelling	zone	acts	as	a	natural	carbon	source	to	the	atmosphere,	while	the	North	

Atlantic	 serves	 as	 a	 significant	 carbon	 sink	 (Fig.	 4.1D).	 However,	 there	 are	 some	

discrepancies	 between	 our	 model	 and	 observational-based	 CO2	 flux	 estimates	 in	 the	

Southern	 Ocean,	 where	 our	 model	 predicts	 a	 carbon	 sink,	 whereas	 observational	 data	

indicate	a	weak	carbon	source.	This	inconsistency	could	stem	from	the	coarse	resolution	of	

our	model,	which	inadequately	represents	the	Southern	Ocean's	westerly	winds	and	deep	

convection.	

As	 anthropogenic	 CO2	 emissions	 increase,	 the	 globally	 integrated	 air-sea	 CO2	 flux	

gradually	rises,	indicating	that	the	ocean	absorbs	more	CO2	from	the	atmosphere	until	about	

the	year	2100.	At	the	end	of	the	twenty-first	century,	the	global	air-sea	CO2	flux	reaches	the	

maximum	 of	 approximately	 5.5	 PgC/yr,	 consistent	 with	 previous	 estimates	 from	 earth	

system	models	(Randerson	et	al.,	2015).	After	the	year	2100,	the	ocean	continues	to	serve	as	

a	 significant	 carbon	 sink,	 but	 it	 absorbs	 less	 CO2	 from	 the	 atmosphere.	 This	 is	 due	 to	

decreasing	CO2	emissions	(Fig.	4.2),	as	previous	studies	have	demonstrated	that	the	ocean's	

ability	to	sequester	carbon	is	dependent	on	CO2	emission	trajectories	(McKinley	et	al.,	2023).	



 

101 
 

Nevertheless,	not	all	the	changes	in	the	carbon	sink	can	be	attributed	to	extra	human-

induced	carbon	emissions,	as	the	natural	carbon	cycle	also	plays	a	crucial	role	in	regulating	

the	ocean	carbon	sink.	Fig.	4.1	illustrates	that	the	outgassing	of	natural	carbon,	especially	in	

the	Southern	Ocean,	intensifies	with	warming,	resulting	in	reduced	natural	carbon	storage	

in	the	ocean.	This	is	balanced	by	strong	uptake	of	anthrophonic	CO2	(Fig.	4.1).	

	 In	a	sum,	the	rising	atmospheric	CO2	is	the	primary	driver	of	the	ocean	carbon	sink,	

and	the	ocean's	capacity	to	sequester	carbon	from	the	atmosphere	follows	carbon	emission	

trajectories.	In	a	warming	world,	natural	carbon	outgassing	intensifies,	but	this	is	more	than	

offset	by	the	large	uptake	of	anthropogenic	CO2.		
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Figure	4.1.	Global	map	and	time	series	of	air-sea	CO2	flux.	Panels	A-C,	D-F,	and	G-I	show	the	
global	distribution	of	 the	total,	natural,	and	anthropogenic	components	of	 the	air-sea	CO2	
flux	for	the	decades	of	1990	(A,	D,	G),	2090	(B,	E,	H),	and	2290	(C,	F,	I),	respectively	(unit:	
mol/m2/yr).	Panel	G	shows	the	time	series	of	air-sea	CO2	flux	for	total	carbon	(black	line),	
natural	carbon	(red	line),	and	anthropogenic	carbon	(blue	line)	(unit:	PgC/yr).	
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3.2	Multicentury	changes	of	physical	and	biological	variables	

Various	factors	affect	the	air-sea	CO2	flux,	including	atmospheric	CO2	concentration,	

sea	surface	temperature,	ocean	circulation,	and	the	exchange	rate	between	the	ocean	surface	

and	the	atmosphere.	The	prescribed	atmospheric	CO2	concentration	rises	from	284	ppm	in	

the	 preindustrial	 era	 to	 1960	 ppm	 in	 the	 2250s	 under	 the	 business-as-usual	 warming	

scenario	(i.e.,	RCP8.5-ECP8.5)	and	then	stabilizes	(Fig.	4.2A).	The	atmospheric	CO2	increases	

faster	before	2100	and	more	slowly	after	that	(Fig.	4.2B),	consistent	with	the	trajectories	of	

carbon	emission	rates.	

A	warming	 and	more	 stratified	ocean	 causes	 the	 global	 overturning	 circulation	 to	

slow	 down	 from	 preindustrial	 to	 year	 2300.	 By	 year	 2300,	 the	 Atlantic	 Meridional	

Overturning	Circulation	(AMOC)	weakens	to	only	5	Sv,	and	the	Southern	Ocean	Meridional	

Overturning	Circulation	(SMOC)	completely	shuts	down	(Fig.	4.2C-4.2E).	Most	of	the	changes	

occur	after	the	year	2100,	emphasizing	the	need	to	extend	the	study	to	the	year	2300	(Moore	

et	al.,	2018).	The	sea	surface	temperature	continues	to	rise,	but	the	magnitude	of	the	increase	

varies	across	the	global	ocean.	The	mean	atmospheric	surface	temperature	increase	in	2300	

is	approximately	9.6°C	higher	than	preindustrial	levels.		Warming	surface	waters	reduce	the	

solubility	of	CO2	in	seawater	(Fig.	4.2F-4.2H,	Moore	et	al.,	2018).	Global	wind	patterns	also	

shift	significantly	in	a	warming	climate.	The	Southern	Ocean	westerly	winds	intensify	and	

move	southward,	with	the	potential	to	impact	the	natural	carbon	cycle	and	the	air-sea	CO2	

exchange	rates.		

In	 summary,	multiple	 factors	 influence	 the	air-sea	CO2	 flux,	 including	atmospheric	

CO2	concentration,	sea	surface	temperature,	ocean	circulation,	and	exchange	rate	between	
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the	 ocean	 surface	 and	 the	 atmosphere.	 These	 variable	 factors	 interact	 with	 each	 other,	

resulting	in	changes	in	the	air-sea	CO2	flux.	It	is	essential	to	understand	these	changes	and	

how	 they	 affect	 the	 ocean	 carbon	 sink	 to	 predict	 the	 future	 global	 carbon	 cycle	 and	 its	

impacts	on	climate.		
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Figure	 4.2.	 Global	 annual	 mean	 diagnostics	 from	 CESMv1.	 Panels	 A	 and	 B	 display	 the	
atmospheric	pCO2	 (unit:	ppm)	and	 its	annual	 increase	(unit:	ppm/yr)	 from	1850	to	2300	
under	 the	 RCP8.5-ECP8.5	 scenario.	 The	 third	 row	 shows	 the	 streamfunction:	 C)	 for	 the	
decade	of	1850,	D)	the	difference	between	2090	and	1850,	and	E)	the	difference	between	
2290	and	1850	(unit:	Sv).	The	fourth	row	displays	sea	surface	temperature	(SST),	F)	for	the	
decade	of	1850,	G)	the	difference	between	2090	and	1850,	and	H)	the	difference	between	
2290	and	1850	(unit:	oC).	The	final	row	presents	the	piston	velocity,	I)	for	the	decade	of	1850,	
J)	 the	difference	between	2090	and	1850,	and	K)	 the	difference	between	2290	and	1850	
(unit:	x10-4	m/s).	

	

Understanding	the	Impact	of	Individual	Mechanisms	on	Air-Sea	CO2	Flux	

Ocean	processes	play	a	crucial	role	in	regulating	the	ocean	carbon	sink	by	influencing	

both	 the	 natural	 and	 anthropogenic	 carbon	 cycles.	 In	 this	 section,	 we	 delve	 into	 the	

mechanisms	 that	 control	 the	 total	 ocean	 carbon	 sink	 and	 its	 natural	 and	 anthropogenic	

components.	

Fig.	 4.3	 shows	 the	 time	 series	 of	 total	 carbon	 fluxes	 at	 the	 sea	 surface,	 including	

anthropogenic	and	natural	contributions.	The	ocean's	capacity	to	absorb	carbon	from	the	

atmosphere	peaks	at	approximately	5.5	PgC/yr	by	2100	and	gradually	declines	thereafter	

(Fig.	4.3A).	This	decline	is	mainly	attributed	to	reduced	CO2	emissions	into	the	atmosphere	

(Fig.	 4.2B).	 In	 the	 absence	 of	 radiative	 feedback,	 the	 ocean	 sequesters	 a	 maximum	 of	

approximately	8	PgC/yr	carbon	till	2100	and	subsequently	decreases	to	4.5	PgC/yr	in	2300	

(Fig.	4.3A,	black	line).	However,	when	all	feedbacks	are	included,	the	ocean	carbon	sink	peaks	

at	5.5	PgC/yr	 in	2100	(Fig.	4.3A,	pink	 line).	This	 indicates	 that	 climate-driven	changes	 in	

ocean	processes	will	lead	to	a	reduction	of	approximately	2.5	PgC/yr	in	carbon	uptake	from	

the	 atmosphere	 by	 2100.	 Integrating	 until	 2300,	 the	 climate-driven	 changes	 in	 ocean	
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processes	will	result	 in	about	750	PgC	 less	stored	 in	the	ocean,	which	 is	equivalent	to	an	

extra	360	ppm	increase	in	atmospheric	CO2	(Fig.	4.3B).	

	 We	 further	 investigate	 the	 impacts	 of	 each	 individual	 mechanism	 on	 air-sea	 CO2	

uptake	from	the	preindustrial	era	to	2300.	The	negligible	difference	between	the	black	and	

red	lines	in	Fig.	4.3A	indicates	that	circulation	changes	alone	do	not	have	a	significant	effect	

on	 the	 ocean	 carbon	 sink.	 However,	 considering	 the	 biological	 processes	 that	 vary	 with	

circulation,	especially	including	the	declining	export	production	in	the	ocean,	will	reduce	the	

ocean	carbon	sink	and	result	in	an	extra	280	ppm	increase	in	atmospheric	CO2	concentration	

from	preindustrial	 to	year	2300.	This	 finding	aligns	with	the	CMIP6	analysis	that	slowing	

overturning	circulation	reduces	the	total	ocean	carbon	sink	(Liu	et	al.,	2023).	An	important	

advancement	from	previous	studies	is	the	realization	that	circulation	changes	alone	do	not	

significantly	alter	the	ocean	carbon	sink,	but	the	declining	biological	production	(driven	by	

the	circulation	slowdown)	drives	reductions	the	total	carbon	sink,	by	increasing	surface	CO2	

concentrations.	Additionally,	 increasing	sea	 surface	 temperatures	 reduce	 the	 solubility	of	

CO2	 in	 seawater,	 leading	 to	 a	 further	 decrease	 in	 the	 ocean	 carbon	 sink,	 resulting	 in	 an	

accumulation	of	an	extra	96	ppm	increase	in	atmospheric	CO2	from	preindustrial	to	2300.	

Conversely,	 changes	 in	 piston	 velocity	 do	 not	 significantly	 affect	 the	 global	 carbon	 sink,	

despite	the	strengthening	of	Southern	Ocean	westerly	winds	in	a	warming	world	(Russell	et	

al.,	2006).	
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Figure	 4.3.	 The	 effects	 of	 climate-driven	 varying	 circulation,	 biology,	 sea	 surface	
temperature	and	piston	velocity	on	air-sea	CO2	flux	and	total	carbon	uptake.	The	air-sea	CO2	
flux	(unit:	PgC/yr)	and	integrated	DIC	accumulation	(unit:	PgC)	are	shown	in	panels	A)	and	
B).	The	black,	red,	green,	blue	and	meganta	 line	represent	 the	simulation	with	 increasing	
atmospheric	CO2	(Exp	B1),	increasing	atmospheric	CO2	and	time-evolving	circulation	(Exp	
B2),	increasing	atmospheric	CO2,	time-evolving	circulation	and	changing	biology	(Exp	B3),	
increasing	atmospheric	CO2,	time-evolving	circulation,	changing	biology	and	rising	SST	(Exp	
B4)	and	full	climate	run	(B5).	The	effects	of	each	ocean	processes	on	air-sea	CO2	 flux	are	
shown	in	panel	C)	and	D).	The	red,	green,	blue	and	meganta	lines	represent	the	effect	of	time-
evolving	circulation,	changing	biology,	SST	and	piston	velocity,	respectively.		

	

3.4	Impacts	of	Individual	Mechanisms	on	Natural	and	Anthropogenic	Carbon	

The	assumption	that	anthropogenic	carbon	emissions	solely	contribute	to	the	ocean's	

total	carbon	sink	ignores	the	impact	of	natural	carbon	cycle	changes	(Holzer	and	DeVries,	

2022)	By	holding	atmospheric	CO2	constant	at	280	ppm	from	1850	to	2300	and	allowing	
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ocean	processes	to	respond	to	climate	warming,	evidence	shows	that	the	ocean	gradually	

becomes	a	carbon	source	to	the	atmosphere,	leading	to	an	accumulative	outgassing	of	320	

PgC	from	the	ocean	to	the	atmosphere,	equivalent	to	a	154	ppm	increase	in	atmospheric	CO2	

concentration.	This	 carbon	outgassing	 is	 consistent	with	 results	 from	other	earth	 system	

models	(Fu	et	al.,	2022).		

As	climate	warms,	the	ocean's	evolving	circulation	patterns	enhance	its	capacity	to	

store	natural	carbon,	resulting	in	increased	carbon	uptake	by	500	PgC,	equivalent	to	a	240	

ppm	decrease	 in	 atmospheric	 CO2	 concentration.	However,	when	 factoring	 in	 changes	 in	

ocean	biology	or	the	decrease	in	export	productivity	driven	by	circulation	changes,	the	ocean	

becomes	a	modest	natural	carbon	source.	While	stronger	winds	induced	by	climate	warming	

increase	 natural	 carbon	 outgassing	 in	 the	 Southern	 Ocean	 due	 to	 stronger	 upwelling	 of	

carbon-rich	water	(Le	Quere	et	al.,	2007),	the	impact	of	slowing	overturning	circulation	on	

deep	ocean	carbon	storage	offsets	this	effect.	Additionally,	rising	sea	surface	temperatures	

lead	to	a	gradual	outgassing	of	natural	carbon,	resulting	in	approximately	300	PgC	outgassed	

from	preindustrial	times	to	2300,	equivalent	to	an	extra	144	ppm	increase	in	atmospheric	

CO2	(Fig.	4.4).		

As	 expected	 from	 conservation,	 the	 uptake	 of	 anthropogenic	 carbon	 from	 the	

atmosphere	is	precisely	the	same	amount	as	the	sum	of	total	ocean	carbon	uptake	and	the	

outgassed	natural	carbon.	As	the	time-evolving	circulation	alone	has	a	minimal	effect	on	total	

ocean	carbon	sink	(Fig.	4.3)	and	sequesters	more	natural	carbon	in	the	ocean,	it	is	supposed	

to	have	a	negative	effect	on	the	uptake	of	anthropogenic	carbon.	In	the	next	section,	we	will	
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go	into	further	details	on	how	ocean	circulation	separately	affects	natural	and	anthropogenic	

carbon	storage.	

	

	

Figure	 4.4.	 The	 effects	 of	 climate-driven	 varying	 circulation,	 biology,	 sea	 surface	
temperature	and	piston	velocity	on	air-sea	CO2	flux	and	natural	carbon	storage.	The	air-sea	
CO2	flux	(unit:	PgC/yr)	and	integrated	DIC	accumulation	(unit:	PgC)	are	shown	in	panels	A)	
and	B).	The	black,	red,	green,	blue	and	meganta	line	represent	the	simulation	with	increasing	
atmospheric	CO2	(Exp	B1),	increasing	atmospheric	CO2	and	time-evolving	circulation	(Exp	
B2),	increasing	atmospheric	CO2,	time-evolving	circulation	and	changing	biology	(Exp	B3),	
increasing	atmospheric	CO2,	time-evolving	circulation,	changing	biology	and	rising	SST	(Exp	
B4)	and	full	climate	run	(B5).	The	effects	of	each	ocean	processes	on	air-sea	CO2	 flux	are	
shown	in	panel	C)	and	D).	The	red,	green,	blue	and	meganta	lines	represent	the	effect	of	time-
evolving	circulation,	changing	biology,	SST	and	piston	velocity,	respectively.		
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4.5	The	Impacts	of	Varying	Ocean	Circulation	on	the	Ocean	Carbon	Sink	

As	discussed	above,	ocean	circulation	plays	a	crucial	 role	 in	redistributing	carbon,	

adjusting	the	distribution	of	dissolved	inorganic	carbon	(DIC),	and	influencing	the	ocean's	

ability	 to	 absorb	atmospheric	CO2.	 Two	notable	 features	 emerge	 in	 the	 changes	of	 ocean	

circulation	as	 climate	warms:	First,	 the	Southern	Ocean	upwelling	 intensifies	as	westerly	

winds	 strengthen	 (Russell	 et	 al.,	 2006;	Moore	 et	 al.,	 2018);	 and	 second,	 the	 deep	 ocean	

overturning	circulation	weakens	over	time	(Liu	et	al.,	2023).	We	examine	the	global	average	

DIC	vertical	profile	to	explore	how	time-evolving	ocean	circulation	and	its	driving	changes	

in	 biological	 export	 production	 affect	 the	 ocean	 carbon	 sink,	 including	 its	 natural	 and	

anthropogenic	components,	focusing	on	the	decades	of	2090	and	2290	(Fig.	4.5).		

By	 the	 decade	 of	 2090,	we	 can	 see	 the	 reduced	 surface	DIC	 but	 increased	 carbon	

sequestration	 in	 the	deep	ocean	without	 factoring	 in	 the	effect	of	 the	changing	biological	

processes	 (black	 solid	 line	 in	 Fig.	 4.5A).	 This	 vertical	 profile	 of	 total	 DIC	 includes	 both	

natural	 and	 anthropogenic	 components,	 with	 natural	 carbon	 closely	 mirroring	 the	 total	

carbon.	The	slowing	overturning	circulation	separates	the	upper	and	deep	ocean,	slowing	

the	vertical	exchange	of	carbon	and	leading	to	less	carbon	in	the	upper	ocean	and	more	in	

the	deep	ocean	(Moore	et	al.,	2018).	This	effect	is	further	supported	by	the	longer	carbon	

sequestration	 time,	allowing	deep	ocean	carbon	 to	remain	 longer	before	returning	 to	 the	

surface.	As	a	result,	natural	carbon	storage	in	the	deep	ocean	increases	(red	solid	line	in	Fig.	

4.5A).	 In	 contrast,	 the	 overturning	 circulation	 negatively	 impacts	 the	 uptake	 of	

anthropogenic	carbon.	A	slower	overturning	circulation,	compared	to	a	constant	one,	leads	

to	 reduced	 anthropogenic	 carbon	 absorption	 from	 the	 atmosphere.	 This	 is	 because	 the	

slowing	 overturning	 circulation	 hinders	 the	 transport	 of	 anthropogenic	 carbon	 from	 the	
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surface	 ocean	 to	 the	 deep	 ocean,	 consequently	 limiting	 further	 carbon	 uptake	 from	 the	

atmosphere	 (blue	 solid	 line	 in	Fig.	 4.5A).	 By	 the	 decade	 of	 2290,	 anthropogenic	 carbon	

accumulates	more	at	thermocline	depths	rather	than	at	the	surface	(blue	solid	line	in	Fig.	

4.5B).	This	is	due	to	the	vertical	transport	of	excess	anthropogenic	carbon	from	the	surface	

to	the	thermocline	depths.	

Taking	into	account	both	the	effects	of	the	evolving	circulation	and	the	decrease	in	

biological	export	production,	the	ocean's	total	carbon	absorption	capacity	is	observed	to	be	

lower	 compared	 to	 a	 scenario	with	 constant	 biological	 processes	 (as	 represented	 by	 the	

black	dashed	and	solid	lines	in	Fig.	4.5A).	By	2090,	the	vertical	profile	of	the	impacts	on	total	

carbon	 follows	 the	 shape	 of	 natural	 carbon,	which	 accumulates	more	 in	 the	 deep	 ocean	

despite	the	decline	in	biological	export	production	(red	dashed	and	solid	lines	in	Fig.	4.5A).	

This	 is	because	 the	 longer	sequestration	 time	of	natural	 carbon	overcompensates	 for	 the	

decreased	 export	 production.	 In	 this	 context,	 anthropogenic	 carbon	 accumulation	 also	

experiences	a	shift	with	more	concentration	in	the	upper	ocean	and	less	at	greater	depths.	

In	 contrast	 to	 the	 DIC	 profile	 that	 does	 not	 consider	 decreases	 in	 biological	 export	

production,	 the	 upper	 ocean	 accumulates	 less	 anthropogenic	 carbon,	 as	 the	 increase	 in	

natural	DIC	decreases	the	ocean's	buffering	capacity	to	absorb	anthropogenic	carbon	from	

the	atmosphere	(as	demonstrated	by	the	blue	and	red	dashed	and	solid	lines	in	Fig.	4.5A).	

By	 the	 decade	 of	 2290,	 the	 effects	 of	 the	 changing	 circulation	 and	 biological	 export	

production	on	the	vertical	carbon	distribution	become	more	pronounced	compared	to	the	

decade	of	2090	(as	seen	in	the	black	and	red	dashed	and	solid	lines	in	Fig.	4.5B).	Conversely,	

the	impacts	on	anthropogenic	carbon	uptake	seem	to	become	less	significant	compared	to	

the	decade	of	2090	(blue	dashed	and	solid	lines	in	Fig.	4.5B).	This	might	be	attributed	to	the	
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saturation	of	the	surface	ocean	and	the	consequent	reduction	in	buffering	capacity,	leading	

to	negligible	changes	in	DIC	due	to	the	decrease	in	biological	export	production.	

	 	

Figure	4.5.	The	impacts	of	time-evolving	circulation	and	biological	processes	on	DIC	vertical	
profiles.	Panels	A)	and	B)	represent	the	differences	in	DIC	vertical	profiles	between	time-
evolving	circulation	(Exp	A2,	B2)	and	constant	circulation	(Exp	A1,	B1)	in	the	decades	of	A)	
2090	 and	B)	 2290,	 respectively.	 The	 solid	 and	dash	 lines	 represent	 the	 impacts	 of	 time-
evolving	 circulation	 on	 the	 vertical	 DIC	 profiles	 without	 and	 with	 changes	 in	 biological	
processes.	The	black,	red,	and	blue	lines	correspond	to	total	DIC	(Exp	B2	-	Exp	B1),	natural	
DIC	 (Exp	A2	–	Exp	A1),	 and	 anthropogenic	DIC	 (Exp	B2	–	Exp	B1	–	 (Exp	A2	–	Exp	A1)),	
respectively	(unit:	mmol/m3).	

	

In	sum,	the	slowdown	of	overturning	circulation	leads	to	increased	natural	carbon	

sequestration	 in	 the	 deep	 ocean,	 while	 simultaneously	 reducing	 the	 ocean’s	 capacity	 to	

absorb	excess	anthropogenic	carbon	from	the	atmosphere.	The	net	effect	is	a	reduction	in	

the	ocean	carbon	sink,	particularly	under	a	business-as-usual	warming	scenario.		
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4.	Summary	and	Discussion		

In	 this	 study,	 we	 integrated	 annual	 transport	 operators	 into	 an	 inverse	

biogeochemical	model	with	phosphorus	and	carbon	cycles	 to	 investigate	 the	 role	of	each	

ocean	process	in	the	ocean	carbon	sink	and	its	natural	and	anthropogenic	components	from	

1850	to	2300.	We	conducted	two	groups	of	sensitivity	experiments:	group	A,	focusing	on	the	

natural	 carbon	 cycle	 with	 constant	 atmospheric	 CO2	 concentration	 over	 the	 industrial	

period,	 and	 group	 B,	 focusing	 on	 the	 total	 ocean	 carbon	 sink	 with	 atmospheric	 CO2	

concentration	following	the	RCP8.5-ECP8.5	climate	scenario	trajectories.	To	the	best	of	our	

knowledge,	this	is	the	first	study	to	quantify	and	analyze	the	role	of	each	ocean	mechanism	

in	the	ocean	carbon	sink	and	its	natural	and	anthropogenic	components.	It	is	also	the	first	

time	time-evolving	transport	operators	have	applied	in	an	inverse	biogeochemical	model,	

providing	a	convenient	tool	to	further	disentangle	the	role	of	individual	ocean	processes	on	

carbon	and	other	biogeochemical	cycles.	

Under	the	business-as-usual	warming	scenario,	the	global	ocean	carbon	sink	peaks	at	

about	5.5	PgC/yr	in	2100	and	decreases	afterward,	mainly	due	to	reduced	CO2	emissions	into	

the	 atmosphere	 (Meinshausen	 et	 al.,	 2011).	Without	 considering	 radiative	 feedback,	 the	

oceans	can	take	up	to	8	PgC/yr	in	2100,	which	means,	when	accounting	for	the	ocean's	net	

response	 to	 climate	 warming,	 there	 could	 be	 approximately	 336	 ppm	 increase	 in	

atmospheric	CO2	concentration	from	preindustrial	times	to	the	year	2300	by	this	negative	

feedback.	

The	primary	driver	of	the	ocean	carbon	sink	is	atmospheric	CO2,	which	directly	affects	

the	pCO2	gradient	between	the	atmosphere	and	the	sea	surface.	Ocean	circulation,	believed	
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to	be	the	secondary	driver,	influences	the	ocean's	capacity	to	absorb	excess	anthropogenic	

carbon	 from	 the	 atmosphere.	 Slowing	 overturning	 circulation	 reduces	 this	 capacity,	

potentially	leading	to	a	280	ppm	increase	in	atmospheric	CO2	when	the	effect	on	biology	is	

factored	in.	Rising	temperatures	negatively	impact	the	ocean	carbon	sink	by	reducing	CO2	

solubility	at	the	sea	surface,	leading	to	an	extra	96	ppm	increase	in	atmospheric	CO2	from	

1850	 to	2300.	Although	global	wind	patterns	change	over	 time,	 their	effect	on	 the	ocean	

carbon	sink	through	piston	velocity	canceled	out	regionally	and	is	minimal.	

Our	study	confirms	gradual	natural	carbon	outgassing	as	the	climate	warms	(Fu	et	al.,	

2022;	Holzer	and	DeVries,	2022).	Ocean	circulation	alone	sequesters	more	natural	carbon	in	

the	 deep	 ocean,	making	 it	 a	 larger	 carbon	 reservoir	 despite	 increased	 outgassing	 in	 the	

Southern	 Ocean.	 However,	 when	 accounting	 for	 decreasing	 biological	 export	 production	

driven	 by	 slowing	 overturning	 circulation,	 this	 effect	 becomes	 minimal,	 resulting	 in	 the	

dominant	 role	 of	 increasing	 sea	 surface	 temperature	 (SST)	 in	 shaping	 natural	 carbon	

outgassing	by	decreasing	CO2	solubility	at	the	surface.	

Since	the	role	of	time-evolving	ocean	circulation	on	the	ocean	carbon	sink	is	complex,	

we	 further	decomposed	 its	 effects	 on	 the	natural,	 anthropogenic,	 and	 total	 ocean	 carbon	

sinks.	 Our	 results	 show	 that	 stronger	 Southern	 Ocean	 upwelling	 leads	 to	 more	 natural	

carbon	 outgassing,	 but	 slowing	 overturning	 circulation	 tends	 to	 sequester	 more	 natural	

carbon	in	the	deep	ocean.	However,	slowing	overturning	circulation	forces	anthropogenic	

carbon	 to	 accumulate	 at	 the	 surface,	 decreasing	 the	 ocean's	 capacity	 to	 absorb	 more	

anthropogenic	carbon	from	the	atmosphere.	The	net	effect	of	time-evolving	circulation	is	to	

reduce	the	ocean	carbon	sink	by	affecting	biological	export	production	and	surface	DIC.			
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The	detailed	quantification	of	 time-evolving	ocean	circulation	on	the	ocean	carbon	

sink	 improves	 our	 understanding	 of	 the	 role	 of	 ocean	 physics	 in	 modulating	 the	 global	

carbon	cycle	and	climate.	This	could	also	be	helpful	to	quantify	the	sources	of	a	large	spread	

of	 the	 contemporary	 and	 future	 ocean	 carbon	 sink	 in	 CMIP6	models	 (Fay	 and	McKinley,	

2021;	Liu	et	al.,	2023;	McKinley	et	al.,	2023).	It	also	informs	the	estimation	of	the	efficacy	of	

ocean	 carbon	 dioxide	 removal	 (CDR)	 strategies,	 which	 typically	 assume	 that	 ocean	

circulation	is	in	a	steady	state	and	will	not	change	with	climate	(Siegel	et	al.,	2021).	Our	study	

emphasizes	the	importance	of	the	transient	nature	of	ocean	circulation	on	the	global	carbon	

cycle	and	its	potential	effects	on	the	efficacy	of	ocean	CDR	strategies.	

However,	 there	 are	 caveats	 to	 our	 study.	 The	 transport	 operator	 is	 derived	 from	

CESMv1	circulation,	which	significantly	underestimates	the	strength	of	the	SMOC	(Liu	et	al.,	

2023).	 We	 also	 neglect	 the	 seasonal	 variability	 of	 circulation,	 which	 may	 introduce	

uncertainties	in	its	effect	on	the	ocean	carbon	cycle.	The	coarse	resolution	of	our	model	may	

cause	uncertainties	in	understanding	local	and	regional	effects	of	changing	ocean	circulation.	

Additionally,	 our	 biogeochemical	 model	 has	 fixed	 stoichiometry	 with	 time,	 potentially	

causing	uncertainties	in	estimating	ocean	biological	productivities	and	impacts	on	the	ocean	

carbon	sink	(e.g.,	Wiseman	et	al.,	2023;	Kwon	et	al.,	2022).	

Future	 work	 should	 consider	 more	 moderate	 climate	 scenarios	 and	 focus	 on	

prognostic	 atmospheric	 CO2	 simulations,	 which	 are	 more	 realistic	 and	 allow	 for	 better	

diagnosis	of	climate	impacts	on	ocean	circulation	and	the	global	carbon	budget.	
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Chapter	5:	Conclusions	and	Future	Work	

	

There	are	significant	uncertainties	in	the	estimation	of	the	future	ocean	carbon	sink.	

While	the	spread	in	modern	air-sea	CO2	fluxes	can	account	for	approximately	50%	of	these	

uncertainties,	 the	 impact	of	 future	ocean	circulation	changes,	 as	well	 as	 the	 role	of	other	

ocean	processes	cannot	be	overlooked.	In	this	dissertation,	I	utilized	CMIP6	Earth	System	

Models,	an	offline	model	with	annual	transport	operators,	and	an	inverse	biogeochemical	

model	 to	 investigate	 the	 role	 of	 slowing	 overturning	 circulation,	 as	 well	 as	 other	 ocean	

processes,	 on	 the	 future	 ocean	 carbon	 sink.	 Additionally,	 I	 quantified	 its	 impact	 on	

ventilation	timescales	and	patterns	and	discussed	its	potential	impacts	on	the	durability	of	

certain	marine	CDR	strategies	which	focus	on	sequestering	carbon	in	the	deep	ocean.		

The	 overturning	 circulation,	 including	 both	 upper	 and	 abyssal	 cells,	 slows	 as	 the	

climate	warms.	The	magnitude	of	this	slowdown	depends	on	the	warming	scenarios,	with	

greater	slowdowns	under	high-end	climate	scenarios	and	less	under	more	moderate	ones.	

Notably,	the	SMOC	nearly	fully	shuts	down	by	2300	under	a	business-as-usual	scenario.	The	

SMOC	slowdown	increases	carbon	sequestration	by	the	biological	pump,	as	it	prolongs	ocean	

carbon	 sequestration	 before	 releasing	 it	 back	 into	 the	 atmosphere.	 Although	 biological	

export	 productivity	 declines	 due	 to	 nutrient	 trapping	 in	 the	 deep	 ocean,	 this	 effect	 is	

overcompensated	by	longer	sequestration	times	driven	by	slowing	overturning	circulation.	

Conversely,	the	slowing	overturning	circulation	weakens	the	solubility	pump,	primarily	by	

preventing	 anthropogenic	 carbon	 transport	 into	 the	 deep	 ocean,	 accumulating	

anthropogenic	carbon	at	the	sea	surface	and	further	limiting	ocean	surface	CO2	uptake.	The	
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net	effect	of	slowing	overturning	circulation	is	a	reduced	ocean	carbon	sink	until	2100	across	

multiple	climate	warming	scenarios.		

Through	a	series	of	sensitivity	experiments,	we	investigated	the	role	of	time-evolving	

ocean	 circulation	 on	 carbon	 sinks,	 focusing	 separately	 on	 the	 natural	 carbon	 cycle	 and	

anthropogenic	carbon	uptake.	As	the	climate	warms,	natural	carbon	outgassing	occurs	due	

to	reduced	ocean	surface	CO2	solubility.	Slowing	overturning	circulation	increases	natural	

carbon	sequestration	but,	when	combined	with	decreased	export	production,	its	effect	on	

natural	 carbon	 is	 negligible.	 Slowing	 overturning	 circulation	 has	 little	 impact	 on	

anthropogenic	 carbon	 uptake	 but,	 when	 combined	 with	 declining	 export	 production,	 its	

effect	on	anthropogenic	carbon	uptake	is	negative.	Temperature	increases	play	a	secondary	

role	 in	affecting	 the	ocean	carbon	sink.	This	 study	quantifies	 the	 role	of	 individual	ocean	

processes	on	both	natural	and	anthropogenic	carbon	uptake.	

Furthermore,	 slowing	 overturning	 circulation	 affects	 ocean	 ventilation	 timescales	

and	patterns.	The	water	mean	age	increases	by	approximately	110	years	from	1850	to	2300.	

The	 impact	on	mean	 first-passage	 time	remains	uncertain,	 as	 it	depends	on	 future	ocean	

circulation	after	year	2300.	We	consider	two	future	circulation	scenarios:	persistent	post-

2300	circulation	 (scenario	1)	and	an	abrupt	 return	 to	year-1850	states	 (scenario	2).	The	

mean	first-passage	time	at	the	year	1850	is	almost	twice	in	scenario	1	than	scenario	2.	The	

global-averaged	mean	first-passage	time	increases	over	time	in	scenario	1	but	decreases	in	

scenario	2.	However,	if	we	are	interested	in	the	impact	of	slowing	overturning	circulation	on	

the	potential	durability	of	ocean	CDR	strategies	within	the	next	100	or	200	years,	the	post-

2300	circulation	is	not	a	factor.		
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Looking	ahead,	the	trajectory	of	future	research	should	focus	on	two	main	aspects.	

First,	there	is	a	need	for	a	more	comprehensive	representation	of	global	ocean	overturning	

circulation,	particularly	 including	the	dynamic	influence	of	 ice	sheets.	 Ice	sheet	dynamics,	

primarily	their	melting	rates	and	contributions	to	freshwater	input,	could	have	significant	

impacts	 on	 oceanic	 biogeochemical	 cycles,	 especially	 the	 carbon	 cycle.	 A	 study	 by	

Swingedouw	 et	 al.	 (2021)	 has	 shown	 that	 meltwater	 from	 the	 Greenland	 ice	 sheet	 can	

influence	AMOC	strength.	Fu	et	al.	(2020)	demonstrated	that	the	growing	freshwater	lens	in	

the	Arctic	Ocean	will	disrupt	ecosystem	function	in	the	North	Atlantic.	Li	et	al.,	(2023)	also	

argued	the	important	role	of	ice	sheet	meltwater	inputs	in	modulating	the	strength	of	SMOC.	

The	 iron	 inputs	 from	 the	 meltwater	 could	 affect	 biological	 productivity,	 particularly	

phytoplankton	 blooms,	 thereby	 increasing	 carbon	 sequestration	 (Moore	 et	 al.,	 2018).	

Consequently,	a	more	realistic	representation	of	meridional	overturning	circulation	with	ice	

sheet	dynamics	is	needed	to	predict	potential	changes	in	the	ocean	carbon	sink.	

There	 are	 great	 uncertainties	 in	 quantifying	 the	 future	 ocean	 carbon	 sink	 and	 it	

prevents	us	from	accurately	calculating	the	allowable	amount	of	additional	emissions	to	limit	

global	averaged	temperature	increases	to	less	than	2oC	or	1.5oC	above	preindustrial	levels.		

These	uncertainties	stem	primarily	from	our	incomplete	understanding	of	the	mechanisms	

affecting	 the	 ocean	 carbon	 cycle	 and	 the	 representation	 of	 ocean	 physical	 and	 biological	

processes.	Therefore,	it's	crucial	that	we	investigate	the	causes	behind	the	variations	in	the	

ocean	 carbon	 sink	 predictions	 provided	 by	 CMIP6	models.	 This	 could	 help	 us	 refine	 our	

current	estimates	and	improve	our	future	predictions	of	the	ocean	carbon	sink.	
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Additionally,	we	need	to	evaluate	the	impact	of	a	slowing	overturning	circulation	on	

marine	carbon	dioxide	removal	(mCDR)	strategies,	aimed	at	sequestering	carbon	in	the	deep	

ocean.	 The	 slowdown	 of	 overturning	 circulation	 could	 potentially	 increase	 the	 carbon	

sequestration	 timescales,	 impacting	 the	 durability	 of	 these	 strategies.	 Many	 studies	

determining	 the	 durability	 of	 mCDR	 strategies	 assume	 that	 ocean	 circulation	 remains	

constant	 over	 time,	 neglecting	 the	 changes	 in	 overturning	 circulation	 in	 the	 context	 of	

climate	warming	 (Siegel	 et	 al.,	 2021).	 It	 is	 therefore	 essential	 to	 quantify	 the	 effects	 of	 a	

slowing	 overturning	 circulation	 on	 the	 durability	 of	 ocean	 CDR	 strategies.	 Investigating	

these	could	provide	pivotal	 insights	 into	the	potential	consequences	of	climate	change	on	

carbon	 sequestration	 strategies,	 informing	 possible	 adaptations	 to	 these	 strategies	 in	

response	to	changing	ocean	circulation.	
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