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Abstract

The development of complex alteration layers on silicate mineral surfaces undergoing dissolution is a widely observed phe-
nomenon. Given the complexity of these layers, most kinetic models used to predict rates of mineral–fluid interactions do not
explicitly consider their formation. As a result, the relationship between the development of the altered layers and the final
dissolution rate is poorly understood. To improve our understanding of the relationship between the alteration layer and
the dissolution rate, we developed a spatially resolved surface kinetic model for olivine dissolution and applied it to a series
of closed-system experiments consisting of three-phases (water (±NaCl), olivine, and supercritical CO2) at conditions relevant
to in situ mineral carbonation (i.e. 60 �C, 100 bar CO2). We also measured the corresponding d26/24Mg of the dissolved Mg
during early stages of dissolution. Analysis of the solid reaction products indicates the formation of Mg-depleted layers on the
olivine surface as quickly as 2 days after the experiment was started and before the bulk solution reached saturation with
respect to amorphous silica. The d26/24Mg of the dissolved Mg decreased by approximately 0.4‰ in the first stages of the
experiment and then approached the value of the initial olivine (�0.35‰) as the steady-state dissolution rate was approached.
We attribute the preferential release of 24Mg to a kinetic effect associated with the formation of a Mg-depleted layer that
develops as protons exchange for Mg2+.

We used experimental data to calibrate a surface kinetic model for olivine dissolution that includes crystalline olivine, a
distinct ‘‘active layer” from which Mg can be preferentially removed, and secondary amorphous silica precipitation. By cou-
pling the spatial arrangement of ions with the kinetics, this model is able to reproduce both the early and steady-state long-
term dissolution rates, and the kinetic isotope fractionation. In the early stages of olivine dissolution the overall dissolution
rate is controlled by exchange of protons for Mg, while the steady-state dissolution rate is controlled by the net removal of
both Mg and Si from the active layer. Modeling results further indicate the importance of the spatial coupling of individual
reactions that occur during olivine dissolution. The inclusion of Mg isotopes in this study demonstrates the utility of using
isotopic variations to constrain interfacial mass transfer processes. Alternative kinetic frameworks, such as the one presented
here, may provide new approaches for modeling fluid–rock interactions.
� 2015 Elsevier Ltd. All rights reserved.
http://dx.doi.org/10.1016/j.gca.2015.11.019

0016-7037/� 2015 Elsevier Ltd. All rights reserved.
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1. INTRODUCTION

The mineral olivine (i.e. (Mg, Fe)2SiO4), common in
lower crustal and upper mantle rocks, is one of the most
reactive rock-forming silicate minerals under surface and
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near surface conditions. As a result, the dissolution rate of
olivine is linked to the evolution of the lithosphere and
upper mantle (Sleep et al., 2004), the utility of olivine as
an industrial feedstock for mineral carbonation (Oelkers
and Cole, 2008), neutralization of acid mine drainage
(Jambor et al., 2007), and geoengineering using enhanced
silicate weathering (Koehler et al., 2010; Hartmann et al.,
2013). Given the high reactivity of olivine, the surface
chemistry and dissolution kinetics have been studied under
a broad range of experimental conditions, including closed-
system (Giammar et al., 2005; King et al., 2010; Daval
et al., 2011) and well-mixed flow-through dissolution exper-
iments on powdered olivine samples (Pokrovsky and
Schott, 2000b; Oelkers, 2001), as well as single crystals
(Jarvis et al., 2009; Saldi et al., 2013). Characterization of
the reaction products has also included a range of tech-
niques, such as X-ray photoelectron spectroscopy
(Pokrovsky and Schott, 2000a; Zakaznova-Herzog et al.,
2008; Olsson et al., 2012), infrared spectroscopy
(Pokrovsky and Schott, 2000a; Giammar et al., 2005;
Loring et al., 2011), transmission electron microscopy
(Bearat et al., 2006; Daval et al., 2011) and atomic force
microscopy (King et al., 2014). Despite the range of studies
focused on olivine reactivity in the presence of aqueous
solutions, predictive models for olivine dissolution are sub-
ject to large uncertainties (Daval et al., 2011; Rimstidt
et al., 2012). This uncertainty has been attributed to the
broad range of experimental conditions (Rimstidt et al.,
2012), combined with the implicit complexity of multi-
step heterogeneous reactions (Lasaga and Luttge, 2004).
Improved predictive models for olivine dissolution would
further aid in the design of reliable strategies for both ex

situ and in situ mineral carbonation. In this paper we pre-
sent a spatially resolved kinetic model for olivine dissolu-
tion constrained by time-resolved elemental compositions,
Mg isotope fractionation, and High-Resolution Transmis-
sion Electron Microscopy (HR-TEM) analysis.

Characterization studies of olivine surfaces from labora-
tory dissolution experiments (Bearat et al., 2006; Daval
et al., 2011; Ruiz-Agudo et al., 2012) have observed a per-
vasive Mg-depleted amorphous layer on the olivine surface
after exposure to water. Exploration of the olivine-fluid
interface using HR-TEM or other surface-sensitive meth-
ods suggests this coating is typically less than 50 nm thick
and forms rapidly (hours to days) after contact between
the fluid and olivine surface (Pokrovsky and Schott,
2000a; Bearat et al., 2006; Daval et al., 2011; Ruiz-Agudo
et al., 2012). However, the temporal evolution of the for-
sterite coating has not been explored. As a consequence,
the relationship between the Mg-depleted layer and the
overall mineral dissolution rate has remained unclear.

The rapid development of Mg-depleted layers on the oli-
vine surface during dissolution is consistent with a model in
which there is exchange of Mg2+ ions for protons, followed
by repolymerization of SiO4 tetrahedra. Several studies
have also observed the olivine dissolution rate to decrease
by up to two orders of magnitude as amorphous silica
(SiO2(am)) saturation is approached (Daval et al., 2011;
Johnson et al., 2014), indicating that the amorphous layer
moderates the flux of Mg2+ and Si4+ ions from the olivine
surface to the bulk solution. Based in part on the sharp
interface between the fresh crystal and the surface layer,
other studies have suggested that such coatings (which are
observed on the surfaces of many silicate minerals during
dissolution) are a consequence of a dissolution–reprecipitation
process that does not hinder release of ions from the surface
(Hellmann et al., 2012). These different observations
suggest that the spatial relationship among reactions
involving Mg and Si may play a role in determining the
net olivine dissolution rate, and result in the orders of
magnitude variability in rates observed experimentally.
However, current models do not commonly address such
spatial considerations, and most quantitative models do
not explicitly consider the multi-step nature of the dissolu-
tion process, suggesting the need for an alternative kinetic
model for olivine dissolution.

General insights into the mechanisms associated with
silicate mineral dissolution may come from isotopic stud-
ies: kinetic isotope fractionation during mineral dissolu-
tion under experimental conditions is now widely
observed in laboratory studies. For example, fractionation
has been noted for Mg isotopes during experimental
olivine dissolution (Wimpenny et al., 2010) and for Fe iso-
topes during experimental hornblende (Brantley et al.,
2004), mica (Kiczka et al., 2010), and goethite dissolution
studies (Wiederhold et al., 2006). Such isotope effects,
which are not predicted by the classical description of bulk
mineral dissolution, provide constraints on the ion
exchange (Brantley et al., 2001) and solid-state diffusion
(Verney-Carron et al., 2011) occurring at mineral surfaces
during dissolution. Accordingly, various models have been
developed to explain the preferential removal of isotopes
from mineral surfaces. Brantley et al. (2001, 2004) first
observed Fe isotopic fractionation associated with horn-
blende dissolution both in the presence and absence of
siderophores, whereas fractionation during goethite disso-
lution under the same conditions was not observed. The
magnitude of Fe isotopic fractionation in these studies
also varied with the degree of fluid mixing and the binding
affinity of the ligand for Fe. The fractionation was
attributed to a kinetic isotope effect associated with the
formation of a ‘‘leached layer” at the mineral surface;
however, time-resolved measurements or HR-TEM images
were not available. A number of additional studies have
also demonstrated isotopic fractionation during mineral
dissolution (Ziegler et al., 2005; Wimpenny et al., 2010;
Verney-Carron et al., 2011; Pearce et al., 2012). Such
fractionation is often associated with the initial stages of
mineral dissolution, before a steady state and/or stoichio-
metric dissolution rate is reached and the isotopic compo-
sition of the dissolved fraction returns to that of the initial
solid. For example, Wimpenny et al. (2010) observed that
the dissolved d26/24Mg released from forsterite under flow-
through conditions was approximately 0.2–0.4‰ lower
than that of the initial solids, an effect which was attribu-
ted to kinetic fractionation associated with preferential
exchange of 24Mg during mineral dissolution. Such
transient isotopic fractionation thus conveys important
information about ion transport and ion attachment and
detachment rates at mineral surfaces that can be used to
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further constrain the interfacial processes controlling min-
eral dissolution.

Macroscopic descriptions of mineral dissolution and
precipitation are numerous, and recent studies have
extended these approaches to explain kinetic and equilib-
rium isotope partitioning under surface reaction-
controlled conditions (DePaolo, 2011; Druhan et al.,
2013). Such descriptions commonly assume that the net
reaction rate is the difference between the gross forward
(precipitation) and backward (dissolution) rates, where
each rate is associated with a kinetic fractionation
(DePaolo, 2011). Although in practice it is difficult to quan-
tify either, the backward rate and attendant kinetic frac-
tionation factor may be constrained by the far-from-
equilibrium dissolution rate (DePaolo, 2011). However,
according to macroscopic descriptions, persistent kinetic
isotope effects during dissolution cannot be quantified
because the surface layers are removed stoichiometrically
when a single net rate constant and surface area are
imposed. ‘‘Ion-by-ion” models provide a microscopic
description of growth kinetics and isotope and trace ele-
ment partitioning based on quasi-elementary ion attach-
ment and detachment events (Nielsen et al., 2012, 2013;
Watkins et al., 2013). We use a similar surface kinetic
approach here to develop a model that links the processes
at the olivine interface to the macroscopic behavior indi-
cated by the net dissolution rate. Because the individual
ions (i.e. Mg2+, Si4+, and H+) are evaluated independently,
but coupled via spatial and stoichiometric considerations,
the approach provides an alternative description of mineral
dissolution and the attendant kinetic isotope fractionation
that is consistent with both microscopic (HR-TEM) and
macroscopic (time resolved fluid compositions)
observations.

To develop this framework, we present Mg isotope data
for previously published closed-system olivine dissolution
experiments conducted at 60 �C, 100 bar CO2, with solution
compositions and rates detailed in Johnson et al. (2014).
We also conducted a complementary suite of closed-
system experiments in the presence or absence of fluid mix-
ing and characterized the reacted olivine surfaces using HR-
TEM. To explain the results from the eight experiments, a
spatially resolved surface kinetic modeling approach is pre-
sented as an alternative framework for describing forsterite
(Mg2SiO4) dissolution kinetics. This model reproduces the
Table 1
Summary of experiments from Johnson et al. (2014) and this study used

Experiment Name Temp. (�C) PCO2 (bars) Durati

Experiment 1a 60 100 74
Experiment 2a 60 100 92
Experiment 3a 60 100 4
Experiment 4a 60 100 98
2-Rocking (2R)b 60 100 2
19-Rocking (19R)b 60 100 19
2-Stationary (2S) b 60 100 2
19-Stationary (19S)b 60 100 19

a Presented in Johnson et al. (2014).
b This study.
time-resolved solution compositions, the observed isotopic
fractionation, and the general surface structure and
composition.

2. METHODS

In this study we use the experimental run products (i.e.
reacted olivine grains and resulting fluid samples) and
experimental data (i.e. measured Mg and Si concentrations,
alkalinity, and dissolved inorganic carbon, and calculated
pH, saturation states and dissolution rates) from two sets
of closed-system olivine dissolution experiments conducted
at 60 �C and 100 bar CO2 and detailed in Johnson et al.
(2014). A brief description of these experiments and the
results is presented below. We also report the d26Mg of
the experimental olivine and the dissolved Mg over the
duration of one short-term experiment from Johnson
et al. (2014).

2.1. Olivine dissolution experiments

The experiments detailed in Johnson et al. (2014) and
this study (Table 1) were conducted in a flexible and inert
Au-bag reaction vessel design with modifications for sam-
pling and analysis of CO2 (Rosenbauer et al., 2005;
Johnson et al., 2014). Reactants were placed inside the
Au cell (DI water, 0.5 M NaCl, 75–105 lm forsterite at
a 50:1 solution:mineral ratio by mass, or 11,470 m�1 in
terms of surface area:volume), which was sealed and
placed inside the steel autoclave and the annular space
filled with DI water. After sealing the vessel, the autoclave
was placed inside a rocking furnace and heated to 60 �C
(Rosenbauer et al., 1983). Once this temperature was
achieved, the pressure was increased to 100 bar by injec-
tion of liquid CO2. The volume of injected CO2 as calcu-
lated at reaction conditions (60 �C, 100 bar) was 1/10 the
volume of the aqueous phase in addition to sufficient
CO2 to saturate the aqueous phase at reaction conditions
(Duan and Sun, 2003; Li and Duan, 2007) and maintain a
supercritical CO2 (scCO2) phase. See Johnson et al. (2014)
for a more detailed description of the experimental system.
Serial samples were obtained throughout each experiment.
The olivine sample is (Fo92) from the Twin Sisters Dunite,
Washington, USA. The olivine was prepared by repeated
washes in methanol between sieving to minimize leaching
in model development.

on (days) Electrolyte Mixing Mg isotopes

0.5 M NaCl Well-mixed
0.5 M NaCl Well-mixed
None Well-mixed Yes
None Well-mixed
0.5 M NaCl Well-mixed
0.5 M NaCl Well-mixed
0.5 M NaCl Not mixed
0.5 M NaCl Not mixed



316 K. Maher et al. /Geochimica et Cosmochimica Acta 174 (2016) 313–334
the surface of Mg prior to starting the experiments. The
experimental olivine contains less than 3 wt.% lizardite
(a serpentine-group mineral) as determined by X-ray pow-
der diffraction. However, because the dissolution rate of
lizardite is nearly three orders of magnitude slower than
olivine (Daval et al., 2013), the small amount of lizardite
is unlikely to contribute appreciable Mg to solution com-
pared to olivine dissolution. The BET surface areas of
experimental powders are 0.64 m2/g for experiments 1–4
(38–75 lm) from Johnson et al. (2014) and 0.57 m2/g
(70–105 lm) for experiments 2R, 19R, and 19S for this
study. For the latter series of experiments, a larger grain
size was used to facilitate characterization of the olivine
surface after reaction. The BET surface areas are used in
the subsequent calculations.

Aqueous samples were removed from the reactor at reg-
ular intervals throughout the duration of each experiment
and were analyzed for alkalinity, elemental concentration,
and dissolved CO2 concentration. Complete aqueous sam-
pling procedures are presented in Johnson et al. (2014).
Briefly, fluid compositions were measured by inductively
coupled plasma optical emission spectroscopy (ICP-OES).
Alkalinity measurements were made via titration with
0.16 N sulfuric acid, and dissolved CO2 concentrations were
measured using coulometry (phosphoric acid digestion fol-
lowed by electrochemical analysis of released CO2 gas).
Hydrogen concentrations in the CO2 phase were also mea-
sured for one experiment to better constrain the redox state.
The combination of these measurements plus calculated
equilibrium constants allowed for pH calculation (Li and
Duan, 2007). The uncertainty of ICP measurements is
±10%. Standard states adopted here are: unit activity for
pure minerals, unit activity of pure H2O, unit activity of
aqueous species in a hypothetical one molal solution refer-
enced to infinite dilution, and unit fugacity of pure gases at
1 bar and 25 �C. Speciation and pH calculations were com-
pleted using the software package PHREEQC (Parkhurst
and Appelo, 1999), and the included llnl.dat database,
which is derived from the EQ3/EQ6 database (Wolery
et al., 1990). The database was modified using CO2 solubil-
ity and equilibrium constants for the carbonate system
from Li and Duan (2007). We calculate the saturation state
for relevant reactions as log (Q/K), where Q is the calcu-
lated activity product and K is the equilibrium constant.

The results of the previous experiments of Johnson et al.
(2014) are presented in the present paper, all using the same
starting material (Fo92 olivine), temperature (60 �C), CO2

pressure (100 bar), and water:rock ratio by mass (50:1) as
summarized in Table 1. Six experiments contained 0.5 M
NaCl, whereas two had no added electrolyte. Four addi-
tional experiments were conducted to assess the temporal
evolution of the olivine surface under well-mixed (continu-
ous rocking of the experimental vessel at 8 rotations/min)
and poorly mixed (stationary experimental vessel) condi-
tions. The reacted forsterite grains were characterized by
HR-TEM. The duration of the experiments ranged from
2 to 94 days. The shortest experiments were conducted
with higher sampling frequency to look at the initial
(non-steady state) dissolution kinetics as silica saturation
is approached.
2.2. Mg isotope analyses

We analyzed the isotopic composition of the starting oli-
vine material and the dissolved Mg from one experiment:
experiment 3 (4 days, no electrolyte). For the long-term
experiments, the sample volumes were small in order to
maintain approximately constant water:rock ratios over
more than 90 days. Thus, most of the early samples for
experiments 1, 2, 4, 2R, 19R, 19S were consumed for ele-
mental, alkalinity, dissolved inorganic carbon (DIC), and
other isotopic analyses.

2.2.1. Sample preparation and chromatographic methods

All sample preparation procedures were carried out in
laminar flow hoods in the PicoTrace metal-free clean labo-
ratory at Stanford University, and all acids were Optima
grade diluted with Milli-Q (18 MX) water. Both San Carlos,
AZ olivine and the experimental olivine (WA) derived from
the Twin Sisters Dunite (50 lg) were dissolved in capped
screw-top Teflon beakers with 1 ml of a 3:1 mixture of con-
centrated HF and HNO3, and left overnight at room tem-
perature. The beakers were then heated to approximately
90 �C for 24 h before the caps were removed, and the
HF–HNO3 mixture was evaporated. The samples were then
dissolved in 1 ml of aqua regia, left overnight at room tem-
perature, and then evaporated to dryness and finally dis-
solved in 1 N HNO3 prior to cation exchange
chromatography. Fluid samples were centrifuged for
10 min, evaporated to dryness, and dissolved in 1 N
HNO3 prior to cation exchange chromatography.

To purify and isolate Mg for isotopic analysis, Mg dis-
solved in 1 N HNO3 was loaded onto 0.5 ml of pre-
cleaned Bio-Rad AG50W-X12 (200–400 mesh) resin.
Matrix elements were eluted in 1 N HNO3 and 0.1 N HF.
Magnesium was eluted in 1 N HNO3. The samples were
then dried and the above procedure was repeated twice.
Calcium was removed from the sample using Eichrom
DGA resin (50–100 lm). Following the steps outlined
above, the samples were dissolved in 2 N HNO3 and loaded
onto columns containing 0.2 ml of pre-cleaned Eichrom
DGA resin. Mg was eluted and collected with 2 N HNO3

while Ca remained on the columns. The collected samples
were then evaporated to dryness to complete the Mg sepa-
ration process. The yield on the chromatographic proce-
dure was >99.95%. Processing of the pure Mg standards
CAM1 and SU1 (internal elemental standard) with this
technique did not lead to a detectable shift in the measured
Mg isotope ratio.

2.2.2. MC-ICP-MS analysis

Magnesium isotope measurements were carried out on a
Nu Plasma MC-ICP-MS using medium resolution and wet
plasma at Stanford University. Purified Mg samples were
dissolved in 2% HNO3, centrifuged, and diluted to approx-
imately 1.7 ppm prior to MC-ICP-MS analysis, corre-
sponding to ca. 7.7 V 24Mg/ppm. Purified Mg-bearing
solution was introduced to the instrument through a self-
aspirating Glass Expansion SeaSpray nebulizer directly into
the spray chamber. Mg isotopes were measured simultane-
ously with 24Mg, 25Mg, and 26Mg collected in the L10, L5,
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and H1 Faraday cups, respectively; ion beams were posi-
tioned such that measurements were collected on the low-
mass side of the CN+ interference. Sample measurements
were bracketed by analysis of the standard DSM3, and
between all measurements a 2% HNO3 rinse solution was
aspirated for approximately two minutes until the signal
on the H1 Faraday cup was less than 1 � 10�4 V (Galy
et al., 2003). For each analysis, d(26/24Mg)DSM3/‰ (and d
(25/24Mg)DSM3/‰) values were calculated by comparing
the measured 26Mg/24Mg (25Mg/24Mg) ratio of the samples
to the average 26Mg/24Mg (25Mg/24Mg) of the bracketing
measurement standards. Hereafter, we abbreviate the
d(26/24Mg)DSM3/‰ as the d26Mg. Each sample reported in
Table 2 was measured 3–7 times during different analytical
sessions, and the average values and standard deviations
are reported along with the number (n) of times that an
individual sample was analyzed. Because of the small vol-
ume of samples, duplicate samples of experiments could
not be prepared and thus the reported uncertainties reflect
only the measurement uncertainty.

To constrain the accuracy and precision of measure-
ments made on the MC-ICP-MS, we compared the mea-
sured isotope ratios at two standard deviations (2 s.d.) of
pure Mg and natural rock reference materials to accepted
or reported values (Table 2). The reference material
CAM1 was repeatedly measured over four months of ana-
lytical sessions with a d26Mg value of �2.60 ± 0.17
(n = 32), in agreement with the accepted value of �2.58
± 0.14 (Galy et al., 2003). The isotopic ratio of an in-
house Mg elemental reference solution obtained from
High-Purity Standards was characterized by repeated mea-
surements over four months. This measurement standard,
‘‘Stanford University 1” (SU1) was analyzed 76 times and
found to have a d26Mg value of �0.55 ± 0.14 (n = 76).

The d26Mg values we obtained for natural rock stan-
dards BHVO-1, BIR-1, and San Carlos olivine were also
within the uncertainty of accepted values. The measured
d26Mg of BHVO-1 was �0.19 ± 0.09 (n = 7) within the pre-
viously reported values of �0.3 ± 0.08 (Huang et al., 2009)
Table 2
Mg isotope data for experimental olivine and experiment 3 from Johnson
n is number of times individual sample was analyzed to obtain the avera

Samples Time (days) [Mg] (m

Exp. olivine
Exp. 3 (no NaCl) 0.04 7.36

0.13 9.30
0.29 10.12
0.63 13.92
0.96 12.40
1.44 13.68
2.00 16.77
2.52 15.80

Standards

CAM 1
BHVO-1
BIR
San Carlos olivine
SU-1
and �0.085 (Baker et al., 2005). Measured d26Mg of BIR-1
was �0.25 ± 0.03 (n = 2), which is consistent with the value
of �0.23 ± 0.23 (Wombacher et al., 2009) and �0.29 (Baker
et al., 2005). Measured San Carlos olivine d26Mg was
�0.75 ± 0.09 (n = 5), in agreement with other reported val-
ues of �0.73 ± 0.06 (Teng et al., 2007), within the wide
range of values reported for San Carlos olivine and sup-
porting the possibility that San Carlos olivine may reflect
low-temperature hydrothermal alteration (Handler et al.,
2009). In all cases, the measured d26Mg values were within
the uncertainty of the literature values.

2.3. Transmission electron microscopy sample preparation

and analysis

Transmission electron microscopy (TEM) samples were
prepared using a Helios NanoLab 600i DualBeam Focused
Ion Beam/Scanning Electron Microscope (FIB/SEM) by
FEI, equipped with a Ga+ ion beam in addition to an elec-
tron beam. Reacted forsterite samples from experiments 2R
and 19R were rinsed and dried after completion of the
experiment, attached to SEM mounts and plasma-coated
with gold before placement inside the FIB. Unreacted for-
sterite was prepared in an identical manner. Once in the
microscope, a flat area of at least 4 � 10 lm was chosen
from which to cut the cross section, and the area of interest
was coated with 200 nm of Pt (unreacted forsterite) or C
(19R, 19S, 2R) using non-destructive electron deposition.
An additional 1 lm thick coating of Pt or C was then
deposited on the sample using the Ga+ ion beam. The mate-
rial deposited on the surface did not impact the imaging, as
Au protected the surfaces of all samples before deposition
of Pt or C. Platinum was used for the initial samples, but
we switched to C when it became available because it eased
sample polishing with the ion beam. The combination of
electron deposition followed by ion deposition successfully
shielded the mineral surface from the destructive ion beam,
and no Ga was detected by TEM in the samples, indicating
that we did not have implantation of Ga+ ions. Once the
et al. (2014) along with average values for reference materials, where
ge value and standard deviation.

M) d26MgDSM3 ± 2 s.d. n

�0.35 ± 0.10 (n = 8)
�0.71 ± 0.21 (n = 7)
�0.64 ± 0.12 (n = 4)
�0.58 ± 0.09 (n = 3)
�0.52 ± 0.21 (n = 5)
�0.60 ± 0.14 (n = 3)
�0.58 ± 0.18 (n = 3)
�0.48 ± 0.06 (n = 3)
�0.47 ± 0.27 (n = 6)

�2.60 ± 0.17 (n = 32)
�0.19 ± 0.09 (n = 7)
�0.25 ± 0.03 (n = 2)
�0.75 ± 0.09 (n = 5)
�0.55 ± 0.14 (n = 76)
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surface was protected, two large rectangles of material were
removed by ion milling from the surface, leaving a 3–4 lm
thick slice between them. The sample was then rotated and
ion milling was used to make a U-shaped cut on the sides
and bottom of the slice. An Omniprobe AutoProbe 200
in situ sample lift-out system was used to remove the slice
from the forsterite grain and transfer it to a copper Pelco�

FIB lift-out half grid for TEM samples. The slice was
welded to the grid using Pt ion deposition, then polished
with ion milling to a thickness of between 70 and 100 nm.
The ion beam was set to an accelerating voltage of 30 kV
for most of the process, but dropped to 3–5 kV for the final
polishing, which reduced the thickness of the amorphized
surface layer caused by the ion beam to about 5 nm (such
that a 100 nm thick slice would have 90 nm of crystalline
material and 5 nm of amorphous material on each side).
The final polishing was completed using the ‘‘cleaning cross
section” process, which is designed to minimize redeposi-
tion of material and create a flat surface for imaging by
removing material one ‘‘line” at a time (where ‘‘line” thick-
ness is determined by the width of the beam). The sample
was rotated by 2.5� from the perpendicular to account for
the parabolic shape of the beam and to reduce thickness dif-
ferences within the sample.

TEM analysis was completed on an FEI Tecnai TEM at
200 kV and a FEI Titan TEM with spherical aberration
image correction at 300 kV. Energy Dispersive Spec-
troscopy (EDS) line scans were collected in scanning
TEM (STEM) mode using either an EDAX SUTW or
Oxford SSD EDS detector. The O-Ka, Mg-Ka, Si-Ka,
Fe-Ka, and Au-La elemental peaks were detected and
EDS peak analysis was performed using TIA (Tecnai Imag-
ing Analysis). The bulk forsterite phase at the base of each
sample was used as an internal standard to extract sensitiv-
ity factors (k-factors) for the peaks (except for Au), allow-
ing for quantitative analysis of the composition across the
line scan. At least two deep scans (>700 nm) were per-
formed per sample in order to determine sensitivity factors.
The maximum achievable resolution was 2–5 nm between
spots (sample-dependent) and each analyzed spot had a
radius of less than 1 nm. A higher spot density resulted in
artificially low Mg/Si due to beam damage, as Mg migrated
away from the beam. Several steps were taken to mitigate
this thermally induced migration, including short collection
times (0.1 s), larger step sizes (5 nm), and tuning of the
beam to reduce its intensity. Beam and scan settings were
verified by running EDS scans parallel to the interface
and determining that the chemical composition remained
constant as expected.

Visual inspection demonstrated a high level of unifor-
mity across each 10 lm cross section. For all samples ana-
lyzed, multiple TEM images were taken of each cross
section and multiple EDS line scans were performed. Each
TEM image shown is representative of the forsterite surface
from that sample. TEM images and EDS line scans were
taken from the same cross section but not from the same
location on each cross section. The EDS profiles presented
for unreacted forsterite are the sum of two line scans, 2R is
the sum of 5 line scans, and that for 19R reflects a single
scan that was representative of other line scans collected.
Given the low counts associated with very short collection
times (required to prevent loss of Mg) and the possibility
for artificial compositional gradients, we focus on the
large-scale changes in composition and crystallinity rather
than the observed chemical gradients.

An Inverse Fast Fourier Transform (IFFT) analysis was
performed on TEM images to clarify which regions were
crystalline and which were amorphous using ImageJ soft-
ware (Rasband, 1997). The first step is to take a Fourier
Transform of the image of interest, which produces another
image in the frequency domain. Bright spots in the Fourier
Transform image are representative of periodic regions in
the original image. The frequencies of the spots were
selected to pass the filter, while all other frequencies were
masked, and an inverse Fourier Transform was performed.
The result of this procedure is an image similar to the orig-
inal, but shows only the periodic regions as a series of reg-
ular stripes. The IFFT image was used to differentiate
amorphous and crystalline regions on the original image.
See the Supplementary material (Fig. S1) for a diagram of
this process.

3. RESULTS

3.1. Elemental concentrations and Mg isotope results

The evolution of Mg and Si concentrations and pH over
time for the well-mixed experiments 1 and 2 (with 0.5 M
NaCl) and experiments 3 and 4 (no NaCl) is summarized
from Johnson et al. (2014) and shown in Fig. 1A–C. Early
experimental stages (ca. <10 h) are characterized by incon-
gruent dissolution with preferential release of Mg over Si.
At longer times, the Mg release rate is constant while Si
concentrations plateau due to precipitation of SiO2(am)
(Johnson et al., 2014). Magnesite saturation was reached
between 30 and 40 days in the experiments with NaCl
(experiments 1 and 2) and at 90 days in the absence of NaCl
(experiment 4), although magnesite precipitation did not
occur in any observable amount until after about 75 days
in the NaCl experiments (Johnson et al., 2014). The alkalin-
ity increased over the duration of each experiment in stoi-
chiometric relation to the amount of olivine dissolution.
Early and long-term rates are markedly different between
the experiments with and without 0.5 M NaCl.

The second series of experiments (i.e. well-mixed exper-
iments 2R and 19R, and unmixed experiment 2S and 19S,
all with 0.5 M NaCl) are shown in Fig. 1D and E (concen-
tration data and calculated saturation states are provided in
Table S1). These experiments were conducted over shorter
durations to examine the evolution of the altered surface
layers under both well-mixed and un-mixed conditions at
much slower rates. Experiment 19R released the most Mg
– three times more than experiment 19S. Magnesium release
from experiment 2R closely tracked that of experiment 19R
over the shorter time periods of experiment 2R, indicating
reproducibility of these two experiments (Fig. 1D). Experi-
ments 2S and 19S, both of which were unmixed, show a
similar evolution to the well-mixed experiments, but with
lower Mg concentrations. Silicon also increased initially
in all four experiments, although experiment 19R reached
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Fig. 1. Summary of previous experimental data from Johnson et al. (2014) in (A)–(C) and this study in (D)–(E). Vertical arrows in (A) and
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Error bars represent 1 s.d.
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a maximum concentration at 6 days (Fig. 1E). Both rocking
experiments (2R and 19R) showed a trend of increasing pH
with time, in contrast to the stationary experiment 19S,
which showed decreasing pH over the first day (Fig. 1F).
Experiments 19R and 19S exceeded amorphous silica
saturation at 2 days and 14 days, respectively, but 2R did
not reach saturation (Table S1). All experiments remained
undersaturated with respect to magnesite (Table S1) and
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were undersaturated with respect to other likely secondary
phases over their duration. For example, the saturation
state for talc in 19R, defined as log (Q/K), varied from
�14.0 initially to �3.7 by the end of the experiment, and
similarly, the log (Q/K) for brucite varied from �9.3 to
�6.6. Based on these calculations, prior SEM investigation
of similar experiments in Johnson et al. (2014), and
observed SiO2(am) precipitation on a chromite grain in
19R (not shown), we infer that SiO2(am) is the primary sec-
ondary phase. Measurements of H2 in the scCO2 phase of
an experiment with a similar progression to 19S ranged
from 10�4 to 10�3 bars. Accordingly, speciation calcula-
tions using PHREEQC suggest the predominant iron spe-
cies in solution was ferrous.

All experiments demonstrate incongruent dissolution
initially, with Mg/Si ratios decreasing from values between
4 and 6 over the first 2 days of reaction and prior to
reaching saturation with respect to SiO2(am). At longer
experimental times in the well-mixed experiments 19R, the
Mg/Si ratio increased with time, presumably reflecting pre-
cipitation of SiO2(am). In contrast, the Mg/Si ratio of 19S
appears to stabilize at a value of about 3.1, indicating minimal
amounts of Mg release at late stages in the experiment.

Results of Mg isotopic measurement of WA olivine and
the samples from experiment 3 are presented in Table 2. All
fluid samples from experiment 3 were isotopically enriched
in 24Mg (d26Mg from �0.71 to �0.47) compared to WA
Olivine (d26Mg of �0.35). The d26Mg of the first fluid
sample has the lowest d26Mg value, and as the experiment
progressed the dissolved d26Mg values increased progres-
sively such that the d26Mg of the final sample is within uncer-
tainty of the value of unreacted WA Olivine (Fig. 2). The Mg
isotopic measurements of samples from experiment 3 are
consistent with the preferential release of 24Mg during olivine
dissolution, and in agreement with prior results from flow-
through experiments (Wimpenny et al., 2010).

3.2. Transmission electron microscopy

Complementary HR-TEM analyses after 2 and 19 days
of reaction constrain the evolution of the thickness of the
altered surface layers (Fig. 3). Unreacted forsterite
(Fig. 3A) does not show an amorphous region at the
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Fig. 2. Magnesium isotope data for the short-term experiment 3
(no NaCl) over 3 days of reaction time. Error bars represent 1 s.d.
mineral surface, whereas an amorphous layer of thickness
10–25 nm is visible after 2 days of reaction (Fig. 3B). The
amorphous-crystalline interface on sample 2R is complex
may be characterized as an altered layer with regions of
both amorphous and crystalline material. However, after
19 days of reaction more homogeneous amorphous layers
of thicknesses 65–71 nm (19R) and 35–43 nm are apparent
from 19S (Fig. 3C). In all reacted samples, some of the gold
coating appears to have penetrated the surface layer and
deposited inside pores, as evidenced by the darker spots
inside the amorphous regions. No gold penetrated the sur-
face of the unreacted olivine, suggesting that the gold visi-
ble in the reacted samples is the result of porosity and not
due to destructive deposition. Inspection of TEM images
of larger areas (at lower zoom levels) and from two cross-
sections from two different mineral grains from sample
19R indicated the uniformity of the surface layer (not
shown). Although the lattice spacing suggests different for-
sterite crystal faces are present, we do not see a strong rela-
tionship between the thickness of the surface layer and the
particular orientation of the surface layer, in contrast with
previous work for both olivine (King et al., 2014) and diop-
side (Daval et al., 2013). These results suggest that images
we present are broadly representative of features associated
20 nm

Fig. 3. High-resolution TEM images of the solid-aqueous inter-
faces for (A) unreacted forsterite, (B) 2R and (C) 19R. In the
unreacted sample, lattice fringes extend to the mineral surface,
indicating the absence of an amorphous surface layer. Images from
experiment 2R (B) and 19R (C) show the entire thickness of the
surface layer, with the left side bounded by a protective coating of
gold (black material, deposited after reaction) and roughly vertical
lines overlaid to show the transition from amorphous to crystalline
material. Magnification of the amorphous-crystalline interface
shows that it is less than 5 nm in thickness in 19R (Fig. S1). Lines
indicate the transitions from crystalline domains to amorphous
domains according to IFFT results (Fig. S1). Gold coating applied
to protect the surface during imaging and cross-section preparation
is clearly visible as dark material on the left side of five of the TEM
images. Amorphous regions are located to the left of the black
lines.
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with the reacted forsterite surface under the given
conditions.

In all samples, the EDS results suggest multiple chemical
gradients indicating interfaces of finite thickness (Fig. S2).
Such gradients could be attributed to beam damage, redepo-
sition during the ion milling process, or sample orientation;
hence, the EDS results cannot be definitively associated
with compositional gradients but can be used as addi-
tional mass balance constraints in the modeling approach
described below. For example, the EDS results indicate com-
positional differences among the amorphous regions of the
interface (Mg/Si < 1.84) compared to the crystalline olivine
(Mg/Si � 1.84). Values of Mg/Si between 1.2 and 1.5 are
characteristic of the amorphous regions closest to the
crystalline forsterite and values of <0.5 are typical of the
outermost amorphous regions. No distinct features are
visible in the Fe/Si ratios in any of the surface layers. How-
ever, Fe signals from all samples were quite low due to the
low beam intensity needed to accurately collect Mg data,
and thus the Fe/Si ratios will not be discussed further.

4. DISCUSSION

4.1. Conceptual framework and spatial considerations for

olivine dissolution

The experimental results considered here represent an
array of conditions likely to occur as CO2-rich fluids react
with lithologies rich in olivine. The first set of experiments
detailed in Johnson et al. (2014) (experiments 1–4) consid-
ered the effect of supporting electrolyte and found that in
the presence of 0.5 M NaCl the initial olivine dissolution
rates were slower, whereas the long-term rates were more
rapid, compared to the experiments with no electrolyte in
the initial solution. Here we present new d26Mg data for
the electrolyte-free experiment. The second set of experi-
ments (2R, 2S, 19R, 19S) compares the effects of well-
mixed and un-mixed conditions. In the mixed experiments,
dissolution rates were approximately five times faster com-
pared to the un-mixed experiments. Cross-sections of un-
reacted and reacted olivine grains after 2 and 19 days of
reaction were also analyzed for crystallinity and chemical
composition using HR-TEM as summarized in Fig. 4. A
complex sequence of Mg-depleted surface layers is
observed: (1) crystalline olivine, (2) an amorphous ‘‘active
layer” (AL) where Mg/Si decreases rapidly towards the
solid-solution interface, and (3) a newly precipitated amor-
phous layer where Mg/Si < 0.5 in 19R (Fig. 4). The active
layer was present and of a similar thickness on all reacted
forsterite grains. In contrast, the precipitated layer was only
visible in experiments that exceeded SiO2(am) saturation.
Given the constant release rate of Mg and the 20–40%
porosity observed in TEM images (quantified by comparing
the darkened areas (gold) to the total area of material), the
precipitated layer does not form an appreciable barrier to
ion transport from the active layer to the bulk fluid.

The entire sequence of alteration is consistent with both
the development of a non-stoichiometric ‘‘leached layer”
(e.g., Luce et al., 1972; Schott et al., 1981; Chou and
Wollast, 1984; Casey et al., 1988; Casey and Bunker,
1990; Stillings and Brantley, 1995; Hellmann, 1997;
Pokrovsky and Schott, 2000a,b; Schott et al., 2012), and
a process of interfacial dissolution–reprecipitation (Putnis,
2009; King et al., 2010; Hellmann et al., 2012; King et al.,
2014; Ruiz-Agudo et al., 2014). However, given the stratig-
raphy evident in the alteration layer, including a sharp tran-
sition between amorphous and crystalline material and
distinct compositional differences indicated by the Mg/Si
profiles, we subdivide the altered layer into the zones
defined above and in Fig. 4 in the development of the
kinetic model. First, we assume an average value for
Mg/Si within the active layer that evolves from an initial
stoichiometric value to the value required by mass balance
constraints imposed by time-resolved solution compositions
and the HR-TEM profiles (Fig. 4C). If Mg release is kinet-
ically controlled, the initial development of the active layer
should preferentially contribute 24Mg to solution, resulting
in lower dissolved d26Mg relative to the bulk olivine as
observed. Second, we do not explicitly treat the process of
solid-state diffusion (e.g., Yang et al., 2009; Hellmann
et al., 2012). Instead, we assume a stoichiometric flux of
Si and Mg into the active layer and account for the total
Mg depletion within the active layer. The consequences of
these assumptions will be discussed in Section 4.3.2. Con-
ceptually, the active layer can be viewed as a reaction front
that maintains a constant thickness as it advances into the
unreacted olivine (Hellmann et al., 2012). This thickness is
moderated by the balance between the removal of ions at
the fluid-active layer interface and the supply of ions from
the crystalline olivine.

In summary, the key features of olivine dissolution we
seek to address through development of an alternative
kinetic model include: (1) non-stoichiometric release of
Mg relative to Si during the early stages (ca. <1 day of reac-
tion time); (2) enhancement of the Mg release rate at early
times in the absence of an electrolyte, followed by lower
steady-state dissolution rates compared to experiments with
an electrolyte present, (3) preferential release of 24Mg to
solution during the early stages, (4) dependence of the dis-
solution rate on pH, and (5) a zone of Mg depletion
between the fluid–solid interface and the crystalline olivine.
To capture these processes and features, we have developed
a framework that considers the exchange of individual ions
within the active layer and between the surface of the active
layer and the bulk solution, and builds upon numerous pre-
vious models (e.g., Pokrovsky and Schott, 2000a,b; Daval
et al., 2011; Rimstidt et al., 2012).
4.2. Spatially resolved surface kinetic model for olivine

dissolution

4.2.1. Stoichiometric and mass balance constraints

For olivine, where octahedrally coordinated Mg is
linked to isolated silicate tetrahedra, protonation of the
magnesium surface sites is required to release magne-
sium from the bulk crystal and maintain charge neutrality
(for clarity, Fe is omitted below). The hydrolysis reac-
tion requires the exchange of four protons for two magne-
sium ions at the surface of the mineral, followed by
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polymerization of the isolated surface silicate tetrahedra
(Pokrovsky and Schott, 2000b), according to the following
net reaction:

> Mg2SiO4 þ 4Hþ���! > SiO2 þ 2H2Oþ 2Mg2þ ð1Þ
where > represents a site within the active layer. At low
temperatures, Reaction (1) is considered irreversible, and
the rate should depend on pH (Pokrovsky and Schott,
2000a). However, the exact dependence is difficult to
constrain as protons may also be distributed between surface
sites and/or adsorbed to surface layers (Pokrovsky and
Schott, 2000a). Diffusion of Mg out of the active layer is
not the rate-controlling step for Reaction (1) under well-
mixed conditions because the steady-state dissolution rate is
independent of Mg concentration in solution (Pokrovsky
and Schott, 2000b; Oelkers, 2001; Johnson et al., 2014).

Although Reaction (1) has been included in previous
models, it has not been explicitly linked to the composi-
tional evolution of the surface. Here, Reaction (1) only
occurs within the volume (VAL, m
3) of material defined as

the active layer (Fig. 4B), as suggested by both the HR-
TEM results and the early non-stoichiometric dissolution
observed in the experiments. Penetration of protons into
the olivine structure at depths greater than one unit cell is
further suggested by X-ray photoelectron spectroscopy
(XPS) of the olivine surface (Pokrovsky and Schott,
2000a; Johnson et al., 2014), a decrease in the apparent
pH point of zero charge (pHPZC) from fresh to reacted
forsterite (Pokrovsky and Schott, 2000a), and depth profiles
of H in reacted olivine using RNRA (Resonant Nuclear
Reaction Analysis) (Petit et al., 1990). The VAL is calculated
as CFoAhVm, where CFo is the site density of olivine
(3.3 � 10�5 mol/m2 Wogelius and Walther, 1991), A is the
physical surface area in m2 from measured BET surface
area and the mass of initial olivine, Vm is the molar volume
of olivine (4.38 � 10�5 m3/mol) and h is the number of
olivine layers from which Mg can be extracted according
to Reaction (1). A list of parameters is presented in Table 3.



Table 3
Model parameters and values applied to experiments 1–4, 2R, 19S, 2S, 19S.

Parameter Description Units Value or range

Vm Molar volume forsterite m3 mol�1 4.38 � 10�5

Vm Molar volume SiO2(am) m3 mol�1 2.90 � 10�5

CFo Site density mol m�2 layer�1 3.3 � 10�5a

h Number of layers – 14b

A Surface area m2 2.24c/2.0d

VAL Active layer volume = CFoA hVm m3 Calculated
RMg,i Mg isotope release rate mol s�1 Calculated
R>SiO2

Net SiO2 release rate mol s�1 Calculated
RSiO2ðamÞ Precipitation rate mol s�1 Calculated
mMg Exchange rate coefficient for Mg s�1 Variable
m>SiO2

Detachment rate coefficient for >SiO2 s�1 Variable
k>SiO2

Attachment rate coefficient for >SiO2 M�1 s�1 Variable
kSiO2

Rate coefficient for SiO2(am) mol m�2 s�1 Variable
XMg/Fo Mole fraction Mg in olivine 1.84c

XMg,i Mole fraction of i in Mg component Calculated
aMg-Fo Kinetic fractionation factor – Variable
PMg26, PMg24 Concentration in VAL mol m�3 Calculated
P>SiO2

Concentration of >SiO2 in VAL mol m�3 Calculated
KSiO2

Equilibrium constant for SiO2(am) – 10�2.4067e

a Wogelius and Walther (1991).
b Calculated from TEM data based on thickness of active layer from (see Supporting materials).
c From Johnson et al. (2014) applied to experiments 1–4.
d From this study, applied to experiments 2R, 19R, 19S.
e From SUPCRT92 thermodynamic database (Johnson et al., 1992).
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The equivalent thickness of the active layer is 20 nm (h �14)
with a steady-state Mg/Si of 0.3–1.5 determined by (1) the
rates required to match the measured Mg and Si release
rates of Fig. 1 and (2) mass balance considerations based
on HR-TEM imaging of olivine cross-sections shown con-
ceptually in Fig. 4C.

As the active layer forms, residual silica populates the
volume that was once crystalline olivine. The volume
increase from crystalline olivine to amorphous silica, on a
per mole basis, is approximately 33%. Although volumetric
expansion mostly likely occurs during the formation of the
active layer, we cannot constrain the extent. Therefore, the
overall mass balance is calculated on a per mol basis so the
potential volume increase does not impact the model
results. Our calculation of VAL based on an active layer
thickness of 20 nm is consistent with a volume increase of
about 30% based on the HR-TEM results. Active layer
thickness is provided hereafter only as a guide.

Once the surface silica sites are formed, the dissolution
of surface silica can be treated as a reversible reaction:

> SiO2 þ 2H2O���! ���H4SiO4ðaqÞ ð2Þ
Closed-system experiments generally show a decrease in

dissolution rate as Si concentrations approach SiO2(am)
saturation (Daval et al., 2011; Saldi et al., 2013; Johnson
et al., 2014), consistent with Eq. (2) as a factor in the overall
dissolution rate. However, after SiO2(am) saturation is
reached in experiments 1, 2, 4 and 19R, Mg concentrations
continue to increase at a constant but slower rate. A similar
result was observed for Fo90 in the batch experiments of
Saldi et al. (2013). The observed dependence of overall rate
on aqueous Si concentrations combined with continued
dissolution once the active layer forms, suggests that
removal of silica is confined to the surface of the active layer,
CFoA, rather than occurring throughout VAL (Fig. 4B). This
spatial constraint is required to reproduce both the observed
non-stoichiometric dissolution, and the subsequent develop-
ment of a steady-state active layer thickness and dissolution
rate. Mathematically, the active layer can be viewed as a
reaction front that develops and moves inward at a rate
controlled by both the rate of Mg exchange according to
Reaction (1) and the net release of Si via Reaction (2).

Precipitation of new SiO2(am) can occur directly on the
mineral surface or in other parts of the reaction vessel as
shown by Reaction (3):

H4SiO4ðaqÞ���! ��� > SiO2 þ 2H2O ð3Þ
This local equilibrium controls the aqueous Si (i.e.

H4SiO4(aq)) at later stages of the experiments once
SiO2(am) saturation is exceeded (e.g., Fig. 1).

Reactions (1) through (3), combined with the conceptual
model of Fig. 4, emphasize the coupled reactions that occur
during the initial and steady-state periods of olivine disso-
lution. The rate of Reaction (1) and the net rate of Reaction
(2) can be considered to control the dissolution rate of oli-
vine, while Reaction (3) represents an indirect control on
both the rates of Reactions (1) and (2) at greater extents
of reaction progress as it determines the aqueous Si concen-
trations once amorphous silica saturation is reached.
Although previous models have considered such coupling
(Pokrovsky and Schott, 2000b; Daval et al., 2011), the spa-
tial relationships among the reactions have not been explic-
itly accounted for. We hypothesize that it is the spatial
relationship among the reactions that results in a stabilizing
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feedback that moderates overall dissolution rates, and
explains the majority of the dissolution behavior outlined
above.

Iron is also thought to play a role in the evolution of the
surface layer, particularly if Fe(III)-rich silica layers form
(Schott and Berner, 1983; Saldi et al., 2013; Sissmann
et al., 2013). For example, in an olivine dissolution experi-
ment conducted by Sissmann et al. (2013) gradual passiva-
tion of the olivine surface close to saturation with respect to
amorphous silica was attributed to the formation of Fe
(III)/Si-rich surface layer. As conditions in the reactor
became more reducing, the dissolution reactions resumed
presumably due to breakdown of the Fe(III)-rich passivat-
ing layer. In our experiments, based on measured H2(gas),
conditions remained reducing over the course of the exper-
iment, lessening the impact of ferric iron. We also do not
see Fe enrichment in the active or precipitated layer based
on TEM-EDS analyses of the reacted interfaces. Thus,
under more oxidizing conditions the model presented here
would need to be amended to account for the role of Fe
in passivating the forsterite surface.

4.2.2. Rate equations and inclusion of isotopes as additional

constraints

Similar to the assumptions commonly made to describe
mineral dissolution rates, most previous surface isotope
exchange models assume the surface layer composition is
at steady state (DePaolo, 2011; Nielsen et al., 2012). Here,
the development of the active layer results in a surface
layer that is multiple unit cells thick and evolving isotopi-
cally and compositionally through time. Such transient
behavior is difficult to solve for analytically. Thus, we use
a numerical model to track the fluid and solid composi-
tions over time given the coupling among Reactions (1)–
(3) enforced by the spatial constraints and the kinetic
framework presented below. The approach is conceptually
similar to that of Brantley et al. (2004) and Wiederhold
et al. (2006). However, previous studies were not able to
precisely constrain the size of the active layer, or did not
require it.

In order to develop a kinetic model for the Reactions
(1)–(3), that includes a provision for kinetic fractionation
of Mg isotopes during the early stages of dissolution, we
used a set of relationships that are based on the ‘‘ion-by-
ion” growth model developed for crystal growth and
applied to calcite precipitation in Nielsen et al. (2012,
2013). In this approach, the olivine dissolution rate is
described by the net rate Rnet, which is the difference
between the ion fluxes from (Rb) and to (Rf) and the sur-
face, where the subscript b refers to the backward or disso-
lution reaction and subscript f refers to the forward or
precipitation reaction (DePaolo, 2011). As Reaction (1) is
treated as irreversible, the flux of Mg is only characterized
by Rb, providing an opportunity to quantify both Rb and
the associated kinetic isotope effect. In contrast, Reactions
(2) and (3) are assumed to be reversible and thus only the
net Si release is observable.

The isotope-specific Mg exchange rate (RMg, mol/s)
from the active layer associated with Reaction (1) is a func-
tion of the rate coefficient for Mg exchange, mMg (s

�1) and
the concentration, Pi (mol/m3) of a given isotope or solid
component, i, in the surface layer:

R24Mg ¼ mMganHþP 24MgV AL ð4Þ
The dependence of Mg exchange rate on pH is expressed

via a dependence on the proton activity (aH+
n), where n is

between 0 and 0.5 (Pokrovsky and Schott, 2000a;
Rimstidt et al., 2012). The value of n is difficult to assess
because of the variable mechanisms for proton uptake, so
we adopt the value of 0.37 suggested by Rimstidt et al.
(2012) based on synthesis of a large number of experimental
studies conducted in the presence of CO2. The n value of
0.37 is also close to the slope observed between Mg concen-
tration and protons consumed in other studies and is
assumed to reflect the combined influence of exchange
and adsorption (Luce et al., 1972; Pokrovsky and Schott,
2000a). As Reaction (1) is expressed as a net reaction, the
assignment of an empirical (rather than stoichiometric)
value for n is required, and a sensitivity analysis of n values
is shown in Fig. S3. Similarly, for the minor isotope, 26Mg,
the rate equation can be written in terms of the common
isotope using the kinetic fractionation factor between
Mg2+ in olivine and in solution (aMg-Fo), to describe the
preferential removal of 24Mg:

R26Mg ¼ aMg-FomMganHþP 26MgV AL ð5Þ
The exchange rate coefficient, mMg, along with aMg-Fo

constitute the unknowns in the rate equations. Reaction
(1) is used to represent the stoichiometry for mass balance
purposes. Although we track the individual rates, VAL is
originally determined based on the molar volume of olivine,
and hence it is equivalent to calculating the rates in terms of
mole fraction and the number of original moles of olivine in
the active layer. Thus, any positive volume change associ-
ated with Reaction (2) does not impact our mass balance
results.

Although Mg isotopes are not required to model olivine
dissolution using our approach, we demonstrate how they
provide a useful constraint on the rate of Reaction (1).
The model approach we present may also be useful for con-
sidering other kinetic isotopes effects (e.g., Pearce et al.,
2012). However, in order to model isotopic fractionation
additional provisions are required. First, we calculate
P24Mg initially as a function of the mole fraction of Mg that
is 24Mg, X24Mg, and the stoichiometric Mg:Si ratio in oli-
vine, XMg/Fo (1.84 for the olivine considered here):

P 24MgðinitialÞ ¼ X 24MgXMg=FoV �1m ð6Þ
An analogous equation describes P26Mg. As the surface

layer evolves, PMg,i is tracked according to the individual
reaction rates. In addition to the coupling between Mg
and Si mole fractions in the solid associated with Reaction
(1), the removal of >SiO2 sites allows the reaction front to
migrate inward, supplying Mg2SiO4 to the active layer.
Thus, PMg,i is not only a function of the magnesium release
rate but also the net rate of Reaction (2). To describe the
net rate of silica release (R>SiO2

) from the active layer asso-
ciated with Reaction (2), we assume that the backward
(detachment) rate is a function of the concentration of
>SiO2 at the surface only, whereas the forward (attach-
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ment) rate is a function of both >SiO2 and the aqueous Si
activity, [H4SiO4]:

R>SiO2
¼ ðm>SiO2

P>SiO2
� k>SiO2

½H4SiO4�P>SiO2
ÞCFoAV m ð7Þ

where m>SiO2
(s�1) is the surface detachment rate and P>SiO2

is the concentration of Si surface sites throughout VAL and
k>SiO2

(M�1 s�1) is the rate constant associated with attach-
ment of SiO2 at the surface. The key difference between Eq.
(7) and Eqs. (4) and (5) is that the thickness of the surface
layer is not included in this rate expression because we
assume that the attachment and detachment of Si can only
occur at the surface rather than from the entire volume of
the active layer (i.e. h = 1). This treatment allows for incon-
gruent dissolution during the active layer formation, and
maintains a constant active layer thickness as suggested
by HR-TEM analyses. Eq. (7) is computed for the Si asso-
ciated with each Mg isotope. Initially P>SiO2

is assumed to
be zero, and is sequentially updated based on the rates from
Eqs. (4)–(7).

The rate of new silica precipitation is described accord-
ing to the equilibrium constant for SiO2(am), or KSiO2

, and
the rate coefficient kSiO2

(mol m�2 s�1):

RSiO2ðamÞ ¼ AkSiO2

½H4SiO4�
K>SiO2

� 1

� �
ð8Þ

To calculate both the non-steady state evolution of the
surface layer, and the spatial relationship between the
ion-specific reactions, we couple the rate formulations
above to the active layer concentrations (Pi) according to:

dP 24Mg

dt
¼ ð�R24Mg þ R>SiO2

X 24MgXMg=FoÞ=V AL ð9Þ
dP 26Mg

dt
¼ ð�R26Mg þ R>SiO2

X 26MgXMg=FoÞ=V AL ð10Þ
dP>SiO2

dt
¼ ½ðR24Mg þ R26MgÞ=XMg=Fo � R>SiO2

�=V AL ð11Þ

In Eqs. (9) and (10) the concentration of Mg in the
active layer is determined by the balance between the rate
of Mg exchange and the detachment rate of >SiO2, as
required to maintain the constant VAL suggested by HR-
TEM characterization. Similarly, the concentration of
>SiO2 is controlled by the difference between the rate of
Mg exchange, which generates >SiO2, and the net removal
of >SiO2 from the active layer. These equations emphasize
the coupling between the Mg and Si removal rates and the
distribution of Mg and Si in the altered layer.

The corresponding active layer Mg/Si (Mg/Si)AL can be
calculated from:

Mg

Si

� �
AL

ðtÞ ¼ ðPMgÞðtÞ= PMgðtÞ=XMg=Fo

� �þ P>SiO2
ðtÞ� �

:

ð12Þ
This approach uniquely allows us to track the Mg/Si and

d26Mg in the active layer and the fluid without assuming a
steady-state surface composition. We do not explicitly con-
sider Mg isotope fractionation associated with solid-state
diffusion as a potential factor given the low temperature of
the experiments (Verney-Carron et al., 2011); thus any frac-
tionation arising frommore rapid diffusion of 24Mgwould be
embedded in the calculated fractionation factor. In addition,
based on HR-TEM analysis roughly 50–85% of Mg is lost
from the active layer. Mg removal from the active layer
may occur directly to solution followed by aqueous diffusion
through open pores to bulk solution, and negligible fraction-
ation is predicted or observed for aqueous Mg diffusion
(Richter et al., 2006; Bourg et al., 2010).

The coupled set of equations represented by Eqs. (1)
through (12), combined with the constraints on the active
layer provided by isotopic data, HR-TEM analyses, and
time-resolved solution compositions, results in the follow-
ing adjustable parameters that are fit using the experimental
data (1) mMg (and aMg, which depends on mMg), and (2)
m>SiO2

and k>SiO2
, which determine R>SiO2

. The value of
kSiO2

cannot be precisely determined because we do not
know the surface area associated with SiO2(am) precipita-
tion, although the long-term steady-state Si concentrations
provide a useful constraint on the overall rate. We empha-
size that the model we present, although it considers the
fluxes of individual ions, is based on assumed relationships
and effective fluxes.

4.3. Application of model to experimental data

Tomodel the closed-system experimental data of Johnson
et al. (2014) and this study, we use a forward model of the
coupled set of Reactions/Eqs. (1)–(12) using the reactor vol-
ume, the initial mass of olivine, homogenous stoichiometric
olivine with Mg/Si of 1.84, and the measured BET surface
area as initial conditions (see Table 3 for parameter values
and sources). We do not consider aqueous or solid state dif-
fusion and thus rates are effective rates. Alkalinity is calcu-
lated based on the Mg release rate and is used to solve for
pH according to ‘‘apparent” equilibrium constants for CO2

solubility and carbonate speciation in the presence or
absence of 0.5 M NaCl and at appropriate temperature and
pressures using the model of Li and Duan (2007). We do
not include a fullmulti-component aqueous speciation calcu-
lation (i.e. we assume unit activity coefficients for aqueous
species). This simplification is justified because magnesite
precipitation does not occur within the time frame we are
modeling, and SiO2(am) solubility is not appreciably sensi-
tive to pH within the range of our modeling.

Because the early release rates of both Mg and Si are
controlled by the rate of Reaction (1), mMg was adjusted
to match the early (<�2–3 days) experimental Mg and Si
profiles. Then, because the net removal of >SiO2 according
to Reaction (2) controls the supply of the Mg to the active
layer via Eqs. (9) and (10), R>SiO2

is an additional control on
Mg concentrations at steady state. As Si concentrations
plateau once the active layer is formed due to SiO2(am) pre-
cipitation, the early SiO2 and long-term Mg profiles con-
strain the net >SiO2 dissolution rate. Accordingly, by
varying the ratio of m>SiO2

to k>SiO2
, the overall dissolution

rate was adjusted to match the long-term Mg profile. The
model fit to experiments 1 and 2 is considered the ‘‘refer-
ence model” hereafter, with parameters provided in Table 4.
The reference model was then adjusted to fit the additional
experimental data following the above procedure. A sensi-
tivity analysis for each model parameter is provided in
Fig. S3.



Table 4
Summary of model fits to experimental data, including individual rate constants and the final rates.

Experiment name mMg m>SiO2
k>SiO2

kSiO2
Log final rate aMg-Fo

(s�1) (s�1) (M�1 s�1) (mol m�2 s�1) (mol cm�2 s�1)

Exps. 1, 2a 3.0 ± 1.5 � 10�4 2.9 ± 1.4 � 10�5 <3.46 � 10�4c �3.3 � 10�9 �13.13
Exps. 3, 4a 8.6 ± 3.0 � 10�4 7.5 ± 2.2 � 10�5 1.7 ± 0.1 � 10�2 �3.3 � 10�9 �13.75 0.9993 ± 3

Exps. 2R, 19Rb 6 ± 3.0 � 10�4 2.5 ± 0.7 � 10�5 <7.3 � 10�4c �3.3 � 10�9 �13.01
Exps. 19Sb 1.0 ± 0.5 � 10�4 3.8 ± 1.3 � 10�6 <5.0 � 10�4c �3.3 � 10�9 �14.03
Wimpenny et al. (2010)d 2.1 � 10�4 3.4 � 10�4 nd nd �12.18 �0.999
nd: Not determined.
a Johnson et al. (2014), experiments conducted at 60 �C, 100 bars CO2.
b This study, experiments conducted at 60 �C, 100 bars CO2.
c Only the maximum possible rate could be determined for a given m>SiO2

.
d Experiments conducted at 25 �C, and pH 3. The surface layer thickness used in model is 28 nm, while other parameters are from the study

or provided above. Sensitivity is provided in Fig. 9.

326 K. Maher et al. /Geochimica et Cosmochimica Acta 174 (2016) 313–334
The model is able to reproduce the major features of the
data from experiments 1–4, including the initial incongru-
ent dissolution (Fig. 5). The Mg/Si in the active layer
evolves from 1.84 to 0.5 after 5 days (the isotopic and sur-
face layer evolution will be discussed in more detail in Sec-
tion 4.4). Relative to experiments 1 and 2, the early Mg
release rate in the electrolyte-free experiments 3 and 4 was
more rapid, followed by slower long-term rates (the corre-
sponding modeled pH evolution is provided in Fig. S4).
To fit the data requires an increase in mMg by a factor of
3 and a decrease in R>SiO2

by a factor of 4.5. Although we
cannot determine uniquely whether the decrease was associ-
ated with the attachment or detachment rate of >SiO2, to
account for the lower Si concentrations requires an increase
in k>SiO2

by a factor of 50. This is because increasing k>SiO2

more strongly impacts the steady-state Mg release rate,
while decreasing m>SiO2

impacts both early and steady-
state Mg and Si rates (cf. Fig. S3). The Mg isotopes also
place constraints on mMg as discussed in Section 4.4. How-
ever, the rapid increase in Mg concentrations appears to
require an increase in the thickness of the active layer
(AL) relative to the experiments that contained a support-
ing electrolyte (Fig. 5C and D). These changes in rate coef-
ficients result in a decrease in the overall olivine dissolution
rate from 10�13.1 to 10�13.75 mol/cm2/s between the refer-
ence model and the corresponding model for experiments
3 and 4 (Table 4). The rate constant for SiO2(am) precipita-
tion of 3.3 � 10�9 mol/m2/s, using the olivine surface area,
is also in agreement with previously published values at
neutral pH (3.1 � 10�9 mol/m2/s at 60 �C; Rimstidt and
Barnes, 1980).

Olivine dissolution rates at steady state have been previ-
ously shown to decrease with decreasing ionic strength (I)
of the solution. For example Pokrovsky and Schott
(2000b) observed a two-fold reduction in rate as I was
decreased from 10�1 to 10�3 M. The surface charge of fresh
unreacted Fo91 at low pH also decreases with decreasing I

(Pokrovsky and Schott, 2000a), which may allow for more
rapid exchange of Mg during early stages of dissolution.
Wang and Giammar (2013) also observed that olivine dis-
solution rates decrease with decreasing NaCl and proposed
that a steric effect associated with Na at or near the surface
allows protons greater access to the Si-rich layer and
promotes the release of Mg2+. The more rapid initial disso-
lution rates (at <2 days) and slower steady-state dissolution
rates (at >2 days) observed here in the absence of an elec-
trolyte are consistent with the above findings. The more
rapid initial Mg exchange rate also generates more deple-
tion of Mg in the active layer leading to model Mg/Si of
0.05 in experiments 3 and 4, compared to 0.5 in experiments
1 and 2. Thus, the lower R>SiO2

and increase in >SiO2 con-
centration in the active layer associated with more rapid
Mg exchange create a feedback that reduces the long-term
net dissolution rate substantially, despite the lower pH in
these experiments (see also Fig. S3). To determine the pre-
cise nature of the dependence of mMg and m>SiO2

on support-
ing electrolyte concentration would require a broader range
of experimental conditions and more detailed characteriza-
tion of surface properties over time.

Experiments 2R, 19S, and 19R, conducted with larger
olivine grains, show similar behavior and are well described
by the model after adjustment of some rate parameters
(Fig. 6). For experiments 2R and 19R, the data are best
fit with a mMg that is a factor of 3 greater than in the refer-
ence model but within the uncertainty, while R>SiO2

and the
associated Si rate parameters remained consistent with the
reference model. Overall rates are comparable to those
determined for experiments 1 and 2. In contrast, for the
un-mixed experiment 19-S, both mMg and R>SiO2

are slower
by a factor of 6 and 10, respectively, compared to the well-
mixed experiments. The experiments also yield net dissolu-
tion rates that are nearly an order of magnitude slower than
those determined for the rocking experiments. This differ-
ence in rate may reflect chemical gradients that decrease
both transport of H+ to the surface and transport of SiO2

away from the surface, and are not captured using the bulk
solution properties. Under these conditions, the calculated
rates are effective rates that include transport effects. The
data and modeling approach presented here do not allow
us to constrain the full dynamics of transport effects (e.g.,
Li et al., 2008; DePaolo, 2011).

4.3.1. Overall dissolution rates and comparison to previous

studies

The model rate profiles for net Mg and Si release (i.e.
R>SiO2

� RSiO2
) are shown as a function of time, pH, and
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SiO2(aq) in Fig. 7 for experiments 1 and 2. Early in the
experiments, Mg release rates are substantially greater than
Si. In the model, this occurs because the rate of Si dissolu-
tion depends on the formation of >SiO2 sites via the Mg
exchange reaction (Eqs. (7) and (11)). Conceptually, the
greater release rate of Mg compared to Si is attributed to
the weaker Mg–O bonds relative to Si–O bonds. The
atomic-level explanation for this preferential bond break-
age might involve an associative mechanism in which one
or more protons bond to an oxygen in the olivine near-
surface region, which is nominally bonded to three Mg2+

ions in octahedral coordination and one Si4+ in tetrahedral
coordination in the olivine crystal structure. The resulting
inductive effect, in which the more electronegative proton
(2.2 on the Pauling scale) relative to Mg (Pauling elec-
tronegativity of 1.3) pulls electron density out of the Mg–
O bonds, results in their lengthening and breakage due to
temporary overbonding of the oxygen. The loss of each
Mg2+ from the olivine structure would require its replace-
ment by two protons, resulting in a major disruption of
the olivine structure due to inductive (electron withdraw-
ing) and electrostatic (repulsive) effects. Thus, formation
of H–O bonds in olivine would lead to lengthening and
eventual breakage of the Si–O bond. Although no Si–O
bond breakage is required if SiO4 tetrahedra were released
to aqueous solution, polymerization of SiO4 tetrahedra to
form a Mg-depleted, Si-enriched amorphous layer would
require Si–O bond breakage. At lower pH, the incorpora-
tion of protons into octahedral sites to replace Mg should
be enhanced, thus resulting in higher Mg release rates. This
is accounted for in the model through the dependence of
Reaction (1) on H+. However, this atomistic model does
not easily explain why steady-state stoichiometric dissolu-
tion is achieved in the experiments and in the surface kinetic
model. Such an explanation would require a more complex
mechanism, likely involving the effects of up to six protons
replacing the three Mg2+ ions bonded to each oxygen in oli-
vine, which could lead to such rapid breakage of the Si–O
bond that stoichiometric dissolution is ultimately achieved.
The simplified macroscopic surface kinetic model formula-



0 5 10 15 20
0

10

20

30

40

50

60

0 0.5 1 1.5 2
0

5

10

15

20

5 10 15 20
0

5

10

15

20

Model Mg
Mg, Exp. 2R, 19R
Model−Si
Si, Exp. 2R, 19R

Model Mg
Mg, Exp. 19S
Model−Si
Si, Exp. 19S

a b

c

νMg/6

R>SiO2 / 10

Time (days)

[M
g]

 o
r 

[S
i] 

(m
M

)
[M

g]
 o

r 
[S

i] 
(m

M
)

Time (days)

Time (days)

AL = 20 nm

AL = 20 nm

Fig. 6. Model fit to the combined experiments 2R and 19R (well mixed) are shown over the full experimental duration (A), and during the
initial incongruent dissolution phase in (B). Model fit to experiments 19S (unmixed) (C). The changes in rate coefficients relative to the
reference model are indicated. All experiments were conducted at 100 bar and 60 �C in the presence of 0.5 M NaCl.

328 K. Maher et al. /Geochimica et Cosmochimica Acta 174 (2016) 313–334
tion presented here suggests that as Mg is preferentially
removed from the active layer, R>SiO2

is initially very low
due to low >SiO2 abundance in the active layer and
increases as Mg exchange proceeds. As further Mg is
removed, the Mg/Si in the active layer decreases, reducing
RMg. The attainment of stoichiometric steady-state dissolu-
tion in Fig. 7 thus results from the stabilizing feedback
among the Mg/Si of the active layer, aqueous Si concentra-
tions, and the ion-specific rates (i.e. Eqs. (5)–(7) and
(9)–(11)). In other words, the steady state stoichiometric
dissolution emerges naturally from the kinetic description
of the atomistic processes.

For olivine, the breaking of Si–O bonds at low pH is
typically designated as the rate limiting reaction for the rea-
sons discussed above. However, our modeling results sug-
gest that the overall dependence of the dissolution rate on
Mg and Si dynamics is complex (Fig. 8A, Fig. S3). When
we couple the individual steps in the dissolution (Reactions
(1) and (2)) through the composition of the surface layer
(Eqs. (9) through (11)), the processes that control the over-
all rate become more complex and it is not straight-forward
to assign a single rate constant or rate-limiting reaction. In
other words, the coupling imposed by Reactions (1)–(3)
exerts a strong control on the overall rate. This is shown
conceptually by individually varying the individual rate
constants and running the model to steady-state rates
(Fig. 8A). An additional sensitivity analysis is presented
in Fig. S3. As mMg increases, the overall dissolution rate
increases. This is because the removal of Mg increases
P>SiO2

and by extension R>SiO2
(Eqs. (7) and (11)). Similarly,

there is a stronger positive relationship between m>SiO2
and

the overall dissolution rate, and the inverse is true for
k>SiO2

. The initiation of a plateau in the overall rate at high
m>SiO2

is presumably because Mg exchange eventually
becomes limiting. Such conditions may occur at high pH
(Pokrovsky and Schott, 2000b). Finally the dependence of
the overall rate on kSiO2

is weaker, but occurs because net
SiO2(am) precipitation impacts R>SiO2

by controlling the
attachment rate of >SiO2 once SiO2(am) saturation is
reached.

Although we only assign a pH dependence to the Mg
exchange reaction, because of the couplings described
above the predicted steady-state model produces a pH
dependence in overall rates consistent with the observed
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ratios of the individual rate constants determined at 60 �C were
held constant from the reference model but decreased to fit the
lower temperature data; however, the rate constants likely have
slightly different temperature dependences.
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pH dependence of dissolution rates in the presence of CO2

(Fig. 8B). As above, the Mg release rate in the model influ-
ences the detachment rate of Si by moderating the concen-
tration of >SiO2. As the Si concentration in solution
increases (e.g., lower flow rates) the dissolution rates at
low pH plateau, resulting in a weaker dependence on pH
as the rate of net Si release becomes more important. This
appears to be consistent with results for closed-system reac-
tors (Wang and Giammar, 2013; Johnson et al., 2014).
Finally, as the pH increases, the Mg/Si in the active layer
also increases because of slower Mg release rates, in turn
decreasing R>SiO2

.

4.3.2. Consequences of spatial discretization and implications

for rate coefficients

Determination of all kinetic parameters is subject to
assumptions made regarding the reactive surface area,
and other factors that contribute to the observed overall
ion release rate (e.g., the dependence of overall rate on
pH, reaction affinity and ionic strength). Here, the observed
Mg release rate was reproduced according to the values
assigned to represent the VAL, mMg, and PMg (which is
partly a function of R>SiO2

). As noted previously, the HR-
TEM profiles show remarkable nanometer-scale complex-
ity. In contrast, the boundary conditions in the model
assume that stoichiometric olivine was supplied to the
active layer as >SiO2 was removed from the surface.
Because the balance between solid-state diffusion and inter-
facial dissolution and re-precipitation cannot be resolved
from our HR-TEM data, this assumption was necessary.
Below we qualitatively describe the uncertainty arising from
this assumption. In addition, we find that the rate coeffi-
cients differ in the presence or absence of a supporting elec-
trolyte. As a consequence, the rate parameters provided in
Table 4 should be considered ‘‘effective” rate coefficients
applicable to the specific experimental conditions.

Although the model reproduces the solution composi-
tion convincingly, we further evaluate the solid phase mass
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balance because the solid phase stoichiometry is coupled to
the rate coefficients via Eqs. (9)–(11). In order to calculate
the maximum amount of Mg removal from the HR-TEM
profiles, we assume constant volume replacement and that
Si is conservative throughout the altered layers (cf.
Fig. 4C). The resulting difference between the HR-TEM
and the model active layer is 29% and 12% for 19R and
19S respectively, which is reasonable given that the HR-
TEM results represent a maximum estimate of Mg deple-
tion. The consequence of preserving the mass balance
through averaging the active layer concentration is that
the value of PMg is artificially low (and P>SiO2

is high)
and measured concentration gradients are averaged. These
underlying assumptions are embedded in the effective rate
coefficients. However, effective rate coefficients can still be
useful if they capture the key processes: the model success-
fully reproduces both initial incongruent dissolution and
steady-state dissolution, as well as the formation of altered
surface layers. For olivine, given that most of the Mg deple-
tion occurs within the active layer, where Mg/Si ratios drop
from ca. 1.5 to 0.2 over approximately 30 nm, our treat-
ment of only the active layer appears reasonable. However,
more studies that provide HR-TEM constraints on compo-
sition and crystallinity of the surface as a function of depth,
combined with spatially resolved models that account for
solid-state interdiffusion (e.g., Yang et al., 2009), may yield
further insights into the importance of the amorphous-
crystalline transitions zone for the evolution of the active
layer, overall dissolution kinetics and isotopic
fractionation.

4.4. Isotopic fractionation and surface layer evolution during

dissolution

The rapid increase in dissolved Mg relative to Si
observed in the early stages of the experiment is correctly
reproduced in the model through the creation of a Si-rich
and Mg-depleted active layer as indicated by HR-TEM
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analyses (Daval et al., 2011). Fig. 9A shows the predicted
change in Mg/Si of the active layer (Mg/SiAL) from stoi-
chiometric values of 1.84 to steady-state values of approxi-
mately 0.05 in experiment 3. For comparison, in
experiments 1 and 2, with more rapid net dissolution rates
but lower Mg exchange rates, the Mg/SiAL is much higher
and stabilizes at values closer to 0.3. The d26Mg in experi-
ment 3 also showed increasing values over time that finally
approach the value of the starting olivine. Thus, we assume
that the initial 24Mg enrichment in solution reflects a pref-
erential breaking of 24Mg–O bonds resulting in a kinetic
isotope effect.

The d26Mg of the active layer (d26MgAL) and dissolved
Mg evolve in unison. Values of aMg-Fo of between 0.9995
and 0.999 are consistent with the observed isotopic varia-
tion in the dissolved Mg (Fig. 9B). In comparison to the dis-
solved Mg profiles, the model d26Mg of the surface layer is
complex. During the initial stages of reaction, Mg release is
most rapid as indicated by the rapid decrease in Mg/Si and
corresponding increase in dissolved Mg concentration.
Subtle variation in d26MgAL is evident at �4 days when
the Mg/Si depletion reaches steady state. Due to the ini-
tially high Mg exchange rate, a maximum in R>SiO2

also
occurs coincident with the d26Mg maximum because
P>SiO2

increases more quickly than aqueous SiO2 concentra-
tions, where the later controls the attachment rate (see
Fig. S5 for sensitivity analysis). This results in the early
enrichment of 26Mg of the active layer. As the rate of Mg
release decreases, an increased supply of Mg to the active
layer from the bulk crystal reduces the d26MgAL until even-
tually a steady-state balance develops between the net
release of >SiO2 and the supply of Mg. The slight drop in
the d26MgAL after 4 days is thus associated with the attain-
ment of a lower steady-state R>SiO2

. Once steady-state disso-
lution is reached, the dissolved Mg supplied to solution has
the isotopic composition of the crystalline olivine due to the
presence of the 26Mg-enriched surface and the assigned
fractionation factor, hence the measurable fractionation is
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no longer preserved in the fluid once a steady state is
reached. In contrast, because of the preferential removal
of 24Mg, the surface remains permanently enriched in
26Mg by a factor that depends on both mMg and aMg-Fo, even
though the active layer is penetrating inward over time
(Fig. S5).

Although the limited data in this study preclude full
evaluation of the Mg isotope systematics, the model sug-
gests that the isotopic composition of dissolved Mg under
closed-system conditions is much more sensitive to varia-
tions in mMg compared to variations in VAL, whereas the dis-
solved Mg responds identically to both (e.g., Fig. S3B,J). In
addition, because the early release rate of Mg determines
the isotopic fractionation, the isotopes are not appreciably
sensitive to the value of m>SiO2

. The sensitivity of the iso-
topes to only one model parameter suggests that isotopic
fractionation could provide a useful tool for constraining
individual ion exchange rates, even in the absence of HR-
TEM constraints. We also assume that secondary processes
such as sorption (Opfergelt et al., 2014) have a negligible
influence on the dissolved isotopic composition. As the con-
centration of dissolved Mg is substantial relative to the ini-
tial exchangeable Mg, and no other secondary phases were
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The experiments were also conducted only under closed-
system conditions where concentrations evolve with time.
To explore the ability of the model to reproduce observed
Mg, Si and d26Mg evolution under flow-through condi-
tions, we applied the model to the data of Wimpenny
et al. (2010) using their experimental conditions and
reported parameters. In the absence of HR-TEM con-
straints, we assume an active layer thickness of 20–40 nm
(an active layer thickness greater than 12 nm is required
to reproduce the observed features). The model suggests a
transient period of dissolution in the early stages
(<0.5 days) followed by attainment of steady-state release
(Fig. 10). The model is also consistent with the observed
d26Mg, although given the limited information and number
of measurements, the long-term behavior (i.e. attainment of
bulk olivine d26Mg values) and the value of aMg-Fo cannot
be precisely constrained. Relative to the closed-system
experiments, the flow-through experiments are highly sensi-
tive to the Mg exchange rate and much less sensitive to the
Si attachment and detachment kinetics, as suggested in the
earlier rate profile analysis (Fig. 10A and C).
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4.5. Implications for natural systems

It is likely that the kinetic isotope fractionation observed
and modeled here occurs during the dissolution of many
minerals, although it may not be observable under all con-
ditions. However, if several layers are active then an iso-
topically depleted layer may be maintained indefinitely on
mineral surfaces. The slower the preferential release rate
of the element is relative to the migration of the active layer,
the more strongly the fractionation will be expressed within
the mineral surface. In other words, the composition of the
surface layer is a function of both the kinetic fractionation
factor and the rate of release of the element. In most natural
systems, isotopic fractionation is likely not observable in
fluids as it occurs over a short time interval associated with
transient dissolution and evolution of the surface layer.
Similarly, the enrichment of the surface layer may not be
detectable in bulk analyses, although selective leaching pro-
cedures may access isotopically altered surfaces.

The importance of the composition of the surface layer
extends beyond the isotopes: the model predicts that net
rates of Mg and Si release are coupled through the compo-
sition of the surface layer. This enables the model to
account for the pH dependence of overall dissolution rates
and the effect of increasing concentrations of aqueous Si.
Although the model is applied to here to specific experi-
ments, we show how it can be used to predict steady-state
olivine dissolution rates across a broad range of pH values
if appropriate rate constants and active layer thicknesses
are determined (Fig. 8B). Flow through low-permeability
ultramafic and mafic rocks will result in compositional gra-
dients in the fluid such that accounting for the role of pH
and aqueous Si may be important for predicting rates in
natural systems.

5. CONCLUSIONS

Descriptive models of silicate mineral dissolution must
be balanced against their utility for describing complex
multi-component open systems. Kinetic models for silicate
mineral dissolution have been largely based on a simplified
version of Transition State Theory (TST), where the overall
dissolution rate is equal to the product of the kinetic rate
constant, surface area, the reaction affinity, and the activity
of ions that inhibit or accelerate dissolution. However, for
complex silicate minerals such as olivine and many other
major rock-forming minerals, the coupling among different
reactions to determine the composition of the dissolving
layer may be as important as reaction affinity in determin-
ing the overall dissolution rate.

The model approach used here also suggests that no sin-
gle reaction is rate limiting, but rather the relationships
between various components, over space and time, deter-
mine the overall forsterite dissolution rate. For example,
the dissolution of repolymerized SiO4 tetrahedra regulates
the supply of Mg to the active layer, while the net exchange
of Mg for protons controls the rate of re-polymerization of
SiO4 tetrahedra, leading to net mineral dissolution. The
interdependency of these processes appears to explain the
order of magnitude variation in overall dissolution rates
we observed and modeled. The possibility that similar pro-
cesses may occur in other silicate minerals is supported by
the observation of kinetic isotope effects during the dissolu-
tion of amphiboles and micas; however in such cases the
inter-relationship among individual components may be
more complex.

The approach presented here represents a model of
moderate complexity that affords an evaluation of the cou-
pling between the fluxes of individual ions and the overall
dissolution rate of olivine. Such an approach may be
advantageous in extracting rates from experimental data
and as an interpretive tool for probing the interconnection
among key reactions. Although parameterizing the rate
equations does require more information, the approach
presented here could still provide an alternative rate law
for geochemical and reactive transport models applicable
at the continuum scale (e.g., Druhan et al., 2013). Ideally,
such approaches might lead to improved models of min-
eral–fluid interactions across a range of geological
environments.
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