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ABSTRACT OF THE DISSERTATION

On the role of atmospheric forcing on upper ocean physics in the
Southern Ocean and biological impacts

by

Magdalena M. Carranza
Doctor of Philosophy in Oceanography
University of California, San Diego, 2016
Professor Sarah T. Gille, Chair

The Southern Ocean (SO) plays a key role in regulating climate by absorbing
nearly half of anthropogenic carbon dioxide (CO2 ). Both physical and biogeochemical
processes contribute to the net CO2 sink. As a result of global warming and ozone
depletion, westerly winds have increased, with consequences for upper ocean physics
but little is known on how primary producers are expected to respond to changes in
atmospheric forcing. This thesis addresses the impact of atmospheric forcing on upper
ocean dynamics and phytoplankton bloom development in the SO on synoptic storm
scales, combining a broad range of observations derived from satellites, reanalysis,

xii

profiling floats and Southern elephant seals.
On atmospheric synoptic timescales (2-10 days), relevant for phytoplankton
growth and accumulation, wind speed has a larger impact on satellite Chl-a variability than surface heat fluxes or wind stress curl. In summer, strong winds are
linked to deep mixed layers, cold sea surface temperatures and enhanced satellite
chlorophyll-a (Chl-a), which suggest wind-driven entrainment plays a role in sustaining phytoplankton blooms at the surface. Subsurface bio-optical data from floats and
seals reveal deep Chl-a fluorescence maxima (DFM) are ubiquitous in summer and
tend to sit at the base of the mixed layer, but can occur in all seasons. The fact that
wind speed and Chl-a correlations are maximal at zero lag time (from daily data)
and incubation experiments indicate phytoplankton growth occurs 3-4 days after iron
addition, suggests high winds in summer entrain Chl-a from a subsurface maximum.
Vertical profiles also reveal Chl-a fluorescence unevenness within hydrographically
defined mixed layers, suggesting the biological timescales of adaptation through the
light gradient (i.e. growth and/or photoacclimation) are often faster than mixing
timescales, and periods of quiescence between storms are long enough for biological
gradients to form within the homogeneous layer in density.
Directional winds can also modify upwelling/subduction patterns near oceanic
fronts. At the shelf-break front off Patagonia, the combined analyses of satellite and
in situ observations suggest along-front winds modulate the upwelling on synoptic
timescales, potentially through a nutrient pumping mechanism associated with the
interaction between along-front wind oscillations and the frontal structure through
Ekman transport.

xiii

Chapter 1
Introduction
Southern Ocean biogeochemistry plays a key role regulating the climate system, through the uptake of atmospheric carbon (e.g. Chisholm, 2000). Both physical
and biogeochemical processes contribute to the Southern Ocean carbon sink (e.g.
Morrison et al., 2015). However, little is known on how primary producers, that
absorb CO2 by photosynthesis, and the biological component of the carbon cycle
are expected to respond to future climate forcing in the Southern Ocean, and biogeochemical models show disagreement in their response (e.g. Hauck et al., 2015).
Given that westerly winds in the Southern Hemisphere are projected to increase as a
result of global warming (e.g. Ulbrich et al., 2009; Wang et al., 2012), a better understanding of how atmospheric forcing, and winds in particular, impact phytoplankton
bloom development will help in projecting how climate change could influence the
biological component of the global carbon cycle. This thesis explores the influence of
atmospheric forcing on chlorophyll-a (Chl-a) variability in the Southern Ocean, used
as a proxy for phytoplankton biomass, from an observational perspective, employing
a broad range of observations that come from satellites, reanalyses, cruises, profiling

1

2

floats and Southern elephant-seals.
The Southern Ocean is a High Nitrate Low Chl-a (HPLC) region. However,
phytoplankton blooms occur seasonally over continental shelves, near islands and
oceanic fronts. Phytoplankton accumulation results from the balance between growth
and processes that lead to losses (i.e. grazing, mortality, sinking), and upper ocean
physics is expected to influence both. Phytoplankton growth in the Southern Ocean is
known to be co-limited by iron and light (e.g. Martin et al., 1990a; Mitchell and HolmHansen, 1991; de Baar et al., 2005). Sources of bioavailable Fe mostly come from
the deep ocean, and physical processes that supply iron to the euphotic zone, where
phytoplankton can thrive, may influence phytoplankton growth. Stratification and
upper ocean mixing will also determine the light levels that phytoplankton are exposed
to, as they are mixed through the light gradient. Due to the limited influence of
terrestrial input, Southern Ocean waters generally conform to the classical bio-optical
classification of Case 1 waters, where phytoplankton are the dominant drivers of
optical variability (Morel and Prieur , 1977). Thus, phytoplankton often represent the
dominant contribution to absorption of light in the Southern Ocean (IOCCG, 2015),
which makes satellite Chl-a a relatively good proxy for phytoplankton abundance
(e.g. Siegel et al., 2013). Within the Southern Ocean temperature decreases with
increasing latitude, there is weak density stratification, little summertime surface solar
irradiance, and strong wind stress. The combination of these environmental factors
result in deep mixing, and generally favors large and pigment-packed phytoplankton
species that are well adapted to low light levels (IOCCG, 2015).
Atmospheric cyclonic activity shows little seasonality (compared to the Northern Hemisphere, e.g. Ulbrich et al., 2009), and strong winds may impact phytoplank-

3

ton growth and/or accumulation at the surface by several means. High winds, by
deepening the mixed layer through mechanical mixing, can lead to entrainment of
nutrients and/or phytoplankton from below the mixed layer. The wind stress curl
itself can induce Ekman pumping/suction that can lead to upwelling in the open
ocean, particularly south of the maximum westerlies. Wind directionality may also
influence upwelling/subduction rates, not only near a coast, but also at oceanic fronts,
through the interaction of the associated Ekman transport with the frontal structure.
The impacts of all these wind-induced processes on Chl-a variability in the Southern
Ocean are evaluated on the scales of atmospheric storm systems (2-10 days, > 300
km) over the open Southern Ocean, as well as over the Patagonian shelf, which is
presented as a case study of regional responses.
Chapter 2 looks into the impact of wind speed intensity and surface heat fluxes
on Chl-a variability through mixed-layer dynamics in the summer, when presumably
nutrients in the euphotic zone become depleted and light is abundant. Mixed layer
deepening through enhanced mechanical mixing and wind-stress curl induced upwelling, both of which may lead to nutrient enhancement in the euphotic zone, are
evaluated combining satellite Chl-a and winds, and heat fluxes from reanalyses with
mixed-layer depth estimates from profiling Argo floats. We find that high winds enhance satellite Chl-a in the summer over most of the open Southern Ocean, potentially
through mixed layer deepening.
Ocean color sensors mounted on satellites, however, only give information over
the first optical depth, which is roughly the upper 30 m of the water column, and
they cannot sense through clouds, imposing severe limitations to studies of biophysical interactions and Chl-a variability in the Southern Ocean. The advent of novel
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in situ bio-optical sensors that can be mounted on profiling floats and elephant seals
are providing unprecedented measurements that allow us to estimate vertical profiles
of Chl-a fluorescence through the upper ocean, throughout the year and under sea
ice. Chapter 3 exploits these new measurements from Argo biogeochemical floats and
southern elephant seal tags to assess the vertical structure of Chl-a fluorescence in
the Southern Ocean. We specifically assess the occurrence of deep Chl-a fluorescence
maxima and the vertical structure of Chl-a fluorescence within the mixed layer, where
properties are expected to be relatively homogenous. We find, even in the Southern
Ocean, where harsh weather conditions presumably lead to deep mixing and homogeneous properties, deep Chl-a fluorescence maxima are not uncommon, and may occur
in all seasons. Moreover, Chl-a fluorescence shows variability and gradients within
hydrographically defined mixed layers more often than commonly assumed. This
implies that the biological timescale of growth/photoacclimation is faster than the
mixing timescales. Assuming upper ocean mixing on these scales is largely driven by
the winds, this suggests periods of quiescence between storms are long enough to allow biological processes to take place, leading to uneven distributions in hydrographic
mixed layers.
Wind directionality can also influence upper ocean processes and upwelling/subduction rates near oceanic fronts, and, in Chapter 4, we investigate the role of wind
directionality over the Patagonian shelf-break front as a regional case study. The
Patagonian shelf off the eastern coast of South America is particularly relevant because it is the hottest spot in satellite Chl-a images of the Southern Ocean. Phytoplankton in the Patagonian shelf sustain the largest marine ecosystem in the Southern
Hemisphere, and the high rates of primary production make the region a strong sink
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of atmospheric CO2 . A 1500-km long persistent band of high Chl-a along the shelf
break is indicative of upwelling, but the mechanisms that drive such upwelling are
not entirely known. Leveraging from satellite data and the existing observations in
the region, we look into the impact of directional wind forcing on Chl-a variability at
the shelf-break front (SBF) off Patagonia. Results show that along-front winds modulate the Chl-a signal at the SBF on synoptic timescales, consistent with a pumping
mechanism associated with the interaction of oscillating along-front winds with the
frontal isopycnals. This study reveals along-front wind variability on synoptic scales
as a possible forcing mechanism that can drive variability in phytoplankton activity
and should be considered in future studies of upwelling at the SBF off Patagonia,
while contributing to the understanding of shelf-slope exchange processes.

Chapter 2
Wind-driven entrainment enhances
summer chlorophyll-a in the
Southern Ocean
Despite being the largest High Nitrate Low Chlorophyll (HNLC) region, the
Southern Ocean sustains phytoplankton blooms through the summer, when presumably there is sufficient light, but nutrients in the euphotic zone have been depleted.
Physical processes that can potentially supply nutrients from subsurface waters to the
euphotic zone, and promote phytoplankton growth in the summer, have not been fully
explored at the large scale. By means of a correlation analysis, this study combines
high-resolution satellite observations of ocean color, winds and sea surface temperature (SST), surface heat fluxes from reanalysis and Argo mixed-layer depth (MLD)
estimates to explore the role of the atmospheric forcing (i.e. winds and surface heat
fluxes) on upper-ocean processes that may help sustain high satellite chlorophyll-a
(Chl-a) through the summer. Two physical processes that can supply nutrients to
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the euphotic zone are: MLD deepening, caused by wind-mixing and/or surface cooling, and Ekman pumping driven by the wind stress curl. We find that high winds
correlate with high Chl-a over broad open ocean areas, suggesting that transient
MLD deepening through wind-mixing (i.e. wind-driven entrainment) helps sustain
high Chl-a. Wind-driven entrainment plays a dominant role on timescales associated
with atmospheric synoptic storms (i.e. < 10 days) and has a larger influence on
surface Chl-a than storm-scale local Ekman pumping. Based on our analysis of statistically significant correlation patterns, we identify regions in the Southern Ocean
where wind-induced entrainment may play a role in sustaining summer phytoplankton
blooms.

2.1

Introduction
The Southern Ocean plays a key role in regulating climate by sequestering

atmospheric CO2 through both the solubility and biological pumps (e.g. Martin et al.,
1990b; Chisholm, 2000; Tréguer and Pondaven, 2001; Marinov et al., 2008). It is a
High Nitrate Low Chlorophyll (HNLC) region where phytoplankton abundance is
primarily iron (Fe) limited (Martin et al., 1990a; Boyd , 2002; de Baar et al., 2005).
Although HNLC conditions abound in the Southern Ocean, phytoplankton blooms
occur annually close to continental shelves and major islands, as well as in open ocean
regions. Satellite observations and many studies based on in situ measurements have
shown blooms that persist through the summer (e.g. Blain et al., 2007; Korb et al.,
2008; Frants et al., 2013, see also Figure 2.1a). In this work we investigate physical
mechanisms that may be responsible for sustaining phytoplankton blooms through
the summer, when in most Southern Ocean locations Fe in the euphotic zone has been
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Figure 2.1: (a) Mean summer (DJF) Chl-a in mg m−3 based on 12 years of
satellite Chl-a data (2000-2011). (b) Percentage of weeks with missing values
in summer Chl-a data due to cloud and ice coverage, sun glint and low sun
angles. Thin black lines show the bathymetric contours of 1000 and 3000
m. The mean positions of the Subtropical (STF), Sub-Antarctic (SAF) and
Polar Fronts (PF, from north to south) are shown with white contours (from
Orsi et al., 1995).
depleted (e.g. Sedwick et al., 2011; Tagliabue et al., 2014). Considering that for at least
three months of the year the HNLC Southern Ocean is not light limited (Venables and
Moore, 2010), prolonged phytoplankton blooms likely require a continuous supply of
Fe to surface waters.
Several sources of Fe to the euphotic zone have been identified in the Southern Ocean (Boyd and Ellwood , 2010). These include Fe from dust deposition events,
Fe that is recycled within the euphotic zone due to remineralization of organic matter, and Fe brought up to the surface from subsurface waters by means of physical
processes. In seasonally ice-covered Antarctic waters, icebergs and sea-ice melting
constitute an additional source of Fe (Sedwick and Ditullio, 1997; Fennel et al., 2003;
Lancelot et al., 2009). Phytoplankton use primarily dissolved inorganic Fe (Sunda
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and Huntsman, 1995), while dust particles are dominated by minerals of Fe (Boyd
and Ellwood , 2010) and are not thought to be a major Fe source for most of the
Southern Ocean (e.g. Meskhidze et al., 2007; Wagener et al., 2008). Because the solubility of Fe from dust is low (Luo et al., 2005; Boyd et al., 2010; Baker and Croot,
2010), Jickells (2005) suggested there must be a large flux of particulate Fe through
the deep ocean, particularly beneath the major dust plumes, that can potentially
increase dissolved Fe concentrations at depth and, over the long term can increase
productivity in upwelling regions such as the Southern Ocean.
Despite abundant macronutrients such as nitrate, silicate-(Si)-depleted waters
north of the Sub-Antarctic Front (SAF) can prevent growth of large phytoplankton
(i.e. diatoms) and Fe-Si co-limitation may occur (e.g. Hoffmann et al., 2008; Martin
et al., 2013). In the summertime, even nitrate may become depleted, especially to the
north of the Sub-Tropical Front (STF, Pollard et al. (2002)). Hereafter, we will use the
word nutrients when referring to the limiting nutrient, which based on observations
could potentially be Fe, Si or nitrate depending on the region.
Nutrient supply in the Southern Ocean is thought to be controlled by ocean
dynamics (e.g. de Baar et al., 1995; Hense et al., 2003; Fennel et al., 2003; Moore,
2004; Meskhidze et al., 2007). Physical processes such as mixing, upwelling, horizontal
advection, secondary circulation associated with mesoscale features (i.e. eddies and
fronts), and entrainment due to changes in the mixed-layer depth (MLD), all can
contribute to the supply of nutrients to the euphotic zone. In this study, we focus
on physical processes controlling the vertical exchange of nutrients from subsurface
reservoirs to the euphotic zone through MLD dynamics.
The MLD controls nutrient availability as well as phytoplankton exposure to
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light and thus is of great relevance for phytoplankton growth (e.g. Sverdrup, 1953;
Mitchell and Holm-Hansen, 1991). The level of mixing and turbulence in the upper
ocean can also influence grazing rates (Behrenfeld , 2010) and has consequences for
the redistribution and accumulation of phytoplankton itself within the mixed layer,
which may lead to surface blooms regardless of the depth of the mixed layer (Taylor
and Ferrari, 2011a). Despite the recent debate on the extent to which the MLD is
relevant for phytoplankton bloom development (Behrenfeld , 2010; Taylor and Ferrari,
2011a; Chiswell , 2011), the atmospheric forcing that sets up stratification and mixing
in the upper ocean on timescales relevant to phytoplankton growth and accumulation
(days to weeks) likely impacts surface phytoplankton blooms.
On time scales of days to weeks, the MLD is largely determined by the turbulent mixing caused by the winds, and buoyancy forcing. Entrainment of nutrient-rich
and sub-mixed-layer waters, which are typically cold, occurs when the mixed layer
deepens. Numerical models and observational evidence show that wind-induced mixing events accompanied by deepening, and/or erosion of the seasonal thermocline can
significantly increase nutrient concentrations in the euphotic zone (Klein and Coste,
1984; Eppley and Renger , 1988; Marra et al., 1990; Lévy et al., 2009). Nutrient entrainment to the mixed layer follows the wind action with a time lag of hours, which
decreases with stronger winds (Klein and Coste, 1984), and because phytoplankton
populations can double more than once per day, and phytoplankton grazers are capable of population increases at much higher rates (i.e. up to five doublings per day,
e.g. Miller et al. (1991); de Baar et al. (2005)), the response of phytoplankton is
expected to be concomitant with wind-driven entrainment at daily scales. In extratropical latitudes, modeling studies show that changes in the MLD and the heat flux
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through the base of the mixed layer play an important role in the development of sea
surface temperature (SST) anomalies in the summer, when the entrainment rate is
generally dominated by wind-induced mixing (Alexander et al., 2000). In addition,
the wind-stress curl drives vertical velocities via Ekman pumping and can modulate
the entrainment process (e.g. McPhaden et al., 2008).
Global studies have shown that winds have a measurable influence on satellite
chlorophyll-a (Chl-a) variability (Kahru et al., 2010). In most parts of the global
ocean high wind speeds correlate with high Chl-a, implying either that winds deepen
the mixed layer resulting in more nutrients being entrained into the upper ocean
promoting phytoplankton growth, or alternatively that winds mix the deep Chl-a
maximum up to the surface. This is not the case in the Southern Ocean where wind
speed and Chl-a tend to be negatively correlated on monthly to seasonal timescales
(Fitch and Moore, 2007; Kahru et al., 2010). The most plausible explanation for
the inverse relationship is that in regions with very deep mixed layers in late winter,
strong winds tend to deepen the mixed layer enough to remove phytoplankton from
the euphotic zone and thus reduce their mean light levels, impacting their growth
rates. Although the MLD is shallowest in the summer, the water just below the
seasonal mixed layer has potentially low stratification, and small anomalous increases
in summer winds can therefore easily remix the upper layer, reestablishing deep mixed
layers, which would tend to decrease Chl-a (Kahru et al., 2010). The suggested inverse
relationship between Chl-a and MLD is in agreement with the relationship observed
between Fe-addition experiments (de Baar et al., 2005), where those in the Southern
Ocean associated with deeper mixed layers showed lower surface Chl-a values.
The Southern Ocean is exposed to strong surface winds associated with the
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high atmospheric synoptic activity that characterizes the Southern Hemisphere all
year round (Hoskins and Hodges, 2005). The Southern Annular Mode (SAM) has
intensified in response to Antarctic ozone depletion, leading to stronger surface westerlies, particularly during austral summer (Thompson et al., 2011), when coincidentally phytoplankton blooms tend to peak. Because the deepening of the MLD has the
potential to entrain nutrients and promote phytoplankton growth when light is not
limiting, the MLD may play a critical role in the summer if mixing events are strong
enough to deepen the mixed layer. We will show that, despite strong summer winds,
summer MLDs do not vary substantially from the seasonal mean. They are shallower
and closer to the euphotic depth, potentially allowing for anomalous deepening of the
seasonal MLD to entrain nutrients efficiently.
The purpose of this study is to explore the influence of atmospheric synoptic
storms on summer phytoplankton abundance in the Southern Ocean.s We focus on
the roles of winds and buoyancy forcing, which can deepen the mixed layer resulting in
entrainment from below the base of the mixed layer. We also explore the contribution
of Ekman-induced upwelling to the entrainment process. A schematic of the physical
processes considered is shown in Figure 2.2. Our approach is a correlation analysis
that combines data drawn from a broad range of sources including satellite data,
reanalysis and Argo floats. We correlate high resolution physical variables that can
elucidate the dynamics of the MLD with satellite Chl-a, which serves as a proxy
for phytoplankton biomass. Because over coastal areas and close to islands/plateaus
along the Antarctic Circumpolar Current (ACC) pathways the dynamics are expected
to be influenced by other processes that are not necessarily wind-related, we focus our
analysis on open ocean phytoplankton blooms. Based on our analysis of statistically
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Figure 2.2: Schematic of physical processes considered in this study that
can lead to entrainment of nutrient-rich, and typically cold sub-surface waters
into the euphotic zone. MLD: mixed layer depth, Zeu : euphotic depth, τ :
wind stress, Qnet : net heat fluxes and wEk : Ekman pumping.
significant correlation patterns, we identify regions in the Southern Ocean where
wind-induced entrainment may play a role in sustaining summer blooms.

2.2

Data and methods
The entrainment rate of any given property at the base of the mixed layer,

h, can be written as (e.g de Szoeke, 1980; Musgrave et al., 1988; Close and Goosse,
2013):

we =

∂h
+ wEk (h),
∂t

(2.1)

where the first term in the right hand-side represents turbulent entrainment as the
MLD deepens, and the second term is a modulation of entrainment caused by non-
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turbulent vertical advection due to Ekman pumping (wEk ). Deepening of the MLD
can be caused by wind-induced mixing and/or surface cooling, two processes that
can generate turbulence at the base of the mixed layer. On the other hand, wEk
represents the vertical displacement of the material surface that defines the base of
the mixed layer, solely as a result of mixed-layer divergences driven by wind-stress
curl (wEk = ∇ × τ /ρf ). In the Southern Hemisphere where f < 0, Ekman-induced
upwelling (i.e. Ekman suction, wEk > 0) occurs when the wind-stress curl is negative.
Both contributions to the entrainment rate are tightly linked to the atmospheric
forcing, for which satellite and reanalysis data are available, allowing us to address
the potential impact of these processes in a large-scale context.

2.2.1

Satellite data
At least weekly temporal sampling is needed in order to capture variability

driven by fast-moving atmospheric storm systems and phytoplankton turnover. Here
we use 9 years of daily and weekly (i.e. 8 days) satellite estimates of Chl-a, SST and
winds for the period June 2002 to May 2011 when all observations are available. The
start and end of this period are dictated by the Advanced Microwave Scanning Radiometer (AMSR-E), which is used for SST. In our analysis, we only include data from
the austral summer months (December, January and February, DJF) that comprise
a total of 812 days.
Chl-a is used as a proxy for phytoplankton biomass. Although in some regions
of the world’s oceans Chl-a may respond more closely to physiological changes rather
than phytoplankton biomass, in the Southern Ocean, Chl-a and phytoplankton carbon
are well correlated (Le Quéré et al., 2002; Behrenfeld et al., 2005; Arrigo et al.,
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2008). We use Chl-a data from multiple sensors merged by the European Space
Agency’s GlobColour project. The data are reported on a 25 km × 25 km grid,
and are determined using the bio-optical model described by Maritorena and Siegel
(2005). The main advantage of using the merged product is the increased number
of observations in the Southern Ocean, where persistent cloud coverage represents an
obstacle for ocean color sensors. Cloudiness shows a pronounced seasonal cycle over
the Southern Ocean with higher cloud incidence during the winter season (Verlinden
et al., 2011), when Chl-a values are presumably low. In addition to clouds, ice cover
and low sun angles south of 65◦ S often result in no valid data, and more than half of
the year Chl-a cannot be retrieved. However, in the summer the percentage of missing
data is significantly reduced, and only regions close to the Antarctic continent are
severely impacted by missing data (Fig. 2.1b).
A phytoplankton bloom is generally defined as an increase in Chl-a concentration relative to a threshold value (e.g Henson and Thomas, 2007; Fitch and Moore,
2007; Racault et al., 2012). Behrenfeld (2010) suggests looking at changes in net
population growth rates (i.e. r = ln(Chl-at1 /Chl-at0 )/∆t) rather than biomass (i.e.
Chl-a). In the Southern Ocean, the use of net phytoplankton growth rates significantly limits the number of observations, even when considering 4-day averages to
compute initial and final Chl-a values for a given week. Here we are interested in
intra-seasonal variability and use Chl-a anomalies relative to a climatological mean
to preserve the highest possible temporal resolution. We find that the absolute value
criterion (e.g. Chl-a > 0.8 mg m−3 in Fitch and Moore (2007)) misses small-amplitude
phytoplankton blooms, and for this study we consider positive Chl-a anomalies to be
indicative of a bloom. The criterion we use captures more open ocean blooms, where
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winds and the dynamics of the mixed layer are likely to play a major role in sustaining
high Chl-a.
Chl-a anomaly maps were computed for each day and week using the ratio of
observed Chl-a to a multi-year time mean and expressed as a percentage, i.e.:

Chl-a0 =

ln(Chl-a) − ln(Chl-a)
ln(Chl-a))

× 100.

(2.2)

Since Chl-a is approximately log-normally distributed, we use a geometric mean (i.e.
Chl-a = exp (ln(Chl-a)) to compute mean values whenever necessary. The use of the
log-normal distribution as a model for the variability of Chl-a has been supported
both empirically and theoretically (Campbell , 1995). This assumption works well if
the variance is relatively low (IOCCG, 2004). However, in many cases Chl-a binned
data show a bimodal structure. We find that our results are not sensitive to the
way in which Chl-a anomalies were calculated, and the quantity Chl-a −Chl-a yields
similar correlation patterns.
In the range of Chl-a values typical for the Southern Ocean (0.2-2 mg m−3 ),
satellite Chl-a algorithms tend to underestimate Chl-a by a factor of 2-5 compared
to in situ measurements (Kahru and Mitchell , 2010; Guinet et al., 2013). Surface
Chl-a may also underestimate vertically integrated values of Chl-a for the euphotic
zone due to subsurface maxima (Holm-Hansen et al., 2005; Knox , 2007; Arrigo et al.,
2008). Assuming an absolute bias offset that is uniform across the Southern Ocean,
systematic underestimation of Chl-a will not impact our results, since the analysis of
correlation patterns is based on anomalies.
We use the Cross-Calibrated Multi Platform (CCMP) ocean surface winds.
These winds are produced using a variational analysis method that blends data from
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multiple satellites (Atlas et al., 2011a). CCMP winds are available on 25 km ×
25 km grids and are distributed by the Physical Oceanography Distributed Active
Archive Center (PO.DAAC). By taking advantage of the differences in the orbits
between the platforms and sampling times, they provide reliable wind fields at 6hour temporal resolution. In comparison with observations from the Stratus buoy
(20◦ S, 85◦ W), CCMP winds provided higher coherence at high frequencies than
single satellite observations for QuikSCAT, WindSat or ASCAT winds. CCMP winds
yielded higher correlations with MLD than did other wind products, and in this paper,
only results from CCMP winds are presented.
To compute wEk , wind stress was estimated following Risien and Chelton
(2008) from the meridional and zonal components of the wind. Wind-stress curl
fields were computed using spherical coordinates and smoothed using a moving block
average with a flat kernel of 4 × 6 grid cells, resulting in an effective resolution of
100 km × 150 km (results were not sensitive to the choice of boxcar versus circular
or Gaussian filter).
We use microwave SSTs from the AMSR-E instrument carried on board the
Aqua satellite. These data are provided by Remote Sensing Systems (RSS) on a 25
km × 25 km grid (version 7). Microwave SSTs are not strongly affected by clouds,
in contrast with infrared SSTs or ocean color, both of which provide gappy data in
the Southern Ocean due to persistent cloud cover. Missing data in AMSR-E SST
are due to high wind speed (> 20 m s−1 ), sun glint, rain, sea ice or proximity to
land. The AMSR-E measurements tend to overestimate SST due to undetected ice,
and in summer they have been shown to be warmer than in situ observations (Dong
et al., 2006), whereas infrared SSTs tend to underestimate surface temperature due
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to cloud contamination. For completeness, we also tested daytime infrared SSTs from
the Moderate Resolution Imaging Spectroradiometer (MODIS-T on Terra). MODIST SSTs yield similar results in correlation coefficients between the variables, albeit
with larger statistical uncertainties because of data drop-outs due to cloud cover.

2.2.2

Reanalysis data
For surface heat fluxes we use the coupled global NCEP Climate Forecast

System Reanalysis (NCEP/CFSR, Saha et al. (2010a)). This reanalysis provides
higher resolution (1 hour and 0.5◦ × 0.5◦ ) compared with previous reanalysis. Since
NCEP/CFSR reanalysis incorporates satellite measurements, especially in the Southern Hemisphere, the accuracy increases over time (Saha et al., 2010b), and the net
ocean surface heat flux (Qnet ) has smaller biases than the NCEP/NCAR reanalysis
(Xue et al., 2011). Here positive Qnet is defined as flux into the ocean (i.e. the ocean
heats). Although CFSR reanalyses show significant improvements over previous reanalyses (Xue et al., 2011), remaining uncertainties in the surface heat fluxes could
impact our results. To gain confidence in our results we repeated the analyses using
the ERA-Interim heat fluxes from the European Centre for Medium-Range Weather
Forecasts (ECMWF), and overall results did not change.

2.2.3

Argo mixed-layer depth
Most large-scale studies that address physical mechanisms responsible for the

observed patterns in satellite Chl-a rely on numerical models or ocean reanalysis when
considering the effect of stratification and MLD dynamics (e.g. Llido et al., 2005;
Alexander et al., 2008; Behrenfeld , 2010; Fauchereau et al., 2011). Here, we use in-
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situ MLD estimates for 48,588 summer Argo profiles in the Southern Ocean during
the period 2001-2011 (Holte et al., 2010). The number of Argo profiles increased
substantially over time (from 35 in 2001 to > 1,807 in 2004, and > 7,974 in 2011).
Holte and Talley (2009) provided 5 MLD estimates. In summer, differences between
these are typically less than 10 m (Dong et al., 2008; Stephenson et al., 2012), and
all definitions of the MLD produced similar patterns when correlated with other
variables. Here we show results based on the density threshold criterion of 0.03 kg
m−3 (de Boyer Montégut et al., 2004). In winter months Stephenson et al. (2012)
showed ocean heat content to provide a better measure of upper ocean variability
than MLD, but for this summer-oriented study we focus on MLD, since MLD can
influence nutrient availability in the euphotic zone.

2.2.4

Statistical analysis
To explore the influence of atmospheric storms on upper ocean physics and

summer Chl-a variability, we compute maps of local correlation coefficients between
anomalies of Chl-a and physical variables: wind speed, Qnet , wEk and SST. At each
grid cell a time series of anomalies of each of these variables was constructed (except
for wEk ), from which local correlation coefficients were computed.
To match the spatial resolution of all data sets, we have chosen to coarsen
the resolution of Chl-a, SST and winds to match that of surface heat fluxes by bin
averaging into a 0.5◦ × 0.5◦ grid.
Because MLD deepening due to turbulent processes and Ekman-induced upwelling may be expected to operate on different timescales (de Szoeke, 1980), we
tested both daily and weekly correlations. For most of the analysis shown, we use
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daily anomalies calculated by subtracting monthly climatological means in order to
eliminate the seasonal variability and long-term trends. When using weekly anomalies, we removed the muti-year weekly means.
Consecutive data dependence of daily data can reduce the number of degrees
of freedom and impact the evaluation of statistical significance. To make significance
more robust when testing for daily correlations, we high-pass filtered the data in time
using a cut-off frequency of 10 days chosen to highlight the effects of synoptic storm
systems (Vera, 2003). Missing data in daily fields were linearly interpolated in time
prior to filtering and subsequently padded as missing values. For daily correlations,
we show results obtained by subtracting from the original time series of anomalies
the low-pass filtered time series using an 11-point moving average run forward and
backward to preserve the phase (i.e a 21-point triangular filter). Other filters commonly used to extract the variability associated with the atmospheric synoptic scale
were also tested (e.g a Butterworth 4-pole filter following Nakamura et al. (2002))
and gave qualitatively similar results.
The SAM and El Niño Southern Oscillation (ENSO) are the dominant modes
of climate variability in the Southern Ocean, and both can influence upper ocean
dynamics and Chl-a (e.g Le Quéré et al., 2002; Lovenduski and Gruber , 2005; Sallée
et al., 2010). Here, we are interested in the response of Chl-a to local wind forcing, and we high-pass filter the data in the time domain to minimize the impact of
low-frequency or remote coupled ocean-atmospheric forcings. High-frequency variability associated with the SAM (e.g Baldwin, 2001) may remain in high-pass filtered
timeseries. Our results, however, are largely unchanged if we specifically remove the
variability associated with SAM and ENSO from all anomaly time series by subtract-
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ing the least squares regression onto SAM and ENSO indices.
Oceanic mesoscale features can significantly modify upper ocean physics and
biology and are marginally resolved at 25-km resolution. Consistent with the first
baroclinic Rossby deformation radius, satellite Chl-a shows mesoscale structures smaller
than 175 km south of 30◦ S that are comparable to decorrelation scales of altimetry
and SST data (Krauss et al., 1990; Stammer , 1998; Doney, 2003). The anisotropy
found in altimeter data is, however, less apparent in Chl-a mesoscale variability
(Doney, 2003). To suppress oceanic mesoscale processes in our data, we spatially
smooth anomaly fields of all variables using a rectangular window of 14 x 14 grid
points (350 km x 350 km). For Chl-a, we smoothed ln(Chl-a) and the geometric
means prior to computing anomalies to avoid unrealistic large values. Given that
mean currents in the ACC are roughly 20 cm s−1 (or 17 km day−1 ), at daily scales
and 175 km effective resolution, advection can be neglected, and the correlation patterns reflect local processes.
When testing for a dependence relation between the variables, we use the
non-parametric Spearman correlation coefficient (Gibbons, 1985) because it does not
assume prior knowledge of the probability distribution function to determine statistical significance and it is less sensitive to outliers. Spearman’s test has difficulties
when the sample size is very small and therefore we compute correlations only when
N>10.
SST is often used as a proxy for nutrients with the implicit assumption that
SST variability is associated with upwelling or entrainment. However, there are multiple feedbacks between the oceanic and atmospheric boundary layers through changes
in surface heat fluxes that can impact the SST and other physical variables. To avoid
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spurious correlations, for parts of this study we compute partial correlations (see e.g.
Box et al., 1994). Partial correlations measure the degree of association between two
variables with the effect of a controlling variable removed. The method essentially
involves a correlation between the residuals that result from the linear regression of
each variable against the controlling variable.
In this study we are mostly interested in the sign of correlations and the
processes that may be driving the observed patterns. The magnitude of a change in
SST that is expected given an increase in winds may be useful, for instance, for the
design of observational experiments at sea. In the auxiliary material, we also supply
slopes of the linear regression model for all significant correlations presented here.
To address how much of the summer MLD variability observed in Argo is
accounted for by surface forcing, we correlate anomalies of the MLD with anomalies
of wind speed, Qnet and SST. For each profile, MLD anomalies were computed relative
to a summertime mean MLD field (Fig. 2.4a), constructed by averaging Argo MLD
estimates onto a 2◦ × 4◦ grid for the summer season. The number of Argo estimates
averaged in each bin is shown in Figure 2.4c. Climatological monthly MLDs were
also considered but these resulted in significant data loss due to the poorer coverage
in monthly mean MLD maps. To correlate MLD anomalies with satellite variables,
we found the closest observations of the physical variables in space and time that
matched with the location and time of the Argo profiles in 2◦ × 4◦ bins, and within a
time window of 3 days. Because time series of data pairs in each bin are constrained
by the availability of Argo profiles and, therefore, very gappy, we chose not to spatially
smooth or high-pass filter the data in time when correlating against MLD. However,
a correlation test using filtered satellite and reanalysis fields against unfiltered MLD
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anomalies yields similar results.

2.3
2.3.1

Results
Southern Ocean phytoplankton blooms
Mean summer Chl-a based on 12 years of ocean color data is shown in Fig-

ure 2.1. Large values in Chl-a are found over most of the continental shelves (> 1 mg
m−3 , e.g. around South America and the Antarctic continent), downstream of Drake
Passage and near major islands (e.g. Kerguelen Plateau, South Georgia and South
Sandwich Islands, Crozet Islands) but also relatively large values (> 0.4 mg m−3 ) are
observed in open ocean areas sometimes associated with the mean position of frontal
features (e.g. in the STF, over the western part of ocean basins, along the northern
most dashed white line in Figure 2.1a). These areas of high Chl-a coincide with areas
of elevated surface particulate organic carbon and primary production in the Southern Ocean (Moore and Abbott, 2000; Sokolov and Rintoul , 2007; Arrigo et al., 2008;
Allison et al., 2010). The asymmetry in Chl-a along the 40-50◦ S band between the
Atlantic-Indian sector and the eastern Pacific was noted by Thomalla et al. (2011),
who attributed the lower Chl-a values in the Pacific to limited Fe supply from the
deep due to relatively shallower winter mixed layers.
Although bloom initiation in the Southern Ocean south of ∼ 40◦ S occurs in the
spring (Sep-Nov, Thomalla et al., 2011), elevated values of Chl-a can persist for more
than 12 weeks (Racault et al., 2012). In Figure 2.3 we show the month of occurrence
of maximum Chl-a based on the climatological annual cycle (i.e. averaged monthly
mean maps of Chl-a). We also calculated the most frequent month of occurrence of
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Figure 2.3: Month of maximum Chl-a, based on 12 years of monthly data
(2000-2011). The mean positions of the STF, SAF, and PF (from north to
south) are shown with white contours (from Orsi et al., 1995).
the peak by keeping track of the month of maximum for each year in the record and
computing the mode, and a similar structure was obtained. Chl-a tends to peak in
the summer over large areas (red tones in Figure 2.3) within the ACC, whereas to the
north of the ACC Chl-a tends to peak in the spring (blues in Figure 2.3). To the north
of the STF, Chl-a reaches its maximum in winter (dark greens in Figure 2.3) when
the MLD is deepest (70-100 m in the Atlantic and Pacific and somewhat shallower
in the subtropical Indian sector), and its minimum in the summer when the MLD
is shallowest (∼ 40 m, see Figure 2.4a). This agrees with the findings of Thomalla
et al. (2011), who carried out a detailed analysis of the seasonal cycle of Chl-a in the
Southern Ocean, showing that the bloom initiation progresses meridionally with the
latitudinal progression in light intensity (Racault et al., 2012).
Regional differences in the phasing of the seasonal cycle suggest nutrient limitation may be more pronounced during different times of the year depending on the
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location. Thus, the summer season based on the calendar year may not resemble a
nutrient-limited regime everywhere in our domain. For example, north of the STF
where Chl-a reaches its maximum in late winter, a nutrient-limited regime will likely
be more pronounced in the spring. As an alternative to the DJF definition of summer, we also considered the two months that follow the month of the Chl-a peak
in the annual cycle for our analysis, defining a summer-like season for each grid cell
that best represents the time of the year when phytoplankton growth is presumably
nutrient limited. Correlations based on the summer-like season give slightly larger
values north of the STF, but overall patterns remain unchanged and, throughout this
paper results we show are for the austral summer months (DJF).

2.3.2

Summer atmospheric forcing and MLD variability
In this section, we examine the impact of atmospheric forcing (i.e. winds and

surface heat fluxes) on summertime MLD dynamics, since this is a key step to evaluate
how anomalies in Chl-a are related to physical forcing.
Winds over the Southern Ocean are strong year round, with little seasonal
variation (Yuan, 2004; Gille, 2005). Mean summer winds are ∼12 m s−1 in the
circumpolar band (Fig. 2.5a), but extremes are much greater. Weekly and daily
anomalies can reach up to 10 m s−1 and 20 m s−1 respectively. In regions where
the winds are weaker (i.e. in the subtropical and polar bands) there is considerable
gustiness (not shown), and ocean circulation models show the Southern Ocean MLD
to be sensitive to gustiness in the winds (Lee et al., 2008).
The MLD is shallowest in the summer (MLD < 90 m, see Figure 2.4a) and
closer to the euphotic depth (∼100 m in oceanic waters surrounding Antarctica, Knox ,
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2007), which allows for optimal conditions of light for phytoplankton to grow. As the
MLD shallows, strong wind events are more effective in deepening the mixed layer
to entrain water from just below the base of the mixed layer. The summer MLD
varies substantially in the Southern Ocean (Fig. 2.4b) with a standard deviation
ranging from 15 m to 30 m. Variability is highest in regions with deep seasonal
mixed layers (Fig. 2.4a). However, Argo data do not show extremely deep summer
MLDs. This suggests that in the summer, strong wind events may reduce upper-ocean
stratification without completely eroding the seasonal mixed layer.
By enhancing vertical mixing in the upper ocean, strong winds have the potential to entrain cold waters into the mixed layer thus influencing the mixed-layer
heat budget (Bonekamp et al., 1999) and producing cold SSTs. This would imply a
negative correlation between wind speed and SST anomalies, as discussed by Price
(1981) for hurricane conditions. However, SST can also induce changes in the winds
by setting up instabilities in the marine atmospheric boundary layer (Wallace et al.,
1989) with implications for surface heat fluxes. In the extra tropics, Xie (2004) interpreted negative correlations between wind speed and SST as indicating that the
ocean passively responds to wind-induced latent and sensible heat fluxes. In our
analysis, wind speed and SST are also strongly correlated with Qnet (not shown). To
suppress the effect of surface heat fluxes, in Figure 2.5b we show partial correlations
between wind speed and SST controlling for Qnet . Statistically significant negative
correlations arise over the entire domain, and suggest that SST changes in response
to entrainment of subsurface waters. Our correlations indicate wind speed alone can
explain as much as 80% of the variance observed in SST.
MLD data from Argo are less numerous than SST or wind data, but they
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Figure 2.4: (a) Mean summer (DJF) MLD and (b) standard deviation of
the summer MLD averaged in 2◦ × 4◦ bins for the period 2001-2011. The
MLD is defined using a density threshold criteria (threshold of 0.03 kg m−3 ,
following de Boyer Montégut et al. (2004)). (c) Number of summer (DJF)
Argo MLD estimates averaged in each bin. The mean positions of the STF,
SAF, and PF (from north to south) are shown with black contours (from
Orsi et al., 1995).
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support the hypothesis inferred from the SST versus wind correlation, that strong
summer wind events lead to cooler SSTs, because they deepen the mixed layer. Figure 2.6a shows positive correlations between wind speed and MLD throughout the
Southern Ocean, implying high winds deepen the mixed layer. To a lesser extent,
surface cooling also contributes to deepening the MLD (i.e. negative correlations
between Qnet and MLD in Figure 2.6b). On average, wind speed explains 21.8% of
the MLD variance versus 16.7% explained by Qnet . The lower number of statistically
significant correlations in Figure 2.6b compared to Figure 2.6a also suggests that in
the summer winds have greater influence on MLD than Qnet . Correspondingly Figure 2.6c indicates that deep mixed layers are correlated with cold SSTs, supporting
the hypothesis that anomalous deep mixed layers permit entrainment of cold water
into the mixed layer. Changes in the MLD account for roughly 30% of the SST
variance, and therefore SST alone may not be a good proxy for MLD. To suppress
feedbacks with the marine atmospheric boundary layer, partial correlation coefficients
were also computed. These patterns, based on fewer data points constrained by the
availability of three variables, showed fewer bins with statistically significant correlations (not shown) but larger correlation coefficients of the same sign as shown in
Figure 2.6. Non-significant correlations to the south of the ACC in Figure 2.6 may
reflect both salinity effects that are important due to ice melting in the summer and
the scarcity of Argo profiles. Correlations also tend to be non-significant over the
Atlantic sector, where the number of available MLD estimates is smaller than in the
Pacific (Fig. 2.4c).
To summarize, the results in Figure 2.6 imply that wind speed contributes more
than Qnet to summer MLD variability, but both variables influence stratification and
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Figure 2.5: (a) Mean summer (DJF) winds in m s−1 based on 12 years of
CCMP wind data (2000-2011). (b) Partial correlation coefficients between
daily anomalies of wind speed and SST after removing the effect of Qnet
for summer data of 2002-2011. Anomalies were spatially smoothed and highpass filtered in the time domain to highlight the effect of atmospheric synoptic
storms (i.e. spatial scales > 350 km and timescales < 10 days). Dotted areas
indicate the correlation is not significant at the 90% level. The white dotted
contour in (a) indicates the mean position of the maximum westerlies. The
mean positions of the STF, SAF and PF are shown in black contours.
contribute to MLD variance and are thus hypothesized to influence Chl-a.

2.3.3

Effect of MLD deepening on Chl-a
In this section we evaluate how stratification and upper ocean mixing (caused

by winds and surface heat fluxes) exert a control on Chl-a variability. If MLD deepening delivers nutrients into the seasonal mixed layer, we expect positive correlations
between Chl-a and wind speed anomalies (i.e. wind-driven entrainment) and negative
correlations between Chl-a and Qnet (i.e. convection-driven entrainment).
To investigate the influence of wind-driven entrainment on Chl-a, we mapped
local correlation coefficients between anomalies of Chl-a and wind speed (Fig. 2.7a).
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Because the atmospheric synoptic scale associated with storm systems exhibits fluctuations with periods of less than 10 days (Vera, 2003), here we use daily anomalies.
Compared with weekly data, daily data, although sparser in space and time, yield
larger areas with significant correlations between Chl-a and wind speed. Moreover,
the direct relationship between wind speed and Chl-a prevails when high-pass filtering
daily data in the time domain (see Section 2.4), and these are the results we show in
Figure 2.7. Even though winds may be influenced by surface heat fluxes (e.g., through
enhanced turbulence in the atmospheric boundary layer), we do not show partial correlations in Figure 2.7, because we are not interested in identifying, for example,
whether the high wind correlation is related to surface heat fluxes. Nonetheless, we
tested partial correlations in all cases, and the results did not change significantly.
In contrast with the findings of Kahru et al. (2010) who used year-round
data, in the summer strong wind events show a positive influence on Chl-a over large
areas (Fig. 2.7a). Even over regions where we find the deepest mixed layers (e.g the
southeast Pacific, see Figure 2.4a), strong winds correlate with high Chl-a (Fig. 2.7a).
This may imply summer storms are effective in breaking down stratification enough to
entrain nutrients, without completely eroding the seasonal MLD, which would expose
phytoplankton to light limitation stress. In particular, the regions to the north of the
STF, the eastern Pacific including the region between the PF and SAF west of Drake
Passage, and upstream of Kerguelen Plateau show significant positive correlations
between wind speed and Chl-a (Fig. 2.7a) that persist on weekly timescales (not
shown).
One might hypothesize that Fe-rich dust could be deposited by high wind
events, and subsequently dissolve to initiate a bloom leading to positive correlations
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Figure 2.6: Local summer (DJF) correlation coefficients between daily
anomalies of (a) wind speed and MLD, (b) Qnet and MLD, and (c) SST
and MLD. Because MLD data is sparse, here we do not smooth out or filter
the data in time. Cross-hatched areas indicate r is not significant at the
90% level. The mean positions of the STF, SAF and PF are shown in black
contours.

32

between wind speed and Chl-a. However, our results indicate no correlation between
wind speed and Chl-a at one-week time lags (not shown), even when we smooth
spatially (with a spatial filter of 1 × 5 grid cells given the ACC moves at ∼ 125 km
week−1 ) to account for advection, implying no clear connection with dust deposition.
Further tests of lagged correlations between wind speed and Chl-a using daily data
show that the correlation is significant at zero and one-day lags but mostly vanishes
after two days. The time response of Chl-a to high winds is more consistent with
nutrient supply due to wind-driven entrainment at the base of the mixed layer than
with direct dust deposition. Although dust may not be immediately bioavailable, it
is nevertheless presumably a source of Fe to the deep ocean (Jickells, 2005).
Although entrainment due to MLD deepening may play an important role
in the open ocean, as suggested from correlations in Section 3.2., regions where the
correlation between wind speed and Chl-a is not statistically significant (Figure 7a )
may indicate that bioavailable Fe is supplied by means other than entrainment due
to MLD deepening, or that the waters brought up lack bioavailable Fe (e.g. where
waters have not recently interacted with the oceanic seafloor to pick up Fe and/or
are distant from dust sources.)
Surface cooling might be predicted to deepen the MLD (Fig. 2.6b) and increase
Chl-a. Significant negative correlations between anomalies of Qnet and Chl-a indicate
surface cooling has an impact on Chl-a to the north of the STF (Fig. 2.7b), potentially through MLD deepening. However, low and mostly non-significant correlations
in Figure 2.7b demonstrate this is not a dominant mechanism that drives Chl-a variability in the summer over most of the ACC. This result underscores the importance
of wind-induced entrainment in sustaining summer phytoplankton blooms.
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Figure 2.7: Local summer (DJF) correlation coefficients between high-pass
filtered daily anomalies of (a) Chl-a and wind speed and (b) Chl-a and Qnet ,
considering spatial scales larger than 350 km and timescales of less than 10
days that highlight the effect of atmospheric storms. Dotted areas indicate
the correlation is not significant to the 90% level. The mean positions of the
STF, SAF and PF are shown in black contours.

2.3.4

Effect of Ekman pumping on Chl-a
In addition to deepening the MLD, the wind can also drive Ekman-induced

upwelling associated with the wind-stress curl. The mean curl of the wind stress is
expected to be positive in the subtropical band up to the latitude where the westerlies
reach their maximum (∼50o S, white dotted line in Figure 2.8), and negative towards
the south up to the maximum in the polar easterlies. In the Southern Hemisphere,
the mean wind-stress curl translates into upwelling over most of the ACC (red in
Figure 2.8a). Mean summer upwelling velocities wEk range from 0.2 to 1 m week−1
(Fig. 2.8a). Variability is largest over the ACC and over continental shelves (with
the exception of the Patagonian shelf off South America, Fig. 2.8b), where maximum
wEk ’s are also largest (>1 m week−1 , not shown). Summer wEk can reach 0.8 m day−1
or roughly 6 m week−1 , which is in the range of values observed in the open ocean
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Figure 2.8: (a) Mean summer (DJF) Ekman pumping velocities (wEk ) in
m week−1 , based on weekly data for the period 2000-2011. (b) Standard
deviation of summer wEk . The white dotted line indicates the mean position
of maximum westerlies. The mean positions of the STF, SAF and PF are
shown in black contours.
(e.g. Fiechter and Moore, 2009). The island effect due to the orographic obstruction
of winds shows as a dipole in wEk over major islands, e.g. in Tasmania, New Zealand,
South Georgia and Kerguelen, with upwelling to the north and downwelling to the
south.
Surface wind direction and the wind-stress curl can be significantly modified
over midlatitude SST fronts, and this in turn can influence ocean Ekman pumping at
eddy scales (O’Neill and Chelton, 2003, 2010). Here we are interested in the largescale Ekman pumping effect associated with atmospheric storms, and therefore we
retain large spatial scales and short timescales (> 350 km × 350 km and < 10 days,
see Section 2.4) when computing correlations with wEk (Fig. 2.9).
Ekman upwelling brings cold SSTs to the surface over a circumpolar band
(blue areas in Figure 9a). The SST response to Ekman-induced upwelling is not restricted to the south of the mean maximum westerlies but is instead shifted northward
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Figure 2.9: Summer (DJF) partial correlation coefficients, controlling for
Qnet , between weekly anomalies of (a) wEk and SST, and (b) wEk and Chl-a,
considering spatial scales larger than 350 km × 350 km and timescales of less
than 10 days that highlight the effect of atmospheric storms. Dotted areas
indicate that the correlation is not significant to the 90% level. The white
dotted line indicates the mean position of maximum westerlies. The mean
positions of the STF, SAF and PF are shown in black contours.
presumably due to oscillations in the position of the maximum westerlies. However,
the correlation between wEk and Chl-a in Figure 9b is mostly non-significant and
does not mirror the wEk versus SST correlations in Figure 9a. Ekman upwelling does
appear to enhance summer Chl-a in coastal upwelling systems of the oceans’ eastern
boundaries and to the north of the STF in the western Pacific and Atlantic (Figure
9b). On the whole, Ekman upwelling has less impact on summer Chl-a than wind
speed, and its impact is localized.

2.3.5

SST and Chl-a
Changes in SST provide another index of variability in the upper ocean that

can impact phytoplankton (Behrenfeld et al., 2006, 2008; O’Malley et al., 2010). In
this section, we look separately at the influence of SST on Chl-a, because it shows
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complex patterns that cannot be solely attributed to shoaling or deepening of the
MLD at synoptic scales and are likely influenced by mesoscale processes.
Because SST responds to atmospheric forcing as well as a whole range of upper
ocean processes, SST anomalies can only partially indicate subsurface entrainment
and changes in MLD (see Section 3.2). In Figure 2.10a, by computing partial correlations while controlling for Qnet we are able to interpret SST anomalies more clearly
as a signature of an oceanic process. Horizontal processes, however, can obscure
the correlation patterns resulting from vertical entrainment, and this is more pronounced at weekly timescales. Although the patterns in Figure 2.10a remain largely
unchanged when using spatially smoothed fields that suppress the effect of advection
by the mean currents or oceanic mesoscale features, horizontal (and nonlinear) processes may remain in the time domain at weekly timescales, because these act over
longer timescales (i.e. weeks to months).
Summer Chl-a anomalies over the Southern Ocean are strongly correlated with
SST anomalies, showing large and statistically significant positive or negative correlations over coherent areas at weekly timescales (Fig. 2.10a). Although the SST
may have a direct impact on phytoplankton growth by enhancing metabolic rates
(Eppley, 1972; Neori and Holm-Hansen, 1982; Reay et al., 2001), in Figure 2.10a
correlation patterns are tightly linked to frontal features, suggesting oceanic circulation and stratification as main drivers of these correlations, again revealing the close
connection between phytoplankton and their physical environment (O’Malley et al.,
2010).
Regions where Chl-a and SST are inversely related are potential regions where
entrainment or upwelling may be at work (e.g. to the north of the STF, to the
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north of the PF in the eastern Pacific, and between the SAF and PF to the south
of Africa). Negative correlations (-0.2 to -0.9) observed mostly to the north of the
STF in Figure 2.10 are consistent with enhanced Chl-a driven by entrainment of cold
and presumably nutrient-rich waters from below the euphotic zone due to enhanced
wind mixing (Fig. 2.7a) and surface cooling (Fig. 2.7b), rather than Ekman upwelling
(Fig. 2.9a).
When only variability of less than 10 days is considered, SST and Chl-a are
uniformly negatively correlated (Fig. 2.10b) and consistent with the entrainment hypothesis. Figure 2.10b uses high-pass filtered daily anomalies to emphasize the fraction of variance that can be attributed to MLD deepening at the scales of atmospheric
storms. Remarkably, positive correlations in Figure 2.10a vanish and become nonsignificant in Figure 2.10b. Positive correlations (0.2 to 0.9) in Figure 2.10a are
observed over most of the Sub-Antarctic Zone (SAZ, the region between the STF and
SAF), to the south of the PF in localized regions (e.g. downstream of South Georgia
and South Sandwich Islands, and Kerguelen Plateau, or in the central Pacific), and
west of the Antarctic Peninsula. Although positive correlations in Figure 2.10a may
imply a shoaling of the MLD and light-limiting conditions, they vanish when considering synoptic timescales (Fig. 2.10b) and are, therefore, likely influenced by oceanic
mesoscale processes that operate over longer timescales.

2.3.6

Discussion
We showed evidence of MLD deepening due to strong winds in the summer

over subtropical regions, and most surprisingly, over the ACC where mixed layers
are deepest. The mechanisms by which winds deepen the mixed layer are beyond
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Figure 2.10: Partial correlation coefficients between (a) weekly anomalies of
Chl-a and SST, and (b) high-pass filtered daily anomalies of Chl-a and SST,
controlling for the effect of Qnet , and considering spatial scales larger than
350 km × 350 km. Dotted areas indicate the correlation is not significant to
the 90% level. The mean positions of the STF, SAF and PF are shown in
black contours.
the scope of this work, but could include effects of Langmuir circulation (Kukulka
et al., 2009; Smith, 1998; Li and Garrett, 1997; Li et al., 1995) that is expected to
have a significant effect in the Southern Ocean where winds are persistent and the
Stokes drift is large (Belcher et al., 2012), and/or shear-induced turbulence (Klein
and Coste, 1984). Wind gustiness at synoptic time scales can also have an impact
on the MLD through wave-induced mixing processes that can potentially facilitate
mixing across the base of the seasonal mixed-layer (Babanin et al., 2009); however,
we find no correlation between wind gustiness and Chl-a (not shown). Wind-induced
mixing can input nutrients into the euphotic zone and thus may drive the positive
correlations we observe between winds and Chl-a over most of the Southern Ocean
(Fig. 2.7a).
The influence of wind-driven entrainment on Chl-a is associated with atmo-
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spheric synoptic storms. This is suggested by correlations based on filtered anomalies
that highlight the variability on the scales of the storms (i.e. timescales of < 10 days
and spatial scales > 350 km, in Figure 2.7). The combined analysis of correlation
patterns based on significant partial correlations of filtered data, controlling for Qnet ,
is summarized in Figure 2.11. To construct Figure 2.11 we first plot in light blue
regions where blooms are associated with high winds (i.e. red in Figure 2.7a). Overlaid in green we plot regions where blooms are associated with cold SSTs (i.e. blue
in Figure 2.10b), and overlapped regions where both high winds and cold SSTs enhance blooms are indicated in blue. Finally, overlaid in yellow we plot regions where
blooms are associated with warm SSTs (red in Figure 2.10b). Therefore, Figure 2.11
can be interpreted as follows: blue regions indicate blooms that are potentially associated with wind-driven entrainment, regions in light blue are those where blooms are
associated with high winds that are not necessarily accompanied by changes in the
SST, green regions are those where blooms are associated with cold SSTs presumably caused by processes unrelated to high winds, and in yellow regions blooms are
associated with warm SSTs that may respond to a shoaling of the MLD, suggesting
a light-limited environment.
On shelves, blooms may respond differently to winds than they do in the open
ocean. In more quiescent shelf waters under the influence of fresh water input, thin
mixed layers can develop (∼ 5 m), and large phytoplankton biomass may result in
self-shading leading to more complex interactions between light levels, mixing depth
and nutrient supply (Vernet et al., 2008). For instance, stratification of shelf waters
off the southern tip of South America and in the Marginal Ice Zone (MIZ) that
surrounds the Antarctic continent is strongly influenced by fresh water fluxes from
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glacial origins and sea-ice melting, which stratify the upper ocean but also have the
potential to release Fe to surface waters. Blooms in the MIZ have been associated
with low winds (Fitch and Moore, 2007) and the retreat of the ice shelves and sea ice
melting (e.g. Arrigo et al., 1998; Vernet et al., 2008).
High winds leading to high Chl-a through entrainment of nutrients presumes a
biomass increase due to enhanced growth rates. However, phytoplankton biomass accumulation reflected in Chl-a also depends on loss rates that can be caused by grazing.
Behrenfeld ’s (2010) Dilution-Recoupling Hypothesis provides an alternate mechanism
to explain the links between the deepening of the mixed-layer and increases in Chla. In this view, net phytoplankton growth results from a delicate balance between
phytoplankton specific growth rates and grazing. Physical processes such as vertical
mixing can also modulate grazing rates and alter the balance by dilution: as the MLD
deepens, phytoplankton-free waters are entrained into the mixed layer, lowering both
prey-predator encounter rates and grazing pressure on phytoplankton (Marra and
Barber , 2005; Behrenfeld , 2010). The dilution process presumes no subsurface Chl-a
maximum, and therefore requires that the MLD exceed the euphotic depth which is
more likely to be the case in ACC waters than in subtropical waters.
To our knowledge, the direct relationship between SST and Chl-a in the SAZ
in Figure 2.10a has not been previously documented from satellite measurements.
The positive correlations between SST and Chl-a that we observe in the SAZ might
suggest that a warm shallow mixed layer promotes high Chl-a, which would imply
that relatively deep summer MLDs in the SAZ lead to light-limitation. However, such
shoaling of the MLD cannot be attributed to reduced wind-mixing or surface warming
at synoptic timescales. High-pass filtered data in the time domain (Fig. 2.10b) suggest
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mesoscale processes cannot be ruled out in Figure 2.10a and may also be responsible
for positive correlations between Chl-a and SST.
Mesoscale eddies and fronts that are ubiquitous in the Southern Ocean can
modify upper ocean stratification and SST. Particularly during times of weak air-sea
fluxes or in the presence of strong horizontal gradients, horizontal dynamics can play
a leading order role in restratifying the mixed layer (Lapeyre et al., 2006; Fox-Kemper
et al., 2008). Close to frontal regions the stratification of the surface mixed layer is set
by the competing effects of ageostrophic circulation, baroclinic instabilities and eddies,
which tend to restratify the upper ocean, and turbulent mixing (i.e. driven by winds
and buoyancy forcing) which destroys stratification (Lapeyre et al., 2006; Taylor and
Ferrari , 2011b). Numerical simulations and observations show that restratification
at fronts inhibits vertical mixing, and can trigger phytoplankton blooms in low-light
conditions, even in the presence of strong surface cooling and destabilizing winds
(Taylor and Ferrari , 2011b; D’Asaro et al., 2011).
In the SAZ, the positive correlations between SST and Chl-a suggest that weak
background stratification may precondition waters to permit formation of deep mixed
layers, and intense mesoscale dynamics assist in the restratification of the surface layer
triggering phytoplankton blooms. This scenario is in agreement with the findings of
Llido et al. (2005) in the SAZ south of Africa, who found a strong influence of MLD
shoaling on bloom occurrence, either caused by cyclonic eddies or local Ekman pumping, that may in fact extend to many regions throughout the SAZ. Ekman-induced
upwelling results in cold SSTs over the SAZ (blue in Figure 2.9a) but appears to
have little impact on Chl-a (red in Figure 2.9b) at storm’s scales. Anticyclonic eddies, however, generally associated with warm SST anomalies, are in agreement with
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the joint variability between SST and Chl-a that we observe in the SAZ. Enhanced
Chl-a in warm core eddies has been observed (e.g Mizobata et al., 2002; Waite et al.,
2007; McGillicuddy et al., 2007; Kim et al., 2011; Lehahn et al., 2011), and non-linear
mechanisms for nutrient supply and Chl-a enhancement within anticyclonic eddies
have been proposed (Martin and Richards, 2001; Mahadevan et al., 2008), as well as
the advection of warm high-chlorophyll waters by anticyclones (Lehahn et al., 2011).
Another plausible physical explanation for positive correlations between SST
and Chl-a is linked to the meandering and eastward advection of waters in the ACC
(Meskhidze et al., 2007). Upwelling and downwelling motions were observed in the
meandering of the PF (Strass et al., 2002). An ocean-plankton model suggests that
due to the fast surface currents of the ACC, enhanced Chl-a can occasionally occur in
downwelling areas, and low Chl-a can occur in upwelling areas (Hense et al., 2003).
This is because newly upwelled water near the surface has low Chl-a, but it is rich in
nutrients and therefore can sustain phytoplankton growth while it is advected, and
until a downwelling event occurs.
Wind-driven Ekman currents are another factor that can supply nutrients and
restratify or destratify the mixed layer in cases when the wind stress has a component
directed along the front (Thomas and Ferrari , 2008; D’Asaro et al., 2011). When the
wind is oriented down front, as is most likely the case over the ACC fronts, northward
Ekman transport carries waters from the cold side of the front to the warm side
which tends to destabilize the water column to the north, driving convective mixing
and a reduction of stratification. In the SAZ, one suggestion is that micronutrients
are supplied by northward Ekman transport of nutrient-rich waters from the Polar
Frontal Zone (PFZ, the region between the PF and SAF, e.g. Pollard et al., 2002).
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Such Ekman transport would carry cold SSTs from the south. Therefore, under the
assumption that nutrients limit summertime growth, upwelling or mixing and the
horizontal advection of nutrients from the south would all imply negative correlations
between Chl-a and SST, but we showed this is not the case in the SAZ (see red in
Figure 2.10a). In the PFZ, however, the negative correlations between SST and Chla (Figure 2.10a) could be consistent with a destabilizing effect of Ekman advection.
This perhaps suggests a preconditioning of stratification imposed by frontal dynamics
and nutrient-limited conditions to the north of the PF that is alleviated during periods
of Ekman advection of cold and nutrient-rich waters from the south.

2.4

Summary and Conclusions
In this study we have explored the influence of the atmospheric forcing on

upper ocean processes (i.e. MLD deepening and Ekman-induced upwelling) that can
influence summer Chl-a variability in the Southern Ocean. Recognizing the limitations of a correlation analysis, which does not allow for the determination of causality,
we analyze correlation patterns between Chl-a and physical variables, focusing mainly
on the potential of nutrient entrainment through the base of the seasonal mixed layer,
although other possible mechanisms have also been discussed.
On daily to weekly timescales, summer Chl-a is more influenced by windinduced entrainment through MLD deepening than by Ekman-induced upwelling.
The wind-stress curl, which drives Ekman pumping, showed weak correlations with
Chl-a. Ekman pumping, subject to horizontal convergences and divergences, may be
more influential on longer timescales (de Szoeke, 1980; Fiechter and Moore, 2009),
and/or on regional and eddy scales.
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Wind speed and Chl-a show significant correlations over large areas in the
Southern Ocean, confirming that strong winds measurably influence phytoplankton
blooms (Kahru et al., 2010). However, in contrast with Kahru et al. (2010) who
used year-round data, we find strong winds enhance Chl-a in the summer suggesting
wind-driven entrainment helps sustain phytoplankton blooms.
The impact of wind-driven entrainment on Chl-a is broader on daily timescales,
and it is associated with atmospheric synoptic storm scales. More surprisingly, positive correlations between wind speed and Chl-a are found even over regions with
deep summer mixed layers, suggesting that anomalous winds have the potential to
deepen the mixed layer, entraining subsurface waters into the euphotic zone effectively without completely eroding the seasonal mixed layer. Using rates of change of
MLD from Argo floats, Tagliabue et al. (2014) find negligible Fe entrainment fluxes
from transient MLD deepening. Our results based on high resolution satellite data
suggest transient MLD deepening may entrain additional Fe on shorter timescales
than those resolved by Argo floats (i.e. 10 days at most).
With our approach and the available data, however, we cannot address whether
the influence of winds on surface Chl-a is through entrainment of nutrients impacting phytoplankton growth rates, entrainment of phytoplankton-rich waters from a
subsurface Chl-a maximum or reduced grazing pressure on phytoplankton. The underlying process can have profound implications on the biological pump, and the
acquisition of subsurface Chl-a and nutrient data in the Southern Ocean would be
beneficial to help shed light on these. A better understanding of Southern Ocean biology and biogeochemistry is essential regarding projections for the Southern Ocean
carbon sink.
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Figure 2.11: Summary figure showing pixels were positive anomalies of
Chl-a are associated with positive anomalies in wind speed (light blue), negative anomalies in SST (dark green), both positive anomalies in wind speed
and negative anomalies in SST (blue), and positive anomalies in SST (light
green). Regions in blue are consistent with enhanced Chl-a associated with
wind-driven entrainment of cold and presumably nutrient-rich waters at synoptic timescales. This map was constructed based on significant partial correlations of spatially smoothed and high-pass filtered data in the time domain
(i.e. spatial scales > 350 km and timescales < 10 days), controlling for Qnet .
As a response to global warming and ozone depletion, Southern Hemisphere
westerlies have intensified and shifted southward predominantly in the summer (Thompson et al., 2011). This study suggests that phytoplankton biomass could increase in
response to higher summer winds, with potential atmospheric CO2 drawdown and
subsequent enhancement of the biological pump (Marinov et al., 2008), counteracting the outgassing of carbon through enhanced upwelling of deep waters that are
rich in dissolved inorganic carbon (Russell et al., 2006). Moreover, given that stratification is expected to increase in a changing climate (e.g. Capotondi et al., 2012),
the importance of wind-driven entrainment might increase more than linearly in the
future.
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Chapter 3
Frequent chlorophyll-a fluorescence
maxima and unevenness within
Southern Ocean hydrographic
mixed layers
The mixed-layer depth (MLD), the homogeneous layer in hydrographic properties, is fundamentally different from the mixing layer depth: tracers that are homogenized within a mixing layer are not necessarily homogenized within a mixed
layer defined by hydrographic properties. Here, we exploit continuous vertical profiles of Chl-a fluorescence from biogeochemical Argo floats and elephant seal tags in
the Southern Ocean to assess Chl-a fluorescence vertical structure within hydrographically defined mixed layers. We identify profiles with deep Chl-a fluorescence maxima
(DFM) by fitting the profiles to functional forms (i.e. Gaussians, sigmoids, exponentials and their combinations). More than 30% of nighttime profiles are identified as
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having DFM. The depth of the DFM is compared to the MLD, as determined based
on several commonly used definitions. We find that a significant fraction of DFM
are found within the MLD (20-80%, depending on MLD definition), suggesting that
assuming Chl-a fluorescence to be throughly mixed within a hydrographically defined
mixed layer is a weak assumption that could prove to be wrong.

3.1

Introduction
The turbulent boundary layer, the layer of the ocean in direct contact with

atmospheric forcing that is actively mixing, can be fundamentally different from the
mixed layer, the weakly stratified remnant layer of a past turbulent event (e.g. Brainerd and Gregg, 1995). Phytoplankton and biogeochemical tracers are not necessarily
thoroughly mixed in a mixed layer that is homogeneous in density (hereafter, a hydrographic mixed layer), and their distributions within the mixed layer will depend
on the level of turbulence. The tradeoff between the timescale that it takes a gradient
of a property to form and the timescale that it takes mixing to destroy it determines
whether the property is homogeneous or gradients can exist in a hydrographic mixed
layer (e.g. Franks, 2014). Theoretical and numerical studies have shown that the
ratio between timescales of biological and turbulent processes determines the spatial
distribution of plankton and will affect their spatial heterogeneity relative to passive
tracers (Abraham, 1998; Mahadevan and Campbell , 2002; Tzella and Haynes, 2007).
Light decreases exponentially with depth, and turbulence stirs phytoplankton, exposing them to fluctuations in ambient light (Lewis et al., 1984a). To optimize
their photosynthetic capacity and/or prevent damage from high light intensity, phytoplankton respond physiologically to changes in ambient light (on timescales of seconds
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to a few days, (e.g. Denman, 1983; Post et al., 1984; Claustre et al., 1994; Griffith
et al., 2010)). The history of their exposure to light will also impact growth rates
(e.g. Marra, 1978; Denman, 1983). The vertical distribution of photo-adaptive properties (e.g. Chl-a fluorescence) results from the interaction between photo-adaptation
(the biological adjustment of plankton to light intensity, including non-photochemical
quenching) and vertical mixing by turbulent processes (e.g. Cullen and Lewis, 1988;
Maclntyre, 2008). Thus, the distribution of physiological properties can be related
to vertical displacement of phytoplankton in the water column and mixing rates
(Falkowski , 1983). Vertical gradients in Chl-a fluorescence may exist in a hydrogaphically mixed layer if the timescale of photo-adaptation is shorter than that of
turbulent processes in the mixed layer. In contrast, uniform Chl-a fluorescence will
prevail if turbulent processes are fast enough that mixing occurs with a timescale
shorter than that of photo-adaptation.
Many theoretical studies have related mixing rates with the distribution of
photo-adaptive properties (e.g. Lewis et al., 1984a; Dusenberry, 2000) and have postulated the level of turbulence in the mixed layer may allow for gradients in phytoplankton growth and/or accumulation at any given depth within a mixed layer (e.g.
Huisman et al., 1999; Taylor and Ferrari , 2011a), but few have shown Chl-a fluorescence and/or phytoplankton accumulation within a mixed layer from in situ observations (Ryther and Hulburt, 1960; Falkowski , 1983; Therriault et al., 1990; Chiswell ,
2011). In this paper we exploit continuous vertical profiles of Chl-a fluorescence from
novel in situ sensors that are being deployed in the Southern Ocean (Guinet et al.,
2013; Russell et al., 2014) to demonstrate that Chl-a fluorescence gradients can exist
within a hydrographic mixed layer and/or in remnant mixed layers more often than
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commonly thought.
The Southern Ocean contains mode water formation regions that are characterized by deep winter mixed layers (e.g. Sallée et al., 2006; Dong et al., 2008;
Holte et al., 2012), and it is subject to strong synoptic scale atmospheric forcing year
round (e.g. Vera, 2003). Deep winter mixed layers result in thick remnant mixed
layers (typified by weakly stratified layers below the summer mixed layer containing
winter mixed layer water that is left behind after the deep mixed layers restratify
in spring and summer (see e.g. Cole et al., 2010)). Storm events in summer can
also lead to thinner weakly stratified remnant mixed layers below an actively mixing
summer mixed layer (Talley et al., 2011). The existence of weakly stratified layers within the seasonal mixed layer can have consequences for vertical distributions
of phytoplankton and/or photo-adaptive properties due to the varying levels of turbulence (Huisman et al., 1999; Taylor and Ferrari , 2011a). Turbulence levels will
vary due to the competing effects of different physical mechanisms that occur in the
upper ocean (e.g., convective, wind-driven, wave-driven turbulence or Langmuir circulations, Franks, 2014). For example, turbulence levels near the surface are largely
influenced by atmospheric forcing (i.e. buoyancy fluxes and winds, e.g. Taylor and
Ferrari (2011a); Chiswell (2011)), whereas turbulence at the base of the mixed layer
can be generated by shear instabilities and internal wave breaking. Mesoscale eddies
and fronts, which are ubiquitous features in the Southern Ocean, also provide regions with varying levels of turbulence and convergences in the flow, that may lead to
plankton accumulation near fronts (e.g. Franks and Walstad , 1997b; Hopkinson et al.,
2007; Taylor et al., 2012; Powell and Ohman, 2015). Stratification of phytoplankton
(i.e. gradients within mixed layers) is thus likely to occur in deep remnant mixed
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layers, where turbulence may be reduced relative to a more actively mixing surface
layer, in shallow weakly stratified mixed layers that develop in the spring (Chiswell ,
2011), as well as near fronts.
We hypothesize that intermittent atmospheric forcing from synoptic storms
(with fluctuations between 2-10 days) may allow for periods of quiescence and reduced levels of turbulence in hydrographically defined mixed layers, allowing for the
existence of Chl-a fluorescence gradients or subsurface maxima within a well-mixed
hydrographic mixed layer. In other words, in between storms, reduced levels of turbulence within hydrographic mixed layers may allow phytoplankton inhomogeneities,
and their distribution within the mixed layer will depend on the varying levels of
turbulence (Franks, 2014).
Bio-optical in situ sensors from profiling floats and elephant seal tags that
carry new bio-logging devices are populating the Southern Ocean, providing unprecedented estimates of Chl-a fluorescence that allow assessment of the vertical structure
of Chl-a fluorescence in all seasons and under sea ice (Fig. 3.1a). Time series plots
of Chl-a fluorescence profiles from these (Fig. 3.1b and c) reveal two consistent patterns: Chl-a is enhanced within the mixed layer throughout the seasons (unlike in the
North Atlantic, where wintertime Chl-a frequently drops to background levels in deep
waters), and significant Chl-a variance within the mixed layer suggests the existence
of Chl-a fluorescence vertical gradients and deep Chl-a fluorescence maxima within
hydrographically defined mixed layers.
In this study, we exploit these new measurements from floats and Southern
elephant seals to assess the vertical structure of Chl-a fluorescence within the mixed
layer and the seasonality in the occurrence of subsurface maxima. We provide a
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statistical description of the observed patterns in the Southern Ocean as a whole, but
regional differences may be expected within the Southern Ocean (IOCCG, 2015). We
present the datasets used (Section 3.2), and some of their limitations (Section 3.3).
By fitting fluorescence profiles to typical functional forms we identify profiles that
show prominent subsurface maxima (Section 3.3). We identify the mixed-layer depth
(MLD) using several definitions based on density criteria. Results are presented in
Section 3.4, where we compare the depth of deep fluorescence maximum (DFMD)
with the MLD, for all MLD definitions used, quantify the number of profiles with
DFM that lie above the MLD for each month of the year, and present metrics of
Chl-a fluorescence variability in the mixed layer.

3.2

Data
We exploit Conductivity-Temperature-Density (CTD) and Chl-a fluorescence

vertical profiles from novel in-situ sensors that provide year-round measurements in
the open Southern Ocean, as well as under sea ice.

3.2.1

Southern-elephant Seal Tags
Southern elephant seals with oceanographic sensors provide measurements in

regions that are rarely observed with traditional oceanographic platforms, and unlike most floats are capable of sampling under ice. Elephant seals equipped with
conductivity-temperature-depth satellite-relayed data loggers (CTD SRDLs) at subAntarctic islands have substantially increased the number of observations during winter and in the sea-ice zone (e.g. Charrassin et al., 2008; Roquet et al., 2013; Fedak ,
2012). The CTD profiles from these sensors have accuracies close to those from Argo
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Figure 3.1: (a) Locations of Chl-a profiles from elephant seal tags deployed
off Kerguelen Is., EM-APEX (white dots) and Argo floats (black dots) with
bio-optical sensors, color coded by month of the year when data were collected. The mean positions of the Subtropical Front (STF), Sub-Antarctic
Front (SAF) and Polar Front (PF) from Orsi et al. (1995) are shown in black
contours for reference. Chl-a as a function of time and depth, with density contours overlaid (in black), MLD estimates using the density threshold
criterion of 0.005 and 0.125 kg m−3 (white lines) for (b) an elephant seal
summertime through fall round-trip from Kerguelen Is. to Antarctica and
(c) an Argo float deployed in the south Pacific sector of the Southern Ocean
(FloatViz ID 6968).
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profiling floats (Roquet et al., 2011; Fedak , 2012). CTD-SRDL tags deployed in the
Kerguelen Islands (see Fig. 3.1a) for the first time included a compact fluorometer
(Cyclops-7 from Turner Designs) from which Chl-a fluorescence profiles can be derived
(Guinet et al., 2013). These new bio-logging devices were deployed on 27 elephant
seals between December 2007 and February 2011, and calibrated Chl-a fluorescence
profiles were made available by Guinet et al. (2013). Calibration procedures included
pre-deployment tests against HPLC analysis of filtered samples and post-deployment
inter-calibration of the different fluorometers. Elephant seals in their long foraging
trips dive continuously to depths up to 2000 m during day and night, about 60 times
a day. Due to power supply and Advanced Research and Global Observation Satellite (ARGOS) bandwidth limitations, 1-3 Chl-a fluorescence profiles per day were
recorded in the top 180 m of ascent (with 2 s temporal resolution) and were averaged
in 10 m bins from 5 m to 175 m (Xing et al., 2012; Jaud et al., 2012). The seals
typically travel distances of 35-65 km per day, resulting in a spatial resolution along
their track of about 25 km (Charrassin et al., 2008), covering a vast sector of the
Southern Indian Ocean (Fig. 3.1a) as they migrate to the Kerguelen Plateau, Antarctic waters, and the interfrontal zone between the Subtropical and Polar Fronts where
they forage (Dragon et al., 2010). To document the pre-breeding winter foraging
trips, instruments were deployed in January and February at the end of the annual
moult (Charrassin et al., 2010). From a total of 3333 profiles, 1208 profiles were
acquired in fall (March-April-May, MAM), 386 in winter (June-July-August, JJA),
605 in spring (September-October-November, SON) and 1134 in summer (DecemberJanuary-February, DJF). Observations in austral spring are less frequent than in
summer because this is the time of year when elephant seals breed and moult ashore
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(Fedak , 2012).

3.2.2

Biogeochemical Floats
Compared with seals, biogeochemical floats provide higher vertical resolution

(i.e. 2.5-10m, variable with depth) but coarser temporal sampling (i.e. ∼5-10 days,
with a few exceptions). Some of the recently deployed Southern Ocean Carbon and
Climate Observations and Modeling project (SOCCOM) floats have ice-avoidance
capabilities that have allowed them to be deployed in regions that experience seasonal
sea ice. Under sea ice or in rough sea state conditions floats do not acquire GPS
position at the surface, and for the purposes of this study, we recovered the float
position by linear interpolation of the latitude and longitude coordinates along the
float trajectory. The bio-optical sensors on these floats measure Chl-a fluorescence
(λex = 470 nm, λem = 695 nm) and optical backscattering (λ= 700 nm) from which
estimates of Chl-a fluorescence and particle concentration can be derived.
Data from bio-optical sensors on Argo floats are available from SOCCOM’s
website (http://soccom.princeton.edu). We use the set of 30 floats in the Southern
Ocean (Fig. 3.1a, gray circles) equipped with an Environmental Characterization Optics Fluorometer-Scattering (ECO FLBB-AP2) sensor from WETLabs (last updated
on May 5, 2016). These sampled 1189 Chl-a fluorescence profiles, along with temperature, conductivity (salinity) and pressure, typically recording 59 or 60 depth intervals
during each profile in their ascent towards the surface every 5-7 days. They sample
at higher rates as they approach the surface, resulting in a depth-dependent vertical
resolution of 50 m from their parking depth of 1000 m up to 400 m, 10 m between
100-400 m and 5 m for the top 100 m.
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Four Electromagnetic Autonomous Profiling Explorer (EM-APEX, Sanford
et al. (2005)) floats that also carried ECO FLBB-AP2 sensors of identical characteristics as well as CTD’s were deployed during Diapycnal and Isopycnal Mixing Experiment in the Southern Ocean (DIMES, Ledwell et al., 2011) cruises (float IDs 4594,
4595, 4596, 4597), providing additional Chl-a fluorescence profiles over Drake Passage
and the southwest Atlantic (Fig. 3.1a, white circles). These floats mostly recorded
measurements every ∼2.5 m both during ascent and descent, at depths of up to ∼200
m (with some exceptions), and with variable sampling intervals during their missions
(from 7-bursts a day to every 10 days). Due to the odd behavior of some of the floats,
we only use profiles where pressure was either monotonically increasing or decreasing.

3.3

Methods
WETLabs’ calibrations of Chl-a fluorescence rely on pure Chl-a or on phy-

toplankton monocultures that may not be representative of in situ phytoplankton
communities (Proctor and Roesler , 2010). Species composition, relative pigment composition, cell size, nutrient status, growth phase, photoacclimation, and incident irradiance may uncouple the relationship between fluorescence and Chl-a (Cullen, 1982;
Mitchell and Kiefer , 1988; Proctor and Roesler , 2010). Although Southern Ocean waters are not considered optically complex, different phytoplankton assemblages can
contain varying amounts of other pigments (e.g., Chl-b and Chl-c) that can alter
the bio-optical relationships (e.g. Dierssen, 2010). Moreover, Southern Ocean waters
have considerable amounts of optically active substances such as colored-dissolved
organic matter (CDOM, Siegel , 2002; Del Castillo and Miller , 2011) that may impact the retrieval of pigment fluorescence by absorbing the excitation energy. High-
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Performance-Liquid-Cromatography (HPLC) analyses of water samples are desirable
to further calibrate Chl-a fluorescence at each profile, but these measurements are
not possible with autonomous platforms.
Some of the float data we use come from sensor test deployments, for which
HPLC measurements from water samples are not available. Even if samples are
collected at the deployment site (e.g. as is the case for SOCCOM floats), these
are of limited utility for validating actual concentrations because floats may sample
different regimes during the course of their mission (Perry et al., 2008). There is
an ongoing effort to calibrate Chl-a fluorescence using existing HPLC measurements
in the Southern Ocean in combination with satellite Chl-a match-ups to provide
best estimates of float Chl-a concentrations. WETLabs Chl-a concentrations from
floats show biases of a factor of 2-7, with WETLabs Chl-a overestimating Chl-a
concentrations from HPLC. Here, we use WETLabs’ calibration values for Chl-a
concentrations, but divide them by a factor of 2, because detailed assessments of
Southern Ocean data suggest that the WETLabs values are biased high. Because of
calibration uncertainties, in our analyses we subtract deep water (i.e., clearest water)
values for each profile and show Chl-a fluorescence profiles in relative units. This
allows us to assess vertical structure throughout the seasons and under sea-ice in a
historically under-sampled region.
During daylight hours and especially near noon, Chl-a fluorescence is known
to be decreased by non-photochemical quenching (i.e., the reduction of the fluorescence emission in surface waters due to ambient irradiance, NPQ) which may result
in artificial deep Chl-a fluorescence maxima (Jaud et al., 2012). Daytime fluorescence
quenching is a recognized phenomenon in the Southern Ocean (Holm-Hansen et al.,
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2000) and was detected throughout the elephants-seal and float datasets (Sackmann
et al., 2008; Xing et al., 2012; Biermann et al., 2015; Boss and Haentjens, 2016).
Although these studies have proposed methods to correct for NPQ effects, those applicable with the available float data (with exception of the one proposed by Biermann
et al. (2015)), rely on the assumption that fluorescence is well mixed in a hydrographically defined mixed layer (Sackmann et al., 2008; Xing et al., 2012). Because this
assumption may prove to be wrong (and it is our working hypothesis), we use nighttime profiles only to avoid NPQ effects.
The use of nighttime Chl-a fluorescence proved to be a valid approach for
studying temporal variability in Chl-a concentrations in the subtropical oceans (Winn
et al., 1995). We select nighttime profiles taking into account the local time of day at
each profile location, local sunrise and sunset times. Local times for sunrise and sunset
were calculated using MATLAB functions from the AIR-SEA Toolbox (version 2.0)
that were adapted by Rich Pawlowicz. Some Argo floats and elephant seals profiled
south of the Antarctic Circle (i.e., 117 float profiles and 50 seal profiles south of
66.6◦ S), and therefore sampled in areas of continuous day or night. Nearly 63% of
the Argo profiles, 50% of EM-APEX and 44% of elephant seal profiles were sampled
during the night (i.e., 3502 profiles). A number of these did not acquire data near the
surface (i.e. above 10-m depth) or were incomplete and were discarded, and a total
of 2805 nighttime profiles are analyzed in this study.
Depth-dependent changes in light attenuation can lead to changes in phytoplankton intracellular pigment concentration due to photo-acclimation (see, e.g.,
Cullen, 1982), and a subsurface Chl-a maximum does not necessarily correspond to
a phytoplankton biomass increase. Optical backscattering (Bb), a proxy for particle
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concentration, provides another index of phytoplankton biomass in the open ocean
that covaries with phytoplankton biomass (Behrenfeld et al., 2005; Martinez-Vicente
et al., 2013) but is not susceptible to photo-acclimation (Behrenfeld and Boss, 2003).
Kendall’s concordance coefficient is a non-parametric test suitable for testing monotonic positive relationships among variables that are intended to estimate the same
general property (Legendre, 2005; Cullen and Eppley, 1981). The parameter ranges
from 0 (no agreement) to 1 (complete agreement). For the float data for which Bb
measurements are available, over 96% of concomitant nighttime Chl-a fluorescence
and Bb profiles show good agreement, based on Kendall’s concordance parameter
greater than 0.9 (and 99% give a parameter greater than 0.8). Therefore, we infer
that vertical profiles of Chl-a fluorescence in the Southern Ocean are to first order
dominated by changes in phytoplankton biomass, in agreement with satellite based
assessments (Siegel et al., 2013).
Before attempting to locate subsurface Chl-a fluorescence maxima, all profiles
were smoothed by applying a 3-point median filter in order to suppress single-point
subsurface maxima that could be associated with random noise. Briggs et al. (2011)
proposed a higher-order filter, but we found that for our data, the higher-order filter
significantly truncated the magnitude of the subsurface maxima, and that a 3-point
median filter suppressed subsurface maxima represented by a single point.

3.3.1

Profile Fits and Deep Chl-a Maxima
Because subsurface Chl-a fluorescence profiles exhibit well-defined maxima

(i.e., above the instrument noise level) below the surface that are not necessarily larger
in magnitude than the surface value, a criterion based on a percentage increase relative
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to the surface (e.g Grenier et al., 2015) may underestimate the occurrence of deep
Chl-a fluorescence maxima (DFM). Thus, we identify profiles with DFM by fitting
the Chl-a fluorescence profile shape to functional forms expected to represent a wide
range of regimes: (a) a sigmoid profile characterized by a well mixed homogeneous
layer, (b) a surface intensified exponential, (c) a Gaussian representing Chl-a maxima;
as well as the combination of (d) a Gaussian with a sigmoid and (e) a Gaussian with
an exponential (Fig. 3.2). Equations for all the different functional forms largely
follow the ones used by Mignot et al. (2011), and are presented in the Appendix.
First guesses for fitted parameters were estimated from the observed profiles. In
particular, the depth of the Chl-a maximum was chosen based on the most prominent
subsurface Chl-a fluorescence maximum (i.e., the greatest peak relative to the largest
neighboring minima) if greater than the instrument noise level (i.e., 0.02 mg m−3 );
otherwise, the surface value was chosen. The most prominent subsurface peak was
usually deeper than the largest peak, which is based on Chl-a fluorescence absolute
values (i.e., irrespective of neighboring values) that generally increase toward the
surface. This choice was preferred to avoid Gaussian fits with insignificant maxima
close to the surface, and to avoid missing profiles with prominent DFM below the
surface mixed layer.
Among all fitted models, the best fit for each profile was chosen based on a
95% confidence Chi-square test for goodness of fit (e.g. Press et al., 2007), which
takes into account the number of fitted parameters for each functional form. That
P
(Fk −µk )2
is, for each fitted fluorescence profile we computed χ2 = N
, where N is
k=1
σ2
the number of observations in each profile, Fk is the observed and µk the modeled
fluorescence value at each depth level, considering a constant σ 2 = 0.04 mg m−3 (i.e.,
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twice the instrument noise level in deep water). Thus, large values of the sample
Chi-squared indicate significant deviations from the modeled values. The smallest
profile Chi-squared (i.e. between all functional forms tested) was compared to the
critical Chi-squared value (i.e. for a 5% significance level) from a theoretical Chisquared distribution with ν = N − m degrees of freedom, where m is the number of
fitted parameters in the model (see Appendix). If the profile Chi-square was smaller
than the critical Chi-square then the fitted profile was chosen as the best model fit;
otherwise, it was rejected.
Although a significant number of profiles were fitted to non-Gaussians (i.e.
40% were either (a) or (b)), most were fitted to Gaussians (i.e. 60% of profiles were
either (c), (d) or (e)). Non-Gaussian profiles were almost all sigmoids (i.e. 97%),
and most Gaussians were embedded in a homogeneous layer (i.e. 58% were (c), and
the remainder approximately evenly distributed as either (d) or (e)). However, some
of the Gaussian fits showed maxima located near the surface (i.e. ≤ 20-m depth)
and were not considered in our analyses of DFM (i.e. ∼ 13 % of Gaussians were
discarded).
We took a conservative approach in defining profiles with DFM. Gaussian fits
with subsurface maxima (i.e. 47%) were interpreted as having a DFM only if peak
prominence was greater than 0.04 mg m−3 . In addition, all profile fits were visually
inspected for consistency, and in a few cases in which the subsurface maximum was
larger in the fit than in the observations, the profile was re-evaluated based on the
smallest Chi-square. More than 30% of profiles were classified as having DFM. For
all profiles with DFM (i.e. deeper than 20 m), peak magnitude and peak depth in the
observations were well correlated with those inferred from the profile fits (r = 0.96
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Figure 3.2: Examples of Chl-a fluorescence vertical profiles (relative units)
fitted to a (a) sigmoid, (b) exponential, (c) Gaussian, (d) Gaussian + sigmoid
and (e) Gaussian + exponential. The best fit (black line) to the observations
(circles) was selected based on a Chi-square goodness of fit test with constant
standard deviation of twice the instrument noise level (i.e., 0.04 mg m−3 ) and
taking into account the number of fitted coefficients (see Appendix). Density
profiles (light gray) with the deepest and shallowest estimate of MLD (dashed
gray line) are also shown (rescaled by subtracting the potential density value
at the surface).
for peak magnitude and r = 0.92 for peak depth, for N =1251 and 99% confidence).

3.3.2

Unevenness Indeces
Chl-a fluorescence gradients and variance within the mixed layer may exist,

even if prominent DFM are not well defined. Under the assumption that the overall
variability across the region should exceed the variability within a given day mixed
layer, the degree of variance of Chl-a fluorescence within the mixed layer is assessed
by means of a standard deviation (STD) index, calculated as the standard deviation
within the mixed layer for a given profile normalized by the standard deviation of
all measurements within the mixed layer for all observations in the Southern Ocean
binned together. A more commonly used metric for variance in Chl-a and ecological
data is the coefficient of variation, which normalizes the standard deviation by the
mean (e.g. Håkanson et al., 2003; Djavidnia et al., 2010). However, the coefficient
of variation is only meaningful for variables on a ratio scale (i.e. with a well defined
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zero) and not for potential density. Also, because the coefficient of variation uses the
mean, it will be sensitive to Chl-a fluorescence absolute values, which are subject to
large uncertainties (see Section 3.2.2), and, thus, we opted not to use this metric.
The normalization by a regional standard deviation facilitates the comparison
with variance in potential density, which by definition should be homogeneous within
the mixed layer. The STD index gives the fraction of variance in a given mixed
layer relative to the regional variability. We show the STD index normalizing by the
regional standard deviation within mixed layers for each month of the year (Fig. 3.6a),
and for June observations only, as representative of austral winter conditions, when
variability is expected to be the smallest (Fig. 3.6b). Small values indicate a relatively
homogeneous profile. A value close to one indicates that variability within the mixed
layer can be as large as the variability in the entire region, whereas values greater
than 1 indicate that variability within the mixed layer is larger than the regional
variability, and thus imply a relatively heterogenous mixed layer.
Chl-a fluorescence is known to be log-normally distributed (Campbell , 1995),
and a STD index computed by accounting for log-normality of the data would give
larger values than the ones presented here (i.e., ignoring log-normality in the data).
The values here are intended to contrast the degree of variability in Chl-a fluorescence
within the mixed layer, relative to potential density. The STD index based on the
log-normal model gives higher values particularly for the largest threshold criteria
(>5), which gives deeper MLD and therefore a greater range of fluorescence, but with
the same overall seasonal trends.
The mean vertical gradient within the mixed layer provides another index
of inhomogeneities in Chl-a fluorescence in the mixed layer. Fig. 3.6b also shows
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absolute values for Chl-a fluorescence and potential density depth averaged over the
mixed layer.

3.3.3

Mixed-layer Depth
Estimates of MLD are based on potential density referenced to the surface.

Potential density was computed from in situ temperature and salinity profiles using
the international thermodynamic equation of seawater (TEOS-10) and the MATLAB
Gibbs Seawater (GSW) Oceanographic Toolbox from McDougall and Barker (2011).
The floats employ a Sea-Bird SBE-41 CTD, which is expected to resolve differences
in density of 0.002 kg m−3 (Kilbourne and Girton, 2015).
We use standard MLD definitions from Holte and Talley’s (2009) algorithm,
including threshold (i.e., density difference from the surface) and density gradient
criteria, as well as several other thresholds (MATLAB code are available at http:
//mixedlayer.ucsd.edu). We show results for Holte and Talley’s (2009) density algorithm, the most commonly used density thresholds: 0.03 kg m−3 (de Boyer Montégut
et al., 2004) and 0.125 kg m−3 (Kara et al., 2000; Boss et al., 2008; Boss and Behrenfeld , 2010); as well as fine-density thresholds that have been proposed to better capture the mixing layer depth: 0.01 kg m−3 (e.g. Brainerd and Gregg, 1995; Thomson
and Fine, 2003; Mignot et al., 2016) and 0.005 kg m−3 (Kilbourne and Girton, 2015).
In all cases we use a surface reference depth of 10 m that avoids capturing effects of
diurnal restratification (de Boyer Montégut et al., 2004).
The MLD computed from individual profiles using relatively large thresholds
(0.03-0.125 kg m−3 ) represents the depth through which physical properties have been
mixed in the recent past (i.e., last day or few days), but it does not give information
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on how deep active mixing is reaching at the time and location when the profile
is sampled. The MLD defined as the depth where density is 0.03 kg m−3 greater
than the surface depicts the seasonal mixed layer and better captures the first spring
restratification than the canonical larger criterion of 0.125 kg m−3 (de Boyer Montégut
et al., 2004), which usually gives very deep MLDs.
The MLD detection algorithm from Holte and Talley (2009) is designed to
better capture the base of the homogeneous layer in weakly stratified regions, and
often gives shallower MLDs than the threshold criterion, which is also the case for
the float and elephant seal data (r=0.82, p <0.01). The fine-density threshold criteria (0.01 kg m−3 and 0.005 kg m−3 ) often captures the actively mixing layer based
on comparisons with microstructure data (Brainerd and Gregg, 1995). In a recent
assessment of mixing layer depth, using a larger set of EM-APEX floats deployed
during DIMES cruises, Kilbourne and Girton (2015) find a density threshold criteria
of 0.005 kg m−3 to be more representative of the homogeneous layer in the Southern
Ocean, which is largely driven by mechanical wind mixing.

3.4
3.4.1

Results
Deep Chl-a Fluorescence Maxima
Approximately 47% of profiles were fitted to Gaussian forms, most of which

showed subsurface Chl-a maxima deeper than 10-m depth and were identified as having a DFM (∼ 30%, see Section 3.3.1). We quantify the percentage of profiles with
DFM in each season (Figure 3.3). The fraction of profiles with deep Chl-a maxima is
larger in the summer (Fig. 3.3a) when strong stratification occurs, but the occurrence
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of profiles that show subsurface enhancement is significant year round in float data.
DFM in stratified surface waters are widespread features in the global oceans and can
result from a broad range of interacting processes: local maxima in phytoplankton
growth rates close to the nutricline, photo-acclimation of phytoplankton cells due to
reduced light levels at depth, and/or physiologically influenced behavior of phytoplankton (e. g. swimming or buoyancy control) that can lead to aggregation in layers
(for a review see Cullen, 2015). Although not as frequent and prominent as DFM
characteristic of oligotrophic regions (Fig. 3.3b top, and see e.g. Mignot et al. (2014))
or coastal environments (e.g. Cullen and Eppley, 1981), DFM are not uncommon in
the Southern Ocean and may occur regardless of the season.
Float data show a larger percentage of profiles with DFM than do elephant-seal
data (Fig. 3.3a), with more than half of the profiles recorded in summer presenting
DFM for float data. We hypothesize that this is because elephant seals and floats
sample different oceanic regimes. While floats are advected by ocean currents at 1000m depth, with no preference for surface Chl-a values, southern elephant seals forage
over continental shelves, near fronts and eddies that promote localized small-scale
blooms (Campagna et al., 2006; Charrassin et al., 2010; Bailleul et al., 2010), which
makes them biased samplers. Southern elephant seals off the Kerguelen Islands exploit
the edge and core of highly turbulent eddies (Bailleul et al., 2010), where Chl-a is
expected to be well mixed throughout the water column. Also, the coarser resolution
in elephant seal profiles suggests that some subsurface features may be missed, giving
a smaller percentage of Chl-a profiles with DFM (Fig. 3.3a).
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Figure 3.3: (a) Percentage of Chl-a fluorescence profiles with DFM for
elephant seals (black), EM-APEX floats (dark grey) and Argo floats (light
grey), considering a DFM when a profile was fitted to a Gaussian and showed
a prominent peak below the surface (see Section 3.3.1). Error bars give the
95% confidence interval estimated from a bootstrap method. (b) Seasonality
of DFM peak prominence (top), MLD and DFMD (bottom).

3.4.2

Deep Chl-a Maximum Depth and Mixed-layer Depth
The depth of the deep Chl-a maximum (DFMD) can lie above or below the

MLD, depending on physical conditions and on the definition used for a mixed layer
(Fig. 3.3b, bottom). For standard MLD definitions, DFMD is on average found above
base of the mixed layer throughout the year, suggesting the existence of gradients
within a hydrographically mixed layer defined using relatively large threshold criteria
(e.g. Holte and Talley’s (2009) algorithm, the 0.03 kg m−3 density threshold criterion
or 0.125 kg m−3 (not shown)). For fine-density threshold criteria, mean DFMD more
often lies below the MLD from summer through fall, suggesting fine-density threshold
criteria may better capture a homogeneous layer in Chl-a during that that time of
the year.
Probability density of occurrence functions between DFMD and MLD better
illustrate the sensitivity of DFMD relative to the MLD for each MLD definition
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Figure 3.4: Two-dimensional probability density of occurrence functions
between deep Chl-a-maximum depth (DFMD) and the MLD using a finedensity threshold of (a) 0.005 kg m−3 , (b) the density algorithm from Holte
and Talley (2009), and density thresholds of (c) 0.03 kg m−3 and (d) 0.125 kg
m−3 . Data includes only nighttime profiles from elephant seals, EM-APEX
and Argo floats characterized by having DFM.
(Fig. 3.4). DFMs are more often found at the base of the mixed layer, but a significant
fraction of profiles with DFMs lie below as well as above the MLD, even for the finethreshold criterion of 0.005 kg m−3 , more closely related to the mixing-layer depth.
The percentage of profiles with DFMs that are shallower than the MLD for
each month of the year and MLD definition is shown in Fig. 3.5a. Smaller densitythreshold criteria generally show a lower percentage of profiles with DFM above the
MLD than do larger threshold criteria, except in wintertime when the MLD is deep,
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Figure 3.5: (a) Percentage of profiles with DFM above the MLD for different
definitions of mixed layer in each month of the year.
and all definitions agree showing DFMD within the MLD. There is a wide range
of variability in the fraction of profiles with DFM above the MLD for the different
MLD definitions, varying between 20% to 80% in the phytoplankton growing seasons.
This large range of variability holds even for more stringent definitions of DFM. For
example, a larger choice of threshold for a Chl-a fluorescence prominent peak in our
definition of DFM reduces the number of profiles with DFM in winter, but the trends
and large variability among the different MLD criteria remain for other seasons in
Fig. 3.5a.

3.4.3

Chl-a Variability in the Mixed Layer
Of all Chl-a fluorescence nighttime profiles evaluated in this study, over 60%

were fitted to non-sigmoid forms, suggesting some degree of variability or gradients
within the mixed layer regardless of whether a DFM is identifiable. During the phytoplankton growing season (September-March), the percentage of non-sigmoid profiles
increases to 75%. As additional measures of inhomogeneities within the hydrographic
mixed layer, we present monthly mean vertical gradients as well as the STD index

71

within the mixed layer for Chl-a fluorescence (see Section 3.3), which we contrast
against potential density (Fig. 3.6).
Density profiles for most definitions (with the exception of the largest threshold
criterion) show little variability in the mixed layer relative to the regional variability
in each month, with a STD index of <0.05 year round (Fig. 3.6a, blue). In contrast,
Chl-a fluorescence profiles vary by a larger fraction of the regional variability for all
definitions used for the MLD (Fig. 3.6a, green), regardless of Chl-a absolute values
(which do show seasonality). The monthly averaged STD index for Chl-a fluorescence
in the mixed layer varies between ∼ 0.1 for fine-density threshold criteria and nearly
0.5 for the largest threshold used for a mixed layer, and it is consistently larger than
for potential density for all definitions of MLD.
A large range of variability in Chl-a fluorescence is not uncommon in biooptical data (Campbell , 1995). How homogeneous is Chl-a fluorescence expected to
be within the mixed layer? The STD index allows to compare variability within
the mixed layer, relative to the regional variability in winter, when presumably the
relatively stronger activity of storms (e.g. Simmonds et al., 2003; Ulbrich et al., 2009)
is expected to homogenize properties across the upper Southern Ocean. Thus, one
should expect that the variance within the mixed layer for a given profile will be less
than the regional variance across all mixed-layer measurements in winter. When we
normalize by the regional variability in winter, we find that the monthly averaged
STD index for Chl-a fluorescence in the mixed layer varies between ∼ 0.1 for a finedensity threshold criterion and over 1.6 for the the largest threshold, but the range
of variability will be largest if a log-normal model is used to compute the STD index
(see Section 3.3.2).
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Figure 3.6: STD index within the MLD (i.e. the standard deviation within
the mixed layer normalized by the regional standard deviation) for Chl-a
fluorescence (green) and potential density (blue). Shades of blue and green
indicate different MLD definitions (see legend). Error bars were computed
by error propagation of the ratio. (a) Normalizing by the regional standard
deviation in each month, and (b) normalizing by the winter standard deviation for the region (see Section 3.3.2). Mean vertical gradients (i.e. averaging
absolute values) are also shown in dashed lines (right y-axis) in (b).
When compared against the winter regional variability in the mixed layer, the
inhomogeneity in Chl-a fluorescence profiles within the mixed layer is not only dependent upon the definition used for a MLD, but also on season (Fig. 3.6b, thick lines).
There is greater variability within hydrographic mixed layers during the phytoplankton growing season. In general, Chl-a fluorescence in the mixed layer is more homogeneous in late fall and winter, consistent with the seasonal deepening of the MLD and
a hydrographic mixed layer more closely related to the mixing layer (Chiswell , 2011).
Departures from homogeneity relative to the winter variability (i.e. STD index>0.2)
occur in late winter, when sudden restratification may occur (see e.g. Fig. 3.1b and
c) and the MLD is likely a poor proxy for the mixing layer depth. Vertical gradients in Chl-a fluorescence within the mixed layer show similar seasonality (Fig. 3.6b,
dashed lines), albeit with larger mean values for Chl-a fluorescence relative to vertical
gradients in potential density through the fall as well.
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3.5

Discussion and Conclusions
New bio-optical data from floats and Southern elephant seals show that, even

in the open Southern Ocean, where year-round harsh weather conditions might be
expected to homogenize properties within mixed layers, subsurface Chl-a fluorescence
maxima are not uncommon, and that Chl-a fluorescence may not be well mixed within
the seasonal (hydrographically defined) mixed layer.
Southern Ocean DFM, although not as large as subsurface Chl-a fluorescence
maxima found in subtropical regions, can occur in all seasons, albeit with higher
frequency of occurrence in summer. The occurrence of deep Chl-a maxima in the
Southern Ocean has been documented (Holm-Hansen et al., 2005; Charrassin et al.,
2010). Holm-Hansen et al. (2005) indicated that deep Chl-a maxima are predominant
over deep ocean basins, where enrichment of surface waters with Fe from coastal
sediments or upwelling processes are minimal, and in pelagic waters south of the Polar
Front where Chl-a concentrations in the upper mixed layer are very low (generally
< 0.2 mg m−3 ). Elephant seal data showed numerous areas to be characterized by
deep fluorescence maxima that were undetectable with satellites, with fluorescence
intensities up to 5 times the surface values (Charrassin et al., 2010), and were also
observed in nighttime profiles by Biermann et al. (2015). Deep Chl-a maxima are
usually characteristic of the summer season when the upper ocean is well stratified
and a seasonal mixed layer develops (e.g., Holm-Hansen et al., 2005; Gaube et al.,
2013; Mignot et al., 2014).
Subsurface Chl-a fluorescence maxima are more often found at or near the
base of the MLD, suggesting a strong dependence on turbulence levels for Chl-a
accumulation at depth in the Southern Ocean. The observation that DFMD are more
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often found close to the MLD suggests the importance of physical mechanisms in the
formation and maintenance of DFM, but identifying the mechanisms of maintenance
of DFM layers requires data that are unavailable from autonomous platforms (e.g.
phytoplankton specific growth rates, species composition and depth distribution of
grazing pressure) and is outside the scope of this study.
Perhaps more important, regardless of the definition chosen for mixed layer,
is that a significant number of DFM are found within the mixed layer. This is true
year round for the most commonly used definitions of MLD (e.g. de Boyer Montégut
et al., 2004; Holte and Talley, 2009), including during winter and spring for the best
estimate of the Southern Ocean mixing-layer depth, which can be inferred from finedensity threshold criteria (Kilbourne and Girton, 2015). The large range of variability
in the fraction of profiles with DFM above the MLD for different MLD definitions
(∼20-80%) suggests that caution should be exersized when defining the layer that is
assumed to be mixed in Chl-a fluorescence, since nearly 20% of profiles with subsurface fluorescence enhancement will show the deep maxima above the MLD (even if
a fine-density threshold criterion for MLD detection is used). Particularly in summer, whether the DFM lies above or below the MLD is largely dependent on the
threshold criterion for MLD detection chosen. The fact that most profiles with DFM
lie below the MLD defined by fine-density thresholds, but above MLDs defined by
larger threshold criteria, suggests that reduced turbulence in remnant mixed layers
may allow for DFM to form below the actively mixing layer that is in direct contact
with the wind. The presence of ubiquitous fronts in the Southern Ocean, where convergences/divergences lead to plankton accumulation may also lead to DFM (Franks
and Walstad , 1997b; Taylor et al., 2012; Powell and Ohman, 2015) and gradients
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within mixed layers.
Chl-a fluorescence maxima above the MLD suggest the existence of gradients
within the hydrogaphically defined mixed layer, implying that Chl-a fluorescence
may not be homogeneous within the homogeneous layer in density at the time of
profiling. The ratio of variability within a given day mixed layer and the regional
variability across Southern Ocean mixed layers is remarkably constant year round for
all but one definition of MLD (i.e., the 0.125 kg m−3 threshold criterion), and Chl-a
is consistently more heterogeneous than density for all definitions. Chl-a fluorescence
variability within the mixed layer for a given day is, on average, between 20% and 50%
the regional variability across the entire Southern Ocean, which is consistently higher
than the 5% for potential density. Although the STD index for the mixed layer relative
to wintertime regional variability indicate relatively homogeneous profiles in winter,
Chl-a fluorescence variance and vertical gradients are significantly larger, compared
with potential density, during the phytoplankton growing season.
The existence of gradients and unevenness in Chl-a fluorescence within mixed
layers presented here indicates periods when the biological timescale of adaptation
to the light gradient is faster than the rate of mixing through the light gradient.
Although the existence of Chl-a fluorescence gradients can result from physiological
adaptation to ambient light and does not necessarily imply gradients in phytoplankton
biomass (e.g. Cullen and Eppley, 1981), observations in the North Atlantic have shown
that phytoplankton can be unevenly distributed in deep winter mixed layers (Ryther
and Hulburt, 1960).
Our results suggest that intermittent atmospheric forcing may allow for long
enough periods of quiescence and reduced turbulence in deep mixed layers, resulting in
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DFM and/or Chl-a unevenness within the seasonal mixed layer. Southern Hemisphere
extratropical cyclones can have life spans between 2-10 days, but considering the mean
duration of storms that persist beyond 1 day is just over 3 days (Simmonds and Keay,
2000), and that typically the frequency of occurrence is roughly one storm per week
at any given location over the storm tracks, a period of 3-4 days of quiescence between
storms can be sufficient for biological processes to take place before the next mixing
event homogenizes the mixed layer.
This study aims to emphasize that the absence of density stratification in
the mixed layer does not imply vertical mixing and homogeneous layers in other
properties. Our results confirm that the mixed layer defined by standard density
threshold criteria is a poor indicator of the active turbulent layer (Franks, 2014), and
fine-density threshold criteria are usually a better proxy for the depth of active turbulence (except in spring, when all definitions seem to fail at capturing the turbulent
layer). These observations suggest intermittent turbulence within mixed layers may
occur more often than commonly assumed, and assuming biogeochemical tracers are
well mixed in a hydrographically defined mixed layer can be dangerous and may lead
to erroneous interpretations.

3.6

Appendix

Appendix: Profile Fits
The equations for the functional forms fitted to the profile data are those
presented by Mignot et al. (2011), or linear combinations of them. These are a
sigmoid (a):
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F (z) =

Fsurf
,
1 + e(Z1/2 −z)∗s

(3.1)

with m = 3 fitted coefficients: a surface value,Fsurf , the depth where the surface
value reduces to one half, Z1/2 , and the sigmoid fit slope at Z1/2 , s; an exponential
(b):
F (z) = Fsurf e

− Zln 2 z
1/2

,

(3.2)

with m = 2 fitted coefficients: Fsurf , and Z1/2 ; a Gaussian (c):

F (z) = Fmax e−

(z−Zmax )2
dz 2

,

(3.3)

with m = 3 fitted coefficients: the maximum value Fmax , the depth of the maximum
Zmax , and a proxy for the maximum thickness, dz; (d) a linear combination of a
Gaussian with an exponential:

F (z) = Fsurf e

− Zln 2 z
1/2

+ Fmax e−

(z−Zmax )2
dz 2

,

(3.4)

with m = 5 fitted coefficients: Fsurf , Z1/2 , Zmax , Fmax , and dz; and (e) a linear
combination of a Gaussian with a sigmoid:

F (z) =

(z−Zmax )2
Fsurf
−
dz 2
+
F
e
,
max
(Z1/2 −z)∗s
1+e

with m = 6 fitted coefficients: Fsurf , Z1/2 , s, Zmax , Fmax , and dz.

(3.5)
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Chapter 4
Wind modulation of upwelling at
the shelf-break front off Patagonia:
Observational evidence
The South-Atlantic Patagonian shelf is the largest chlorophyll-a (Chl-a) hot
spot in Southern Ocean color images. While a persistent 1500-km long band of high
Chl-a along the shelf-break front (SBF) is indicative of upwelling, the mechanisms
that drive it are not entirely known. Along-front wind oscillations can enhance upwelling and provide a nutrient pumping mechanism at shelf break fronts of western
boundary currents. Here, we assess wind-induced upwelling at the SBF off Patagonia
from daily satellite Chl-a and winds, historical hydrographic observations, cross-shelf
Chl-a fluorescence transects from two cruises, and in situ winds and water column
structure from a mooring site. Satellite Chl-a composites segregated by along-front
wind direction indicate that surface Chl-a is enhanced at the SBF with southerly
winds, and suppressed with northerly winds. Northerly winds also result in enhanced
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Chl-a further offshore (∼25-50 km). Synoptic transects as well as mean hydrographic
sections segregated by along-front winds show isopycnals tilted upward for southerly
winds. Spring observations from the mooring also suggest that southerly winds destratify the water column and northerly winds restratify, in agreement with Ekman
transport interacting with the front. Moreover, changes in water column temperature
lag along-front wind forcing by about 3-4 days, consistent with estimates of Ekman
spin-up time for the spring. Our results suggest that oscillations in along-front winds,
on timescales typical of atmospheric storms (2-10 days), can significantly modulate
the upwelling and productivity at the SBF off Patagonia, revealing the importance
of wind-induced upwelling for shelf-slope exchange at shelf-break fronts of western
boundary currents.

4.1

Introduction
Continental shelves support high primary productivity and are responsible for

more than 40% of the carbon sequestration of the world’s ocean (e.g. Muller-Karger ,
2005). The Patagonian shelf, located along the eastern coastline of South America
from about 38◦ S to 55◦ S, is a productive marine environment comparable to those
found in upwelling systems of eastern boundary currents (e.g. Carr and Kearns, 2003;
Garcia et al., 2008), in terms of primary productivity (Garcia et al., 2008; Lutz et al.,
2010; Segura et al., 2013) and higher trophic levels (Acha et al., 2004; Bogazzi et al.,
2005; Campagna et al., 2006; Falabella, 2009) The Patagonian shelf stands out as a
hot spot in satellite chlorophyll-a (Chl-a), indicative of phytoplankton abundance,
with typical Chl-a values an order of magnitude larger than those found in the open
ocean sustaining the largest marine ecosystem of the Southern Hemisphere (Bisbal ,
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1995; Longhurst, 2007; Heileman, 2009). Large diatom blooms are responsible for
substantial rates of absorption of atmospheric CO2 (Schloss et al., 2007; Garcia et al.,
2008; Carreto et al., 2016), making the region one of the strongest CO2 sinks per unit
area of the world’s ocean (Bianchi , 2005; Bianchi et al., 2009; Arruda et al., 2015).
A prominent narrow band of high satellite Chl-a along the shelf break closely
follows the 200-m isobath (see Fig. 4.1a) and is persistent in climatological means (e.g.
Acha et al., 2004; Saraceno et al., 2005; Rivas, 2006; Romero et al., 2006; Signorini
et al., 2006). Such persistent enhancement of Chl-a at the shelf break is indicative
of upwelling of nutrient-rich waters, but the mechanisms that drive such upwelling
are still under debate (see Section 4.2). Regardless of the mechanism behind the
formation and maintenance of the strong upwelling at the shelf break front (SBF) off
Patagonia, winds have the potential to enhance the nutrient supply to the euphotic
zone and may impact Chl-a concentrations by several means.
On scales of atmospheric synoptic storms, high winds can enhance surface
Chl-a concentrations through enhanced mechanical wind mixing (e.g. Swart et al.,
2014; Carranza and Gille, 2015). Over the Patagonian shelf, high winds enhance
satellite Chl-a over the northern shelf in summer, when strong stratification that
inhibits the exchange with presumably nutrient-rich subsurface waters develops, but
correlations between wind speed and Chl-a anomalies are generally low over the shelf
break, showing relative minima (see Carranza and Gille, 2015, their Fig. 7a).
Wind directionality, however, can also modify upwelling rates near fronts.
Directional winds may interact with the frontal circulation and modulate the location and intensity of the upwelling. Theoretical and numerical studies supported
by observations have shown that winds and diabatic vertical mixing can modify the
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Figure 4.1: (a) Bathymetry of the Patagonian shelf from GEBCO with
schematic of mean circulation, adapted from Piola and Falabella (2009). (b)
Chl-a amplitude (annual maximum - annual minimum) based on monthly
means for the period 2000-2011, with mean summer wind vectors overlaid.
Solid black contours indicate the 200m and 1000m isobaths. The SubAntarctic Front (SAF) from Orsi et al. (1995) is shown by the dashed black
line.
ageostrophic vertical circulation associated with open ocean fronts (e.g. Thompson,
2000; Thomas and Lee, 2005; Nagai et al., 2006; Thomas and Ferrari , 2008). Downfront winds (i.e. in the direction of the frontal jet) can enhance frontogenesis as a
consequence of wind-driven gravitational instabilities and non-linear Ekman pumping, modifying upwelling/subduction rates in mesoscale oceanic fronts (Thomas and
Lee, 2005; Thomas and Ferrari, 2008). In the vicinity of a jet, enhanced upwelling
may also be caused by along-front wind stress (wind−surface current) variations in
the cross-front direction itself (Dewar and Flierl , 1987; Zhang et al., 2013).
At shelf-break fronts of western boundary currents, oscillations in the alongfront component of the winds can also modulate the upwelling, providing a mechanism
for transient nutrient supply to the euphotic zone (Houghton et al., 1988; Franks and
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Walstad , 1997a; Fratantoni , 2003; Siedlecki et al., 2011), with stronger oscillating
winds of longer periods resulting in higher biological production. Based on a numerical model configured for the MAB, Siedlecki et al. (2011) suggest that when wind
oscillations are aligned with a shelf-break front, Ekman transport in the surface layer
can tilt the isopycnals associated with the front changing cross-front circulation patterns and frontal upwelling. At a SBF that separates less dense shelf waters from
denser open ocean waters and in the absence of alongshore pressure gradients, upfront winds are expected to flatten isopycnals, producing upwelling of nutrient-rich
waters in the Bottom Boundary Layer (BBL) from the slope onto the shelf (i.e. onwelling, see Siedlecki et al. (2011)). The reversal of the winds (i.e., down-front winds),
by steepening isopycnals, provides a mechanism for nutrient pumping to the euphotic
layer, with potential consequences for primary production. For the Patagonian shelf
configuration, upwelling at the SBF would be favored by southerly winds (i.e. from
the south) associated with onshore Ekman transport in the surface layer, and more
vertical isopycnals. In contrast, northerly winds (i.e. from the north) with associated
Ekman transport offshore tend to restratify and flatten isopycnals at the front (see
schematic in Fig. 4.2, adapted for the Southern Hemisphere from Siedlecki et al.,
2011).
Although winds in the Patagonia region are not predominantly upwelling favorable or downfront with respect to the western boundary current, synoptic weather
(i.e., wind fluctuations of 2-10 days, (e.g. Vera, 2003)) can produce wind patterns
that substantially deviate from the prevailing westerly mean wind fields (Jones and
Simmonds, 1993; Vera, 2003; Eichler and Gottschalck , 2013), and variability in the
along-shelf component of the winds can potentially modulate the upwelling and pro-
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ductivity of the SBF off Patagonia.
This study takes advantage of satellite data and the existing in situ observations in the region to evaluate the hypothesized wind-induced upwelling mechanism
associated with along-front wind oscillations and the interaction with frontal isopycnals (Siedlecki et al., 2011), although upwelling due to differential wind stress is also
discussed. We use high-resolution satellite observations of winds and ocean color as
well as hydrography and in situ Chl-a fluorescence measurements from cruises and
a mooring site to assess whether along-front winds modulate the upwelling at the
SBF off Patagonia, and to what extent these upwelling patterns modulate biological
productivity. We address the biological impact of the oscillating wind effect on the
upwelling through the Chl-a response. Section 4.2 describes general characteristics of
the Patagonian shelf region and proposed mechanisms for the local upwelling at the
shelf break. In Section 4.3 we present the data sources used. Satellite-based results
suggest that along-front winds can modulate Chl-a at the SBF potentially through
isopycnal tilting, and are presented in Section 4.4.1. Synoptic evidence of isopycnal
tilting under opposing along-front wind conditions from hydrographic sections across
the SBF (Section 4.4.2), as well as composite sections from historical hydrographic
stations segregated by wind direction (Section 4.4.3) are also in agreement with the
theory (Siedlecki et al., 2011). Further evidence of wind-driven upwelling from a SBF
mooring site that acquired meteorological and water column hydrographic data is presented in Section 4.4.4. Results are further discussed in Section 4.5 and conclusions
follow in Section 4.6.
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Figure 4.2: Schematic diagram showing the effect of along-front winds on
the upwelling at a shelf-break front, adapted for the Southern Hemisphere and
modified from Siedlecki et al. (2011). In their model, alongshore variations
(i.e., frontal meandering and eddies) are neglected. Frontal structure with
(a) no-wind forcing, (b) southerly winds, and (c) northerly winds. Southerly
winds lead to Ekman transport in the surface layer onshore, steepening
frontal isopycnals and enhancing the upwelling at the shelf break, whereas
northerly winds lead to offshore Ekman transport, flattening isopycnals and
suppressing upwelling at the SBF. Note that for the no wind scenario, the
presence of a slope jet with strong shear in their model produces a reversal of
the flow at depth over the slope and, hence, convergence in the BBL. The role
of this process in the Patagionian SBF is questionable due to the presence
of a strong slope current, and the dominant mechanism at play is uncertain
(see e.g. Matano and Palma, 2008). Nonetheless, upwelling is expected to
occur at the SBF off Patagonia in the no-wind case as well, and we kept the
arrows as in the original schematic.

4.2

Background: General characteristics of the
Patagonian shelf and physical mechanisms
for shelf-break upwelling
The Patagonian shelf spans over 1.2 million km2 of ocean and is under the

influence of predominantly westerly winds and high tidal energy (e.g., Palma et al.,
2004). The circulation over the shelf is characterized by wind-driven northeastward
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flow of low salinity waters that outflow from the Strait of Magellan (Guerrero and
Piola, 1997; Palma et al., 2004). The shelf is bounded on the east by the northward
flowing Malvinas Current (i.e., slope western boundary current, see Fig. 4.1a) which
supplies cold nutrient-rich Subantarctic waters to the shelf (Piola et al., 2010; Painter
et al., 2010). On the shelf’s outer edge, the 1500-km long SBF separates the Malvinas
Current (T<15◦ C, Sp ∼34.2 psu, e.g. Valla and Piola, 2015) from seasonally warmer
and relatively fresher shelf waters (Sp <33.9 psu, e.g. Guerrero and Piola, 1997; Palma
et al., 2008). The transition between shelf and open ocean waters, is therefore characterized by moderate cross-front temperature and salinity gradients (Romero et al.,
2006; Painter et al., 2010; Valla and Piola, 2015). Observations show that the shelf
break salinity front, which closely follows the 33.9 psu isohaline (Piola et al., 2010;
Painter et al., 2010), is associated with nitrate maxima, located at or inshore of the
surface temperature minimum and density maximum (Romero et al., 2006; Painter
et al., 2010; Poulton et al., 2013; Valla and Piola, 2015). The seasonal variability
in light intensity and nutrient supply to the mixed layer associated with changes in
stratification control the strong variability of phytoplankton abundance (Signorini
et al., 2006). Though nutrient observations are scarce, recent adjoint sensitivity experiments suggest that phytoplankton productivity is limited by macronutrients (i.e.
nitrate) over the shelf, whereas in the outer shelf, productivity is presumably iron
limited (Song et al., 2016). Bottom shelf water, presumably rich in iron, could also
be a source of iron to the outer shelf (Siedlecki et al., 2012). Therefore, the exchange
of water masses across the SBF impacts biological productivity (e.g. Piola et al.,
2010; Brink , 2016). However, the underlying mechanisms that regulate the crossshelf exchange between the open ocean and shelf waters in this region are not well
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known.
Shelf-break upwelling can be generated by internal processes associated with
the convergence and detachment of the BBL over shelves dominated by cyclonic currents (e.g. Gawarkiewicz and Chapman, 1992; Chapman and Lentz , 1994; Chapman,
2002). However, BBL detachment cannot fully explain the strong upwelling inferred
from observations at the SBF off Patagonia (Matano and Palma, 2008; Miller et al.,
2011). In-situ and remote sensing observations suggest that intense shelf-break upwelling can reach 13−29 m day−1 (Valla and Piola, 2015), while average modelled
upwelling rates are 8 m day−1 (Matano and Palma, 2008; Combes and Matano, 2014).
Using numerical experiments based on idealized conditions for the Patagonian shelf,
Matano and Palma (2008) showed that, in the absence of an externally imposed horizontal density gradient and the presence of a strong slope current flowing in the
direction of coastally trapped waves (i.e., Malvinas Current), the magnitude of upwelling generated by the detachment of the BBL is very small (i.e. ∼0.2 m day−1 ).
Instead, they found that the upwelling at the SBF off Patagonia is mainly driven
by horizontal flow divergences due to the spreading of the western boundary current
onto the shelf, and the magnitude of the upwelling is proportional to the slope current transport. The shelf-break upwelling mechanism proposed by Matano and Palma
(2008) is controlled by the along-shelf pressure gradient, which drives downstream divergences of the slope current. Their theory is supported by analytical solutions of
the simplified shallow-water equations (e.g. Miller et al., 2011), as well as by higher
resolution modeling experiments with realistic bathymetry and forcing (Combes and
Matano, 2014). In situ surface current observations are sparse in the region, and the
magnitude of such process remains to be tested with observations.
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Although, in the northern sector of the Patagonia continental slope, observations show zonal displacements of the Malvinas current flow and baroclinic jets that
are responsible for slope water intrusions to the shelf (Carreto et al., 1995; Franco
et al., 2008; Piola et al., 2010, 2013), the steady northward flow is mostly barotropic
and strongly controlled by bottom topography (Vivier and Provost, 1999; Piola et al.,
2010, 2013). In the absence of alongshore variations (i.e., frontal meandering and eddies), oscillating winds may produce net upward pumping of nutrients at the shelf
break on sub-seasonal timescales (i.e., <15 days, Siedlecki et al. (2011)).
Previous studies that have looked into wind-driven physical controls of satellite Chl-a in the Patagonian shelf region have focused on seasonal to inter-annual
timescales or have analyzed case studies, often based on in situ observations and
models (e.g. Saraceno et al., 2005; Garcia et al., 2008; Signorini et al., 2009; Machado
et al., 2013). Saraceno et al. (2005) discussed satellite Chl-a variability at the SBF
in relation to directional winds in the context of inter-annual variability of spring
blooms; years with stronger northerly winds were associated with higher Chl-a concentrations than years when northerly winds were moderate or from the south. They
suggested that eastward Ekman transport could result in the interleaving of the different water masses at the SBF and enhance vertical stability, retaining phytoplankton
in the euphotic zone (Podestá, 1990). Coastally-trapped waves, generated by remote
wind forcing, were also suggested as a possible mechanism that could explain 70-day
fluctuations in SST and Chl-a 8-day fields (Saraceno et al., 2005), in agreement with
previous studies (Vivier and Provost, 1999; Vivier et al., 2001). The modulation of the
upwelling at the SBF off Patagonia by the winds, on sub-seasonal timescales shorter
than 15 days, which is the focus of our study, has not been previously addressed from
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observations.

4.3
4.3.1

Data and Methods
Satellite data
We use satellite winds and Chl-a estimates to evaluate the influence of along-

front winds on phytoplankton blooms near the SBF off the eastern coast of Patagonia.
The long satellite records (i.e., 12 years) allow us to assess statistical significance and
complement evidence of wind-induced upwelling at the SBF from in situ observations.
Daily satellite Chl-a serves as a proxy for phytoplankton biomass within one
optical depth of the surface. The data are available at 9-km resolution, covering the
period 2000-2011 for which satellite wind data are also available. We use satellite
Chl-a derived using the Southern Ocean SPGANT algorithm (Mitchell and Kahru,
2009), which uses the maximum band-ratio algorithm (O’Reilly et al., 1998), but with
coefficients fitted to Southern Ocean data, and which merges satellite data from several sensors (i.e. OCTS, SeaWiFS, MODIS-Aqua and VIIRS). Although SPGANT
has not been validated against in situ Chl-a for this particular region, our conclusions do not rely on Chl-a absolute values and are not sensitive to the choice of the
Chl-a dataset used (e.g. Chl-a from GlobColour leads to qualitatively similar results). Because Chl-a is log-normally distributed, for averaging we use a geometric
mean, obtained by averaging the logarithm of Chl-a and then inverse-transforming
the averaged logarithm (IOCCG, 2004).
We use Cross-calibrated Multi Platform (CCMP) 6-hourly winds for the period
2000-2011 (Atlas et al., 2011b). CCMP winds result from a 4-D variational analysis
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based on multiple satellite datasets, in situ winds and European Centre for MediumRange Weather Forecasts (ECMWF) analysis winds. Data gaps in CCMP winds are
expected due to rain, since satellite wind measurements are affected by rain (Atlas
et al., 2011b). CCMP winds are preferred over single-scatterometer winds because
they capture the high-frequency variability in the winds and show coherence with
high-resolution in situ winds from meteorological buoys up to the diurnal scale (Carranza and Gille, 2015). In addition, unlike single-scatterometer winds, CCMP winds
show no directional bias against in situ observations from buoys. Both microwave
radiometers and scatterometer measurements are more closely related to wind stress
(i.e. momentum relative to the ocean) than to the actual wind (Atlas et al., 2011b),
but are reported as 10-m equivalent neutral wind speed for calibration purposes. The
conversion of stress to wind speed at 10-m height considers influences of atmospheric
stability (Bourassa et al., 2010); however, equivalent neutral winds are also relative
to currents (Kelly et al., 2001; Chelton, 2004). For this analysis, 25-km resolution
winds were linearly interpolated into the 9-km grid of the Chl-a data.
The 9-km resolution of the satellite data resolves frontal variability over spatial
scales greater than 18 km. This is sufficient considering that the frontal region (i.e. the
horizontal scale over which isopycnals slope upward) from theoretical considerations
scales approximately as twice the Rossby radius of deformation (Franks, 1992), which
gives R∼10-15 km for a density contrast between shelf and slope water masses of ∼
0.8-1 kg m−3 , a total water column depth of 200 m, and a range of latitudes between
∼38◦ -50◦ S characteristic of the Patagonian SBF.
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4.3.2

In situ observations
We extend the analysis from satellite fields to examine processes occurring

throughout the water column in the vicinity of the SBF using the historical database
of hydrographic stations collected in the region by the Servicio de Hidrografı́a Naval
(SHN, www.hidro.gov.ar/ceado/ceado.asp) and the Instituto Nacional de Investigación y Desarrollo Pesquero (INIDEP, http://www.inidep.edu.ar/oceanografia/) in
Argentina. A summary of all in-situ observations used in this study is presented in
Table 4.1.

Historical hydrographic stations
We examined the historical database of hydrographic stations from the SHN
from 1987 onwards, when CCMP satellite winds are available, as well as stations
collected by INIDEP for the years 1992-1998. For this study, we analyzed stations
within 200 km of the 200 m isobath, between approximately 38◦ S and 50◦ S. We
restricted the analyses to stations south of 38◦ S to avoid buoyancy effects from the
La Plata River plume, which outflows anticyclonically towards the north near 36◦ S,
and may hinder dynamical effects at the shelf-break associated with oscillating winds
(for the plume extent see e.g. Piola et al., 2000, 2008; Guerrero et al., 2014; Matano
et al., 2014). Hydrographic stations for transects across the SBF off Patagonia were
sampled in the years 1988-1994, 1996, 1997, 2005 and 2006 during different seasons.
Conductivity-temperature-density (CTD) vertical profiles were available for
all stations included in our analyses. Absolute salinity, conservative temperature
and derived density from these quantities were computed using the international
thermodynamic equation of seawater (TEOS-10) and the MATLAB Gibbs Seawater
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(GSW) Oceanographic Toolbox from McDougall and Barker (2011).

GEF cruises
In 2005 and 2006, hydrographic stations for transects across the SBF off Patagonia were sampled during Global Environmental Facility (GEF) Patagonia cruises on
board R/V ARA Puerto Deseado. Cross-shelf transects were carried out in October
2005 (GEF-1), March 2006 and September 2006 (GEF-3) with a horizontal resolution
of ∼25 km. CTD profiles for all GEF cruises are available at the National Oceanographic Data Center, and details of the data processing are reported by Charo and
Piola (2014). In this work, we present results from two hydrographic transects acquired during GEF-1 and GEF-3 that were sampled with opposing meridional wind
conditions, at ∼41◦ S (off Rincón) and at ∼44◦ S (off Valdés Peninsula).
During GEF-1 and GEF-3 the CTD was equipped with a SeaPoint Chl-a fluorescence sensor. In addition, 5-liter water samples were collected with a 12-bottle
rosette sampler for analysis of dissolved oxygen and Chl-a concentration among other
biological parameters (Lutz et al., 2010; Gómez et al., 2011; Segura et al., 2013; PerezCenci et al., 2014; Carreto et al., 2016). Water samples were collected at the surface and at 2-3 selected depths (i.e. within and below fluorescence maxima), and
Chl-a extraction was performed using a fluorometric method as well as High Performance Liquid Chromatography (HPLC, Lutz et al., 2010; Carreto et al., 2016). Both
methodologies showed a significant correlation between Chl-a fluorescence measured
by the fluorometer and Chl-a concentration from water samples for all GEF-1 stations. However, Lutz et al. (2010) also report that the ratio of Chl-a concentration
to fluorescence showed large variability in the vertical and that some stations showed
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near-surface photo-inhibition.
For the two hydrographic transects presented in this study, some stations
were sampled at noon when Chl-a fluorescence can be affected by non-photochemical
quenching, resulting in reduced Chl-a fluorescence at the surface. A linear adjustment
of Chl-a fluorescence with Chl-a concentrations extracted from water samples was
performed to account for non-photochemical quenching at the surface. Because not all
stations had water samples at depth, we used a linear regression based on all available
water samples for each cruise. First, voltage counts measured by the fluorometer were
converted to Chl-a fluorescence using scale factors provided by SeaPoint Inc. and
offset values determined by measuring the sensor output in the dark. The r2 (e.g.
squared correlation coefficient) between Chl-a fluorescence and Chl-a concentration
from water samples yields r2 =0.69 for all GEF-1 samples (n=163), and r2 =0.61 for
GEF-3 (n=113). For both cruises, no consistent overestimation or underestimation
by the fluorometer was observed. Chl-a fluorescence was re-calibrated by multiplying
by the slope of a Type I linear regression, forced to intercept zero, between Chla concentration from water samples (y-axis) and Chl-a fluorescence (x-axis). The
correction factor was 1.13 for GEF-1, and 0.9 for GEF-3. A Type II regression, which
minimizes the distance perpendicular to the regression line, assuming both variables
are subject to measurement errors (see e.g., Ricker , 1973), yields qualitatively similar
patterns regardless of the method used. Although the magnitude of adjusted Chl-a
fluorescence is sensitive to the correction factor, the patterns of Chl-a fluorescence for
the three vertical sections analyzed in this study were qualitatively similar. We report
adjusted Chl-a fluorescence; however, Chl-a absolute values might not be accurate
throughout the water column and should be interpreted with caution.
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Because of the coarse horizontal resolution between stations, vertical sections
of Chl-a fluorescence were objectively mapped based on the method of Le Traon
(1990), assuming anisotropic, Gaussian statistics for the eddy field. We used a crossfront length scale of 75 km, based on cross-front autocorrelation of austral spring
(Sep-Oct-Nov, SON) satellite Chl-a, and a vertical length scale of 50 m, inferred from
the available vertical profiles of adjusted Chl-a fluorescence from GEF-1 and GEF-3
cruises. The data are assumed to have a priori uncorrelated noise, with a noise to
signal ratio of 0.25, and interpolated data with error greater than 0.1 were masked.

GEF mooring site
During the October 2005 cruise, a mooring was deployed at the edge of the
continental shelf close to the 200-m isobath. The mooring, located at 43.82◦ S and
59.67◦ W, measured meteorological and oceanographic data for 51 days, from October
16 to December 5 2005.
The mooring acquired high-resolution measurements of meteorological parameters as well as water column temperature and currents throughout the water column.
A surface buoy equipped with meteorological sensors measured wind speed, direction
and gustiness, air humidity, temperature and pressure. Wind measurements were
sampled every second for 10-minute intervals centered at the hour. Hourly data
were recorded internally and 3-hourly data were transmitted to shore via satellite
telemetry in near real-time. Our analyses are based on hourly data. Subsurface temperature and conductivity MicroCAT sensors provided hourly measurements at six
depth levels: 1m, 10m, 30m, 50m, 75m and 100m depths. Further details on the buoy
specifications and these observations are reported by Valla and Piola (2015).
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Table 4.1: Summary of in-situ observations presented in this study (weblinks for data sources can be found in the Data section and Acknowledgements.)
Data type
GEF1 Transect (Rincón)
GEF1 Transect (Valdés)
GEF3 Transect (Rincón)
GEF Mooring
Historical Hydrography
(SHN and INIDEP)

4.4
4.4.1

Location
∼41◦ S, 57◦ W
∼44◦ S, 60◦ W
∼41◦ S, 57◦ W
∼44◦ S, 60◦ W
see Fig 7a

Time Period
10 Oct 2005
13-15 Oct 2005
23-25 Oct 2006
16 Oct - 5 Dec 2006
1988-1989,
1992-1995, 1997-1998,
2003, 2005, 2006

Wind
northerly
southerly
southerly
variable
variable

Results and Discussion
Composites of satellite Chl-a by wind direction
To investigate the role of along-front winds on Chl-a variability at the SBF, we

first looked at composites of satellite Chl-a, segregating the data by wind direction
(Fig. 4.3). We use summer data here because in the summer phytoplankton growth
is presumed to be nutrient limited, and previous correlation analyses showed wind
speed and satellite Chl-a to be correlated in summer in this region (Carranza and
Gille, 2015), while correlations are weak and non-significant in other seasons. Each
satellite Chl-a grid cell was screened for positive (i.e., southerly) or negative (i.e.,
northerly) along-front winds. Because north of ∼44◦ S the shelf break does not have
a north-south orientation (see Figure 4.1), we rotated winds 35◦ clockwise north of
44◦ S and used meridional winds south of that latitude. Mean satellite Chl-a maps for
along-front southerly winds, northerly winds and the difference between the two are
shown in Figure 4.3.
Over the shelf break, onshore of the 200-m isobath, southerly winds are associated with enhanced satellite Chl-a (red in Figure 4.3c). Further offshore northerly
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winds are associated with high Chl-a (blue band offshore of the 200-m isobath in Figure 4.3c). The red band of high Chl-a for southerly winds at the SBF is statistically
significant (i.e. the difference is larger than the sum of standard errors for mean Chl-a
maps). Offshore of the mean position of the SBF, Chl-a is enhanced with northerly
winds, and, although the difference shown in Figure 4.3c is not statistically significant,
because Chl-a is generally low, the spatial pattern is coherent along the length of the
shelf break. This large-scale pattern emerges when we consider along-front winds,
and there is no pattern associated with cross-front winds, implying no clear response
of Chl-a to relaxations in along-front winds. Differences are more pronounced if we
consider only along-front winds that are larger in magnitude than the cross-front
wind component. However, because fewer cases meet these criteria, the statistically
significant red band shows less spatial coherence (not shown). The same pattern also
arises in correlation maps between anomalies of along-front winds and Chl-a at zero
lag (not shown), but we present the composites to ease the interpretation.
The pattern of consistently high Chl-a or low Chl-a to either side of the SBF
is more remarkable in the summer than during the other seasons. To better illustrate
the cross-front shift in satellite Chl-a with changing along-front wind direction, in
Figure 4.4, we compare mean Chl-a for all summer cases (in yellow) against mean
Chl-a for southerly winds (red) and northerly winds (blue) for two cross-sections at the
SBF, indicated by black dots in Figure 4.3c. Cases of southerly wind are less frequent
than cases of northerly wind, because north of 50◦ S mean summer winds present a
northerly component (see Fig. 4.1b), but in both of these transects, the Chl-a peak
is shifted onshore of the SBF (i.e., defined here as the peak in the yellow curve) with
southerly winds, and the difference between Chl-a for southerly winds and northerly
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winds is significant compared with the overall summer mean. This cross-front shift in
the location of the Chl-a peak with along-front wind direction suggests the influence
of cross-front Ekman transport interacting with the sloping isopycnals at the front.
In addition, the Chl-a difference between southerly and northerly wind composites is
largest near the SBF and diminishes further away from the SBF (dashed gray curve
in Figure 4.4).
Increased Chl-a at the SBF with southerly winds is consistent with the concept
that enhanced upwelling at the shelf break occurs when Ekman transport is expected
to move near-surface waters onshore (i.e., with southerly winds in the SH) and steepen
isopycnals, as proposed by Siedlecki et al. (2011). On the other hand, northerly winds
associated with high Chl-a offshore of the 200-m isobath may indicate upwelling of
nutrients from the BBL, through isopycnal tilting, enhancing phytoplankton growth
further offshore. However, satellite observations do not allow us to determine whether
the surface signal results from surface advection of high Chl-a from shelf waters
by Ekman transport or from isopycnal upwelling that would supply nutrients and
enhance growth and/or upwell Chl-a from a subsurface maximum further offshore.

4.4.2

Isopycnal tilting, changes in stratification and in situ
Chl-a: synoptic evidence
Ship-based hydrographic surveys provide a means to evaluate snapshots of

the vertical structure across the shelf break. Several in situ hydrographic transects
across the SBF were occupied during predominantly along-front wind events. We
contrast the southerly and northerly wind cases. In all cases density sections show
isopycnal tilting in agreement with induced Ekman transport at the surface, but
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Figure 4.3: Composites of summer Chl-a for (a) southerly winds and (b)
northerly winds, based on 4-day averages of CCMP winds for the period 20002011. (c) Difference between (a) and (b): red implies Chl-a is enhanced for
southerly winds relative to northerly winds, and blue indicates enhanced Chla with northerly winds. Winds were rotated 35◦ clockwise north of 44◦ S to
account for the change in the orientation of the sloping bathymetry. Shaded
gray areas in (c) indicate that the difference is not statistically significant
(i.e. less than the sum of standard errors for maps (a) and (b).)
because many were sampled in different years and/or in different seasons they are not
easily compared. In this section we present two synoptic hydrographic transects across
the SBF, off Rincón (at ∼41◦ S) and Valdés (at ∼44◦ S), selected because they were
occupied during the same cruise, but with opposing wind directions. This allows us
to look at isopycnal tilting due to oscillating along-front winds. On October 10 2005,
Rincón was sampled during a northerly wind event (Fig. 4.5, a and b), then winds
reversed direction and became from the south when Valdés was sampled on October
15 (Fig. 4.5, c and d). Because they were sampled 4-5 days apart in October 2005, and
they are only 300 km apart, mean background hydrographic conditions were likely
similar. A year later, in September 23-25 2006, Rincón was reoccupied when winds
had reversed relative to October 2005, and it was sampled during a southerly wind
event (Fig. 4.5, e and f). For all three occupations, the CTD carried a fluorometer
from which an estimate of Chl-a concentration can be derived (see Section 4.3.2 for
details).
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Figure 4.4: Mean summer satellite Chl-a for southerly winds (red),
northerly winds (blue) and all summer cases (yellow) for the two transects
across the shelf-break front shown in Figure 4.3c, in the (a) northern sector
and (b) southern sector. The dashed gray line shows the difference between
red and blue lines. The x-axis is the distance from the shelf-break front, defined as the pixel where mean summer Chl-a peaks (maximum in the yellow
line).
Mean satellite winds and Chl-a maps, and vertical sections of adjusted Chl-a
fluorescence with isopycnals overlaid in white contours for the three occupations are
shown in Figure 4.5. For northerly winds (Fig. 4.5, a and b), flattened isopycnals
are consistent with surface waters moving offshore in the Ekman layer. For southerly
winds (Fig. 4.5, c-f), isopycnals tilt upward, which could result from onshore Ekman
transport in the surface layer.
The analysis of water-mass properties for stations at the shelf break for these
sections supports this hypothesis (Fig. 4.6). There are pronounced differences in
the temperature-salinity (TS) structure at the shelf break stations between sections
sampled during northerly-wind and southerly-wind events. Rincón’s station at the
SBF occupied during northerly winds shows a much warmer, fresher upper layer and
a slightly colder, saltier bottom layer (red), than the station at the SBF occupied
during a subsequent southerly wind event (light blue). The change in the vertical
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thermohaline structure corroborates the offshore flux of warm-fresh shelf water in the
upper layer and the compensating onshore flux of cold-salty slope water during the
northerly wind event. The reoccupation of Rincón with southerly winds (blue) shows
no evidence of shelf waters at the surface and much colder, saltier water at depth.
(Although this station was deeper, we only show the upper 150 m to facilitate visual
comparison.)
Offshore Ekman transport in the surface layer (i.e., northerly-wind case), flattens the isopycnals, and may imply an onshore flux of nutrient-rich waters from the
Malvinas Current at depth (or onwelling). Conversely, onshore Ekman transport (i.e.,
southerly-wind case), steepening the isopycnal slopes, can potentially pump nutrients
from the bottom-boundary layer to the surface enhancing phytoplankton growth and
accumulation at the SBF, as suggested by Siedlecki et al. (2011). The Chl-a fluorescence signal is consistent with surface Chl-a enhancement further offshore for the case
of northerly winds (Fig. 4.5b), suggesting upwelling along the sloping density layers
from the bottom to the surface. With southerly winds (Fig. 4.5d and Fig. 4.5e),
Chl-a is enhanced at the SBF, consistent with onshore Ekman transport and vertical
isopycnals that would enhance upwelling, delivering nutrients to the surface.
To illustrate the spatial extent of the Chl-a signal at the surface, the left panels
of Figure 4.5 show satellite Chl-a at the time when the transects were sampled. On
October 10 2005, the northern sector of the SBF was cloudy, and satellite Chl-a could
not be retrieved; instead we show three-day averaged satellite Chl-a. In the northern
sector of the shelf break and during the predominantly northerly wind event, the band
of high Chl-a extends offshore of the 200-m isobath (Fig. 4.5a). The enhanced vertical
stratification associated with offshore flow of less dense shelf waters and onshore
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Figure 4.5: Satellite Chl-a and surface winds (left), vertical structure of
adjusted Chl-a fluorescence (right, color bar) with density contours overlaid
in white, for two transects across the shelf break. The northern transect
(Rincón) was sampled on 10 October 2005, when winds were predominantly
from the north (a,b). After 4 days, winds reversed direction and the southern transect (Valdés) was sampled on 14 October 2005 (c,d). Rincón, was
revisited on 23-25 September 2006 when the winds were from the south (e,f).
Vertical sections were objectively mapped (see Section 4.3.2) and values with
uncertainty higher than 0.1 are masked. Black dots in the map and vertical
sections indicate the location of hydrographic stations. White dots identify
stations in the TS diagram of Figure 4.6.
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Figure 4.6: Temperature-Salinity (TS) diagram for stations at the shelf
break indicated with white dots in vertical sections of Figure 4.5. In red:
Rincón station at the SBF sampled with northerly winds on 10 October
2005 (for reference, station 11 from GEF-1), in light blue: Valdés station at
the SBF sampled with southerly winds on 14 October 2005 (station 35 from
GEF-1), and in blue: Rincón station at the SBF sampled during a southerly
wind event on 23-25 September 2006 (station 53 from GEF-3). All stations
at the SBF between 39◦ S and 44◦ S, deeper than 100 m and shallower than
1500 m, are shown as reference, with the color bar indicating depth.
flow of denser slope waters below the Ekman layer may prevent the upwelled water
from reaching the surface at the shelf break. Thus, the highest Chl-a fluorescence is
observed below the surface mixed layer (∼22 m). After winds reversed direction, the
high band of Chl-a shifts onshore (Fig. 4.5c). This band of high satellite Chl-a is also
apparent in the Chl-a anomaly maps relative to the climatological monthly mean for
October (not shown). Cloud cover precludes a regional analysis of the surface Chl-a
signal in September 2006.
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4.4.3

Isopycnal tilting and changes in stratification: statistical significance
Hydrographic transects in Figure 4.5 provide evidence of isopycnal tilting with

along-front wind reversals, but they only represent snapshots of water column structure for selected cruises. In this section we present composite hydrographic sections
for southerly and northerly winds to assess the statistical significance of isopycnal
tilting due to along-front changes in the wind. In Figure 4.7, we show mean austral
winter and spring (June-November, JJASON) density sections across the SBF, with
stations segregated by wind direction. In summer (DJF), strong stratification develops, the SBF is density-compensated and, therefore, the dynamical response of the
front to along-front winds is less remarkable (not shown). Also, winds in the summer
tend to be from the north and there are few cases of profiles sampled with southerly
winds to evaluate the response of the SBF to changes in along-front winds.
To construct mean hydrographic transects (Fig. 4.7), for each hydrographic
station we assigned a wind vector by collocating vertical profiles with satellite rotated
winds in space (within 25 km of the satellite grid) and time (within 6 h of the satellite
wind estimate). Stations were then segregated by either positive or negative alongfront wind component. For comparison with no-wind conditions, for these transects,
only cases when the along-front wind component was greater than 2 m s−1 were
considered for either northerly (N =73 profiles) or southerly winds (N =94). Cases
when along-front winds were less than 2 m s−1 were flagged as “calm” (i.e., relatively
weak along-front winds), and mean density contours for calm conditions (N =67)
are overlaid in white for reference in Figure 4.7. Mean density transects across
the SBF were computed using Linder et al. (2004)’s algorithm, which bins profiles
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according to cross-shelf distance from a given isobath to compute mean cross-shelf
sections of hydrographic properties in regions of sloping bathymetry. We modified the
algorithm to use a version of the General Bathymetric Chart of the Oceans (GEBCO)
bathymetry field that has been corrected based on soundings from cruises, gridded at
3-minute resolution (0.05 degrees latitude and longitude). As a reference bathymetry
line, for averaging profiles we use the 200-m isobath, which corresponds to the mean
position of the SBF off Patagonia.

Figure 4.7: Mean hydrographic density sections based on vertical profiles
sampled with (a) northerly winds (N =78) and (b) southerly winds (N =94)
in winter and spring (JJASON), for stations between 38◦ S and 50◦ S. To
segregate profiles, here, we used a threshold of 2 m s−1 for the intensity of
along-front winds. Cases when the along-front wind component was less than
2 m s−1 were considered “calm”, although stronger cross-front winds could
occur in these cases. Mean density contours for calm conditions (N =67) are
overlaid in white.
The mean density section for stations sampled with southerly winds (Fig. 4.7a)
shows surfacing isopycnals tilted upward relative to the mean density section for
stations sampled with northerly winds (Fig. 4.7b). The surfacing of isopycnals for
northerly winds occurs further offshore than for southerly winds (Fig. 4.7), although
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the foot of the front, defined here as the grounding of the isopycnals between 26.8 and
27.2 kg m−3 , does not show substantial displacement. For example, the outcrop of
isopycnal 26.8 that occurs near the 200-m isobath with southerly winds, occurs ∼50
km offshore with northerly winds. The migration of the foot of the front is difficult to
assess because of inhomogenities of the bathymetry along the 200-m isobath and the
averaging procedure. In addition, the foot of the front is expected to lag changes in
the winds by a few days (Siedlecki et al., 2011). Nonetheless, the surface expression of
the sloping isopycnals with changing along-front winds is a robust feature that shows
in mean density sections for winter and spring.
Ekman transport can displace waters to either side of the front, modifying the
stratification of the surface layer either by destratifying (i.e. with southerly winds) or
restratifying (i.e. with northerly winds). As a measure of stratification, we computed
the vertical density gradient between 100 m and the surface for stations within 50 km
of the 200-m isobath. The vertical density gradient vs along-front wind component
is shown in Figure 4.8, for stations in the latitude range between 38◦ S and 44◦ S. We
find a negative correlation between stratification and the along-front component of
the wind in agreement with theory: northerly winds (i.e.,V <0) typically result in
more stratified waters in the upper 100 m, whereas southerly winds (i.e.,V >0) are
associated with lower stratification. Although the correlation is low (r=-0.48, based
on N =97), it is statistically significant at the 99% level. Selecting a smaller latitudinal
range yields higher significant correlations (with N >50), and r varies between -0.3
and -0.7 with lower correlations south of 45◦ S, where bathymetric contours spread out
and stratification is generally low due to large tidal amplitudes (Combes and Matano,
2014).
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Figure 4.8: Scatter plot for the density gradient between 100m and the
surface vs the along-front wind component, for stations between 38◦ S and
44◦ S. The correlation for the 97 stations at the SBF with CCMP wind data
is -0.48, significant at the 99% level. The color bar shows the month of the
year.

4.4.4

Water-column response to along-front winds
The mooring deployed at the shelf break in the location indicated in Figure 4.9a

allows us to assess the water-column temperature response to oscillating meridional
winds. The wind record shows several periods of oscillating meridional winds that are
correlated with water temperature. The timeseries of meridional winds and surface
water temperature anomalies (i.e., subtracting a linear trend) are shown in Figure 4.9.
Following a period of southerly winds (i.e., positive meridional winds), temperature
decreases.
The water-column temperature, salinity and density structure also show a
much more homogeneous water column after southerly winds (blue in Fig. 4.10), in
contrast to a more stratified water column after a period of northerly winds (red in
Fig. 4.10). To illustrate this, in Figure 4.10 we show mean profiles estimated during
24-h periods following persistent wind events that lasted more than 1.5 days. This
criterion results in 2 southerly wind events and 5 northerly wind events for the 51-day
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record. Selecting wind events with a minimum duration of 1 day results in a larger
number of events (4 southerly wind events and 8 northerly wind events) and shows
a qualitatively similar structure (not shown), but differences are more pronounced
when considering wind events that lasted more than 1.5 days. The longest southerly
wind event in the record lasted more than 3 days (73 hours), in late October 2005.
Mean temperature, salinity and density profiles for the last day of that event (i.e.,
on 29-30 October 2005) show no traces of shelf waters at the surface (e.g. Sp > 33.8
psu over the entire water column), and a thoroughly mixed water column in the top
100 m (not shown). Differences in surface density between northerly and southerly
wind events are on average 0.25 kg m−3 but are larger than 0.4 kg m−3 for the events
of longest duration (i.e., the above mentioned southerly wind event, and a northerly
wind event that ended on 11 November 2005 and lasted 3.6 days).
Lagged cross-correlations between meridional winds and water column temperature anomalies at the six depth levels show a coherent signal in the upper 100 m
(Fig. 4.11). For clarity, in Figure 4.11, we only show lagged cross-correlations with
temperature at 1 m, at 50 m and at 100 m depths.
Cross correlations show that temperature responds to changes in the winds
with a lag of ∼3-4 days, consistent with the Ekman spin-up time characteristic of the
1

spring (i.e. TEk = ( fKdz2 )− 2 × f −1 ∼2.4-4.8 days with d ∼20-40 m and Kz ∼10−4 m2
s−1 ). Positive lags imply that wind leads changes in temperature, and the negative
correlation for the first significant peak is consistent with southerly winds associated
with cold temperatures at the front, which is consistent with local upwelling. Ekman
spin-up time is sensitive to the criterion used to identify mixed-layer depth and can
vary between 2.4-12 days for mixed layers shallower than 100 m, assuming a mean
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vertical diffusivity, Kz ∼ 10−4 m2 s−1 . Mixed-layer depth estimates from the mooring
record give a mean value of 33 m, using temperature and density threshold criteria
from de Boyer Montégut et al. (2004), with a standard deviation of 9 m. Assuming
d =30 m and Kz = 10−4 m2 s−1 , the Ekman spin-up time is 3.6 days. Larger
diffusivities (i.e., Kz > 10−4 m2 s−1 ) may be expected at frontal regions (e.g. see
Zhang et al. (2013) for an estimate at the MAB shelf-break front). To our knowledge,
there are no microstructure measurements or observational estimates of diffusivities
in the region that can provide a better estimate of Kz . Note, however, that TEk is
more sensitive to mixed-layer depth than to Kz , since TEk is proportional to d and to
√1
(Kz )

. A factor of 4 change in d will yield a factor of 4 change in TEk , but a factor of

4 change in Kz , will only change TEk by a factor of 2. Mean vertical diffusivities are
also influenced by episodic winds. Strong wind events may lead to larger Kz values
and a smaller Ekman spin-up time, but as Kz increases, d is expected to increase as
well, partially compensating the associated error in our estimate of TEk .
A 7-8 day periodicity in the lagged-cross correlations is also noteworthy. However, frequency spectra for 6-hour CCMP wind time series from 1987-2011 at the
mooring location do not show a significant peak of energy at that frequency (not
shown), indicating that the recurrence of the oscillating meridional winds observed
during the time period when the mooring was measuring is not typical for this region
and/or time of the year. Wind reversals at 4-5 day intervals seem to dominate during
part of the record, 25 Oct - 15 Nov, but before and after this time period the wind
appears to reverse at shorter time scales (Fig. 4.9). Nonetheless, power spectral estimates show an increase of ∼ 20% in spectral energy for meridional winds (relative to
zonal winds) in the frequency range for periods between 2-10 days, which coincides
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with periods for atmospheric synoptic scale fluctuations in the Southern Hemisphere
(e.g. Vera, 2003).

Figure 4.9: (a) Mean sea surface temperature (color bar) with wind vectors
overlaid for the period October 16 to December 5 2005, when the mooring
site at ∼ 44◦ S indicated by the white dot acquired hourly winds and water
column temperature at six depth levels from the surface to 100 m (bottom
depth at 185 m). (b) Time series of meridional winds (gray) and detrended
sea surface temperature anomalies (red) at the mooring site indicated in (a).
Positive meridional winds indicate southerly winds, and negative meridional
winds indicate northerly winds. The yellow line shows the raw sea surface
temperature time series at 1m. For correlation statistics between along-front
winds and temperature see Fig. 4.11

4.5

Further Discussion
We have shown evidence for wind modulation of upwelling and Chl-a con-

centrations at the SBF off Patagonia from a diverse set of observations that include
satellite observations and in situ measurements. The wind modulation at the SBF
is associated with the along-front component of the winds, and it is consistent with
the theory of enhanced shelf-break upwelling and the nutrient pumping mechanism
postulated by Siedlecki et al. (2011). We find that southerly winds (i.e., down-front)
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Figure 4.10: Mean (a) temperature, (b) salinity and (c) density profiles
at the mooring location(bottom depth at 185 m), averaged over a 24-h
period at the end of southerly wind events (in blue), and northerly wind
events (in red). A southerly/northerly wind event was considered when positive/negative meridional winds persisted for more than 1.5 days, resulting
in 2 southerly wind events (N =48), and 5 northerly wind events (N =120).
enhance satellite Chl-a at the SBF off Patagonia, destratify the water column and
tilt isopycnals upward, possibly allowing for enhanced nutrient supply to the euphotic zone. Conversely, northerly winds are associated with enhanced stratification
and flatter isopycnals, preventing nutrients and/or a subsurface Chl-a maxima from
reaching the surface at the SBF but enhancing surface Chl-a further offshore. Some
results pointing in this direction deserve further discussion.
The amplitude modulation of the satellite Chl-a signal by along-front winds is
< ±1 mg m−3 (Fig. 4.3c), but the magnitude is likely underestimated for several reasons. Our satellite-based results pertain to summer, and the amplitude modulation of
satellite Chl-a by along-front winds is incipient in the spring (not shown). Although
stratification in summer may prevent the movement of the foot of the front and inhibit
the nutrient pumping effect (Siedlecki et al., 2011), factors other than nutrient limitation (e.g. light limitation, zooplankton grazing) may influence phytoplankton growth
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Figure 4.11: Lagged cross correlations between meridional winds and temperature (a) at the surface, (b) at 50 m, and (c) 100 m. Positive lags indicate
wind is leading with respect to changes in water temperature. A negative
correlation for the first significant peak implies southerly winds are associated
with cold temperatures. The 95% confidence interval for significant correlations (indicated by the dashed black line) was computed for the time series
subsampled every 12h (Nef f =101), such that temperature and meridional
wind time series were uncorrelated.
and/or accumulation at the surface and explain the seasonal differences in the Chl-a
response. In either season, an oscillation in along-front winds is required to pump
water effectively from the near-bottom layer and the ocean interior to the ocean
surface, and our satellite results based on Chl-a composites, can include northerly
and southerly wind events that were not necessarily followed by a subsequent wind
reversal persistent enough to allow time for the pumping mechanism to take place.
Nonetheless, we are able to retrieve a signal from composites of satellite Chl-a from
all cases of northerly vs southerly winds. The effect of subsequent along-front wind
reversals in the water-column vertical structure, cross-front density structure, and
Chl-a fluorescence signal is depicted by the two synoptic transects sampled during
GEF-1 cruise (Fig. 4.5) as well as by the observations at the mooring site (Fig. 4.10
and Fig.4.11). For persistent wind events followed by persistent wind reversals, the
amplitude modulation of the Chl-a signal is expected to be larger, e.g. differences in
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surface Chl-a fluorescence can be greater than 5 mg m−3 (Fig. 4.5b and Fig. 4.5d).
The Chl-a amplitude modulation due to along-front oscillating winds is significant
compared to the ∼4 mg m−3 for the annual amplitude (Fig. 4.1b). Moreover, subsurface phytoplankton blooms deeper than one optical depth, that can occur particularly
in summer (see e.g. Hales et al., 2009), will be missed by the satellite (e.g. Morel and
Berthon, 1989) when upwelling along the front could still be happening.
The cross-front horizontal displacement of the satellite Chl-a peak due to
changing wind conditions is relatively small (i.e. ∼25-50 km ), but large enough
to be detectable from satellite observations and coarse resolution hydrographic transects. An offshore displacement of the high satellite Chl-a band at the SBF, relative
to the 200-m isobath, from early spring to late summer, was reported by Romero
et al. (2006), which could be related to the increased frequency of northerly wind
events (and associated offshore Ekman transport) during the summer season.
The Chl-a response to alongshore winds might appear to conflict with results
reported by Saraceno et al. (2005), who found that strong northerly winds lead to
higher Chl-a in the northern part of the shelf and SBF, where our Fig. 4.3c shows
red, implying higher Chl-a with southerly winds. However, their analysis focused
on seasonal to inter-annual timescales, and by low-pass filtering, they suppressed
the high-frequency wind variability that is the focus of this study. The differing
correlation patterns suggest that different mechanisms operate on synoptic vs longer
timescales.
Valla and Piola (2015) also carried out an independent assessment based on
surface currents and temperature observations from another mooring at the SBF off
Patagonia. Their results agree with ours in showing that high-frequency variabil-
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ity (i.e., sub-seasonal) surface cooling events, linked to intense upwelling, lead to a
significant increase in surface Chl-a at the SBF. Although their analysis does not
include the effect of directional wind forcing, the intense cooling event they reported
in January 2007, was coincident with southerly synoptic winds over the shelf break
(their Fig. 13). They also reported onshore surface velocities prior to the cooling
period and offshore velocities near its termination (∼13-15 cm s−1 ). Although the
magnitude of the upwelling inferred from that event is in agreement with predictions
from numerical experiments with realistic boundary conditions and forcing (Combes
and Matano, 2014), as Valla and Piola (2015) pointed out, the timescales over which
the cooling events occur in the model and observations do not agree (i.e., ∼180 days
vs ∼5 days, respectively). Numerical simulations from Combes and Matano (2014)
also suggested that the upwelling at the SBF off Patagonia is not sensitive to changes
in local wind forcing, but these experiments were forced with monthly climatological
mean winds that did not resolve the atmospheric synoptic activity. The timescales
and duration of the cooling events reported by Valla and Piola (2015) (i.e., 3-18 days)
are in closer agreement with wind-driven upwelling by along-front wind variability.
Wind-induced upwelling in the vicinity of a jet may also be caused by alongfront wind stress (wind−surface current) variations in the cross-front direction itself
(Dewar and Flierl , 1987; Zhang et al., 2013). Assuming uniform winds that are
stronger in magnitude than the surface current jet, the differential wind stress (i.e.,
wind-stress curl) to either side of the front can produce Ekman transport divergences
and upwelling through Ekman pumping. Such mechanism would lead to upwelling
onshore of the SBF, regardless of wind orientation: for southerly winds the effective
stress is minimum at the core of the jet leading to smaller Ekman transport onshore
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relative to either side of the jet, while for northerly winds, a maximum wind stress
at the jet core would lead to greater offshore Ekman transport at the jet. In both
cases, this results in surface divergence and upwelling onshore of the Malvinas Current
jet. However, our results suggest that onshore of the Patagonian SBF, upwelling is
enhanced with southerly winds but suppressed with northerly winds. This is likely
due to the fact that in this region winds are generally much stronger than surface
currents, thus the impact of the surface currents on the effective stress is minimal.
While changes in wind speed can lead to changes in vertical mixing, regardless
of the direction of the wind, and thus can have an impact on Chl-a accumulation (e.g.
Carranza and Gille, 2015), in this region the enhancement of Chl-a at the SBF differs
depending on wind direction, and thus wind-speed-induced vertical mixing does not
appear to be a dominant mechanism. The lack of correlation with cross-front or zonal
winds at the SBF (not shown), further supports Siedlecki et al.’s [2011] theory, indicating that atmospheric synoptic storms, which are associated with fluctuations in
meridional winds with periods between 2-10 days (e.g. Vera, 2003), can significantly
enhance upwelling at the SBF off Patagonia, and also potentially at other shelf-break
fronts of western boundary currents. For example, the modification of the density
structure due to along-front wind oscillations in the synoptic band, was identified in
observations from the New England SBF sector of the MAB (Aikman et al., 1988;
Houghton et al., 1988; Fratantoni , 2003). However, despite persistent upwelling revealed from observations in the MAB, there is no persistent Chl-a enhancement at the
SBF, possibly due to zooplankton grazing (Zhang et al., 2013); baroclinic instabilities
of the jet cause significant current variability (Fratantoni , 2003). The mechanism
proposed by Siedlecki et al. (2011), who neglected along-shelf pressure gradients, may

115

be applicable in the Patagonian shelf, due to the barotropic nature and stability of
the Malvinas Current (Vivier and Provost, 1999; Piola et al., 2013), the relative low
meandering and eddy kinetic energy observed (Goni et al., 2011; Artana et al., 2016),
and the predominantly meridional orientation of the bathymetry.
Nutrient distributions for the synoptic transects presented in this study are
reported by Carreto et al. (2016, their Fig. 5), who show higher nutrient concentrations at the SBF for the southerly wind case (i.e. Valdés, see Fig. 4.5c and d)
compared with the northerly wind case (i.e. Rincón, see Fig. 4.5a and b), in agreement with the results presented here. Due to the lack of concomitant observations
of nutrients, vertical diffusivities and/or vertical velocities, it is not possible to do a
meaningful assessment of the upwelled nutrient fluxes associated with the along-front
wind induced upwelling (e.g. He et al., 2011). Although the existing nutrient data
combined with the approach in Valla and Piola (2015) to estimate vertical velocities
from the mooring site may prove useful for an estimate of the upwelled flux of nutrients, quantifying the role of this mechanism is out of the scope of this study but will
be the focus of future work.

4.6

Conclusions
This work has demonstrated that wind forcing on sub-seasonal timescales is

important for shelf-break exchange, and can lead to enhanced upwelling and Chl-a
concentrations at shelf-break fronts of western boundary currents. We presented observational evidence that wind modulates the upwelling at the shelf-break front off
Patagonia, consistent with a mechanism for nutrient pumping associated with alongfront wind oscillations that was proposed by Siedlecki et al. (2011) based on a numer-
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ical model. Composites of satellite Chl-a segregated by wind direction, hydrographic
transects with Chl-a fluorescence across the shelf-break front sampled with opposing
wind direction, and a mooring site that collected high-resolution wind and hydrographic data throughout the water column suggest that oscillations in along-front
winds can modulate the vertical stratification and the upwelling at the shelf-break
front off Patagonia, with biological implications. Atmospheric synoptic scale storms,
characterized by fluctuations in meridional winds with periods between 2-10 days,
can potentially induce shelf-break upwelling at other shelf-break fronts of western
margins of ocean basins.
For the 1500-km long Patagonian SBF extending roughly meridionaly, the theory predicts that southerly winds (down-front), lead to Ekman transport onshore in
the surface layer and tilt isopycnals upward, destratifying the water column and allowing upwelling of nutrients from deeper layers. Conversely, northerly winds (upfront)
lead to offshore Ekman transport, flatten isopycnals, stratify the water column at the
front and prevent nutrients and/or Chl-a from a subsurface maximum from reaching
the surface. In agreement with theory, satellite observations show that surface Chl-a
is enhanced at the SBF (i.e. onshore of the 200-m isobath) with southerly winds, and
suppressed with northerly winds when surface Chl-a is enhanced further offshore (i.e
∼25-50 km). The Chl-a amplitude modulation by along front-winds inferred from
satellite observations (in summer) is ∼25% of the mean annual Chl-a amplitude for
the 12-year satellite record. Hydrographic transects from synoptic surveys as well
as mean density sections from historical observations segregated by along-front wind
direction, are also consistent with the theory. However, the Chl-a fluorescence difference between subsequent changes in along-front wind direction can be significantly
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larger in the spring (± 5 mg m−3 ), compared to the summer estimate from satellite observations. Nutrient distributions for the synoptic transects presented in this
study are in accord with the theory (see Carreto et al., 2016). High resolution (i.e.,
hourly) wind and water column hydrographic time series collected in spring at the
mooring site provide further evidence and show that southerly winds destratify the
water column leading to cooling events, whereas northerly winds restratify the upper
ocean and lead to warming events. Most importantly, the timescale for the water
column response to changes in along-front winds inferred from the mooring site (i.e.,
3-4 days) is consistent with estimates of Ekman spin-up time characteristic of the
spring.
Recognizing the limitations of the existing observations at the SBF of Patagonia, we focused on presenting robust patterns of variability that indicate along-front
wind-induced upwelling through the Chl-a response, without putting much emphasis
on a quantitative assessment. A meaningful quantification of the upwelled nutrient
fluxes, associated with the upwelling induced by along-front wind oscillations, will
require concomitant observations of nutrient concentrations, vertical diffusivities and
velocities for the three wind scenarios (i.e. northerly, southerly and calm conditions),
and this can only be obtained from a high-resolution survey designed for that purpose.
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Chapter 5
Conclusions and future
perspectives
In this thesis I have investigated the impact of synoptic-scale atmospheric
forcing (i.e. winds and surface heat fluxes) on Southern Ocean Chl-a variability, which
was used as a proxy for phytoplankton biomass to look at patterns of variability in
relation to physical processes.
While the paradigm for Southern Ocean phytoplankton bloom development
is that deep mixed layers (and presumably deep mixing) tend to reduce mean light
levels preventing phytoplankton growth and/or accumulation within mixed layers,
results from Chapter 2 suggest that wind-driven entrainment through mixed layer
deepening can enhance phytoplankton growth in summer, as higher nutrient concentration waters from below the mixed layers are entrained into the surface layer (where
Fe has presumably become depleted). However, although high winds can potentially
entrain higher nutrient concentrations from below the mixed layer to the surface in
a few hours or in less than a day (e.g. Klein and Coste, 1984; Eppley and Renger ,
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1988; Marra et al., 1990), incubation experiments in water samples from the Southern
Ocean indicate phytoplankton growth occurs >3-4 days after Fe addition (e.g. de Baar
et al., 2005). Further analyses of lagged correlations between wind speed and satellite
Chl-a also indicate correlations are maximal at zero-lag time (from daily data) and
vanish at 3-day lags (not shown), thus, suggesting that wind-driven entrainment of
Fe impacting growth rates is unlikely at daily scales.
Subsurface Chl-a fluorescence data from floats and southern-elephant seal tags
analyzed in Chapter 3 reveal that, even in the Southern Ocean, deep Chl-a fluorescence maxima are frequent in summer, but may also occur in other seasons. The
higher frequency of occurrence of deep Chl-a fluorescence maxima in summer, that
are found more often close to the base of the mixed layer, together with the fact
that correlations between winds and satellite Chl-a are largest at zero lag time suggest wind-driven entrainment likely enhances surface Chl-a concentrations by eroding
deep Chl-a maxima rather than impacting phytoplankton growth.
Chl-a fluorescence vertical profiles exhibit deep maxima, gradients and significant variance within homogeneous layers in density, confirming mixed layers in
hydrographic properties are different from mixing layers (where active turbulence
is expected to homogenize tracers), and suggesting intermittent levels of turbulence
within hydrographically defined mixed layers are not uncommon. The presence of
Chl-a fluorescence gradients and consistently higher variability (relative to potential
density) within hydrographic mixed layers suggests the timescales of photo-adaptation
to light are shorter than the mixing timescales. This suggests that, despite expected
stormy weather year round in the Southern Ocean, periods of quiescence between
storms are long enough to allow for phytoplankton photo-adaptation (and thus, Chl-
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a fluorescence gradients to form) within hydrographic mixed layers.
Estimates of vertical mixing in the surface mixed layer from direct measurements are difficult to obtain (Brainerd and Gregg, 1995) and/or rely on methods
or parameterizations that fail in regions of strong pycnoclines or weak stratification
(e.g. Gregg et al., 2003; Osborn, 1980; Thorpe, 1977), and are usually valid below the
base of the mixed layer. There is, however, potential for the use of bio-optical measurements as photo-adaptive properties to quantitatively estimate turbulence within
mixed layers and infer mixing rates (Falkowski , 1983; Lewis et al., 1984b; Therriault
et al., 1990). The use of photo-adaptive properties to infer mixing rates requires
comparable timescales of mixing and photo-adaptation (Lewis et al., 1984a; Dusenberry, 2000), and in my future research, I will pursue quantifying the ratio between
these timescales to assess mixing rates within mixed layers from the new generation
of Argo floats (i.e., biogeochemical Argo floats). On atmospheric-synoptic scales,
high winds influence satellite Chl-a variability suggesting an impact on phytoplankton blooms. As new subsurface data from bio-optical sensors become available in the
Southern Ocean and fill data gaps under cloudy conditions, not only at the surface
but through the water column, an interesting experiment (leveraging the combination
of satellite winds and biogeochemical Argo float data) would be to address the impact
of individual atmospheric synoptic storms (and/or anticyclonic systems, presumably
associated with periods of quiescence) on phytoplankton bloom development in a
Lagrangian sense (i.e., following a synoptic system).
This thesis work emphasizes that knowledge of characteristic timescales and
spatial scales of variability of physical and biological processes are key to understanding the coupling/uncoupling between physics and biology. The Ocean Observatories
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Initiative (OOI) is providing unprecedented high-resolution time series of biogeochemical and physical properties at two sites in the Southern Ocean (i.e., in the southeast
Pacific and Argentine basin), allowing for a detail assessment of decorrelation scales
and characteristic timescales of variability of physical and biogeochemical parameters that can enlighten bio-physical interactions on atmospheric-synoptic scales in
the Southern Ocean.
The significant influence of directional wind forcing on the upwelling at the
shelf-break front off Patagonia, investigated in Chapter 4 through the Chl-a response,
contributes to our understanding of shelf-slope exchange processes. A meaningful
quantification of the upwelled nutrient fluxes, associated to the upwelling induced
by along-front wind oscillations, will require concomitant observations of nutrient
concentrations, vertical diffusivities and velocities for the three wind scenarios (i.e.
northerly, southerly and calm conditions) that are only possible to obtain from a highresolution survey designed for that purpose. The outcome of this study can motivate
and help guide future field experiments aimed at quantifying the role of wind-induced
upwelling by along-front winds in the region, as well as its relative importance with
the upwelling induced by BBL detachment or divergences of the Malvinas Current.
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Blain, S., B. Quéguiner, L. Armand, S. Belviso, B. Bombled, L. Bopp, A. Bowie,
C. Brunet, C. Brussaard, F. Carlotti, U. Christaki, A. Corbière, I. Durand,
F. Ebersbach, J.-L. Fuda, N. Garcia, L. Gerringa, B. Griffiths, C. Guigue,
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