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Abstract

The hydrogen isotopic composition of methane (CH4) is used as a fingerprint of gas origins. Exchange of hydrogen iso-
topes between CH4 and liquid water has been proposed to occur in both low- and high-temperature settings. However, despite
environmental evidence for hydrogen isotope exchange between CH4 and liquid water, there are few experimental constraints
on the kinetics of this process. We present results from hydrothermal experiments conducted to constrain the kinetics of
hydrogen isotope exchange between CH4 and supercritical water. Seven isothermal experiments were performed over a tem-
perature range of 376–420 �C in which deuterium-enriched water and CH4 were reacted in flexible gold reaction cell systems.
Rates of exchange were determined by measuring the change in the dD of CH4 over the time course of an experiment. Regres-
sion of derived second order rate constants (kr) vs. 1000/T (i.e., an Arrhenius plot) yields the following equation: ln(kr)
= �17.32 (±4.08, 1 s.e.) � 1000/T + 3.19 (±6.01, 1 s.e.) (units of kr of sec

�1 [mol/L]�1), equivalent to an activation energy
of 144.0 ± 33.9 kJ/mol (1 s.e.). These results indicate that without catalysts, CH4 will not exchange hydrogen isotopes with
liquid water on a timescale shorter than the age of the Earth (i.e., billions of years) at temperatures below 100–125 �C.
Exchange at or below these temperatures is thought to occur due to the activity of life, and thus hydrogen isotopic equilibrium
between methane and water may be a biosignature at low temperatures on Earth (in the present or the past) and on other
planetary bodies. At temperatures ranging from 125 to 200 �C, hydrogen isotope exchange between CH4 and liquid water
can occur on timescales of millions to hundreds of thousands of years, indicating that in thermogenic natural gas systems
CH4 may isotopically equilibrate with water and achieve equilibrium isotopic compositions. Finally, the kinetics indicate that
in deep-sea hydrothermal systems, the hydrogen (and thus clumped) isotopic composition of CH4 is likely set by formation
and/or storage conditions isolated from the active flow regime. The determined kinetics indicate that once methane is
entrained in circulating fluids, the expected time-temperature pathways are insufficient for measurable hydrogen isotope
exchange between CH4 and water to occur.
� 2022 The Authors. Published by Elsevier Ltd. This is an open access article under the CC BY license (http://creativecommons.org/
licenses/by/4.0/).
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1. INTRODUCTION

The hydrogen isotopic composition of methane is com-
monly used as a fingerprint of a gas’s origins (e.g., thermo-
genic vs. microbial). This approach relies on the assumption
that, following formation, the isotopic composition of the
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methane does not change during migration and/or storage
in Earth’s crust. The hydrogen isotopic composition of
methane could be modified if it is able to exchange hydro-
gen isotopes with other hydrogen-bearing species. Here we
focus on the potential role that hydrogen isotope exchange
reactions between methane and liquid water may play in
(re)setting the isotopic composition of methane in nature.

Exchange of hydrogen isotopes between methane and
liquid water has been proposed to occur in both low- and
high-temperature settings. For example, microbial organ-
isms have been proposed to catalyze methane-water hydro-
gen isotope exchange reactions (e.g., Stolper et al., 2015;
Wang et al., 2015; Douglas et al., 2016; Okumura et al.,
2016; Gropp et al., 2021; Jautzy et al., 2021; Ono et al.,
2021; Turner et al., 2021; Wegener et al., 2021). The maxi-
mum known growth temperature for microorganisms is
122 �C (specifically a methanogen; Takai et al., 2008), plac-
ing this as the current upper limit for biologically mediated
CH4-H2O hydrogen isotope exchange. At higher tempera-
tures (>150 �C), abiotic hydrogen isotope exchange reac-
tions between methane and water in sedimentary (Burruss
and Laughrey, 2010; Xie et al., 2021) and hydrothermal sys-
tems (Horibe and Craig, 1995; Reeves et al., 2012; Wang
et al., 2018; Beaudry et al., 2021) have also been proposed
to occur.

Despite environmental evidence for abiotic hydrogen
isotope exchange between methane and water, there are
few experimental constraints on the kinetics of this process.
Such constraints are needed to predict and/or reconstruct
the thermal histories required for exchange to occur. We
are aware of two experimental constraints: The first is a sin-
gle data point published in an abstract by Koepp (1978)
after methane was heated at 200 �C (for 400 days) in the
presence of D2O in a stainless steel reactor. Although the
methane in this experiment is often assumed (when used
in other studies) to have reacted with liquid water, based
on the experimental details provided in the technical report
on which the abstract is based (Köpp, 1977), the experiment
took place in a system in which >99.9% of the methane
existed in the gas phase and 1% of the volume of the reactor
was occupied by liquid water. As will be discussed in more
detail below, we believe this experiment provides limited
constraints on the exchange rates between methane and liq-
uid water.

The second constraint is from Reeves et al. (2012) in
which methane, ethane, propane, n-butane, and n-pentane
were dissolved in isotopically labeled water and held at
323 �C and 35 MPa in a flexible gold reaction cell. Reeves
et al. (2012) observed shifts in the dD of methane of up
to 32‰ over the course of the experiments (up to 112 days).
They suggested these shifts were potentially due to hydro-
gen isotope exchange with liquid water as opposed to
in situ generation of methane. However, they did not calcu-
late a rate for this exchange. Wang et al. (2018) used the
data of Reeves et al. (2012), assumed the methane dD shift
was due to hydrogen isotope exchange with water, and esti-
mated a ‘best guess’ for the timescale of the reaction to
reach 50% equilibration was �24 years. Wang et al.
(2018) noted the uncertainty in the calculated rate was
potentially several orders of magnitude. Wang et al.
(2018) then used this rate (at 323 �C), along with the data
point from Koepp (1978) (at 200 �C), to estimate isotope
exchange rates between methane and liquid water as a func-
tion of temperature (their Fig. 4)—the equation for this line
was subsequently given in Beaudry et al. (2021).

Here we present new experimental results on hydrogen
isotope exchange rates between dissolved methane and
supercritical water. We specifically provide new experimen-
tal constraints over a temperature range of 376–420 �C in
single-phase hydrothermal systems in which pure methane
was dissolved in isotopically labeled supercritical water
and hydrogen isotope exchange rates measured. Then,
using these exchange rates, we evaluate the likely environ-
mental conditions under which methane and water will or
will not exchange hydrogen isotopes over various timescales
in low-temperature systems supporting microbial life and in
higher-temperature thermogenic gas systems and marine
hydrothermal systems.

2. METHODS

2.1. Experimental setup

Experiments were conducted at constant pressure and
temperature in flexible gold reaction cells sealed with a pas-
sivated (oxidized) titanium head (Seyfried et al., 1979).
Prior to use, the gold and titanium parts were cleaned as
follows: gold cells were filled with a boiling 1.5 N HCl solu-
tion and allowed to stand for 30 min. The cell was then
washed with deionized water (high-purity 18.2 MX-cm)
and the gold annealed at 600 �C for 15 min. Boiling 8 N
nitric acid was added to titanium parts and left for
30 min. These parts were then rinsed in deionized water
as above and then held overnight at 400 �C to form a pas-
sivated oxide layer. In some experiments we did not com-
pletely disassemble (unseal) the gold cell used in a
previous experiment in order to (acid) clean the gold/tita-
nium surfaces. Rather, the exit tube was removed, remain-
ing water was evaporated from the cell at 200 �C, and fresh
dD-enriched starting water was introduced (see below). We
note that upon conclusion of the first experiments, no resi-
due or precipitant was observed within the gold cells.

Experimental conditions were always a single phase with
methane dissolved in supercritical water. These reactors
allow the experimental fluid to be sampled multiple times
over the course of an experiment at constant pressure and
temperature. Experimental details including apparatus
design, experimental setup, and sampling procedures are
given in Pester et al. (2018). We note that a similar system
was used in the experiments of Reeves et al. (2012). We
briefly review the methods here but refer the reader to
Pester et al. (2018) for a detailed overview of the experimen-
tal approach.

Briefly, a gold cell was first filled with dD-enriched water
(�1000–5000‰ depending on the experiment), which was
made by mixing 99.9% D2O (Sigma-Aldrich) with high-
purity 18.2 MX-cm deionized water. We then sealed the cell
with a titanium closure. Before and during the sealing of the
gold cell, the liquid was sparged with argon (99.999%) to
remove other atmospheric gases from the system. The
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sealed cell was then loaded into a steel pressure vessel, con-
fining water added external to the cell, and the vessel sealed
and placed into a furnace. Following removal of residual
headspace gas from the gold cell, the system was pressure
tested to ensure the steel vessel was not leaking. Once the
testing pressure was relieved, water was removed from the
gold cell, and a charge of methane (99.97%) was added to
the cell from a gas cylinder. Finally, the system was heated
to the desired pressure and temperature (Table 1). Pressures
at a given temperature were selected such that the density of
water was the same in all experiments, 0.58 g/ml. In one
experiment, experiment 4, we first heated the experiment
to 416 �C for 47 days before cooling it to 394 �C for
70 days. For this experiment, each temperature is treated
as a separate experiment (termed experiment 4 part 1 and
experiment 4 part 2 respectively).

An experiment was sampled as follows. First, �1 ml of
experimental fluid was taken and discarded in order to
purge the sampling tube. Following this, samples were
taken for chemical and isotopic analyses. For isotopic mea-
surements, fluid was taken into a bottle sealed with a butyl
rubber stopper and then stored until analyzed. Methane
exsolves from the fluid following addition to the sealed vial.
Prior to sample addition, we purged bottles with 99.999%
He. For analysis of dissolved gas concentrations, an addi-
tional sample was taken into a gas-tight syringe and the
headspace gas immediately injected into a gas chro-
matograph (see below). During sampling of most experi-
ments, pressure in the confining volume was maintained
using a Teledyne (ISCO) high-pressure syringe pump. In
the first few experiments, only an air-driven (Sprague)
pump was available. In these cases, to avoid pressure surges
during sampling, the system was connected to a pre-
pressurized (water-filled) external volume to buffer pressure
drop during sampling. For the latter, pressure decreases
were <10 bar during sampling, and pressure was then
increased following sampling back to the desired experi-
mental pressure.

We monitored all experiments for the development of
leaks between the gold cell and confining fluid. This is often
done using dilute NaCl solutions in the experimental fluid
(vs. none in the confining fluid). We did not add NaCl at
any concentration in order to avoid any potential effects
on reaction rates due to the presence of these solutes. We
instead checked for leaks as follows: In all experiments
we measured the dD of the fluid within the gold cell over
Table 1
Summary of Experimental Results.

Experiment T (�C) P (bar) Duration (da

Exp1 419.8 646 40.7
Exp2 376.0 342 230.0
Exp4.1b 416.4 652 47.1
Exp4.2b 393.7 496 81.2
Exp6b 412.4 625 125.6
Exp7 404.8 563 163.2
Exp8 419.0 637 197.0

a Calculated as described in Section A5.
b Indicates a leak between the gold cell fluid and pressurizing fluid was
the course of the experiment and used this to evaluate a
leak. Additionally, in some experiments, krypton (Kr)
was added to the confining fluid outside of the gold cell
and the Kr concentration of the gold cell fluid was mea-
sured by gas chromatography. Communication between
the confining water and fluid in the gold cell is recognized
if the dDH2O of the gold cell fluid changes (as the confining
water is not enriched in dD) and/or the dissolved Kr con-
centration increases with time in the sampled fluids.

2.2. Mass spectrometric methods

The dD of CH4 (dDCH4) was analyzed at the Center for
Isotope Geochemistry at the Lawrence Berkeley National
Laboratory using a Thermo Scientific Trace GC Ultra sys-
tem connected to a Delta V Plus isotope-ratio mass spec-
trometer (GC-IRMS: Thermo Fisher Scientific) as
described in Turner et al. (2021). Details of sample mea-
surement and standardization are given in Appendix A1.

2.3. Laser spectroscopic methods

The dD of liquid water samples from our experiments
(dDH2O) was measured at the Center for Isotope Geochem-
istry at the Lawrence Berkeley National Laboratory using a
Los Gatos Research (LGR) Isotopic Water Analyzer IWA-
35-EP (Model # 912-0026-0001). Samples had dDH2O val-
ues of �1000 to 5000‰, which are outside the range of
our available water standards (maximum of +860.1‰).
As such, samples were diluted 10� with laboratory Milli-
Q waters (also measured for dDH2O) and the value of the
original water calculated based on the isotopic composition
of the undiluted endmember, final mixture dDH2O value,
and the dilution ratio. Standardization was achieved using
three internal water standards (from �161.3‰ to 642.4‰;
supplied by LGR) such that diluted sample dDH2O were
intermediate to the standards used. Final correction of
measured sample dDH2O value was performed using soft-
ware provided by LGR (LGR LWIA Post Analysis, version
3.1.0.9).

2.4. Concentration determinations

Concentrations of dissolved gases (CH4, H2, CO2, Kr)
were measured via gas chromatography (Perkin Elmer
Clarus 580). Fluid samples were collected in a gas-tight
ys) ln(kr) (sec
�1 [mol/L]�1) Uncertainty (1r)a

�21.61 0.106
�23.09 0.010
�21.98 0.026
�23.38 0.039
�21.92 0.016
�22.54 0.009
�21.70 0.011

observed; see Appendix A4.
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syringe and the mass of water recorded. We diluted the
exsolved headspace gas with carrier gas (either He or N2

at 1 atm) to within the calibration range of a combined
thermal conductivity detector (TCD) and flame ionization
detector (FID) system and recorded the diluted gas volume.
An aliquot of the gas was then injected onto the gas chro-
matograph. CH4, H2, and Kr concentrations were mea-
sured on the TCD after the gas passed through a GasPro
PLOT column. CO2 was separated using a Carboxen
1010 PLOT column and concentrations were measured
with an FID/methanizer. Final dissolved gas concentra-
tions were determined based on the mole fraction of gas
measured in the headspace, the headspace volume, and
the mass of the fluid sample.

2.5. Derivation of kinetic parameters

We assume that isotope exchange reactions proceed
through the following reaction scheme and follow second-
order reaction kinetics:

12CH4 þHDO
kf
�
kr

12CH3DþH2O ð1Þ
In Eq. (1) kf and kr are rate constants for the forward

and backward direction of the reaction as written (units
of sec�1 [mol/L]�1). In our experiments, the concentrations
of HDO, H2O, and 12CH4 can be assumed to be constant.
Thus, the rate of change of 12CH3D can be approximated
following standard kinetic derivations (e.g., Criss et al.,
1987; Gregory et al., 1989) and the change in dDCH4 vs.
time (t) described as follows:

dDCH4
tð Þ � dDCH4 ; equilibrium

dDCH4 ; initial � dDCH4 ; equilibrium

¼ 1� F ¼ e� H2O½ �krt ð2Þ

[H2O] is the concentration of water in mol/L. The ‘equi-
librium’ subscript represents the isotopic composition of
methane once it has reached hydrogen isotopic equilibrium
with the fluid. F is the ‘progress variable’ and represents the
fractional approach to isotopic equilibrium such that at the
start of the reaction F = 0 and 1 � F = 1. Once equilibrium
is reached F = 1 and 1 � F = 0 (Criss et al., 1987; Criss,
1999). For completeness, Eq. (2) is derived formally in
Appendix A2 along with an equivalent result for 13CH3D
exchange.

Use of Eq. (2) requires us to know dDCH4; equilibrium for a
given experiment, which in turn requires knowledge of the
hydrogen isotope equilibrium fractionation factor between
methane and liquid (l) or supercritical (sc) water
(DaCH4(g)-H2O(l/sc)). We are unaware of a theoretical or
experimental equation that describes this fractionation
factor over the temperatures of interest to the work here
(0–500 �C). As such, we calculated one based on constraints
from prior theoretical and experimental work as described
in Appendix A3 in detail. We now outline this in brief
below.

Specifically, below the critical point, we use theoretical
calculations of hydrogen isotope equilibrium between
CH4(g)-H2(g) combined with those for H2O(g)-H2(g) based
on Path Integral Monte Carlo calculations given in Turner
et al. (2021) offset by constant values to fit experimental
data. We then combine these with the calibration for
DaH2O(g)-H2O(l) from Horita and Wesolowski (1994) to cal-
culate DaCH4(g)-H2O(l)—note that the calibration of Horita
and Wesolowski (1994) is strictly only interpolatable based
on experiments from 0.75 to 349 �C. However, they indicate
this equation can be used from 0 to 374 �C as they fix
DaH2O-(g)-H2O(l) to be equal to 1 at the critical point. We
use the temperature dependence of theoretical equations
as they allow for extrapolation beyond the experimental
calibration for CH4(g)-H2(g) (3–200 �C) given in Turner
et al. (2021) while preserving the expected temperature
dependence.

Following Horita and Wesolowski (1994), we assume
that at the critical point of water the hydrogen isotope frac-
tionation factor between liquid water and water vapor
approaches a value of 1 (i.e., become equal). Put another
way, at the critical point, we assume that DaCH4(g)-H2O(g)

and DaCH4(g)-H2O(l) are equal (as
DaH2O(g)-H2O(l) = 1). Above

the critical point, and thus for supercritical fluids, we
assume that the fractionation factor between methane and
a supercritical fluid is equivalent to that between methane
and water vapor—theoretical calculations indicate that at
pressures to 1000 bar and 510 �C this introduces errors of
less than 5‰ for the fractionation factor (Polyakov et al.,
2006), which does not affect our presented results—these
errors are due to the fact that the at high enough densities
(e.g., above the critical density) supercritical fluids will exhi-
bit properties distinct from the ideal gas, low pressure end-
member. Regardless, we then use the theoretical fit of
DaCH4(g)-H2O(g) to experimental describe the temperature
dependence of DaCH4(g)-H2O(sc). More accurate approaches
would require specifying both the temperature and pressure
of the system to describe the supercritical fluid, but given
the 5‰ variations this introduces, we consider our
approach acceptable.

We then fit a polynomial to these curves to make a con-
tinuous function, which is given by:

1000� InDaCH4 gð Þ�H2Oðl=scÞ ¼ 1:4315� 1012

T 4

� 1:7590� 1010

T 3

þ 6:4487�107

T 2

� 1:2339� 105

T
� 16:87 ð3Þ

In Eq. (3), the temperature (T) is in Kelvin. The ‘l/sc’
designates that this equation can be used for both liquids
(‘l’) and supercritical (‘sc’) fluids. Our approach to deter-
mining Eq. (3) is displayed graphically in Fig. A2. We note
that we do not use the equation for hydrogen isotopic equi-
librium of methane and liquid water from Horibe and Craig
(1995) because this calibration uses the calibration for
hydrogen isotopic equilibrium between water vapor and liq-
uid water from Horita and Wesolowski (1994), which, as
discussed above, can only be used for waters from 0 �C to
374 �C (i.e., the critical point of water). Above 374 �C,
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the fit of their calibration is an extrapolation and thus val-
ues that would be calculated for our experiments (which are
above the critical point of pure water) may be inaccurate.

Returning to Eq. (2) and with the dDCH4; equilibrium now
calculable, we then use the measured values of dDCH4(t)
and dDCH4; initial. Thus, the rate constant kr multiplied by
the concentration of water can be determined by linear
regression of the experimental data using the following
equation:

ln
dDCH4 tð Þ � dDCH4; equilibrium

dDCH4; initial � dDCH4; equilibrium

� �
¼ ln 1� Fð Þ

¼ � H2O½ �krt ð4Þ
In some experiments, we noted a leak developed between

the external pressurizing fluid and the gold cell fluid (evi-
denced by changing dDH2O values of the fluid in the gold
cell). These experiments (specifically experiments 4.1, 4.2,
and 6) are noted in Table 1 and Supplementary Table S1.
For the fits we take the average dD of the experimental flu-
ids (specifically the time weighted average dD of the water).
We demonstrate in Appendix A4 that this approach does
not affect the calculated rate constants in a way that
impacts our interpretations (e.g., differences are less than
±2 standard error (s.e.) of the stated uncertainty on the rate
constants).
Fig. 1. An example of our experimental data from our longest experimen
residual to the linear regression in (B). All are plotted vs. time (days). E
3. RESULTS

3.1. Example experimental results

In Fig. 1 we provide an example of data from our long-
est duration experiment (230 days), which was held at
376 �C. Data for all experiments including temperature,
pressure, sampling time, methane and water dD, and
CO2, H2, and CH4 concentrations are given in Table S1.
The 376 �C experiment demonstrates a universal feature
of our experiments: at the start of the reaction the dD of
methane initially increases at a rate faster than in the later
parts of the experiments. Following this initial period,
dDCH4 increases at an effectively constant rate as, at low
degree of reaction progress (maximum of 22% across all
experiments), changes in dDCH4 vs. time are expected to fol-
low an approximately linear relationship.

We assume that the initially faster increase in methane
dD is due to the generation of small amounts of contami-
nant methane from the pyrolysis of trace organic contami-
nants that directly incorporate the high dD of the gold cell
fluid (�5000‰). We tested for this explicitly by heating an
experiment at 400 �C without methane added (i.e., a blank
experiment) and examined the change in methane concen-
tration with time. Methane increased in concentration
and then stabilized to 0.2 mM after �25–30 days into the
t, experiment 2 (T = 376 �C). (A) dDCH4, (B) ln(1 � F), and (C) the
rror bars are ±1r or smaller than the size of the point.
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experiment (Fig. A1). For comparison, the experiments
described above were conducted with concentrations
between 20 and 120 mM methane (Table S1). Trace
methane generation commonly occurs in hydrothermal
experiments (e.g., McCollom, 2012) and so this observation
was not unexpected. Additionally, in experiment 4, the first
part of the experiment where the fluid was heated to 416 �C
(experiment 4 pt. 1) shows this initial faster rate, but, after
cooling later to 394 �C (experiment 4 pt. 2), a faster initial
rate is not apparent. This is consistent with some initial
methane generation occurring and going to completion at
416 �C before cooling the experiment to 394 �C. We note
that we do not know the source of the generated methane,
but it may represent a combination of contaminant organic
carbon species present in the 99.97% methane used to
charge the experiment, dissolved in the Milli-Q water or
purchased D2O solution, or alternatively a contaminant
introduced during cleaning and assembly of the gold cell.

Based on this, we only fit data to the later part of exper-
iments and exclude data from initial time periods with the
faster increase in methane dD. The points chosen to be
included in the fit were manually selected using the linear
regression R2 values, root mean square error, and visual
assessment of the residuals of the fit of Eq. (4) to the data
based on inclusion and exclusion of different points at the
start of the experiment. Fits of ln(1 � F) vs. time for the
experiments are given in Fig. 2. The data points for the
experiments are provided in Table S1.

3.2. Temperature dependence of the rate constants

We calculated the values of kr from regression of Eq. (4)
to the data using a water concentration of 32.2 mol/L
(equivalent to a density of 0.58 g/ml). Calculated rate con-
stants and their associated uncertainties are given in
Table 1. Uncertainties were calculated based on a Monte
Carlo error propagation scheme (see Appendix A5).

We display the natural logarithm of the rate constants
(units of ln(sec�1 [mol/L]�1) vs. 1000/T (K�1)) in Fig. 3
in an Arrhenius plot. We observe, as expected, that rate
constants decrease with decreasing temperature. A linear
fit of these data (Fig. 3) yields an equation with slope of
�17.32 (±4.08, 1 s.e.), intercept of 3.19 (±6.01, 1 s.e.),
and covariance of �24.54:

ln krð Þ ¼ �17:32
1000

T

� �
þ 3:19 ð5Þ

This slope equates to an activation energy of
144.0 kJ/mol (±33.9, 1 s.e.).

4. DISCUSSION

4.1. Catalysis on reactor surfaces?

Experiments were conducted in gold cells with passi-
vated titanium heads. One concern is that these surfaces
may provide catalytic sites that promote C-H activation
and thus catalyze methane hydrogen isotope exchange
reactions. We evaluate this here before interpreting the
data further. The gold was chosen because it is both
flexible and is generally considered to be chemically inert.
However, we note that C-H activation of long chain linear
alkanes (>C20) has been observed on gold (Zhong et al.,
2011), and trace impurities of Fe in commercial gold have
been proposed to catalyze methane generation from acetate
(Lazar et al., 2015). But, we are unaware of any evidence
that gold catalyzes C-H activation in methane to promote
isotope exchange with water. Alternatively, the titanium
head, despite being passivated, could also act as a catalyst
for hydrogen isotope exchange. In any of these cases (catal-
ysis on gold, impurities, or titanium), the hydrogen isotope
exchange rate would be a function of the total amount of
methane in the experiment relative to the exposed surface
area of the gold cell or titanium head. The data is not con-
sistent with such catalysis. Specifically, catalysis on the
gold or titanium head would not yield constant determined
values for kr in an experiment (i.e., linear slopes over hun-
dreds of days as in Fig. 2). This is because, as we sample,
we remove experimental fluid and reduce the cell volume,
lowering the total moles of methane in the experiment
(though the concentration is kept constant), while the sur-
face area of the gold and titanium remains constant. Over
the course of an experiment, fluid volumes are typically
reduced by 2–3� relative to the starting fluid volume,
increasing the ratio of the gold or titanium surface area
to methane content by an equivalent factor. We would
expect such a change would increase rates of catalysis by
similar amounts (which would result in the plots in
Fig. 2 curving concave downwards as opposed to being
straight). As this is not observed, we propose and proceed
with the assumption that catalysis on the gold cell or tita-
nium head is not driving the observed changes in methane
dD. Rather, we propose that we have determined uncat-
alyzed exchange rates for hydrogen isotopes between dis-
solved methane and a fluid comparable to liquid water.
We consider our exchange rates comparable to that in liq-
uid water because the supercritical fluids in the experiments
have a density of �0.58 g/ml, which is above the critical
density of pure water (0.322 g/ml).

4.2. Comparison to previous kinetic determinations

As discussed in the introduction, there are two studies
that have been used to infer the rate of hydrogen isotope
exchange between methane and liquid water: Reeves et al.
(2012) at 323 �C and Koepp (1978) at 200 �C. As these
experiments have been used to calculate timescales for
methane hydrogen isotope equilibration with liquid water
in a variety of recent studies as a function of temperature
(e.g., Wang et al., 2018; Beaudry et al., 2021; Xie et al.,
2021), we review them in detail and compare these prior
results to our determinations.

Reeves et al. (2012) sampled methane (and other alkane
gases) dissolved in liquid water at 323 �C as a function of
time. Two experiments were conducted and in one experi-
ment the dD of the water was purposely changed in the
middle of the run such that there are effectively three sepa-
rate experiments with which one can estimate rates of
hydrogen isotope exchange between methane and liquid
water. Similar to our study, these experiments were con-



Fig. 2. Plots of ln(1 � F) vs. time (days) for all experiments used in calculation of kr in this study. Blue dotted line is a linear regression of the
selected points. Blue points are included in the regression and black points are excluded. ±1r error bars are smaller than the size of the point
in all cases.
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ducted using a flexible gold cell system. However, unlike
our experiments, pyrite, pyrrhotite, and magnetite were
included to both buffer redox conditions and minimize
alkane oxidation, and ethane, propane, n-butane, and
n-pentane were simultaneously reacted along with the
methane. Experiments were run for similar extents of time
as here (up to �200 days). Maximum fractional approaches
to hydrogen isotope equilibrium for methane were 6%. As
discussed in the Introduction, Reeves et al. (2012) did not
attempt to calculate a rate constant for hydrogen isotope
exchange between methane and liquid water based on their
experimental data.



Fig. 3. Plot of ln(kr) (ln(sec
�1 [mol/L] �1)) vs. 1000/T (K�1) from our experiments. Shading represents the 95% confidence interval. Error bars

are ±1r; when smaller than the size of the point, they are not shown. Activation energy calculated from this regression is 144.0 ± 33.9 kJ/mol.

Fig. 4. Plot of ln(kr) (ln(sec
�1 [mol/L]�1)) vs. 1000/T (K�1) based on our data as compared to data from Koepp (1978) and Reeves et al.

(2012) as calculated by this study and by Wang et al. (2018). The recalculated point by Wang et al. (2018) is for their ‘best guess’ 24 year 50%
equilibration time and corrected for the density of water as discussed here. Shading represents the 95% confidence interval associated with the
regression. Error bars (1r) for data from this study are all smaller than the point and are not shown. For Reeves et al. (2012), error bars are
±1 s.e.; when smaller than the size of the point, they are not shown. This error is based on the ±1 s.e. of the regression slope. For Koepp
(1978), the error bar is the estimated ±1r uncertainty based on the Monte Carlo calculation discussed in the text.
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Under the assumption that hydrogen exchange between
methane and water caused the methane dD shift in the
Reeves et al. (2012) data, Wang et al. (2018) provided visual
comparisons to the experimental data for values for
kr[H2O] vs. time at 323 �C based on timescales to reach
50% equilibration of 6, 12, and 24 years. The value for
24 years was presented as their preferred ‘best-guess’ esti-
mate that best visually fit the Reeves et al. (2012) experi-
ments. They did not convert these to values of kr. These
50% equilibration timescales (6–24 years) are equivalent
to a range for kr[H2O] of 3.66 � 10�9 to 9.16 � 10�10 sec�1.
Based on the conditions given in Reeves et al. (2012), the
density of water in their experiments was 0.718 g/ml. As
such, these kr[H2O] values correspond to values for kr of
9.19 � 10�11 to 2.3 � 10�11 sec�1 [mol/L]�1.

We additionally formally fit the data of Reeves et al.
(2012) using our calibration of the temperature dependence
of hydrogen isotopic equilibrium between methane and
water (Eq. (3)). We note that at 323 �C, this yields a value
of 1000 � lnDaCH4(g)-H2O(l/sc) of �114.1‰ vs. the value used
in Wang et al. (2018) of �139.3‰. We plot ln(1 � F) vs.
time for the Reeves et al. (2012) data in Fig. A3. Based
on our regressions of the three experiments from Reeves
et al. (2012), we calculate values for kr of between to
3.55 � 10�11 to 16.06 � 10�11 sec�1 [mol/L]�1. These over-
lap with the visually estimated range given in Wang et al.
(2018) (2.3 � 10�11 to 9.19 � 10�11 sec�1 [mol/L]�1, see
above). Using the best-guess estimate of Wang et al.
(2018) for a 50% equilibration timescale of 24 years yields
a difference in kr vs. the extrapolated value from our exper-
iments of 3.9� (or 1.4 natural log units). For comparison,
our calibration predicts that at 323 �C, the value for kr
would be 0.59 � 10�11 sec�1 [mol/L]�1 with an extrapolated
±2 standard deviation (r range of between 0.11 � 10�11

and 3.20 � 10�11 sec�1 [mol/L]�1) and thus lower beyond
±2r compared to various estimates derived from our fits
to the Reeves et al. (2012) data (Fig. 4). We consider the
above differences to indicate relatively good agreement
between the various studies given the different experimental
conditions and, as acknowledged by Wang et al. (2018), the
high uncertainty involved in calculating rate constants from
the Reeves et al. (2012) data. Alternatively, the potentially
elevated rates from Reeves et al. (2012) could be real and
due either to synthesis of new methane in their experiments
or due to catalysis on the minerals (pyrite, pyrrhotite, and
magnetite) present in their experiments.

The second constraint used to estimate hydrogen isotope
exchange rates between methane and water is from Koepp
(1978) at 200 �C. This study is an abstract and it describes
an experiment where methane was reacted with D2O in a
stainless-steel vessel. Koepp (1978) provides three estimates
for the exchange rate between methane and water (specifi-
cally kr[H2O]) in a base-10 log-scale bar graph at 100,
200, and 240 �C (Fig. 1 of that work). No experimental data
is given, nor detailed methods described. It is important to
note that the only point that was experimentally determined
is the 200 �C point—the 240 �C and 100 �C values were cal-
culated using an assumed activation energy for hydrogen
isotope exchange based on experiments of Watt et al.
(1966) in which gaseous D2 and CH4 were reacted at
temperatures ranging 1167–1482 �C. Although it is not
explicitly stated in the abstract what phase(s) of water
was present during the experiment, the Koepp (1978) study
is commonly assumed to constrain exchange between dis-
solved methane and liquid water. As a result, the Koepp
(1978) results have been used in one of two ways. First,
the kr[H2O] value given at 200 �C and those calculated at
100 �C and 240 �C have been used (as reported) to estimate
the isotope exchange rate between methane and water at a
variety of temperatures (e.g., Xie et al., 2021). Alternatively,
Wang et al. (2018) combined the estimate at 200 �C from
Koepp (1978) with an estimate at 323 �C using the Reeves
et al. (2012) data (best-guess estimate described above) to
determine the temperature dependent rate of methane-
liquid water hydrogen isotope exchange. The equation for
this calibration is provided in Beaudry et al. (2021) and
was further used in that study to estimate hydrogen isotope
exchange rates in terrestrial hydrothermal systems. We note
that neither relationship was corrected for potential differ-
ences in water density between the experiments and thus
cannot be straightforwardly compared to each other or
our experiments here—this is especially true for the
Koepp (1978) experiment where the phase of water is not
known (as expanded on below).

Given the recent use of the Koepp (1978) abstract for
anchoring exchange rates of methane with liquid water at
geologically relevant conditions, we obtained the original
reports on which this abstract is based (Köpp, 1977,
1978; note that Koepp and Köpp are different spellings of
the same name). Based on the methods provided (Köpp,
1977), reactions were conducted in a stainless-steel cylinder
with 150 ml of reaction volume. Before heating, 2 ml of
99.7% D2O were added, the system pressurized with 30–
40 bar CH4, and then heated to 200 �C. Based on the model
of Duan and Mao (2006), under these conditions, >99.9%
of the methane would be in the gas phase and a two-
phase system would exist with �1 ml of D2O remaining in
the liquid phase. Thus the Koepp (1978) experiment, as
described, occurred in a two-phase system with the methane
dominantly in the gas phase. As such, use of this experi-
ment as a constraint on exchange rates for dissolved
methane in liquid water is not straightforward. Addition-
ally, the degree of observed exchange is small: the rate con-
stant derived is from a total dDCH4 change of 9‰ (±3.6‰,
1r) from the initial methane vs. a single time point sampled
at 400 days. This corresponds to a fractional approach to
isotopic equilibrium of 0.0001%.

Given the above discussion, we do not consider the
experiment of Koepp (1978) to provide clear constraints
on the exchange rates between methane and liquid water
at 200 �C. We compare this data point to our data by
assuming the exchange occurred mostly in the gas phase
and divide the calculated kr[H2O] by the concentration of
D2O in the gas phase at steam saturation (0.435 mol/L at
200 �C). This yields a value for kr of 8.39 � 10�14 (sec�1

[mol/L]�1; ±3.76 � 10�14, 1r) The uncertainty was calcu-
lated using a Monte Carlo approach by incorporating the
stated uncertainty of the dD of the initial and final methane
(assumed to be ±1r). We calculated the rate constant one
million times by varying the starting and final methane
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assuming a Gaussian distribution based on the ±1r uncer-
tainty. If we extrapolate our rate to 200 �C based on the
best-fit line given (Eq. (5)), we obtain a value for kr of
0.31 � 10�14 (sec�1 [mol/L]�1) with an extrapolated ±2r
range of between 58.2 � 10�14 to 0.002 � 10�14 (sec�1

[mol/L]�1). As such, the two agree within 2r, differing on
average by 27.0� or 3.3 natural log units. Considering
the large amount of extrapolation and very different exper-
imental conditions, we consider this level of agreement to
be surprisingly good.

In Fig. 4 we extend the regression of our data and the
associated 95% confidence interval (shown in Fig. 3) to
lower temperatures, comparing our results to the rates
derived from the other two experimental studies. Despite
similarities between our extrapolation and prior results,
we do not use them in our regression. We do not use the
Koepp (1978) data as we consider it unclear the actual con-
ditions of the reaction (e.g., is the exchange occurring in the
gas phase, liquid phase, or both). We exclude the rate
derived from Reeves et al. (2012) because the experiments
are different from those presented here, having included
potentially catalytic minerals. We additionally note that
the catalytic properties of the steel reactor used in Koepp
(1978) are unknown.

4.3. Implications for environmental methane

A common way to represent the conditions under which
isotope exchange between species or phases occurs is to cal-
culate the time required at a given temperature for measur-
able exchange to occur or, alternatively, the temperature
below which exchange is negligible (e.g., Zhang, 2008).
The temperatures at which isotopic exchange begins pro-
ceeding during warming or stops during cooling is often ter-
med a ‘blocking’ or ‘closure temperature’ (e.g., Zhang,
2008). This is an inexact term as it is a function not only
of the temperature, but also the time-temperature history
of the sample. The blocking temperature for hydrogen iso-
tope exchange between methane and either itself or with
other hydrogen-bearing species such as liquid water is
uncertain. For example, Burruss and Laughrey (2010) pro-
posed that methane and water begin exchanging hydrogen
isotopes in sedimentary systems at temperatures between
250 and 300 �C. Based on methane clumped-isotope tem-
peratures and differences in dD of methane vs. water in fluid
inclusions in quartz, Mangenot et al. (2021) proposed that
hydrogen isotope equilibration between methane and water
does not occur on geologic timescales (i.e., at cooling rates
during sedimentary uplift; e.g., of order 10 �C/myr) at tem-
peratures below �300 �C. Finally, based on clumped-
isotope temperatures from several marine hydrothermal
vent sites, Wang et al. (2018) proposed that closure temper-
atures are between 270 and 360 �C for hydrogen isotope
exchange between methane and water in hydrothermal sys-
tems. In contrast, Labidi et al. (2020) proposed that mea-
surable hydrogen exchange between methane
isotopologues can occur at temperatures as low 65 �C dur-
ing conductive cooling of fluids in some hydrothermal sys-
tems. Similarly, Giunta et al. (2021) proposed that in
sedimentary systems, methane isotopologues can equili-
brate via hydrogen isotope exchange reactions at tempera-
tures as low 90 �C. In the latter two cases, whether this
proposed exchange process involves liquid water or not is
uncertain.

Our results allow us to calculate the timescales required
for measurable hydrogen isotope exchange to occur
between methane and liquid water and thus evaluate what
process may or may not be occurring in the systems identi-
fied above for defined time-temperature paths. To do this,
we provide the time required at a given temperature for
some degree of reaction to occur (Fig. 5)—similar sorts of
estimates for this based on the results from Reeves et al.
(2012) and/or Koepp (1978) are given in Wang et al.
(2018) and Xie et al. (2021). In Fig. 5, as a guide, we provide
as a filled color band the timescale for 1–99% equilibration
with a solid line for 50% equilibration. In doing this, we
assume the density of water is 1 g/ml, which approximates
expected rate maxima at any given temperature (as water
density is typically equal to or lower than 1 g/ml under
environmental conditions). Values outside of 420–376 �C
are an extrapolation of Eq. (5) and thus beyond the cali-
brated range.

Before discussing this figure, it is important to note that
this extrapolation carries significant uncertainty beyond the
uncertainty calculated in the regression used to derive Eq.
(5). For example, we do not know the chemical mechanism
driving the observed isotope exchange reactions in any of
the experiments. As such, mechanisms may change as a
function of temperature such that different reaction path-
ways are dominant at different temperatures. We note that
Beaudry et al. (2021) proposed that the exchange proceeds
by an H� radical reacting with CH4 to form a CH�

3 radical
that then abstracts H from H2O. If correct, then the key
process controlling the rate of exchange is H� radical gener-
ation to initiate the formation of CH�

3. They further pro-
posed that HS� radicals could also promote H abstraction
from CH4. Finally, the physical properties of water vary
as a function of temperature (e.g., the dielectric and disso-
ciation constants) and such changes may alter rates at lower
or higher temperatures. Given this uncertainty, some cau-
tion should be taken in this extrapolation. Nevertheless,
we consider it a useful starting point in terms of considering
environmental data.

We also provide in Fig. 5 the timescale for hydrogen iso-
tope equilibration if methane were to react with water
vapor. We calculated these rates using the density of pure
water vapor along the steam saturation curve to the critical
point (374 �C). In doing this we are using the activation
energy and prefactor (i.e., Eq. (5)) derived from exchange
between dissolved methane and liquid water and we are
assuming that water vapor concentrations are sufficiently
high relative to methane that only the dD of methane
changes measurably. In doing this, we are effectively assum-
ing that hydrogen isotope exchange rates between methane
and water are proportional to the collisional frequency
between molecules and that solvation effects for isotope
exchange reactions in liquid vs. gaseous systems are unim-
portant. This is likely incorrect. Regardless, this compar-
ison serves mostly to illustrate that large changes in rates
may accompany the phase transition from liquid to gaseous



Fig. 5. Calculations of timescale for the fractional equilibration of the hydrogen isotopic composition of methane and liquid/supercritical
water (blue) or water vapor (red) based on Eqs. (4) and (5). Shaded regions are for 1–99% fractional equilibration. The lines are for 50%
equilibration. For liquid/supercritical fluids, the density is taken as 1 g/ml. Thus the rates represent likely maximum rates as water density in
high-temperature (>300 �C) hydrothermal systems is typically lower that 1 g/ml. For vapor, the density of pure water at steam saturation is
used. Water density at the critical point (374 �C) is �0.322 g/ml (rate �3� slower than unit density curve in blue at the same temperature).
Relative changes in vapor density with temperature are more substantial, for example, 0.114, 0.008 and 0.0006 g/ml at 350 �C, 200 �C and
100 �C, respectively.
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systems solely due to the difference in water density. We
note that the assumption that second-order rate constants
for hydrogen isotope exchange scale mostly with the density
of the water has been shown to be consistent with rates of
H2-H2O hydrogen isotope equilibration in gaseous and liq-
uid systems (Pester et al., 2018).

In Fig. 5 we see that at temperatures less than �125 �C,
the timescale to reach 50% hydrogen-isotope equilibration
between methane and liquid water takes >100 million years
and over a billion years below 100 �C. This indicates, for
our extrapolated kinetics, that abiotic, uncatalyzed hydro-
gen isotope exchange between methane and liquid water
should not occur on geologic timescales at these low tem-
peratures. From 125 to 200 �C, exchange is predicted to
take place at timescales of hundreds of millions to hundreds
of thousands of years. Timescales for exchange are order
hundreds of years at 300 �C and of order one year at
400 �C. With these patterns in mind, we first consider the
implications of these results for methane originating
from low-temperature sedimentary systems (<125 �C), fol-
lowed by warmer temperature thermogenic systems
(�125–250 �C), and then deep-sea hydrothermal systems.

4.3.1. Low-temperature sedimentary systems

Eq. (5) indicates that the timescales for 50% equilibra-
tion for hydrogen isotope exchange between methane and
liquid water are greater than the age of the Earth at temper-
atures less than 95 �C (>5 billion years, Fig. 5). However,
hydrogen isotope exchange between methane and water is
thought to occur at temperatures as low as �0 �C in micro-
bially influenced systems. This is based on the observation
that in many sedimentary systems, differences between the
dD of methane and water as well as measured methane
clumped-isotope compositions are consistent with the
methane forming in or later attaining hydrogen isotopic
equilibrium with water (Stolper et al., 2015; Wang et al.,
2015; Douglas et al., 2016, 2017; Okumura et al., 2016;
Ijiri et al., 2018; Gropp et al., 2021; Jautzy et al., 2021;
Turner et al., 2021). This equilibration has been proposed
to be facilitated by methanogenic or anaerobic methan-
otrophic organisms whose enzymes catalyze the exchange
of hydrogen isotopes between methane and water (Stolper
et al., 2015; Wang et al., 2015; Douglas et al., 2016;
Okumura et al., 2016; Gropp et al., 2021; Jautzy et al.,
2021; Ono et al., 2021; Turner et al., 2021; Wegener et al.,
2021). Thus, in low-temperature systems where biology is
active, rates of hydrogen isotope exchange between
methane and water are enhanced by factors on the order
of billions over abiotic rates. As such, equilibration of
hydrogen isotopes between methane and liquid water from
low-temperature systems could potentially be used as a bio-
marker on Earth and perhaps other planetary bodies where
methane is found. This requires that other processes such as
catalysis on mineral surfaces are too sluggish to equilibrate
the hydrogen isotopes of methane and water at low temper-
atures (<100 �C) on geological timescales—such is not yet
known.

We note that methane samples from the Kidd Creek
Mine (Canada) may support such sluggishness even when
minerals are present. Specifically, fluids in this system have
been isolated for hundreds of millions to �2 billion years
(Warr et al., 2018) and today are at low temperatures
(<65 �C; Sherwood Lollar et al., 2008). Methane emitted
from these systems have dD values that are out of hydrogen
isotope equilibrium by hundreds of per mil with respect to
co-associated waters, which has been interpreted to indicate
that hydrogen isotope exchange did not occur significantly
following methane formation (which is proposed to be via
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abiogenic processes; Sherwood Lollar et al., 2008; Reeves
et al., 2012). If this methane formed hundreds of millions
of years ago, it would support our model’s prediction that
at low temperatures (<100 �C) equilibration does not occur
even on long (billion year) geologic timescales and thus that
mineral-catalyzed hydrogen isotope exchange between
methane and water is not significant in some geologic
systems.

4.3.2. Thermogenic methane

Thermogenic gases are typically thought to be generated
from about 60 to 300 �C (Quigley and Mackenzie, 1988;
Hunt, 1996; Seewald, 2003) and liquid water is commonly
invoked to play a role in the chemical reactions that both
govern the generation of liquid and gaseous hydrocarbons,
and set their hydrogen isotopic composition (Hoering,
1984; Lewan, 1997; Seewald et al., 1998; Seewald, 2003;
Schimmelmann et al., 2006). Based on the kinetics deter-
mined here, if methane is retained and exposed to liquid
water for tens of millions of years at 150 �C or hundreds
of thousands of years at 200 �C, then the methane could
equilibrate its hydrogen isotopic composition with any liq-
uid water that is present before being expelled and trapped
at a shallower and cooler depth (Fig. 5). This scenario
would require that rates of gas generation are sufficiently
slow in a given system such that gas that forms is retained
in the source rock for sufficiently long to equilibrate with
associated waters prior to primary expulsion and subse-
quent migration. Timescales of gas generation, accumula-
tion, and migration will be set by the temperature-
dependent kinetics of gas generation of a given organic
source, burial rate (and thus heating rate) of a system,
and overall storage capacity of the formational rock for
hydrocarbons before expulsion occurs (e.g., Sandvik
et al., 1992; Pepper and Corvi, 1995).

Following expulsion, such equilibrated gases could then
migrate to a shallower and cooler reservoir where kinetics
would be slower. If the reservoir is gas dominated, then
water may be in the vapor phase, which, at 150 �C, would
require billions of years to equilibrate the isotopes of
methane and water (Fig. 5). Alternatively, the gas could
migrate and then dissolve in liquid hydrocarbons in an
oil-dominated reservoir. In such a system water is not the
solvent and thus will be at a lower activity in the oil as com-
pared to a water-dominated system and would limit the rate
of isotope exchange between water and methane. In either
case, the hydrogen and clumped isotopic composition of
the methane could reflect the formation and initial storage
temperature of the methane before expulsion and migration
to lower temperatures.

Such a pathway may explain the observation that ther-
mogenic gases from high-maturity source rocks (vitrinite
reflectance [Ro] > 1.7%—equivalent to >170 �C max burial
temperatures) commonly yield methane in clumped isotope
equilibrium (e.g., Stolper et al., 2014a, b; Wang et al.,
2015; Young et al., 2017; Eldridge et al., 2019; Giunta
et al., 2019), while lower maturity gases show kinetic isotope
effects (Shuai et al., 2018; Stolper et al., 2018; Xie et al.,
2021). How this equilibrium is reached remains uncertain,
with proposals including equilibration with water, on miner-
als, or via radical reactions (Stolper et al., 2014a, 2018; Dong
et al., 2021; Xie et al., 2021). Based on the hydrogen isotope
exchange rates calculated here, such equilibration could
occur during gas generation above �150 �C with liquid
water present and then be frozen in once the gas migrates
to lower temperatures or water-poor systems. We note that
many of the systems studied are from unconventional sys-
tems in which the gas is retained in source rock (i.e., it has
not migrated out of the system). Methane in such systems
may be particularly susceptible to isotope exchange reactions
with water as gas is retained in its formational environment
and cools more slowly during uplift vs. more rapid migration
and cooling to a reservoir. This assumes that exchange rates
between methane and other hydrocarbons is slower than
exchange with liquid water. A similar inference was made
by Xie et al. (2021), but based the kinetics given in Koepp
(1978) at 200 �C and their assumed activation energy.

Recent measurements of thermogenic gases trapped in
inclusions from the Swiss orogenic thrust belt provide data
that constrain apparent closure temperatures for methane
isotopologues reacting with water (Mangenot et al., 2021).
Specifically, in this system, methane was trapped either as
a separate bubble in an inclusion with liquid water or inclu-
sions that are mostly methane with liquid water present as a
rind. Based on the homogenization temperatures of the
inclusions, methane and water in the ‘zone B’ samples are
thought to have been trapped at elevated temperatures
(>200 �C), and then uplifted to the surface. Based on
13CH3D apparent temperatures from these inclusions,
Mangenot et al. (2021) proposed that the closure tempera-
ture for hydrogen isotope exchange either between both
methane isotopologues only and between methane isotopo-
logues and water is greater than 250–280 �C.

We compared our predicted rates of hydrogen isotope
exchange to these data. To do this we assumed the follow-
ing: an invariant liquid water dD in the inclusions of �45‰
(average of reported inclusions in zone B), that methane
starts with clumped-isotope temperatures of 250 �C (similar
to the mean 13CH3D-based temperature of 244 �C) and
dDCH4 of �130.2‰ (zone B average). For the geologic his-
tory, we assumed uplift occurred over 15 million years at a
constant rate to a final temperature of 25 �C (based on geo-
logic histories given in Mangenot et al., 2021). We used the
kinetics for hydrogen isotope exchange with liquid water
assuming a water density of 1 g/ml. We derive in the appen-
dix a model for rates of change of the isotopologue 13CH3D
with water and show that, if we assume no kinetic isotope
effects associated with exchange of hydrogen or deuterium
for a 12C vs. 13C bearing isotopologue, that relative rates
of exchange for 12CH3D and 13CH3D with water are iden-
tical. Details of the forward model are given in Appendix
A2. This simulated thermal history yields methane dD
and 13CH3D-based temperatures significantly different from
what is contained in the inclusions: dDCH4 are predicted to
be �162.2‰ (vs. �130.2‰) and 13CH3D-based tempera-
tures are calculated to be 176 �C vs. the mean average tem-
perature for zone B gases of 244 �C (±8 �C, 1r).
Consequently, these samples and our kinetic data do not
match, with our kinetic data predicting faster-than-
observed rates of exchange.
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This mismatch is not surprising as the modeling above
assumes methane is dissolved in liquid water during the
entire thermal history, which is not the case for these sam-
ples. This is because currently at ambient temperature two
phases coexist in the inclusions. As noted above, one pop-
ulation of inclusions contains mostly fluid methane with
water existing only as a liquid rind, and another population
is water rich with an immiscible methane fluid bubble. As
such, in both inclusions, methane has either not been dis-
solved in water (fluid methane with a water rind) or under-
went a phase separation during cooling (the methane
bubble inclusions in water) over the complete the geologic
history of the inclusions. Consequently, the concentration
of water in the methane rich portions of these systems
may have been sufficiently low to significantly slow down
rates of exchange with the water compared to our analysis
above. This demonstrates that there is unlikely to be a sin-
gle closure/blocking temperature for hydrogen isotope
exchange between methane and liquid water, and that it will
depend not only on the thermal history but also on the
phases present and their water activities.

4.3.3. High-temperature hydrothermal systems

The experimental data presented here are particularly
relevant to high-temperature hydrothermal and geothermal
systems where methane is dissolved in liquid and supercrit-
ical water as the experimental temperatures directly overlap
temperatures observed in these systems. Here we focus on
fluids from oceanic hydrothermal systems where the dD
of the methane has previously been used to constrain gas
origins (Horibe and Craig, 1995; Proskurowski et al.,
2006; Wang et al., 2018; Labidi et al., 2020). We note that
Beaudry et al. (2021) has recently presented results on the
isotopic composition of methane from terrestrial geother-
mal systems. They compared their results to isotope
exchange rates calculated from the Koepp (1978) and
Reeves et al. (2012) experiments based on the temperature
dependence for kr[H2O] given in Wang et al. (2018). They
perform similar sorts of calculations as done here and we
refer the reader to that study for an examination of terres-
trial geothermal systems.

Deep-sea hydrothermal solutions exit the seafloor at
temperatures as high as �405 �C when directly measured
using thermocouple probes (e.g., Von Damm et al., 2003;
McDermott et al., 2018) at which point the fluids are
rapidly cooled to lower temperatures via mixing with sea-
water. The origin of this methane remains an active area
of inquiry with some proposals invoking methane genera-
tion in the active flow and others formation outside of the
flow (as reviewed in McDermott et al., 2015). The stable
clumped isotopic composition of methane has recently been
used to test these formational pathways (Wang et al., 2015,
Labidi et al., 2020). Based on differences between methane
clumped-isotope temperatures (specifically 13CH3D-based
temperatures) and fluid emission temperatures, and the ten-
dency of these 13CH3D-based temperatures to be �300 �C,
Wang et al. (2018) proposed that methane in these
hydrothermal systems neither forms in nor exchanges
hydrogen isotopes with water in the actively circulating
portions of the system. Rather, they proposed that the
methane forms outside of the active hydrothermal system
via reduction of CO2 by H2 where the H2 was generated
during serpentinization of igneous minerals. This has been
proposed to occur in fluid inclusions in igneous minerals
(Klein et al., 2019). The idea is that during or following for-
mation, the methane isotopically equilibrates to �300 �C
with seawater-derived fluids in the inclusions prior to being
entrained in the active flow and emitted to the ocean.
Attainment of isotopic equilibrium in the vent fluid
methane is supported by the observation that in all systems
except Lost City (discussed below), 13CH3D- and 12CH2D2-
based temperatures yield overlapping values (Labidi et al.,
2020). However, as Labidi et al. (2020) notes, re-
equilibration could occur in the carrier fluid during active
venting depending on the rates of hydrogen isotope
exchange for methane.

In the Lost City system, 13CH3D- and 12CH2D2 based
temperatures do not overlap and this methane has been
proposed to have partially re-equilibrated during upflow.
What exact chemical reaction promotes the exchange was
not known, but exchange with water or direct exchange
between methane isotopologues were suggested (Labidi
et al., 2020). Lost City has lower exit temperatures than
other systems (<100 �C vs. >200 �C for end-member fluids)
and different mineral assemblages associated with the vents
(e.g., carbonate chimneys) and therefore reactions promot-
ing hydrogen isotope exchange may differ compared to
more typical marine hydrothermal systems as will be dis-
cussed below. Finally, Wang et al (2018), noted that the
clumped isotope constraints from their study are limited
to vents systems from slow-spreading ridges (specifically
Lost City, Von Damm, Lucky Strike and Rainbow, as are
those from Labidi et al., 2020). They proposed, though,
that their model for methane formation may also apply to
faster spreading systems.

Wang et al.’s (2018) model for methane formation is
predicated on the assumption that the hydrogen (including
clumped) isotopic composition of methane reflects condi-
tions in which methane reached isotopic equilibrium out-
side of the active flow (e.g., in a fluid inclusion),
internally and with seawater derived fluids, and that after
entrainment in the active flow, the isotopic composition
did not change. The following must be true for this to be
correct: First, either methane has to form in isotopic equi-
librium or must be sequestered in inclusions for a suffi-
ciently long period of time that the methane reaches
hydrogen isotopic equilibrium with local fluids and internal
clumped isotopic equilibrium. Second, following entrain-
ment in the fluid, any warming or cooling must occur on
timescales too short to modify the isotopic composition
of the methane.

We can examine these requirements quantitatively using
our experimentally determined rates. To do this, we divide
the thermal history of methane in deep-sea hydrothermal
systems into three stages starting with the last process to
occur and stepping back in time: (i) Final ascent and cool-
ing of the fluid as it is vented to the seafloor; (ii) Time at
peak temperature in the active hydrothermal system before
ascent and cooling; (iii) Time required to equilibrate to
�300 �C before entrainment in the active flow. In all kinetic
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calculations we assume that isotopologues of methane only
exchange hydrogen isotopes with water rather than with
each other. Our basis is that water is the dominant
hydrogen-bearing species in these systems (generally there
is �10,000� more H in water than CH4 in hydrothermal
systems)—such has been assumed previously (Wang et al.,
2018; Beaudry et al., 2021; Xie et al., 2021), though we note
that Giunta et al. (2021) proposed that hydrogen isotope
exchange between methane isotopologues could proceed
at different rates as compared to hydrogen isotope exchange
between methane and water in some environmental sys-
tems. We note our discussion excludes data from
hydrothermal systems in which the methane is thought to
be derived from the thermal breakdown of organic matter
in sediments (e.g., from Guaymas Basin (Wang et al.,
2015) and Juan de Fuca ridge (Douglas et al., 2017)) as
the formational pathways of this methane are distinct from
methane likely generated by reduction of CO2 in the sys-
tems described above.

(i) Final ascent and cooling: We first quantitatively
examine the isotopic impacts on methane of cooling of
hydrothermal fluids as they ascend to seafloor. To explore
this, we assume methane starts in both clumped equilibrium
and hydrogen isotopic equilibrium with fluids at 300 �C—
this temperature is the approximate average 13CH3D tem-
perature of a range of hydrothermal samples in Wang
et al. (2018)—they specifically found a mean temperature
of 310 �C while Labidi et al. (2020) found a mean tempera-
ture of �330 �C. We use 300 �C for simplicity. This temper-
ature (�300 �C) was assumed by both Wang et al. (2018)
and Labidi et al. (2020) to be representative of the typical
initial equilibration temperature of methane emitted from
marine hydrothermal systems—note, as discussed above,
that this temperature reflects a condition in which methane
reached internal isotopic equilibrium was confirmed by
Labidi et al. (2020) through demonstration of overlapping
13CH3D- and 12CH2D2-based temperatures on the same
gases examined by Wang et al. (2018). We additionally
assume the water has a constant dDH2O of 0‰ (i.e., seawa-
ter). We then assume the fluid is instantaneously heated to
400, 450, or 500 �C before cooling during ascent to the sea-
floor to 0 �C. We allow for these elevated temperatures
compared to the exit temperatures as chemical geother-
mometry studies indicate that minimum fluid temperatures
deeper in hydrothermal systems are commonly 50–150 �C
higher than exit temperatures (e.g., Foustoukos and
Seyfried, 2007; Pester et al., 2011; Seyfried et al., 2015;
Scheuermann et al., 2018). High-temperature (black-
smoker) fluids are thought to ascend �1 km in a matter
of hours (Wilcock, 2004) during which time they conduc-
tively cool. These ascent rates equate to conductive cooling
rates of �50 �C/hr to the emission temperatures (typically
�350–370 �C) at the seafloor (Pester et al., 2018) followed
by rapid cooling during mixing with cold seawater
(�0 �C).

We compare the 50 �C/hr cooling rate given in Pester
et al. (2018) with a rate 100� slower (0.5 �C/hr) in order
to explore the importance of the chosen rate on the model
results. For modeling ease, we assume cooling at these con-
stant rates to temperatures of 0 �C rather than simulating
the quenching process that occurs when hot vent fluid mixes
with seawater—this simplification is unimportant as will be
shown. Finally, to do these calculations, we must constrain
the fluid density along the flow path, which requires esti-
mating the associated hydrostatic pressure at each temper-
ature. To do this, we use pressures and densities along the
two-phase boundary of seawater (�3.2 wt.% NaCl) for tem-
peratures >250 �C (Driesner and Heinrich, 2007; Driesner,
2007), and that of steam-saturated pure liquid H2O for tem-
peratures <250 �C where, for our purposes, the presence of
salt has a negligible effect on the moles of H2O per volume
of solution (<1%). As an example, our assumed flow path
affects partial molar (H2O) densities of 40.6, 26.0, and
18.9 mol/L at 300, 400 and 500 �C, respectively, compared
to 55.2 mol/L for bottom seawater (�4 �C).

Fig. 6A shows how the modeled dD of methane changes
at different maximum temperatures and cooling rates. As
seen, the modeled dD is effectively invariant regardless of
cooling rate and starting temperature—i.e., all of the vari-
ous thermal histories plot on top of each other and the
maximum change in dD is 0.2‰. Systems where fluids
may not have reached these high temperatures (e.g., Von
Damm and Lost City) would change even less if they start
cooling at lower initial temperatures (<400 �C). This limited
change in dDCH4 is due to both the slow kinetics of
exchange over the timescales used (hours to �1 month)
and the fact that the equilibrium hydrogen isotope fraction-
ation between gaseous methane and liquid/supercritical
water has a limited temperature dependence between
300 �C and 500 �C (1000 � lnDaCH4-H2O(l/sc) varies by less
than 14‰ over this temperature range). For comparison,
the dD of hydrothermal methane samples is plotted versus
the measured exit temperatures (corrected for any entrain-
ment of cold seawater). Except for samples from Lost City
(discussed below), these data scatter around the equilibrium
curve calculated at the fluid exit temperature and are largely
consistent with methane preserving a relatively high forma-
tion temperature (>200 �C) and having reached hydrogen
isotope equilibrium with seawater. However, as originally
noted by Horibe and Craig (1995) and discussed by Wang
et al. (2018), the temperature dependence of equilibrium
hydrogen isotopic fractionation between methane and
water is simply too small either for useful thermometry in
these hydrothermal systems or to detect if isotopic exchange
occurs during cooling to typical venting temperatures
(>200 �C).

The clumped isotopes of methane provide a different
way to examine rates of exchange in nature as, at equilib-
rium, their abundance versus a random distribution of iso-
topes is independent of the bulk isotopic composition (e.g.,
Eiler, 2007). We provide calculated 13CH3D-based temper-
atures for the same cooling paths as above and compare
environmental samples to these in Fig. 6B. In all cases,
modeled 13CH3D-based temperatures are not modified
more than 3 �C regardless of cooling path or starting tem-
perature. This shows that for the modeled thermal histories,
exchange rates based on our experiments are too slow to
change the isotopic composition of the methane during
ascent and cooling, even if fluids are heated to as high as
500 �C prior to upflow. This is applicable regardless of



Fig. 6. (A) Calculation of changes in methane dD and (B) changes in 13CH3D-based temperature for a system instantaneously heated from an
isotopic composition in equilibrium with water (dDH2O = 0‰) and internal clumped isotopic equilibrium at 300 �C to 400, 450, or 500 �C and
then cooled at rates of 50 �C/hr or 0.5 �C/hr to 0 �C. This is done to simulate changes in the isotopic composition of methane during ascent
and final venting in black-smoker systems during which fluids cool and are emitted to the seafloor. Note that all predicted paths effectively
overlap one another. Environmental data (collected while venting to the seafloor) are plotted vs. maximum venting temperature (at seafloor)
for end-member (unmixed) fluids. Data are from Horibe and Craig (1995), Proskurowski et al. (2006), Konn et al. (2015), Kawagucci et al.
(2016), Wang et al. (2018), and Labidi et al. (2020). Note that in cases where Wang et al. (2018) and Labidi et al. (2020) measured the same
samples, we used the values from Wang et al. (2018). EPR stands for East Pacific Rise while CIR stands for Central Indian Ridge. Error bars
are ±1 s.e. or smaller than the size of the data point.
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whether or not fluids experienced such high temperatures
before cooling during upflow. Such is consistent when com-
paring fluids from the Rainbow and Von Damm vent fields
that both preserve similar 13CH3D temperatures of
�300 �C despite venting at higher and lower temperatures,
respectively (as originally observed by Wang et al., 2018).
As such, our kinetic data support the hypothesis of Wang
et al. (2018) that the hydrogen and clumped isotopic com-
position of methane are unlikely to be modified by
exchange with water during ascent and cooling in high-
temperature hydrothermal systems. This would indicate
that the measured isotopic composition of the methane
may reflect an earlier part of its thermal history.

Fig. 6 also shows that some Lost City methane samples
have significantly lower dD values and lower 13CH3D-
based temperatures than observed in other hydrothermal
systems. This is also consistent with lower 12CH2D2-based
temperatures (see data in Labidi et al., 2020). Based on these
differences, Labidi et al. (2020) proposed that at Lost City
isotope exchange between methane isotopologues occurred
during ascent to the seafloor and associated cooling to tem-
peratures as low as 65 �C (Labidi et al., 2020). Although
Labidi et al. (2020) focused on 12CH2D2 exchange, they pro-
posed that 13CH3D compositions also changed from a start-
ing 13CH3D-based temperature of about 300 �C and re-
equilibrated during cooling to an apparent 13CH3D-based
temperature as low as �160 �C. They additionally noted
that the dD of methane dissolved in the Lost City fluids is
commonly depleted (�99 to �143‰) relative to the other
high-temperature fluids they studied (�98 to �113‰),
which would be consistent with hydrogen isotope exchange
occurring between methane and water during cooling.
We compare our predictions for rates of exchange in the
Lost City system vs. measured isotopic data. To do this, we
assume (for simplicity) that methane starts in clumped iso-
topic equilibrium at 300 �C as above and in hydrogen iso-
topic equilibrium with water at 300 �C having a dDH2O of
4‰ (the midpoint of the range for Lost City given in
Proskurowski et al. (2006), which we keep constant). We
then use the thermal history for Lost City fluids from
Pester et al. (2018) in which samples start at 250 �C and
cool at a rate of 0.4 �C/hr to a final temperature of 0 �C.
We use the same water density vs. temperature relationship
as used for the hydrothermal systems above.

This cooling rate predicts nomeasurable change in the iso-
topic compositionofmethane shouldoccurduringascent and
coolingofventedfluidsatLostCity (dDispredicted tochange
by <0.000003‰ and 13CH3D-based temperatures by
<0.00005 �C). Attainment of a measurable change in the
13CH3Dcompositionsobserved (i.e., an increase to the lowest
13CH3D-based temperatureof158 �C)requires that exchange
rateswithwaterbe�1billion timeshigher in theLostCity sys-
temas compared to the abiotic uncatalyzed ratesmeasured in
our study—this was calculated by increasing all rates by a
constant multiplicative factor and assuming the same activa-
tion energy as from our experiments. For comparison, the
measured rate constant in our experiments at 400 �C is calcu-
lated to be 1 billion times higher than the rates predicted for
100 �C.Sucha rate enhancementwouldalso lead toameasur-
able decrease in the dD of methane from a starting value of
�106‰ (equilibrium at 300 �C with dDH2O = 4‰)
to final value of�122‰. This final value of�122‰ overlaps
the range of values measured in the Lost City methane
(�99 to�143‰).



246 A.C. Turner et al. /Geochimica et Cosmochimica Acta 329 (2022) 231–255
Labidi et al. (2020) proposed the change in the isotopic
composition of the methane at Lost City may have been
catalyzed by microorganisms or on mineral surfaces.
Unlike in the higher-temperature fluids examined above
(>200 �C exit temperatures), microorganisms are able to
exist at the temperatures of the fluids emitted at Lost City
and are furthermore known to be present in the carbonate
chimney structures (Schrenk et al., 2004; Brazelton et al.,
2006). We note that microorganisms have already been
argued to enhance the rate of H2-H2O isotope exchange
at Lost City by orders of magnitude above abiotic rates
(Pester et al., 2018). Additionally, as discussed above,
methanogens and methanotrophs have both been argued
to be able to catalyze hydrogen isotope exchange between
CH4 and H2O. On this basis, Labidi et al. (2020) proposed
microorganisms may play a role in catalyzing methane
hydrogen isotope exchange rates at Lost City.

Labidi et al. (2020) also discussed that minerals could
act as catalysts for methane hydrogen isotope exchange.
They noted c-Al2O3, Ni, and Pt catalysts are known to
enhance exchange rates between methane isotopologues
or between methane and H2 (e.g., Larson and Hall, 1965;
Stolper et al., 2014b; Ono et al., 2014; Sattler, 2018;
Eldridge et al., 2019; Wang et al., 2020; Turner et al.,
2021). Such catalysts do enhance C-H exchange, but are
commonly poisoned or inactivated in the presence of liquid
water (and pure catalytic-grade metals are generally not
found in nature). However, such exchange could potentially
occur on igneous or secondary minerals in the system. The
experiments of Reeves et al. (2012) provide some con-
straints on this possibility for hydrogen isotope exchange
with water. Specifically, their 323 �C experiments included
minerals that are common to high-temperature hydrother-
mal systems: pyrrhotite, pyrite, and magnetite. Compared
to the extrapolation of our kinetics to 323 �C, their rate
constant (using the best guess estimate rate from Wang
et al., 2018) is �3.9� higher than we would predict, indicat-
ing potentially enhanced hydrogen isotope exchange rates
due to minerals by a factor of a few, but not 1 billion. How-
ever, other minerals (both primary igneous minerals and
secondary minerals produced during alteration) in these
systems could have different enhancement rates. Regard-
less, if this explanation is correct, given the catalytic rate
enhancement needed, then experiments conducted at tem-
peratures as low as 100–150 �C using minerals found at
Lost City and similar water-rock ratios may lead to measur-
able hydrogen isotope exchange rates comparable to those
measured here from 376 to 420 �C.

(ii) Time at peak temperature: The upward movement of
deep-seated fluids towards the seafloor in hydrothermal sys-
tems requires the fluids to be buoyant. Based on models of
fluid flow in mid-ocean ridges, it is thought that fluids
become sufficiently buoyant to be vented to the seafloor
when they reach temperatures of �400–425 �C (Jupp and
Schultz, 2000; Hasenclever et al., 2014). This concept is
sometimes termed ‘fluxibility’ (Lister, 1995). As such, it is
possible that after methane enters or alternatively forms in
the fluid of the active hydrothermal system, it may have time
to re-equilibrate isotopically before the fluid reaches a tem-
perature and pressure where it is sufficiently buoyant to exit
the hydrothermal system and vent to the seafloor. If this
occurs, then the isotopic composition of the methane would
reflect partially or wholly the temperatures at which the fluid
resides at depth and any earlier history of the methane
would be overprinted. The residence time of hydrothermal
fluids in on-axis systems is commonly estimated to be on
the order of years (Kadko and Moore, 1988) as compared
to the timescale of hours examined above for upflow and
venting of the fluid from depth to the seafloor. These rela-
tively short residence times have also been found in the Lost
City system (0.5–2 years; Moore et al., 2021).

To examine this scenario quantitatively, we assume
methane enters or is formed in the hydrothermal system
with in both clumped isotopic equilibrium and hydrogen
isotopic equilibrium with water with a dDH2O = 0‰ at
300 �C and is then immediately warmed to temperatures
between 350 and 500 �C for three years (with water dD kept
constant) before emission to the seafloor. The 300 �C used
is based on the typical 13CH3D-based temperatures of
hydrothermal methane from these sorts of systems given
in Wang et al. (2018; see discussion above). We use a max-
imum residence time of three years at each temperature as
this timescale is a general estimate for the residence time
of high-temperature fluids that reach sufficient tempera-
tures to react with igneous rocks in black-smoker systems
(Kadko and Moore, 1988)—this is likely a maximum
amount of time at the peak temperature as three years rep-
resents the entire residence time for hydrothermal circula-
tion in the system, not just the time at the peak
temperature. More specific pathways are not available—
they are calculated in models of hydrothermal flow (e.g.,
Hasenclever et al., 2014) but typical time-temperature path-
ways are generally not provided.

We provide in Fig. 7 plots of changes in methane dD
(Fig. 7A) and 13CH3D-based temperatures (Fig. 7B) for
these thermal histories. Environmental data is provided for
comparison on the right side of each figure. Changes in dD
and clumped-isotope temperatures are minimal at tempera-
tures below 375 �C (<1‰ and 11 �C respectively). At tem-
peratures above 375 �C, significant re-equilibration occurs.
However, as was the case for the cooling paths discussed
above, changes in dD, even when full equilibration is reached
(e.g., at 500 �C), are small (<12‰) due to the limited temper-
ature dependence of the equilibrium fractionation factor
over this range. In contrast, clumped-isotope temperatures
show measurable changes. For example, at temperatures
above 425 �C, samples show significant increases in clumped
isotope temperature (�65 �C increase at 425 �C after three
years). Measured methane clumped-isotope temperatures
from these systems are typically �300 �C (Wang et al.,
2018; Labidi et al., 2020) and thus indicate that for the
observed systems the vented methane spent insufficient time
at temperatures above 400 �C to allow for significant
exchange of hydrogen isotopes with water.

(iii) Formation and equilibration of methane outside of

the fluid flow: As discussed above, it has been argued that
much of the methane vented from marine hydrothermal
systems forms outside of the main flow pathways and is
subsequently entrained (Welhan and Craig, 1983; Pester
et al., 2012; McDermott et al., 2015; Wang et al., 2018;



Fig. 7. Calculation of changes in methane (A) dD and (B) 13CH3D-based temperature for a system instantaneously heated from an isotopic
composition in equilibrium with water (dDH2O = 0‰) and internal clumped isotopic equilibrium at 300 �C to temperatures from 350 to 500 �C
for up to three years. This is done to simulate changes in the isotopic composition of methane during circulation through black-smoker
systems. Environmental data (collected while venting to the seafloor) are the same as those in Fig. 6. Error bars are ±1 s.e. or smaller than the
size of the data point.
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Klein et al., 2019; Grozeva et al., 2020). This exogenous
methane is generally proposed to form in fluid inclusions
in igneous minerals that later rupture and release methane
into the actively circulating hydrothermal system. Methane
generation in the inclusions is modeled to occur dominantly
at temperatures <340 �C where serpentinization reactions
that consume water and produce H2 are favored. This H2

can then react with CO2 to form methane (Klein et al.,
2019). As such, the observation that clumped isotope tem-
peratures of hydrothermal methane are typically �300 �C
may be because this is the approximate temperature of peak
methane generation in the inclusions. Additionally, calcula-
tions based on chemical equilibrium from Klein et al. (2019)
predict that 90% of water in the fluid inclusion should be
consumed once the system cools below 300 �C (Klein
et al., 2019). If the kinetics of the reactions are sufficient
for this to occur, the drop in water concentration associated
with this loss of water could further slow any isotopic
exchange between methane and water below 300 �C and
thus act to lock in the commonly observed �300 �C
clumped-isotope based temperatures.

In these inclusions, methane could form in isotopic equi-
librium internally and in hydrogen isotopic equilibrium
with fluids trapped in the inclusion (e.g., via catalytic
exchange reactions during reduction of CO2 on mineral sur-
faces), in which case methane dD and the clumped-isotope
composition would reflect the dominant temperatures of
gas formation along with hydrogen isotopic equilibration
with a seawater derived fluid. However, we note that this
fluid’s isotopic composition could be altered during serpen-
tinization reactions. Alternatively, methane could form out
of isotopic equilibrium (i.e., express kinetic isotope effects)
and then re-equilibrate isotopically to reflect inclusion tem-
peratures prior to release of CH4 into the circulating fluid.
We can examine the reasonableness of this by calculating
the timescale for the methane to reach 99% hydrogen iso-
topic equilibration with a fluid assuming a fluid density
based on the calculations above. For example, the timescale
for 99% re-equilibration is �200 years at 350 �C and
�32,000 years at 250 �C. Given that high-temperature
hydrothermal flow is thought to extend out to crust up to
�1 million years old (e.g., Stein and Stein, 1994), we con-
sider it likely that methane in fluid inclusions that contain
significant water can reach hydrogen isotopic equilibrium
with the water and internal clumped isotopic equilibrium
at temperatures of �300 �C prior to the release of that
methane to actively circulating hydrothermal systems.

4.4. High-temperature hydrothermal summary

The above calculations support the previous arguments
of Wang et al. (2018) that for high-temperature hydrother-
mal systems, hydrogen and clumped isotopic compositions
of methane are likely established in fluid inclusions initially
disconnected from the main hydrothermal flow regime
(McDermott et al., 2015; Wang et al., 2018; Klein et al.,
2019; Grozeva et al., 2020). Furthermore, the calculated
timescales for methane storage in fluid inclusions are likely
sufficient for the methane to equilibrate isotopically during
storage (and thus reflect storage conditions) before being
released into the active flow and vented to the ocean.

5. SUMMARY

We presented the first experimental determinations for
the kinetics of hydrogen isotope exchange between methane
and supercritical water from 376 to 420 �C. We provided an
equation for the temperature dependence of the second-
order rate constant that describes this exchange. Our results
indicate uncatalyzed exchange with liquid water will not



Fig. A1. 400 �C Blank experiment (no methane added, using
�5000‰ water) showing the increase and then leveling off of CH4

concentration vs. time. Dotted line is a fit to the data of the form
y ¼ a� ½1� exp �x=bð Þ� where a and b are constants.
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occur at temperatures below 100–125 �C on geological
timescales, but can occur from 125 to 200 �C on order
one-million-year timescales, and occurs more rapidly
(<100,000 years) at even higher temperatures. Because
methanogenic and methanotrophic microorganisms have
been proposed to be capable of catalyzing hydrogen isotope
exchange reactions between methane and water at low
(<122 �C) temperatures, the observation of methane in
clumped equilibrium and in hydrogen isotopic equilibrium
with water at such low temperatures may be a potential
biosignature on Earth (in the present or the past) and on
other planetary bodies. We proposed that exchange
between thermogenic methane and water at temperatures
above 150 �C may allow methane to reach isotopic equilib-
rium with water and clumped isotopic equilibrium during
thermogenic gas formation, which is quenched once gases
are expelled and cooled to lower temperatures. Finally,
we explored what processes control the isotopic composi-
tion of methane from high-temperature hydrothermal sys-
tems and found that the derived kinetics are consistent
with prior proposals that methane isotopic compositions
likely reflect formational conditions outside of the main
fluid flow paths and are set during storage in fluid inclu-
sions over thousands to hundreds of thousands of years.
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APPENDIX A

A.1 Measurement and standardization of dDCH4 values

We measured dDCH4 values of experimental samples
over the course of �3.5 years and 13 separate analytical ses-
sions. Individual measurements have the session listed in
Table S1. In all sessions, we checked for dDCH4 linearity
vs. measured peak area. We found that in all cases the slope
of dDCH4 vs. peak area is not statistically different from
zero. Therefore, we did not make linearity corrections for
peak area size to data from any analytical session presented
in this work.

Over this time, changes were made to our standardiza-
tion protocol and, as a result, not all sessions were standard-
ized in the same way, which we now discuss. For the first 8
measurement sessions, May 2017 through July 2018, dDCH4
were standardized to an in-house methane standard. This
methane’s dD was determined externally by the UC Davis
Stable Isotope Lab following methods in Yarnes (2013)
and is anchored to internationally recognized standards.
For these sessions, we assumed a constant correction for
all samples based on the difference between the measured
vs. expected values of the externally calibrated standard.
Specifically, we calculated the ratio between the average
measured isotopic ratio of our in-house standard and the
known isotopic ratio as measured by UC Davis, and used
that as a constant multiplicative correction in isotope ratio
space before converting samples to dDCH4.

In the November 2018 session, four CH4 standards were
measured (the same described in Turner et al. (2021) and
externally measured at UC Davis) with a dD range of
�165.7 to +20.0‰. For this session, we corrected samples
by linearly regressing raw measured isotopic ratios vs. the
known isotopic ratio for each standard. This linear regres-
sion was then applied to all sample values in isotope ratio
space and then converted back to dDCH4.

In the February 2019 session, two CH4 standards were
measured with similar dDCH4 (�165.7‰ and �159.3‰)—
both were calibrated externally at UC Davis. Like the
May 2017 through July 2018 sessions, for this session we
first calculated the ratio between the average measured iso-
topic ratio of our two in-house standards and the known
isotopic ratio as measured by UC Davis and then averaged
the two corrections to find the final correction. The correc-
tion was applied as described above for the May 2017
through July 2018 sessions.

For the November 2019, July 2020, and October 2020
sessions, combined H2 and CH4 standardization was per-
formed following the procedure outlined in Turner et al.
(2021).

A.2 Derivation of equations for rates of hydrogen isotope

exchange between methane and water

Here we derive the equations that describe the rate of
exchange of hydrogen isotopes between methane and water
as a function of time. We start with 12CH3D and then move
to 13CH3D.



Fig. A2. Black line is the equilibrium 1000 � lnDaCH4(g)-H2O(l/sc) vs. 1000/T (K�1) curve used in this study (4th Order Fit, based on theoretical
calculations and experimental results determined by Turner et al. (2021) and experimental constraints from Horita and Wesolowski (1994).
Arrows drawn indicate which theoretical calculation is used in the 4th order polynomial fit. For temperatures higher than the critical point
(374 �C), the DBOC PIMC only calculations from Turner et al. (2021) for gas phase methane and water (shown in orange) are used (offset to
fit experimental data). For lower temperatures, the combination of the Turner et al. (2021) DBOC PIMC calculation for CH4(g)-H2(g) and
H2(g)-H2O(g) (both offset to fit experimental data) and Horita and Wesolowski (1994) (HW94) calibration (blue) is used such that the water is
in the liquid phase.

Fig. A3. ln(1 � F) vs. time (days) for methane data presented in Reeves et al. (2012) for the three separate experiments (exp. 1, 2, and 3). ln
(1 � F) is calculated using Eq. (3) for lnDaCH4(g)-H2O(l/sc) vs. temperature from this manuscript for consistency. Also plotted in red is a
calculation based on a 24 year 50% equilibration time (s1/2), as given in Wang et al. (2018) based on the same data from Reeves et al. (2012)
that was used in the regressions.
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We begin by examining the following isotope exchange
equation:

12CH4 þHDO
kf
�
kr

12CH3DþH2O ðA1Þ

This is Eq. (1) in the main text. We assume the overall
reaction kinetics are second order and write:
d 12CH3D½ �t
dt

¼ kf

2
12CH4

� �
t
HDO½ �t

� kr

4
12CH3D

� �
t
H2O½ �t ðA2Þ

In Eq. (A2), the concentration of the species (in mol/L) is
given in brackets at a given time point, t. The rate constants
kr and kf represent the rate constants for exchange rates of
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12CH4 with H2O to swap an H and are divided by the prob-
ability of the exchange actually occurring as written. For
example, assuming no kinetic isotope effects, only half of
the time that 12CH4 and HDO react will a D be transferred
such that 12CH3D is created. Similarly, only one quarter of
the time will 12CH3D react with H2O such that a D is trans-
ferred from 12CH3D to H2O and 12CH4 formed.

We next assume that for our experiments the concentra-
tions of 12CH4, H2O, and HDO can be treated as constants.
For our experimental conditions, the methane:water ratio is
at most�0.003 such that the assumption that the dD of H2O
does not change is valid. We divide both sides by [12CH4]
and manipulate the expression involving [HDO] as follows:

d
12CH3D
12CH4

� �
t

dt
¼ kf

2
H2O½ � HDO

H2O

� �

� kr

4

12CH3D
12CH4

� �
t

H2O½ � ðA3Þ

The subscript t has been dropped from concentrations
that are assumed constant. Next, we assume that the rela-
tive concentrations of the isotopologues can be approxi-
mated by a random distribution of isotopes amongst all
isotopologues. This allows us to write:

d D
H

� 	
CH4 ;t

dt
¼ kf

4
H2O½ � D

H

� �
H2O

� kr

4

D

H

� �
CH4 ;t

H2O½ � ðA4Þ

Next, we define the equilibrium hydrogen isotopic distri-
bution between methane and water as:

DaCH4�H2O ¼
D
H

� 	
CH4 ;eq

D
H

� 	
H2O;eq

ðA5Þ

As the D/H ratio for water is a constant, it is by defini-
tion the equilibrium value. Thus (A5) can be substituted
into (A4) as follows:

d D
H

� 	
CH4 ; t

dt
¼ kf

4
H2O½ �

D
H

� 	
CH4 ;eq

DaCH4�H2O

� kr

4

D

H

� �
CH4 ;t

H2O½ � ðA6Þ

At isotopic equilibrium, the rate of change of the D/H
ratio of methane is 0 and, as such, we can write:

kf ¼ k D
r aCH4�H2O ðA7Þ

We substitute (A7) into (A6) and write:

d D
H

� 	
CH4 ;t

dt
¼ kr

4
H2O½ � D

H

� �
CH4 ;eq

� kr

4

D

H

� �
CH4 ;t

H2O½ � ðA8Þ

If we integrate and designate the initial concentration of
methane with the subscript i we find:

D
H

� 	
CH4 ;t

� D
H

� 	
CH4 ;eq

D
H

� 	
CH4 ;i

� D
H

� 	
CH4 ;eq

¼ e� H2O½ �kr4 t ðA9Þ

This is equivalent to the following equation for the
12CH3D isotopologue:
12CH3D
12CH4

� �
t
� 12CH3D

12CH4

� �
eq

12CH3D
12CH4

� �
i
� 12CH3D

12CH4

� �
eq

¼ e� H2O½ �kr4 t ðA10Þ

We can then follow convention and incorporate the ¼
term into kr and manipulate the D/H ratios to be in d nota-
tion and arrive at Eq. (2) of the main text:

dDCH4 tð Þ � dDCH4; equilibrium

dDCH4; initial � dDCH4; equilibrium

¼ e� H2O½ �krt ðA11Þ

Next, we show that the rate of exchange for 12CH3D is
identical to that for 13CH3D if we assume that there is no
difference in isotope effect for hydrogen isotope exchange
with a 13C vs 12C bearing species. We write the following
isotope exchange reaction:

13CH4 þHDO
kf
�
kr

13CH3DþH2O ðA12Þ
We assume that these rate constants are the same as

those in (A1). The rate of change of 13CH3D vs. time can
be written as.

d 13CH3D½ �t
dt

¼ kf

2
13CH4

� �
t
HDO½ �t

� kr

4
13CH3D

� �
t
H2O½ �t ðA13Þ

We assume that the 13CH4 concentration is constant and
the hydrogen isotopic composition of the water is also con-
stant (as discussed above). We additionally assume that the
unsubstituted and singly substituted isotopologues of
methane and water at equilibrium can be approximated
as being at a random isotopic distribution (as above). This
allows us to rewrite Eq. (A13) as:

d
13CH3D
12CH4

� �
t

dt
¼ kf

4 DaCH4�H2O

H2O½ �
13CH4

12CH4

� �
eq

12CH3D
12CH4

� �
eq

� kr

4

13CH3D
12CH4

� �
t

H2O½ �

ðA14Þ
When isotopic equilibrium is reached, kf and kr are

related as follows:

kf ¼ kr DaCH4�H2O

13CH3D
12CH4

� �
eq

13CH3D
12CH4

� �
eq

12CH3D
12CH4

� �
eq

ðA15Þ

When (A15) is substituted into (A14), we find:

d
13CH3D
12CH4

� �
t

dt
¼ kr

4
H2O½ �

13CH3D
12CH4

� �
eq

� kr

4

13CH3D
12CH4

� �
t

H2O½ � ðA16Þ

Integration of this yields:

13CH3D
12CH4

� �
t
� 13CH3D

12CH4

� �
eq

13CH3D
12CH4

� �
i
� 13CH3D

12CH4

� �
eq

¼ e�½H2O�kr4 t ðA17Þ
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The right side of Eq. (A17) is identical to that for the
evolution of 12CH3D (Eq. (A10)) showing they equilibrate
(fractionally) at the same rates given the assumptions
above.

When modeling 13CH3D clumped isotopic composi-
tions, we calculate both the equilibrium isotopic composi-
tion and convert modeled 13CH3D concentrations to
apparent temperatures based the equations given in
Eldridge et al. (2019).

For the calculations conducted in the main text in which
a thermal history is calculated, we forward integrate Eqs.
(A8) and (A16) using the MATLAB ode15s solver.

A.3 Calculation of the equilibrium fractionation factor

between methane and liquid/supercritical water as a function

of temperature

Use of Eqs. (2) and (4) to derive rate constants requires
knowledge of the equilibrium DaCH4(g)-H2O(l/sc) at a given
temperature. Over the temperature range of this study,
there is one set of experimental constraints on
DaCH4(g)-H2O(l), which is given by Horibe and Craig
(1995). This was calculated using DaCH4(g)-H2(g) experimen-
tally determined by them (Horibe and Craig, 1995) com-
bined with DaH2O(g)-H2(g) as determined by Suess (1949)
and DaH2O(l)-H2O(g) from Horita and Wesolowski (1994).
In this study, however, we do not use this for two reasons.
First, the equation given in Horita and Wesolowski (1994)
can only interpolated from 0 to 374 �C and the form of the
equation is not suitable for extrapolation to the higher tem-
peratures of our experiments as well as modeled systems.
Additionally, we have shown that this calibration deviates
from work done in our laboratory by 22.9‰ at 200 �C indi-
cating potential interlaboratory offsets. This latter point is
discussed in Turner et al. (2021).

Instead, we use the Path-Integral Monte Carlo (PIMC)
theoretical calculations from Turner et al. (2021) that are
offset to fit our prior experimental constraints. Such an
approach is based on that given in Clayton and Kieffer
(1991) where theoretical calculations of equilibrium iso-
topic fractionation factors are offset to fit experimental data
in order to allow for extrapolations beyond experimentally
calibrated temperature using theoretically expected temper-
ature dependencies.

Here we first took the 4th order polynomial fit to theo-
retical (diagonal Born-Oppenheimer corrected [DBOC]
PIMC) calculations for 1000 � lnDaCH4(g)-H2(g) vs. 1/T as
given in Turner et al. (2021) (Table EA6) and applied a con-
stant offset of +1.9‰. This offset was determined by a least
squares fit of the theoretical calibration to the CH4-H2

experimental data given in Turner et al. (2021). These
experimental determinations span a temperature range of
3–200 �C. The least squares fitting follows that described
in Sections 3.4, 3.6, and Appendix 2 of Turner et al.
(2021). This equation was then combined with the DBOC
PIMC calculations of 1000 � lnDaH2O(g)-H2(g) given in
Turner et al. (2021; Table EA6). As described in that paper,
these were also linearly offset to fit experimental H2O-H2

data (by +0.49‰; see Section 3.4 of that work).
Together these provide a polynomial expression for the
temperature dependence of 1000 � lnDaCH4(g)-H2O(g).
We convert 1000 � lnDaCH4(g)-H2O(g) to
1000 �lnDaCH4(g)-H2O(l/sc) by adding the polynomial expres-
sion for 1000 � lnDaH2O(l)-H2O(g) given in Horita and
Wesolowski (1994) for temperatures below the critical point
of pure water (374 �C). At temperatures above the critical
point, we assume no isotopic difference between a supercrit-
ical fluid and an ideal gas and thus use our calibration for
1000 � lnDaCH4(g)-H2O(g) for supercritical phases—inaccu-
racies associated with this assumption are discussed in the
main text. These combined 1000 � lnDaCH4(g)-H2O(l/sc) esti-
mates were calculated from 0 to 500 �C at a temperature
step of 0.1 �C and the values were then regressed using
a 4th order polynomial regression vs. 1/T (K)
(Fig. A2). We note that an apparent kink occurs as
one transitions from the water to supercritical regime
(374 �C), which we associate with our assumption that
supercritical fluids can be approximated as ideal gases
for hydrogen isotope fractionations with methane gas.
Maximum difference between the polynomial fit and cal-
culated values is 2.48‰, which we consider to be negligi-
ble for the calculations presented here.

A.4 Treatment of data from experiments with leaks

Experiment 4 part 1 and part 2 and experiment 6 were
observed to have leaks between the inside of the gold cell
and the outside confining water (changes in dDH2O of
�192‰, �398‰, and �1290‰ respectively based on taking
the difference between the value at maximum and minimum
time from linear regression of dDH2O vs. time for each
experiment). Leaks were observed and quantified through
measurement of the dDH2O of the internal gold cell fluid
from samples taken over the course of the experiments
(these experiments did not include krypton as a secondary
check—krypton was added in later experiments, which
did not measurably leak). For the fits, we used the time-
weighted average of the measured dDH2O to calculate the
equilibrium dDCH4 value for use in Eq. (4).

We verified this approach was acceptable as follows: We
created a forward model to test the effect of calculating
ln(kr) in a system in which the dDH2O changes with time
(e.g., due to a leak). We prescribe the ‘true’ ln(kr) value,
the initial dDH2O, the rate of change of dDH2O over time,
and the initial dDCH4. We used these to forward model
via numerical integration the progression of dDCH4 with
time and take into account the change in dDH2O. We then
took the time-weighted average of all measured dDH2O val-
ues and treated this value as a constant dDH2O in our calcu-
lation of DaCH4(g)-H2O(l/sc) and calculated the rate constant
based on the change in dDCH4 using Eq. (4). We found
the difference between the true value for kr vs. that we cal-
culated to be sufficiently small as to not matter for the
determined values of kr as we now explain.

As an example, we used parameters and ln(kr) values
based on the measured values in Experiment 6, which has
the largest change in dDH2O due to a leak. In this calcula-
tion, we used parameters analogous to the portion of the
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experiment used to calculate our ln(kr) (i.e., from 10 days
until the end of the experiment at 125 days). The input
parameters for the calculation are as follows: ‘true’ ln(kr)
= �21.92, initial dDCH4 = �143‰, initial dDH2O = 4270‰
(based on a linear regression of the experimental dDH2O vs.
time from 10 to 125 days), total change in dDH2O over the
115 used days of the experiment of 1290‰ (final dDH2O of
2980‰). Calculations were forward integrated at 0.1 hr
timesteps and the time weighted average water dDH2O cal-
culated and then used in the calculation of ln(kr). We find
the calculated ln(kr) is 0.0018 log units more negative than
the true value, which is less than the ±2 s.e. uncertainty of
our determination of this value using the experimental data
(±0.016). We conducted this for every experiment with a
leak and verified that the inaccuracy of using the average
dDH2O is less than the ±2 s.e. uncertainty of the determined
value of kr from the experimental data.

A.5 Monte Carlo error propagation scheme

We quantified the uncertainty for our calculated rate
constants using a Monte Carlo error propagation scheme.
This was done to take into account uncertainty in measured
dD values of methane and water. For a given experiment,
we take the measured time, dDCH4, and dDH2O and create
one million different datasets. In each dataset, for a given
data point, we calculate the dD value for that Monte Carlo
simulation based on the measured dD combined with ±1r
measurement uncertainty sampled from a Gaussian distri-
bution. This simulated uncertainty is ±2‰ (1r) for
methane (based on the 1r for measured standards) and at
minimum ±15‰ (1r) for water. This minimum for water
dD is estimated using a separate Monte Carlo error propa-
gation to combine uncertainty resulting from the combina-
tion of measurement precision and the 10� dilution
required to make the measurements. The measured ±1r
for our dDH2O determinations (in those experiments which
did not leak) varies between 5.9‰ and 49.7‰. If the mea-
sured ±1r is less than 15‰, we substitute 15‰ in the
Monte Carlo calculations as the ±1r uncertainty. If the
measured uncertainty is larger than ±15‰ (1r), we use that
larger value in the Monte Carlo simulations. For experi-
ments that leaked, we use the maximum measured
dDH2O ± 1r (49.7‰) as the estimate. We then regress all
data sets using Eq. (4) and calculate the mean and ±1r
of the value for ln(kr). From this we calculate kr and the
associated uncertainty as given in Table 1. We compared
this estimate to the ±1 s.e. from the linear regression and
in all cases this Monte Carle estimate is larger. We therefore
use the larger Monte Carle estimate of the uncertainty.

APPENDIX B. SUPPLEMENTARY MATERIAL

Supplementary data to this article can be found online at
https://doi.org/10.1016/j.gca.2022.04.029.
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H-Isotopenverhältnisse in organischen Substanzen, Erdölen und
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