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ABSTRACT OF THE DISSERTATION

The Biogeochemistry of Methane Cycling and its Clumped Isotope Effects

Jiarui Liu
Doctor of Philosophy in Geochemistry
University of California, Los Angeles, 2024

Professor Tina Irene Treude, Chair

Methane is a major greenhouse gas and a key component of global biogeochemical cycles.
Its emissions are largely governed by microbial production and oxidation of methane. While the
mechanisms and isotope effects of these processes have been extensively studied, important
questions continue to arise. These include (1) the clumped isotope effects associated with microbial
methane metabolisms in anoxic environments, specifically anaerobic oxidation of methane (AOM)

and methanogenesis, and (2) the environmental controls on the electron acceptors involved in

AOM.



The first question is addressed through a combination of laboratory microbial incubations
and methane samples from natural environments. We found that with high metabolic reversibility
of methanogenesis and AOM, the distribution of carbon and hydrogen isotopes among methane
molecules is consistent with thermodynamic equilibrium. These near-equilibrium methane
isotopologue signatures result from isotope exchange operating under conditions of near-threshold
free energy, catalyzed by the methyl-coenzyme M reductase enzyme. When the thermodynamic
driving force is elevated, methanogenesis and AOM can generate more negative and positive
isotopologue signatures, respectively. We propose that clumped isotopes of methane provide a
proxy for characterizing the bioenergetics of environments for methane production and
consumption. Together, these observations demonstrate clumped isotopes of methane as a
powerful tool to better understand the relation between methane metabolisms and the energy
landscape in natural environments. We further applied this approach to track coupled hydrocarbon

biodegradation and secondary methanogenesis in terrestrial mud volcanoes.

The second question is addressed through comprehensive porewater and solid-phase
geochemical analyses, along with microbial radiotracer incubations, in hypersaline coastal wetland
sediment. We demonstrate that, despite the high concentrations of sulfate, AOM is not associated
with sulfate reduction but is instead coupled with the reduction of an unconventional electron
acceptor—iron oxides—in subsurface sediment. This finding highlights the role of wetland
sediments enriched in iron oxides as an effective sink for the greenhouse gas methane. Iron-
dependent AOM in sulfate-free sediments has been extensively studied. Extending these
observations into sulfate-rich sediments significantly advances the earlier observations and

hypotheses, while suggesting that iron-AOM is an under-considered sink for methane in wetlands.
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Chapter 1: Introduction

1. Sources and sinks of methane
1.1. Overview

Methane, the simplest hydrocarbon, holds significant economic, social, and environmental
importance. It is the primary constituent of natural gas, which serves as a critical energy source for
electricity generation, heating, and industrial processes worldwide. Its abundance and relatively
clean combustion compared to coal and oil have positioned natural gas as a key player in the global

transition toward lower-carbon energy solutions (Howarth, 2014; Faramawy et al., 2016).

As amajor player in the global carbon cycle, methane significantly influences the exchange
of carbon among the atmosphere, oceans, and land (Reeburgh, 2007a). It is a powerful greenhouse
gas and ranks as the second-largest contributor to global warming, following carbon dioxide
(Mitchell, 1989; Dlugokencky et al., 2011; Nisbet et al., 2019). Its thermal potency as a greenhouse
gas—approximately 30 times more effective than carbon dioxide over a 100-year period—makes
it a critical factor in accelerating global warming and amplifying climate change impacts (Forster
et al., 2021). Since the beginning of industrialization, methane concentration in the Earth’s
atmosphere has increased significantly, largely driven by human activities such as agriculture,

fossil fuel production and use, and waste disposal (Fig. 1; Wuebbles and Hayhoe, 2002).

Methane has also been detected on other solar system bodies including Mars and the moons
of the outer planets, where its presence holds significant implications for astrobiology (Fig. 2;

Formisano et al., 2004; Yung et al., 2018). The discovery of methane elsewhere in the solar system



fuels ongoing research into whether the gas originates from geological activity or could be a

potential indicator of past or present life (Lefevre and Forget, 2009; Webster et al., 2015).

GLOBAL METHANE BUDGET 20102019 ©00
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Fig. 1-1 Global Methane Budget for the 2010-2019 decade. Bottom-up estimates (left)
and top-down estimates (right) are presented for each emission and sink category in Tg CHa yr'!,

along with total emissions and total sinks. Figure taken from Saunois et al. (2024).



Possible Methane Sources and Sinks
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Fig. 1-2 Possible sources and sinks of methane on Mars. This illustration depicts potential
processes that methane might be added to Mars’ atmosphere (sources) and removed from the

atmosphere (sinks). Image credit: NASA/JPL-Caltech.

1.2. Global methane budget

Methane arises from both natural sources and human activities. In 2022, the average
surface dry air mole fraction of methane reached 1912 ppb in the atmosphere, which is 2.6 times
higher than its estimated pre-industrial level in 1750 (Saunois et al., 2024). This rise is largely

attributed to increased anthropogenic emissions. For the decade spanning 2010 to 2019, global



methane emissions were estimated at 575 Tg CHas per year using top-down methods, and 669 Tg
CHy4 per year using bottom-up approaches (Fig. 1; Saunois et al., 2024). Approximately 60% of
current methane emissions stem from human activities, with the remaining portion originating
from natural processes (Kirschke et al., 2013; Saunois et al., 2020). Natural and indirect
anthropogenic sources include wetlands, inland freshwater systems (lakes, ponds, reservoirs,
streams, rivers), land sources (geological, wild animals, termites, wildfires, permafrost soils,
vegetation), and coastal and oceanic sources (biogenic and geological) (Reeburgh, 2007a). Direct
anthropogenic sources include agriculture (enteric fermentation and manure, rice cultivation),
landfills and waste, fossil fuels (coal mining, oil and natural gas system), and biomass and biofuel
burning (Reeburgh, 2007a). The main methane sink for atmospheric methane is photocatalytic
oxidation by the hydroxyl radical (OH), mostly in the troposphere (Ehhalt, 1974). Other sinks are
by photochemistry in the stratosphere (reactions with chlorine atoms (Cl) and excited atomic
oxygen), by photochemistry in the marine boundary layer (reaction with CI), and microbial aerobic

oxidation in soils (Curry, 2007; Dutaur and Verchot, 2007; Thornton et al., 2010).

Notably, wetlands stand out as the predominant natural contributor to atmospheric methane
globally, making them a significant focal point in addressing climate change concerns (Bartlett and
Harriss, 1993; Bridgham et al., 2013). Wetlands are characterized by ecosystems featuring water-
saturated or inundated soils or peats, where anaerobic conditions beneath the water table foster the
production of methane and significantly influence soil biogeochemistry and ecosystem species
composition (Matthews and Fung, 1987). These vital ecosystems also provide essential services,
such as water filtration, flood protection, and habitat for diverse wildlife, making them crucial for

maintaining ecological balance and supporting human livelihoods (Mitsch and Gosselink, 2000).



Methane emissions are dictated by its production and oxidation. In the following sections,
I will discuss the microbial pathways involved in both the production and consumption of methane

by microorganisms, which apply to wetlands as well as a range of other environments on Earth.
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N
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bacteria
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Fig. 1-3 The overall process of organic matter degradation to methane. Complex

I<
I4

f
L

organic macromolecules are gradually broken down into simpler substrates, and ultimately
converted to methane, through the cooperative interactions of multiple species within a syntrophic

community. Figure taken from Konhauser (2009).
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1.3. Microbial methanogenesis

Methanogenesis is the biological process through which methane is produced, primarily by
microorganisms known as methanogenic archaea (Fig. 3). These archaea thrive in anaerobic
environments, such as sediments, landfills, and the guts of ruminant animals, where they convert
organic matter into methane (Thauer et al., 2008). This process is a crucial component of the global
carbon cycle, playing a significant role in both energy production and greenhouse gas emissions.
Microbial methanogenesis contributes more than half of annual emissions to the atmosphere

(Kirschke et al., 2013; Saunois et al., 2020).

Methanogenic archaea use a range of substrates to produce methane under anoxic
conditions (Reeburgh, 2007a). Three primary pathways for methanogenesis are known based on
the types of carbon sources catabolized: hydrogenotrophic methanogenesis, which uses carbon
dioxide and hydrogen; acetoclastic methanogenesis, which relies on acetate; and methylotrophic
methanogenesis, which utilizes methylated compounds, such as methanol and methylamines
(Thauer et al., 2008; Welte and Deppenmeier, 2014; Vanwonterghem et al., 2016). In sulfate-rich
environments, sulfate-reducing bacteria often outcompete methanogens for common substrates,
such as hydrogen and acetate, and thus suppress hydrogenotrophic and acetoclastic
methanogenesis, due to their greater affinity and higher energy yield (Lovley and Klug, 1983;
Jorgensen, 2021). As a result, microbial methane production is commonly found in the deeper
layers of marine sediments, where sulfate levels are low and sulfate reduction is absent, allowing

methane to accumulate below the penetration depth of sulfate.

While hydrogenotrophic and acetoclastic methanogenesis is largely suppressed in sulfate-
reducing zones, methanogenesis can persist through methylotrophic pathways, as methanogens

can use a range of methylated compounds that sulfate-reducing bacteria typically do not

6



metabolize (Oremland et al., 1982; Lovley and Klug, 1986; Maltby et al., 2016; Zhuang et al.,
2016; Xiao et al., 2018; Krause and Treude, 2021). Therefore, the distribution and activity of
methanogens in sediments are shaped not only by their competition with sulfate-reducing bacteria
for hydrogen and acetate but also by the availability of these non-competitive methylated

substrates.

Figure 4 illustrates the key metabolic pathways involved in methanogenesis. In the
hydrogenotrophic pathway, carbon dioxide is reduced to methane through seven consecutive
enzymatic reactions, involving four reduction steps facilitated by the electron carriers ferredoxin,
coenzyme Fa420, and coenzyme B (Thauer et al., 2008). In acetoclastic methanogenesis, acetate is
first converted to acetyl-CoA, after which its methyl group 1is transferred to
tetrahydromethanopterin and enters the hydrogenotrophic pathway, while the carbonyl group is
oxidized to carbon dioxide (Welte and Deppenmeier, 2014). In the methylotrophic pathway, the
methyl group is transferred directly from methanol to coenzyme B, forming methyl coenzyme M.
This intermediate is then either reduced to methane or oxidized to carbon dioxide, typically
occurring at a ratio of approximately 3:1 (Vanwonterghem et al., 2016). Methyl-coenzyme M
reductase (MCR) is the essential enzyme in microbial methane production, used by all
methanogenic archaea (Ermler et al., 1997). It catalyzes the exergonic reaction that converts
methylcoenzyme M and coenzyme B into methane, along with the formation of the heterodisulfide

of coenzyme M and coenzyme B.
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Fig. 1-4 Metabolic pathways of methanogenesis and anaerobic oxidation of methane.

Metabolites are shown in black, electron carriers in gray, and enzymes in bold, italicized colored
fonts. Reactions specific to the acetoclastic pathway are highlighted in green, while those unique
to the methylotrophic pathway are in red. Reactions in blue represent the hydrogenotrophic and
anaerobic oxidation pathways, which overlap with both the acetoclastic and methylotrophic
pathways. All reactions are assumed to be potentially fully reversible. Figure taken from Gropp et

al. (2021).



Aside from the three common groups of methanogenic substrates, recent studies have
demonstrated that methanogens can independently produce methane from complex methoxylated
aromatic compounds and oil hydrocarbons without relying on syntrophic partnership (Mayumi et
al., 2016; Zhou et al., 2022). Methoxydotrophic methanogenesis likely plays a key role in the
formation of coal-bed methane by breaking down aromatic compounds derived from lignin, while
alkylotrophic methanogens may have a crucial role in converting petroleum compounds into

methane.

A group of aerobic phytoplankton can also generate methane in oxygenated water bodies
(Karl et al., 2008; Repeta et al., 2016). Methane concentrations in near-surface waters across much
of the global ocean are often supersaturated relative to the atmosphere, suggesting in-situ
methanogenesis and a net release of methane into the atmosphere (Lamontagne et al., 1973).
Several hypotheses have been suggested to explain the methane supersaturation observed in
surface ocean. The aerobic degradation of methyl compounds, such as methylphosphonate (via C-
P lyase), dimethylsulfoniopropionate, or methylamines, along with non-enzymatic methane
formation driven by reactive oxygen species and free iron, have been proposed as key mechanisms
promoting methane production in oxic aquatic environments (Karl et al., 2008; Repeta et al., 2016;

Ernst et al., 2022).

1.4. Methanotrophy

Microbial oxidation of methane, a.k.a. “methanotrophy,” can be categorized into the
aerobic oxidation of methane (AeOM) and the anaerobic oxidation of methane (AOM). Aerobic

oxidation is carried out by a group of bacteria that use oxygen to convert methane into carbon



dioxide and water. These methane-oxidizing bacteria thrive in oxic sediments and water columns
of most marine and freshwater environments where oxygen is present (Oremland and Culbertson,
1992; Ding and Valentine, 2008; Rahalkar et al., 2009; Steinle et al., 2015; Mao et al., 2022).
Methane entering the water column or surface soil may undergo partial or complete aerobic
oxidation before eventually being released into the atmosphere (Le Mer and Roger, 2001;

Chowdhury and Dick, 2013).

Aerobic methanotrophs are classified into three main groups, Type I, Type II, and Type X,
based on their phylogeny, carbon assimilation pathways, and intracellular membrane structures
(Bowman, 2006). Types I and X methanotrophs belong to the class Gammaproteobacteria and use
the Ribulose Monophosphate (RuMP) pathway to incorporate formaldehyde into biomass, while
Type II methanotrophs, classified under Alphaproteobacteria, use the Serine pathway for this
purpose (Hanson and Hanson, 1996). Recently, the isolation of thermophilic, acidophilic
methanotrophs from the phylum Verrucomicrobia has expanded the taxonomic and physiological
diversity of aerobic methanotrophy (Murrell, 2010). The initial step of aerobic oxidation, where
methane is converted to methanol, is catalyzed by the enzyme methane monooxygenase, which
exists in either a soluble or particulate form (Stanley et al., 1983; Prior and Dalton, 1985; Ross and

Rosenzweig, 2017).

Methane can be oxidized by AOM in anoxic environments, depending on the availability
of electron acceptors (Knittel and Boetius, 2009; Chadwick et al., 2022). Geochemical and
microbiological evidence, together with mass balance calculations, suggest that AOM efficiently
consumes over 90% of the methane produced in marine sediments, thereby significantly reducing
the atmospheric methane efflux from the ocean (Reeburgh, 2007b). AOM operates through a

modified reverse-methanogenesis pathway, using the same enzymes involved in hydrogenotrophic

10



methanogenesis to catalyze methane oxidation (Thauer, 2011; Timmers et al., 2017). Common
electron acceptors for AOM include sulfate, metal oxides, nitrate, nitrite, and humic substances
(Beal et al., 2009; Knittel and Boetius, 2009; Ettwig et al., 2010; Haroon et al., 2013; Scheller et

al., 2016).

Sulfate-dependent AOM is ubiquitous in coastal and marine environments. In methane-
rich marine sediments, methane diffusing upward reacts with sulfate diffusing downward, fueling
sulfate reduction coupled to AOM at the sulfate-methane transition zone (Martens and Berner,
1977; Niewohner et al., 1998; Borowski et al., 1999; Treude et al., 2005). Sulfate-driven AOM is
typically performed by consortia of anaerobic methanotrophic (ANME) archaea and sulfate-
reducing bacteria (Hinrichs et al., 1999; Boetius et al., 2000; McGlynn et al., 2015; Wegener et al.,
2015). One of the most intriguing aspects of ANME metabolism is the mechanism of electron
transfer between ANME and their sulfate-reducing partners (e.g., Chadwick et al., 2022). This
interspecies electron transfer seems to necessitate the formation of unique multicellular aggregates
involving both microorganisms (e.g., Knittel and Boetius, 2009). Earlier investigations proposed
mechanisms for AOM syntrophy based on the diffusion of small molecules, such as hydrogen,
acetate, and zero-valent sulfur (Hoehler et al., 1994; Valentine and Reeburgh, 2000; Milucka et al.,
2012). Subsequent studies have demonstrated that direct interspecies electron transfer occurs
through electrical connections involving multiheme cytochrome c proteins and pili nanowire

structures (McGlynn et al., 2015; Wegener et al., 2015).

AOM can also be coupled to the reduction of various heavy metals, such as Fe(Ill), Mn(IV),
Cr(VI), As(V), and Se(VI) (Beal et al., 2009; He et al., 2018; Shi et al., 2020). Fe-mediated AOM
can be performed by methanotrophs, such as ANME-2d archaea (“Ca. Methanoperedens), which

oxidize methane nonsyntropically, exploiting soluble, nanophase, or solid-phase ferric Fe as
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electron acceptors (Ettwig et al., 2016; Scheller et al., 2016; Cai et al., 2018; Yan et al., 2018).
Similar to sulfate-driven AOM, electrons can be shuttled to Fe(Ill) via membrane-bound
cytochromes (Scheller et al., 2016). Incubation experiments demonstrated that Fe-AOM has the
potential to reduce a range of solid-phase ferric Fe, from highly reactive Fe oxides such as
ferrihydrite to poorly reactive Fe minerals such as hematite and magnetite (Beal et al., 2009; Bar-
Or et al., 2017). By employing tracer incubation of sediment slurries, modeling of porewater
profiles and the identification of authigenic minerals, the presence of Fe-AOM has been
documented in diverse aquatic settings, encompassing both marine and freshwater environments
(Beal et al., 2009; Sivan et al., 2011; Wankel et al., 2012; Nordi et al., 2013; Riedinger et al., 2014;

Treude et al., 2014; Egger et al., 2015; Liu et al., 2018; Aromokeye et al., 2020).

Nitrate- and nitrite-dependent AOM has mainly been observed in freshwater environments
(e.g., Raghoebarsing et al., 2006). Nitrate-dependent AOM is mediated by specific members of the
ANME clade (ANME-2d, “Ca. Methanoperedens’), operating in a syntrophic relationship with
nitrite consumers or performing denitrification independently (Haroon et al., 2013; Yao et al.,
2024). Nitrite-dependent AOM, on the other hand, is performed by oxygen-producing intra-aerobic
bacteria known as “Methylomirabilis oxyfera” from the NC10 group, which reduce nitrite and
concurrently produce oxygen as an intermediate, facilitating the oxidation of methane (Ettwig et
al., 2010). Humic substances, such as anthraquinone 2,6-disulfonate (AQDS), have been employed
as electron sinks for AOM in short-term experiments, whereas their environment significance is

yet to be thoroughly investigated (Scheller et al., 2016; Bai et al., 2019; Yu et al., 2022).
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2. Methane clumped isotopologues
2.1. Early research on the origins of methane

Naturally occurring methane originates from three primary sources: microbial,
thermogenic, and abiotic. Microbial methane is produced through microbial degradation of organic
matter, while thermogenic methane forms via the thermocatalytic decomposition of organic
material (e.g., Reeburgh, 2007a). Primary microbial gas is generated from dispersed organic matter
in relatively shallow sediments, whereas secondary microbial gas results from the biodegradation
of petroleum accumulations (e.g., Milkov, 2011). Abiotic methane is produced by magmatic and
gas-water-rock reactions, such as the Sabatier reaction and serpentinization (e.g., Etiope and

Sherwood Lollar, 2013).

The origins of methane are commonly inferred using diagrams plotting molecular ratios of
alkanes against the bulk carbon (!*C/2C) and hydrogen (D/H) isotopic compositions of methane.
The diagram of 8'3C-CH4 versus Ci/(C2 + C3) is one of the most commonly used tools for
interpreting the origin of hydrocarbon gases (Fig. 5). This diagram was first presented by Bernard
et al. (1976) and Bernard et al. (1977) (Fig. 5SA). The empirical genetic fields were further refined
by Whiticar (1999) and Milkov and Etiope (2018) as additional experimental and field data come

to light (Fig. 5B-C).
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respectively.

Strong isotopic discrimination during methane formation has driven the extensive
application of conventional stable carbon and hydrogen isotope ratios in distinguishing microbial

from thermogenic and abiotic methane (Fig. 6). Schoell (1980, 1983) suggested interpreting the
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origin of hydrocarbon-bearing gases using a genetic diagram based on §'3C and 8D of methane.
Whiticar et al. (1986) and Whiticar (1999) later revised this diagram by simplifying the field of
thermogenic gases and distinguishing between microbial methane produced through
hydrogenotrophic and acetoclastic methanogenesis. These isotopic tools also facilitate the
construction of global methane budgets and the assessment of methane’s climatic impacts (Nisbet
et al., 2016; Schwietzke et al., 2016). However, these molecular ratio and bulk isotope approaches
relies predominantly on empirical observations, and distinct origins of methane often result in
overlapping characteristic isotope signals (Fig. 6; Milkov and Etiope, 2018; Whiticar, 2020).
Furthermore, empirical fields in §'3C vs. 8D space are linked to the isotopic signature of the source
materials coupled with the formation processes, which are strongly affected by mixing and

secondary alteration processes (Etiope and Sherwood Lollar, 2013).

2.2. Fundamentals of methane isotopologues

Beyond conventional bulk isotope ratios, the exploration of doubly substituted “clumped”
isotopologues has emerged as a cutting-edge approach for understanding methane sources and
sinks (Stolper et al., 2014a; Wang et al., 2015; Young et al., 2017). This innovative method
capitalizes on recent advances in high-resolution gas-source isotope ratio mass spectrometry and
spectroscopic techniques, unlocking a wealth of previously inaccessible information contained in
the distribution of isotopes among methane molecules (Ono et al., 2014; Stolper et al., 2014b;
Young et al., 2016). An isotopologue is a molecular entity that differs only in isotopic composition
(i.e., number of isotopic substitutions). For example, '*CH4 and '>)CH3D are “singly substituted”

isotopologues and '*CH3D and '2CH,D> are “doubly substituted” isotopologues (Fig. 7). Doubly
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substituted isotopologues are less abundant compared to singly substituted isotopologues in natural

systems (Table 1).

Fig. 1-7 Ball-and-stick models of methane isotopologues. The mass-16, -17, and -18

isotopologues are shown from top to bottom.
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Table 1-1 Relative abundances and masses of the isotopologues of methane (Stolper et al.,

2014b).

Cardinal Isotopologue Proportional relative Exact

mass abundance of CH, mass
(amu)
16 2CH, 9.88°10°" 16.031
17 B3CH, 1.11°1072 17.035
2CH;D 6.16'10°* 17.038
18 3CH;D 6.92°10° 18.041
12CH,D, 1.4410°7 18.044
19 3CH,D, 1.62°107° 19.047
2CHD, 1.49" 107! 19.050
20 B3CHD;, 1.68° 1071 20.053
12CD, 5.82710°1¢ 20.056
21 BCD, 6.54°10° '8 21.060

" Assumes that isotopes are randomly distributed throughout all
isotopologues and that 8'°C =0%, and 8D =0%, (relative to
VPDB and VSMOW respectively).

A methane molecule that contains a “clump” of two heavy, stable isotopes is more
thermodynamically stable than those with only one heavy isotope (carbon-13 and/or deuterium).
The increased stability arises from the reduction in vibrational frequency, caused by the presence
of two heavy isotopes together. The vibrational frequency, v, is inversely proportional to the square
root of the reduced mass, p, which is greater for bonds involving heavy isotopes: v o< u /> (Wang
et al., 2004; Eiler, 2007; Young et al., 2025). The reduction in energy is most pronounced at lower
temperatures, making the clumping of heavy isotopes strongly dependent on temperature. For
example, *CH3D is slightly more stable at low temperature than 2CH3D. The slight increase in
stability leads to a higher abundance of the multiply substituted isotopologue as temperature
decreases (Fig. 8; Ma et al., 2008; Webb and Miller, 2014; Liu and Liu, 2016). The relative

abundances of doubly substituted methane isotopologues are expressed as A'>*CH3;D and A>CH;,D;
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values (Equations 1 and 2), representing deviations from a stochastic standard in which
distributions of isotopes across all isotopologues are effectively random (Fig. 8). The latter is the
expected state at sufficiently high temperatures (>1000 K). If isotopic equilibration is not reached,
kinetic isotope fractionation of clumped isotopologues may generate signatures diagnostic of

specific reaction mechanisms (Eiler, 2007; Young et al., 2025).
ABCH;D = [(**CH;3D /"2 CHa)sample/(*CH3D /"2CHa)stochastic — 1] % 1000 (1)

ACH:D; = [(**CH2D2/"*CH4)sample/(**CH2D2/"*CHa)stochastic — 1] X 1000 (2)

30
20
o
()
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O 10
o
<
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-10 - L
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0 2 4 6 8
A*CH,D
Fig. 1-8 Thermodynamic equilibrium curve in ABCH3D versus A!>CHzD2 space, with

both axes expressed in per mil. Figure taken from Young et al. (2017).
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The significance of clumped isotopologues lies in the fact that their distribution offers an
intra-molecular or intra-phase isotope signal, without needing to reference other species (Young et
al., 2025). In contrast, stable isotope ratios typically require comparison with ratios in a different
phase or molecule for interpretation. In other words, isotopic bond ordering, or “clumping”, is a
tracer for the processes involved in the formation of molecules, as well as subsequent consumption
or re-equilibration. This unique characteristic makes clumped isotopologues a powertful tool for

investigating methane formation and oxidation processes, both on Earth and beyond (Young, 2019).

2.3. Clumped isotope effects of methane sources and sinks

The abundances of clumped isotopologues in thermogenic methane make it possible to
record its formation temperatures of approximately 100-250 °C at which C-H bonds reached
equilibrium (Fig. 9; Stolper et al., 2014a; Young et al., 2017; Xie et al., 2021). The abundances of
clumped isotopologues of microbial methane, on the other hand, differ from thermodynamic
equilibrium in cultures and in non-marine natural environments, meaning that their distribution
does not reflect the temperature at which the methane was formed (Fig. 9; Stolper et al., 2015;
Wang et al., 2015; Douglas et al., 2016; Young et al., 2017; Gruen et al., 2018; Giunta et al., 2019).
Meanwhile, microbial methanogenesis in some environments, especially in marine sediments,
appears to generate methane that approaches thermodynamic equilibrium at low temperatures (Fig.
9; Stolper et al., 2015; Wang et al., 2015). The A*CH3;D and A'>CH:D; values of microbial
methane can be modeled as the result of the combination of equilibrium and kinetic isotope effects,
as well as the combinatorial effect, during the enzymatically facilitated formation of methane
(Yeung, 2016; Cao et al., 2019; Young, 2019; Taenzer et al., 2020; Gropp et al., 2022; Ono et al.,

2022).
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While the ability to define a methane isotopologue signature related to microbial
methanogenesis is promising, there are caveats. One is that abiotic methane and low-maturity
thermogenic methane has been found with deficits in A'> CH2D, compared with equilibrium values
in methane gas (Young et al., 2017; Dong et al., 2021; Warr et al., 2021; Xie et al., 2021). The
extremely negative A">’CH,D> values are a result of the combinatorial effect during the formation
of microbial, thermogenic, and abiotic methane. This effect is a mathematical consequence of
incorporating multiple isotopic pools of a given element during the construction of a molecule
(R6ckmann et al., 2016; Yeung, 2016). For methane, using hydrogen from multiple pools with
different D/H ratios to construct the molecule can result in negative A'>’CH,D; values (Young et

al., 2017). The effect has been experimentally confirmed for methane in the laboratory (Taenzer et

al., 2020; Dong et al., 2021).

After methane formation, both biotic and abiotic consumption processes have the potential
to modify the relative abundances of clumped isotopologues. This alteration could simulate the
presumed microbial methanogenesis signature, introducing a layer of complexity in discerning the
true origin of methane. For example, AOM exhibits both kinetic and equilibrium behaviors.
Remarkably high A*CH3D and A CH,D> values have been observed in both laboratory AOM
incubations and natural settings exhibiting vigorous AOM activity (Ono et al., 2021; Giunta et al.,
2022). When AOM is less active, thermodynamic isotopic bond-order equilibrium is achieved in

methane from deep subsurface sediments (Ash et al., 2019).

Another major microbial methane sink occurs through aerobic oxidation. Laboratory
experiments reveal that methane oxidation with oxygen is accompanied by significant shifts in
methane clumping. The clumped isotopologue fractionations result in either distinctly negative

ABCH;D and A'?’CHzD; values within a Rayleigh-type closed system or markedly positive
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A”CH,D; with unchanging A3 CH3D values in a steady state characterized by simultaneous
production and oxidation (Wang et al., 2016; Giunta et al., 2022; Krause et al., 2022). A reservoir
effect, controlled by the ratio of oxidation rate within cells to the transport rate of methane into the
cells, can lead to deviations from the traditional closed-system Rayleigh distillation fractionation
during aerobic oxidation (Li et al., 2024). Similarly, the clumped isotopologue effect of
photocatalytic oxidation in the atmosphere resembles that of microbial aerobic oxidation. Ab initio
modeling and laboratory experiments demonstrated that methane oxidation by OH or Cl radicals
leads to significant changes in methane clumping (Haghnegahdar et al., 2017; Whitehill et al.,
2017). The effects of radicals on atmospheric methane isotopologue ratios, as previously predicted,
have been confirmed through measurements of the relative abundances of *CH3D and *CH>D> in

the atmosphere (Haghnegahdar et al., 2023; Sivan et al., 2024).

Despite notable progress over the past decade, our understanding of methane clumped
isotopologue effects is still incomplete due to a limited number of studies. The scarcity of data
hinders our grasp of microbial metabolic mechanisms that lead to inconsistencies of methane
isotopologue distribution with respect to thermodynamic equilibrium. Figure 10 illustrates our
current understanding of methane clumped isotopologues, with various zonations and trajectories
that are primarily derived from a limited number of laboratory cultures or specific natural
environments. Therefore, it is essential to map the manifestations of all microbial processes across
diverse environments that could affect the abundances of these species in A'*CHsD vs. A'’CH,D,

space.
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Fig. 1-10 A schematic representation of methane clumped isotope signatures of diverse

methane sources and sinks. The solid black line depicts theoretical thermodynamic equilibrium
abundances of methane isotopologues, along with corresponding temperatures. The zonation of
methane sources is adopted from Young et al. (2017), Young (2019), Dong et al. (2021), Xie et al.
(2021), Gropp et al. (2022), Ono et al. (2022), etc. The zonation and trajectories of methane sinks
are based on an initial gas of thermogenic origin, depicted as a purple star. Two scenario trajectories
for the aerobic oxidation of methane are presented: the solid line represents the Rayleigh
distillation model, while the dashed line denotes the steady state model (Krause et al., 2022). The
trajectories for methane oxidation with -OH radical, which is the primary methane sink in the
atmosphere, exhibit similarities to those observed in aerobic oxidation of methane (Haghnegahdar

etal., 2023).
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3. Dissertation outlook

The dissertation begins with this introductory chapter, followed by four separate
manuscripts, and ends with a concluding chapter. Each manuscript presents original research,
either published or submitted to scientific journals. Chapter 2, published in Geochimica et
Cosmochimica Acta (Liu et al., 2023), presents methane clumped isotopologue data on AOM from
laboratory microbial incubations and natural environments. We hypothesize that the range of
clumped isotope effects caused by AOM is controlled by the reversibility of its intracellular
pathways. Chapter 3, published in Geology (Liu et al., 2024), presents methane clumped
isotopologue data from Azerbaijanian mud volcanoes. We hypothesize that methane clumped
isotopes can be used to identify secondary methanogenesis and determine the exact evolution
stages of natural gases. Chapter 4 presents methane clumped isotopologue data on methanogenesis
from laboratory incubations and natural environments. We hypothesize that the range of clumped
isotope effects associated with methanogenesis is governed by reaction reversibility and the
availability of chemically accessible energy. We further hypothesize that clumped isotope effects

of methane metabolisms are linked to the energy landscape of natural environments.

Chapter 5 presents geochemical data and radiotracer incubation results from a hypersaline
pool in a coastal wetland to investigate the electron acceptors involved in AOM. We hypothesize
that the occurrence of iron-driven AOM depends on both the availability and reactivity of iron
oxides, as well as the balance between iron(IIl) and sulfide. We further hypothesize that iron-driven
AOM may act as an effective methane sink in wetland sediments. The final chapter summarizes
the key findings and conclusions of the research and places them in a broader context. It highlights
the relevance of the results to the interdisciplinary fields of Earth science, chemistry, and

microbiology, emphasizing their potential to influence future research directions.
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Abstract

Microbial anaerobic oxidation of methane (AOM) substantially mitigates atmospheric methane
emissions on Earth and is a process to consider for astrobiological targets where methane has been
detected. The measurement of doubly substituted, or “clumped”, methane isotopes has proven
useful in tracing processes of methane formation and oxidation. Both near-equilibrium and
extreme disequilibrium methane clumped isotope signatures can be attributed to AOM, but, to date,
understanding the mechanistic and environmental controls on those signatures has been lacking.
We report measurements of methane clumped isotope compositions of residual methane in AOM-
active microbial incubations using sediment slurries from Svalbard and Santa Barbara Channel
methane seeps. Incubation experiments of Svalbard sediment slurries resulted in residual methane
with very high A'*CH;D and A">CH;,D; values up to 19.5%o and 65.1%o, respectively. We found
similarly high A'*CH3;D and A'>CH;,D; values in fluid samples from the Chamorro Seamount, a
serpentinite mud volcano in the Mariana forearc, suggesting that minimal reversibility of AOM
intracellular reactions leads to kinetic fractionation of clumped isotopologues. When conditions
were consistent with a low thermodynamic drive for AOM, however, methane isotopologues

approached intra-species quasi-equilibrium. This was clearly observed in isotope exchange
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experiments with methyl-coenzyme M reductase (Mcr) and in microbial incubations of the Santa
Barbara Channel sediment slurries. Using an isotopologue fractionation model, we highlight the
critical role of reversibility in controlling the trajectory of gases in A*CH3D vs. A"?’CH,D» space
during AOM. The near-equilibrium methane isotopologue signatures are generalized as a result of
the Mcr-catalyzed intracellular isotope exchange operating under near-threshold free energy
conditions, as shown in the deep-biosphere incubations. Our results show that the reversibility of
the Mcr-catalyzed reaction is central to understanding the meaning of methane isotopologue ratios

affected by microbial production and oxidation.

Keywords: methane isotopologues; methyl-coenzyme M reductase; kinetic fractionation;

equilibrium fractionation; isotopic bond re-ordering.
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1. Introduction

Methane, the simplest of all hydrocarbons, is a gas with economic, societal, and
environmental relevance. It is the main component of natural gas, a key component of the global
carbon cycle (Reeburgh, 2007), and a primary target for understanding the relative role of geologic
processes and potential extinct/extant life elsewhere in the universe (e.g., Yung et al., 2018). As a
potent greenhouse gas, methane contributes to climate change and its concentration in the
atmosphere has been increasing since the beginning of industrialization (IPCC, 2021). The main
“biological” processes forming methane are microbial degradation (microbialgenic) and pyrolysis
(thermogenic) of organic matter (e.g., Reeburgh, 2007; Repeta et al., 2016). Abiotic methane can
be formed through various types of water-rock interactions (Etiope and Sherwood Lollar, 2013 and
references therein) under a range of both low-temperature and high-temperature conditions.
Identifying the sources and processes of methane emission is vital for constraining fluxes from
major reservoirs contributing to climate change, and more broadly, for understanding the
biogeochemical dynamics of the planet’s critical zone. Traditionally, microbial and thermogenic
methane gases are interpreted by their carbon (§'3C) and hydrogen (8D) isotopic compositions
(e.g., Schoell, 1983; Whiticar, 1999). However, applying §'*C and 3D as a diagnostic framework
alone has significant limitations, most notably circumstances in which isotopic signatures of
methane sources are not sharply demarcated, exhibit some degree of overlap, and such empirical
frameworks are inevitably redefined as additional experimental and field data come to light
(Sherwood Lollar et al., 2006; Douglas et al., 2017). In addition, empirical fields in d13C vs. 8D
space are inherently linked to the isotopic signature of the source materials coupled with the
formation processes, which in turn are strongly affected by mixing and secondary alteration

processes (Etiope and Sherwood Lollar, 2013 and references therein).
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Recently, sophisticated instrumentation has become available to resolve the abundances of
doubly substituted, “clumped”, isotopologues of methane gas, including '*CH3D and '>CH,D»
(Ono et al., 2014; Stolper et al., 2014b; Young et al., 2016; Eldridge et al., 2019; Gonzalez et al.,
2019; Dong et al., 2021; Zhang et al., 2021). The relative abundances of these two mass-18
methane isotopologues are expressed as A'>*CH3;D and A'>’CH.D: values, representing deviations
from a stochastic standard in which distributions of isotopes across all isotopologues are
effectively random. The latter is the expected state at sufficiently high temperatures (>1000 K).
The relative abundances of doubly substituted methane isotopologues differ from the stochastic
distribution at lower temperatures due to the enhanced thermodynamic stability of bonds involving
the heavier isotopes (e.g., Ma et al., 2008; Webb and Miller, 2014; Liu and Liu, 2016). In principle,
isotopic bond ordering, or clumping, is a tracer of the processes attending the formation of the
molecules, coupled with any consumption and/or re-equilibration processes, and therefore gives
the potential for their application to discern processes of methane formation and oxidation both on
Earth and beyond (Young, 2019). The utility of A'*CH3;D and A'> CH,D; lies in the fact that the
values should be sensitive to process, and interpretations of their significance may not dependent
upon long-lost isotope exchange partners (e.g., water). In practice, kinetically controlled methane
clumped isotope compositions can be sensitive to hydrogen sources of methane that differ in 6D

(Taenzer et al., 2020).

In some cases, A'>CHs;D has been used to reconstruct the formation temperatures of
thermogenic methane (Stolper et al., 2014a; Stolper et al., 2015; Wang et al., 2015; Douglas et al.,
2016; Lalk et al., 2022) and the combination of A'*CH3;D and A'>CH;,D; has been used to verify
that the molecules record equilibrium at a given temperature (Young et al., 2017; Giunta et al.,

2019; Gonzalez et al., 2019; Thiagarajan et al., 2020; Xie et al., 2021). The abundances of mass-
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18 isotopologues of microbial methane, on the other hand, have been shown to be inconsistent
with thermodynamic equilibrium, meaning that their distribution does not reflect the temperature
at which the methane was formed (Stolper et al., 2015; Wang et al., 2015; Young et al., 2017; Ash
et al., 2019; Giunta et al., 2019; Warr et al., 2021). The A3*CH3;D and A'>CH,D» of microbial
methane can be modeled as the result of the combination of equilibrium and kinetic steps during
the enzymatically facilitated formation of methane (Cao et al., 2019; Young, 2019; Gropp et al.,
2021; Gropp et al., 2022; Ono et al., 2022). In particular, the extremely negative A">’CH,D; values
are most likely due to the combinatorial effect of accessing multiple sources of hydrogen with
significantly different hydrogen isotopic signatures during the formation of methane (Réckmann

et al., 2016; Yeung, 2016; Young, 2019; Taenzer et al., 2020).

While the ability to define a methane isotopologue signature related to microbial
methanogenesis is promising, there are caveats. One is that abiotic methane and low-maturity
thermogenic methane has been found with deficits in A'>)CH,D compared with equilibrium values
in methane gas, which is further confirmed by pyrolysis experiments on n-octadecane (Douglas et
al., 2017; Young et al., 2017; Dong et al., 2021; Warr et al., 2021; Xie et al., 2021). On the other
hand, abiotic or biotic consumption processes could potentially alter the relative abundances of the
mass-18 isotopologues in ways that might mimic the putative microbial methanogenesis signature.
Laboratory experiments and ab initio modeling indicate that methane oxidation in the atmosphere
by OH or Cl radicals is accompanied by large shifts in methane clumping down to very negative
ACH3D and A'>CH;D; values due to Rayleigh distillation (Haghnegahdar et al., 2017; Whitehill
et al., 2017; Young, 2019). Similarly, both A*CH3D and A'>CH:D; values of residual methane in
microbial culture were observed to decrease during the aerobic oxidation of methane (Wang et al.,

2016; Krause et al., 2022).
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Photocatalytic oxidation and aerobic microbial oxidation of methane occur in the
atmosphere and oxygenated environments. Therefore, these processes are in principle separated
spatially from microbial methanogenesis, which operates almost exclusively under anoxic, and
thus reducing, conditions. Anaerobic oxidation of methane (AOM), however, is closely related to
methanogenesis both spatially and metabolically. For example, concurrent methanogenesis and
AOM have been found in near-surface sediments and at the sulfate—methane transition (Xiao et al.,
2017; Beulig et al., 2019; Krause and Treude, 2021). Anaerobic methanotrophic (ANME) archaea
are close relatives of methanogenic archaea and have the full enzymatic machinery of
methanogenesis working in reverse (Timmers et al., 2017). Methanogens belonging to
Methanosarcina can reverse key reactions of methanogenesis coupled to ferric iron reduction (Yan
et al., 2018; Yu et al., 2022). The prospect of a methanotroph (ANME-1) from natural sediments
conducting methanogenesis further underscores the potential versatility of methanoarchaeal
enzymes (Beulig et al., 2019; Kevorkian et al., 2021). Factors forcing these enzymes to operate in
either direction need further investigation. However, even when operating in full AOM mode with
the highest net turnover of methane, ANME archaea demonstrate some fraction (~4—15%) of net
reversibility, defined as the ratio of the backward to forward fluxes (Treude et al., 2007; Holler et
al., 2011; Wegener et al., 2021). Back flux of material during the enzymatic reactions of AOM has
implications for isotope fractionation, leading to carbon isotope ('*C/'2C) equilibration between
methane and intracellular metabolites, in particular when AOM 1is operating close to
thermodynamic limitations where the methyl-coenzyme M reductase (Mcr)-catalyzed reaction is
near equilibrium (Hoehler et al., 2000; Holler et al., 2011; Yoshinaga et al., 2014; Chuang et al.,

2019; Wegener et al., 2021).
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The precise mechanisms that are responsible for A'?CH;D vs. A"?’CH,D; effects of AOM
are largely unknown, and further laboratory incubation experiments under different environmental
conditions are required. The overarching goal is to develop these intra-methane isotopologue
signals as tracers for the origin and processing of methane in general, and AOM in particular. One
of the biggest challenges for understanding the isotopologue composition of natural samples is
limited knowledge of how isotopic bond re-ordering caused by AOM can overwrite formation-
process signatures. Given the high level of reversibility of Mcr-catalyzed reactions during AOM,
Ash et al. (2019), Giunta et al. (2019), and Warr et al. (2021) suggested that AOM could be
responsible for thermodynamic isotopic bond-order equilibrium in methane found in sulfate-
depleted Baltic Sea sediments, sedimentary basins, and the deep subsurface, respectively. Recently,
Ono et al. (2021) found that the methane clumped isotopologue '*CHs;D exhibits kinetic
fractionation in an ANME-1 sediment-free enrichment culture with a high sulfate concentration
(28 mM), where A'3CH3D values increased by up to 5.8%o. Importantly, Wegener et al. (2021)
demonstrated a sulfate dependence of the net bulk isotope fractionation by virtue of the
thermodynamic drive of the intracellular reactions of AOM. Based on the earlier studies, therefore,
it appears that the reversibility of intracellular reactions of AOM is responsible for the observed
discrepancy between the kinetic isotopologue fractionation in a sulfate-replete culture (Ono et al.,
2021) and the intra-species isotope equilibrium in sulfate-depleted settings (Ash et al., 2019;

Giunta et al., 2019; Warr et al., 2021).

To document the range of effects that AOM may have on modifying methane isotopologue
signatures, we collected a suite of marine sediments and fracture fluids from diverse marine and
terrestrial settings that showed different degrees of ANME abundance and AOM activity (Fig. 1).

We performed microbial incubations using these samples to evaluate the relationship between the
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reversibility of intracellular reactions of AOM and the methane isotopologue fractionation/re-
ordering, and to elucidate the unknown fractionation factors for '>’CH,D/">CHa. We also collected
natural fluids from the South Chamorro Seamount where AOM is known to substantially consume
abiotic source methane (Wheat et al., 2020), in order to examine whether the isotopologue
fractionation differs between laboratory incubations and endogenous AOM in natural
environments. In combination, our work aims to address how environmental conditions can
potentially affect isotopologue fractionation, as well as rates and magnitudes of isotopic bond re-
ordering during AOM. This information will improve our ability to distinguish primary signatures
of methane formation from biologically-driven overprinting to maximize the utility of

3CH3D/">CH4 and ">CH,D,/'2CHa as tracers of methane formation and subsequent processing.

®
@ ®
®
@
Microbial incubation
1. Svalbard
2. Santa Barbara CH, in natural fluids
3. Nankai Trough 5. Chamorro
4. Beatrix Gold Mine Seamount
Fig. 2-1 Global map showing sampling sites for this study. Marine sediments or fracture

fluids were collected for slurry or fluid incubations at (1) Svalbard methane seeps, (2) Santa
Barbara Channel methane seeps, (3) Nankai Trough (International Ocean Discovery Program Hole

C0023A), and (4) Beatrix Gold Mine, South Africa. Methane in natural fluids was collected from
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a sub-seafloor borehole observatory (Ocean Drilling Program Hole 1200C) on (5) South Chamorro

Seamount, a serpentinite mud volcano in the Mariana forearc.
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Fig. 2-2 Geochemistry of the Svalbard methane seep sediment and slurry. (A) Ex-situ

AOM rates determined by '“CHy radiotracer at Site MUC12 offshore Svalbard (Melaniuk et al.,
2022). R1-3 represents replicate one through three. (B) Evolution of dissolved sulfide
concentration and percentage of methane oxidized in the Svalbard methane seep sediment slurry

with a starting sulfate concentration of 20 mM. Linear regressions are shown in panel B.

2. MATERIALS AND METHODS
2.1. Incubation of methane seep sediment slurry from Svalbard

Marine sediments were collected in summer 2011 with a video-guided multicorer from

active methane seeps covered by a dense sulfur-bacteria mat offshore northwestern Svalbard
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during the R/V Poseidon cruise 419 (Site MUC 12; 79°00.417' N, 06°54.131' E, 1235 m water
depth). Details of the sampling site, including ex-situ activity of AOM (Fig. 2A) and sulfate
reduction and geochemical parameters in replicate sediment cores, can be found in Melaniuk et al.
(2022). Sediment used for the present study was collected from the top 10 cm of a replicate
multicorer core (10 cm inner diameter) and filled headspace-free into 100- and 250-ml borosilicate
bottles with butyl stoppers. The sediment was stored anoxically at 4 °C in the dark for 9 years
without methane or sulfate addition. The AOM community in the sediment was reactivated in the
laboratory at UCLA in April 2020 by mixing with anoxic artificial seawater medium at a ratio of
1:1 (v:v) (Widdel and Bak, 1992; Laso-Pérez et al., 2018) and a methane gas headspace as the sole
amended carbon source in a 2-L glass bottle. The cultivation procedures of Laso-Pérez et al. (2018)

were followed.

We performed a set of sulfide analyses to confirm the activity of AOM before starting the
actual experiments. Sulfide concentration was measured after Cord-Ruwisch (1985) using a
Shimadzu UV-Spectrophotometer (UV-1800). The relative standard deviation (RSD) of sulfide
analysis was better than 5%. Sulfide concentration in the supernatant started to increase two
months after the addition of substrates (sulfate and methane). Further, sulfide concentration
increased ca. 0.07 mM per day between the 134 and 205" days since reactivation. The supernatant
of the sediment slurry was replaced with fresh anoxic medium with seawater sulfate concentration
(28 mM) when sulfide concentration approached 11 mM. After that, sulfide concentration
continued to increase ca. 0.07 mM per day between the 206™ and 283" days since reactivation.
Sulfide production from sulfate reduction with non-methane substrates was excluded by the
control experiment (see below). The linear increase in sulfide concentration over time indicates

that the ANME community was successfully reactivated in the sediment slurry. Thus, the
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homogenized slurry was equally distributed to two 600-ml culture bottles in replicate and filled up
completely with an anoxic artificial seawater medium (Laso-Pérez et al., 2018). Sixty ml of the
medium volume was replaced with ca. 200 kPa of methane (Airgas), and both incubations were
performed under excess sulfate (ca. 10 mmol) over methane (5.4 mmol) (cf. Ono et al., 2021). The
sediment slurry was then stored horizontally at 4 °C in the dark. Methane isotopologue
compositions were analyzed on days 1, 36, 44, 58, and 71 of the incubation. After the first
experiment, we reset the slurry for longer incubation through medium replacement and bubbling
with N2/CO; gas. Methane isotopologue compositions were analyzed on days 1, 60, 90, and 168

of the incubation.

To further confirm and quantify the activity of AOM and sulfate reduction, we measured
turnover rates with '4C- and **S-radiotracer techniques, respectively, in the high-sulfate experiment.
AOM rate was determined by injecting 20 pL of '*C-methane tracer (dissolved in MilliQ water,
activity 0.7 kBq, specific activity 185 MBq mmol ) into two 13 ml headspace-free sub-samples
of the sediment slurry. Sulfate reduction rate was determined by injecting 10 pL of carrier-free S-
sulfate tracer (dissolved in MilliQ water, activity 234 kBq, specific activity 37 TBq mmol ') into
a 10 ml sub-sample of the sediment slurry. The vials were incubated for two days at 4 °C in the
dark. After incubation, sulfate reduction activity was terminated by transferring the sample from
the glass vial to a centrifuge tube filled with 20 ml 20% zinc acetate followed by freezing at —30°C.
Sulfate reduction rate was analyzed and calculated according to the cold chromium distillation
method (Kallmeyer et al., 2004). To terminate AOM activity, samples were transferred to 50 ml
glass vials filled with 20 ml 5% sodium hydroxide. The vials were sealed with rubber stoppers
immediately and shaken thoroughly. AOM rate was determined according to Treude et al. (2005)

and Joye et al. (2004).
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After the high-sulfate experiment described above, the supernatant in the slurry was
replaced with low-sulfate artificial seawater medium (1 mM) four times. The sulfate concentration
in the slurry decreased over time due to medium replacement and microbial consumption. The
produced sulfide was maintained at low concentrations (<1 mM) through medium replacement
and bubbling with N2/CO» gas. The culture bottle was then filled up completely with the low-
sulfate medium, reaching a sulfate concentration of 0.4 mM in the slurry. Sixty ml of the medium
volume was replaced with ca. 200 kPa of methane (Airgas), allowing the incubation to be
performed under excess methane (5.4 mmol) over sulfate (<0.2 mmol). The low-sulfate experiment
was performed identically to the high-sulfate experiment with sulfate concentration as the only
variable at the beginning of each incubation. Towards the end of the low-sulfate experiment, sulfate
was depleted (0.01 mM) in the slurry. Thus, an additional concentrated anoxic sulfate solution (2.5
ml) was added to the culture bottle by a syringe without opening the bottle, reaching a final sulfate
concentration of 0.4 mM again in the slurry. Sulfate concentration was analyzed by ion
chromatography (Metrohm 761). Alkalinity was determined by acid titration with a Metrohm 876
Dosimat Plus (Dale et al., 2015). The concentrations were calibrated against the IAPSO standard
seawater (n=10) with RSD of sulfate and alkalinity analyses better than 2%. In addition, pH was

determined by a pH meter (VWR sympHony B10P).

Methane concentration and isotopologue abundance were determined during the
incubations on a vacuum line interfaced with a gas chromatograph, and the Panorama mass
spectrometer, respectively, as described below in section 2.6. Given the known volume and
porosity of the slurry, the amounts of methane that dissolved in the liquid phase were calculated
using Henry’s law and the Bunsen solubility coefficient (Yamamoto et al., 1976). For porosity

analysis, the homogenized slurry was sampled using a syringe. Porosity was measured from the
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volume of slurry and water weight loss after drying at 60 °C until a constant weight was reached.
The total amounts of methane in the culture bottle were therefore the sum of methane in the

headspace and the liquid phase.

The liquid phase was also sampled to determine the §'°C of dissolved inorganic carbon
(DIC) and the 8D of water in the slurry (Atekwana and Krishnamurthy, 1998; Kopec et al., 2019).
In brief, analysis of §'*Cpic was performed in 12 ml Labco Exetainer vials on a Thermo Scientific
GasBench II coupled to a Thermo Finnigan Delta Plus XL isotope-ratio mass spectrometer (IRMS)
at the UC Davis Stable Isotope Facility. Isotopic values are reported in 6-notation relative to the
Vienna Pee Dee Belemnite (VPDB) standard. Analytical precision for §'°C is better than 0.1%o (1)
based on replicate analyses of laboratory standards. Analysis of hydrogen isotopic composition of
water was conducted at the Stable Isotope Laboratory at Dartmouth College. The D values of
water were measured using an H-Device, in which water was reduced by hot chromium (850 °C),
and the resulting hydrogen gas was measured by a Thermo Delta Plus XL IRMS. Isotopic ratios
are reported in d-notation relative to the Standard Mean Ocean Water (VSMOW) standard.
Analytical precision for 6D is better than 0.5%0 (15) based on replicate analyses of laboratory
standards.

A control incubation was set up to assess potential microbial methanogenesis and
organoclastic sulfate reduction in the same sediment slurry. The control experiment was prepared
by replacing the supernatant with a new methane-free anoxic artificial seawater medium and a 60-
ml headspace was left to monitor methane concentration. The slurry was then bubbled thoroughly
with No/CO» (80:20) three times (3 hours in total) to get rid of the residual dissolved methane and
sulfide from the previous experiments. The slurry was stirred during and between flushing to drive

the dissolved methane into the headspace. The control experiment slurry was stored in the dark at
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4 °C for three months. The slurry supernatant was collected for sulfide and sulfate concentrations
at the start and end of the control incubation. Methane concentration in the gas phase was measured

by gas chromatography throughout the three months.

2.2. Incubation of methane seep sediment slurries from the Santa Barbara Channel

Marine sediments were collected with four push cores from the Coal Oil Point seep field
(Rostocker Seep and Isla Vista Super Seep) in the Santa Barbara Channel in 2017 (Jordan et al.,
2020). The top 12.5 cm sediment of the cores was transferred to 300 ml culture bottles at UCLA
following the same procedure as detailed in the Svalbard slurry section above. Low sulfate (< 1
mM) and high sulfate (> 28 mM) concentrations were achieved in the sediment slurry by either
dilution steps with anoxic artificial seawater (without sulfate) or additions of concentrated sodium
sulfate solution (100 mM). The sediment slurry was incubated in the dark with a 4.4 ml headspace
of methane at ca. 100 kPa and 20 °C on a shaker. The methane gas bubble from the sediment slurry
was extracted at the end of each experiment and geochemistry analyses were performed as
described in the Svalbard slurry section. A similar control experiment followed the Svalbard slurry

section with a 4.4 ml Argon headspace.

2.3. Incubations of sediment slurry and fracture fluid from the deep biosphere (Nankai

Trough and Beatrix Gold Mine)

Hole C0023A (32°22.0018" N, 134°57.9844" E), located in the Nankai Trough on the
subduction boundary between the Philippine Sea and Eurasian plates, was drilled during
International Ocean Discovery Program (IODP) Expedition 370 in 2016 (Heuer et al., 2017).
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Marine sediments from 257 m below seafloor (mbsf) were sampled anoxically with rigorous
contamination control (see Heuer et al., 2017) and utilized for sediment incubation. In brief, whole-
round cores (WRCs) were prepared from recovered sections under super-clean and anoxic
conditions onboard the Chikyu Drilling Vessel. X-ray computed tomography was performed on all
WRCs for lithological identification and to assess core quality on board. Samples without drilling
disturbances were designated for incubation and were subjected to secondary scraping to minimize

the potential for contamination.

At South Africa’s Beatrix Gold Mine (28 °14.1' S, 26°47.7" E), fracture fluid was collected
in 2016 from the BE326-BH2 borehole, from 1390 m below land surface (mbls) in shaft 3, level
26. A detailed description of the study site and sample collection has been published in Lau et al.
(2016). Briefly, fracture fluid was filtered using a 0.2 pm hollow fiber MediaKap®-10 filter. The
microorganisms on the filter were anoxically back-flushed into sterile, capped, N>-sparged 160-ml
borosilicate serum vials to a final cell concentration of ~ 107 cells ml!. Samples were stored at

4 °C upon return to the surface and used for incubation.

Incubations were set up inside a clean anoxic glove bag at Princeton University. Sterile
aluminum foil was placed on the working surface of the glove bag and sterile nitrile gloves were
used over the glove bag’s butyl rubber gloves to minimize potential contamination of low-biomass
samples. The surface of C0023A samples was scraped using a sterile scalpel to remove sediment
exposed to gas-tight packaging. A total of 10 g (wet weight) of interior sediment was weighed out
from sample source core C0023A-5F02 (top depth 257.3 mbsf) and transferred into combusted
160-ml borosilicate serum vials containing 100 ml artificial sulfate-free seawater medium
modified from the recipe by Widdel and Bak (1992). For the BE326-BH2 incubation, 10 ml of

fracture fluid was added to 90 ml of artificial sulfate-free seawater medium. Serum vials were
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sealed with 0.1 N NaOH-boiled butyl rubber stoppers and aluminum crimps, and the headspace
was subsequently replaced with 100% methane. Each incubation was supplemented with 10 mM
of one of the following electron acceptors: NO3~, NO2~, SO4>", or Fe*" (in the form of hydrous
ferric oxide). A control without added electron acceptors was included to assess endogenous
microbial activity from remnant electron acceptors available in the inoculum, and an autoclaved
sample was included as a killed control. Serum vials containing sediment slurry or fracture fluid
were incubated upside-down at an approximate in-situ temperature of 40 °C. At UCLA, the
collected residual methane was purified for isotopologue analysis following the method described

1n section 2.6.

Electron acceptor depletion was monitored using Dionex IC25 ion chromatography
coupled to an MSQ-quadruple mass spectrometer (Thermo Scientific). The sediment slurry or
fracture fluid was also subsampled to monitor the §'3C of DIC. Briefly, 500 ul aliquots were
anoxically transferred to combusted, amber borosilicate serum vials treated with saturated HgCl
and aluminum-crimped sealed with butyl rubber stoppers. Following sample transfer, vials were
over-pressurized with ultra-high purity N> gas, supplemented with 0.5 N H3POs, and heated
overnight in a water bath at 70 °C to extract all DIC out of the solution. Isotopic composition of
the headspace was analyzed using a Picarro cavity ring-down spectrometer equipped with a

G2101-I Isotopic COz analyzer in CO2 focus mode.

2.4. Methyl-coenzyme M reductase (Mcr) experiments

The experiment was performed as described previously with the Mcr enzyme purified from

Methanothermobacter marburgensis (Mahlert et al., 2002; Scheller et al., 2010) at Pennsylvania
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State University. Mcr that was used for this assay had absorbance maxima at 387 nm,
corresponding to the enzyme’s active (Ni") form. Coenzyme B (HS-CoB) was prepared from the
symmetric disulfide CoB-S-S-CoB by reaction with NaBH4. Methyl-coenzyme M (CH3-S-CoM)
was synthesized from coenzyme M (sodium salt) by methylation with methyl iodide. The complete
reaction mixture (4 ml) contained 5 mM CH3-S-CoM, 2.5 mM HS-CoB and 32.3 mg of Mcr in 50
mM phosphate buffer (pH 7.6). This allowed isotope exchange of the methyl moiety in methyl-
coenzyme M and methane to occur. The reaction mixtures were incubated at 20 °C for 48 hours or
60 °C for 2—6 hours in a stoppered 10-ml serum vial with a methane headspace of ca. 100 kPa. The
difference in incubation times is due to more rapid reaction at 60 °C. Control reactions contained
the complete reaction mixture minus enzyme. At UCLA, the collected gas was purified for

isotopologue analysis following the method detailed in section 2.6.

2.5. Methane-bearing natural fluids at the South Chamorro Seamount

South Chamorro Seamount is an active serpentinite mud volcano at ca. 3150 m water depth
in the Mariana forearc. In 2001, Hole 1200C was drilled to 266 mbsf and cased during Ocean
Drilling Program (ODP) Leg 195 in the summit knoll of South Chamorro Seamount (Fryer and
Salisbury, 2006). An oceanic borehole observatory, commonly called a CORK (Circulation
Obviation Retrofit Kit), was deployed for subsequent fluid sampling (Wheat et al., 2008). The
discharged fluids were largely altered relative to seawater composition, displaying a high pH up
to 12.3 with abundant dissolved methane up to 33 mM (Wheat et al., 2008; Wheat et al., 2020). In
January 2009, pristine crustal fluids were collected directly as they discharged at Hole 1200C with
a remotely operated vehicle (ROV) HyperDolphin (HPD Dives 941-947) during Cruise NT09-01

(Wheat et al., 2020). Isobaric gas-tight samplers (Seewald et al., 2002) were used for fluid
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sampling. Immediately upon recovery of the ROV, fluid samples were subsampled for liquid and
gas analyses. Gas extraction from fluid samples was conducted using previously reported
techniques (Seewald et al., 2002). At UCLA, the collected gas was purified for isotopologue

analysis following the method detailed in the next section.

2.6. Doubly substituted isotopologue measurements and isotope notation

Methane isotopologue abundances of methane gas samples were measured using the
Panorama (Nu Instruments) high-mass-resolution gas-source isotope ratio mass spectrometer
housed at UCLA. Details surrounding the purification and measurement of methane gas were
previously published (Young et al., 2016; Young et al., 2017) and are briefly summarized here.
Methane sample gases were purified on a vacuum line interfaced with a gas chromatograph (GC).
Samples were delivered to the vacuum line through a septum by a gas-tight syringe and trapped
on silica gel at liquid nitrogen temperature. The Helium carrier gas was then used to flush the
sample to the GC. Separation was accomplished with a 3-meter 1/8-inch OD stainless steel column
packed with 5 A molecular sieve, followed in series by a 2-meter 1/8-inch OD stainless steel
column packed with HayeSep D porous polymer. Peaks were identified using an in-line, passive
thermal conductivity detector (TCD). Once methane collection was complete, the sample was
transferred to an evacuated sample tube filled with silica gel at liquid nitrogen temperature.
Methane in this tube was introduced to the inlet of the mass spectrometer where it was warmed to

40 °C and expanded into the bellow of the instrument.

The Panorama mass spectrometer was set to a mass resolving power of ~40,000 or greater,

allowing the measurement of ion currents for resolved '2CH4", *CH4*, 2CH;D", 3CH3D", and
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12CH,D»". Isotopologues of masses 16 and 17 were measured using Faraday collectors with
amplifier resistors of 10! Q. Both doubly substituted mass-18 isotopologues, '*CH3;D* and
12CH,D»", were measured with an electron multiplier as the axial collector. The measured ratios of
these ion currents yield values for bulk '*C/*2C and D/H as well as for both A'*CH3;D and A">’CH,Ds.
The isotopic compositions of carbon and hydrogen are reported as deviations from the carbon and
hydrogen reference materials VPDB and VSMOW. Standard delta notation is used to express the

fractional differences in per mil units:
613C = [(13C/1zc)samp]e/(l3C/12C)VPDB - 1] X 1000 (1)
dD = [(D/H)sampte/(D/H)vsmow — 1] % 1000 2)

The relative abundances of the two mass-18 isotopologues of methane are reported relative

to the stochastic reference frame expressed in per mil using the capital delta notation:
ABCH3D = [(1*CH;3D /"CHa)sample/(*CH3D /">CHa)stochastic — 1] % 1000 3)
AIZCHZDZ = [(l2CH2D2/12CH4)sample/(l2CH2D2/12CH4)Stochastic - 1] x 1000 (4)

Analytical uncertainties are estimated from the long-term reproducibility of the thermogenic Utica
Shale gas through the same purification process (n=22). External precision for §'*C, §D, A3CH3D,
and A'>’CH;D; is found to be approximately 0.1%o, 0.3%o, 0.3%o0 and 0.7%o, respectively (15). The
relationship between temperature and both A*CH3D and A">CH:D; has been predicted through ab
initio calculations based on the harmonic approximation and can be expressed by the following

equations (Young et al., 2017):

ABCH3D (T) = 1000 In(1 + 0.0355502/T — 433.038/T2 + 1270210.0/T> — 5.94804

x 108/T*+ 1.196630 x 10'//T5 —9.07230 x 10'%/T®) (5)
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A>CH,D; (T) = 1000 In(1 + 0.183798/T — 785.483/T2 + 1056280.0/T* + 9.37307

x 107/T* - 8.919480 x 10'%T° + 9.901730 x 10'%/T¢) (6)

where T is in Kelvin. Egs. (5) and (6) show that A'*CHsD and A'>)CH;,D; values are both positive
when methane is formed at thermodynamic equilibrium, and approach 0%o at high temperatures

(>1000 K).

2.7. Calculation of isotope fractionation factors using Rayleigh equation

Incubations were performed in glass bottles with frequent shaking and the headspace
methane was considered a well-mixed source in a closed system. Although methane in the
headspace was extracted once or twice between the start and end of each experiment, the amount
of methane extracted was minor (<3%) compared to the amount of methane in the whole bottle,
resulting in a negligible deviation from a strictly closed system. Thus, the Rayleigh fractionation
equation (Mariotti et al., 1981) was used to extract fractionation factors for the *CH4, >CH3D,

BCH3D, and ">CH:D; isotopologues relative to 2CHa resulting from anaerobic fractionation:

Rt _[[ CH4]t] (7)

R, |[*CH,],

where R refers to the ratio of isotopologues of interest in the gas phase (e.g., *CH3;D/'?CHa,
12CH,D»/">CHa), the subscript 0 signifies the initial property, and the ratio of methane abundance
at time / relative to the initial methane abundance is commonly referred to as F' (fraction remaining).
For kinetic fractionations, the fractionation factor o is simply the ratio of the rate constant
associated with the reaction of an isotopically substituted isotopologue relative to the rate constant
of the unsubstituted isotopologue. These can include ratios of symmetry numbers. For the sake of
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simplification, the isotopologue fractionation factor for '*CH3D and '2CH,D; relative to ?CHq are

d 13D d D2

terme a and ““a, respectively. By convention, a < 1 signifies that the reaction favors the
isotopically light species, leaving the residue enriched in the heavy isotope or isotopologue. On a
plot of —InF vs. In(R/Ry), the slope (often termed ¢) provides the fractionation factor (s = 1-3a.
or P = 1-Pa). Fractionations and their uncertainties (95% confidence interval) are calculated by
the weighted least square method (York et al., 2004). Errors for methane concentrations are

estimated to be 0.4% of the measured value. Note that the F ratio was only measured in the

incubation experiment of the Svalbard methane seep sediments.

At zeroth order, the relationship among isotopologue fractionation factors would follow
the rule of the geometric mean (Bigeleisen, 1955), in which a stochastic distribution of isotopes
occurs among the isotopologues. This would be the case where there is no energetic preference for
forming doubly substituted isotopologues as opposed to randomly distributing isotopes among

13Dy =~ 13g - Pgy). Under these circumstances, the fractionation factors for the doubly

bonds (e.g.,
substituted species are simply the products of the fractionation factors for the individual isotopes
(i.e., the square of the geometric mean of the fractionation factors for doubly substituted species).

The deviation from the rule of the geometric mean can be characterized by the kinetic clumped

isotopologue fractionation factor, y, yielding (cf. Wang et al., 2016):

l3D(x — l3D,Y . 13(1 . D(X, (8)

DZ(X — DZ,Y . Da . D(X (9)

2.8. Open system model — steady-state between transport and oxidation of moving methane
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In natural environments, Rayleigh-type methane oxidation is rarely observed because
replenishment of methane, facilitated by advection or diffusion, usually applies. We will consider
two end-member environmental scenarios: a steady-state open system model presented in this
section and a time-dependent closed system model with a methane source and sink in the next

section.

In the open system model, methane is transported into and out of the system via advection
with concurrent AOM. A steady state between oxidation and supply is assumed to have been
attained. A mass balance equation at steady state can be expressed as (Hayes, 2001; Wang et al.,

2016):
Ro=(1—-¢)Rss +Rss ¢ o (10)

where Ry is the initial isotopologue ratio, Rss is the steady-state value, ¢ is the fraction of methane
removed via oxidation relative to that which flows through, and a is the kinetic fractionation factor
associated with the oxidation reaction. Such a steady state will occur where the supply and sink
occur at constant rates. Here, advection is assumed to have no isotope effect (Alperin et al., 1988),
whereas AOM has associated fractionation factors o, Pa, Py, and P2y. The fractional
contribution of AOM to the total sink, ¢, is physically related to the Damkdhler number, i.e., Da,
the ratio of the residence time in the flow system to the characteristic reaction time (Da = Taow /
Treaction). FOT @ first-order reaction, the dimensionless Damkdhler number can be simplified to Tfow
x k where 70, 1s the residence time and £ is the reaction rate constant with units of inverse time.
The ¢ values are normalized Da values, as in ¢ = Da/(1+Da). Therefore, if & is large in comparison
to 7, Da is large and ¢ approaches 1. At this extreme, a balance between production and oxidation

is achieved in a closed system as described in the next section. Conversely, if & is small in

comparison to 7, ¢ approaches 0 and the isotopologue ratio does not change. Values in between
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these extrema cause the steady-state values to be intermediate between the initial isotopologue

ratios and the values at ¢ = 1.

2.9. Closed system model — formation of methane balanced against oxidation

In the closed system model, the time-dependent evolution of the moles of an isotopologue
of methane can be described in terms of a constant rate of production and a rate of oxidation that
behaves as a first-order reaction with an invariable rate constant (Haghnegahdar et al., 2017). In
this simplest model, where the balance is only between production and consumption, the system

can be described as:

dn .

I

=FE.—kn.,
d[ 1 [

(11)

where #; is the moles of the isotopic species of interest, E; is the source term for 7 (e.g., rate of
abiotic or microbial methanogenesis), and £; is the rate constant for the sink 7 (i.e., the rate constant
for oxidation). The solution to Eq. (11) yields:

E.
n(n = nte e L1 e7H), (12)

i

where n} is the initial moles of i. The moles of species i at steady state are obtained by evaluation

k;t

Eq. (12) where t — oo, and thus e ™*i* — 0, yielding:

E.

i

n it~ )=t (13)

i
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Considering i to be the major isotopologue, the steady-state amount of methane is
controlled by the ratio of the production rate and the rate constant for oxidation. The steady-state
ratio of two isotopologues can therefore be expressed as:

nj(t~oo)_5 K,

B EX 1%

where 7 is the moles of the two isotopologues i and j. The steady-state isotopologue ratio depends
on the isotopologue ratio of the methane produced (E;/E;) and the reciprocal of the fractionation

due to oxidation (ki/k;), independent of the absolute rates.

2.10. Comparison between measured and theoretically estimated isotope fractionation

factors

To understand the meaning of the measured isotope fractionation factors from the Svalbard
experiment, we used two methods to estimate the fractionation factors with mechanistic
implications. Firstly, if the kinetics is dominated by rupture of single carbon-hydrogen bonds

comprising the reaction coordinate, the fractionation factors can be estimated by the square root

of the inverse ratios of relevant reduced masses, /¢ / p’. Here the ' values are the reduced masses
for 13C-H and '2C-D as required, p is the reduced mass for '?C-H, and the derived fractionation
factors are those implied by these reduced masses, including the use of the rule of the geometric

mean for the doubly-substituted species.

Secondly, we consider the ratio of the logarithm of rotational/vibrational partition functions
for a crude estimate for the transition state of methane being dismantled by the Mcr-mediated
reaction. The Q* values are estimated by calculating the partition function for methane at 4 °C
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with the three asymmetric stretch modes (commonly referred to as v3) removed. The differences
among the partition functions for the different isotopologues are evidenced clearly by writing their
ratios where the prime superscript refers to the isotopically-substituted species (Bigeleisen and

Mayer, 1947; Urey, 1947):

(15)
We used the vibrational frequencies calculated by Lee et al. (1995). For our rough estimate of a
suitable transition state bound to Mcr (an imprecise exercise in its own right), we removed the v3
modes from Eq. (15). This approach provides a test of the possibility that it is the highest frequency
modes, v3, that are most readily broken and dominate the kinetics (and thus are not counted in the
vibrational partition functions). Ratios of vibrational frequencies, or the square root of the inverse
ratio of reduced masses, are ratios of energies associated with a vibration. Values InQ* are also
proportional to energies, but represent the weighted mean across all vibrations not involved in
bond rupture (Bigeleisen, 1952). The ratio is therefore an estimate of the relative energy associated

with motions in the molecules.

3. RESULTS

Methane isotopologue data from laboratory experiments and natural fluids are presented in
Figure 3. The A*CH3D and A'?CH:D; values from the Svalbard sediment slurry incubation and
Chamorro Seamount natural fluids are higher than thermodynamic equilibrium values at their
ambient temperature (>0 °C; Fig. 3A—C). Other incubations, including the Mcr-catalyzed isotope

exchange and incubations of the Santa Barbara Channel sediment, Nankai Trough sediment, and
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Beatrix Gold Mine fracture fluid, show moderate increases in A'>*CH3D but minimal increases in
A”CH:D; (Fig. 3D-F). Their apparent temperatures based on clumped isotopes are similar to the
experimental temperatures, ranging from 20 °C to 60 °C. In the following sections, we first present

the laboratory incubation data and then show natural fluid data for comparison.
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Fig. 2-3 Clumped isotope data of residual methane in AOM incubation experiments

and natural fluids. (A-B) Incubation of the Svalbard methane seep sediment slurry with high
sulfate concentration (8—24 mM; panel A) and low sulfate concentration (0—0.4 mM; panel B). (C)
Methane in natural fluids collected from the South Chamorro Seamount. (D) Exchange reaction
between methane and methyl-coenzyme M. (E) Incubation of the Santa Barbara Channel methane
seep sediment slurry. (F) Incubations of the Nankai Trough sediment slurry and Beatrix Gold Mine
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fracture fluid from the deep biosphere. The purple stars represent the initial tank gas. The solid
black line depicts theoretical thermodynamic equilibrium abundances of methane isotopologues,
along with corresponding temperatures. Error bars are one standard error. Note different scales

between panels A—C and D-F.

3.1. Incubation of the Svalbard methane seep sediment slurries

Off-shore methane seep sediments from the Svalbard archipelago host high AOM activity.
Ex-situ AOM rates determined by *C-radiotracer techniques peak at 182 nmol cm > d ! at 2-5 cm
below seafloor (Fig. 2A) (Melaniuk et al., 2022). In the reactivated sediment slurry with saturated
methane and high sulfate concentrations (8—24 mM), dissolved sulfide concentrations increased
linearly as methane concentrations decreased linearly (Fig. 2B). In addition, sulfate concentrations
decreased, while alkalinity increased during the experiment (see the Supplementary Data). In the
control experiment containing a headspace gas of N> and CO2, no methane was detected and no
increase in sulfide concentration was observed, indicating negligible methanogenesis and
organoclastic sulfate reduction, respectively (Fig. S1A). Collectively, AOM is active in the
sediment slurry and is the only mechanism for methane removal in the experiment. Accordingly,
the in-vitro AOM rate determined by methane concentrations in the slurry incubation was 90 nmol
of methane per cm® sediment slurry per day (Fig. 2B), translating into about 180 nmol per cm® of
undiluted sediment per day. Furthermore, the in-vitro AOM and sulfate reduction rates determined
by '“C- and **S-radiotracers were 86 and 84 nmol cm > d!, respectively, in the slurry incubation,
which are equivalent to roughly 172 and 168 nmol cm > d™! for undiluted sediment. The in-vitro

AOM rates are consistent with the ex-situ AOM rates of the same sediment measured by 4C-
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radiotracer (Fig. 2A) and other in-vitro AOM enrichment cultures (e.g., Ono et al., 2021; Wegener

etal., 2021).
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Fig. 2-4 Bulk isotope data of residual methane in AOM incubation experiments and

natural fluids. (A—B) Incubation of the Svalbard methane seep sediment slurry with high sulfate

concentration (8—24 mM; panel A) and low sulfate concentration (0—0.4 mM; panel B). The arrow

and dashed line in panel B indicate the evolution of residual methane towards isotope equilibrium

among CH4, HCOj3™ and H>O at 4 °C (Zhang et al., 1995; Turner et al., 2021). (C) Methane in

natural fluids collected from the South Chamorro Seamount. (D) Exchange reaction between

methane and methyl-coenzyme M. (E) Incubation of the Santa Barbara Channel methane seep

sediment slurry. (F) Incubations of the Nankai Trough sediment slurry and Beatrix Gold Mine
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fracture fluid from the deep biosphere. The purple stars represent the initial tank gas. Uncertainties

of $'3C and 8D values are encompassed by individual data points.
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Fig. 2-5 Evolution of methane isotopologue ratios during methane consumption in the

incubation of the Svalbard methane seep sediment slurry with high sulfate concentration (8—
24 mM). Data from experiments 1 and 2 are shown in open and filled circles, respectively. F is the
fraction of methane remaining and R is the ratio of isotopologues in the gas phase. o and y represent

the kinetic isotope fractionation factor and clumped isotopologue fractionation factor, respectively.
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The linear regressions and 2c errors are calculated by the weighted least square method of York et

al. (2004).

In two experiments with high sulfate, the bulk §'3C and 8D values of residual methane
increased by 9.6%o0 and 195.4%o., respectively, with declining methane concentrations (Fig. 4A).
Based on a Rayleigh distillation model, the respective carbon and hydrogen isotope fractionation
factors, expressed in per mil, were found to be 4.9 = 0.1%o and 149.0 = 1.5%eo in the first experiment,
and 7.5 + 0.1%o and 154.0 = 1.3%o in the second experiment (Fig. SA-B). With progressive
methane consumption, A*CH3D and A>CH;,D; values increased by 16.4%o and 57.6%o, reaching
values of 19.5%o0 and 65.1%o, respectively (Fig. 3A). These values are substantially higher than the
values expected for isotopologue equilibrium at the incubation temperature of 4 °C. The kinetic
clumped isotopologue fractionations (y), defined as the ratio of the mass-18 isotopologue
fractionation factors to the product of the bulk carbon and hydrogen fractionation factors, describe
deviations from the rule of the geometric mean (Bigeleisen, 1955; Wang et al., 2016). The
respective y values for *CH3D and '>CH,D> defined by these data were 0.985 + 0.002 and 0.912
+0.006 in the first experiment, and 0.985 + 0.002 and 0.909 + 0.005 in the second experiment (Fig.
5C-D). With declining methane concentrations, the §'3C values of DIC decreased by 6%o in the
first experiment and 10%o in the second experiment, whereas the 6D values of water were more-

or-less invariant (see the Supplementary Data).

The same sediment slurry was then incubated with low sulfate concentration (<0.35 mM)
under the same conditions (e.g., saturated methane), resulting in a lower thermodynamic driving
force for AOM. Methane isotopologue compositions were analyzed on days 1, 11, 58, and 79 of

the incubation. In contrast to the high sulfate experiment, the bulk §'*C and 8D values of residual
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methane decreased by 10.1%o and 15.2%o, respectively (Fig. 4B). The A'*CH;D and A?’CH,D;
values, however, increased linearly by 4.6%o0 and 14.8%., respectively (Fig. 3B). There is no
substantial difference in A'*CH;D and A'>’CH,D> values of residual methane taken on days 58 and
79, likely signaling a reduction in the AOM rate due to sulfate limitation (0.01 mM). To examine
whether the residual methane will approach isotopologue equilibrium or overshoot it, additional
sulfate was added on day 83, to increase the concentration again to 0.39 mM in the slurry.
Isotopologue ratios of the residual methane were analyzed on days 92 and 178 of the incubation.
Both A*CH3D and A">CH,D; values increased up to 11.4%o and 31.5%, respectively (Fig. 3B).
Net isotope fractionation factors are not reported here for low sulfate incubation because of the
challenge of accurately quantifying methane consumption, limiting our ability to estimate the
fraction of methane remaining in the Rayleigh process, and thus causing large errors, but both *a
and Po are higher than 1.0, in contrast with the high sulfate incubation in which both *a and Pa
are lower than 1.0 (Figs. 4A-B, 5). The §'°C values of DIC decreased by 2%, less pronounced
than the high-sulfate experiments, whereas the 6D values of water remained constant (see the

Supplementary Data).

3.2. Incubation of the Santa Barbara Channel methane seep sediment slurries

Analogous to the incubation of Svalbard sediment slurry, we conducted incubation with
Santa Barbara Channel sediment slurries at 20 °C. However, the volume and pressure of headspace
methane in the Santa Barbara slurry (4.4 ml under ca. 100 kPa) were much lower than those of the
Svalbard slurry (60 ml under ca. 200 kPa), presumably leading to a lower thermodynamic driving
force for AOM. An earlier study at the same sites of the Santa Barbara Channel found that the ex-

situ AOM rates determined by '“C-radiotracer techniques were relatively high, on the order of tens
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to hundreds of nmol cm ™ d™! (Treude and Ziebis, 2010). All incubations with methane headspace
showed decreases in sulfate concentration and increases in dissolved sulfide concentration and
alkalinity over time (see the Supplementary Data). Along with the ex-situ AOM rates reported in
the earlier study and the control experiment (Fig. S1B), these trends indicate the activity of AOM.
Some 8D values of residual methane decreased by up to 15.0%o, whereas the §'*C values remained
roughly constant over time under both high and low sulfate conditions (Fig. 4E). In the high sulfate
slurries (>28 mM), both A*CH;3D and A'>CH,D; of residual methane increased, ranging from 3.5%o
to 5.4%o for A3*CH3D and from 8.5%o to 12.1%o for A">’CH>D; (Fig. 3E). In the low sulfate slurries
(<1 mM), the A">)CH,D; values remained nearly constant over time (6.7 £ 0.9%o), while the
ABCH3D increased by 2.7%o, reaching a value of 5.5 + 0.2%o relative to stochastic (Fig. 3E). For
comparison, when methane molecules are at thermodynamic equilibrium at 20 °C, the respective

ABCH3D and A'>CH;D; values would be 5.9%o and 20.3%o (Young et al., 2017).

3.3. Incubation of sediment slurries and fracture fluids from the deep biosphere

Marine sediments and fracture fluids were sampled from the deep subsurface of the Nankai
Trough and the Beatrix Gold Mine, respectively. Metagenomics, metatranscriptomics, and
fluorescent in situ Hybridization (FISH) of the Beatrix Gold Mine fluids were previously published
and the results demonstrated that ANMEs are present and active in the incubations (Lau et al.,
2016; Harris et al., 2018; Harris et al., 2021). In parallel to the natural abundance incubations
described in Section 2.3, long-term (350 day) high-pressure (40 MPa) '3C-CHj tracer incubations
were performed on Nankai Trough sediment slurries (see Supplementary Methods and Fig. S2).
Based on the production of *C-DIC (Fig. S3) and §'3*Cpic measurements (Fig. S4), trace AOM

activity was statistically distinguishable above background, albeit at very low rates (on the order
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of pmol cm™ day ). These findings agree with *C-CH4 radiotracer experiments reported by
Beulig et al. (2022), who found potential AOM activity near detection limits in the Nankai Trough
sediments due to a high background of abiotic '*C-CH4 conversion to '“C-CO2 in the medium
controls. These results collectively highlight the difficulty in quantifying AOM activity in these
oligotrophic, low-biomass, deep biosphere sediments (see Heuer et al., 2020). Thus, only potential

AOM activity has been observed and no explicit discussion can be made in this respect.

The bulk isotope data of incubation experiments are consistent with the sluggish nature of
microbial activity in the deep subseafloor. Here, nearly all headspace methane showed no
substantial changes in §'°C and 8D values (<2%o; Fig. 4F). However, substantial changes were
found for clumped isotope ratios. In the Nankai Trough slurries with nitrate or nitrite as the added
electron acceptors, only A*CH3D increased, reaching a value of 5.7 + 0.1%o as incubation time
progressed (Figs. 3F, S5C). Similarly, when iron(III) in the form of hydrous ferric oxide was added
as the electron acceptor in the Beatrix Gold Mine incubation, A"*CH3D increased up to 5.7 + 0.1%o,
while there was less increase in A*CH3D when sulfate or no electron acceptor was added (Figs.

3F, S5D). Little variation in A'>CH,D; values was found in these experiments (Fig. 3F).

3.4. Incubation with methyl-coenzyme M reductase (Mcr) enzyme

We performed experiments with Mcr purified from Methanothermobacter marburgensis
that catalyzes the exchange of the methyl moiety of methyl-coenzyme M with methane. The §'°C
and 6D of residual methane decreased by up to 2.3%o0 and 6.4%o in all cases, respectively (Fig. 4D).
Both A*CH3;D and A?CH:D; increased to different degrees relative to the initial methane

isotopologue ratios (Fig. 3D). In detail, at 60 °C, the incubations lasted for 2—6 hours in which a

79



small increase of 0.5%0 in A3 CH3;D and 2.0%o in A’ CH,D, were observed. At 20 °C, the
incubation lasted for 48 hours and the A'>*CH3D of residual methane increased substantially by
4.1%o, reaching a value of 5.6 £ 0.1%o relative to stochastic, while A'”?)CH2D, showed a modest

increase of only 2.6%o, reaching a value of 8.5 & 0.5%o.

3.5. Natural methane-rich fluids from the South Chamorro Seamount

Three fluid samples were collected from South Chamorro Seamount during HyperDolphin
Dives 941, 945, and 947 in 2009. The general geochemical data were previously published (Wheat
et al., 2020). In brief, the stagnant fluids collected during Dive 941 are rich in sulfate (12 mM) and
methane (33 mM), whereas discharging fluids from Dives 945 and 947 have low sulfate
concentrations (0.8 mM) and relatively low methane concentrations (23 mM). Further, sulfate and
methane concentrations in the fluids were negatively correlated with aqueous sulfide concentration
and alkalinity, indicating that the fluids were altered by AOM to different degrees (Wheat et al.,
2020). The bulk §'*C and 8D values range from —37.0%o to —26.1%o0 and —110.3%o to —100.6%o,
respectively (Fig. 4C). The respective A'*CH3D and A'>CH;,D; values are 7.5%o and 25.2%o in the
high-sulfate, high-methane fluid, but increase to 12.6%o0 and 42.6%o in low-sulfate, low-methane
fluids (Fig. 3C). These values are analogous to the results from the Svalbard slurry incubations

(Fig. 3A-B).
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incubation of the Svalbard methane seep sediment slurry with high sulfate concentration (8—24
mM; panel A) and low sulfate concentration (0—0.4 mM; panel B). (C—F) Methane in natural fluids
from the South Chamorro Seamount. Grey lines depict simulation outputs of the Rayleigh
fractionation model (A), open-system flow and steady-state model (C—D), and closed-system time-
dependent shift model (E-F). The fractionation factors used in each model are shown in each
diagram. The purple stars represent the initial tank gas in panel A, and the source methane in panels
C-F, respectively. This source methane is adopted from Young et al. (2017), representing abiotic
methane gas formed through SisCi2Hzs decomposition experiments, which resembles methane
production through serpentinization. In panel A, points along the Rayleigh fractionation line are
marked at intervals of 0.1 in f; the fraction of initial methane remaining, while in panel C, points
along the open-system model are marked at intervals of 0.1 in ¢, the fraction of methane removed
via oxidation. The modeled trajectories in panels E-F remain largely the same as (E/k)/no increase
from 101" to 10'° (data not shown), and we use 1 as an arbitrary representation. The solid black
line depicts theoretical thermodynamic equilibrium abundances of methane isotopologues, along
with corresponding temperatures. Uncertainties of A CHsD and A!?’CH:D, values are

encompassed by individual data points.

4. DISCUSSION
4.1. Kinetic fractionations of methane clumped isotopologue during AOM

AOM was highly active in the sediment slurry from the Svalbard methane seep (Fig. 2).
The high-sulfate incubation experiment showed progressive enrichment of methane isotopologues

containing '*C and D isotopes relative to the initial gas (Figs. 4A, 5), indicating a kinetic isotope
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fractionation. Although the kinetic fractionation for D/H ratios is typical, the carbon isotope
fractionation is slightly lower than previous studies, which are in the range of 11%o0 to 39%o,
suggesting a higher degree of reversibility of the carbon pathway in our AOM incubations (Holler
et al., 2009; Wegener et al., 2021). The y value for *CH;3D of 0.985 is lower than those obtained
for other methane oxidation reactions such as aerobic oxidation and oxidation by OH and Cl
radicals, while the y values for '>CH,D2 of 0.909-0.912 are similar to those obtained for other
methane oxidation reactions (Wang et al., 2016; Haghnegahdar et al., 2017; Whitehill et al., 2017;
Ono et al., 2021; Krause et al., 2022). Lower absolute magnitudes of y values imply larger
magnitudes of clumped isotope effects and larger deviations in the clumped isotope fractionation
factor relative to the product of the bulk isotope fractionation factors. Ono et al. (2021) proposed
that the different y values could be linked to the transition state structure of the reaction. For
example, the C—H bond length of methyl-coenzyme M reductase (2.6 A) and soluble methane
monooxygenase (1.3 A), the key enzymes involved in AOM and aerobic methanotrophy,
respectively, are different, necessitating changes in the '*C—D stretching vibrational mode and thus

perhaps the difference in kinetic clumped isotopologue effects (Ono et al., 2021).

The extremely high A'3CH3D and A'>CH,D; values up to 12.6%o and 42.6%o, respectively,
from the Chamorro Seamount, a serpentinite mud volcano in the Mariana forearc (Fig. 6C-F), as
well as the high values seen in the Svalbard incubations (Fig. 6A), appear to be signatures of AOM.
Based on samples from experiments and natural environments for which measurements currently
exist, AOM is the only known process that drives methane isotopologue abundances substantially
above equilibrium predictions for both A'3CH3D and A'>’CH.D;. In the laboratory, we treat AOM
as a Rayleigh process in which methane is consumed only by AOM in a closed system. This

explains the trends in A*CH3D vs. A2 CH,D; space for the Svalbard incubations (Fig. 6A-B). For
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the Chamorro Seamount, an open system that involves flow, is likely to be more suitable as a
model for isotopologue fractionation. There, Wheat et al. (2020) demonstrated that methane
production was abiotically fueled by hydrogen production from serpentinization and carbonate
dissolution in the deep-sourced fluids, and the fluid compositions were largely altered by AOM as
the fluid migrates upwards and encounters deposited pelagic sediment underlying South Chamorro
Seamount. Although the pH of the collected fluids is 12, the pH of deep subsurface niches where
ANME archaea live and AOM occurs can be lower, as observed in neighboring serpentinite mud
volcanoes (Wheat et al., 2020). Earlier studies have shown that microorganisms can tolerate high-
pH fluids and perform AOM at the Chamorro Seamount (Takai et al., 2005; Curtis et al., 2013;
Kawagucci et al., 2018). These AOM-affected fluids make it to the seafloor where they discharge.
Therefore, the environment where fluids are traversing through the seamount represents an open
system, in which methane is transported into the subduction channel via advection and removed
by both advection and AOM, likely resulting in a steady state, or at least a transient steady state.
A simple mass balance model can be used to investigate the effects of simultaneous advection and
oxidation (see Materials and Methods). Here, we assume that the serpentinite-sourced abiotic
methane is in isotopologue equilibrium at its formation temperature (>250 °C; Wheat et al., 2020).
Such near-zero clumped isotope compositions are consistent with the results from abiotic silane
decomposition experiments at 300—-600 °C reported in Young et al. (2017). We consider that the
impact of diffusion in fluid transport on the A'*CH3;D and A'?CH,D> values is negligible within
the subduction channel given the significantly smaller-scale molecular diffusion operates over
advective processes (Wheat et al., 2020). Thus, AOM is assumed to be the only process for isotope

fractionation.
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The combined flow and oxidation steady-state models shown in Figure 6C-D largely
reproduce the observed large A'>CH3D and '>’CH,D: values at the Chamorro Seamount. Note that
to achieve the best fit, a slightly lower y value for *CH3D of ~0.980 or a higher y value for ?CH,D,
of ~0.935 than obtained from the experiments is needed. While the open system model is more
suitable to describe these fluids, we also considered the scenario of a closed system in which the
formation of methane is balanced against oxidation. In this model, isotopologue abundances vary
with time, eventually reaching a steady state that is sensitive to the precise y values (Fig. 6E-F).
We set the ratio of the steady-state moles to initial moles of methane, (E/k)/no, to 1 since the
modeled trajectories remain largely the same as (E/k)/no varies. Here, *CH;3D v values of 0.980—
0.985 and '2CH2D: v values of 0.912-0.935 are needed to achieve the best fit in the closed system
model. These estimated y values for the Chamorro Seamount fluids from either the open- or closed-

system model are largely consistent with those obtained from the Svalbard slurry incubations.

One caveat of these two models is the, to date, largely unknown bulk isotope fractionation

t 3o and o to be 0.995 and 0.851, respectively, based on experimental

factors. In Figure 6, we se
observations made in the Svalbard experiment. We then test the sensitivity of the models by
varying the bulk isotope fractionation factors to allow depletion in heavy isotopes of methane (i.e.,
Bo and Po.> 1). The model outputs remain largely the same, though with different curvatures (Fig.
S6). This demonstrates that the trajectories in A'*CH3;D vs. A?CH,D; space are much more
sensitive to the relationship between the bulk a values (i.e., the y factors) than to the absolute o
and Pa values in these two models (Figs. 6, S6). Given the uncertainties in model inputs and limited

data points, we stress that the estimated y values are associated with large uncertainties but, overall,

are significantly lower than unity.
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Taken together, both open and closed system models display similar positive trajectories in
ABCH;D vs. A2CH;D; space, similar to the Rayleigh distillation model (Fig. 6), suggesting that
extremely positive A'>*CH3;D and A'>CH,D; values are potentially a clumped isotope signature of
kinetically-dominated AOM. These positive values are the result of y < 1 for both mass-18
isotopologues. Indeed, if y = 1 for both rare isotopologues, and all else being equal, A'*CH3D and
A”CH2D; would both decrease rather than increase with oxidation. In detail, the Rayleigh

fractionation equation (Eq. 7) can be simplified to (Wang et al., 2016):
ABCH;D = ABCH;Dinie + (PPy - Bo - Pa— Ba—Po+ 1) - Inf (16)
ACH2D; = ACHaDoinie + (P%y - Pa? =2 - Pa+ 1) - Inf (17)

where A'*CH3Dinit and A'2CH;Dainit are the initial isotopologue compositions. Therefore, the
threshold *Py and P?y for constant A'*CH3D and A'>)CH,D; values are ("o + Pa — 1)/(*a - Pa) and
(2 - Po — 1)/Pa?, respectively. Using the measured o and Pa from the high-sulfate Svalbard
incubation, the calculated '*Py and P?y thresholds are found to be 0.999 and 0.969, respectively.
Any measured y factors lower than the threshold conditions mean that both A*CH3;D and
A>CH:,D; values should evolve to more positive values in a closed system, and vice versa.
Although the y factors appear to be linked to the transition state structure of the enzyme-mediated
reaction (Ono et al., 2021), the exact structures of transition states and their role in kinetic clumped
isotopologue effect remain unknown. Further theoretical and experimental investigations are

needed to elucidate the fundamental mechanism.

We note that with progressive AOM from the stagnant fluids to the discharging fluids at
the Chamorro Seamount as indicated by alkalinity, methane, sulfate, and sulfide concentrations

(Wheat et al., 2020), the §'3C of residual methane decreases by 10.9%o and 8D increases by 9.7%o
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in three fluid samples (Fig. 4C), resembling the ANME incubation under low-sulfate conditions
(<I mM) in Wegener et al. (2021). These authors determined radiotracer-based forward and
backward AOM reaction rates at different sulfate concentrations and found that the net reversibility
of the AOM reaction increases with decreasing sulfate concentration. They concluded that the net
bulk isotope fractionations of AOM reflect a combination of expression of kinetic isotope effects
(KIEs) and equilibrium isotope effects (EIEs) (Yoshinaga et al., 2014; Ono et al., 2021; Wegener
et al., 2021). Indeed, when the Svalbard sediment slurry was incubated with even lower sulfate
concentrations (<0.35 mM), both §'3C and 8D of residual methane decreased over time (Fig. 4B),
suggestive of a greater expression of EIEs in both carbon and hydrogen pathways of AOM due to
a lower net thermodynamic drive and thus relatively higher net reversibility of AOM. At 4 °C, the
carbon and hydrogen equilibrium isotope fractionation factors between HCO3'(aq)—-CHa4(g) and
H>O(1)-CHa(g) are 1.091 and 1.216, respectively (Zhang et al., 1995; Turner et al., 2021). When
inter-species isotope equilibrium is achieved, the §'*C and 8D of methane should be around —95%o
and —241%o based on the measured 8'*Cpic and §Du20 values of —13.1%o and —76.7%o in the low-

sulfate experiment.

Despite the fact that the residual methane in the low-sulfate incubation moves towards
isotope equilibrium between both CH4+~CO, and CH4—H,0 molecules (Fig. 4B), A'*CH;D and
A>CH:D; increase linearly and fall on nearly the same Rayleigh fractionation line in A'*CH3D vs.
A>CH:D; space as the high-sulfate incubation (Fig. 6B). In particular, the A'*CH3D reaches 7.4%o
when sulfate is depleted (0.01 mM), which is higher than the value expected for intra-species
isotope equilibrium at the experimental temperature (A'3CH3Deq. = 6.5%0 at 4 °C). This high
ABCH3D value suggests a kinetic clumped isotopologue fractionation. We surmise that rather than

representing unidirectional consumption of methane, the isotopic effects we observed appear to

87



reflect a convolution of transition-state kinetics and equilibrium isotopic effects. Furthermore, both
ABCH;D and A">CH;Ds increase linearly again after new sulfate is added to the slurry (0.39 mM),
indicating that the final A'*CH3D and A'CH;D; values in a methane-rich closed system depend
on the electron acceptor concentration and availability. The last measured A'>*CH;D and A'">’CH,D»
values correspond to apparent temperatures lower than —34 °C (Fig. 6B), far below the incubation
temperature of 4 °C. Collectively, our results from the Svalbard sediment slurry and the Chamorro
Seamount show clear evidence for kinetic clumped isotopologue fractionation, with the bulk
isotope ratios either increasing or decreasing with progressive methane consumption depending

upon the availability of the electron acceptor.

4.2. Equilibrium between methane isotopologues during AOM

It has been proposed that AOM drives methane isotopologue abundances to
thermodynamic isotopic bond-order equilibrium in a range of marine and continental settings (Ash
et al., 2019; Giunta et al., 2019; Tyne et al., 2021; Warr et al., 2021; Ono et al., 2022). The initial
step of AOM is the Mcr-catalyzed reversal of the final reaction in methanogenic pathways as

shown for the enzyme from M. marburgensis (Eq. 18):
CH4 + CoM-S-S-CoB 2 CH3-S-CoM + HS-CoB  (AG® =+ 30 kJ mol ') (18)

where CoM-S-S-CoB is the heterodisulfide of coenzymes M and B, CH3-S-CoM is methyl-
coenzyme M, and HS-CoB is the reduced form of coenzyme B (Scheller et al., 2010). The
reversibility of this reaction is evidently central to the mechanism for methane isotopologue
equilibration by AOM. The in-vitro experiments that comprise exchange of methane and the

methyl moiety in methyl-coenzyme M (CH3-S-CoM) characterize the role of the Mcr enzyme in
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reaction Eq. (18). At 60 °C, the optimal temperature for the thermophile-derived enzyme, both
ABCH;D and A'>CH,D: values of residual methane increase slightly (Fig. 3D). At 20 °C, however,
ABCH;D approaches the equilibrium value, while there is little change in A'"2)CH2D,. This implies
that carbon plays a larger role than hydrogen in the isotopologue selectivity for reaction with the

Mcr enzyme at a temperature below optimal.

Incubations of slurry from the Santa Barbara Channel, with a lower amount of methane,
further inform the assessment of the role of thermodynamic driving forces in determining the
isotopologue signatures of AOM. There is a trend towards A?*CHs;D and/or A"?CH,D, values
expected for isotopologue equilibrium at experimental temperature (Fig. 3E). Two of the high-
sulfate incubations of the Santa Barbara sediments resemble the high-temperature Mcr
experiments under the optimal condition, whereas the low-sulfate incubations resemble the low-
temperature Mcr experiments (Fig. 3D-E). Importantly, the amounts of methane injected into the
Santa Barbara slurry (0.5 mmol) are much lower than those into the Svalbard slurry (5.4 mmol),
leading to a much lower thermodynamic drive for AOM for the former and an overall lower rate
of reaction. Thus, the reversibility and isotope exchange during AOM in the Santa Barbara slurry
may be much higher than the Svalbard slurry under either high- or low-sulfate conditions. This
vigorous exchange ultimately allows methane isotopologues to react with Mcr reversibly,
achieving partial intra-species isotope exchange in the Santa Barbara slurry incubations. The high
reversibility may be exacerbated by the fact that the ANME community in coastal sandy Santa
Barbara sediments with high depositional rates is less active with less biomass compared to that
from the deep-sea fine-grained Svalbard methane seep sediments. The lower sedimentation rates
at the Svalbard seep focus AOM in the same sediments for an extended period, allowing the ANME

community to grow and enrich.
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All experiments of the deep biosphere sediment and fluid incubations suggest that there is
a trend toward equilibrium values for A'*CH3D but little change in A'?)CH2D; within experimental
timescales, regardless of which electron acceptor is present (Fig. 3F). In detail, a positive
correlation between incubation time (up to 500 days) and increase in A'*CH3D values is found in
incubation experiments of the Nankai Trough sediments (Fig. S5C), consistent with the well-
documented sluggish nature of microbial activity in the deep subseafloor (Hoehler and Jorgensen,

2013; Heuer et al., 2020).

One may postulate that the A'*CHsD values in our incubations that appear to approach
equilibrium values would in fact continue to increase beyond the equilibrium value given sufficient
time. However, this is probably not the case. The respective maximum observed for A*CH3;D
values is 5.56%o (2 days), 5.50%0 (3 days), 5.70%o0 (500 days), and 5.66%o (350 days) in the Mcr
experiment, and the incubations of the Santa Barbara Channel sediment, the Nankai Trough
sediment, and the Beatrix Gold Mine fracture fluid (Fig. 3D—F). The apparent temperatures based
on ABCH;3D are 32 °C, 33 °C, 27 °C, and 28 °C, respectively (30 + 3 °C, n =4). These are all close
to the ambient temperature under which these different incubations took place. Although it cannot
be categorically ruled out that these ACH3D values reflected ambient temperatures by
happenstance during an ongoing kinetically driven trend, it would be fortuitous that this would
occur four times in independent experimentation. Therefore, we conclude that the A'*CH3D values
increase over time towards equilibrium and indeed remain at thermodynamic equilibrium despite

a large range of incubation times of 2 to 500 days in the above four experiments.

Given the observed intra-species isotope quasi-equilibrium, one may similarly expect inter-
species isotope exchange to occur as seen in the low-sulfate Svalbard experiment (Fig. 4B). The

residual methane in most of the Santa Barbara and deep biosphere incubations, however, showed
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no substantial changes in 8'*C and 8D values (Fig. 4E—F). Changes in bulk and clumped isotope
compositions are decoupled in these incubations. While more experiments are needed to explicitly
confirm the conditions under which this decoupling occurs, one tentative hypothesis is that, under
certain conditions, the Mcr enzyme only mediates the exchange of isotopes among methane
molecules without expressed bulk isotope fractionation, allowing '*CH3D and/or '2CHz2D; to be
re-ordered to the incubation temperature via bond breaking and reformation. This hypothesis is
analogous to the heating experiments in which methane intra-species equilibration is promoted by
the presence of a metal catalyst at temperatures above 200 °C (Ono et al., 2014; Stolper et al.,
2014b; Young et al., 2017). In our case, the Mcr enzyme may act as the catalyst and promote
isotopic bond re-ordering with limited isotope exchange between CH4—CO: and CHs—H>O
molecules, as methane molecules are disassembled and reassembled. This hypothesis requires

further experimental investigation.

4.3 A general model for methane isotopologue fractionation due to AOM
4.3.1 Model construction

To understand the mechanism of methane isotopologue fractionation and/or bond re-
ordering during AOM, the methane isotopologue fractionation factors obtained in AOM laboratory
incubation experiments can be used to construct a geochemical model with several simplifying
assumptions for fractionation due to AOM. The result is a parsimonious model that explains most
methane isotopologue data affected by anaerobic oxidation by ANMEs collected thus far. A crucial
aspect of the model is the important role that reversibility has in controlling the trajectory of gases

in ABCH3D vs. A"? CH2D; space during AOM.
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The model addresses the most important single step, the potentially reversible cleaving of
CH4 molecules catalyzed by the Mcr enzyme to form co-enzyme hosted CH3 and H in the ANME

cells (e.g., Scheller et al., 2010). The relevant reaction can therefore be written succinctly as
k,
CH4—\k_f4CH3+H (19)

where the forward and reverse rate constants, kr and k&, are controlled by the kinetics of binding
and bond rupture/formation in the first step of AOM. While there are a total of 280 isotopic isomer
equivalents of the reaction in Eq. (19), with one exception (see below), we will focus on a
simplified reaction network of isotopologues (as opposed to all isotopic isomers). This is
necessitated by the fact that the measured fractionation factors convolve a number of isotopic
effects, including the symmetry effects of all isomers. The sixteen reactions in terms of 12

isotopologues are

CH, —“—>CH,+H
CH,D—=-CH,+D
CH,D—"—>CH,D+H
CH,D,—%“—CH,D+D
CH,D,—%—CHD,+H
BCH,—=—>"CH,+H

. ®CH,D—>"CH,+D
®CH,D—%—"“CH,D+H
CH,+H—=>CH,

. CH,+D—*%5CH_D
CH,D+H—%5CH_D
CH,D+D—*2CH,D,
CHD,+H—*-CH,D,
. BCH,+H—"CH,
. ®CH,+D—=>"CH,D
. ®CH,D+H—%-"CH,D

(20)
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where k; are the relevant rate constants (first order for reactions 1 through 8, 2" order for 9—16),
and again we emphasize that the different isomers are embedded in the fractionation factors

extracted from experiments.

Isotopologue fractionation factors for the first step in deconstructing methane
isotopologues are in effect ratios of rate constants 1-8. We measured these fractionation factors
for the Svalbard incubations in which the loss of methane gas due to AOM is consistent with an
irreversible Rayleigh process. The derived fractionation factors, a, are listed in Table 1 together
with relevant comparisons to be discussed. Here, the 3™ column is the square root of the inverse
ratios of relevant reduced masses ('2C-H, 3C-H, '>C-D, etc.). These are the fractionation factors
expected where the kinetics is dominated by rupture of single carbon-hydrogen bonds comprising
the reaction coordinate. Note that the experimentally-derived fractionation factors are considerably

closer to unity than those implied by the reduced masses.

Table 2-1 Measured and estimated fractionation factors relative to !'2CHas. The
experimental data are from the Svalbard incubations. p is reduced mass. Q* is
rotational/vibrational partition functions for a crude estimate for the transition state of methane
being dismantled by the Mcr-mediated reaction. The prime superscript refers to the isotopically-

substituted species.

Species/*?CH4  Experiment u/x  InQ*'/InQ*

13CH,4 0.995 0.997 0.997
12CH3D 0.851 0.734 0.832
13CH3D 0.834 0.732 0.827
12CH,D; 0.660 0.539 0.694
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The 4" column in the table of fractionation factors is the ratio of the logarithm of
rotational/vibrational partition functions for a crude estimate for the transition state of methane
being dismantled by the Mcr-mediated reaction. We note that the measured fractionation factors
are crudely similar, but not identical, to the InQ*'/InQ* ratios; the ratios of logs of partition
functions provide better rationalizations for the measured fractionation factors than do reduced
masses along individual bonds. We note further that this is evidently a characteristic of AOM as
opposed to abiotic oxidation in the atmosphere and perhaps bacterial aerobic oxidation, where
fractionation factors are significantly closer to the square root of the inverse ratios of relevant
reduced masses (Haghnegahdar et al., 2017; Whitehill et al., 2017; Krause et al., 2022). For
example, the values for a'*C/"?C, aD/H, o!*CH3D/CH4, and a'>’CH,D2/CH4 of methane oxidation
by OH radical in the atmosphere are 0.994, 0.758, 0.752, and 0.521, respectively (Haghnegahdar
et al., 2017), which by inspection are seen to be closer to expectations from reduced masses along
a C-H reaction coordinate. We suggest that larger fractionation nearer to unity, and resembling
plausible ratios of energies of methane transition states, reflect significant binding of methane to
the catalyzing enzymes (e.g., Mcr), in the case of AOM, leading to a more dispersed dependence

of bond rupture on overall rotational/vibrational energy for the different isotopologues.

The model formulated to accommodate the measured fractionation factors comprises the
set of rate constants, with branching ratios, and fractionation factors shown in Table 2. Several
assumptions are needed based on theoretical consideration because some inputs are not readily
available from the experiments. Taking reactions 2 and 3 as an example, the breakage of a '2C-D
bond in ">CH3D (primary kinetic isotope effect for D/H, o») is associated with a larger kinetic
isotope effect than breaking a '?C-H bond in '>CH3D (secondary kinetic isotope effect, as). Thus,

we set a2 to be 0.5, which is close to the primary KIE (0.41 = 0.04) observed in the methane
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activation experiment using the Mcr enzyme (Scheller et al., 2013). The primary KIEs for doubly
substituted species are derived following the rule of the geometric mean with measured y values
(Egs. 8-9). The branching ratios are set to be %4 for reactions 2 and 7, % for reactions 3 and 8, and
Y for reactions 4 and 5, as only Y of the time the D is removed from '2CH3D or '*CH3D in its
destruction while % of the time an H is removed. Accordingly, the secondary KIEs are calculated
from the measured fractionation factor, Pa, and the branching ratios such that Pa = Y4 oz + % as.
We further consider bulk and clumped isotope equilibrium in the reversible reactions. At
equilibrium, the ratio of the reverse and forward KIEs is equal to the EIE of the reaction. Thus, the
KIEs for the reverse reactions are derived using the forward KIEs above and the EIEs calculated
by Gropp et al. (2021). When the reaction is irreversible, only the forward KIEs are expressed,
whereas the EIEs are expected to be more dominant when the reaction is highly reversible. In the
latter case, we have allowed for exchange equilibrium among methane molecules to result from
methane formation. This is done by including P?yeq and *Pyeq, the fractionation factors representing
equilibrium abundances of "?CH,D> and '*CH3D in thermodynamic equilibrium. In what follows
we use an equilibration temperature for AOM of 20 °C. We verified the branching ratios in Table
2 using the full 280 reactions involving 50 isotopomer species and simple rate constants composed

of square roots of inverse ratios of reduced masses (see below).

Reversibility is determined by the ratio @ = k/kr. Where @ = 0, oxidation is “irreversible”,
corresponding to Rayleigh fractionation with purely kinetic fractionation factors. We assume that
the high-sulfate Svalbard incubation represents this irreversible end-member. Where @ > 0, the
influences of reversibility become immediately evident for even small values (and being mindful
that k, refers to a 2" order reaction while ks is for a first-order reaction, with the commensurate

change in units for the rate constants). As @ — 1, the oxidation at the Mcr step approaches full
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reversibility and equilibrium relative abundances of methane isotopologues result from the

reaction with only negligible decreases in methane abundance. In all cases, the systems reach

steady-state, given sufficient time, with the steady state abundance of methane, and its

isotopologue composition, determined by the value for @.

Table 2-2

Rate constants (k) and isotope fractionation factors (o) for the simplified

reaction network of isotopologues. Poeqp and Poeqs are the equilibrium fractionation factors for

primary and secondary fractionations, respectively. P*Yeqipis) and *Pyeqipss) are the fractionation

factors representing equilibrium abundances of '?CH;D, and *CH3;D in thermodynamic

equilibrium. The reader is referred to the text for interpretation of the table.

Reaction k a

1. CHs—> CH;+H ks o1 =1.000
2. CHsD —- CH3+ D Ko = Ya ks a2 a2 =0.500
3. CH3sD - CH.D +H ks = % kr o3 o3 =0.968
4., CH:D2, — CH:D + D ks = Y5 ki 04 os = 0.441
5. CH2D2, —» CHD2 + H ks = Y2 ki o5 os=0.879
6. 8CHs — BCHz + H ke = ki os o6 =0.995
7. 8CHsD — ®CHz +D k7 = Yaks o7 o7=0.490
8. 18CHsD — ¥*CH.D+H ks = % K 08 os=0.949
9. CHs + H— CHs ko = Y2 ki 09 Olo = 01

10. CHs + D — CHsD
11. CH2D + H — CHsD

12. CH.D + D — CH»D»
13. CHD2 + H — CH-2D»

14. BCHs + H — BCH4

15. 13CH3; + D — 18CH3D
16. ¥CH,D + H — ¥CHsD

K10 = %2 kr 010
K11 = %2 kr 011
k12 = Y2 kr 012

kiz = kr a13

kisa = Y2 kr 0114
kis = Y2 kr 015

kKis = Kr 016

o10 = 02 * D(Xeq-P

011 =03 D(leq—S

Q12 = 04 - DZqu-P : D(Xeq-P : D(Xeq-S
13 = 05 ° D Yeq-S © Oleg-S * D(leq—S
014 = 06 - . Oleg

015 = 07 -

Yeq-P - " Oeq * D(leq—P

— 1 D
016 = 08 * Yeq-S © “TOeq " Oeg-S

4.3.2 Example applications

Irreversible Rayleigh fractionation: This example application of the model is trivial in so

far as it is the model assumed to derive the fractionation factors. Nonetheless, it is useful to
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illustrate that the Svalbard sediment incubation data are properly accounted for using the model.

Figure 7A shows the path in A3*CH3D vs. A'CHzD; space predicted by the model compared with

the calibration data for the case of Rayleigh fractionation where @ = 0. The model also fits the

bulk isotope data well for similar values of F, the fraction of methane remaining (Fig. 8A).
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Fig. 2-7 Methane clumped isotope data and model outputs of the general model for
methane isotopologue fractionation due to AOM. (A) Comparison of our simplified model with
incubations of Svalbard methane seep sediment slurry showing the model fits the data. (B)
Comparison between Santa Barbara Channel methane seep incubations and our simplified model
with inclusion of low turnover from CH4 to CHs of about 1%, defined as [CH3]/[CH4] at steady
state. (C) Comparison between deep biosphere incubations and our simplified model. The in-situ
methane gas from the Beatrix Gold Mine is shown for comparison (Young et al., 2017). The model
in panels A—C uses 16 reactions involving 12 isotopologues and measured fractionation factors of
the Svalbard incubation (Table 2). (D) Comparison of enzymatically-mediated exchange of
methane molecules with our model prediction using the full 280 reactions involving 50 isotopomer
species and simple rate constants composed of square roots of inverse ratios of reduced masses.
Reversibility (@) is determined by the ratio of the reverse rate constant to the forward rate constant
(k/kr). Where @ is closer to one, oxidation is more reversible, and vice versa. The solid black line
depicts theoretical thermodynamic equilibrium abundances of methane isotopologues, along with

corresponding temperatures. Error bars are one standard error.

Reversibility: Some data for methane known to have been processed by AOM exhibit
significant variations in A3CH3D at roughly constant A'>CH>D, and minimal variations in bulk
isotope ratios. Our model explains these data as being the result of more reversibility in the Mcr-
mediated transformation between CH4 and CH3+H. We illustrate this here by comparing our results

with the sediment slurry incubation data from the Santa Barbara Channel.
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Fig. 2-8 Methane bulk isotope data and model outputs of the general model for

methane isotopologue fractionation due to AOM. (A) Comparison of our simplified model with

incubations of Svalbard methane seep sediment slurry showing the model fits the data. (B)

Comparison between Santa Barbara Channel methane seep incubations and our simplified model.

(C) Comparison between deep biosphere incubations and our simplified model. The model in

panels A—C uses 16 reactions involving 12 isotopologues and measured fractionation factors of
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the Svalbard incubation (Table 2). (D) Comparison of enzymatically-mediated exchange of
methane molecules with our model prediction using the full 280 reactions involving 50 isotopomer
species and simple rate constants composed of square roots of inverse ratios of reduced masses.
Reversibility (@) is determined by the ratio of the reverse rate constant to the forward rate constant

(k/k)).

Most of the data exhibit a “horizontal” trend in the mass-18 isotopologue diagram that can
be reproduced with our model using k/k; ~ 5x10°° resulting in a predicted steady-state
concentration of methane that is about 99% of the initial value, and with negligible changes in 6D
and 8'3C, in broad agreement with the data (Figs. 7B, 8B). As the k/krincreases to 10!, the model
leads to increases in both A3*CH3;D and A'?CH,D; (Fig. 7B). This at least qualitative agreement
between the AOM data from the Santa Barbara Channel and the model for significant reversibility
in the first AOM step mediated by Mcr raises the specter of a potential monitor of Mcr-catalyzed
intracellular isotope exchange operating at near-threshold free energy geochemical settings, such

as the deep biosphere (Fig. 7B-C).

Indeed, near-equilibrium methane isotopologue ratio of in-sifu methane was found in the
Beatrix Gold Mine with minor negative excursion in A2 CH,D relative to equilibrium (Fig. 7C;
Young et al., 2017). Here, methane was produced abiotically with negative A'>’CH>D; values that
are progressively erased by the incursion of biological activity that drives the isotopic bond
ordering in methane towards equilibrium (Young et al., 2017). The board consistency in
isotopologue ratios between the in-situ gas and laboratory incubations of the Beatrix samples

further confirms the modeled trajectory (Fig. 7C).
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We checked that the modeled trajectories are robust, and can be derived using kinetic rate
constants defined by reduced masses alone combined with the full 280 reactions for all isomers
(see below). We used the measured fractionation factors from the Svalbard incubation as model
input for the Santa Barbara Channel and deep biosphere incubations as well. However, this may
not be the case. To test whether the model is sensitive to the input fractionation factors, all KIEs
and EIEs are set to 1.0 with the P?y.q and *Pyeq unchanged. This sensitivity test indicates that the
modeled trajectory remains the same and is not sensitive to the input fractionation factors when

the reversibility is relatively high (Fig. S7).

Exchange mediated by Mcr: In the last example we make use of a related but different
model to illustrate the path in A*CH3;D vs. A2 CH,D» space due to enzymatically-mediated
exchange of isotopes among methane molecules. The Mcr experiments provide the data against
which to test this model. We do not use precisely the model shown in Table 2 in this case. The
reason is that pure exchange is likely to be dominated by symmetry effects, and the fractionation
factors obtained from the Svalbard experiments are an unresolvable convolution of these effects
with other factors. To overcome this issue, this model is analogous to the simple model above, but
in this case all isomers are included, producing 50 species related by 280 reactions, to explain the
kinetics. Rather than the measured fractionation factors, we here use generic kinetic fractionation
factors corresponding to square roots of the inverse ratios of relevant reduced masses ('?C-H, '*C-

H, '2C-D, etc.).

We impose a value for @ of > 0.1, making the result dependent only on the relative number
of isomers for each species and the two equilibrium fractionation factors *2yeq and '*Pyeq. Figure
7D shows our prediction dominated by symmetry with the 60 °C exchange experiments in which

the Mcr enzyme operates at its optimal condition. Here again, the agreement is reasonably good,

101



suggesting that the inferences about the trajectory in A3 CH3D vs. A"?CH,Dz space due to nearly
complete reversibility are correct. However, at 20 °C, below the optimal condition for the Mcr

enzyme, a much lower @ is needed to reproduce the data.

Limitation: Due to the complexity of isotopomer species involved in the reactions, the
models presented here only focus on the first and, arguably, the most important step of AOM but
do not include other intracellular pathways. As demonstrated by Wegener et al. (2021), a multistep
isotope model for AOM including KIEs and EIEs is useful to explain the opposing bulk isotope
effects (cf. Northrop, 1981). Such multistep isotopologue models have also been used to simulate
clumped isotope effects of microbial methanogenesis (Cao et al., 2019; Young, 2019; Gropp et al.,
2022; Ono et al., 2022). Indeed, this one-step model fails to yield inter-species isotope equilibrium
for bulk isotopes with high reversibility, though equilibrium fractionation factors for both bulk and
clumped isotopes are parameterized in the model. Therefore, we stress that the inputs and outputs
of our model should be considered as illustrative approximations. Furthermore, the rate of AOM
itself was not directly measured in our experiments other than the Svalbard slurry incubations. The
lack of rate information limits the ability to quantify the degree of reversibility on the isotopologue
ratios in our study. Nonetheless, the models presented here allow multiple scenarios to be tested
and suggest that high reversibility and low reversibility have characteristic trajectories in A'*CH3D

vs. A">CHzD; space that are exhibited by the data.

4.4. Kinetically-driven AOM versus equilibrium-driven AOM

Taking all of our results together, we find that the A'3*CH3D and A">’CH:D; signatures of

AOM can be understood in terms of reversibility at the Mcr step. The degree of reversibility is
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presumably controlled by the tenets of disequilibrium thermodynamics in which rates of reaction
are proportional to reaction affinity (deviations in chemical potentials from equilibrium). Kinetic
clumped isotope fractionation is found in the Svalbard slurry in which large amounts of methane
are provided to the active ANME community. This kinetic signature is also seen in natural fluids
from the South Chamorro Seamount, indicating that the kinetic isotopologue fractionation does
not differ substantially between laboratory incubations and natural environments (Fig. 6). When
less methane is provided, A'3CH3D tends to increase towards thermodynamic near-equilibrium
values with minimal increase in A"?CH2D; (Fig. 3E). For example, there is a striking difference in
the isotopologue evolution of residual methane between the Svalbard slurry, in which kinetics
drives ACH3D and A'CH»D> to extreme values, and the Santa Barbara slurry incubations in
which changes occur mainly in A'*CH3D and appear to approach equilibrium, even though the
sediments are both from methane seeps (Fig. 3). The simple kinetic model shown here reproduces
the salient features of this behavior as being the result of reversibility (Fig. 7). Another reason for
this discrepancy is the biomass of ANME archaea under different conditions, such that in slurry
that experienced high methane concentrations over a longer period of time, the biomass may be
higher and vice-versa. We therefore infer that AOM with high sulfate concentrations may show
either kinetic or equilibrium behavior depending on the local ANME community, the availability

of methane, and thus the overall thermodynamic drive.

We conclude that both A'*CH;3D and A'>CH:D; values reflect kinetic isotope fractionation
and increase beyond intra-methane thermodynamic equilibrium when the net AOM reaction has
low reversibility due to high rates, whereas largely reversible exchange between methane
isotopologues facilitated by the Mcr enzyme under a lower thermodynamic drive leads to methane

isotopic bond re-ordering, driving the abundances of methane isotopologues ultimately to
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thermodynamic quasi-equilibrium values. This observation is consistent with reaction affinity as a
primary determinant for the behavior of the system. These departures from equilibrium, or reaction
affinities, are controlled by environmental factors, including but not limited to, temperature,
concentrations of methane and electron acceptors, and perhaps the type of electron acceptors.
Although it seems that *CH3;D and 'CH,D. equilibration are ultimately controlled by the
reversibility of AOM, the driver for different trajectories in A'?CH3D vs. A">)CH,D: space is still
elusive. Future efforts should explicitly focus on the environmental controls of the enzymatic
activity of intracellular pathways and the reversibility of AOM, and their intrinsic link to methane

isotopologue ratios.

4.5. Implications

A schematic representation of methane clumped isotope signatures of diverse methane
sources, as well as kinetically- and equilibrium-driven AOM, is shown in Figure 9. Extremely low
A’ CH,D, values down to ca. —40%. have been observed for microbial methane under
experimental and natural conditions, as well as thermogenic and abiotic methane generated by
laboratory experiments (e.g., Young et al., 2017; Young, 2019; Taenzer et al., 2020; Dong et al.,
2021). Besides equilibrium-driven AOM, isotopologue data near thermodynamic equilibrium have
been attributed to high-maturity thermogenic or high-temperature abiotic methane, as well as low-
rate methanogenesis (Stolper et al., 2015; Wang et al., 2015; Young et al., 2017; Ash et al., 2019;
Giunta et al., 2019; Labidi et al., 2020; Warr et al., 2021; Xie et al., 2021; Gropp et al., 2022; Ono
et al., 2022). Recently, Ono et al. (2022) demonstrated that methanogenesis does not occur or only
proceeds at extremely slow rates at low pH> in energy-limited deep sedimentary environments

using an isotopologue flow network model, and therefore inferred that near-equilibrium methane
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isotopologue signals in deep marine sediments are produced by the catalytic reversibility of the
Mcr enzyme, likely from ANME archaea performing either AOM or net methanogenesis. This
inference is consistent with our incubation experiments in which Mcr-catalyzed isotope exchange

occurs.

To date, extremely positive A'*CHsD and A'?CH:D- values have been observed, as
demonstrated here, only under conditions where AOM occurs with a low degree of reversibility.
This observation raises an intriguing question whether methane clumped isotope signature of AOM
could have the potential to be diagnostic of AOM on Earth and perhaps throughout the solar system
where methane has been detected (Webster et al., 2015; Waite et al., 2017; Yung et al., 2018;
Thompson et al., 2022). For example, the in-situ discovery of isotopically depleted methane gas
on Mars by Curiosity (Webster et al., 2015; House et al., 2022) indicates that methane is produced
either biogenically or abiogenically (Atreya et al., 2007; Yung et al., 2018), and its emission results
in the presence of methane in the atmosphere of Mars (Formisano et al., 2004). On the other hand,
although the atmospheric methane sink on Mars has been quantified (Atreya et al., 2007; Yung et
al., 2018), abiotic loss mechanisms would suggest a mean atmospheric residence time of ~300
years — substantially longer than observed methane lifetimes on the order of months to years
(Lefevre, 2019). The conditions for a subsurface microbial sink on Mars are still elusive.
Nevertheless, the reaction transport model by Marlow et al. (2014) demonstrated that AOM could
be a feasible metabolism on ancient Mars, for example, in sulfate-rich groundwater with methane
from serpentinization by-products, and acid-sulfate fluids with methane produced from basalt
alteration. The surface of Mars also includes deposits of iron oxides and manganese oxides, Fe-
and Mn-dependent AOM therefore has also been proposed as a possible metabolism for recent and

ancient Mars (House et al., 2011). Applying these inferences to our understanding of methane
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cycling on Mars is speculative. Nonetheless, a robust in-situ approach is needed to trace processes
of methane cycling on future missions such as Mars Life Explorer (National Academies of

Sciences, Engineering, and Medicine, 2022).

Mars is one of the most promising candidates for the application of methane isotope
clumping. The reason is that doubly substituted isotopologues of methane remove the difficulties
associated with using bulk '3C/!>C and D/H elsewhere in the solar system, where the geochemical
context necessary for interpreting these ratios is hampered by incompletely characterized chemical
cycles (Lefevre, 2019; Young, 2019; House et al., 2022). In A'*CH3D vs. A’CHzD; space,
microbial, thermogenic, and abiotic methane gases are either below or near the thermodynamic
equilibrium predictions (Fig. 9). Once formed, methane could be oxidized photochemically or by
microbial oxidation. These sinks have different A'*CHsD vs. A">CH:D» signatures, depending
upon whether a steady state is achieved or not. The details depend on the precise y values, but in
general, by analogy with Earth’s atmosphere, oxidation in the atmosphere (e.g., by OH radicals)
should ultimately lead to either high A'>CH:D; of order tens to hundreds of per mil at less variable
ACH3D values in residual methane at steady state, or extremely low values for both where a
steady state between methane formation and oxidation has not been achieved (Fig. 9)
(Haghnegahdar et al., 2017). The trajectories for microbial aerobic oxidation of methane are like
those of the CH4 + -OH reaction (Krause et al., 2022). AOM, on the other hand, can lead to
extremely high A'2CH,D» and A'>*CH3D values up to 65.1%o and 19.5%o, respectively, as shown
here. Indeed, these signatures are essentially orthogonal. Although mixing scenarios could mimic
the extreme signatures from AOM, those mixing scenarios require extremely large differences in
bulk carbon and hydrogen isotopic values of the two endmembers of methane (e.g., some 80%o

and 300%o differences in endmember §'3C and 8D values, respectively), possibly allowing
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kinetically-driven AOM to be distinguished from mixing with concurrent measurement of bulk

isotopes.
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Fig. 2-9 A schematic representation of methane clumped isotope signatures of diverse

methane sources and sinks, as well as kinetically- and equilibrium-driven AOM. Circle
symbols depict residual methane during incubations of the Svalbard methane seep sediment slurry,
while methane data of natural fluids from the South Chamorro Seamount are shown as square
symbols. Rhombus symbols illustrate residual methane from the Mcr exchange experiment and
incubations of the Santa Barbara Channel sediment slurry. Deep biosphere incubations are shown

as triangle symbols. The solid black line depicts theoretical thermodynamic equilibrium
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abundances of methane isotopologues, along with corresponding temperatures. The purple star
represents the tank gas used in the slurry incubation experiments, and the zone of equilibrium-
driven AOM is based on an initial gas of thermogenic origin. For comparison, two modeled
trajectories for methane oxidation with OH radical (y for 3CH3;D = 0.999, y for '?CH,D, = 0.907;
Haghnegahdar et al., 2017), the major methane sink in air, are shown: the solid line is the Rayleigh
distillation model (cf. Fig. 6A), the dashed line is the steady-state closed-system model ((E/k)/no
= 1; cf. Fig. 6E). The trajectories for aerobic oxidation of methane are similar to those of CHy4 +
‘OH reaction (Krause et al., 2022). The zonation of methane sources is adopted from Young et al.
(2017), Young (2019), Dong et al. (2021), etc. All the plotted data are from this study. The reader

is referred to the text for interpretation of the figure.

While intriguing, we presently point out that clumped isotopes for methane would be an
approach with a high potential for false negatives, as only anaerobic oxidation of methane, and
only under conditions of low reversibility, would reasonably produce a sufficiently diagnostic
signal. Another caveat here is that significant technical development would be necessary to
measure methane that has an atmospheric mixing ratio on the order of a few ppb. Nonetheless,
along with previous isotopologue studies on microbial methanogenesis (Stolper et al., 2015; Wang
et al., 2015; Young et al., 2017; Taenzer et al., 2020), our work on the effects of AOM on doubly
substituted isotopologues of methane suggests that future missions could benefit from additional
research and technique development for in-sifu mission measurements of methane clumped
isotopes on Mars, Enceladus, and other solar system bodies where the methane cycling is a key

(bio)geochemical tracer.
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5. Conclusions

We performed clumped isotopologue analysis on methane samples from laboratory
microbial incubations and natural environments to elucidate the range of clumped isotope effects
caused by AOM under different conditions. We found extremely high A'*CH3D and A'>’CH:D;
values up to 19.5%0 and 65.1%o, respectively, in microbial incubations of sediment slurries from
the Svalbard methane seep and in natural fluids from the South Chamorro Seamount. We found
near-equilibrium methane clumped isotope compositions in the Mcr exchange experiment and
microbial incubations of sediment slurries and/or fracture fluids from the Santa Barbara Channel
and deep biosphere. Thermodynamic drive and the reversibility of AOM intracellular reactions are
invoked to interpret the observed differences in A*CH3D and A CH,D: signatures and the
interpretations are consistent with results from a simple, one-step isotopologue fractionation model.
Low reversibility of the AOM reaction means a pronounced expression of kinetic fractionation of
clumped isotopologues, whereas the Mcr-catalyzed intracellular isotope exchange may be more
prominent with higher reversibility. The latter drives the isotopic bond ordering in methane
towards equilibrium and may be responsible for the widely observed near-equilibrium clumped
isotope signatures in substrate-limited anoxic natural environments where microbial methane

production and/or oxidation occur.
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Supplementary Material: Liu et al. Reversibility controls on extreme methane clumped

isotope signatures from anaerobic oxidation of methane
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Fig. 2-S1 Methane production (amount of methane over time) in the methane-free control
experiment: (A) Svalbard sediment slurry, (B) Santa Barbara Channel sediment slurry. For
reference, dashed lines represent the amount of methane in the bottle with a pure methane
headspace. The control incubation of Santa Barbara slurry showed a small amount of methane
build-up in the headspace of the sediment slurry over the 33 days. We interpret this methane
increase as the result of equilibration between the slurry and gaseous phases rather than microbial
methanogenesis, because unlike the Svalbard sediment slurry (flushed three times), the Santa
Barbara Channel sediment slurry was flushed only one time following previous experiments with
a pure methane headspace. However, if the methane build-up was the result of microbial
methanogenesis, it would represent a very small fraction (ca. 1%) of the methane that is normally
added during our experiments, resulting in a negligible isotope effect.

127



Fig. 2-S2 High pressure cultivation scheme. (A) The bottoms of Hungate tubes are removed
using a glass cutter and replaced with a hand-made piston prepared from a butyl rubber stopper.
(B) Headspace is sparged with N> gas to remove lab air following anaerobic addition of sediment
and media. (C) Headspace is replaced with N, atmosphere with '3C-labeled CHa. (D) Cross-section
of stainless-steel hydrostatic pressure vessel containing inverted Hungate tubes. Pressurization to

40 MPa pushes the '*CH4 headspace into solution by way of the butyl rubber piston.
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Fig. 2-S3 8'3Cbpic in high pressure (40 MPa) Nankai deep biosphere sediments incubated with
I3CH4. Rates were calculated relative to an autoclaved kill control according to Eq. S1. Black
facets indicate electron acceptor conditions where A'*CH;D and A?’CH,D, were measured in
parallel experiments incubated at ambient pressure (ca. 150 kPa) and with 100% natural abundance
methane. Significance (closed circles) was determined at each time point if §'3Cpic sample >

(8"3Cpic kin+ 3*SDxin). 8"*Cpic was calculated according to Eq. S1.
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Fig. 2-S4 Rates of AOM 3Cpic production (rpic) in high pressure (40 MPa) Nankai deep
biosphere sediments incubated with '3CHa. Rates were calculated relative to an autoclaved kill
control (normalized here as rpic = 0) according to Eq. S2. Black facets indicate electron acceptor
conditions where A’CH,D, and A*CH3D were measured in parallel experiments incubated at
ambient pressure (ca. 150 kPa) and with 100% natural abundance methane. Closed circles indicate

statistically significant rpic relative to the kill control (one-tailed test, P < 0.05).
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Fig. 2-S5 Equilibrium-driven methane isotopologue data with detailed description for

residual methane in incubation experiments. (A) Exchange reaction between methane and
methyl-coenzyme M. (B) Santa Barbara Channel sediment incubation with sulfate. (C) Nankai
Trough sediment incubation with nitrate or nitrite. (D) Beatrix Gold Mine fracture fluid incubation
with sulfate or iron (III). Electron acceptor, incubation time and temperature are shown in the
legend of each panel. The purple stars represent the initial tank gas. The solid black line depicts
theoretical thermodynamic equilibrium abundances of methane isotopologues, along with
corresponding temperatures. Error bars are one standard error.
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Fig. 2-S6 Sensitivity test of the Rayleigh fractionation model (A-B), open-system flow and

steady-state model (C—D) and closed-system time-dependent shift model (E—F). Bulk isotope
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fractionation factors in blue are changed from the original values shown in Fig. 6. The carbon
isotope fractionation factor (1.023) is adopted from the low sulfate experiment of Wegener et al.
(2021). A higher hydrogen isotope fractionation factor of 1.175 is used here as a maximum

estimation. Lines and markers follow Fig. 6.
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Fig. 2-S7 Sensitivity test of the general model for methane isotopologue fractionation due to

AOM. Instead of using the fractionation factors in Table 2, all KIEs and EIEs are set to 1.0 with

the exception of P?yeq and *Pyeq. Lines and markers follow Figs. 7 and 8.
p
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SUPPLEMENTARY METHODS
3CHy tracer microcosm experiment at high hydrostatic pressure — Nankai Trough

Microcosms were set up inside an anaerobic glove bag (Coy Laboratory Products, Grass
Lake, MI USA) under a 5:95 H2:N2 atmosphere. Fresh aluminum foil was placed on the working
surface of the glove bag and ethanol-sterilized nitrile gloves were worn over the glove bag’s
neoprene gloves to minimize potential contamination of low-biomass samples. The surface of each
C0023A whole round core (WRC) was scraped using an ethanol-sterilized scalpel to remove
sediment exposed to Kochi Core Center’s anaerobic packaging. For each WCR, ~ 1 g (wet weight)
of freshly exhumed interior sediment was transferred into high-pressure modified Hungate tubes
(Fig. S2; Bowles et al., 2011) containing 5 mL anoxic sulfate-free artificial seawater medium at
pH 8.0 (Widdel and Bak, 1992; Holler et al., 2011) and supplemented with 10 mM (final
concentration) of one of the following electron acceptors: SOE{, NO3, NO; , Mn** (in the form of
MnQ»), or Fe** (in the form of Fe,O3*H>0), in addition to a no-added oxidant control (i.e.,
“endogenous activity). Fe2O3*H>O and MnO» were synthesized as previously described (Cornell
and Schwertmann, 2003; Héndel et al., 2013). The headspace of each microcosm was replaced
with 2:98 *CH4:N> (100 kPa), prepared by mixing via gas-tight syringes (Trajan Scientific and
Medical, Melbourne, Australia) in sealed Tedlar® bags (DuPont, Wilmington, DE USA). An
autoclaved kill control was included as a reference for determining significant biological AOM.

All treatments were assessed in biological triplicate.

Microcosms were inverted and placed inside stainless-steel hydrostatic vessels with a pin-
retained piston closure pre-heated in gravity ovens to an approximate in-situ temperature of 40°C
(Fig. S2). Vessels were sealed and pressurized to 40 = 0.5 MPa using a hydrostatic pump as

previously described (Yayanos, 1995) and subsequently returned to gravity ovens for incubation.
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Subsamples of the enrichments were collected at 0, 14, 60, 200, and 350 days to monitor CH4
concentrations and the evolution of §!*Cpjc. Briefly, hydrostatic vessels were removed from ovens
and depressurized for retrieval of Hungate tube microcosms. From each sample, a 500 pl aliquot
of the slurry was anaerobically transferred using Ar-sparged syringes and needles into combusted
borosilicate serum vials pre-treated with saturated HgCl> to kill any microbes contained in the
sample (Sherwood Lollar et al., 1993a; Sherwood Lollar et al., 1993b). Vials were sealed under a
100% N> atmosphere with crimped 0.1 NaOH-treated butyl rubber stoppers (Bellco Glass, Inc.,
Vineland, NJ USA). Following sample transfer, serum vials were over-pressurized with N> gas to
minimize the risk of mixing with atmospheric CO.. To exsolve all DIC out of solution, vials were
supplemented with 100 uL of 0.5 N H3POs, and heated overnight in a water bath at 70°C. CH4
concentrations and 8'*Cpic were analyzed from the headspace using a Picarro cavity ringdown
spectrometer equipped with a G2101-I Isotopic CO» analyzer (Picarro, Inc., Sunnyvale, CA USA).

Resulting isotopic values were calculated according to

13¢
IZCDIC sample .
AL 1| %1000 %o (S1)
“pic standard
Pepic

with respect to the [*C/'?C] ratio of the Vienna Pee Dee Belemnite standard. AOM was determined

813CDIC:

to have a significant influence on §'°*Cpic if its average §'*Cpic + standard deviation (SD) was

greater than the average 5'Cpic + 3 x SD of the kill control (§*Cp;c ) (Fig. S3).

DIC production rates (rpic) for each sample are shown in Figure S4 and were calculated

according to

13 813
°Cpicy ~ 3°CDIC, ki pic(P4
8C13y,— 8°Cpic,; ,; d\g
CHy d.kill d

DIC (pmol cm™ day'1 )= (S2)

t
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where DIC, is the sum of '*Cpic and >Cpic in pmol at depth d, psis the bulk density of the sediment
at depth d in grams cm™ (http://sio7.jamstec.go.jp/j-cores.data/370/C0023A/), and g4 is the grams
of sediment incubated from depth d, and ¢ is the number of days of incubation. Data were assumed

to follow a normal distribution and rpic values were assigned z-scores according to

z= (Tpic_sample — Wreitr) / Okin (S3)

from which P values were subsequently calculated using a 1-tailed test.
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ABSTRACT

Methane in oil reservoirs originates mostly from thermogenic sources, yet secondary
microbial methane production from petroleum biodegradation is known to be pervasive. The
conventional approach for identifying this secondary microbial methane commonly relies on
geochemical characteristics of other gas molecules such as the carbon isotopic composition of
carbon dioxide and propane. This information is sometimes obscured by isotopic variations in
source material and may not be available in certain geological reservoirs. To better constrain the
presence of secondary microbial methane, we studied the clumped isotopologue compositions of
methane in terrestrial Azerbaijanian mud volcanoes, which support the occurrence of secondary
microbial gas. Here, a deficit in A>CH,D; of thermogenic methane occurs due to different 8D of
hydrogen sources that contribute to the formation of methane molecules (i.e., combinatorial effect).
The A'?CH:2D; is expected to move towards equilibrium as thermal maturity increases. More
importantly, both ACHs;D and A!?CH,D, values of methane approach low-temperature
thermodynamic equilibrium in most gases, suggesting that the original thermogenic methane has
been altered by newly formed microbial methane in addition to isotope exchange among methane
molecules catalyzed by the methyl-coenzyme M reductase enzyme. We conclude that methane
clumped isotopes provide a unique proxy for identifying secondary microbial methane and

understanding the exact evolution stages for natural gases.
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INTRODUCTION

Methane is the simplest of all hydrocarbons and the main constituent of natural gas.
Naturally occurring methane derives from three main sources: microbial, thermogenic, and abiotic.
Microbial and thermogenic methane are formed by microbial degradation and thermocatalytic
decomposition of organic matter, respectively (e.g., Reeburgh, 2007). Primary microbial gas forms
from dispersed organic matter in relatively shallow sediments, whereas secondary microbial gas
is produced from petroleum accumulations during biodegradation (e.g., Milkov, 2011). Abiotic
methane is generated by magmatic and gas-water-rock reactions such as serpentinization and
Sabatier reaction (e.g., Etiope and Sherwood Lollar, 2013).

The origins of methane are commonly inferred using diagrams plotting molecular ratios of
alkanes against the bulk carbon and hydrogen isotopic composition of methane (Bernard et al.,
1977; Whiticar, 1999). The fields indicating the methane sources in these empirical bivariate
diagrams may overlap because bulk isotopic ratios reflect a combination of formation and
alteration processes coupled with mixing and migration. For example, secondary microbial gas is
commonly mixed with the original thermogenic gas in natural gas reservoirs, whereas their bulk
isotopic compositions are almost indistinguishable (e.g., Milkov and Etiope, 2018). Given the
complexity of bulk isotopic systematics of methane, an integrated geochemical-geological
approach including geochemical characteristics of associated gas molecules, is commonly used to
recognize the presence of secondary microbial gas (Milkov, 2011, and references therein).

During petroleum biodegradation, both short- and long-chain alkanes can be converted to
methane. This methanogenic degradation can proceed either through syntrophic partnerships of
hydrocarbon-degrading bacteria and methanogenic archaea (e.g., Zengler et al., 1999) or by

alkylotrophic methanogenic archaea (Zhou et al., 2022). As biodegradation continues, the gas
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becomes more methane dominated with high C1/(C,+C3) ratios, where C; is methane, C is ethane,
and Cs is propane. In addition, as CO> derived from biodegraded petroleum is progressively
converted into methane through the syntrophic pathway, the residual CO> becomes more enriched
in 1*C, with 8"*C values commonly exceeding +2%o and as high as +36%o. (Milkov and Etiope,
2018). This '3C enrichment of CO: is considered to be one of the best geochemical indicators of
secondary microbial gas (Etiope et al., 2009b; Milkov, 2011). As Etiope et al. (2009b) also pointed
out, however, 8'*Ccoz variability can be more than 50%o within the same seepage system, both in
space and time, suggesting that the '°C of CO, may be affected by environmental conditions such
as isotopic variations in source material and/or extent of COz conversion to methane. Similarly,
3C-enriched propane has been used as a tracer of anaerobic biodegradation, but propane
concentrations are commonly below detection limits in many natural gas reservoirs (Etiope et al.,
2009b; Milkov, 2011).

To better identify the presence of secondary microbial methane, we focus on the multiply
substituted, a.k.a. “clumped,” isotopologue compositions of methane. In general, isotope clumping,
or isotopic bond ordering, traces the processes controlling the formation of the molecules
independent of source material (Stolper et al., 2014; Wang et al., 2015; Young et al., 2017). The
combination of two mass-18 methane isotopologues ('*CH3;D and '2CH;D,) of thermogenic
methane commonly records equilibrium at its formation temperature of ~100-250 °C (e.g., Stolper
etal., 2014; Young et al., 2017; Xie et al., 2021). Microbially produced methane, on the other hand,
shows disequilibrium signatures or approaches equilibrium at an ambient temperature of ~0—80 °C
(e.g., Wang et al., 2015; Young et al., 2017; Taenzer et al., 2020). Therefore, we would expect
distinct clumped isotope signatures of secondary microbial methane different from those of the

original thermogenic gas (cf. Giunta et al., 2019; Thiagarajan et al., 2020; Jautzy et al., 2021;
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Zhang et al., 2021; Lalk et al., 2022). To further our understanding of natural gas evolution, we
analyzed the isotopologue ratios of methane from terrestrial mud volcanoes in Azerbaijan, where
methanogenic biodegradation has been proposed based on simulated petroleum seepage
experiments and the presence of '*C-enriched CO> and propane (Etiope et al., 2009b; Mishra et al.,

2017).

STUDY AREA AND METHODOLOGY

Mud volcanoes are constructional features from which sediments and fluids flow or erupt,
acting as an important source of methane to the atmosphere and to the ocean (e.g., Etiope et al.,
2004). The most active terrestrial area with the highest number of mud volcanoes is located in
eastern Azerbaijan (Aliyev et al., 2015). We sampled gas and liquid mud separately from 13 mud
volcanoes across different tectonic blocks in eastern Azerbaijan (Fig. 1; Figs. S1-S2 in the
Supplemental Material). Their geochemical characteristics were analyzed using standard methods
(see the Supplemental Material), including gas compositions, isotopologue ratios of methane, §'*C
of CO, and 8D of water. The relative abundances of the two mass-18 isotopologues are presented
in standard A notation (Fig. 2A), representing deviations from a stochastic standard in which

distributions of isotopes across all isotopologues are effectively random (Young et al., 2017).
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Fig. 3-1 Location map of sampled mud volcanoes. (A) Satellite maps of the Caspian Sea
and surrounding geological features (Google Earth). Insert places the enlargement within the wider
West and Central Asia. (B) Map of sampled mud volcanoes in eastern Azerbaijan (Aliyev et al.,
2015). Green asterisks represent sampled mud volcanoes 1-13 as detailed in Table 1. White box

in map A shows location of map B.
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methane isotopologues, along with corresponding temperatures. (B) Bulk isotope data of methane.
(C) 8'*Ccna versus C1/(C2+C3). (D) §'3Ccua versus §'*Ccoa. Genetic fields in panels B-D follow
Bernard et al. (1977), Whiticar (1999), and Milkov and Etiope (2018). Secondary microbial (SM)
field is shown in gray with dashed line. (E-F) A'3CH3D and A'>CH.D:> versus hydrogen isotope
fractionation (Pg) between methane and associated environmental water (cf. Wang et al., 2015).
Solid black curve represents thermodynamic isotopic equilibrium, with the €methane/water calibration
given by Turner et al. (2022). Aghzybir mud volcano is the only one releasing typical thermogenic
methane. Error bars are one standard error. VPDB—Vienna Peedee belemnite; VSMOW—Vienna

standard mean ocean water.
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CLUMPED ISOTOPE SIGNATURE OF THERMOGENIC METHANE FROM MUD
VOLCANOES

Methane gas from mud volcanoes mostly originates from thermogenic sources in the deep
subsurface (Etiope et al., 2009a). However, only one out of the 13 sampled mud volcanoes in the
study area released typical thermogenic methane as inferred using diagrams shown in Figures 2B—
D and S3. This thermogenic gas, sampled from the Aghzybir mud volcano (location 13 in Fig. 1),
has a low C1/(C2+C3) ratio of 19 as a result of high abundances of ethane and propane, though its
bulk 8'°C and 8D are indistinguishable from those of the rest of the gases (Table 1). The clumped
isotope composition of this methane sample exhibits a pronounced disequilibrium isotopologue
signature with a low A'? CH,D> value (Fig. 2A). Recent studies demonstrate that A'*CH3D values
of thermogenic methane gases are consistent with thermodynamic equilibrium at their formation
temperatures (Dong et al., 2021; Xie et al., 2021). The authors of these studies found that, however,
a deficit in A"? CHzD; in thermogenic methane can occur due to significantly different SD of
hydrogen sources that contribute to the formation of methane molecules (i.e., combinatorial effect).
The departure from equilibrium is most pronounced at low thermal maturities, and the A'>’CH,D;
moves towards equilibrium as maturity increases (Xie et al., 2021). This deficit in A'’CH,D» is
observed in the Aghzybir gas, while its A'>*CH3D value (3.9 £ 0.2%o) corresponds to an apparent
formation temperature of 100 + 8 °C. This temperature is lower than the peak thermogenic gas
window (170-180 °C) but still within the nominal gas window (e.g., Stolper et al., 2014). In
addition, the oD offset between methane and water is 192%o in the Aghzybir mud volcano,
significantly higher than the equilibrium prediction of 136 £ 2%, at 100 £ 8 °C (Turner et al., 2022),
which further confirms hydrogen isotope disequilibrium between methane and groundwater (Fig.

2E-F).
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Table 3-1

of samples from Azerbaijan mud volcanoes.

Isotopic ratio, gas composition, and in situ temperature of liquid mud (Tiquid)

13 13
o %%Com dDews  jmcpp ACHD, C(C, Cs  i-Cp  n-Cy O ccoe ODmo
LSRN by vemowy @) () +C) (pm) (BPM) BPM) S5 vemowy (O
VPDB) VSMOW) VPDB) VSMOW)
1.Demirchi 009 4507 4.4 128 4948 5 35 0 9.6 248 14
(gray)
2. Demirchi 575 4599 53 156 1874 18 33 0 113 -263 12
(brown)
3.Kichik —— n9 1972 6.1 189 8052 0 37 0 198  -21.0 23
Mereze
4. Shikhzarli  -405  -186.8 5.4 162 13831 0 25 0 192  -22.0 25
5. Garyja 418  -196.7 53 137 3219 14 38 4 273 -216 18
6. Pirekeshkul -41.6  -197.0 53 162 1729 5 24 0 280  -12.7 21
7.Uchtepe  -41.1  -196.1 55 184 3302 0 34 0 344  -19.3 22
8.Solakhay ~ -57.1  -203.1 6.0 181 2176 41 46 0 9.6 -23.8 22
9. Ayrantoken 450  -193.7 5.7 135 5683 7 38 0 233  -215 21
10. Dashgil  -40.8  -190.1 48 149 9279 5 18 0 -240  -288 22
11.Bahar  -440  -192.3 53 127 11043 0 5 0 102 -242 25
12. Khydyrly —-51.4  -190.8 6.0 202 3096 0 19 0 34  -333 26
514 2113 4.0 41 19 14865 3240 3063
13. Aghzybir 125 -19.7 25
514 -2112 3.9 41 19 14993 3271 3207

Note: C1—methane; C,—ethane; C3—propane; i-C4—iso-butane; n-C4s—n-butane. Note that two

mud volcanoes were sampled near Demirchi village, one with gray liquid mud, the other with

brown liquid mud. Two subsamples from the Aghzybir mud volcano were measured for methane

isotopologue ratio and alkane composition, as shown in the bottom two rows. VPDB—Vienna

Peedee belemnite; VSMOW—Vienna standard mean ocean water.
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MICROBIAL ALTERATION OF THERMOGENIC METHANE

Except for the Aghzybir mud volcano, all the remaining sampled mud volcanoes release
methane-dominated gas with high C1/(C2+Cs) ratios on the order of 10 to 10* (Fig. 2C). In
particular, the propane (C3) and n-butane (n-Cs4) concentrations in these gases are near or below
detection limits (7.9 + 11.9 and 0.3 + 1.2 ppm, respectively), whereas the average iso-butane (i-Cs)
concentration is 29.3 = 11.5 ppm (Table 1). These gas compositions are consistent with anaerobic
degradation of propane and n-butane by microorganisms. Microbial ecosystems documented in
marine hydrocarbon seeps can oxidize propane and n-butane simultaneously, but not iso-butane
(e.g., Kniemeyer et al., 2007). Furthermore, most of these gases are associated with *C-enriched
CO: (Fig. 2D), supporting the hypothesis of coupled hydrocarbon degradation and secondary
methanogenesis (Etiope et al., 2009b). In addition to biodegradation, molecular fractionation
during migration further leads to systematic loss of heavy hydrocarbons from reservoir to surface
in mud volcanoes where gas migration is dominated by advection but not diffusion (Etiope et al.,
2009a). Accordingly, isotope fractionation may occur during transportation but is generally not
significant (Etiope et al., 2009a, b).

The A'3CH3D and A'>’CH:D; values of biodegraded gases range from 4.4 to 6.1%o and from
12.7 to 20.2%o, respectively, corresponding to apparent temperatures of 13—75 °C and 21-83 °C,
respectively (Fig. 2A). In plots of A'3CH3D versus A'2CH;D,, methane from four samples plot on
the thermodynamic equilibrium curve, yielding equilibrium temperatures of ~20, 33, 59, and 79 °C.
The lowest temperature of 20 °C inferred from the Khydyrly gas is consistent with the measured
in-situ liquid temperature of 21 + 4 °C at the surface (Table 1). The clumped isotopologue ratios,
therefore, suggest that isotopic bond ordering in the original higher-temperature thermogenic

methane has been modified by microbial activity at lower temperatures, resulting in methane
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equilibrated at the low ambient temperatures. Therefore, methane seeping from these mud
volcanoes is a mixture of thermogenic and its equivalent biodegraded methane, the latter being the
result of low-temperature microbial methanogenesis. With burial, the evolution of isotopic bond
ordering in thermogenic gas from low to high maturity occurs at temperatures >100 °C (e.g.,
175 °C; Xie et al., 2021). Accordingly, we assume that the A'>’CH,D, increases from negative
values (e.g., —25%o at early thermal maturity) to equilibrium values (e.g., +7%0) for the
thermogenic end member. Subsequently, uplift and/or migration allow biodegradation to occur at
lower temperatures. The microbial end-member corresponds to thermodynamic equilibrium at
12 °C, the lowest measured in situ liquid temperature (Table 1). Mixing between these end-
members, therefore, encompasses all the mud volcano data (Fig. 3).

The isotopologue signature of microbial methane found here is different from that from
laboratory culture studies and many terrestrial settings where significant clumped isotope
disequilibrium is observed (Wang et al., 2015; Young et al., 2017). Recent studies demonstrate that
the kinetic isotope effects and associated combinatorial effects are expressed when the reversibility
of intracellular reactions is low (e.g., laboratory culture), leading to disequilibrium isotopologue
signals (Cao et al., 2019; Young, 2019; Gropp et al., 2022; Ono et al., 2022). In energy-limited
deep sedimentary environments with higher reaction reversibility (e.g., mud volcano), however,
enzymatically mediated exchange of isotopes among methane molecules is evidently more
pronounced, translating into near-equilibrium isotopologue signatures (Gropp et al., 2022; Ono et
al., 2022). Thus, the observed isotopologue values (Fig. 2A) are consistent with these model
predictions. Among all the intracellular pathways, the last step of microbial methanogenesis
catalyzed by the methyl-coenzyme M reductase (Mcr) enzyme is evidently central to the

mechanism for isotopologue equilibration. Recent experiments demonstrated that the headspace
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methane approaches isotopologue equilibration during isotope exchange solely with the Mcr
enzyme (Liu et al., 2023). Accordingly, in addition to the generation of newly formed secondary
microbial methane, this Mcr-catalyzed isotope exchange promotes isotopic bond reordering within
the original thermogenic methane, both contributing to the observed low-temperature
thermodynamic equilibrium (Fig. 2A). Indeed, the microbially altered methane appears to
approach hydrogen isotope equilibrium with associated waters at or near the temperatures
indicated by the A*CH3;D and A'>CH:D; data (Figs. 2E-2F), suggesting the occurrence of both

intra- and inter-species isotope equilibrium.
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Fig. 3-3 Schematic illustration of clumped isotope evolution of methane in natural gas

reservoirs. Two orange stars and gray arrow depict evolution of thermogenic methane from low
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to high maturity with formation temperature of 175 °C (Dong et al., 2021; Xie et al., 2021). Purple
star represents a microbial end member at 12 °C (Table 1). Blue lines demonstrate three scenarios
of mixing between thermogenic and low-temperature microbial end members with blue points
marking 10% intervals of mixing. Measured bulk isotopic data are used for the calculation. In
principle, mixing is nonlinear for multiply substituted isotopologues, whereas the mixing lines
here are quasi-linear because the bulk isotopic compositions of the two end members are similar
(Young et al., 2017). The solid black line depicts theoretical thermodynamic equilibrium

abundances of methane isotopologues along with corresponding temperatures.

Once formed, methane could be oxidized by anaerobic methanotrophic (ANME) archaea
in the subsurface. Indeed, ANME archaea have been reported in terrestrial mud volcanoes and
nearby sediment across the globe, including the ones studied here (Alain et al., 2006; Stagars et
al., 2017; Lin et al., 2018). Because anaerobic oxidation of methane (AOM) is the enzymatic
reversal of major methanogenic pathways, the principle of the clumped isotopologue effect during
AOM is broadly similar to that of methanogenesis, meaning isotopologue equilibration under
energy-limited conditions (Young et al., 2017; Ash et al., 2019; Ono et al., 2022; Liu et al., 2023).
Given the potential occurrence of simultaneous methane production and consumption, we
generalized the near-equilibrium methane isotopologue signatures as a result of the Mcr-catalyzed
intracellular isotope exchange operating under near-threshold free-energy conditions in the deep

biosphere.

CONCLUSIONS
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Using terrestrial Azerbaijanian mud volcanoes as an example, we demonstrate that the
original thermogenic methane gas is augmented by methane formed during methanogenic
hydrocarbon biodegradation. The clumped isotopic ratios of this secondary microbial methane
ultimately approach low-temperature thermodynamic equilibrium, whereas primary microbial
methane emissions exhibit notable clumped isotope disequilibrium (e.g., Young, 2019). Given that
secondary methanogenesis significantly increases methane emissions into the atmosphere (Milkov,
2011), it is crucial to consider the role of secondary microbial methane in biological contributions
to global isotopologue budgets. Overall, this independent approach offers a unique perspective for

identifying secondary microbial gas and tracking the fate of methane in oil and gas reservoirs.
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SUPPLEMENTAL MATERIAL: Liu et al. Clumped isotope evidence for

microbial alteration of thermogenic methane in terrestrial mud volcanoes.

GEOLOGICAL BACKGROUND
General features of the formation of mud volcanoes in Azerbaijan

On a global scale, mud volcanoes usually occur in groups over large areas. One of the
reasons for this arrangement is the provision of geological and chemical factors that create the
necessary conditions for the formation and accumulation of hydrocarbon gases in the geological
sections of those areas that mainly consist of Cenozoic deposits. Another reason is the presence of
plastic clays and tectonic disturbances in geological sections.

Many mud volcanoes around the world arose in the eastern part of the Caucasian segment
of the Mediterranean (Alpine-Himalayan) belt, and in the western parts of the South Caspian
Megabasin (both together are called East Azerbaijan) (Baloglanov et al., 2018). Here, mud
volcanoes are located to the east of the West Caspian deep fault, cutting through the entire
sedimentary stratum. From a structural point of view, most of the volcanoes are located in the
periclinal parts of the folds, sometimes in their highest parts (especially in cryptodiapirs) or on the
limbs of the folds subject to tectonic disturbances (Aliyev and Rahmanov, 2018).

East Azerbaijan, located in the collision zone of the African-Arabian plate, was
characterized by rapid and large-scale sediment accumulation, regional compression with
anomalous high pressure, and rich oil and gas formation processes (Guliyev and Feizullayev, 1997,
Aliyev and Abbasov, 2019; Odonne et al., 2020). In this regard, the formation of mud volcanoes
in the region is promoted by a series of factors, including the accumulation of thick Cenozoic

sediments rich in clay minerals in the tectonically descending areas, the formation of anomalous
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high pressures, the intensive accumulation of hydrocarbon gases in sandy reservoirs, as well as the

development of fractures in geological sections (Planke et al., 2003; Aliyev et al., 2015).

Basins/Megabasin associated with mud volcanoes and their geological and geotectonic
characteristics

The zones where mud volcanoes are recorded in the territory of Azerbaijan are related to
local basins such as Gusar-Devechi, Shahdagh-Khyzy, Vendam-Gobustan, Absheron, Lower Kura
and South Caspian, which cover the northern, eastern, and southern areas of the south-eastern
plunge of the Great Caucasus (Babayev et al., 2015). The depth of the consolidated surface of such
basins affects the number of mud volcanoes, their morphological (conical and flat-topped)
characteristics and their sizes. In the Lower Kura-Gobustan-Absheron regional subsidence area,
the consolidated surface of the earth's crust lies at a depth of about 12 km. However, in the
southeast, that surface descends to about 20 km. In connection with this, the maximum number of
mud volcanoes is found in the South Caspian Basin, which is located at the southeast tip of the
Greater Caucasus (Aliyev and Rahmanov, 2018).

The Gusar-Devechi Basin is the southeastern extension of the Terek-Caspian Foothill
Depression. Due to frequent stratigraphic breaks in the Cenozoic section (continental origin) of
the basin located on the north-eastern slopes of the Azerbaijani part of the Greater Caucasus Folded
Structure (Fig. S1), mud volcanoes are weakly developed here (eruptions are not typical). As for
the Shahdag-Khizi Basin, which is also located in the northern part of Eastern Azerbaijan and
where few mud volcanoes are weakly developed, it is the most lowered zone between the uplift in

the southeastern extension of the Great Caucasus (Lateral Ridge Megazone) and the Tangi-
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Beshbarmag Uplift. The eastern border of that zone continues to the coast of the Caspian Sea. Here
it is buried under modern molasses sediments (Aliyev et al., 2005).

The Jeyrankechmez-South Caspian Megabasin, which connects local basins such as
Vandam-Gobustan, Absheron, Lower Kura and South Caspian, differs in comparison with local
depressions located in the north (Gusar-Devechi and Shahdagh-Khyzy). Thus, the mud volcanoes
recorded in the megabasin have a denser location, more intense activity, and larger sizes. The
Shamakhy-Gobustan oil and gas region is located in the north-west, the Absheron oil and gas
region in the north and the Lower Kura oil and gas region in the west of the megabasin (Aliyev et
al., 2015).

The southeastern part of the Vandam-Gobustan Basin, which is a part of the
Jeyrankechmez-South Caspian Megabasin including the South Gobustan zone (Toraghay
microblock; Figs. 1, S2), has undergone the most subsidence (the top of the Upper Cretaceous has
decreased to a depth of 8—11.5 km). Here, stratigraphic breaks in the thicker section of the
Cenozoic are rare. The listed factors have led to mud volcanoes being more densely distributed
and having higher hypsometric dimensions (up to 400 m) (Aliyev and Abbasov, 2019). Compared
to flat-topped mud volcanoes, cone-shaped mud volcanoes are thought to have deeper underlying
mud chambers. Industrially important hydrocarbon deposits have also been discovered in the
Toraghay microblock. In South Gobustan, the thickness of Pliocene sediments, which have more
favorable conditions for the accumulation of hydrocarbons in Azerbaijan, reaches 5 km in some
areas (Aliyev and Rahmanov, 2018).

The thickness of Eocene-Miocene sediments, which play a crucial role in the formation of
Azerbaijani mud volcanoes, does not exceed 4.5 km in the Bayanata microblock, located north of

the Gujur-Gyzyldash Thrust (Figs. 1, S2). In general, the distribution of Paleogene-Miocene

162



sediments is characteristic for the surface geological structure of Central Gobustan, which covers
the Bayanata microblock. In some areas, the top of the Upper Cretaceous lies at a lower depth (2.5
km). Although no significant reserves of hydrocarbons were found here at the Paleogene-Miocene
intersection, the presence of oil shales rich in organic matter (3—42%) is noteworthy (Baldermann
et al., 2020). Compared to South Gobustan, the presence of Eocene and Maykop sediments in
shallower intervals, which are in contact with the roots of Azerbaijani mud volcanoes, can be
explained as the reason for the absence of cone-shaped high volcanoes in the Bayanata microblock.
The flat-topped mud volcanoes found in central Gobustan are smaller in size (Aliyev et al., 2015).

In the northern and northwestern parts of the Shamakhy region, the Paleogene-Miocene
sediments are buried under the Basgal cover, which is composed of carbonate rocks belonging to
the Upper Cretaceous. In this allochthonous zone of North Gobustan, which is separated from the
Bayanta microblock by the Goredil-Masazyr Convergence Zone (Figs. 1, S2), the smaller mud
volcano manifestations (Bizlan, Sarsura, Demirchi, etc.) are recorded. There is also information
about the Paleogene and Miocene sediments covering the Pliocene sediments in the south of the
Shamakhy region. The faults and mud volcanoes (Charhan, Malikchobanly) appear in the crests
of the folds. Most of the mud volcanoes found in the North Gobustan allochthon are characterized
by gryphon-salsa activity. The dimensions of such flat-topped mud volcanoes are also smaller
(Aliyev and Rahmanov, 2018).

The Lower-Kura Basin is the lowest tectonic block recorded in the dry parts of the
Jeyrankechmez-South Caspian Megabasin. Here, the thickness of sedimentary rocks reaches 16—
20 km, and more than half of them belong to Pliocene-Quaternary sediments. The largest mud
volcanoes (conical) are located in the southeast of the depression. The western border of the basin

is separated from the Transcaucasian Island Arc System, which is mainly composed of Mesozoic
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volcanic rocks, but without any signs of mud volcanism, by means of the Shamakhy-Neftchala
right-lateral strike-slip fault (Figs. 1, S2). Mud volcanoes are spread along the fault zone. Unlike
the Absheron Peninsula and partially Gobustan volcanoes, the mud volcanoes of the Lower Kura
oil-gas region are localized not in the axis of the anticlines, but in the flanks (especially in the
west).

The Absheron Basin corresponds to the seaward continuation of the southeastern dip of the
Great Caucasus, including the Mesozoic fold (Aliyev et al., 2005). In the southern part of the
Absheron peninsula, the top of the Upper Cretaceous descends sharply, and the structure of the
uplifts is dominated by almost continuously deposited thick Cenozoic sediments (10-20 km and
more). As mentioned above, the largest (conical) and strongly erupting mud volcanoes in Eastern
Azerbaijan are found in such modern depressions, where the molasse sedimentary complex (of the
Pliocene-Quaternary period) is involved.

Collectively, the geochemical characteristics of mud volcanoes presented in the main text
seem to not have an obvious relationship with the geological zonation discussed above. On the
other hand, the geochemical feature of the Aghzybir gas was very different from the gases of
neighboring mud volcanoes (Figs. 1, S2), whereas they are located within the same geological
province. We do notice that the liquid in the Aghzybir mud volcano seems to have more oil-like
substances (Fig. S4), consistent with its low degree of petroleum biodegradation. In addition,
sulfate concentrations at the Aghzybir mud volcano, without evidence of biodegradation, are below
the detection limit of 30 uM (see supplemental research data). At the other studied mud volcanoes,
sulfate concentrations range between 0.1 and 31.5 mM. Sulfate-reducing bacteria may directly
oxidize short-chain hydrocarbons anaerobically or act as syntrophic partners to receive reducing

equivalents from archaea (Kniemeyer et al., 2007; Laso-Pérez et al., 2016). Therefore, we
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hypothesize that the availability of sulfate may limit the occurrence of biodegradation, implying

that the role of other electron acceptors is minor.

SUPPLEMENTAL MATERIALS AND METHODS
Sampling and geochemical analyses

One mud volcano was sampled for both gas and liquid at each location as the color of the
liquid mud was identical among individual mud volcanoes, whereas two mud volcanoes were
sampled near Demirchi village, one with grey liquid mud, the other with brown liquid mud. Gas
samples were collected in 50 ml glass vials by liquid mud displacement method in summer 2019.
The vials were dipped into the liquid mud pool and filled. The vials were then held upside down
and free gas bubbles were funneled into the vials that were filled with liquid mud. Once most of
the liquid mud was displaced by gas, the vials were sealed with rubber septa within the liquid mud
pool. Immediately after the fieldwork, NaOH solution was injected into glass vials for methane
analysis with a final concentration of 2.5%, to inhibit microbial activity. A few drops of liquid were
withdrawn by syringes from the glass vials and pH strips were used to check and ensure that the
pH was higher than 13. At each mud volcano where gas samples were sampled, liquid mud was
also collected into 500 ml sterile plastic bottles without headspace. The in-situ temperature of
liquid mud was measured by submerging a mercury thermometer into the liquid mud pool. Both
gas and liquid samples were then shipped to home laboratory and stored at 4 °C until analysis.

Alkane concentrations (C1-C4) in gas samples were determined using a Shimadzu gas
chromatograph (GC-2014) with a packed HayeSep-D column and a flame ionization detector.
Helium was used as the carrier gas at a flow rate of 35 ml/min. The column temperature was set at

120 °C and held for 6 min, then increased up to 160 °C at 20°C/min and held for 4 min. C1-C4
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alkane concentrations were calibrated against calibration standards (GASCO Precision Calibration
Gas). The relative standard deviation (RSD) was better than 5% and the detection limit was about
1 ppm. For isotopologue analysis, gas was sampled from glass vials using a gas-tight syringe and
injected on a vacuum line for purification (see section below).

Liquid mud samples were centrifuged at 4300g for 20 min and the supernatant was
collected. Sulfate and chloride concentrations were analyzed by ion chromatography (Metrohm
761). Alkalinity was determined by acid titration with a Metrohm 876 Dosimat Plus (Dale et al.,
2015). The concentrations were calibrated against the IAPSO standard seawater with RSD of
sulfate and alkalinity analyses better than 2%. The detection limit for sulfate was about 30 uM
with dilution. Note that the liquid samples were preserved at 4 °C for two years before analysis.
Minor alteration may occur for alkalinity and sulfate concentration during storage.

Analysis of hydrogen isotopic composition of water in liquid mud samples was conducted
at the Stable Isotope Laboratory at Dartmouth College (Kopec et al., 2019; Taenzer et al., 2020).
Water hydrogen isotopic ratios (6D) were measured using an H-Device, in which water was
reduced by hot chromium (850 °C), and the resulting hydrogen gas was measured by a Thermo
Delta Plus XL isotope-ratio mass spectrometer (IRMS). Isotopic ratios (D/H) are reported in 6-
notation relative to the Standard Mean Ocean Water (VSMOW) standard. Analytical precision for
dD is <0.5%o (10) based on replicate analyses of laboratory standards.

Analysis of carbon isotopic composition of COz gas was performed in 12 ml Labco
Exetainer vials on a Thermo Scientific GasBench II coupled to a Thermo Finnigan Delta Plus XL
IRMS at the UC Davis Stable Isotope Facility. An autosampler with a 2-hole sampling needle used
a helium carrier stream (2.0 mL/min) to push CO2 out of the vial and into a 100 pL sample loop.

Once the loop was adequately flushed, pulses of sample gas were injected into the IRMS for
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isotopic measurement. Isotopic values are reported in 6-notation relative to the Vienna Pee Dee
Belemnite (VPDB) standard. Analytical precision for §'3C is <0.1%o (1o) based on replicate

analyses of laboratory standards.

Doubly substituted isotopologue measurements and isotope notation

Methane isotopologue abundances of methane gas samples were measured using the
Panorama (Nu Instruments) high-mass-resolution gas-source IRMS housed at UCLA. Details
surrounding the purification and measurement of methane gas were previously published (Young
et al., 2016; Young et al., 2017) and are briefly summarized here. Methane sample gases were
purified on a vacuum line interfaced with a gas chromatograph (GC). Three to four ml of gas were
delivered to the vacuum line through a septum by a gas-tight syringe and trapped on silica gel at
liquid nitrogen temperature. The helium carrier gas was then used to flush the sample to the GC.
Separation was accomplished with a 3-meter 1/8-inch OD stainless steel column packed with 5 A
molecular sieve, followed in series by a 2-meter 1/8-inch OD stainless steel column packed with
HayeSep D porous polymer. Peaks were identified using an in-line, passive thermal conductivity
detector (TCD). Once methane collection was complete, the sample was transferred to an
evacuated sample tube filled with silica gel at liquid nitrogen temperature. Methane in this tube
was introduced to the inlet of the mass spectrometer where it was warmed to 40 °C and expanded

into the bellow of the instrument.

The Panorama mass spectrometer was set to a mass resolving power of ~40,000 or greater,
allowing the measurement of ion currents for resolved '>CH4", *CH4*, '2CH;D", '3CH3D", and
2CH,D»". Isotopologues of masses 16 and 17 were measured using Faraday collectors with

amplifier resistors of 10! Q. Both doubly substituted mass-18 isotopologues, '*CH3;D* and
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12CH,D»", were measured with an electron multiplier as the axial collector. The measured ratios of
these ion currents yield values for bulk '*C/*2C and D/H as well as for both A'*CH3;D and A">’CH,Ds.
The isotopic compositions of carbon and hydrogen are reported as deviations from the carbon and
hydrogen reference materials VPDB and VSMOW. Standard delta notation is used to express the

fractional differences in per mil units:
313C = [(3C/?C)sample/(C/2C)vpps — 1] x 1000 (1)
OD = [(D/H)sample/(D/H)vsmow — 1] x 1000 (2)

The relative abundances of the two mass-18 isotopologues of methane are reported relative

to the stochastic reference frame expressed in per mil using the capital delta notation:
AlSCHSD = [(13CH3D /IZCH4)5ample/(13CH3D /IZCH4)5tochastic - 1] X 1000 (3)
A*CH;2D3 = [(**CH2D2/"*CHa)sample/("*CH2D2/"*CH4)stochastic — 1] % 1000 4)

External precision for '°C, D, A*CH3D, and A'?CH,D: is approximately 0.1%o, 0.3%o, 0.3%o
and 0.7%o, respectively (1c), based on replicate samples. The relationship between temperature
and both A'*CH3D and A'>CH:D; has been predicted through ab initio calculations and can be

expressed by the following equations (Young et al., 2017):

ACH3D (T) = 1000 In(1 + 0.0355502/T — 433.038/T% + 1270210.0/T° — 5.94804

x 10%/T*+ 1.196630 x 10''/T —9.07230 x 10'%/T®) (5)

A’ CH,D; (T) = 1000 In(1 + 0.183798/T — 785.483/T* + 1056280.0/T* + 9.37307

x 107/T* - 8.919480 x 10'%T° + 9.901730 x 10'%/T¢) (6)
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where T is in Kelvin. Egs. (5) and (6) show that A3 CH3D and A'?CH2D; values are both positive
when methane is formed at thermodynamic equilibrium, and approach 0%o at high temperatures

(>1000 K).
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SUPPLEMENTAL FIGURES
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Figure 3-S1. Geodynamic zones in Azerbaijan (Aliyev and Rahmanov, 2018).
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Figure 3-S2. Geological map of eastern Azerbaijan (Aliyev et al., 2015). Map legends 1-7 are
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Boxed A-D represents (A) North Gobustan (allochthonous), (B) Bayanata Microblock

(parautochtonous), (C) Toragay Microblock (autochtonous) and (D) South-Eastern Shirvan. The

names of faults 1-6 and oil and gas regions I-IV are shown on the map.
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Abstract:

Methane is a major greenhouse gas and a key component of global biogeochemical cycles.
Microbial methane often deviates from isotope and isotopologue equilibrium in shallow terrestrial
environments but approaches equilibrium in deep marine sediments. The origin of this near-
equilibrium methane, whether directly produced by methanogens or achieved through anaerobic
oxidation of methane (AOM), remains uncertain. Here, we show that, in the absence of AOM,
microbial methane produced from deep-sea sediments exhibits isotopologue compositions
approaching thermodynamic equilibrium due to energy limitation. In contrast, microbial methane
from salt marsh and thermokarst lakes exhibits significant hydrogen and clumped isotope
disequilibrium due to high free-energy availability. We propose that clumped isotopes of methane
provide a proxy for characterizing the bioenergetics of environments for methane production,
where substrate concentrations are not readily available to calculate the Gibbs free energy.
Furthermore, we suggest that the near-equilibrium methane isotopologue signatures result from
intracellular isotope exchange operating under conditions of near-threshold free-energy. When the
thermodynamic driving force is elevated, methanogenesis and AOM can generate more negative
and positive isotopologue signatures, respectively. Together these observations demonstrate
clumped isotopes of methane as a powerful tool to better understand the relation between methane

metabolisms and the energy landscape in natural environments.
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Introduction

Methane is a potent greenhouse gas emitted from both anthropogenic and natural sources
(Dlugokencky et al., 2011; Saunois et al., 2020). Microbial methanogenesis contributes more than
half of annual emissions to the atmosphere (Conrad, 2009; Schwietzke et al., 2016). The strong
isotopic discrimination imparted by methanogenesis has driven the widespread application of
conventional stable carbon (*C/'2C) and hydrogen (D/H) isotope ratios for distinguishing the
origins of methane (Whiticar, 1999). Conventional stable isotope measurements of methane have
become a cornerstone of global methane budgets and the assessment of its climatic impacts (Nisbet
et al., 2016; Schwietzke et al., 2016). Yet, a significant limitation of this conventional isotope
approach is the overlapping isotope signals from distinct sources of methane (Milkov and Etiope,
2018). The recent development and application of doubly substituted “clumped” isotopologues
(i.e., *CH;3D and '?CH;D,) has emerged as a powerful tool for characterizing sources and sinks of
methane (Stolper et al., 2014; Wang et al., 2015; Young et al., 2017; Haghnegahdar et al., 2023;
Sivan et al., 2024). When the distribution of carbon and hydrogen isotopes among methane
molecules is consistent with thermodynamic equilibrium, clumped isotopologues record the
formation temperatures of thermogenic methane in natural gas reservoirs (Stolper et al., 2014;
Young et al., 2017; Xie et al., 2021). In microbial ecosystems, methane clumped isotopologues
often exhibit departures from equilibrium (i.e., disequilibrium) in shallow terrestrial environments
but near-equilibrium signals in deep marine sediments (Wang et al., 2015; Young et al., 2017; Ash
et al., 2019; Young, 2019; Douglas et al., 2020). However, the near-equilibrium isotopologue
signature imparted by microbial metabolisms is not well-understood. In deep subsurface sediments,
limited substrates, and thereby limitations of free energy availability during methanogenesis may

lead to isotopologue ratios approaching equilibrium (Wang et al., 2015; Douglas et al., 2020;
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Turner et al., 2021). Yet, additional processes, such as anaerobic oxidation of methane, may explain
the generation of methane at isotopic equilibrium (Yoshinaga et al., 2014; Ash et al., 2019; Giunta

etal., 2019).

To test whether methane near thermodynamic equilibrium (i) can be produced by
methanogens, (ii) is influenced by energy landscape (i.e., substrate availability), and (iii) is
produced in the absence of anaerobic oxidation, we examined methane sampled from diverse
systems, including freshwater lakes, brackish wetlands, and marine basins (Table S1 and Fig. S1).
We collected on-site methane gas in the field where methanogenesis rates were shown to
significantly exceed the anaerobic oxidation of methane (AOM), and we performed incubation
experiments to study methanogenesis in these sediments (see materials and methods). As a
precaution we amended these samples with AOM inhibitors, doing so in a manner that did not alter
natural substrate concentrations. We quantified the abundance of the two most common methane
clumped isotopologues A'*CH3D and A'>CH;D; relative to a random isotopic distribution (Young

et al., 2017). This enables us to link methane clumped isotope signatures to formation processes.
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182



The red and orange curves represent mixing lines between the two methanogenic end-members,
the methylotrophic and hydrogenotrophic pathways. The solid black curve depicts theoretical
thermodynamic equilibrium abundances of methane isotopologues, along with corresponding
temperatures. (C) Illustration outlining clumped isotope signatures of methanogenesis and
anaerobic oxidation of methane (AOM). The orange stars represent Guaymas Basin slurry
incubations involving simultaneous methanogenesis and AOM. The cross symbols represent
published methanogenesis data from pure culture incubations, while the grey dots depict published
kinetically-driven AOM data from slurry incubations and natural samples (Young et al., 2017,
Young, 2019; Giunta et al., 2022; Liu et al., 2023). The light blue and dark yellow fields,
characterized by negative and positive AG values with respect to methanogenesis, encompass all
the methanogenesis (MG) and AOM data, respectively. (D) §*3C plotted against 5D. The genetic
fields for methane sources follow Whiticar (1999); Milkov and Etiope (2018). The legend for
panels B-D is displayed below the plots. Error bars of one standard error are mostly encompassed

by individual data points.

Departures from equilibrium reflecting kinetics

Methanogens from laboratory pure cultures have so far exclusively produced methane with
pronounced kinetic isotope and isotopologue signals (Wang et al., 2015; Young et al., 2017).
Similarly, methane from the Carpinteria salt marsh (California) and thermokarst lakes (Alaska)
yielded disequilibrium isotopologue compositions with low A'*CHsD and A'?CH,D> values, down
to —2.3%o0 and —53.4%o, respectively (Fig. 1, A and B). Control incubations with a tracer eliminated
the possibility of concurrent AOM (Figs. S2 to S3, and Table S2). Therefore, these values reflect

kinetic isotope effects and associated combinatorial effects during methanogenesis (Young et al.,
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2017; Gruen et al., 2018; Cao et al., 2019; Young, 2019; Taenzer et al., 2020; Gropp et al., 2022;
Ono et al., 2022). Using the Carpinteria salt marsh as an example, we investigated the isotopologue
effects of different methanogenic pathways (Fig. 1A and Fig. S4). Firstly, the on-site methane
primarily originates from methylotrophic methanogenesis within sulfate-rich sediments
(Oremland and Polcin, 1982; Krause and Treude, 2021) (see supplementary text). This is further
confirmed by minor differences in methane isotopologue compositions observed between
methylamine (CH3NH>) incubations and on-site methane (Fig. 1A). These differences likely arise
from distinct clumping signals of the precursor methyl groups in natural and synthetic methyl
compounds (Lloyd et al., 2021). Methylotrophic methanogenesis yields substantial free energy,
with the molar Gibbs free energy of the reaction (AGxn, hereafter termed AG) in the range of
approximately —60 kJ mol™! per carbon transferred (Table S3). The extremely low A2 CHzD; values,
approximately —45%o, result from significantly different 6D between water and methyl groups,
which serve as hydrogen sources contributing to the formation of methane molecules (i.e., an
exogenous combinatorial effect) (Taenzer et al., 2020). In Carpinteria salt marsh sediments where
we introduced excess Hz, we observe a greater fraction of methane from hydrogenotrophic
methanogenesis. This leads to less negative A'>’CH,D, values because the four hydrogen atoms
that form methane are derived from water during hydrogenotrophic methanogenesis (Gruen et al.,
2018), confining the combinatorial isotopologue effect to endogenous processes within the cells
(Cao et al., 2019; Young, 2019). Lastly, we employed molybdate and H»S to inhibit the reduction
of sulfate and iron(III) associated with AOM, respectively, allowing in-situ H> to be consumed by
methanogens instead of sulfate and iron reducers. The outcome is the simultaneous occurrence of

methylotrophic and hydrogenotrophic methanogenesis in sediment incubations, as evidenced by
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their methane isotopologue compositions falling along a mixing trajectory between the two

methanogenic pathways (Fig. 1A).

Methane isotopologue data obtained from Alaska thermokarst lakes revealed two distinct
groups: in vitro incubations of surface sediment exhibiting more negative A'>*CH3D and A!>’CH>D,
values, and on-site deep subsurface gas with less negative values (Fig. 1B). Methane production
in sulfate-free lake sediments is typically dominated by acetoclastic methanogenesis, especially at
low in-situ temperatures (Schulz and Conrad, 1996; Conrad, 2020). Near-surface sediment
incubations highly favored this pathway at the study site (Pellerin et al., 2022), producing strongly
negative A'?’CH,D; values reflecting combinatorial effects from hydrogen sources in acetate and
water. Deeper in the sediments, where the buried organic matter becomes less degradable and the
microbial communities face increased energy limitations, hydrogenotrophic methanogenesis
assumes a more significant role (Hornibrook et al., 1997; Chan et al., 2005). This shift is evident
in the less negative A'> CH,D» values observed in deeper incubation and on-site subsurface
methane (Fig. 1B and Fig. S5). Diminished availability of labile organic matter and the resultant
reduction in free energy availability downcore may have fostered metabolic reversibility (i.e., the
ratio of the reverse to forward rates of reaction) in methanogenesis, thereby contributing to less
negative isotopologue compositions (Douglas et al., 2020). We suggest that methanogenesis
evolution in A CH3D vs. A'>CH,Ds space is governed by the changing organic matter dynamics
with depth within lake sediments, reflecting a convolution of pathway transition from acetoclastic
to hydrogenotrophic methanogenesis and possibly an increase in metabolic reversibility

attributable to limitations of free energy.

Methane approaching thermodynamic equilibrium under energy-limited conditions
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Deep-sea marine sediments, where methane is predominantly produced through
hydrogenotrophic methanogenesis (Oremland and Taylor, 1978; Beulig et al., 2018), lend
additional support to our proposition. For instance, methane collected below the sulfate-methane
transition zone (SMTZ) in the Santa Barbara Basin exhibits apparent formation temperatures of
7-19 °C and 27-49 °C based on A'>*CH;D and A'2CHzD; values, respectively (Fig. 1B). These
apparent formation temperatures approach the in-situ temperature of 6 °C, though some
disequilibrium persists. Porewater methane modeling indicates the presence of active
methanogenesis (Fig. S6). Sulfate reduction, if occurring, proceeds at an exceptionally slow rate
below the SMTZ (Pellerin et al., 2018). The elevated concentrations of aqueous sulfide, coupled
with the absence of dissolved Fe?*, preclude the possibility of microbial iron(Ill) reduction
(Canfield et al., 1992) (Fig. S6). With negligible electron-accepting processes to accommodate
AOM, we conclude that the near-equilibrium methane isotopologue values of the Santa Barbara
samples result from a slow rate of methanogenesis (0.2 nmol cm™ d') under energy-limited
conditions (AG ranging from —22.6 to —14.7 kJ mol™! C), characterized by an extremely low

hydrogen availability (4.7+0.7 nM; Fig. S6 and Table S3).

In addition to the Santa Barbara Basin, the Guaymas Basin offers a unique perspective for
comparing surface and deep subsurface methanogenesis. To completely rule out AOM, we
conducted slurry incubations of surface sediment from the Guaymas Basin with molybdate and
H,S at 20 °C. Notably, the AOM rate, as determined by '*C-radiotracer, was below the detection
limit (Table S2). The data fall near the equilibrium curve in this case, with apparent formation
temperatures of the produced methane being 37+10 °C and 122+14 °C implied by A'*CH3D and
A>CH,D; values, respectively (Fig. 1B). To our knowledge, this result marks the first clear

demonstration that natural methanogens can produce methane approaching isotopologue
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equilibrium independently of AOM. Additionally, on-site methane collected below the SMTZ from
a drilling core in the Guaymas Basin exhibits clumped isotopologue abundances near equilibrium
at relatively low temperatures, with apparent A'>*CH3;D and A'>’CH,D» formation temperatures
being 40-62 °C and 64-95 °C, respectively, compared with measured in-situ temperatures of 18—
31 °C (Fig. 1B). While the potential role of AOM in this drilling core cannot be entirely discounted,
AOM rates were either near or below the detection limit in analogous deep biosphere sediments
(Beulig et al., 2022). The close agreement between AOM-free incubations and the on-site data

suggests that AOM does not influence A'*CH3D and A>’CH:D; values in this setting (Fig. 1B).

Taken together, we applied metabolic-isotopic and isotopologue flow network models of
hydrogenotrophic methanogenesis to our dataset (Gropp et al., 2022; Ono et al., 2022). We find
our data are largely consistent with these model predictions (Fig. S7). We extend our analysis to
compare the degree of D/H fractionation between methane and environmental water (Pe-
methane/water) with the isotopologue data. The notable positive correlation between Pe-
methane/water and methane isotopologue compositions underscores a strong connection between
hydrogen isotope and clumped isotopologue disequilibrium (Wang et al., 2015) (Fig. 2, A and B).
On the other hand, microbial methane in deep-sea environments tends to approach hydrogen
isotope equilibrium with associated waters at or near the temperatures indicated by the A*CH3;D

and A'?CH,D: data, suggesting the occurrence of both intra- and inter-species isotope equilibrium

(Fig. 2, A and B).
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Fig. 4-2 The degree of hydrogen and clumped isotopic disequilibria in methane.
Hydrogen isotope fractionation between methane and associated water is plotted against A>*CH3;D
(A) and A'>CH,D> (B). The solid black curve depicts thermodynamic isotopic equilibrium, with
the Pe-methane/water calibration given by Turner et al. (2022). Linear regressions are presented

with 95% confidence intervals. R-squared and p-values are provided in each panel. Error bars of

one standard error are mostly encompassed by individual data points.

Linking methane metabolisms to the energy landscape

In the SMTZ of marine sediments, methane is oxidized by anaerobic methanotrophic
archaea (Boetius et al., 2000). To explore the isotopologue effects of concurrent methanogenesis
and AOM, we initiated two parallel incubations using separate aliquots of sediment slurries

sampled from an active methane seep in the Guaymas Basin. The first was under an argon
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headspace, while the second was under a methane headspace. Combining methane concentration
analysis and '“C-radiotracer techniques, net methanogenesis with simultaneous AOM was
identified in the slurry with an argon headspace (Table S2 and Fig. S8A). The produced methane
displays remarkably high A'*CHs;D and A!'?’CH,D; values, reaching up to 21.8%o and 105.4%o,
respectively—representing, we believe, the highest methane isotopologue compositions yet
reported (Fig. 1C). In the slurry containing a methane headspace, net AOM with simultaneous
methanogenesis resulted in nearly identical, elevated A'*CHsD and A'?CH,D> values (Fig. 1C).
Similar trajectories in A*CH3D vs. A?’CH:D, space have been observed in both laboratory
incubations and natural samples associated with kinetically-driven AOM (Giunta et al., 2022; Liu
etal., 2023). A steady-state model reproduced these exceptionally high values by incorporating the
clumped isotopologue fractionation factors reported in previous AOM incubations (Liu et al., 2023)
(Fig. S8). Conversely, recent investigations have demonstrated that AOM leads methane
isotopologues towards thermodynamic equilibrium under energy-limited conditions (Ash et al.,
2019; Liu et al., 2023). Given that the initial step of AOM and the final step of methanogenesis are
catalyzed by the same enzyme, methyl-coenzyme M reductase (Mcr) (Scheller et al., 2010), we
suggest that the near-equilibrium methane isotopologue signatures result from the Mcr-catalyzed
intracellular isotope exchange operating under conditions of near-threshold free-energy, allowing
for either net methanogenesis or AOM (Ono et al., 2022; Liu et al.,, 2023). When the
thermodynamic driving force is elevated, methanogenesis and AOM can generate more negative
and positive isotopologue signatures, respectively, in comparison to thermodynamic equilibrium
(Fig. 1C). By amalgamating isotope data from prior studies, we illustrate that methane
isotopologues are able to provide additional information on anaerobic microbial metabolisms than

conventional isotope measurements (Fig. 1, C and D).
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Fig. 4-3 Methanogenesis rate and Gibbs free energy plotted against isotopologue data.

The departures from isotopologue equilibrium in panel A are defined as the difference between
measured isotopologue compositions and equilibrium isotopologue compositions at in-situ or
incubation temperatures. In panel B, the published AOM isotopologue data are averaged (Giunta
etal., 2022; Liu et al., 2023) and presented with a published AG value of 11 kJ mol™! C with respect
to hydrogenotrophic methanogenesis (Dale et al., 2008), offering a conservative estimate. The
solid blue curve depicts theoretical thermodynamic equilibrium abundances of methane
isotopologues, along with corresponding temperatures. The blue plane represents the surface at
which Gibbs free energy equals zero. The symbols are shown in grayscale to reflect variations

along the z-axis. This figure is also shown in Fig. S9 with more details.

We extend our analysis to evaluate the fundamental mechanisms that dictate the degree of

isotopologue disequilibrium. Notably, a significant positive correlation is observed between
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methanogenesis rate and departures from isotopologue equilibrium (Fig. 3A and Fig. S9). This
finding aligns with the notion that a high rate of methanogenesis exhibits pronounced kinetic and
combinatorial imprints, whereas a low rate of methanogenesis results in a near-equilibrium
signature on the methane (Douglas et al., 2020). The difference in departures from isotopologue
equilibrium caused by high and low rates of methanogenesis is inherently driven by the reactivity
of substrates in the environment. Ramped pyrolysis analysis confirmed a higher proportion of
refractory organic carbon in deep-sea sediments (Fig. S10), leading to reduced substrate reactivity
(Middelburg, 1989). Therefore, the low availability and high recalcitrance of metabolizable

substrates in deep-sea sediments maintain low rates of methanogenesis.

Departures from isotopologue equilibrium can be related to the bioenergetics of a site using
the principles of disequilibrium thermodynamics, in which rates of reaction are proportional to
reaction affinity (Pekat, 2009). Reaction affinity can be related to the forward and reverse reaction
rates, 7r and rrey, respectively, using A = RTIn(7¢/rev). Reaction affinity is defined as A = =) v; i
where v; are stoichiometric coefficients for species 7 in a reaction and ; are the chemical potentials.
From the definition of chemical potential, we have A= RTIn(Kgy/Q) = —AG where Q is the
measured activity quotient for the reaction and Kgq is the equilibrium constant, and thus AG =
—RTIn(r¢/rrv). The measured activity quotients, and thus free energies, are indicators of net reaction
rates (although often applicable, deviations from these simple relationships can be expected for
non-elementary reactions (Beard and Qian, 2007)). We include AOM data in our analysis here by
expressing the AG of the environment in terms of that available for hydrogenotrophic
methanogenesis (Fig. 3B). Where AOM is dominant, a positive AG for methanogenesis occurs, as
expected. Taking the data in combination, we observe a positive correlation between isotopologue

compositions and AG values for methanogenesis, with near-equilibrium methane isotopologue
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compositions aligning with AG values close to zero (blue plane in Fig. 3B). Therefore, we propose
that the relative abundances of clumped isotopologues of methane provide a proxy for the
bioenergetics of a site with respect to methanogenesis. This provides a useful tool for
characterizing the bioenergetics of environments for methane production, where estimates of

hydrogen concentrations are not readily available to calculate AG.

On a global scale, microbial methane emissions mainly stem from shallow terrestrial
environments (Saunois et al., 2020). Despite Earth’s largest methane reservoir residing in deep-
sea sediments as gas hydrates, current assessments reveal that only a small fraction of atmospheric
methane originates from the marine realm (Conrad, 2009; Dlugokencky et al., 2011). Recent
measurements of methane isotopologues in the atmosphere validate that significant isotopologue
disequilibrium in global microbial methane emissions indicates the dominance of terrestrial
sources over marine ones (Haghnegahdar et al., 2023; Sivan et al., 2024), thereby introducing an
additional constraint to the global methane budgets. Clumped isotopes of methane have the
potential to be a powerful tool for characterizing the energy landscape of microbial metabolisms
in the environment, serving as interplanetary biosignatures, and providing new insights into

methane emissions.
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Materials and Methods

Four study sites were chosen to investigate the clumped isotopologue effects of natural
methanogenesis, including freshwater lakes, brackish wetlands, and marine basins (Fig. S1 and
Table S1). Rates of methanogenesis and anaerobic oxidation of methane (AOM) were determined
under ex-situ and in vitro conditions. The goal was to sample on-site methane gas where
methanogenesis rates significantly exceeded AOM rates, and to incubate sediments for
methanogenesis with the addition of AOM inhibitors. Site descriptions, sampling and geochemical
analyses are provided in the supporting information. Methane isotopologue abundances of
methane gas samples were measured using the Panorama (Nu Instruments) high-mass-resolution

gas-source isotope-ratio mass spectrometer (Young et al., 2017).

Sediment slurry incubation

We conducted sediment slurry incubation experiments to collect methane produced by
indigenous methanogens, amended with AOM inhibitors but without alteration of the natural
substrate concentration. To date, there is no inhibitor that specifically targets AOM without
inhibiting methanogenesis simultaneously (Oremland and Capone, 1988). However, AOM is
coupled to the reduction of electron acceptors (Boetius et al., 2000; Beal et al., 2009). Sulfate
reduction is readily inhibited by the addition of molybdate (Oremland and Capone, 1988). Iron
reduction can be prevented by the addition of sulfide because aqueous sulfide reacts with iron

oxides, resulting in the absence of microbially reducible Fe(IIl) in the system (Laufer et al., 2020).

For salt marsh and Guaymas Basin sediment, artificial seawater medium was prepared

without sulfate following the method by Widdel and Bak (1992). Sediment slurries were made by
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mixing sediment with seawater medium. Molybdate was introduced to reach a final concentration
of 20 mM. These slurries were used to study methanogenesis under the simultaneous inhibition of
iron and sulfate reduction and without amendment of methanogenic substrates. Furthermore, we
set up three additional sets of slurries for each site following the procedure above but with the
addition of methanogenic substrates to access the isotopologue signatures of common
methanogenic pathways. These substrates included 150 kPa hydrogen gas in the headspace, 40

mM acetate, and 100 mM monomethylamine, respectively (Gruen et al., 2018).

Alaska lake sediments were flushed with argon and incubated at 4 °C without the addition
of liquid medium and inhibitors, as porewater sulfate concentrations (< 30 pM) were near or below

the detection limit (Pellerin et al., 2022).

The sediment from the Guaymas Basin, collected from an active methane seep, was an
excellent candidate for accessing the isotopologue effect of concurrent methanogenesis and AOM.
Following the same procedure as above but without molybdate and sulfide addition, we established
another two sets of Guaymas Basin slurries. We aim to investigate the isotopologue effects of net
methanogenesis and net AOM when methanogenesis and AOM were occurring simultaneously.
One set was flushed with argon to remove methane in the slurry, whereas the headspace of the

other set was replenished with ca. 200 kPa of tank methane.

Rate measurements of sediment slurries

Methane concentrations in the headspace of slurry incubations were monitored by gas
chromatography throughout the incubation period. The amounts of dissolved methane were

calculated using Henry’s law and the Bunsen solubility coefficient. Methanogenesis rates were
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determined by combining the total amounts of methane in the headspace and the liquid phase. In

addition, the activity of AOM was determined using *C-methane tracer.

Thermodynamic calculations

Molar Gibbs free energies (AG) of methanogenic reactions were computed utilizing in-situ
physicochemical data collected down the sampling interval where methane isotopologue
composition was analyzed. The SUPCRT92 software package was employed to compute the
standard state Gibbs free energy (AG®) under in-situ temperature and pressure conditions, with the
consideration that all species are assumed to be in aqueous (aq) form. Based on previous studies
in similar environments, we assume that the sulfate-free deep-sea sediments were dominated by
hydrogenotrophic methanogenesis (Oremland and Taylor, 1978; Beulig et al., 2018), whereas
methylotrophic methanogenesis is the primary pathway in the sulfate-rich salt marsh (Oremland
and Polcin, 1982; Krause and Treude, 2021). Activities were determined by multiplying the
concentrations of reactants and products by their respective activity coefficients. The values of AG,
where AG = AG® + RT In Q, are presented in units of kJ/mol-carbon-transferred, or kJ mol! C,

facilitating standardized energetic comparisons.
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Supplementary Material: Liu et al. Clumped isotopes of methane trace

bioenergetics in the environment

Materials and Methods
Materials

Four study sites were chosen to investigate the clumped isotopologue effects of natural
methanogenesis, including freshwater lakes, brackish wetlands, and marine basins (Fig. S1 and
Table S1). Rates of methanogenesis and anaerobic oxidation of methane (AOM) were determined
under ex-situ and in vitro conditions. The goal was to sample on-site methane gas where
methanogenesis rates significantly exceeded AOM rates, and to incubate sediments for

methanogenesis with the addition of AOM inhibitors.

Carpinteria Salt Marsh Reserve

The Carpinteria Salt Marsh Reserve (CSMR) is an estuarine wetland located on the south
coast of Santa Barbara County in southern California, United States. Freshwater runoff flows into
the marsh through six drainage channels along the northern boundary, while tidal waters enter via
an inlet that is open to the Santa Barbara Channel at the southern boundary (Page et al., 1995).
Krause et al. (2024) collected sediment cores across the main channel along the service road and
measured rates of methylotrophic methanogenesis and AOM using '*C-radiotracers. Guided by
these results, we selected two brackish sites located in close proximity to freshwater runoff (Table

S1), where AOM rates were found to be less than 5% of the rates of methylotrophic
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methanogenesis in the upper 5 cm (Fig. S2). Sediment in the upper 5 cm of brackish sites 1 and 2
was characterized by a slightly lower and higher sulfate concentration (ca. 20 and 26 mM),
respectively. We collected sediment from the upper 5 cm at each site in 2022. The sediment was
transferred to borosilicate bottles without headspace, sealed with black butyl rubber stoppers, and
stored at 4 °C for in vitro slurry incubation. We also collected on-site methane dissolved in
sediments for isotopologue analysis. Due to the low methane concentrations (12—20 uM) at the
two sites, we modified 3.8-L glass Mason jars with screw plastic lids and airtight silicone gaskets.
A hole was drilled through the plastic lid to install a blue butyl rubber stopper for gas sampling. In
the field, we transferred ~2500 cm? of sediments to each jar. Subsequently, we introduced ~500 g
of solid NaCl and ~800 ml of saturated NaCl solution immediately before sealing the lid, ensuring
an air headspace of ~250 ml. The jars were vigorously shaken and stored at 20 °C for one week

before transferring the headspace to evacuated 160-ml crimp vials.

Alaska thermokarst lake

Big Trail Lake is located 8 km north of Fairbanks, Alaska, in the Goldstream Valley (Table
S1). It sits at the confluence of Goldstream Creek and Big Eldorado Creek, approximately 4 km
west of Goldstream Mine in Fox. Big Trail Lake is an actively expanding thermokarst lake,
currently covering an area of about 40,000 m?, with average and maximum depths of 1.2 m and
4.1 m, respectively. The lake is notable for its history of thermokarst activity, including vigorous
methane seeps (Walter Anthony et al., 2021). Aerial photographic records suggest that the lake
formed from a wetland between 1949 and 1967 (Walter Anthony et al., 2018). Sediment cores were
extracted from two sites by percussion coring in March 2020; specifically, Sites D and S were

situated in the western and northern portion of the lake, respectively. The lithology between the
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two sites was identical (Pellerin et al., 2022). Sediment from a slit layer (unit 1), a peat layer (unit
2), and a dark mud layer (unit 4) at Site S was transferred to glass vials and sealed with blue butyl
rubber stoppers for incubation (Fig. S3). The vials were immediately flushed with pure nitrogen
gas for 3 intervals of 5 minutes, and vigorously shaken between the intervals to remove all traces
of methane and oxygen. Porewater and sediment geochemistry and microbial activity have been
previously published (Pellerin et al., 2022; Lotem et al., 2023). AOM rates were determined using
13C-CH4 and were found to be only around 1% of the methanogenesis rates in the sediments (Lotem

et al., 2023) (Fig. S3B).

Sediment coring established a conduit for the upward migration and ebullition of
subsurface methane gas. At Site S in Big Trail Lake, after vibracore coring down to 4 m, three gas
samples were obtained from three boreholes using the water displacement method, where glass
vials were immersed in the lake water and filled. Subsequently, the vials were inverted, allowing
free gas bubbles to be directed into the vials already filled with lake water. Upon displacement of
all the lake water by gas, the vials were sealed with blue butyl rubber stoppers while submerged
in the water. Similarly, three gas samples were collected from Goldstream Lake, located 1.3 km

west of Big Trail Lake (Table S1).

Santa Barbara Basin

Located in the California Borderlands, Santa Barbara Basin (SBB) is a coastal basin with
a seasonal anoxic water column, reaching a maximum depth of around 600 meters (Sholkovitz and
Gieskes, 1971). The average sedimentation rate at the center of the SBB was estimated to be 4.2 +

0.4 mm per year (Reimers et al., 1996). A gravity core was taken from the depocenter Site NDRO
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in November 2019 during an expedition aboard R/V Atlantis (AT42-19; Table S1) (Krause et al.,
2023). For methane concentration analysis, sediment samples of 2 cm® were immediately collected
using cut-off syringes and transferred to 12 ml crimp vials containing 5 ml of 2.5% NaOH solution.
The vials were then crimp sealed, shaken vigorously and stored upside down at 4 °C. Around 25
cm® sediment was transferred to argon-flushed 50 ml centrifuge tubes and centrifuged at 4300g for
20 min for porewater analysis. The remaining sediment was transferred to 1-L glass Mason jars
for on-site methane isotopologue analysis, utilizing the same sampling procedure as outlined in
the salt marsh section. In July 2023, we returned to the same site aboard R/V Atlantis (AT50-11)
to acquire a higher-resolution geochemical profile, employing the same methodology used in 2019.
Furthermore, 6 cm® of sediments were transferred to 12 ml glass vials for the analysis of hydrogen
concentration. We note that part of the soft surface sediment was lost during both gravity core
retrievals. To identify the original sediment depths, we aligned our porewater sulfate data with
previously published sulfate profiles from multi- and gravity cores in the depocenter of the Basin

(Li et al., 2009).

Guaymas Basin

Guaymas Basin, located in the Gulf of California, is a young marginal rift basin between
the western margin of mainland Mexico and the Baja California Peninsula. It is characterized by
active seafloor spreading, steep geothermal gradients, and rapid deposition of organic-rich
sediments (Calvert, 1966; Lonsdale and Becker, 1985). During the International Ocean Discovery
Program (IODP) Expedition 385 in fall 2019, drilling activities targeted organic-rich sediments
and intruded sills, covering an extensive area within the Basin (Teske et al., 2021). We focused on

two sites with relatively low and high geothermal gradients (Table S1 and Fig. S11). Site U1550
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is situated in the axial graben of the northern spreading segment of the Guaymas Basin. It is
characterized by a relatively low geothermal gradient of 135 °C/km and an average sedimentation
rate greater than 69.2 cm/ka. Site U1547 is located about 27 km northwest of the axial graben in
the northern Guaymas Basin, within a circular, bowl-shaped hydrothermal mound called Ringvent,
that rises approximately 20 m above the seafloor and exhibits a maximum diameter of around 800
m (Teske et al., 2019). It is characterized by a notably high geothermal gradient of 529 °C/km
(measured at Hole U1547B) and an average sedimentation rate exceeding 52.4 cm/ka. Additional
details about the two drilling sites and their geochemistry have been previously published (Teske

etal., 2021).

Three types of methane gas were collected from sediment. Firstly, headspace samples were
collected immediately upon retrieval of sediment cores on the core receiving platform. Two
replicates of ~5 cm® wet sediment were placed in 20 ml glass vials containing 5 ml of 1 M NaOH
solution. The vials were capped with a polytetrafluoroethylene/silicone septum and crimp sealed.
Following vortexing, the sealed vials were stored upside down at 4 °C. Secondly, the expansion of
entrapped gases can create voids in the sediments. To collect void gas samples, a specialized
piercing tool was used to puncture the core liner, enabling the gas to expand into a gas-tight syringe
connected to the tool. The obtained sample was then transferred to crimp-capped headspace vials
pre-filled with a saturated NaCl solution. Thirdly, during hard rock coring, a small (5—15 cm long)
whole-round sample of subsurface igneous rock was placed into a trilaminated foil barrier bag and
immediately sealed. These samples were incubated for at least 24 h at 70 °C to stimulate degassing.
Bags were then sampled using a gas-tight syringe through a polytetrafluoroethylene/silicone
septum to quantitatively extract gas. This gas, termed rock incubation, was subsampled into

crimped septa vials pre-filled with saturated NaCl solution.
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In addition to the drilling samples, we obtained surface sediments from a neighboring site
characterized by active methane bubbling (Table S1). Push cores were collected by the remotely
operated vehicle Jason aboard R/V Roger Revelle (RR2107) in November 2021. The top 20 cm
sediments were transferred to 500 ml borosilicate bottles without headspace, sealed with black

butyl rubber stoppers, and stored at 4 °C for in vitro slurry incubation.

Methods
Sediment slurry incubation

While methane gases collected in the field were chosen from natural settings characterized
by low rates of AOM, the AOM rates were still on the order of tens to hundreds of pmol cm™ d-!
in the salt marsh and thermokarst lake (Figs. S2 and S3). Simultaneous AOM activity, even if low,
complicates the interpretation of isotopologue data when studying the signatures of
methanogenesis. Accordingly, we conducted sediment slurry incubation experiments to collect
methane produced by indigenous methanogens, amended with AOM inhibitors but without
alteration of the natural substrate concentration. To date, there is no inhibitor that specifically
targets AOM without inhibiting methanogenesis simultaneously (e.g., 2-bromoethanesulfonate;
BES) (Oremland and Capone, 1988). However, AOM is coupled to the reduction of electron
acceptors, including but not limited to sulfate, nitrate, and iron oxides (Boetius et al., 2000; Beal
et al., 2009; Haroon et al., 2013). In anoxic sediments, nitrate is the first electron acceptor to be
depleted, driven by the high energy yield of denitrification, occurring before the accumulation of
methane begins (Froelich et al., 1979). We anticipate the absence of nitrate in our sediment slurries.

Sulfate reduction is readily inhibited by the addition of molybdate (Oremland and Capone, 1988).
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Iron reduction can be prevented by the addition of sulfide because aqueous sulfide reacts with iron
oxides, resulting in the absence of microbially reducible Fe(III) in the system (Laufer et al., 2020).
However, sulfide toxicity at sulfide levels greater than 3 mM may substantially inhibit
methanogenic activity (Koster et al.,, 1986). Therefore, we introduced an initial sulfide
concentration of 1 mM or less and ensured the presence of aqueous sulfide at the end of the

incubation period.

For salt marsh and Guaymas Basin sediment, artificial seawater medium was prepared
without sulfate following the method by Widdel and Bak (1992). Sediment slurries were made by
mixing sediment with seawater medium at a 1:1 to 1:2 (v:v) ratio in 500 ml borosilicate bottles,
leaving a 20-60 ml headspace. Concurrently, molybdate was introduced to reach a final
concentration of 20 mM. The headspace was immediately flushed with pure argon gas for 3
intervals of 5 minutes, and vigorously shaken between the intervals to remove all traces of methane
and oxygen. The bottles were kept in the dark and shaken on a weekly basis. The incubation
temperature was 20 °C for the salt marsh and Guaymas Basin slurries, which closely approximated
the in-situ condition. These slurries were used to study methanogenesis under the simultaneous
inhibition of iron and sulfate reduction and without amendment of methanogenic substrates.
Furthermore, we set up three additional sets of slurries for each site following the procedure above
but with the addition of methanogenic substrates to access the isotopologue signatures of common
methanogenic pathways. These substrates included 150 kPa hydrogen gas in the headspace, 40
mM acetate, and 100 mM monomethylamine (referred to as methylamine hereafter), respectively,
reflecting standard methanogen pure culture incubations (Balch et al., 1979; Gruen et al., 2018).
Slurry volumes for these incubations were smaller (40—200 ml) as methane production was much

faster compared to slurries without substrate addition.
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The sediment from the Guaymas Basin, collected from an active methane seep, was an
excellent candidate for accessing the isotopologue effect of concurrent methanogenesis and AOM.
Following the same procedure as above but without molybdate and sulfide addition, we established
another two sets of Guaymas Basin slurries. We aim to investigate the isotopologue effects of net
methanogenesis and net AOM when methanogenesis and AOM were occurring simultaneously.
One set was flushed with argon to remove methane in the slurry, whereas the headspace of the

other set was replenished with ca. 200 kPa of tank methane (Airgas).

Alaska lake sediments were flushed with argon and incubated at 4 °C without the addition
of liquid medium and inhibitors, as porewater sulfate concentrations (< 30 pM) were near or below
the detection limit (Pellerin et al., 2022). Moreover, Lotem et al. (2023) found that the reduction
of iron(IIl) was not coupled to AOM and demonstrated that the AOM signals in the incubation
experiments may result from enzymatic reversibility (“back-flux) during methane production,

rather than thermodynamically favorable AOM.

Geochemical analyses

Porewater was separated from sediment by centrifugation in argon-flushed centrifuge tubes.
Supernatant from sediment slurries was sampled using a long needle through the rubber stopper
without opening the bottle. The concentrations of dissolved solutes in sediment porewater (ex-situ)
and sediment slurry incubations (in vitro) were immediately measured after sampling, with the
exception of sulfate, which was preserved at —20 °C. For dissolved sulfide and iron analyses,
porewater was immediately fixed with 5% zinc acetate solution (1:1 v:v) and 1% ascorbic acid

solution (100:1 v:v), respectively. Dissolved sulfide and ferrous iron concentrations were
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determined by the methylene blue method (Cline, 1969) and the ferrozine assay (Stookey, 1970),
respectively, using a spectrophotometer (Shimadzu UV-1800). The detection limits for sulfide and
ferrous iron were 1 uM, exhibiting relative standard deviations (RSD) of less than 5%. Alkalinity
was determined by acid titration with a Metrohm 876 Dosimat Plus (Dale et al., 2015). Sulfate
concentrations were analyzed by ion chromatography (Metrohm 761). Alkalinity and sulfate
concentrations were calibrated against the IAPSO standard seawater with RSD better than 2%.
The detection limit for sulfate was about 30 pM with dilution. Furthermore, pH was determined

by a pH meter (VWR sympHony B10P).

Alkane concentrations (Ci1—Cs) in gas samples were determined using a Shimadzu gas
chromatograph (GC-2014) with a packed HayeSep-D column and a flame ionization detector.
Helium was used as the carrier gas at a flow rate of 35 ml/min. The column temperature was set at
120 °C and held for 6 min, then increased up to 160 °C at 20 °C/min and held for 4 min.
Alternatively, when only C; was analyzed, the column temperature was set at 80 °C with a helium
flow of 15 ml/min. C1—Cs4 alkane concentrations were calibrated against calibration standards
(GASCO Precision Calibration Gas). The RSD was better than 5% and the detection limit was

about 1 ppm.

Porewater hydrogen concentrations were determined in triplicates for gravity core
sediments from the Santa Barbara Basin following a headspace equilibration technique (Hoehler
et al., 1998). Sediment samples (6 cm?®) were enclosed in 12 ml serum vials with an O-free
nitrogen headspace. The samples underwent a 54-hour incubation in the dark at 6 °C for
equilibration. Following this incubation period, the H» concentration in the headspace was
determined using Peak Performer 1 gas chromatography with a reducing compound photometer

on board. Measurements on replicate standards typically exhibited a precision of less than 5%. The
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partial pressure values of the gas phase obtained through chromatographic analysis were converted
to porewater concentrations using solubility constants corrected for temperature and salinity

(Crozier and Yamamoto, 1974).

Analysis of hydrogen isotopic composition of water from slurry incubations and sediment
porewater was conducted at the Stable Isotope Laboratory at Dartmouth College (Kopec et al.,
2019). Water hydrogen isotopic ratios (6D) were measured using an H-Device, in which water was
reduced by hot chromium (850 °C), and the resulting hydrogen gas was measured by a Thermo
Delta Plus XL isotope-ratio mass spectrometer (IRMS). Isotopic ratios (D/H) are reported in -
notation relative to the Standard Mean Ocean Water (VSMOW) standard. Analytical precision for

dD is <0.5%o (10) based on replicate analyses of laboratory standards.

To determine the thermochemical stability of organic matter, we performed ramped
pyrolysis/oxidation analysis on sediment samples (Cui et al., 2022). The system is made up of a
carrier gas supply unit, pyrolysis furnaces and an infrared CO> analyzer. Defrosted sediment was
acidified overnight using 0.5N HCl to remove carbonates, washed three times using Milli-Q water,
and dried at 40 °C prior to analysis. Acid rinsed sediments containing 0.8—1.1 mg of organic carbon
were loaded into the inner quartz reactor and operated in sub-oxidation mode. In this mode, the
gas supply to the inner tube consisted of 27 ml min! helium and 3 ml min"' diluted oxygen (5%
oxygen / 95% nitrogen). An additional 5 ml min~! of oxygen was introduced directly to the outer
quartz tube, oxidizing pyrolytic products from the inner quartz reactor to CO> downstream.
Samples underwent pyrolysis of the upper furnace, with temperatures ramping from 70 °C to

! while the lower furnace was maintained at 800 °C.

1050 °C at a constant ramping rate of 5 °C min~
The carrier gas with evolved CO> then passed through the CO; analyzer (Sable CA-10), and

instantaneous CO> concentrations were recorded. CO; concentrations were plotted against
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temperatures to generate thermograms, displaying the temperature-dependent decomposition of
organic carbon. The precision of the oven ramping rate and CO> concentration measurements were

better than 1% and 5 ppm, respectively.

To quantitatively compare organic carbon bond strengths between samples, observed
thermograms were converted to activation energy (E) distributions using a Python package
(Hemingway et al., 2017). A regularized inverse method was utilized to estimate the distribution
of organic carbon activation energy using serial oxidation. £ distributions were calculated by
finding the inverse solution to a set of parallel, non-isothermal, first-order kinetic decay reactions.
E reflects the energy required to fully oxidize each carbon atom when exposed to a particular
oxidation reaction pathway and is a suitable quantitative proxy for bond strength (Hemingway et
al., 2017). The mean value of £ (i) and the fraction of organic carbon within £ values higher than
190 kJ mol™! (f&>190) were calculated accordingly. Higher pe and fi-190 values mean the sediment

contains more refractory, or less labile organic carbon (Cui et al., 2022).

Rate measurements and modeling of methanogenesis and anaerobic oxidation of methane

Methane concentrations in the headspace of slurry incubations were monitored by gas
chromatography throughout the incubation period. Using the known volume and porosity of the
slurry, the amounts of dissolved methane were calculated using Henry’s law and the Bunsen
solubility coefficient (Yamamoto et al., 1976). Methanogenesis rates were then determined by
combining the total amounts of methane in the headspace and the liquid phase. After extracting
the headspace gas for isotopologue analysis using a gas-tight syringe, the activity of AOM was

determined in the remaining slurry.
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Each slurry was subsampled into duplicate 12 ml glass crimp vial without headspace. AOM
rates were determined by injecting 20 pL of '*C-methane tracer (dissolved in MilliQ water, activity
0.7 kBq, specific activity 185 MBq mmol ') to each vial. The vials were incubated in the dark for
two days at the same temperatures applied to the stock slurries (20 °C). To terminate AOM activity,
samples were transferred to 50 ml glass vials filled with 20 ml 5% NaOH. The vials were sealed
with rubber stoppers immediately and shaken thoroughly. AOM rates were determined by oven
combustion (Treude et al., 2005) and acidification (Joye et al., 2004). Samples were considered
active only if the sample value exceeded the control mean + (3 x standard deviation). If a sample
value surpassed this threshold, the killed control mean was subtracted from the sample value.
Taking into account the dilution factor of the slurry, rates of both methanogenesis and AOM in
slurry incubations were normalized to nmol methane per cm?® undiluted sediment per day,

facilitating comparisons with the rates obtained through ex-situ measurements and modeling.

Ex-situ rates of methanogenesis and AOM in sediment cores from the salt marsh and
thermokarst lake have been previously published (Pellerin et al., 2022; Lotem et al., 2023; Krause
et al., 2024). In brief, rates of methanogenesis, AOM and sulfate reduction in salt marsh sediments
were tracked using '“C-labeled methylamine, '“C-labeled methane, and *°S-labeled sulfate,
respectively (Krause et al., 2024). Note that the methylamine-based methanogenesis rate should
be considered as the hypothetical minimum rate of methane production since methanogenesis rates
of other pathways and other methylated compounds were not determined. In thermokarst lake
sediments, methanogenesis rates were quantified through '*C-labeled bicarbonate and acetate in
short-term incubation, and methane concentration in long-term incubation, while AOM rates were

determined by *C-labeled methane (Pellerin et al., 2022; Lotem et al., 2023).
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Ex-situ rates of methanogenesis were not measured for the Santa Barbara and Guaymas
Basins. To determine net rates of methane production and consumption, we utilized one-
dimensional reaction-transport modeling with the software PROFILE (Berg et al., 1998).
Assuming that the depth profiles of methane concentration represent a quasi-steady state, the
PROFILE model partitioned the sediment pile into discrete depth intervals (e.g., 1—4 zones), each
assigned a constant process rate that best replicated the observed concentration profiles. In this
context, transport is exclusively assumed to occur through molecular diffusion—a condition we
consider realistic in the deep Santa Barbara Basin where the bottom water is generally hypoxic—
anoxic, limiting bioirrigation and bioturbation, and the sediments lack gas bubbles (Sholkovitz and
Gieskes, 1971; Li et al., 2009). Porewater methane concentrations at the top and bottom of the
modeled depth interval served as boundary conditions. Both measured and modeled volumetric
rates are expressed in units of nmol cm™ d™'. The same modeling approach cannot be applied to
the deep subsurface sediments from the Guaymas Basin because the methane concentration data
become unreliable at methane partial pressure greater than 3-5 bar, and they are affected by
outgassing when the drilling cores were retrieved and subsampled (Jergensen, 2021; Teske et al.,
2021). The methane concentrations in the sulfate-rich Carpinteria Salt Marsh sediments, which
exhibit little variation, do not allow for the effective determination of a net methanogenesis rate

(Fig. S2).

Thermodynamic and kinetic calculations

Molar Gibbs free energies (AG) of the three methanogenic catabolisms (reactions 1-3)
listed below were computed utilizing in-situ physicochemical data collected down the sampling

interval where methane isotopologue composition was analyzed. The reactions are:
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4H2(ag) T CO2(aq) — CHa(g) +2H20q) (1)
4CH30H@q) — 3CHaag) + CO2aq + 2H20() (2)
4(CH3)NHzaq) +4H aq +2H200) — 3CHaaq) + CO23aq) + 4NHs" (aq) 3)

The SUPCRT92 software package was employed to compute the standard state Gibbs free
energy (AG®) under in-situ temperature and pressure conditions, with the consideration that all
species are assumed to be in aqueous (aq) form (Johnson et al., 1992). Based on previous studies
in similar environments, we assume that the sulfate-free deep-sea sediments were dominated by
hydrogenotrophic methanogenesis (Oremland and Taylor, 1978; Beulig et al., 2018), whereas
methylotrophic methanogenesis is the primary pathway in the sulfate-rich salt marsh (Oremland
and Polcin, 1982; Krause and Treude, 2021). For hydrogenotrophic methanogenesis, our
calculations utilized measured concentrations of CO> derived from alkalinity and pH data (Lewis
and Wallace, 1998). For methylotrophic methanogenesis, we used methanol and methylamine as
examples. The concentrations of methanol and methylamine at the Carpinteria Salt Marsh were
found to be detectable (>3 pM) but fell below quantification limit (10 uM) (Krause et al., 2024).
Consequently, a range of 3-10 pM for methanol and methylamine was employed in the
calculations, along with the measured concentrations of other species (CH4, CO2, NH4", and pH).
Activities were determined by multiplying the concentrations of reactants and products by their
respective activity coefficients (Amend and LaRowe, 2019). Given our assessment of two
disproportionation reactions, the values of AG, where AG = AG? + RT In Q, are presented in units
of kJ/mol-carbon-transferred, or kJ mol! C, facilitating standardized energetic comparisons
(Bojanova et al., 2023). Note that we did not attempt to calculate AG values for incubation
experiments due to the potential concurrent production of methane through multiple methanogenic

pathways. To compare the methanogenic data in this study with published AOM data, the published
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AOM isotopologue data were averaged (Giunta et al., 2022; Liu et al., 2023) and presented with a
published AG value of 11 kJ mol! C with respect to hydrogenotrophic methanogenesis (Dale et
al., 2008). In reality, anaerobic methanotrophic archaea oxidize methane through direct electron
transfer rather than hydrogen gas (McGlynn et al., 2015; Wegener et al., 2015). Therefore, we
consider the AG value of 11 kJ mol! C as a rough estimate, which should be regarded as the

hypothetical minimum AG value.

We calculated the kinetic driving force of AOM (Fk,aom) to further constrain the depth of
potential AOM activity in the Santa Barbara Basin. The Fx aom for both sulfate and methane was
computed using the general Michaelis—Menten model, governing substrate uptake by

microorganisms, with the following equation (Jin and Bethke, 2002):
Fi.aom = ([CHa] / (Kcna + [CHa])) < ([SO4*]/ (Ksoaz- + [SO4™T)). 4

Here, [CH4] represents the methane concentration, [SO4>] is the sulfate concentration, and Kcna
and Kso42- are half-saturation constants (Km) for methane and sulfate, respectively. Laboratory
experiments suggest that Ky values for methane during sulfate-dependent AOM are in the mM
range, while those for sulfate are in the sub-mM range (Nauhaus et al., 2002; Wegener and Boetius,
2009). Therefore, we adopted a Kcnsa of 10 mM and a Ksoa42- of 0.1 mM for our calculations (Beulig
et al., 2019). The Fx aom values were normalized to the highest Fx aom in a given core, yielding

dimensionless values ranging from 0 (complete kinetic inhibition) to 1 (no inhibition).

Doubly substituted isotopologue measurements and isotope notation

Methane isotopologue abundances of methane gas samples were measured using the
Panorama (Nu Instruments) high-mass-resolution gas-source IRMS housed at University of
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California, Los Angeles. Details surrounding the purification and measurement of methane gas
were previously published (Young et al., 2016; Young et al., 2017) and are briefly summarized
here. Methane sample gases were purified on a vacuum line interfaced with a gas chromatograph
(GC). Samples were delivered to the vacuum line through a septum by a gas-tight syringe and
trapped on silica gel at liquid nitrogen temperature. The helium carrier gas was then used to flush
the sample to the GC. Separation was accomplished with a 3-meter 1/8-inch OD stainless steel
column packed with 5 A molecular sieve, followed in series by a 2-meter 1/8-inch OD stainless
steel column packed with HayeSep D porous polymer. Peaks were identified using an in-line,
passive thermal conductivity detector (TCD). Once methane collection was complete, the sample
was transferred to an evacuated sample tube filled with silica gel at liquid nitrogen temperature.
Methane in this tube was introduced to the inlet of the mass spectrometer where it was warmed to

40 T and expanded into the bellow of the instrument.

The Panorama mass spectrometer was set to a mass resolving power of ~40,000 or greater,
allowing the measurement of ion currents for resolved ?CHq4*, 3CH,4*, ?*CH3D*, *3CH3D*, and
12CH,D,". Isotopologues of masses 16 and 17 were measured using Faraday collectors with
amplifier resistors of 10! Q. Both doubly substituted mass-18 isotopologues, **CHsD* and
12CH,D,*, were measured with an electron multiplier as the axial collector. The measured ratios
of these ion currents yield values for bulk *C/*2C and D/H as well as for both A¥®*CHsD and
AY2CH,D;. The isotopic compositions of carbon and hydrogen are reported as deviations from the
carbon and hydrogen reference materials Vienna Pee Dee Belemnite (VPDB) and VSMOW.

Standard delta notation is used to express the fractional differences in per mil units:
S13C = [(13C/*2C)sampie/ (PC/*?C)vpps — 1] x 1000 (5)

oD = [(D/H)sample/(D/H)VSMOW - 1] x 1000. (6)
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The relative abundances of the two mass-18 isotopologues of methane are reported relative

to the stochastic reference frame expressed in per mil using the capital delta notation:
ABCH3D = [(lSCHSD /12CH4)sampIe/(lscH3D /lch4)Stochastic — 1] x 1000 @)
AlZCHZDZ = [(lZCHZDZ/lZCH4)samp|e/(1zcH2D2/12CH4)stochastic - 1] % 1000. (8)

External precision for 8*3C, 8D, ABCHsD, and ACH:D; is approximately 0.1%o, 0.3%o, 0.3%o
and 0.7%o, respectively (1o), based on replicate samples. The relationship between temperature
and both A CHsD and A’ CH.D; has been predicted through ab initio calculations and can be

expressed by the following equations (Young et al., 2017):

ABCH3D (T) = 1000 In(1 + 0.0355502/T — 433.038/T? + 1270210.0/T3 — 5.94804

> 108/T4 + 1.196630 x 101/T® — 9.07230 x 102/T?) )

A2CH,D; (T) = 1000 In(1 + 0.183798/T — 785.483/T2 + 1056280.0/T? + 9.37307

x107/T* - 8.919480 x 10'%/T° + 9.901730 x10'%/T®) (10)

where T is in Kelvin. Egs. (9) and (10) show that A¥* CH3D and A?CH.D, values are both positive
when methane is formed at thermodynamic equilibrium, and approach 0%o at high temperatures

(>1000 K).

Modeling of methanogenesis and anaerobic oxidation of methane

As of now, modeling efforts in methanogenesis have predominantly concentrated on the
hydrogenotrophic pathway. This focus arises from the fact that methane generated through
acetoclastic and methylotrophic methanogenesis inherits clumping signals from precursor organic

substrates, the analysis of which has only recently been developed (Lloyd et al., 2021). We
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incorporated metabolic-isotopic and isotopologue flow network models from two recent studies
on hydrogenotrophic methanogenesis into our dataset without modification (Gropp et al., 2022;
Ono et al., 2022). Therefore, the modeling output is intended solely to depict a subset of our dataset,
encompassing Santa Barbara and Guaymas Basin samples, on-site methane from the subsurface

of Alaska thermokarst lakes, and Carpinteria salt marsh incubations with an H; headspace.

Further, we utilized a closed-system steady-state model to comprehend the concurrent
methanogenesis and AOM in the incubation of Guaymas Basin slurry (Haghnegahdar et al., 2017,
Liu et al., 2023). In this model, the time-dependent evolution of the moles of an isotopologue of
methane can be described in terms of a constant rate of production and a rate of oxidation that
behaves as a first-order reaction with an invariable rate constant. In this simplest model, where the

balance is only between production and consumption, the system can be described as:

dar i i (11)

where n; is the moles of the isotopic species of interest, E; is the source term for i (e.g., rate of
methanogenesis), and £; is the rate constant for the sink i (i.e., the rate constant for oxidation). The

solution to Eq. (11) yields:

E
n#t):rﬂ%_kﬂ+-—L(l—e_hq
' ki : (12)

where n? is the initial moles of i. The moles of species i at steady state is obtained by evaluation

k;t

Eq. (12) where t — oo, and thus e ™*i* — 0, yielding:

Ei
.'l[:(tN 00)=k—

i (13)
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Considering i to be the major isotopologue, the steady-state amount of methane is controlled by
the ratio of the production rate and the rate constant for oxidation. The steady-state ratio of two
isotopologues can therefore be expressed as:

nj(t~oo) _5 ¢

ni(t~oo)_ Eik_j (14)

where 7 is the moles of the two isotopologues i and j. The steady-state isotopologue ratio
depends on the isotopologue ratio of the methane produced (E;/E;) and the reciprocal of the
fractionation due to oxidation (ki/k;), independent of the absolute rates. The ratio of the steady-
state moles to initial moles of methane, (E/k)/np, was determined by assessing the changes in
methane concentrations within the bottles. Methane accumulation was observed in the Guaymas
Basin slurry without initial methane, while methane consumption was noted in the slurry
containing a methane headspace. These observations indicate net methanogenesis and net AOM
occurring in the respective incubations. The ratio (E/k)/ng was set to 500 and 0.2, respectively,
based on measured methane concentrations. We set the clumped isotopologue fractionation factors
13Dy and P?y to be 0.985 and 0.912, respectively, as defined and reported in Liu et al. (2023). The
bulk isotope fractionation factors, "*a and Pa, were set to be 0.962 and 0.738, respectively, through
the fitting of measured data. These values fall within the range established by previous studies
(Holler et al., 2009). The steady-state clumped isotopologue compositions are solely controlled by
13Dy and P2y, while “a, P and (E/k)/no only contribute to shaping the curvature of the trajectory
toward the steady state (Liu et al., 2023). We note that in the slurry containing a methane headspace,
the source term includes both the tank methane added at the beginning of the incubation and the

newly produced methane by methanogens throughout the incubation. We simplify the system with
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a single effective source term, £, characterized by isotopologue compositions predominantly from

the tank methane, albeit with caveats.

Supplementary Text

Methanogenic pathways in Carpinteria Salt Marsh sediments

In sulfate-depleted marine sediments, methane is generated through two primary pathways:
the reduction of CO, with H» as the electron donor (hydrogenotrophic methanogenesis) and the
disproportionation of acetate (acetoclastic methanogenesis) (Rudd and Taylor, 1980; Conrad,
1999). Methanogens are not able to effectively compete with sulfate-reducing bacteria for common
substrates, especially Hz and acetate (Oremland and Taylor, 1978). The free energy available from
sulfate reduction exceeds that of methane production in the sulfate zone (Froelich et al., 1979).
While hydrogenotrophic and acetoclastic methanogenesis are largely inhibited in the sulfate-
reducing zone, methylotrophic methanogenesis is known to occur in this zone. It is well established
that methylated compounds, such as methylamine and methanol, are important non-competitive
substrates for methanogenesis in the presence of sulfate reduction (Oremland and Polcin, 1982;

Maltby et al., 2016; Zhuang et al., 2018).

As a result, methylotrophic methanogenesis was suggested to be the predominant pathway
for methane production in the sulfate-reducing sediments within the Carpinteria Salt Marsh
(Krause and Treude, 2021; Krause et al., 2024). Indeed, elevated methanogenesis rates, determined
using '*C-methylamine radiotracer, were observed in the upper 5 cm of sediments, coinciding with
the peak in sulfate reduction rates (Fig. S2). We suggest that the contributions of hydrogenotrophic

and acetoclastic methanogenesis are negligible (Xiao et al., 2018; Zhuang et al., 2018). It is
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important to acknowledge that the methanogenesis rates derived from !*C-methylamine only
represent a fraction of the methylotrophic methanogenesis rates, likely underestimating the gross
methanogenesis rates since methanogenesis from other methylated compounds is not taken into

account.

In investigating the isotopologue effects of the three methanogenic pathways, we
introduced H», acetate and methylamine to slurries incubations of the salt marsh sediments.
Incubations with methylamine exhibited the highest methanogenesis rates, reaching approximately
3000 nmol cm™ d!, consistent with the ongoing natural methylotrophic methanogenesis.
Methanogenesis rates in H» incubations varied from 37 to 197 nmol cm™ d”!, while rates in acetate
incubations were two orders of magnitude lower than those in H> incubations, indicating the minor
significance of acetoclastic methanogenesis in the investigated salt marsh sediments. This suggests
that either the sediments lack the requisite microorganisms capable of utilizing acetate for
methanogenesis, or the acetate was used for other processes. Therefore, we argue that introducing
molybdate and H»S to sediment slurries mostly stimulates hydrogenotrophic but not acetoclastic
methanogenesis, complementing the concurrently occurring methylotrophic methanogenesis.
Methane produced in molybdate incubations aligns with the mixing lines between the
methylotrophic and hydrogenotrophic end-members (Fig. S4), providing additional support for our

interpretation.

Methanogenesis evolution in A*CH3D vs. A">CH>D» space for Alaska lake incubations

In addition to the depth-dependent evolution of isotopologue compositions discussed in the

main text, we explored time-dependent changes in the same sediment incubations in A*CH3D vs.
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A>CH:2D; space. The sediments from units 2 and 4 of the Big Trail Lake were incubated from
2020 to 2022, and the headspace was collected before purging it with argon. Subsequently, the
same sediments underwent another two years of incubation under identical conditions. The newly
generated methane exhibited A2 CH,D; values less negative than those in the initial incubation,
indicating a trajectory towards equilibrium (Fig. S5). We propose that this shift reflects the aging
of organic matter, resulting in a diminished availability of the labile fraction over time. The four-
year time scale is comparable to the age of this thermokarst lake (50-70 years) (Walter Anthony
et al., 2018). Before the lake formed between 1949 and 1967, the sediments existed as permafrost,
retarding the degradation of organic matter under frozen conditions until the sediments eventually

thawed (Pellerin et al., 2022).

Based on short-term radiotracer incubations, approximately 43% of methanogenesis in unit
2 occurred through the hydrogenotrophic pathway, with the remaining portion occurring via the
acetoclastic pathway (Fig. S3C). In unit 4 at the sediment surface, all methanogenesis followed
the acetoclastic pathway (Fig. S3C). However, the isotopologue compositions of methane from the
two units exhibit only minor differences (Fig. S5). Two possible explanations arise: first,
isotopologue values may not be entirely indicative of the metabolic pathways of methanogenesis
in certain natural environments (Gruen et al., 2018). Second, the occurrence of methylotrophic
methanogenesis in the lake sediments cannot be ruled out, as the short-term incubation did not
consider the role of methyl compounds (Pellerin et al., 2022). Collectively, the thermokarst lake
sediments demonstrate a transition from acetoclastic to hydrogenotrophic methanogenesis
downcore, with potential involvement of methylotrophic methanogenesis. Due to the intricate

biogeochemical cycling of methane at this site, calculations for Gibbs free energy were not pursued.
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Evaluation of Gibbs free energies at the marine sites

In marine sediments, methanogenesis starts in the absence of sulfate at a subsurface depth
where the buried organic matter has become notably recalcitrant to microbial degradation. As a
result, it is well established that hydrogenotrophic methanogenesis predominates in marine
sediments (Oremland and Taylor, 1978; Crill and Martens, 1986; Whiticar et al., 1986; Beulig et
al., 2018). To assess the Gibbs free energies at the two marine settings, porewater H, concentrations
were determined using two distinct methods. H> concentrations were measured using a headspace
equilibration technique for the Santa Barbara Basin sediments (Hoehler et al., 1998), whereas an
extraction method was applied to the Guaymas Basin sediments (Lin et al., 2012; Teske et al.,
2021). Each method has its advantages and drawbacks, but the extraction method was found to
yield higher H> concentrations compared to the headspace equilibration technique (Lin et al., 2012).
Therefore, the AG values at the two sites are observed in distinct ranges (Table S3). Recognizing
that this variation could stem from technique-related challenges, we propose considering the higher
range, ranging from —22.6 to —14.7 kJ mol™!' C, as hypothetical maximum values. This implies that
hydrogenotrophic methanogenesis was exergonic beneath the SMTZ and was close to the
suggested energetic limit of methanogenic archaea, which falls between —10 to —20 kJ mol™! C
(Hoehler et al., 1998). Using the lower range from —36.2 to —25.1 kJ mol™! C as hypothetical
minimum values, they are half of the AG values calculated for the salt marsh sediments (Table S3).
This indicates a notable difference in the thermodynamic driving force between salt marsh and

deep-sea sediments.

Comparison of microbial versus non-microbial methane in the Guaymas Basin
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Guaymas Basin is characterized by high heat flow and magmatism, along with rapid
deposition of organic-rich sediments (Calvert, 1966; Lonsdale and Becker, 1985). Magmatism, in
the form of sill intrusions into sediments, provides transient heat sources that mobilize buried
sedimentary organic material, leading to the formation of thermogenic methane and other
hydrocarbons (Einsele et al., 1980). The sedimentary carbon also serves as potential microbial
substrates, fostering the production of microbial methane in sediments with lower temperatures
(Teske et al., 2014). To investigate the formation mechanism of methane under varying geothermal
gradients, we analyzed the isotopologue compositions of methane collected from two drilling cores

within the Basin.

At Site U1550, the in-situ temperatures varied from 16 to 31 °C across the sampling depths
for methane clumping analysis (Fig. S11C). The notably high C1/(C>+C3) ratios, ranging from 630—
4022, along with low apparent temperatures derived from A3CH3D (40-62 °C), suggest that
microbial methanogenesis predominantly contributes to methane formation at relatively low
temperatures (Figs. S11 and S12). The negative AG values, approximately —30 kJ mol™! C, further
support the occurrence of hydrogenotrophic methanogenesis (Table S3). Functional gene
sequencing has detected functionally and phylogenetically diverse methanogens at Site 1550,
including members of the Methanosaetaceae, Methanosarcinaceae, Methanobacteraceae, and
uncultured lineages (Hinkle et al., 2023). Essential genes for methanogenic archaea are expressed
in sediments from this site (Mara et al., 2023). Site U1550, along with other microbial gases

characterized by elevated Ci/(C2+C3) ratios (Fig. S12), is discussed in detail in the main text.

On the contrary, Site U1547 displayed notably higher in-situ temperatures, ranging from
55t0 100 °C (Fig. S11F). The C1/(C+Cs) ratios fell within the range of 80 to 142 (Fig. S12), below

the typical microbial methane threshold of ~200 (Milkov and Etiope, 2018). Positive values for
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AG 1in hydrogenotrophic methanogenesis further exclude microbial contributions from this
pathway (Table S3). Recent studies highlight that A'3CH3D values of thermogenic methane gases
align with thermodynamic equilibrium at their formation temperatures, whereas a deficit in
A?CH:,D;> can occur due to a combinatorial effect (Dong et al., 2021; Xie et al., 2021; Liu et al.,
2024). Indeed, clumped isotope analysis of methane unveiled varying levels of disequilibrium in
A>CH:D; values (Fig. S13). This departure from equilibrium is most prominent at low thermal
maturities, and A"?’CH>D; tends to approach equilibrium with increasing maturity (Xie et al., 2021).
The apparent temperatures, based on A'*CH3D values, varied between 141 and 239 °C, falling
within the thermogenic gas window (Xie et al., 2021). Notably, these temperatures were higher
than the in-situ temperatures at the gas sampling location. This suggests that the gases likely
originated at greater depths, where methane reached isotopologue equilibrium with the ambient
temperature, and subsequently migrated upward to sediments with lower temperatures, where
isotope exchange proceeds at a slower rate (Lalk et al., 2023). In summary, methane collected
below 80 mbsf at Site U1547 is consistent with a thermogenic origin, although we cannot entirely
rule out the possibility of minor mixing with microbial methane at shallower depths (Bojanova et
al., 2023). At shallower depths above 74 mbsf, functional gene sequencing at Site 1547 detected
members of the Methanosarcinaceae, Methanomicrobiaceae, and the hyperthermophilic
Methanocaldococcaceae (Hinkle et al., 2023). Within the same depth horizon, essential genes for

methanogenesis remain expressed in Site 1547 sediments (Mara et al., 2023).
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Supplementary Figures S1-S13
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Maps with sampling sites. Black box in map A shows location of map B. The maps were generated

via GeoMapApp.
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Fig. 4-S2.

Depth profiles of biogeochemical parameters in sediments of two sites within the Carpinteria Salt
Marsh. (A, D) Porewater sulfate and methane concentrations. (B, E) Rates of monomethylamine-
based methanogenesis (MMA-MG) and AOM determined from direct injection of '*C-MMA and

14C-CHa, respectively. (C, F) Sulfate reduction rates (SRR) determined from direct injection of
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33S-sulfate. The top and bottom panels depict Sites 1 and 2, respectively. Data were adopted from

Krause et al. (2024).
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MG and AOM rates
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Depth profiles of biogeochemical parameters in sediments of two sites within the Big Trail Lake,
a thermokarst lake located in Alaska. (A) Porewater sulfate and methane concentrations. The
dashed line denotes the concentration of methane saturation at ~4 °C. (B) Rates of methanogenesis
and AOM determined from long-term methane concentration analysis and incubation using '3C-
CHa, respectively. (C) The fraction of hydrogenotrophic methanogenesis relative to the total
methane production (hydrogenotrophic and acetoclastic methanogenesis) determined from short-
term incubation using '“C-labeled bicarbonate and acetate. Data were adopted from Pellerin et al.

(2022); Lotem et al. (2023), in which lithological units shown in the background were described.
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Isotopologue compositions of methane samples from the Carpinteria Salt Marsh. (A, C) A’CH3;D
plotted against A"?)CHzD;. The solid black curve depicts theoretical thermodynamic equilibrium
abundances of methane isotopologues, along with corresponding temperatures. The red curves
represent mixing lines between the two methanogenic end-members, the methylotrophic and
hydrogenotrophic pathways. (B, D) §13C plotted against 3D. The genetic fields for methane sources
follow Whiticar (1999); Milkov and Etiope (2018). The top and bottom panels depict Sites 1 and

2, respectively.
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Isotopologue compositions of methane samples from the Alaska thermokarst Lakes. Lithological

units are shown in Figure S3. The initial incubations for units 2 and 4 extended from 2020 to 2022.

The samples from these units underwent argon reflushing in 2022 and were subsequently incubated

for another two years. BTL and GSL denote Big Trail Lake and Goldstream Lake, respectively.

235



A SO (mM) B MG or AOM rate (nmol cm?®d) € Kinetic drive of AOM
0 5 10 15 20 25 30 -2 -1 0 1 2 0 02 04 06 038 1
50— ———— . - . : : . : .
— - Kinetic drive
& iy T o H,
100 - - —O0—
—_ 2-
S 105 -0- S0,#,2019 | | |
S o SO, 2023
e
2 150 & CH, 2019 | _ oM |
a ¢ CH,, 2023 zone | | -7
175 T T )
200 4 MG zone i
—o-
225 B | . - 1o -259cm '
0 1 2 3 4 5 0 * 3 6 9
CH, (mM) H, (nM)
D H,S, Fe?* (mM) E 5C-CH, (%o, vPDB) F APCH,D (%o)
0 1 2 3 4 5 -98 -96 -94 -92 -90 -88 5 6
50 : . . . : : - ' - :
2023 2019 2019
75 o H,S . o 5"°C 1 o A®CH,D
o Fe ) 1 o A"2CH,D,
100 (o] b -
°© A™CH,D
o 3
£ 125 o . 1 A™CH,D, equilibrium
g o equilibrium\ 1
=
= 150 o - -
& )
()] (o]
175 o {1 © o) . O 0
o O [o] —— =0
o <o (o} O —O—
200 o 4 ¢ o 4 O —O-
o o o O~
o < (o] 1+ O
225 o - _
-198 -197 -196 -195 -194 16 19 22
5D-CH, (%o, VSMOW) A™2CH,D, (%)
Fig. 4-S6.

Depth profiles of biogeochemical parameters in sediments of Site NDRO within the Santa

Barbarba Basin. (A) Porewater sulfate and methane concentrations. The grey line through methane
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data represents the model fit to the methane concentration data. (B) Modeled rates of net
methanogenesis (MG) and AOM. (C) Kinetic drive of AOM and porewater hydrogen
concentration. The solid line was derived from measured sulfate and methane concentrations,
while the dashed line was calculated by assuming sulfate concentrations of 0.01 mM below the
SMTZ (Pellerin et al., 2018). (D) Porewater aqueous sulfide and dissolved iron(1l) concentrations.
(E) Bulk isotopic compositions of methane. (F) Clumped isotopologue compositions of methane.
The solid grey lines denote equilibrium isotopologue compositions for the in-situ temperature of

6 °C. Error bars are one standard error.
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Model-observation comparison plotted in A*CH;D versus A?CH.D> (A-B) and Pe-
methane/water versus A*CH;D (C) and A"?CH>D; (D). The modeling results were redrawn onto

the data presented in Figures 1 and 2 (Wang et al., 2015; Gropp et al., 2022; Ono et al., 2022).
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Note that the model outputs are only applicable to hydrogenotrophic methanogenesis. The dashed
black lines show the median of the simulations. Data from the Carpinteria Salt Marsh are
represented by circles, with site 1 shown in white and site 2 in grey. Panels B and D depict
simulations without the methylene-H4MPT dehydrogenase enzyme, with tick marks at AGnet

values of =20, =30, —80, and —120 kJ mol™.
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Fig. 4-S8.

Isotopologue compositions of methane samples from the incubations of the Guaymas Basin

slurries. In panel A, the orange triangle represents the methane source produced by methanogenesis,

while the orange star depicts the resultant methane, reflecting concurrent methanogenesis and

AOM leading to net methanogenesis. The incubation began with no methane present in the

headspace. In panel B, the cross symbol denotes the methane source of tank methane, while the

orange hexagram signifies the resulting methane, reflecting concurrent methanogenesis and AOM

leading to net AOM. The incubation started with tank methane (200 kPa) in the headspace. Grey

lines depict simulation outputs of the closed-system steady-state model. The clumped isotopologue

fractionation factors, adopted from Liu et al. (2023), and the ratio of the steady-state moles to

initial moles of methane, (E/k)/no, used in the model, are shown in each panel.
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Fig. 4-S9.

Methanogenesis rate (A—B) and Gibbs free energy (C—D) plotted against isotopologue data. Linear

regressions are presented with 95% confidence intervals. R-squared and p-values are provided in
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each panel. Data from the Carpinteria Salt Marsh are represented by circles, with site 1 shown in
white and site 2 in grey. Methanogenesis rates of Alaska thermokarst lake incubations were
adopted from Lotem et al. (2023). Methanogenesis rates for on-site methane in the Santa Barbara
Basin were determined through modeling based on methane concentration profiles, illustrated in
Figure S5B. The departures from isotopologue equilibrium in panels A-B are defined as the
difference between equilibrium isotopologue compositions and measured isotopologue
compositions at in-situ or incubation temperatures. In panels C-D, the published AOM
isotopologue data are averaged (Giunta et al., 2022; Liu et al., 2023) and presented with a published
AG value of 11 kJ mol™! C with respect to hydrogenotrophic methanogenesis (Dale et al., 2008),
offering a conservative estimate. The X markers in panels C—D denote Gibbs free energy of zero

and equilibrium isotopologue compositions at 6 °C.
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Fig. 4-S10.

Patterns of thermograms and activation energy profiles for the Alaska thermokarst Lake (A—B),

the Carpinteria Salt Marsh (C—D), and the Santa Barbarba Basin (E—F) sediments. Mean activation
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energy (ue) and fractions of organic carbon with activation energy values greater than 190 kJ mol
' (fe>190; more refractory organic carbon) are shown in panels B, D and F. Ramped
pyrolysis/oxidation analysis quantifies the thermochemical stability of organic matter and,

therefore, determines the proportion of refractory versus labile organic carbon in sediment.
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Fig. 4-S11.

Depth profiles of physical and geochemical parameters in sediments of two sites within the

Guaymas Basin. (A, D) Porewater sulfate and methane concentrations. (B, E) Ratios of C; versus
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Cy + Cs. (C, F) Formation temperatures along the drilling cores, accompanied by the depths at
which methane samples were analyzed for isotopologue compositions. The top and bottom panels

depict Sites U1550 and U1547, respectively. Data were adopted from Teske et al. (2021).
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Fig. 4-S12.

8'3Ccua plotted against C1/(C2 + Cs). Genetic fields follow Bernard et al. (1977); Milkov and
Etiope (2018). Secondary microbial (SM) field is shown in grey with dashed line. The Ci/(C> +

C3) ratios of on-site gas from the Guaymas Basin were adopted from Teske et al. (2021).
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Isotopologue compositions of methane samples from deep-sea settings. The same data are

presented in Figure 1, alongside non-microbial methane data obtained from Site U1547 in the

Guaymas Basin for comparison.
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Supplementary Tables S1-S3

Table 4-S1.

Details describing the sampling sites. Data of Alaska Lakes from Walter Anthony et al. (2021);

Pellerin et al. (2022). Data of Guaymas Basin Sites U1550 and U1547 from Teske et al. (2021).

Site

Latitude/longitude

Water depth (m)

Temperature (€)

Carpinteria Salt Marsh Site 1
Carpinteria Salt Marsh Site 2
Alaska Big Trail Lake

Alaska Goldstream Lake

Santa Barbara Basin Site NDRO
Guaymas Basin Seep Site
Guaymas Basin Site U1550

Guaymas Basin Site U1547

3424'12.8"N/11932'07.0"W

3424'10.2"N/11932'01.6"W

64 55'09.5"N/147249'20.1"W

64 54'57.6"N/147 50'52.8"W

3415'43.8"N/120901'50.0"W

2724'18.4"N/111<19'17.2"W

2715'09.6"N/11130'25.0"W

27<3024.8"N/111240'44.1"W

0.1-0.2
0.1-0.2
0.6-2.5
1.6-3.3
580
1813
2001

1732

197
197

4

16-31

55-100

“Water depth during low tide.

*Sediment temperature during sampling season.

‘Incubation temperature.
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Table 4-S2.
Rates of anaerobic oxidation of methane (AOM) in sediment slurry incubations determined by
4C-radiotracer techniques. All these slurries initially had an argon headspace and accumulated

methane over time. Mb and H»S stand for molybdate and aqueous sulfide, respectively.

Site Amendment AOM rate (nmol cm= d?)
Carpinteria Salt Marsh Site 1 with Mb & H,S 0

Carpinteria Salt Marsh Site 2 with Mb & H>S 0

Santa Barbara Basin Site NDRO  with Mb & H,S 0

Guaymas Basin Seep Site with Mb & H,S 0

Guaymas Basin Seep Site no amendment 19
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Table 4-S3.
Gibbs free energies (AG) of methanogenic catabolic pathways at the study sites. Possible ranges

of AG were determined for the sampling depth of methane isotopologue analysis.

Site Depth Substrate AG (kJ mol™ C)
Carpinteria Salt Marsh Sites 1&2 0-5cm Methanol -64.3 t0 -58.1
Carpinteria Salt Marsh Sites 1&2 0-5cm Methylamine -69.1t0 -59.4
Santa Barbara Basin Site NDRO 174-214 cm H./CO> -22.6 to -14.7
Guaymas Basin Site U1550 94-204 m H./CO, -36.2t0-25.1
Guaymas Basin Site U1547 82-166 m H,/CO, -6.11t0 36.5
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ABSTRACT

Wetland methane emissions are the primary natural contributor to the global methane budget,
accounting for approximately one third of total emissions from natural and anthropogenic sources.
Anaerobic oxidation of methane (AOM) serves as the major sink of methane in anoxic wetland
sediments, where electron acceptors are present, thereby effectively mitigating its emissions.
Nevertheless, environmental controls on electron acceptors, in particular the ubiquitous iron oxides,

involved in AOM are poorly understood. Here, we explored methane sinks within a hypersaline
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pool situated in a coastal wetland. The geochemical profiles reveal a tiering, where microbial
sulfate reduction dominates in the organic-rich surface sediment, yielding to iron reduction in the
deeper organic-poor yet sulfate-rich subsurface sediment. This shift is attributed to the drilling-
induced depression and subsequent diagenetic transformation of the surface sediment. Radiotracer
incubations demonstrate a strong association of AOM with sulfate in surface sediments and with
iron oxides in subsurface sediments. Despite high concentrations of sulfate in coastal wetlands,
Fe-dependent AOM may play a significant, yet often under-considered, role as a sink for methane
emissions. The substantial production of Fe’" during Fe-dependent AOM could enhance
phosphorus sequestration through the formation of Fe(Il)-phosphate minerals, potentially limiting

coastal eutrophication.

Keywords: iron reduction; methane oxidation; radiotracer incubations; salt marsh; sediment

diagenesis; sulfate reduction.

Synopsis statement: Microbial anaerobic oxidation of methane is coupled to iron reduction in

iron-oxide-rich sediment of a coastal wetland, thereby serving as a sink for methane.
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INTRODUCTION

Methane is a potent greenhouse gas and is the second-largest contributor to global warming after
carbon dioxide (Mitchell, 1989; Dlugokencky et al., 2011; Nisbet et al., 2019). It arises from both
natural sources and human activities. Approximately 60% of current methane emissions stem from
human activities, with the remaining portion originating from natural processes (Saunois et al.,
2020). Notably, wetlands stand out as the predominant natural contributor to atmospheric methane
globally, making them a significant focal point in addressing climate change concerns (Bridgham
et al., 2013). Methane emissions from wetlands are dictated by its microbial production and
oxidation. Methanogenic archaea use a range of substrates such as H»/CO,, acetate, and methylated
compounds to produce methane under anoxic conditions (Reeburgh, 2007), while a group of
aerobic bacteria can also generate methane in oxic water bodies (Repeta et al., 2016). Once formed
in anoxic sediments, methane can be oxidized by anaerobic oxidation of methane (AOM),
depending on the availability of electron acceptors (Knittel and Boetius, 2009; Segarra et al., 2013).
Methane entering the water column or surface soil may undergo partial or complete aerobic
oxidation before eventually being released into the atmosphere (Le Mer and Roger, 2001;

Chowdhury and Dick, 2013).

Common electron acceptors for AOM include sulfate, nitrate, nitrite, humic substances, and metal
oxides (Beal et al., 2009; Knittel and Boetius, 2009; Ettwig et al., 2010; Haroon et al., 2013;
Scheller et al., 2016). Sulfate-driven AOM is ubiquitous in coastal and marine environments and
is typically performed by consortia of anaerobic methanotrophic (ANME) archaea and sulfate-
reducing bacteria (Niewdhner et al., 1998; Boetius et al., 2000; McGlynn et al., 2015; Wegener et

al., 2015). Nitrate- and nitrite-dependent AOM has been observed in freshwater environments
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(Raghoebarsing et al., 2006). Nitrate-dependent AOM is mediated by specific members of the
ANME clade (ANME-2d, “Ca. Methanoperedens”), operating in a syntrophic relationship with
nitrite consumers or performing denitrification independently (Haroon et al., 2013; Yao et al.,
2024). Nitrite-dependent AOM, on the other hand, is performed by oxygenic bacteria known as
“Methylomirabilis oxyfera” from the NC10 group, which reduce nitrite and concurrently produce
oxygen as an intermediate, facilitating the oxidation of methane (Ettwig et al., 2010). Humic
substances, such as anthraquinone 2,6-disulfonate (AQDS), have been employed as electron sinks
for AOM in short-term experiments, whereas their environment significance is yet to be thoroughly

investigated (Scheller et al., 2016; Bai et al., 2019; Yu et al., 2022).

AOM can also be coupled to the reduction of various heavy metals, such as Fe(III), Mn(IV), Cr(VI),
As(V), and Se(VI) (Beal et al., 2009; He et al., 2018; Shi et al., 2020). Notably, Fe stands out as
the most prevalent heavy metal, with its oxides widely distributed in natural environments,
particularly in wetlands. Fe-mediated AOM can be performed by methanotrophs, such as ANME-
2d archaea (“Ca. Methanoperedens”), which oxidize methane nonsyntropically, exploiting soluble,
nanophase, or solid-phase ferric Fe as electron acceptors (Ettwig et al., 2016; Scheller et al., 2016;
Caietal., 2018; Yan et al., 2018). In particular, incubation experiments demonstrated that Fe-AOM
has the potential to reduce a range of solid-phase ferric Fe, from highly reactive Fe oxides (FeOx)
such as ferrihydrite to poorly reactive Fe minerals such as hematite and magnetite (Beal et al.,
2009; Bar-Or et al., 2017). By employing tracer incubation of sediment slurries, modeling of
porewater profiles and the identification of authigenic minerals, the presence of Fe-AOM has been
documented in diverse aquatic settings, encompassing both marine and freshwater environments

(Beal et al., 2009; Sivan et al., 2011; Wankel et al., 2012; Nordi et al., 2013; Riedinger et al., 2014;
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Treude et al., 2014; Egger et al., 2015b; Liu et al., 2018; Aromokeye et al., 2020). For example, in
typical marine sediments, Fe-AOM has been identified beneath the sulfate-methane transition zone
(SMTZ) where sulfate-driven AOM effectively oxidizes the majority of the upward methane flux,
and the high dissolved Fe** concentration and vivianite authigenesis below the SMTZ have been
attributed to the occurrence of Fe-AOM (Riedinger et al., 2014; Egger et al., 2015a; Egger et al.,
2015b; Egger et al., 2017; Liu et al., 2018). In freshwater lakes, the role of Fe-AOM can be more
predominant due to low sulfate concentrations (Sivan et al., 2011; Nordi et al., 2013; Mostovaya

et al., 2022; Vigderovich et al., 2022).

Nonetheless, the role of Fe-AOM as a methane sink in wetlands, a significant contributor to
methane emissions, has been poorly studied (Segarra et al., 2013; Zhao and Lu, 2023). Given the
importance of AOM in mitigating methane emissions, knowledge about Fe-AOM in wetland
sediments is essential. Enhancing our comprehension of methane oxidation pathways will enable
more accurate predictions of methane emissions from wetlands, especially in the context of
eutrophication and climate change. In this study, we investigate the interplay of carbon-sulfur-iron
biogeochemical cycles, placing particular emphasis on the dynamic interaction between methane
and Fe(IIT) minerals within the Carpinteria Salt Marsh Reserve. Krause and Treude (2021) inferred
the potential occurrence of Fe-AOM at the study site based on ex-situ AOM rates. Combining
porewater and solid-phase analyses with the determination of microbial turnover rates, we present
compelling geochemical evidence confirming the occurrence of Fe-AOM in the subsurface
sediments from a hypersaline pool. In light of the concurrent methane production and oxidation

observed at the study site (Krause and Treude, 2021), a comprehensive understanding of AOM
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pathways offers novel perspectives on the cryptic methane cycling and its pivotal role in regulating

methane emissions from wetlands.

MATERIALS AND METHODS

Study Site and Sampling

The Carpinteria Salt Marsh Reserve (CSMR) is an estuary located on the south coast of Santa
Barbara County in southern California, United States (Ferren, 1985). As one of the most well-
preserved salt marshes in southern California, the CSMR offers a natural laboratory to explore
how AOM mitigates methane emissions from coastal wetlands. Guided by Krause and Treude's
previous study (2021), we chose a hypersaline pool within the CSMR to investigate the role of
various electron acceptors in AOM. The authors found a decoupled relationship between the rates
of AOM and sulfate reduction in the subsurface of this pool, implying that AOM may be linked to
the reduction of alternative electron acceptors. The pool is located at latitude 34°23'56.1"N and
longitude 119°32'10.2"W with an oval shape, measuring 24 meters in length along its major axis
and 13 meters in length along its minor axis (Figure S1) (Krause and Treude, 2021). We tracked
variations in the salinity of the pool water from summer 2021 to winter 2023 using a refractometer.
The salinity varies significantly annually, from below-seawater salinity (17 PSU) in winter due to
rainfall to supersaturation (>200 PSU) in summer and fall due to evaporation (Figure S2).
Photosynthesis-based microbial mats develop year-round on the surface of water-covered

sediments.
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Fig. 5-1 Core image and geochemical depth profiles in sediment from the hypersaline
pool in the Carpinteria Salt Marsh Reserve. (A) Image of the solid-phase sediment core
collected in November 2021. (B, E, G) Data from the porewater core collected in September 2022:
(B) Porewater sulfate and methane concentrations; (E) porewater sulfide and ferrous iron
concentrations; (G) porewater phosphate and combined nitrate and nitrite concentrations. (F) Rates
of sulfate reduction (SR) and anaerobic oxidation of methane (AOM) collected by Krause and
Treude (2021) in June 2018. Note that rates were calculated based on methane and sulfate
concentrations, respectively, collected during the same sampling campaign (see Figure S2). (C&D,
H-J) Data from the solid-phase sediment core collected in November 2021: (C) Total organic
carbon (TOC) content and carbon isotopic composition of TOC; (D) total nitrogen (TN) content
and C/N ratio; (H) contents of poorly crystalline Fe(IlI) and Fe(II) minerals; (I) contents of highly
crystalline Fe oxide minerals; (J) contents of Fe sulfide minerals. We synchronized the depth axis
of the porewater core with the solid-phase and ex-situ rate cores, using the identified lithological
transition as our reference point. Details regarding the sampling of sediment cores are provided in

the Materials and Methods section.

One sediment core for solid-phase analysis was sampled in November 2021 and two sediment
cores for porewater analysis and microbial incubations were sampled in September 2022 (Figure
S1). Furthermore, we included data of ex-situ rates collected in 2018 and published by Krause and
Treude (2021) in this study. The sediment core for this published dataset was sampled from the
same location as the solid-phase core (Figure S1). Visible salt precipitates were observed in the
pool during all coring events. The water depth above the sampled sediment measured

approximately 5—10 cm during all sampling periods. The top 20 cm of sediment near the center of
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the pool was sampled by hand using polycarbonate push core liners. Sediments were characterized
by a brown surface (0—1 cm), a distinct black (1-6 cm) and grey/brown (>6 cm) layer as shown by
the solid-phase core in Figure 1A. The cores for porewater analysis and slurry incubations were
sampled closer to the center of the pool when compared to the solid-phase and ex-situ rate cores,
with a distance of 2 meters. The transition from the black layer to the grey/brown layer occurred 2
cm deeper than the solid-phase and ex-situ rate cores due to a higher sedimentation rate towards
the center (Figure S1). In Figure 1, we synchronize the depth axis of the porewater core with the
solid-phase and ex-situ rate cores, using the identified lithological transition as our reference point.
After same-day arrival at the home laboratory, sediment cores were stored at 4 °C, in the dark, and

processed within one day to one week of collection, depending on the type of analyses.

Porewater Analyses

The sediment core for porewater geochemistry was subsampled one day after collection. The core
was sliced under a constant flow of argon to minimize oxidation of oxygen-sensitive chemical
species. Sediments were sliced evenly in 1 cm increments. Sediments for methane concentration
analysis were immediately transferred to glass vials containing 2.5% NaOH solution. The vials
were then crimp sealed, shaken vigorously and stored upside down at 4 °C. Methane concentration
was analyzed using a gas chromatograph (Shimadzu GC-2014) with a packed HayeSep D column
and a flame ionization detector. The remaining sediment of each layer was transferred into argon-
flushed 50 ml centrifuge tubes and centrifuged at 4300 X g for 20 min to separate porewater from
sediment. For dissolved sulfide and ferrous iron analyses, porewater was immediately fixed with
5% zinc acetate solution (1:1 v:v) and 1 N HCI (1:4 v:v), respectively. Dissolved sulfide and

ferrous iron concentrations were determined spectrophotometrically (Shimadzu UV-1800)
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immediately following fixation by the methylene blue method (Cline, 1969) and the ferrozine
assay (Stookey, 1970), respectively. The rest of porewater was stored at —20 °C until analysis.
Sulfate and chloride concentrations were measured using an ion chromatograph (Metrohm 761).
Nitrate and nitrite concentrations were analyzed spectrophotometrically by the Griess reaction with
a detection limit of 0.5 uM (Garcia-Robledo et al., 2014). Phosphate concentration was analyzed
using a spectrophotometer (Grasshoff et al., 1999). The analytical uncertainties associated with
porewater concentrations were determined by replicate analysis of standards, which all displayed

relative standard deviations (RSD) of 2—-5%.

Solid-phase Analyses

The sediment core for solid-phase geochemistry was subsampled one week after collection.
Sediments were sliced into argon-flushed 15 ml centrifuge tubes for solid-phase iron extraction
and organic matter analysis and argon-flushed 50 ml centrifuge tubes with 5% zinc acetate for
solid-phase sulfur extraction. Sediment samples were frozen at —20 °C until analysis. Sediment for
sulfur extraction was treated with a standard two-step sulfide extraction at room temperature
(Fossing and Jergensen, 1989; Kallmeyer et al., 2004), extracted with 6 N HCI to release the acid
volatile sulfur (AVS, mainly Fe monosulfide) and then with chromium(II) chloride solution and
dimethylformamide to release the chromium reducible sulfur (CRS, mainly pyrite and small
amounts of elemental sulfur). The sulfide evolved from these extractions was flushed within a N»
stream through 5% zinc acetate solution and trapped as ZnS. The AVS and CRS contents were
determined spectrophotometrically by the methylene blue method (Cline, 1969). Replicate

analyses of samples showed a relative standard deviation (RSD) of better than 5%.
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Sequential iron extractions followed the protocol of Poulton (2021) using ~100 mg of wet sediment
and 10 ml of the following extractants: (i) anoxic 0.5 N HCI, (ii) solidum dithionite/citrate, and
(ii1)) ammonium oxalate/oxalic acid. This sequential extraction scheme is modified from Poulton
and Canfield (2005) for modern sediments. The Fe(Il) concentration of the first extract was
determined spectrophotometrically by the ferrozine assay (Stookey, 1970); while total Fe
concentration was determined after complexing with ferrozine and hydroxylamine hydrochloride.
Poorly crystalline Fe(III) phases (e.g., ferrihydrite, lepidocrocite) were calculated as the difference
between the mixed valence and the Fe(Il) fractions—A phase termed microbially reducible Fe(III)
(Laufer et al., 2020). The dithionite step targets crystalline Fe(Ill) phases such as goethite and
hematite, while the oxalate step targets magnetite. Only total Fe concentrations were measured for
these two steps spectrophotometrically. In general, microbial Fe(Ill) reduction is not
thermodynamically favorable using highly crystalline Fe minerals such as hematite or magnetite
under marine sediment conditions (Postma and Jakobsen, 1996). Replicate analyses of samples
showed an RSD of better than 6%. All solid-phase iron and sulfur data are reported relative to the

wet mass of the sediment.

For organic matter analysis, sediment was decarbonated with 0.5 N HCI. Total organic carbon
(TOC), total nitrogen (TN) contents, and their isotopic compositions (§'°C and §'°N) were
analyzed on an Elementar vario MICRO cube elemental analyzer interfaced to an Elementar
VisION isotope ratio mass spectrometer (IRMS) at the UC Davis Stable Isotope Facility. TOC and

TN contents are reported in dry weight percent. The §'°C and 8!°N values are expressed relative
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to international standards VPDB (Vienna Pee Dee Belemnite) and Air, respectively. The long-term

standard deviation is 0.2%o for 8'C and 0.3%o for 6"°N.

Determination of Microbial Turnover Rates

Ex-situ rates in sediment cores

Ex-situ rates of AOM and sulfate reduction were determined by Krause and Treude (2021) in
sediment cores collected in June 2018 from the hypersaline pool. Cores from their study were
collected from the same location as the solid-phase core from the present study. AOM and sulfate
reduction rates were determined by injecting radioactive '*C-methane and **S-sulfate, respectively,
into small whole-round push cores at 1-cm increments. The ex-situ data and detailed methods were
previously published (Krause and Treude, 2021). Note that for the calculation of AOM and sulfate
reduction rates, sediment methane and sulfate concentration profiles determined by Krause and

Treude (2021) were used.

Short-term Sediment Slurry Incubation Experiments

Synthesized Fe oxides and artificial seawater medium were prepared right before the field
sampling. Fe(IIl) oxides have different bioavailability for microbial iron reduction (Postma and
Jakobsen, 1996; Thamdrup, 2000), thus both amorphous Fe(IlI) oxyhydroxide and ferrihydrite are
used here. Amorphous Fe(IIl) oxyhydroxide was synthesized by neutralizing a 0.4 M solution of

FeCls to a pH of 7 with NaOH (Lovley and Phillips, 1986). Two-line ferrihydrite was synthesized
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using the protocol in Schwertmann and Cornell (2000). Artificial seawater medium was made
following Laso-Pérez et al. (2018). Extra NaCl was added to the seawater medium to match the
salinity of the hypersaline pool. Seawater was degassed with No/CO; and reduced with Na;S. FeCl»
was added in a 1:1 stoichiometic ratio to the sulfide in order to precipitate all of the added sulfide
(Beal etal., 2009). The developed FeS in the seawater was allowed to settle prior to use to minimize
the amount of sulfide added to the incubations. We did not use soluble iron(III) complexes (e.g.,
ferric citrate and ferric-EDTA) or highly crystalline Fe minerals (e.g., geothite, hematite, and
magnetite) because the former may react with the abundant Fe monosulfide in the FeS-rich layer
(Aller and Rude, 1988), while the latter may not be available for microbial iron reduction during

our two-day incubation (Postma and Jakobsen, 1996).

One sediment core was subsampled one day after collection for slurry incubation. The upper black
layer (0—6 cm; hereafter termed FeS-rich layer) and the lower grey/brown layer (6—12 cm; hereafter
termed FeOx-rich layer) were each transferred into a separate argon-flushed 500-ml culture glass
bottle under a constant flow of argon. Anoxic seawater medium was added to each bottle through
a 0.22 um syringe filter to avoid addition of FeS. Sediment slurries were made by mixing sediment
with seawater medium at a ratio of 1:2 (v:v). The final salinity in the FeS-rich and FeOx-rich
slurries were 136 and 89, respectively, determined using a refractometer. Due to the high sulfate
concentrations (>86 mM) in the original sediments, sulfate was not limiting in both slurries (>28

mM) during the incubation periods.
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Following the preparation of homogenous stock slurries, a total of 54 sediment slurry subsamples
from each layer were prepared in an anoxic glove bag by transferring 13 ml of slurry to glass crimp
vials and sealed without headspace. The glass vials from each layer were divided into two groups:
one for '“C-methane incubations, the other for *S-sulfate incubations. Each group had the
following treatments in triplicates: (i) live control without inhibitor or substrate amendment, (ii)
molybdate (30 mM; sulfate reducer inhibitor), (iii) excess sulfide (ca. 5 mM; for the removal of
reducible metals), (iv) molybdate + excess sulfide, (v) excess amorphous Fe(IIl) oxyhydroxide (ca.
30 mM), (vi) excess amorphous Fe(IlI) oxyhydroxide + molybdate, (vii) excess ferrihydrite (ca.
30 mM), and (viii) excess ferrihydrite + molybdate. Assuming complete reaction of Fe(III) oxides
with free and metastable sulfides, a final concentration of Fe(IIl) oxide exceeding 10 mM was
anticipated. Killed controls were also prepared in triplicates by adding either 5% sodium hydroxide
for the '*C incubations or 20% zinc acetate for the *>S incubations. Killed control samples

incubated in parallel with the above treatments.

For AOM rate determinations, 20 pL of '*C-methane tracer (dissolved in MilliQ water, activity 0.7
kBq, specific activity 185 MBq mmol ') was injected into one group of the sediment slurries. For
sulfate reduction rate determinations, 10 pL of carrier-free **S-sulfate tracer (dissolved in MilliQ
water, activity 234 kBq, specific activity 37 TBq mmol ') was injected into a separate group of the
sediment slurries. The vials were incubated for two days in the dark at 20 °C, which closely
matched the in-situ temperature. Sulfate reduction incubations were terminated by transferring the
sample from the glass vial to a centrifuge tube filled with 20 ml 20% zinc acetate followed by
freezing at —30°C. The sulfate reduction rate was analyzed and calculated according to the cold

chromium distillation method (Kallmeyer et al., 2004). AOM incubations were terminated by
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transferring samples to 50 ml glass vials filled with 20 ml 5% NaOH. The vials were sealed with
rubber stoppers immediately and shaken thoroughly. The AOM rates were analyzed and calculated
according to Krause and Treude (2021). Killed controls were also prepared in triplicates for each
layer by adding either 5% sodium hydroxide for the *C incubations or 20% zinc acetate for the
338 incubations before radiotracer addition. Samples were regarded active only if: sample value >
control mean + (3 X standard deviation). If a sample value passed this threshold, the killed control
mean was subtracted from the sample value. The rates are expressed as pmol per cm® of diluted

sediment slurry per day.

RESULTS AND DISCUSSION
Geochemical Profiles

The hypersaline pool sediment was characterized by high sulfate (>86 mM) and low methane (<33
uM) concentrations (Figure 1B). The decrease in sulfate concentration downcore was likely caused
by a combination of microbial sulfate reduction and the diffusion of additional sulfate from the
supernatant water during the dry season, when the water becomes hypersaline and enriched in
sulfate. Methane concentrations throughout the sampled sediment remained constant at 21+5 uM
(one standard deviation, 16). The TOC content was highest (9.4 wt. %) at the sediment surface,
then decreased to an average of 0.9 £+ 0.2 wt. % below the upper 6 cm, reflecting strong organic
matter degradation in the upper 6 cm (Figure 1C). The §'*Croc was invariant below 2 cm (—24.3
+ 0.5%0), whereas its values peaked up to —3.9%o at the sediment surface where microbial mats
were present (Figure 1C). This extremely high §'°Croc is consistent with a minimal isotope

fractionation seen in many hypersaline microbial mats due to diffusion-limited DIC uptake and
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active bicarbonate transport (Des Marais and Canfield, 1994). The organic matter degradation
resulted in the release of phosphate into the porewater (Ruttenberg, 2014), leading to a progressive
increase of its concentration in the upper 6 cm (Figure 1G). Porewater nitrate and nitrite were
detectable only in the upper 2 cm, totaling 6.5 uM and 5.9 uM at 0—1 and 1-2 cm, respectively
(Figure 1G). Vertical geochemical profiles further revealed two distinct mineralogical zones: an
FeS-rich layer between 0—6 cm overlying an Fe-oxides-rich (FeOx-rich) layer between 6—15 cm
(Figure 1H-J). Sulfate reduction rates, which were determined in the hypersaline pool in 2018
(Krause and Treude, 2021), peaked at the sediment surface and decreased sharply with depth in
the upper 6 cm (Figure 1F), fueling aqueous sulfide accumulation in the FeS-rich layer (Figure
1E), and therefore leading to the formation of Fe sulfide minerals up to 40 pmol g and the

depletion of poorly crystalline Fe(III) minerals down to 0.5 umol g (Figure 1H-).

In the FeOx-rich layer, dissolved Fe?" concentration formed a broad peak at 613 cm, reaching its
maximum up to 278 uM at 10 cm (Figure 1E). A similar pattern was observed in the abundance of
poorly crystalline Fe(IIl) minerals with peak values up to 68 pmol g™, while the content of Fe
sulfides was consistently low (3.6 = 1.8 pmol g'!') below 6 cm (Figure 1H-J). In this layer, sulfate
reduction rates were below detection limit, suggesting that the dissolved Fe** was not sourced from
abiotic sulfide-mediated reductive dissolution of Fe-oxides. Accordingly, the cooccurrence of
abundant solid-phase Fe(III) phases and dissolved Fe** implies microbial iron reduction (Michaud
et al., 2020). The reduction of Fe oxides prompted the liberation of phosphate previously adsorbed
onto these oxides into the porewater (Ruttenberg, 2014). Nevertheless, a decline in phosphate
concentration was observed at 10 cm where dissolved Fe*" reached its peak, indicating the

potential precipitation of Fe(Il)-phosphate minerals, such as vivianite (Egger et al., 2015a; Liu et
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al., 2018). Conversely, in the upper 6 cm, Fe was predominantly sequestered as Fe sulfides, leading

to a buildup of phosphate in the porewater (Figure 1G).

Notably, the highest AOM rates (Krause and Treude, 2021) peaked and aligned with the broad
dissolved Fe?" peak between 6-12 cm (Figure 1E-F), pointing strongly to the occurrence of Fe-
dependent AOM. Aside from Fe(IIl), other electron acceptors coupled to AOM include sulfate,
nitrate/nitrite, humic substances, and other oxidized metal species (e.g., Mn(IV)) (Beal et al., 2009;
Knittel and Boetius, 2009; Haroon et al., 2013; Scheller et al., 2016). Given that sulfate reduction
rates and nitrate/nitrite concentrations were below detection limit in this depth section, AOM is
likely not coupled to sulfate and nitrate/nitrite reduction. The extremely low TOC content at 6—12
cm can further eliminate humic substances, which are a major part of the TOC pool in sediments
(MacCarthy, 2001; Wang et al., 2015), as electron acceptors. Mn(IV)-dependent AOM is a possible
process, albeit it remains a minor contributor to metal-catalyzed AOM in natural settings. This
limited impact is attributed to the relatively low abundance of manganese in sediment, with mass
ratios to aluminum averaging approximately 0.005 (for Mn/Al) compared to approximately 0.6 for
iron (Fe/Al) in the studied region (Shiller et al., 1985). Accordingly, Mn(IV) and its coupling to

AOM were not determined in this study.

It should be noted that salinity and sulfate concentrations in the core from the Krause and Treude
(2021) study were different from this study. The porewater concentrations of methane, sulfate, and
salinity in the sediment core during the 2018 sampling were 26 + 7 uM, 68 £ 3 mM, and 119 +7

PSU, respectively (Figure S2). Methane concentrations were similar to the 2022 core (21 + 5 uM),
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whereas sulfate concentrations and salinity were substantially higher in the 2022 core (114 + 28
mM, and 264 £+ 47 PSU, respectively), pointing to an advanced evaporation phase in the present
study. However, we are confident that the vertical distribution of AOM and sulfate reduction
remained very similar between the sampling events as the coloring of the sediment layers and their
vertical extension did not change between sampling (Figure S2). In the following sections, we will
focus on the environmental conditions under which Fe-dependent AOM occurs, as well as the
relationship between AOM and the biogeochemical cycling of carbon, sulfur, and iron in the

hypersaline pool.

Evolution of Sediment Property and Microbial Activity in the Hypersaline Pool

The hypersaline pool was created by human activity. In 1945, an oil company conducted an
exploratory drilling operation in the CSMR (Ferren, 1985). Although the well never entered into
sustained production and the derrick was dismantled, the drilling process inadvertently created a
depression that served as a reservoir for water accumulation, comprising both freshwater from
precipitation and seawater from storm events. The original sediments in the pool were composed
of organic-poor but Fe-oxide-rich clay as ubiquitously observed in the salt marsh. Some of the Fe
oxides are sourced from riverine input from neighboring mountains, while others may be due to
oxidative precipitation of groundwater-derived ferrous iron (Charette and Sholkovitz, 2002). Over
time, the pool started to accumulate labile organic matter such as plant debris from the
surroundings and dead algae that grew in the pool, in addition to the microbial mat at the sediment

surface, which has fueled enhanced organic matter degradation in surface sediment.
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Among all the degradation pathways, microbial iron reduction and sulfate reduction are
particularly important for the changes in the mineral composition of the sediment. Sulfate
reduction competes with microbial iron reduction for the same electron donors, which are typically
fermentation products (Jorgensen, 2021). Although iron reducers may be favored by the higher
energy yield of their metabolism, they are limited by the availability of solid-phase Fe(IIl) minerals,
while sulfate reducers are not electron-acceptor-limited in shallow marine sediment settings
(Postma and Jakobsen, 1996; Michaud et al., 2020). The aqueous sulfide produced through
microbial sulfate reduction is highly reactive and reduces Fe oxides abiotically and thereby
competes with microbial iron reduction for thermodynamically favorable, poorly crystalline Fe
oxides (Poulton et al., 2004; Laufer et al., 2020). The reductive dissolution of Fe oxides
subsequently leads to the formation of Fe monosulfide (FeS) and ultimately pyrite (FeS2) (Rickard
and Luther, 2007), as shown by the high AVS and CRS contents in the uppermost sediment (Figure
1J). This diagenetic transformation results in the exhaustion of microbially reducible Fe(III)
(Holmkvist et al., 2014; Liu et al., 2020), eliminating the occurrence of microbial iron reduction
in the FeS-rich layer where sulfate reduction dominates organic matter mineralization (Figure 1F,
1H). The highest sulfate reduction rates detected at the sediment surface are driven by the recent
deposition of labile organic matter as indicated by the extremely high TOC content (Figure 1C,

IF).

Sulfate reduction is below detection limit in the subsurface FeOx-rich sediments, whereas the peak
in dissolved Fe?" concentration indicates the occurrence of iron reduction (Figure 1E, 1F). This
upside-down redox cascade is likely due to the relatively low organic carbon content below 6 cm

(0.9 £ 0.2 wt. %). Here, the recalcitrant nature of the organic matter hinders its degradation rate,
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and the high availability of microbially reducible Fe(III) allows microbial iron reduction to
compete with, and therefore suppress, sulfate reduction (Holmkvist et al., 2014; Liu et al., 2020;
Jorgensen, 2021). The upward Fe?* flux further fuels the formation of Fe sulfides at the transition
between the two layers, commonly referred to as the sulfidization front in the Baltic and Black
Seas (Jorgensen et al., 2004; Holmkvist et al., 2014; Liu et al., 2020). Taken together, the
hypersaline pool presents an example of how human activity significantly changed the
biogeochemical cycles of carbon, sulfur, and iron in a coastal wetland, and how the timing of
diagenetic transformations of sulfur and iron leads to very distinct microbial activity in the
sediment where the FeS- and FeOx-rich layers are dominated by microbial sulfate and iron

reduction, respectively.

Electron Acceptors for Anaerobic Oxidation of Methane

Based on the geochemical profiles, we suggest that AOM is primarily coupled to either sulfate
reduction or iron reduction in the FeS-rich and FeOx-rich layers, respectively. Accordingly, we
designed and conducted sediment slurry incubation experiments to elucidate the electron acceptors
involved in AOM in each layer. In previous studies, *C-labelled methane was more commonly
used as a tracer to track AOM activity in long-term incubations with a series of substrates and
inhibitors (Beal et al., 2009; Sivan et al., 2011; Egger et al., 2015b; Bar-Or et al., 2017; Mostovaya
et al., 2022; Vigderovich et al., 2022). The use of *C-labelled methane has the advantage of
enriching the microbial biomass and allowing the track of microbial activity over an extended
period of time, while the rates may not remain stable over the same period. On the other hand, '“C-
and *S-radiotracer techniques are highly sensitive and effective in quantifying microbial turnover

rates in short-term incubations (e.g., 6 hours to 2 days) and the rate is expected to be more stable
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(Segarra et al., 2013; Treude et al., 2014; Xu et al., 2021). One should note that environmental
conditions in sediment slurries are strongly altered compared to the intact sediment and hence the
balance and rates of processes may be affected. By further disrupting the balance of microbial

processes using substrates and inhibitors, however, we can gain insights into the reactions linked

to AOM.

In this study, we employed *C-methane and *>S-sulfate radiotracers to track the activity of AOM
and sulfate reduction. We set up a series of incubations, using amorphous Fe(III) oxyhydroxide
and ferrihydrite to provide microbially reducible Fe(Ill), and adding molybdate to inhibit sulfate
reduction and aqueous sulfide to remove microbially reducible Fe oxides and thereby inhibiting
iron reduction. High sulfate reduction rates, up to 149 nmol SO4* per cm® of diluted sediment
slurry per day, were detected in the FeS-rich layer in incubations without molybdate, while sulfate
reduction was nearly completely inhibited (down to 0.1% of the non-inhibited rate) in the
molybdate incubation (Figure 2A). In the FeOx-rich layer, extremely low sulfate reduction activity
was detected (10-100 pmol SO4> cm™ d!) in incubations without molybdate, and activity was
undetectable in incubations with molybdate. These results are consistent with the ex-situ rates
determined by the whole-round core technique (Figure 1F), where sulfate reduction was only
detected in the S-rich layer. In addition to inhibitors, the introduction of electron acceptors can also
lead to a reduction in the sulfate reduction rate. For example, introducing Fe oxides, in particular
ferrihydrite, to the incubations tends to lower sulfate reduction rates (Figure 2A) because the
microbial reduction of newly added Fe oxides yields more free energy than sulfate reduction, and

thereby partially suppress sulfate reduction (Postma and Jakobsen, 1996; Thamdrup, 2000).
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Fig. 5-2 Rates of sulfate reduction (SR) and anaerobic oxidation of methane (AOM)

from slurry incubation experiments. The incubations lasted for two days. Control refers to the
unamended sediment slurry, i.e., without the addition of inhibitors or substrates. Am-Fe(Ill), Aq-
sulfide, and BDL represent amorphous Fe(IIl) oxyhydroxide, aqueous sulfide, and below detection
limits, respectively. Amorphous Fe(IIl) oxyhydroxide and ferrihydrite are termed Fe oxides in the

main text. The y-axes are displayed using a logarithmic scale. Error bars are 1c error.

Similar to sulfate reduction, AOM rates in the FeS-rich layer were the highest in the incubation
without molybdate (~848 pmol CHs cm™ d!), whereas adding molybdate reduced the AOM rate
by 80%, indicating that AOM is mostly coupled to sulfate reduction (Figure 2B). Notably, however,
AOM was still active on the order of 100 pmol CHs cm™ d!' in incubations with molybdate,
implying the use of other electron acceptors in parallel to sulfate. Two potential electron acceptor
candidates are humic substances and nitrate/nitrite. Indeed, the ex-situ AOM rates from 2018
(Krause and Treude, 2021) showed one peak at the sediment surface (Figure 1F), where the highest

TOC and nitrate/nitrite concentrations were found (Figures 1H, 1J). Introducing Fe oxides to the
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FeS-rich layer did not stimulate AOM activity (Figure 2B), suggesting that the microbial
communities here were not able to switch to Fe-driven AOM in the course of the incubation,
possibly because of sluggish growth rate of minority populations of ANME performing Fe-AOM
and/or the involvement of special structures such as cytochrome c proteins and pili for iron
reduction (McGlynn et al., 2015; Wegener et al., 2015). As discussed, the addition of Fe oxides
decreased sulfate reduction rates in the FeS-rich layer (Figure 2A). Since AOM was largely
coupled to sulfate reduction, introducing Fe oxides thereby reduced AOM rates in incubations
without molybdate. Another unexpected observation was that adding aqueous sulfide (5 mM) did
not change the rate of sulfate reduction, but significantly decreased AOM activity (Figure 2),

implying a differential toxicity of aqueous sulfide to the two groups of microorganisms.

In the FeOx-rich layer, the AOM rates were nearly constant (on average of 159 pmol cm™ d!)
across the four sets of incubations without molybdate (Figure 2B). The addition of Fe oxides did
not stimulate AOM activity, possibly because in-situ Fe oxides were already available in non-
limiting concentrations. AOM activity was not reduced in incubations with molybdate, suggesting
that the process was not coupled to sulfate reduction but likely to iron reduction as implied by
geochemical profiles (Figure 1). The addition of aqueous sulfide showed different results with and
without molybdate. When sediment slurries were treated with both aqueous sulfide and molybdate,
AOM was below the detection limit, suggesting that both iron and sulfate reduction coupled to
AOM were inhibited. On the other hand, when aqueous sulfide was added without molybdate, only
iron reduction was inhibited, allowing sulfate reduction coupled to AOM to gain more advantage
and thereby maintaining AOM activity. Overall, the incubation data from the FeOx-rich layer

demonstrates that AOM is indeed coupled to iron reduction but can be switched to sulfate reduction

285



when Fe oxides are not available. Further, comparing the AOM rates in both layers, we infer that
the transitioning from Fe-driven AOM to sulfate-driven AOM is more feasible than the reverse

scenario.

Environmental Implications

In anoxic wetland sediments, methane commonly undergoes anaerobic oxidation, effectively
mitigating its release into the atmosphere (Knittel and Boetius, 2009; Segarra et al., 2013). To
evaluate the importance of each AOM pathway at the study site, we convert the measured ex-situ
volumetric rates (Krause and Treude, 2021) to depth-integrated areal rates. The depth-integrated
sulfate- and Fe-driven AOM rates were calculated to be 0.22 and 0.78 mmol m™ d*!, respectively,
under the assumption that sulfate and Fe oxides serve as the sole electron acceptors within each
layer. This comparison indicates that Fe-AOM is the major pathway of methane oxidation in the
hypersaline pool. This finding is in contrast to offshore marine sediments where most of the
methane is oxidized by sulfate-driven AOM in the SMTZ (Niewohner et al., 1998; Knittel and
Boetius, 2009). In the deep subsurface of marine sediments, Fe-AOM is commonly found below
the SMTZ, because methane rarely penetrates the upper iron reducing zone, but it only accounts
for a very minor fraction of total methane removal in typical marine sediments (e.g., ~3% in the
Baltic Sea) (Egger et al., 2015b; Wallenius et al., 2021). This can be attributed to the low reactivity
of Fe oxides in the deep subsurface. As Fe(Ill)-bearing minerals are buried down through the
surface sediments, the most reactive fraction is readily consumed by organoclastic iron reduction
and abiotic reductive dissolution by sulfide, leaving the Fe(Ill)-minerals below the SMTZ to be
less reactive and bioavailable compared to the ones at the sediment surface (Raiswell and Canfield,

2012; Riedinger et al., 2014). In coastal wetlands, however, fresh reactive Fe oxides are pervasive
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from terrestrial inputs, providing ideal conditions for the occurrence of Fe-AOM. In addition to
sulfate-driven AOM, Fe-AOM may act as a major sink for methane in wetland sediments,
significantly mitigating methane emissions from wetlands. Given the 8:1 Fe—CHj stoichiometry,
the strong Fe?* production from Fe-AOM could enhance the sequestration of phosphorus through
the formation of Fe(Il)-phosphate minerals (e.g., vivianite; Figures 1J), potentially limiting the
degree of coastal eutrophication (Egger et al., 2015b; Liu et al., 2018). We stress that the
importance of Fe-AOM likely varies between diverse types of wetlands due to different
environmental conditions, such as the availability of organic matter, sulfate, and reactive Fe oxides.
Although the biogeochemical zonation observed in this study is specific to organic-rich sediment
overlying organic-poor sediment (e.g., the Baltic and Black Seas), the interaction between methane
and electron acceptors is broadly relevant to wetlands and other natural environments. Given that
iron oxides are pervasive in wetlands (Yu et al., 2021), we conclude that Fe-AOM in FeOx-rich
wetlands has the potential to significantly impact the biogeochemical cycles of carbon, sulfur, iron,

and phosphorus, with intrinsic connections to climate change and eutrophication (Figure 3).
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Supplementary Material: Liu et al. Iron oxides fuel anaerobic oxidation of

methane in the presence of sulfate in hypersaline coastal wetland sediment

Nov 2021 (solid-phase)
June 2018 (ex-situ rate)

Sept 2022 (porewater
& microbial incubations)

Figure 5-S1. Location of the sampled hypersaline pool. (A) Map of the Carpinteria Salt Marsh
Reserve (Silva et al., 2022). (B) Aerial image of the hypersaline pool within the wider salt marsh
(photo: J. Liu). The red arrows point to the hypersaline pool. (C) Satellite image of the hypersaline

pool (Google Earth). The blue and orange dots represent the locations of sediment cores.
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Figure 5-S2. Comparison of porewater geochemistry (sulfate, methane, salinity) across three

sampling events. (A) Porewater core collected in September 2022. (B) Solid-phase core from

November 2021, accompanied by a core image. (C) Ex-situ rate core from June 2018, also

accompanied by a core image (Krause and Treude, 2021).
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Chapter 6: Summary and future directions

1. Clumped isotope effects of anaerobic oxidation of methane

Chapters 2—4 focus on the clumped isotope effects of microbial methane metabolisms in
anoxic environments, specifically AOM and methanogenesis. In chapter 2, we performed clumped
isotopologue analysis on methane samples from laboratory microbial incubations and natural
environments to elucidate the range of clumped isotope effects caused by AOM under different
conditions. We present the most comprehensive dataset to date on methane clumped isotope
compositions during AOM, including novel incubations with the Mcr enzyme, and a suite of
sediments and fracture fluids from diverse marine and terrestrial settings across the globe. We
established a connection between the isotopologue compositions of methane and the reversibility
of intracellular AOM pathways. In the Svalbard slurry incubation and in Mariana natural fluids,
we found extremely positive A'>CH,D» and A3 CH3D values in residual methane. The measured
data are modeled using closed- and open-system calculations, suggesting that the kinetic
isotopologue fractionation does not differ substantially between laboratory incubations and natural
environments. Additionally, the trajectories of kinetically-driven AOM remain largely consistent,
regardless of the system’s openness or steady-state conditions. We find that with a lower degree of
reversibility, thermodynamic isotopic bond-order equilibrium in methane is achieved, observed
notably in the Mcr experiment and Santa Barbara Channel and deep biosphere slurry incubations.
We developed a simple, one-step isotopologue fractionation model to interpret the observed
differences in A'*CH3D and A!>CH.D; signatures as the thermodynamic drive and the reversibility

change. We propose that the methane clumped isotope signatures of AOM, especially the kinetic
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behavior, could have the potential to be diagnostic of AOM on Earth and perhaps throughout the
solar system where methane has been detected. The data presented in this thesis offer new insights
into distinguishing primary signatures of methane formation from biologically driven overprinting,
enhancing the utility of methane clumped isotopes as effective tracers for methane formation and

its subsequent processing.

The data outlined in chapter 2 have addressed many key questions regarding the clumped
isotopologue effects of AOM. However, several important questions remain to be explored. For
example, does clumped isotopologue fractionation vary when different electron acceptors are used?
What specific conditions are needed for an AOM incubation to shift from expressing kinetic
clumped isotope effects to achieving thermodynamic equilibrium among methane molecules? Why
are clumped isotope fractionation and bulk isotope fractionation decoupled in the Svalbard slurry
incubation? Why does AOM preferentially alter A'*CH3D but not A'>CH,D; in most equilibrium-
driven experiments? And how do bulk isotopes respond when clumped isotopes reach intra-species

equilibrium?

Despite the global significance and widespread occurrence of AOM, no pure culture
isolation of ANME is currently available (Chadwick et al., 2022). Thus, laboratory incubations of
ANME enrichments remain the only viable approach to address these questions and to explicitly
derive the kinetic clumped isotopologue fractionation factors for AOM. Future research should
focus on sediment-free ANME enrichments from various sampling sites, conducting incubations
under different conditions and with different electron acceptors. In addition, more work on natural
samples is needed to understand the clumped isotope evolution of AOM in natural environments,

including the diffusive sulfate-methane transition zone and advective methane seeps.
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2. Clumped isotope effects of secondary methanogenesis

In chapter 3, we present data on clumped isotope compositions of methane gas from mud
volcanoes in Azerbaijan, a well-characterized terrestrial methane seepage system, to better
constrain the origins of methane sourced from oil and gas reservoirs. Typically, methane in
petroleum reservoirs primarily originates from thermogenic sources in sedimentary basins, and its
clumped isotope compositions have been reported to record thermodynamic equilibrium at the
formation temperature of ca. 100-250 °C. Approximately half of the world’s existing oil has
undergone biodegradation, a process in which microorganisms break down heavy hydrocarbons to
produce additional methane (Milkov, 2011). However, the scale of biodegradation in global
petroleum accumulations and the significance of its terminal product, secondary microbial

methane, in the global gas endowment and carbon cycle remain largely unknown.

To our surprise, the clumped isotope compositions of these mud volcano gases approach
low-temperature thermodynamic equilibrium, reaching their ambient temperature of ~20 °C. This
result is due to secondary microbial methane production from petroleum biodegradation catalyzed
by the Mcr enzyme, which promotes isotopic bond re-ordering in the subsurface. This study
provides the first direct evidence of clumped isotopes for microbial alteration of thermogenic
methane to ambient temperature in A?CHzD, vs. A'?CH3D space, which enables secondary
microbial methane to be clearly identified. More importantly, we discovered that the methane
emitted into the atmosphere was predominantly a result of the microbial degradation of petroleum
rather than the abiotic breakdown of organic molecules at high temperatures. During petroleum
biodegradation, hydrocarbons are converted to methane, potentially significantly increasing
methane emissions into the atmosphere. Therefore, it is crucial to consider the role of secondary

microbial methane in biological contributions to global methane budgets. Clumped isotopes of
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methane offer a unique perspective for tracking the fate of methane in oil and gas reservoirs. We
propose, as others have with more circumstantial evidence, that clumped isotopes may serve as a

distinct biosignature to track the activity of the Mcr enzyme in the deep biosphere.

Chapter 3 presents a compelling dataset of natural samples on secondary methanogenesis.
The next step is to conduct laboratory incubations focused on methanogenic hydrocarbon
biodegradation, which can occur either through syntrophic partnerships between hydrocarbon-
degrading bacteria and methanogenic archaea or via alkylotrophic methanogenic archaea (Zhou et
al., 2022). Future studies should aim to determine whether the clumped isotopologue effects of
secondary methanogenesis observed in laboratory incubations mirror those found in natural

environments.

3. Clumped isotope effects of methanogenesis

In chapter 4, we conducted clumped isotopologue analysis on methane samples from both
laboratory incubations and natural environments to explore the range of clumped isotope effects
from methanogenesis. Our aim was to sample methane on-site, where methanogenesis rates far
exceeded AOM, and to incubate sediments for methanogenesis while adding AOM inhibitors. We
show that methane molecules in thermodynamic isotope equilibrium can be produced by microbial
methanogenesis alone and in the absence of anaerobic oxidation of methane. For the first time, we
combined laboratory incubations with natural samples to demonstrate that this near-equilibrium
methane results from limitations of free energy during methanogenesis. We support the hypothesis
that slow methanogenesis with limited substrate availability leads to methane formation in or near

both intra- and inter-species isotope equilibrium, providing a robust framework for interpreting
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methane isotope data. Our results are analogous to expressions of equilibrium isotope effects
during anaerobic oxidation of methane and microbial sulfate reduction (Holler et al., 2011; Sim et
al., 2011; Leavitt et al., 2013; Yoshinaga et al., 2014; Wegener et al., 2021), highlighting the
fundamental nature of isotope effects during microbial metabolisms. In addition, we link methane
clumped isotope signatures to the energetic landscape, specifically substrate availability, of
methane metabolisms. Accordingly, we find that clumped isotopes of methane may serve as a
tracer of bioenergetics in the environment. Moreover, we find that different methanogenic
pathways exhibit distinct methane clumped isotope compositions. This discovery enables us to

trace the pathways of methane production in natural environments.

Our results have important implications for the origin of methane. The presence of near-
equilibrium methane in the deep subsurface has been interpreted as either a consequence of slow
methanogenesis or the involvement of AOM. Our data suggest that methane exhibiting intra- and
inter-species isotope equilibrium essentially indicates the dominance of Mcr-catalyzed isotope
exchange, near equilibrium, regardless of whether the net process is methanogenesis or AOM. The
Mcr-catalyzed isotopic bond re-ordering drives methane towards equilibrium and is responsible
for the widely observed near-equilibrium clumped isotope signatures in substrate-limited anoxic

natural environments where microbial methane production and/or oxidation occur.

To directly calculate the AG of hydrogenotrophic methanogenesis, it is necessary to
measure porewater hydrogen concentrations. The two most commonly used techniques, the
headspace equilibration method and the extraction method, may produce systematic discrepancies
due to technique-related challenges (Lin et al., 2012). Consequently, isotope clumping in methane
molecules can be used to monitor the chemically-available energy in environments hosting

methanogenesis, where estimates of hydrogen concentrations are not readily available to calculate
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AG. Moving forward, future research should extend our sediment slurry incubation experiments
to pure-culture methanogens, allowing for a more detailed investigation of the energy controls on

methane isotopologue compositions.

Globally, microbial methane emissions into the atmosphere primarily arise from shallow
terrestrial environments, with only a small fraction originating from the marine realm (Saunois et
al., 2020). The A!2CH,D; signature in microbial methane substantiates this conclusion. Terrestrial
sources exhibit markedly negative A"?’CH,D> values due to kinetic and combinatorial effects, while
marine sources have A'?’CH,D» values near equilibrium. Here we show that this difference is a
direct consequence of the availability of chemical energy in these respective environments.
Because of the very different A"2 CH,D> values of these sources, recent measurements of A”>CH,D:
values in atmospheric methane demonstrate that the primary microbial sources of methane in air
must indeed be terrestrial and not marine, alongside contributions from fossil fuel emissions
(Haghnegahdar et al., 2023; Sivan et al., 2024). Methane isotopologues thereby provide an

additional constraint on global methane budgets.

Through the work in chapter 4, we developed a method to extract sufficient methane from
low-concentration sediments for clumped isotope analysis. We modified glass Mason jars with
screw plastic lids and airtight silicone gaskets to accommodate the low methane concentrations at
the sites. A hole was drilled in the lid to install a blue butyl rubber stopper for gas sampling. In the
field, we transferred sediment into each jar, added solid sodium chloride and saturated sodium
chloride solution, and then sealed the lids, leaving an air headspace. The jars were shaken
vigorously, stored at 20 °C for one week, and then the headspace gas was transferred to evacuated
crimp vials. We initially applied this method to salt marsh sediment, where cryptic methane cycling

results in methane concentrations in the range of tens of micromoles per liter (Krause and Treude,
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2021). Subsequently, we used this method to extract methane from the sulfate-methane transition
zone of marine sediments. The technique has the potential for application in other low-methane

environments in the future.

4. Iron-driven anaerobic oxidation of methane

In chapter 5, we shift our attention to the environmental controls on electron acceptors
involved in AOM in natural environments. Coastal wetlands have been regarded as a minor source
of methane emissions compared to freshwater wetlands, primarily because high sulfate
concentrations facilitate AOM. We conducted comprehensive porewater and solid-phase
geochemical analyses, along with microbial radiotracer incubations, in hypersaline coastal wetland
sediment. We demonstrate that, despite the high concentrations of sulfate, AOM is not associated
with sulfate reduction but is instead coupled with the reduction of an unconventional electron
acceptor—iron oxides—in subsurface sediment. This finding highlights the role of wetland
sediments enriched in iron oxides as an effective sink for the greenhouse gas methane. Fe-
dependent AOM in sulfate-free sediments has been extensively studied. Extending these
observations into sulfate-rich sediments significantly advances the earlier observations and

hypotheses, while suggesting that Fe-AOM is an under-considered sink for methane in wetlands.

Moving forward, future research should better incorporate molecular analyses, such as 16S
rRNA sequencing, into the incubation experiments to identify the microorganisms responsible for
Fe-AOM. Recent studies showed that methanogens can reverse key reactions of methanogenesis

coupled to the reduction of ferric iron and humic substances (Yan et al., 2018; Yan et al., 2023).
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Therefore, it would be valuable to investigate whether methanogens can operate in reverse to

perform Fe-AOM in natural environments.

Utilizing tracer incubations, porewater profile modeling, and identification of authigenic
minerals, the occurrence of Fe-AOM has been documented across various aquatic environments,
including both marine and freshwater systems. However, incubation experiments remain the only
definitive method to directly confirm the presence of Fe-AOM. Compared to the widely used '*C-
tracer method, *C- and **S-radiotracer techniques are more sensitive and effective for quantifying
microbial turnover rates in short-term incubations, offering greater stability in the measured rates.
Therefore, radiotracer techniques are better suited for tracking ex-situ rates and can be used

alongside porewater profile modeling to quantify the budget of Fe-AOM.
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