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ABSTRACT

Climate models consistently project (i) a decline in the formation of North Atlantic Deep Water (NADW)
and (ii) a strengthening of the Southern Hemisphere westerly winds in response to anthropogenic greenhouse
gas forcing. These two processes suggest potentially conflicting tendencies of the Atlantic meridional over-
turning circulation (AMOC): a weakening AMOC due to changes in the North Atlantic but a strengthening
AMOC due to changes in the Southern Ocean. Here we focus on the transient evolution of the global ocean
overturning circulation in response to a perturbation to the NADW formation rate. We propose that the
adjustment of the Indo-Pacific overturning circulation is a critical component in mediating AMOC changes.
Using a hierarchy of ocean and climate models, we show that the Indo-Pacific overturning circulation provides
the first response to AMOC changes through wave processes, whereas the Southern Ocean overturning
circulation responds on longer (centennial to millennial) time scales that are determined by eddy diffusion
processes. Changes in the Indo-Pacific overturning circulation compensate AMOC changes, which allows the
Southern Ocean overturning circulation to evolve independently of the AMOC, at least over time scales up to
many decades. In a warming climate, the Indo-Pacific develops an overturning circulation anomaly associated
with the weakening AMOC that is characterized by a northward transport close to the surface and a
southward transport in the deep ocean, which could effectively redistribute heat between the basins. Our
results highlight the importance of interbasin exchange in the response of the global ocean overturning cir-
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culation to a changing climate.

1. Introduction

Changes in the Atlantic meridional overturning cir-
culation (AMOC) are often linked to perturbations in
surface forcing in the North Atlantic (Buckley and
Marshall 2016), which constrains the formation rate of
North Atlantic Deep Water (NADW). However, recent
studies, which largely consider steady-state balances,
have suggested that the Southern Ocean plays a leading
role in setting the strength and structure of the AMOC
(e.g., Marshall and Speer 2012; Ferrari et al. 2014; Cessi
2019; Johnson et al. 2019). In the adiabatic and steady-
state limit, NADW returns to the sea surface through
along-isopycnal upwelling in the Southern Ocean (Fig. 1)
(Toggweiler and Samuels 1995; Wolfe and Cessi 2011).
This relationship suggests that the AMOC should strengthen
inresponse to intensified Southern Hemisphere westerly
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winds and Southern Ocean upwelling in a warming cli-
mate. Yet, this behavior is not realized in most state-of-
the-art climate models, which instead consistently project
the AMOC strength to decline in the twenty-first cen-
tury (Cheng et al. 2013).

The goal of this study is to reconcile predictions of
how the AMOC responds to changes in the NADW
formation rate across a range of time scales. We find that
accounting for changes in the Indo-Pacific overturning
circulation is critical for understanding the transient
response of the global ocean overturning circulation.
With a reduction of the AMOC strength in a warming
climate, as projected by climate models (Cheng et al.
2013), we show that there is a fast response in the Indo-
Pacific overturning circulation that is characterized
by an anomalous northward surface transport and an
anomalous southward deep transport. This rapid re-
sponse in the Indo-Pacific overturning circulation sub-
stantially compensates the AMOC changes through an

© 2020 American Meteorological Society. For information regarding reuse of this content and general copyright information, consult the AMS Copyright

Policy (www.ametsoc.org/PUBSReuseLicenses).
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FIG. 1. Two-dimensional (depth-latitude) schematic of the global ocean overturning circulation, adapted from
Talley (2013). Colors represent different water masses, and their abbreviations are shown to the right of the figure.
Changes in color along pathways indicate watermass transformation. Volume transports are given by the various
T terms. The dotted line represents the southern boundary of the basins. The small vertical arrows close to the
surface indicate surface buoyancy gain (pink) and loss (blue).

interbasin exchange of water masses such that the
AMOC is decoupled from Southern Ocean over time
scales up to many decades.

Zonal exchange between Atlantic, Indian, and Pacific
basins was first highlighted decades ago in Gordon
(1986) as a major pathway of the global ocean over-
turning circulation. However, more recent studies
based on observations estimate that, in the mean state,
most NADW upwells along isopycnals in the Southern
Ocean (Talley 2013). As such, the global ocean over-
turning circulation has been depicted in many studies
as two separate overturning circulation cells stacked
vertically in a two-dimensional depth-latitude space
(e.g., Lumpkin and Speer 2007), highlighting the con-
nections between the AMOC and the Southern Ocean.
In contrast to this steady-state balance, here we show
that interbasin exchange can dominate over Southern
Ocean upwelling in the transient adjustment of the
global ocean overturning circulation to surface forcing
perturbations.

Interbasin exchange between the Atlantic Ocean and
the Indo-Pacific Ocean has increasingly been identified
as a critical component in determining deep ocean
stratification and watermass transformation rates (e.g.,
Jones and Cessi 2016; Thompson et al. 2016; Ferrari
et al. 2017). Recent studies have also highlighted the
importance of interbasin exchange in closing heat
and buoyancy budgets between the Atlantic and Indo-
Pacific basins (Newsom and Thompson 2018; Holmes
et al. 2019). However, to our knowledge, the role of this
interbasin exchange in the transient evolution of the
global ocean overturning circulation has not previously

been investigated. The structure of the paper is as fol-
lows. In section 2, we introduce the various ocean and
climate models used in this study. We focus on results
from a 1.5-layer reduced gravity model to highlight
the key dynamics at play in section 3. We then present
results from more comprehensive general circulation
model (GCM) simulations in section 4, which show
similar features to the reduced gravity model. A dis-
cussion of the results is provided in section 5, followed
by a brief summary in section 6.

2. Model description and method

Our approach is to use a hierarchy of ocean and cli-
mate models. We begin with a highly idealized repre-
sentation of the global ocean overturning circulation to
isolate the key dynamical processes. We then system-
atically increase the model complexity to determine the
robustness of these mechanisms as more processes are
included (e.g., Held 2005). The aim throughout is to
explore the transient evolution of the global ocean
overturning circulation in response to a perturbation to
the NADW formation rate. We start with a 1.5-layer
reduced gravity model. The reduced gravity model
represents the upper northward branch of the AMOC
(Fig. 1) and is similar to models used in previous studies
(e.g., Johnson and Marshall 2004; Allison et al. 2011,
Jones and Cessi 2016). However, this 1.5-layer reduced
gravity model omits a number of key components of the
global ocean overturning circulation, including a real-
istic surface forcing in the North Atlantic, which mod-
ifies the NADW formation rate, and a realistic surface
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FIG. 2. (a) Schematic of the 1.5-layer reduced gravity model in the Africa-45 configuration (see section 2). The
hatched area in the North Atlantic is a region of NADW formation and sinking (downward transport across the
interface), wnapw- This is balanced by transformation elsewhere in the domain (in the basins and the Southern
Ocean) that provides a net transport across the interface between the upper and lower layer in the reduced gravity
model, Wiap and Wrejax. (b) The wind stress distribution (N m~?) applied to the reduced gravity model.

forcing in the Southern Ocean, which modifies the
Southern Ocean upwelling rate. To address these limi-
tations, we also carry out a set of ocean-only GCM
simulations that retain an idealized surface forcing for
comparison with the results from the reduced gravity
model. Next, in order to explore whether the transient
interbasin overturning circulation is a robust feature of
the global ocean overturning circulation in a changing
climate, we analyze the output from a set of compre-
hensive GCM simulations under anthropogenic green-
house gas forcing. As shown below, the ocean’s response
is qualitatively similar in each of the models, building
confidence in the dynamical insights gained from the
reduced gravity model.

a. Reduced gravity model

A schematic of the 1.5-layer reduced gravity model
is shown in Fig. 2a. The model domain extends from
72°S to 72°N. It includes a narrow basin (60° wide),
which represents the Atlantic Ocean, a wide basin (120°
wide), which represents the Indo-Pacific Ocean, and
a reentrant channel, which represents the Southern
Ocean. The two basins are separated by two narrow
continents. For simplicity in the following discussion,
both continents extend to 45°S (yo) in the reduced
gravity model (““Africa-45” configuration). The impact
of having a more realistic geometry with short and long
continents (‘“‘Africa-30” configuration) is discussed in
section 5.

The momentum balance in the reduced gravity model
is given by

T
_’

ou , 2
§+u-Vu+fk><u=—th+AhV u+p0h

M

where u = (u, v) is the horizontal velocity vector,
f(s™") is the latitude-dependent Coriolis parameter,
¢ =0.01ms ?isthe reduced gravity, A, = 1 X 10*m?s™*
is horizontal viscosity, 7 (N m~?) is the wind stress, py =
1035kgm 2 is the reference density, and & (m) is the
interface depth as a function of space and time.

The wind stress forcing is purely zonal (Fig. 2b),

Tw = Toexp[—(y - ym)Z/Lz] P

where 7o = 0.15Nm 2 L = 1 X 10°km, and y,), is the
meridional location associated with 50°S. The reduced
gravity model has wind stress forcing in the Southern
Ocean only for simplicity, but a more realistic wind
stress forcing is used in the GCM simulations below. The
impact of including a more realistic wind stress forcing in
the reduced gravity model is discussed in section 5.
Mass conservation is given by
oh

AV (hu) =V - (K VR) +wy +w

+w
ot

©)

Here, Kgnm = 1000 m?s ™! is the eddy thickness diffu-
sivity that represents unresolved mesoscale eddies
(Gent and McWilliams 1990); wgiap is the diapycnal
velocity,

relax

w, =«lh, 3)

diap =
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with k = 2.0 X 10> m?s™ " wnapw iS @ constant ve-
locity specified over the northernmost 5° latitude in
the North Atlantic and represents NADW formation
(Fig. 2a); and wy1ax is a simplified representation of
watermass transformation in the Southern Ocean, which
is expressed as a relaxation to a constant interface depth
of h. = 10m,

W = AR, —h). @)
The relaxation is implemented in the southernmost
10° of latitude with the relaxation time scale A~ ' in-
creasing northward linearly from 10 days at the southern
boundary (72°S) to 100 days at 62°S (Fig. 2a). This re-
laxation in the Southern Ocean essentially determines
the outcropping latitude of the interface. A fast relaxa-
tion with A~! = 1h is also included wherever the inter-
face depth is less than 4. to avoid negative upper layer
thickness.

We discretize the model on a C grid with a spherical
geometry that has a horizontal resolution of 1° and in-
tegrate using the third-order Adams—Bashforth method.
In the control run, we have an NADW formation rate of

Vo (X6
Tuapw = —L J WNapw dxdy =128Sv,
0

X

where x2 and x2 represent the positions of the western
and eastern boundaries of the Atlantic basin. This pre-
scribed downward diapycnal velocity wyapw shoals the
interface and results in a cyclonic gyre circulation in the
high-latitude North Atlantic. We prescribe a weaker
rate of NADW formation [12Sv (1Sv = 10°m®s™!)] in
this study, as compared with observations (approxi-
mately 20 Sv) (e.g., Talley 2013), to avoid outcropping of
the interface in the North Atlantic. We integrate the
control run for 3000 years to achieve an approximately
steady state, defined as when changes in the global-mean
interface depth do not exceed 1 m per 100 years.

Using the equilibrated control run as initial condi-
tions, we conduct three simulations in which the NADW
formation rate Txapw Was abruptly reduced to 10, 8,
and 6 Sv. This step change in Tyapw iS meant to rep-
resent changes in the surface buoyancy forcing in the
North Atlantic, which alters the NADW formation rate.
The perturbation runs are integrated for 3000 years to
ensure an approximately steady-state solution. The ad-
justment of the overturning following a step change in
Tnapw to 8 Svis analyzed in section 3a. The steady-state
solutions for all three perturbation runs are discussed in
section 3b.

Previous studies have suggested that the AMOC
strength could vary over a variety of time scales, ranging
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from months to thousands of years (e.g., Zhao and Johns
2014; Sigman et al. 2010). Therefore, in addition to the
perturbation runs above, we carry out a separate suite
of simulations with time-dependent NADW forma-
tion rates,

Tyapw(®) =[12 + 4sin(wt)] Sv, %)
where w is the forcing frequency, and 27/w, the
forcing period, ranges from 20 to 2000 years. Each
simulation is run through at least two forcing cycles
(duration of 47/w), and the last forcing cycle is used
for analysis. The dependence of the overturning circu-
lation response on the forcing time scales is discussed in
section 3c.

Watermass transformation, which induces a volume
flux across the interface between the upper and lower
layers of the reduced gravity model, is balanced by a
meridional transport in each basin. Integrating Eq. (2)
from the southern boundary y, to the northern boundary
yn in a given basin (Fig. 2), we have

; n [T Kk oh
T+JyJ.(wNADW+E_E)dXdy:07 (6)

i
0 Xy

where the superscript i indicates the basin over which
the above integration is calculated (A for Atlantic, P for
Indo-Pacific, and § for the greater Southern Ocean
region where we integrate around the globe). In Eq. (6),
T' is the meridional residual transport across y,, in-
tegrated from the western boundary x/, to the eastern
boundary x,

i

X Xe ah
Ti= [ <vh “ K, 5) dx. )

The meridional residual transport 7" is a representation
of the overturning circulation in the reduced grav-
ity model.

b. Ocean-only GCM

We use the Massachusetts Institute of Technology
General Circulation Model (MITgem; Marshall et al.
1997) to integrate the hydrostatic primitive equations
in a configuration with a coarse resolution (2°) that
permits a large number of simulations without incurring
excessive computational costs. The model domain is
similar to the reduced gravity model (Fig. 3a) with two
exceptions: 1) we use a short continent to the east of the
Atlantic basin that extends to 30°S and a long continent
to the west that extends to 45°S; and 2) we include a
submarine ridge in the Southern Ocean to provide bot-
tom form stress that balances the momentum input into
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FI1G. 3. Model configuration for the MITgcm simulations: (a) Geometry of the model domain. The ocean is 4000 m deep everywhere
except for a 2500-m-deep submarine sill, indicated by gray shading. The black shading indicates continents. Surface forcing applied to the
model: (b) wind stress (N m™2), (c) restoring surface temperature 6, and surface temperature perturbation field A6,

the Antarctic Circumpolar Current from surface wind
forcing (Munk and Palmén 1951).

The model domain has 30 vertical layers ranging from
20m at the top to 250m at the bottom. A vertical dif-
fusivity is implemented that is a function of depth and
increases from 2.0 X 10> m?s ™! at the surface to 1.3 X
10~*m?s ™! with a transition depth of 2000 m (Bryan and
Lewis 1979). Similar to the reduced gravity model, un-
resolved eddies are represented using the skew-flux
form of the Gent-McWilliams (GM) parameterization
with an eddy thickness diffusivity Ky = 1000m?s ™.
The momentum is dissipated via Laplacian viscosity,
biharmonic viscosity, and vertical viscosity with coeffi-
cients A, = 1.0 X 107*m?s™ !, A, = 1.0 X 102 m*s™ !,
and A, = 1.0 X 10 >m?s ™!, respectively. Vertical con-
vection is represented by an implicit vertical diffusion
with a diffusivity of 100m?s~ " whenever the stratifica-
tion is statically unstable.

The model is forced with a zonally uniform wind stress
(Fig. 3b). Temperature 6 at the surface is restored to a
prescribed temperature profile 6, defined below, with a
relaxation time scale of 20 days. There is no freshwater
forcing and thus temperature is the only thermodynamic
variable. Similar to the reduced gravity model, the re-
laxation surface buoyancy boundary condition approx-
imately fixes the outcropping latitude of isopycnals in
the Southern Ocean.

In the control run, we use a surface restoring tem-
perature of 8; = 6y(y), which is symmetrical about the
equator (blue line in Fig. 3c). The control run is inte-
grated for 3000 years, at which point the model reaches
an approximate steady state.

To compare with the reduced gravity model simula-
tions, we branch from the end of the control run and
perform two sets of perturbation simulations. In the first
suite of simulations, the restoring surface temperature in
the Atlantic Ocean is abruptly changed by A6y, which
peaks at the northern boundary 72°N and decays
southward (red line in Fig. 3c), such that

6, =6,+ A6, (8)

This perturbation warms the North Atlantic and weakens
the AMOC (e.g., Wolfe and Cessi 2011). The magnitude
of Afy is varied from 0.5° to 2°C at the northern boundary
to test the response of the overturning circulation.

In the second suite of simulations, we prescribe a
perturbation to the North Atlantic restoring tempera-
ture that varies with time,

0, =6, + Af,sin(wt), 9)

where A6, (red line in Fig. 3c) is 2°C at the northern
boundary and 27/w again is the forcing period, which
varies from 20 to 2000 years as for the reduced grav-
ity model.

The meridional overturning circulation stream-
function, defined as a function of latitude and buoyancy,

is calculated as
1 t, SO}
L e
2 194 Jx,

Zhot

X H|b—b'(x,y, z, )] dzdx dt, (10)

W(y7 b): -
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FIG. 4. Meridional overturning circulation streamfunction (Sv) for the MITgcm control run in (a) the Southern Ocean, (b) the Atlantic
basin, and (c) the Indo-Pacific basin. The thick blue line represents the isopycnal b,,, defined in Eq. (12), which serves as an analog to the
interface in the reduced gravity model. Contours are plotted at 2-Sv intervals.

where b is buoyancy [b = a(6 — 0,c¢)] with « the ther-
mal expansion coefficient of seawater and 6, = 0°C,
t; and t, define the averaging period, zp,; represents
the ocean bottom, v, is the total meridional velocity
that includes both the Eulerian-mean flow (v) and the
eddy bolus contribution due to the parameterized
eddies, b’ is the buoyancy field calculated by the model
at each location and time step, and .7Z(b — b’) is the
Heaviside step function of b — b’ such that (y, b)
represents the northward transport above the iso-
pycnal denoted by b. The streamfunction ¢(y, b) is
mapped to depth coordinates using the mean depth
of each isopycnal (e.g., Sun et al. 2018) (Fig. 4). The
meridional overturning circulation in the Atlantic
basin is characterized by a clockwise pole-to-pole
overturning circulation in the upper 2.5km (the
AMOC) and an anticlockwise overturning circula-
tion in the abyss (Figs. 4a,b). The clockwise pole-to-
pole adiabatic overturning circulation does not exist
in the Indo-Pacific basin (Fig. 4c) because it is only in
the Atlantic basin where isopycnals outcrop in both
hemispheres (Wolfe and Cessi 2011). Instead, there is
an anticlockwise overturning circulation that extends
from the bottom to the surface, with two mimima in
the streamfunction. The deeper minimum, at a depth
near 3km, is associated with the abyssal overturning
circulation, and the shallower minimum near 1 km arises
from the interbasin overturning circulation (Ferrari
et al. 2017).

We define the AMOC strength at 30°S (y;) as the
maximum value of the overturning circulation stream-
function in the Atlantic Ocean at this meridional posi-

tion (y1),
7 =max[¢ (y,, b)]. 11)

To highlight interbasin exchange, we focus on the
AMOC strength at 30°S instead of in the North Atlantic,

for example at 30°N, which is more commonly used in
the literature (e.g., Cheng et al. 2013). However, the
AMOC streamfunction varies coherently throughout
the Atlantic basin over the time scales considered in this
study (e.g., Zhang 2010). To allow comparison with the
reduced gravity model, we define an isopycnal b,, that is
the analog to the interface in the reduced gravity model.
The isopycnal b,,, satisfies

WAy b,) =t (12)

in the control run, and it approximately separates the
northward upper branch from the southward lower
branch of the AMOC (thick blue line in Fig. 4b). The
analogy to the reduced gravity model’s meridional re-
sidual transport can be calculated in the GCM simula-
tions as

Ti = l»[/(yl’ bm) - lv[/i())p bmax)’ (13)

where b, is the maximum buoyancy at the meridional
position y;. The last term in Eq. (13), ¢/(v1, Bmax), i
equivalent to the meridional barotropic transport across
y1; this term may be nonzero if the model is in a transient
state or if there is a transport through the northern
boundary (e.g., the Bering Strait). The overturning cir-
culation may move vertically in isopycnal coordinates in
response to a surface forcing perturbation, such that the
transport T" is only an approximation to the overturning
circulation strength.

c. Climate model simulations

As the climate warms, climate models consistently
predict the AMOC to weaken in the twenty-first century
(Cheng et al. 2013). To evaluate the role of interbasin
exchange in the climate system, we use the NCAR
Community Earth System Model (CESM) Large Ensemble
(Kay et al. 2015) during years 2006-2100. The CESM
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Large Ensemble contains 40 ensemble members that
simulate the climate trajectories over 1920-2100 un-
der historical (1920-2005) and representative concen-
tration pathway 8.5 emission scenario (2006-2100).
These members share the same model physics and
forcing; they are branched from the same control run on
1 January 1920, with random round-off level differences
being applied to their initial air temperature field (Kay
et al. 2015).

With increasing atmospheric greenhouse gas concen-
trations in the CESM simulations of the twenty-first
century, the surface ocean warms and freshens in the
North Atlantic, leading to a stronger near-surface den-
sity stratification and thus reducing NADW formation
(e.g., Gregory et al. 2005). In contrast to the abrupt
NADW formation reduction in the reduced gravity
model and MITgem simulations, the AMOC gradually
weakens during the twenty-first century simulations,
as discussed in section 4. Additionally, the surface
buoyancy flux in the CESM simulations is dominated
by the freshwater flux in the Southern Ocean (e.g., Sun
et al. 2016), whereas the reduced gravity model and
MITgcm use a relaxation boundary condition which is
more suitable to represent surface heat flux (Haney
1971). The impact of using different types of surface
buoyancy flux conditions on the results is discussed in
section 5.

In section 4, we examine both the global ocean over-
turning circulation and the associated meridional heat
transport in the CESM simulations. We define the me-
ridional overturning circulation streamfunction and
the meridional transport in the same way as in the
MITgcm simulations [Egs. (10) and (13)], except that
the isopycnal interface b,, is defined with the AMOC
streamfunction at year 2006 and the buoyancy is de-
fined as

b= _E(Uz - po)’
Py
where g is the gravitational parameter and o, is the
potential density referenced to 2000 dbar. The meridi-
onal heat transport averaged between a time period
from ¢, to t, due to the residual flow v, at a meridional
location y is calculated as

1 t, (0 pxb
- J J J i vr(x’ y, Z’ t)
L= 4 Xy,

Zbot

X[0(x, y, z, 1) — 0, ]dxdzdt, (14)

0'(y) =

where 6, = 0°C is the reference temperature. We can
separate the contribution that is related to the Eulerian-
mean flow (v) as
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i

. 1 t, (0 X
0'(y) - _jj IE@%LO
t tl 4 X},

Lot

X[0(x, y, z, 1) — 0 ]dxdzdt. (15)

3. Response in the reduced gravity model

In this section, we show that the interbasin transport
and Southern Ocean overturning circulation respond
on two distinct time scales. For AMOC responses over
decadal and centennial time scales, the meridional
transport in the Indo-Pacific Ocean largely compensates
changes in the Atlantic Ocean overturning.

To understand the overturning circulation responses
on different time scales, we now partition the residual
transport across the southern boundary of the basins
[Eq. (7)] into processes with distinct characteristic time
scales. Consider the circulation response on a time scale
T > 1 day and a length scale L ~ 1000 km for a char-
acteristic velocity U ~ 0.01ms ™, such that the Rossby

number is
U 1
Ro=—~—-x«1
°TRLTITS
and the Ekman number is
Ek = A, <1
fsz )

In this regime, the tendency term, nonlinear advection,
and horizontal viscosity are all small terms in the mo-
mentum balance [Eq. (1)], and the zonal component,
multiplied by 4, reduces to

—fhv~-S—+- W,
L T, (16)

Substituting vk from Eq. (16) into Eq. (7), we can write
the residual transport across the southern boundary
Yo as

L[ (g am: Ty, ah>
T’~J (—————K =) ax
x, 2f() ox p()fo GM ay

77w(xé B xiv)

- el - oiy] +

Pofy
TG Ty
e oh
ek P 17)
Jx‘w GM ay
<
Ti
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where the superscript i again indicates the basin in which
the residual transport is calculated, f; is the Coriolis
parameter at y, T%. represents a meridional geostrophic
transport that is determined by the interface depths at
the eastern boundary (h) and the western boundary
(h)) of the basin, T}, represents the northward Ekman
transport due to the westerly wind stress Ty, and T
represents the parameterized meridional eddy trans-
port. Using the mean isopycnal slope in the Southern
Ocean to approximate dh/dy, we can write the meridi-
onal eddy transport as

Ti~-K ﬂ(xi—xi , (18)

e w

where A is the interface depth zonally averaged at y in
the basin that is represented by the superscript i, and
L, = yo — ys is the meridional distance from the
northern boundary of the Southern Ocean relaxation
region y; to y, (see Fig. 2).

In the simplified case where both continents have their
southern boundary at the same latitude, the interface
depth on the meridional boundaries at y, satisfies

ht=nt

w2

R = h?. (19)

Thus, the meridional geostrophic transports in the Atlantic
and the Indo-Pacific basins at y, are of equal magnitude
but opposite sign:

T4+ TE=0. (20)

The meridional geostrophic transport components (7%
and T4) represent an interbasin exchange between the
Atlantic and the Indo-Pacific basins (e.g., Jones and
Cessi 2016; Thompson et al. 2016). In the idealized
Southern Ocean (Fig. 2a), the net meridional geo-
strophic transport is zero due to the lack of any merid-
ional boundary to support a zonal pressure gradient
[Eq. (20)]. Instead, the meridional residual transport at
latitude y, in the Southern Ocean (7%) can be written as
Twl, KoL,

W ™x

TS~Ty + Ty~ — ,
w E pofo Ly

(21)

where we approximate the interface slope as —h3/L, and
L, =xP —x2 is the zonal width of the Southern Ocean
at Yo-

a. Transient response to a step change in NADW

formation

A step change that reduces the NADW formation
rate in the reduced gravity model, with other forcing
fields kept constant, leads to a reduction in the residual

VOLUME 50

transport at the southern boundary of the Atlantic basin
T". Because the wind stress is constant, changes to 7
must be caused by changes in the meridional geostrophic
transport T4 or the eddy transport T4 [Eq. (17)]. In this
section, we show that 7% has both a fast and a slow re-
sponse that are related to T4 and Tq, respectively.

The reduction in NADW formation drives an anom-
alous gyre circulation in the North Atlantic that extends
from the northern boundary to the equator (Fig. 5)
(cf. Goldsbrough 1933). The anomalous circulation is
characterized by a deepening of the interface on the
western boundary relative to the eastern boundary in
the North Atlantic, corresponding to a southward geo-
strophic transport anomaly. The interface deepening
signal propagates southward along the western bound-
ary of the North Atlantic via coastal Kelvin waves and
then propagates eastward along the equator via equa-
torial Kelvin waves, with a phase speed of approxi-
mately cx = (¢h)"?> ~ 2.8ms™! (gray dashed line in
Fig. 5b). After reaching the eastern boundary (‘“‘C” in
Fig. 5a), the interface anomaly excites an equatorial
Rossby wave that propagates westward at a speed
characterized by the long wave approximation, cg =
ck/3~0.9ms~ ! (gray dashed line in Fig. 5b) (Gill 1982).
After the long equatorial Rossby wave arrives at the
western boundary in approximately 3 months, a standing
wave mode is established and the interface depth along
the equator deepens uniformly with time as the North
Atlantic gyre circulation adjusts (Fig. Sb).

The interface deepening on the eastern boundary at
the equator also excites southward-propagating Kelvin
waves along the eastern boundary of the South Atlantic
(from “C” to “D” in Fig. 5). These waves appear in the
Hovmoller diagram to be slower than predicted due
to the decaying amplitude of Kelvin waves, which
radiate energy into the interior via westward propa-
gating Rossby waves (Johnson and Marshall 2002). The
southward Kelvin wave arrives at the southern tip of
Africa (“D” in Fig. 5a) after 1 month and generates a
change in the zonal interface depth difference between
the western and eastern boundaries across the Atlantic
basin at yq (Fig. 5c). This modification to the zonal
interface depth difference is linked to a southward
geostrophic transport anomaly in the Atlantic basin
[Eq. (17)]. Meanwhile, the Indo-Pacific basin responds
with a northward geostrophic transport anomaly, which
opposes the Atlantic changes [Eq. (20)]. This response
in the geostrophic transport at y, first occurs a couple
months after the NADW perturbation and peaks after
50 years (Fig. 5c). The 50-yr time scale is associated
with the adjustment of the gyre circulation in the North
Atlantic (Fig. 5a). Note that these time scales are sen-
sitive to the selected model parameters, such as the
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FIG. 5. Response of the interface depth to a —4-Sv step change in the NADW formation rate in the reduced
gravity model: (a) Change in the interface depth 50 years after the NADW formation reduction (m). (b) Hovmoller
diagram of the interface depth anomaly 6/ (m) along the red line in (a). (c) Time series of the zonal interface depth
difference (m) between the eastern and western boundaries of the Atlantic basin at 45°S, Ah = h? — h?. Note the
change in temporal discretization to highlight the fast response during the first 100 years. (d) Time series of the
zonally averaged interface depth, along 45°S in the Atlantic basin (/3; blue curve) and the Indo-Pacific basin (h{;
orange curve). In (b), we use a gray dash—dotted line to indicate the phase speed of Kelvin waves and a gray dashed
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be cx = (¢h)"> ~ 2.8ms™ !, and the equatorial Rossby wave speed is estimated to be cg = cx/3 ~ 0.9ms”~

(Gill 1982).

reduced gravity, which determines the Kelvin and
Rossby wave propagation speed and influences the
gyre adjustment.

Interface deepening on the eastern boundary also
radiates into the interior via westward-propagating
Rossby waves on a decadal time scale. Thus, interface
displacements on the eastern boundary are indicative of
the zonally averaged changes in the interface depth of
each basin. While the interface deepens in both basins
over the first 50 years after the NADW perturbation, the
average interface displacement is 30 m in the Atlantic
but 10 m in the Indo-Pacific (Fig. Sa).

The downward displacement of the interface depth
also leads to an enhancement of the southward eddy
transport, which is proportional to the zonal-mean in-
terface depth at yo [Eq. (18)]. Assuming that the zonal-
mean interface depth /' and the zonal interface depth
difference Ah = h? — h? change by the same order of
magnitude during the first 50 years of adjustment

1

(Figs. 5¢,d), i.e., 8h{l ~8h? — 6h?, we can estimate the
relative importance of the eddy transport response
(8T4) as compared with the geostrophic transport re-
sponse (8T¢) as

8T Koyl —x,)IL,

sTAT T @i )

recalling that the meridional geostrophic transport is

ra=E [0y - )] (3)
2f,
and thus the change in 74 can be approximated as
STA ~ ;‘;hg (8h" — 5h). (24)
0

Applying the zonal-mean interface depth A ~750m
from the control run, this yields 874/8T4 ~ 0.02.
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represents the transport anomaly from the equilibrated state of the control run.

In other words, modifications to the meridional residual
transport across y, in response to a NADW formation
perturbation is dominated by changes in the geostrophic
transport within the first 50 years. A similar conclusion
can be reached for the Indo-Pacific basin, such that the
residual transports in the Atlantic basin 7% and the
Indo-Pacific basin 7* respond with similar magnitudes
but opposite signs during the first 50 years (Fig. 6a),
leaving the Southern Ocean transport largely unchanged.
We quantify this interbasin compensation between
the Atlantic and the Indo-Pacific as —8T4/6TT, and
the compensation level is close to 90% during the
first 50 years in the reduced gravity model simula-
tions (Fig. 6b).

Following the fast response in the first 50 years, the
interface depth continues to increase due to an imbal-
ance between the NADW formation and the Southern

Ocean residual transport, which stays roughly constant
during the first 50 years (Fig. 6). The continuous deep-
ening of the interface steepens the isopycnal slope across
the Southern Ocean. This results in a long-term en-
hancement of the southward eddy transport across the
southern boundary of the basins y, leading to a reduced
northward transport anomaly in the Indo-Pacific basin
after 100 years (Fig. 6a). Combining Egs. (6) and (21)
gives the evolution of the global-mean interface depth
ho, which we use to approximate the zonal-mean inter-
face depth at y:

oh,

kS, T,L. K h, L
0o NaDW T -

0 GM "0 x’ (25)
hy Pty Ly

S

where S is the surface area of the global ocean north of
vo, and we have approximated the diapycnal velocity
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using A in Eq. (3). Following a perturbation to Txapw
and assuming a constant wind stress, the response time
scale of A is determined by two processes: 1) diapycnal
diffusion,
hg
Lt ~ =’ (26)
and 2) Southern Ocean eddies,

S,L,

t ~ .
dd
ey KouL,

27)

Using S; = 1.9 X 10"¥m? hy = 800m, k = 2.0 X
107°m?*s™ !, L, = 1.5 X 10°m, Kgm = 1000m?s ™", and
L, = 1.6 X 10’ m from the model implies ¢4;¢r ~ 1000 years
and feqqy ~ 600 years. This suggests that the eddy trans-
port responds on multicentennial to millennial time
scales that are determined by diffusion processes. Note
that the estimate of the eddy transport response time
scale depends on the magnitude of the constant eddy
thickness diffusivity Ky as well as the formulation of
the eddy parameterization (e.g., Jones et al. 2011). The
estimate in Eq. (27) also assumes a constant outcropping
position of the interface in the Southern Ocean. Thompson
et al. (2019) used a box model with fixed Southern Ocean
surface buoyancy fluxes, which allows the outcropping
position to move meridionally, and they found a shorter
but still multicentennial time scale for adjustment of the
isopycnal depth. The impact of having a fixed surface
buoyancy is discussed in section 5.

Enhancement of the meridional eddy transport leads
to a gradual weakening of the interbasin compensation
(Fig. 6b). During this slow response, changes in the
zonal-mean interface depth at y, are approximately the
same across the two basins, i.e., 8k ~8hl (Fig. 5d).
Thus, we can relate the meridional eddy transport across
Yo in the Atlantic and the Indo-Pacific basin as

STE~25T%, (28)

since the Indo-Pacific basin is 2 times as wide as the
Atlantic. With Egs. (17) and (20), we can write the in-
terbasin compensation as

—8T7 _TA-2Tf 3
8TA  TA+TA STA/STA+1

(29)

This relationship predicts that the interbasin compensa-
tion decreases as the meridional eddy transport increases.

b. Equilibrium response to changes in NADW
formation

Next we consider the equilibrium response of the
model to a change in NADW formation 67TNapw-
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By definition, the change in the Southern Ocean residual
transport at y, can be written as 87° = 6T + 87", and
the interbasin compensation between the Atlantic and
the Indo-Pacific can be written as

8TP  8T" 1
8TA 8TS—8T7 1-8TS/8TF

(30)

In steady state, dh/dt = 0, and the meridional residual
transport across the southern boundary of the Indo-
Pacific basin [Eq. (6)] changes by

8T" = 8T}

d>

(D)
with T% defined as

y  xP P
P K gedy <S5
T, —J Lghdx dy By (32)

Yo

where S” is the surface area in the Indo-Pacific north of
yo and T% represents the diapycnal watermass trans-
formation rate in the Indo-Pacific basin, which is ap-
proximated using the global mean interface depth .
Therefore, we can write

P _ p kS
6T — _STd Nh_%Sh()’ (33)
where the approximation uses a first-order Taylor ex-
pansion of T7 relative to the control run.
With a constant wind stress forcing, the Southern
Ocean residual transport [Eq. (21)] changes by

KL
8TS ~ —7GLM x8h,, (34)

y

where we use the global-mean interface depth A, to
approximate the zonal-mean interface depth at y.

Combining Egs. (30), (32), and (34) together, we have
the interbasin compensation in steady state as

-1 -1
—STP STS K.\ L K
— =1+ =~(1+=2=2) . @35
5TA ( 5T5> ( KL,SP G5)

Therefore, the interbasin compensation in steady state
can be estimated from the control run using the dia-
pycnal transformation rate in the Indo-Pacific basin and
the meridional eddy transport in the Southern Ocean.
This further suggests that a change in the watermass
transformation rate in the Indo-Pacific basin can modify
the AMOC strength through an interbasin transport,
without changing the Southern Ocean overturning cir-
culation (e.g., Newsom and Thompson 2018). In the
adiabatic limit, 8T5 =0, the interbasin compensation
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approaches zero in steady state, and the Southern Ocean
overturning circulation must experience the same change
as the AMOC.

Using §© = 1.2 X 10"m? Kgy = 1000m?*s ™!, k =
20X 10°m?s™ ', L, = 1.6 X 10’m, L, = 1.5 X 10°m,
and &y = 800m from the control run, we estimate the
interbasin compensation level in steady state to be
approximately 26%, i.e., the Indo-Pacific can com-
pensate 26% of the changes in the Atlantic in steady
state, with the remaining 74% balanced by changes in
the Southern Ocean overturning circulation, in con-
trast with the fast transient response in section 3a. We
test this result using the reduced gravity model with
varied NADW formation rates and find an interbasin
compensation level of 22% (Fig. 7), which is close to
the estimate here. This low compensation level is
consistent with the emphasis on Southern Ocean pro-
cesses in constraining the AMOC in previous studies
(e.g., Marshall and Speer 2012; Ferrari et al. 2014; Sun
et al. 2018), which largely focused on the steady state.

c. Response to periodic perturbations to NADW
formation

Here we show the response of the overturning circu-
lation in the runs with periodic perturbations to the
NADW formation rate and discuss the dependence of
the transient interbasin compensation on the perturba-
tion time scales. With periodic perturbations to the
NADW formation rate, the meridional transports at
the southern boundary of the basins vary to balance the
NADW formation changes (Fig. 8). For a forcing period

27/w = 1000 years, we show that the Indo-Pacific re-
sidual transport T” is roughly opposite to the changes in
the Atlantic residual transport 7, with the Southern
Ocean residual transport 7% having a much smaller
magnitude.

We quantify the transient interbasin compensation
using the absolute value of the slope of 77 versus 7
over the final forcing period in each of the simulations
(Fig. 8b). For forcing periods 27/w less than 1000 years,
changes in the Indo-Pacific transport compensate ap-
proximately 90% of the Atlantic changes (Fig. 9a), al-
lowing the Southern Ocean to remain largely constant.
As the oscillation period increases, the meridional eddy
transport has a longer time to adjust and the transient
interbasin compensation level decreases (Fig. 9a). The
steady-state response in section 3b represents the limit
when the forcing period approaches infinity.

4. Response in the GCM simulations

In this section, we present results from the MITgecm
and the climate model simulations, which include addi-
tional dynamics as introduced in section 2. Despite the
many simplifications in the reduced gravity model, we
find that the reduced gravity model captures most of the
features in the more comprehensive GCM simulations
regarding the interbasin interactions.

a. MITgem

At the end of the MITgem control run, the restoring
temperature in the North Atlantic is abruptly modified
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is smoothed using a 5-yr running mean.

and then maintained at a constant value [Eq. (8)]. This
warming in the North Atlantic weakens NADW for-
mation, leading to a reduction in the AMOC strength
at 30°S (Fig. 6¢). Similar to the reduced gravity model,
the surface residual transport of the Atlantic and the
Indo-Pacific at 30°S show a fast response on multideca-
dal time scales and a slow response on multicentennial
time scales. During the first 50 years after the pertur-
bation, northward and southward surface transport
anomalies are established in the Indo-Pacific and the
Atlantic basins, respectively. The northward surface
transport anomaly in the Indo-Pacific basin compen-
sates much of the changes in the Atlantic basin, such that
residual overturning changes in the Southern Ocean are
small (Fig. 6¢). Interbasin compensation between the
Atlantic and Indo-Pacific (—877/8T") is roughly 80%
during the first 50 years; it then slowly decreases to
around 30% over a 500-yr period. This reduction in the

interbasin compensation is due to the strengthening
eddy transport (Fig. 6d). The interbasin compensation
at steady state is close to the reduced gravity model at
27% (Fig. 7), but the time scale associated with the slow
response is shorter (Fig. 6). We speculate that this
shorter time scale for the adjustment of the Southern
Ocean, as compared to the reduced gravity model, is
related to the surface buoyancy conditions, as discussed
in section 5.

In response to a periodic perturbation to the restoring
temperature in the North Atlantic, the surface trans-
ports in the Atlantic and the Indo-Pacific basins at
30°S vary periodically (Fig. 8c). Similar to the reduced
gravity model, the surface transport change in the Indo-
Pacific basin opposes the Atlantic, with the Southern
Ocean transport having a smaller magnitude (Fig. 8).
The transient interbasin compensation level remains at
~80% on decadal to centennial time scales for forcing
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periods 27/w < 500 years, but then decreases as the
forcing time scale becomes longer (Fig. 9). The depen-
dence of the transient interbasin compensation on the
forcing time scale is consistent with, but slightly lower
than the reduced gravity model. We suggest that part of
this difference can be explained by the different model
geometry (see section 5c¢).

The response of the basin-scale overturning circula-
tion streamfunctions show similar interbasin compen-
sation as the surface residual transport. In Fig. 10, we
present a Hovmoller diagram of the residual-mean over-
turning circulation streamfunction at 30°S, mapped to
depth coordinates using the mean isopycnal depth in
the control run. With a change in the AMOC stream-
function related to surface perturbations in the North
Atlantic, the Indo-Pacific overturning circulation re-
sponds at approximately the same time and the same
depth as the AMOC but with the opposite sign. The
overturning circulation response in the Indo-Pacific
compensates over 50% of the AMOC changes, causing
the Southern Ocean overturning circulation to experi-
ence changes of a smaller magnitude.

b. Transient response of the AMOC in a warming
climate

Climate model simulations consistently project the
AMOC strength to decline in the twenty-first century
(Cheng et al. 2013). The weakening AMOC is consistent
with a reduced NADW formation, but it is potentially in
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conflict with changes in the Southern Ocean over-
turning, which strengthens due to stronger Southern
Hemisphere westerly winds in a warming climate (Yin
2005). The results above suggest that this conundrum
can be resolved by considering the adjustment of the
overturning circulation in the Indo-Pacific. Under a
reduction in the AMOC strength, the Indo-Pacific de-
velops an overturning circulation anomaly that sub-
stantially compensates the AMOC change, such that
the AMOC is decoupled from the Southern Ocean. To
further explore this mechanism, we examine changes in
the meridional overturning circulation in the CESM
Large Ensemble simulations for the twenty-first century.

The residual-mean overturning circulation stream-
function is calculated over years 2006-15 and mapped to
depth coordinates in the CESM Large Ensemble simu-
lations (Fig. 11). Similar to the MITgem simulations
(Fig. 4), there is a minimum in the Indo-Pacific over-
turning circulation streamfunction at intermediate depths
(1-3km) in the Southern Hemisphere that is due to an
interbasin overturning circulation. In response to green-
house gas forcing, the Southern Ocean overturning cir-
culation shows a positive streamfunction anomaly at
the end of the twenty-first century compared to years
2006-15 (Fig. 11b), consistent with a stronger westerly
wind forcing. In contrast to the Southern Ocean changes,
the AMOC weakens by roughly 10 Sv (Fig. 11d) over this
same period. The weakening of the AMOC during these
100 years is accomplished primarily through geo-
strophic transport adjustment, which is associated
with vertical displacements of the isopycnals on the
meridional boundaries. This suggests opposite over-
turning circulation changes between the Atlantic and
the Indo-Pacific close to 30°S. Indeed, there is a pos-
itive streamfunction anomaly in the Indo-Pacific over-
turning circulation at the end of the twenty-first
century (Fig. 11d), which substantially compensates the
AMOC weakening, reconciling the different response
between the AMOC and the Southern Ocean over-
turning circulation.

The positive overturning circulation streamfunction
anomaly in the Indo-Pacific basin represents a north-
ward transport anomaly in the surface and a southward
transport anomaly in the deep ocean. We quantify the
changes in the surface transport above the isopycnal
interface b,, (thick green lines in Fig. 11c). We find a
1.03Sv decade ' reduction in the Atlantic northward
surface transport and a 0.84 Sv decade ' reduction in
the Indo-Pacific southward surface transport (Fig. 12).
Taken together, this suggests a transient interbasin com-
pensation of around 80%, close to the MITgecm simu-
lations on centennial time scales (e.g., 27/w = 250 years
in Fig. 9). We repeated the calculation over all 40 Large
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FiG. 10. Hovmoller diagrams of the residual-mean overturning circulation streamfunction

at 30°S in response to surface temperature pert

urbations in the North Atlantic in the MITgem

simulation with a 1000-yr period [Eq. (9)]. The streamfunction is mapped to depth coordi-
nates using the mean isopycnal depth in the control run. Shown are (a) the surface temper-

ature perturbations (°C) in the North Atlantic

and the streamfunction (Sv) calculated at 30°S

in (b) the Atlantic, (c) the Indo-Pacific, and (d) zonally integrated across the Atlantic and
Indo-Pacific. The model output is smoothed using a 5-yr running mean to reduce noise.

Ensemble members, and the results are all similar
to Fig. 11.

Because of the vertical temperature gradient, these
changes in the meridional overturning circulation cor-
respond to an anomalous southward heat transport in
the Atlantic basin and an anomalous northward heat
transport in the southern Indo-Pacific (Figs. 13a,b). The
anomalous northward heat transport does not extend
to the northern Indo-Pacific basin (Fig. 13b), because
the Indo-Pacific overturning circulation response is
mainly limited to the Southern Hemisphere (Fig. 11d).

We quantify the changes in the meridional heat trans-
port at 30°S during years 2006-2100 (blue lines in
Figs. 13c,d d) as well as the component due to the mean
circulation (red lines in Figs. 13c,d), which is mostly
geostrophic. We find a 3.1 TW yr ' trend in the Indo-
Pacific heat transport and a —2.2 TW yr~ ! trend in the
Atlantic heat transport. The opposite signs of the meridi-
onal heat transport trends at 30°S in the two basins sug-
gests a redistribution of heat from the Atlantic basin to
the Indo-Pacific basin in the warming climate, which is
primarily accomplished by the mean circulation (cf. the
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FIG. 11. Meridional overturning circulation and its changes in the third member of the CESM Large Ensemble simulations for the
twenty-first century: Residual-mean overturning circulation streamfunction (Sv) in (a) the Southern Ocean, (c) the Atlantic Ocean, and
(e) the Indo-Pacific basin, averaged over 200615, and changes in the residual-mean overturning circulation streamfunction (Sv) in (b) the
Southern Ocean, (d) the Atlantic Ocean, and (f) the Indo-Pacific basin between 2006-10 and 2091-2100. The thick black contours in
(a) and (b) show the boundary between the upper and lower overturning circulation cell in the Southern Ocean. The green contoursin (a),
(c), and (e) show the isopycnal interface as defined in Eq. (12) for CESM. The upward displacement of streamlines at around 55°N in the
North Atlantic [(c) and (d)] is due to a shoaling of the isopycnals associated with the subpolar gyre.

blue lines with the red lines in Fig. 13). Additionally, the
AMOC weakening deepens the isopycnals as suggested
by the overturning circulation streamfunction anomaly
in both the Atlantic and the Indo-Pacific in Fig. 11 (cf.
Jansen et al. 2018; Thompson et al. 2019). This deep-
ening of the isopycnals is consistent with the reduced
gravity model and could contribute substantially to the
warming in these two basins, particularly in the inter-
mediate depths (Figs. 13e,f).

5. Discussion
a. Summary of response mechanisms

The reduced gravity model highlights that the ocean
response to a perturbation in NADW formation occurs
through various processes, spanning a range of time
scales. Here, we review the key mechanisms that enable
the interbasin compensation between the Atlantic and
the Indo-Pacific, as well as the associated characteristic
time scales (Fig. 14). The reduction in NADW forma-
tion results in a deepening of the interface, localized to
the North Atlantic. The first response to this deepening
is a propagation of the interface displacement south-
ward via Kelvin waves (Fig. 5b). After crossing the

equator, the Kelvin waves propagate the interface dis-
placement to the southern boundary of the Atlantic
basin y, over a period of roughly 1 month. This then
modifies the meridional geostrophic transport at y, in
both the Atlantic and Indo-Pacific basins, which de-
pends on the change in zonal difference of interface
depth, Ak = h, — h,,. The geostrophic transports in the
Atlantic and Indo-Pacific basins have the same magni-
tudes but opposite signs. While perturbations along the
eastern boundary of the basin are effectively radiated
into the interior on a decadal time scale, this does not
modify the meridional eddy transport substantially. The
eddy transport responds to a change in the Southern
Ocean isopycnal slope, which in this model is directly
related to the zonally averaged interface depth at y.
The change in the zonally averaged interface depth
primarily occurs through volume flux convergence into
the upper layer on multicentennial time scales. Thus, on
short time scales, the Indo-Pacific approximately com-
pensates changes in the AMOC.

Eventually, this compensation between the Atlantic
and Indo-Pacific weakens. This occurs because over
centennial to multicentennial time scales, the net dis-
placement of the interface in both basins modifies the
strength of the eddy overturning in the Southern Ocean,

020z 1snbny 0 uo 3senb Aq Jpd-09000zPodl/S612861/1512/8/05/Pd-ajoiuEe/0dl/Bi0 d0s)aWe S[euInol//:dyy wouy papeojumoq



AuUGUST 2020

slope: -1.0340.02 Sv/decade

Meridional transport at 30°S (Sv
=

T T T T T
2020 2040 2060 2080 2100

slope:0.:840.06 Sv/decade

Meridional transport at 30°S (Sv)

T T T T T
2020 2040 2060 2080 2100
Years

FIG. 12. Meridional transport 77 (Sv) above the isopycnal in-
terface b,, (green line in Fig. 11c) at 30°S in (a) the Atlantic basin
and (b) the Indo-Pacific basin in the third member of the CESM
Large Ensemble simulations. The green dashed lines show the
linear trend in the meridional transport 7°, with the slope included
in each panel.

which in this reduced gravity model is equal to the im-
plied surface watermass transformation in the Southern
Ocean. This change in the Southern Ocean overturning
is required to balance the changes in NADW formation.
For example, as Tnapw Weakens, the interface deepens,
and the Southern Ocean isopycnal slope steepens. This
strengthens the eddy component of the Southern Ocean
overturning, which implies less dense water is trans-
formed into lighter (upper layer) waters (Thompson
et al. 2019). This change in the transformation rate re-
lieves the burden on the Indo-Pacific to accommodate
changes in the Atlantic overturning. Yet, because of the
constraint of deepening the entire upper layer in the
northern basins, changes to the Southern Ocean over-
turning only become significant after at least 100 years.
A simple scaling for the Southern Ocean adjustment
is challenging, because the interface depth responds
to both low-latitude diapycnal transformation and an
evolving surface transformation in the Southern Ocean;
this is especially true in more realistic geometries. Last,
we note that changes to overturning in the Atlantic and
Pacific adjust over a multidecadal period, which is set by
the gyre spinup/spin-down dynamics in response to a
change in surface forcing.

Despite the many simplifications made in the reduced
gravity model, we show that similar responses of the over-
turning circulation are also found in more comprehensive
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GCM simulations. These results together highlight the
importance of the Indo-Pacific basin in mediating the
transient responses of the global ocean overturning cir-
culation to surface forcing perturbations.

b. Transient versus equilibrium responses

We show in this study that the Indo-Pacific can bal-
ance the AMOC changes in transient responses through
interbasin exchange. The transient interbasin com-
pensation stands in contrast with the steady-state
response, in which the Southern Ocean upwelling
plays a more important role in balancing the AMOC
changes. The difference between the transient re-
sponse and the equilibrium response is not surpris-
ing. In a recent study using a single-basin model,
Jansen et al. (2018) highlights the different response
time scales of the overturning circulation in response
to surface perturbations in the North Atlantic and the
Southern Ocean. However, their model does not in-
clude a representation of the interbasin exchange,
which we show here is key to understanding the
transient response of the global ocean overturning
circulation. A single-basin model has been extensively
used in previous studies of the overturning circulation
(e.g., Gnanadesikan 1999; Jones et al. 2011; Allison et al.
2011; Munday et al. 2013), but our results suggest that the
transient response of these systems may should be in-
terpreted cautiously.

c. Impact of the model geometry

In section 3, we explored the interbasin compensation
in a reduced gravity model configuration in which both
narrow continents extend to 45°S (Africa-45). Now we
discuss a more realistic configuration in which the ide-
alized Africa extends to 30°S (Africa-30; same as the
MITgcem simulations).

With a shorter continent to the east of the Atlantic
basin, a wind-driven supergyre forms between 30° and
45°S (cf. Ridgway and Dunn 2007), which also has a
strong western boundary current. In the boundary cur-
rent, the momentum balance is

Joh 9ty
§ @ T2 (36)
This relationship shows that a meridional pressure gra-
dient can be supported by friction, parameterized with a
horizontal viscosity, within the western boundary cur-
rent. This implies that the interface depth on the western
boundary (k%) of the Atlantic basin differs from the
eastern boundary of the Indo-Pacific basin (h7) at 30°S
[cf. Eq. (19)]. Yet, during the fast response of the over-
turning circulation to an NADW formation perturbation,
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FIG. 13. Changes in the meridional heat transport and warming of the ocean in one of the CESM Large Ensemble simulations for the
twenty-first century: (a) Meridional heat transport (PW) in the Atlantic, the Indo-Pacific, and the global ocean, averaged between 2006
and 2015. (b) Change in the meridional heat transport (PW) from the average during 2006-15 to the average during 2091-2100. Time series
of the annual-mean meridional heat transport (PW) at 30°S in the (c) Atlantic and (d) Indo-Pacific basins. Blue and red lines represent the
total meridional heat transport [Q’ in Eq. (14)] and the heat transport due to mean flows [Q' in Eq. (15)], respectively. The linear trends in
Q' and Q' are calculated using ordinary least squares regression. Changes in the zonal-mean temperature (°C) in the (¢) Atlantic and
(f) Indo-Pacific basins. The temperature change south of 30°S in the Southern Ocean is calculated over the Atlantic sector in (e) and the

Indo-Pacific sector in (f). Note that 1 PW = 10° TW = 10'° W,

the difference in these interface depths, 47 — i), remains

approximately constant (not shown), i.e.,
P spA

oh, ~6h,. 37)

This occurs because the supergyre remains roughly un-
changed due to the constant wind stress forcing.

Unlike the Africa-45 scenario, the transient response

of the geostrophic transports in the Atlantic and the

Indo-Pacific at 30°S do not fully compensate. This can be
seen by applying a first-order Taylor expansion of the
geostrophic transport [Eq. (17)], which gives

STA + 577 ~ }i(hf CEMORT 0. (38)
0

This suggests a lower interbasin compensation level in
Africa-30 than in Africa-45. Further reduced gravity
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centennial time scales.

model simulations show that this change of model
geometry reduces the transient interbasin compensa-
tion level in the periodic perturbation runs by around
10%, bringing the reduced gravity model closer to the
MITgcm simulations (Fig. 9). Nevertheless, there re-
mains a significant degree of compensation, even in the
presence of a supergyre.

d. Impact of surface buoyancy conditions

In the reduced gravity model and MITgcm simula-
tions, we use a relaxation boundary condition for surface
buoyancy forcing in the Southern Ocean. However,
previous studies have suggested that the surface buoy-
ancy forcing is dominated by surface freshwater flux
in the Southern Ocean (e.g., Abernathey et al. 2016;
Sun et al. 2016), which may be better represented as a
surface buoyancy flux boundary condition. With a fixed
surface buoyancy flux in the Southern Ocean, the out-
cropping position of isopycnals have more freedom to
migrate meridionally (Thompson et al. 2019). This might
suggest a different response time scale for the Southern
Ocean transport from Eq. (27) and thus a different in-
terbasin compensation from our model.

We investigated the impact of using a fixed surface
buoyancy flux in the Southern Ocean with the two-layer
box model from Thompson et al. (2019), and find that

the transient interbasin compensations on forcing time
scales 27/w less than 1000 years are not substantially
affected by the type of surface boundary condition
(not shown). With a fixed surface buoyancy flux, the
Southern Ocean overturning circulation, which is de-
termined by the outcropping latitude of the interface in
the Southern Ocean, responds to NADW formation
changes on multicentennial time scales (Thompson et al.
2019, their Fig. 4). This response time scale of the
Southern Ocean overturning circulation is somewhat
shorter than the estimate in Eq. (27), but it is longer than
the fast response due to wave processes. Therefore, the
application of a fixed surface buoyancy flux in the
Southern Ocean may not be expected to substantially
affect the transient interbasin compensation on decadal
to centennial time scales. This is further supported by
the CESM Large Ensemble coupled simulations, which
show high transient interbasin compensation between
the Atlantic and the Indo-Pacific basins over the ana-
lyzed 100 years, in agreement with both the reduced
gravity model and the MITgcm simulations.

e. Impact of including a more realistic wind forcing in
the reduced gravity model

In the reduced gravity model, the wind stress
forcing is confined to the Southern Ocean (Fig. 2b)
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for simplicity, and there are no wind-driven gyres in the
basins. To explore the impact of gyres, we completed a
simulation forced by the wind stress from Fig. 3b. This
altered low-latitude surface forcing causes the transient
interbasin compensation level (Fig. 9) to change by less
than 2%, because the eddy response time scale is inde-
pendent of the wind stress forcing [Eq. (27)]. However, a
slight increase in the wind stress forcing at the southern
boundary of the basins strengthens the northward
Ekman transport and leads to a deeper basin-average
interface depth (not shown). This causes the steady-state
interbasin compensation level (Fig. 7) to decrease from
22% to 16% [Eq. (35)].

6. Summary

Recent developments in understanding the global
ocean overturning circulation have highlighted the
Southern Ocean upwelling as the southern limb of the
AMOC, suggesting that the magnitude of these com-
ponents are closely linked (e.g., Marshall and Speer
2012). However, comprehensive climate models pre-
dict the AMOC strength to decline in response to
greenhouse gas forcing, which appears to contradict
the projected changes in the Southern Ocean surface
forcing. In this study, we propose that modifications
to the Indo-Pacific overturning circulation can rec-
oncile the differences between the AMOC changes
and the Southern Ocean surface forcing in a changing
climate.

Using a hierarchy of ocean and climate models, we
explored the transient responses of the global ocean
overturning circulation to NADW formation pertur-
bations. We found that, in response to a change in the
NADW formation rate, the Indo-Pacific provides the
first response to the AMOC changes through wave
processes, whereas the Southern Ocean overturning
circulation responds on much longer time scales due
to eddy diffusion processes. On a time scale less than
100 years, modifications to the volume transport leaving
the Atlantic basin can be compensated through an in-
terbasin exchange with the Indo-Pacific basin. It is only
on much longer time scales that the Southern Ocean
overturning circulation becomes more strongly linked to
changes in the AMOC.

Associated with the weakening AMOC strength in a
warming climate, the results suggest that an anomalous
overturning circulation develops in the Indo-Pacific
which substantially compensates the Atlantic changes
through interbasin exchanges, at least over time scales
of many decades. Thus, the interbasin exchanges rec-
oncile the differences between the AMOC changes
and the Southern Ocean surface forcing in a warming
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climate. Beyond centennial time scales, the Southern
Ocean surface forcing plays an increasing role in
constraining the AMOC, and eventually the AMOC
strength may recover due to changes in the Southern
Ocean processes (Jansen et al. 2018; Newsom et al. 2020,
manuscript submitted to Proc. Natl. Acad. Sci. USA).

Understanding the transient response of the global
ocean overturning is key to constraining the role of
ocean circulation in a changing climate (e.g., Armour
et al. 2016). The results of this study highlight the im-
portance of the interbasin overturning circulation in
the transient response of the global ocean overturning
circulation to surface forcing perturbations. These re-
sults suggest that interbasin exchanges could play an
important role in past and future climate changes by
regulating the heat and tracer distributions between
different basins.
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