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Atmospheric sulfur cycling in the tropical Pacific marine boundary 
layer (12øS, 135øW) ß A comparison of field data and model results 
1. Dimethylsulfide 

S. A. Yvon, TM E. S. Saltzman, • and D. J. Cooper, •'• T. S. Bates, 2 and A.M. Thompson 3 

Abstract. Shipboard measurements of atmospheric and seawater DMS were made at 12øS, 
135 øW for 6 days during March 1992. The mean seawater DMS concentration during this 

period was •1 5 0.45 nM (lc•, n = 260) and the mean atmospheric DMS mole fraction was 453 5 pmol mol -• (lcL n = 843). Consistent atmospheric diel cycles were observed, 
with a nighttime maximum and daytime minimum and an amplitude of approximately 85 
pmol mol '1. Photochemical box model calculations were made to test the sensitivity of 
atmospheric DMS concentrations to the following parameters: 1) sea-to-air flux, 2) 
boundary layer height, 3) oxidation rate, and 4) vertical entrainment velocities. The 
observed relationship between the mean oceanic and atmospheric DMS levels require the 
use of an air-sea exchange coefficient which is at the upper limit end of the range of 
commonly used parameterizations. The amplitude of the diel cycle in atmospheric DMS is 
significantly larger than that predicted by a photochemical model. This suggests that the 
sea-to-air DMS flux is higher than was previously thought, and the rate of daytime 
oxidation of DMS is substantially underestimated by current photochemical models of 
DMS oxidation. 

Introduction 

Dimethylsulfide is the principle gaseous precursor for sulfate 
aerosol over the oceans, and it has been suggested that various 
Ibedback loops may link DMS emissions and global climate 
[Nguyen et al., 1983; Shaw, 1983; Chartson et al., 1987; Bates et 
al., 1987; Legrand et al., 1988, 1991]. DMS is ultimately 
derived t¾om the activity of phytoplankton in seawater and is 
ubiquitous in the surIkce oceans and marine atmosphere. In 
clean marine air, DMS is oxidized primarily through reaction 
with the hydroxyl (OH) radical and has a lifetime of the order of 
a few days. DMS e 'xhibits diel cycles of considerable amplitude 
because of its relatively short lifetime and photochemical sink. 
These diel cycles have been observed by several investigators 
[Maroulis and Bandy, 1977; Andreae and Raemdonck, 1983; 
Andreae et al., 1985,' Saltzman and Cooper, 1988; Cooper and 
Saltzman, 1993] and have been shown to be generally consistent 
with gas transfer velocity and photochemical models [Logan et 
al., 1981; Thompson and Lenschow, 1984; Thompson and 
Cicerone, 1982; Graedel, 1979; ChatfieM and Crutzen, 1984; 
Toon et al., 1987; Thompson et al., 1990]. Under favorable 
conditions (uniform sea surface DMS concentrations, well- 
characterized meteorology, clean air mass chemistry) the diel 
variability in DMS can provide quantitative verification of 
parameterizations of its air-sea fluxes and atmospheric 
reactivity. In this study we present measurements of the diel 
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variability in DMS in the equatorial Pacific tropical trade wind 
regime where conditions should be favorable for the 
interpretation of such data. Measurements of seawater and 
atmospheric DMS were made during an International Global 
Atmospheric Chemistry/Marine Aerosols and Gases Experiment 
(IGAC/MAGE) cruise aboard the R/V John V. Vickers in the 
tropical South Pacific Ocean in February and March of 1992. 
The data presented here were obtained at a station at 12øS, 
135øW which was occupied from March 3 to 10, 1992. 

Experimental Methods 

Atmospheric DMS (Rosenstiel School of Marine and 
Atmospheric Science) 

The atmospheric DMS data reported here were collected by 
using a technique described in detail by Cooper and Saltzman 
[1993]. The sample inlet was mounted on the front of a 
laboratory van, which was bolted to the deck on the flying 
bridge. The van was located forward of the ship's stacks, and the 
inlet was approximately 15 m above sea level. The sample 
airstream was drawn at 1 standard liter per minute through a 
cold (0øC) neutral potassium iodide bubbler to remove oxidants. 
The oxidant free air was drawn In:st through a Teflon tube at 
-20øC containing Teflon wool to remove water and then through 
another tube containing Tenax at -20øC to trap DMS. Both 
tubes were contained in a block of aluminum which was heated 

and cooled with a thermoelectric module and a temperature 
controller. This preconcentration step took approximately 10 
min, depending upon the concentrations being measured. The 
current was then reversed on the thermoelectric module, and the 
aluminum block was heated to 80øC, allowing the Tenax to heat 
up and release the DMS, which was then transferred onto a 
second cold Tenax focusing trap. This second trap was then 
heated, and the sample was injected onto a Chromosil 330 
packed column. The DMS was chromatographically separated 
isothermally at 50øC with DMS eluting at approximately 6 min 
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and detected by a flame photometric detector. The lower limit of 
detection was 3 pmol mol 4. 

The instrument was calibrated with aqueous standards 
[Saltzman and Cooper, 1988]. A glass tee containing silanized 
glass wool was fitted with a septurn. The standard was injected 
onto the glass wool, and a stream of zero air was passed through 
the tee, where the DMS was entrained and analyzed as described 
above. The aqueous standard was prepared through a two-step 
volumetric dilution of pure DMS resulting in 1.0 pM DMS in 
water. 

Seawater and Atmospheric DMS (Pacific Marine and 
Environmental Laboratory) 

The seawater DMS measurements reported here were made 
by investigators from the National Oceanographic and 
Atmospheric Administration's Pacific Marine and Environmental 
Laboratory (NOAA/PMEL). The seawater samples were 
immediately analyzed aboard ship for DMS concentrations by 
using an automated collection/purge and trap system. Samples 
were collected from the ship's seawater pumping system at a 
depth of approximately 5 m. The seawater line ran to the 
analytical system, where 2-10 mL of sample were valved into a 
Teflon gas stripper. The samples were purged with hydrogen at 
60 mL/min for 5-20 min. Air samples were pulled through a KI 
bubbler to eliminate oxidant interferences [Cooper and 
Saltzrnan, 1993]. Water vapor in either the air or the purged 
seawater sample stream was removed by passing the air through 
a-30øC Teflon tube filled with glass wool. DMS was then 
trapped in a -30øC Teflon tube filled with Tenax. At the end of 
the sampling/purge period the coolant was pushed away from the 
trap, and the trap was electrically heated. DMS was desorbed 
onto a DB-1 megabore fused silica column, where the sulfur 
compounds were separated isothermally at 40øC and quantified 
with a flame photometric detector. The detector was modified as 
described by Bates et el. [1990]. The detection limit during 
MAGE 92 was approximately 0.8 pmol. The system was 
calibrated by using gravimetrically calibrated permeation tubes. 
The precision of the analysis, based on both replicate analyses of 
a single water sample and replicate analyses of a standard 
introduced at the inlet of the air sample line, was typically +8%. 
The performance of the system was monitored regularly by 
running blanks and standards through the entire system. Values 
reported here have been corrected for recovery losses. System 
blanks were below detection limit. During the cruise the PMEL 
system was intercalibrated with the Rosenstiel School of Marine 
and Atmospheric Science (RSMAS) system and agreed to within 
4%. 

Meteorology 
Ten-day air mass back trajectories on the 1000-hPa level 

were calculated from the National Meteorological Center's wind 
analyses for the Pacific region (R. Artz, NOAA Atmospheric 
Research Laboratory). An example of a typical air mass back 
trajectory for the 6 days of time series measurements was plotted 
on satellite images (RSMAS Remote Sensing Facility) showing 
the sea surface temperature in the region near the ship. The air 
masses being sampled were over the ocean for at least 10 days 
before reaching the MAGE station, and the sea-surface 
temperature was fairly homogeneous along the trajectory of the 
air masses. The airflow was predominantly easterly and 
originated in the Southeast Pacific gyre. 

Balloon radiosondes were launched just before dawn (local 
time), just after solar noon, and just before sunset each day 

while occupying the MAGE station. Radiometer data indicated 
that the solar noon occurred at approximately 1230 hours local 
time. Figure 1 shows an example of a typical radiosonde from 
the MAGE station. A temperature inversion can be seen at 2200 
m along with a sharp decrease in relative humidity, indicating 
the top of the cloud-containing layer and the bottom of the trade 
wind inversion. This layer is highly stratified and acts as a 
barrier to vertical mixing with the free troposphere. Also, note 
that there is a drop in the relative humidity and a small change 
in the temperature and potential temperature gradients at 
approximately 600 m, signaling the top of the mixed layer. 

Traditionally, the marine boundary layer is thought to extend 
to the top of the cloud-containing layer. However, there is 
uncertainty about the extent to which the bottom of the cloud- 
containing layer acts as a barrier to vertical mixing. The 
turnover rate in the mixed layer is of the order of 10-20 min 
[Stull, 1988]. This is much less than the lifetime of trace gases 
such as DMS. Therefore the mixed layer should be well mixed 
with respect to DMS. However, mixing into the cloud- 
containing layer occurs sporadically and is enhanced during 
periods of active convection through cumulus clouds. 

A camera with a wide angle lens (180 ø) was used to 
photograph the sky during daylight hours throughout the cruise. 
This was done to allow us to assess the cloud cover conditions 

for use in the photochemical model. During the 6 days of the 
MAGE station (12øS, 135øW) the weather conditions were 
generally sunny and mostly clear. A few clouds and rain 
showers passed over the ship during this period. 

Results and Discussion 

Seawater DMS 

The results of the seawater DMS measurements from the 

MAGE station are shown in Figure 2a. A slight increasing trend 
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Figure l. A typical radiosonde from the MAGE station from 
J.D. 66 at 1400 GMT. The horizontal lines indicate the 

boundaries between the different atmospheric layers: mixed 
layer (ML), cloud-containing layer (CCL), trade wind inversion 
(TWI), and free troposphere (FT). The temperature and 
potential temperature curves are plotted along the top x axis, and 
the relative humidity curve is plotted along the bottom x axis. 
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Figure 2. (a) The seawater DMS data collected at 12øS, 135øW 
plotted as a time series, (b) wind speed and sea surthce 
temperature (SST) plotted as a time series, and (c) the calculated 
sea-to-air flux of DMS using the Liss and Merlivat [1986[ (LM- 
86) and the $methie et al. [1985] (S-85) relationships between 
gas exchange and wind speed. 

12-hour period. The chlorophyll concentrations were uniformly 
low (0.1 pg L 'l) during the course of the time series and did not 
reflect the increase in nitrate levels observed on day 67. 
Seawater DMS concentrations are usually controlled by the 
biological turnover rate [Kiene and Bates, 1990]; however, 
during this study, biological consumption, air-sea exchange and 
photolysis contributed almost equally to DMS removal in the 
surface mixed layer [Kieber et al., 1996]. 

The sea surface DMS concentration (Figure 2a) shows 
evidence of adiel cycle with a nighttime maximum and a 
daytime minimum. This suggests a photochemical pathway for 
the removal of DMS in the water column [Brimblecombe and 
Shooter, 1986]. In order to examine the average diel cycle in 
seawater DMS for the MAGE station the data were sorted 

according to the time of day at which the sample was taken. The 
results from averaging the data using 2-hour bins are shown in 
Figure 3. The amplitude of the diel cycle in seawater DMS is 
approximately 0.2 nM, which is about 5% of the mean 
concentration. Thus this variation does. not introduce a 

significant diel variability in the sea-to-air flux estimates as 
discussed below. 

The sea surface temperatures and wind speeds recorded while 
at the MAGE station are shown in Figure 2b. The sea-surface 
temperatures averaged 28.5 + 0.12øC (lcy, n = 260), and the 
wind speeds range from 4.2 to 9.2 m s -• with a mean wind speed 
of 7.11 + 1.12 m s -• (lcy, n = 260). This is greater than the 3 m 
s -• threshold for production of capillary waves, however, it is 
less than the 13.6 m s -• necessary for generation of breaking 
waves where bubble entrainment may enhance gas transfer [Liss 
and Merlivat, 1986; Upstill-Goddard et al., 1990]. 

The magnitude of the oceanic source of DMS at the MAGE 
station can be estimated from the observed sea surface 

concentrations, wind field, and temperature. We use the general 
expression Flux=K•SC=K(CgH-Ci) [Liss and Slater, 1974], 
where K is a gas transfer velocity or gas exchange coefficient 
and H is the dimensionless Henry's law constant [Dacey et al., 
1984]. For DMS the gas transfer velocity is determined by the 
properties of the liquid phase. It has been shown in wave tank 
and lake experiments that gas exchange varies with (Sc) -n, 
where n= 1/2 for the wind regime encountered in this study (4-10 
m s -l) [Liss and Merlivat, 1986; J•hne et al., 1987; Watson et 

can be seen in the data beginning at day 67.5 and continues to 
the end of the MAGE station. However, the overall range of 
concentrations is small, and seawater DMS averages 4.1 + 0.45 
nM (1 cy, n = 260) for the duration of the station. These seawater 
DMS levels are among the highest levels reported for this 
region. The global mean seawater DMS concentration for 
tropical oligotrophic waters is 2.4 nM [Andreae, 1990]. Surface 
seawater DMS concentrations in the tropical South Pacific at the 
same time of year in 1990 were approximately 2.9 nM at 10øS, 
145øW [Bates et al., 1993]. 

The MAGE station was located inside the South Pacific gyre 
and should be representative of remote oligotrophic waters, 
because nutrient and chlorophyll concentrations were low and 
biological DMS turnover rates were low [Kieber et al., 1996]. 
The nutrient (nitrate) levels found in the surface seawater were 
below the detection limit (<0.05 pM) for the most of the time 
series. One exception occurred near the beginning of day 67 
where surface seawater nitrate concentrations rose to detectable 

levels and then dropped off to below the detection limit within a 
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Figure 3. Results from measurements of seawater DMS and the 
sea-to-air flux of DMS using the LM-86 and S-85 relationships 
averaged using 2-hour bins. The error bars shown are tbr one 
standard error (cy/(nU2)) in the mean, where n for each 2-hour bin 
is given above its respective DMS point. The value for n is the 
same for each of the corresponding bins for LM-86 and S-85. 
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al., 1991]. Various relationships between gas transfer velocity 
and wind speed have been derived from wave tank, in situ tracer 
studies in lakes, and natural and bomb-derived 14C. The most 
commonly cited relationship is that of Liss and Merlivat [1986]. 
For the wind speeds encountered during this study the Liss and 
Merlivat [1986] relationship (hereafter referred to as LM-86) is 
given as 

Xco 2 (600) = 2.85U - 9.65 3.6 m s 'l < U <13 m s 4 (1) 
where U is wind speed (m s 'l) and 600 is the Schmidt number 
for CO 2 at 20øC. This relationship is supported by various wave 
tank studies [Holmen and Liss, 1984; Jtihne et al., 1987]. 
Smethie et al. [1985; hereafter referred to as S-85] proposed the 
following linear relationship based on 222Rn deficit 
measurements in the North Atlantic: 

r• (88•) = U(•- 3) (2) 

where U is the wind speed (m s 'l) and 885 is the Schmidt 
number for Rn at 20øC. The gas transfer velocity obtained in 
this way is approximately a factor of 2 larger than that calculated 
from LM-86 at the global mean wind speed of 7.4 m s 'l. The 
difference between these relationships reflects the uncertainty in 
our current understanding of the process of air-sea gas exchange. 
We have calculated the DMS flux using both relationships, 
using the temperature dependent Schmidt number of DMS from 
Saltzman et al. [1993]. A gas transfer velocity and sea-to-air 
flux of DMS is calculated for each seawater DMS sample 
measured during the MAGE station (Figure 2c). The mean 
DMS flux for the MAGE station is 9.65 + 2.49 pmol m '2 d -1 (lc•, 
n =260), using LM-86, and 18.43 + 3.97 pmol m -2 d 4 (lty , n 
=260), using S-85 (Table 1). Binning these data into 2-hour 
averages does not reveal a diel cycle in the sea4o-air flux 
(Figure 3). Both fluxes are much higher than the global mean 
DMS flux of 5 pmol m '2 d 'l [Bates et al, 1992] for tropical 
oligotrophic waters. Bates et al. [1993] also calculated a sea-to- 
air DMS flux for this region from field measurements made 
during the SAGA 3 experiment. Their calculated DMS flux is 
12 pmol m '2 day 'l, which is also higher than the global average 
for this region. 

Atmospheric DMS 

The results of the atmospheric DMS measurements made by 
the RSMAS instrument during the MAGE station are shown in 
Figure 4. As mentioned earlier, the results of atmospheric DMS 
measurements made with the NOAA/PMEL instrument agreed 
with those from the RSMAS instrument to within +4%. The 

mean concentration for the MAGE station is 453 + 93 pmol 

Table 1. Average Seawater Data for the MAGE Station With 
Average Calculated Gas Transfer Velocities and Fluxes 

Station Standard 

Parameter Average Deviation 

Seawater DMS concentration, nM 4.13 0.47 
SST, øC 28.5 0.12 
Wind speed, m s 4 7.11 1.12 
LM-86 piston velocity, m d 4 2.49 0.75 
LM-86 flux, •tmol m '2 d '1 9.65 2.49 
S-85 piston velocity, m d 4 4.74 1.20 
S-85 flux, •tmol m '2 d '1 18.43 3.97 
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Figure 4. Atmospheric DMS data for MAGE station 12øS, 
135øW (a) plotted as a time series, and (b) averaged over 3-hour 
intervals for the entire MAGE station. The error bars indicate 

one standard error (c•/(nl/2)) about the mean, where n is given 
above each averaged point. The averaged data have been 
adjusted so that 12 is the solar noon. 

mo1-1 (lc•, n = 843). These are among the highest levels of 
atmospheric DMS observed in the remote marine boundary layer 
[Andreae, 1990; Quinn et al., 1990; Bates et al., 1992]. 
However, high atmospheric DMS concentrations are consistent 
with the results from measurements made in this region in the 
past [Huebert et al., 1993]. There do not appear to be any long- 
term (>1 day) trends in the data. However, a pronounced diel 
cycle with an amplitude (defined here as the difference between 
the mean and the extreme) of 85 pmol mol 'l can be seen in the 
data with a maximum just before dawn and a late aRemoon 
minimum (Figure 4b). Qualitatively, this cycle appears to be 
consistent with current photochemical models of DMS oxidation 
in a well-mixed marine boundary layer where reaction with the 
hydroxyl (OH) radical is the primary sink. 

Modeling 

A time-dependent photochemical box model is used in an 
attempt to quantitatively model the field data. A derailed 
description of this model is given by Yvon and Saltzman [1993]. 
Two modifications were made to the model for use in this study: 
(1) the inclusion of a vertical entrainment velocity for the 
incorporation of free tropospheric air in the boundary layer and 
(2) the kinetic distribution of total NOx among the various 
reservoir species (NO, NO2, NO3, N205). The approach used 
here is to model the marine boundary layer as a well-mixed box. 
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The results from measurements of other photochemically 
important species are used to establish temporal profiles of 
important oxidants. A constant source flux of DMS is imposed, 
and the model is run until the resulting diel DMS profile is 
constant from one day to the next. 

Model description. The reactions included in the model are 
shown in Table 2 with their rate constants. The rate constants 

for these reactions are taken from NASA Panel for Data 
Evaluation [1990; hereinafter NASA Evaluation 9], Russell et. 
al. [1986], Johnston et. al. [1986], Thompson and Lenschow 
[1984], and IUPAC Subcommittee on Gas Kinetic Data 
Evaluation for Atmospheric Chemistry [1992; hereinafter 
IUPAC Supplement IV]. A variable time step fourth-order 
Runge-Kutta routine [Press et al., 1986] is used to solve the rate 
expressions generated by these reactions. The rate expression 
tbr DMS is shown below: 

- rent [DMS] (3) d [DMS•] Flux [DMS](k89 [OH] + k88 [NO31) _ MM D dt MMD 

•vhere [X] (X = DMS, OH, NO3) is the concentration of X 
(molecule cm -3) , Flux is the sea-to-air-flux of DMS (cm '2 s4), 
MMD is the model mixing depth (cm), k88 and k89 are the rate 
constants for reactions R88 and R89 respectively (see Table 1), 
and Ve,t is the vertical entrainment velocity (cm s-l), which will 
be discussed in the next section. Similar equations are solved 
for 25 other species, while 13 short-lived species are calculated 
by using steady state equations. A simple constant rainout 
parameter is used for the heterogeneous loss of PAN, HNO3, 
HCHO, CH3CHO, CH3OOH, C2HsOOH, and H202. The 
boundary conditions are defined by a fixed boundary layer height 
(BLH) and a constant source flux of DMS. 

The photolysis rate constants for the reactions shown in Table 
3 are calculated from the following equation [Finlayson-Pitts 
and Pitts, 1986] 

•'x- E o•(•,,r) •(•,r) n,o,•(• ) • (4) 
i 

where c•x0•i,T) is the absorption cross section (cm -2) for species 
X at wavelength )• and temperature T, CI)x()•i,T) is the quantum 
yield for the photolysis of X as a function of wavelength and 
temperature, and C2tota10• 0 is the total actinic flux (photons cm '2 
s 4) for that wavelength interval (i). The actinic flux at Earth's 
surface is calculated from a two-stream radiative transfer 

algorithm based on that of Thompson [1984]. The absorption 
cross sections and quantum yields are taken from NASA 
Evaluation 9 [1990], IUPAC Supplement IV [1992], Molina and 
Molina [1989], Vaghjktni and Ravishankara [1989], Wayne et al. 
[1991], and Griggs [1968] as described by Yvon and Saltzman 
[1993]. 

Input Data. The input conditions common to all model runs 
are shown in Table 4. 03 and CO were measured aboard ship 
and had mean mole fractions of 9.3 nmol mol 4 and 60 nmol 

mol 4, respectively [J. Johnson, personal communication, 1992]. 
These mole fractions are similar to the levels observed in this 

region during the SAGA 3 experiment [Thompson et al., 1993; 
Bates et al., 1993]. Methane concentrations are assumed to be 
similar to those previously measured in the tropical South 
Pacific [Bates et al., 1993] with a 14 nmol mol 4 increase per 
year [Fraser et al., 1986; Steele et al., 1992] resulting in 1.79 
[tmol mol 4 CHq. The mean H202 concentration is also assumed 
to be similar to the results of measurements made during the 
SAGA 3 experiment [Thompson et al., 1993]. The nonmethane 
hydrocarbon (C2H4 and C2H6) concentrations are taken from the 

results of Donahue and Prinn [1993] and Atlas et al. [1993]. 
Temperature and relative humidity were monitored continuously 
and logged with the NOAA/PMEL data logging system. Mean 
values for the duration of the MAGE station are used in the 

model. The mixing depth for the base case model simulation is 

Table 2. Chemical Reactions Used in the Photochemical 
Model and Their Rate Coefficients 

Reaction Rate Coefficient 

(R1) O(•D) + N2 --> O k = 1.8 x 104• exp (110/T) 
(R2) O(•D) + 02 --> O k = 3.2 x 104• exp (70/T) 
(R3) O(•D) + H20 --> 2OH k= 2.2 x 1040 
(R4) O(•D) + CH4 --> OH + CH3 k = 1.4 x 1040 
(R5) O(1D) + H2 -• OH + H k = 1.0 x 1040 
(R6)' H + 02 +M ko = 5.7 x 10 '32 (T/300) 4'6 ) HO2 

k• = 7.5 x 1041 
(R7) CO + OH --> H + CO2 k = 1.5 x 1043 (1 + 0.6P) 
(RS) HO2 + NO --> NO2 + OH k = 3.7 x 1042 exp (240/T) 
(R9) HO2 + 03 --> OH + 202 k = 1.1 x 1044 exp (-500/T) 
(R10) HO2 + HO2 ---> H202 + 02 k = 2.3 x 10 '13 exp (600/T) 

x (1 + 1.4 x 10 '2• [H20] 
exp (2200/T) 

(Rll) OH + H2-• H20 + H k = 5.5 x 1042 exp (-2000/T) 
(R12) OH + 03 -• HO2 + 02 k = 1.6 x 1042 exp (-940/T) 
(R13)' OH + NO2 +M ) HNO3 ko = 2.6 x 10 '30 (Tf300) '32 

k• = 2.4 x 10 '• (T/300) '1'3 
(R14)a OH + NO +M ) HNO2 ko = 7.0 x 10 '31 (T/300) '2'6 

k• = 1.5 x 10 'xx (T/300) 'ø'5 
(R15) • OH + HNO3 --> H20 + NO3 ko = 7.2 x 1045 exp (785/T) 2 

k2 = 4.1 x 1046 exp (1440/T) 
k3 = 1.9 x 10 '33 exp (725/T) 

(R16) OH + H202 --> H20 + NO3 k = 2.9 x 1042 exp (-160/T) 
(R17) OH + HO2NO2 --> k = 1.3 x 1042 exp (380/T) 

H20 + 02 + NO2 

(R18) OH + HO2 --> H20 + 02 
(R19) OH + HNO2 --> H20 + NO2 

(R20) HO2NO2 +M ) 
HO2 + NO2 

(R21)• HO2 + NO2 +M ) 
HO2NO2 

(R22) C2H• + 02 '--> C2H4 + HO2 
(R23) H202 -• deposition 
(R24) HNO3 --> deposition 
(R25) HO2NO2 -• deposition 
(R26) CH3OOH --> deposition 
(R27) OH + CH4 ---> CH3 + H20 

(R28)a CH3 + 02 +M > CH3OO 

(R29) O + CH3 --> products 
(R30) CH3OO + HO2 --), 

CH3OOH + 02 
(R31) OH + CH3OOH --> 

H20 + CH3OO 

(R32) CH30 + 02 '--> CH20 + HO2 
(R33) OH + CH20 --> H20 + HCO 
(R34) HCO + 02 -• CO + HO2 

(R35) CH3OO + CH3OO --> 
2CH30 + 02 

(R36) CH3OO + NO --> 
CH30 + NO2 

(R37) CH20 --> deposition 
(R38) NO + 03 --), NO2 + 02 
(R39) NO3 + NO-• 2NO2 

(R40)' NO3 + NO2 +M ) N205 

k: 4.8 x 10 -12 exp (250/T) 
k = 6.6 x 1042 

k = k21/(2.1 x 10 '27 
exp (10,900/T)) 

k0 = 1.8 x 10 -3! (T/300) '3'2 
ko• = 4.7 x 1042 (T/300) 
k < 2.0 x 10 'l• 
k = 2 x 10'6-1.07 x 10 '5 
k: 2 x 10-6-1.07 x 10 '5 
k = 2 x 10'6-1.07 x 10 '5 
k = 2 x 10'6-1.07 x 10 '5 
k = 7.0 x 1045 

ko = 4.5 x 10 '31 (T/300) '3 
k% = 1.8 x 10 '12 (T/300) '1'7 
k = 1.1 x104ø 

k = 3.8 x 1043 exp (780/T) 

k = 1.9 x 10 '12 exp (190/T) 

k = 3.9 x 1044 exp (-900/T) 
k = 1 x 1041 

k = 0.7(3.5 x 1042 
exp (140/T)) 

k = 0.29(1.1 x 1043 
exp (365/T)) 

k = 4.2 x 1042 exp (180/T) 

k = 2 x 10'6-1.07 x 10 '5 

k = 2.0 x 1042 exp (-1400/T) 
k = 1.7 x 1041 exp (150/T) 
ko = 2.2 x 10 '30 (T/300) 43 
k•, = 1.5 x 10 '12 (T/300) 'ø5 
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Table 2. (continued) 

Reaction Rate Coefficient 

(R41) CH20 + NO3 -• 
HCO + HNO3 

(R42) SO2 + HO2 -> products 

(R43)a N20• +N2 > NO2 +NO3 

(R44) N205 + H20 -> 2HNO3 
(R45) NO2 + 03 -• NO3 + 02 
(R46) O + OH -> 02 + H 
(R47) O + HO2 -> 02 + OH 
(R48) O + H202 --> 02 + HO2 

(R49)c O + 02 +M > 03 

(R50) OH + OH -> H20 + O 

(R51)a OH + OH +M > H202 

(R52) 03 + alkenes -> products 

(R53)• O + NO +M > NO2 

(R54) a 

(R56) 

(R57) 
(R58) 
(R59) 
(R60) 
(R61) 
(R62) 
(R63) 
(R64) 
(R65) 
(R66) 
(R67) 

(R68) 
(R69) ' 

(R70) 
(R71) 
(R72) 
(R73) 
(R74) 
(R75) 
(R76) 

(R77) 
(R78) 
(R79) 
(R80) 

(R81) 
(R82) 
(R83) 
(R84) 
(R85) 
(R86) 

O + NO2 +M > NO3 

NO3 + CO -• products 
CH3OOH + OH --> 

CH2OOH + H20 --> 
CH20 + OH + H20 

O + CH:O -> OH + HCO k 
H2S + NO3 -• products k 
CH20 + HO2 --> adduct k 
03 + H --> OH + 02 k 
H + HO2 --> 2OH k 
O + HO2NO2 -• products k 
O(ID) + CH4 -> H2 + CH20 k 
O(•D) + 03 -> 202 k 
O(•D) + 03 -> 02 + 20 k 
SO2 + CH3OO -> products k 
HO2 + NO3 -• k 

OH + NO2 + 02 

CH3 + 03 -> products 
SO2 + OH ->-> H2SO4 

H2S + OH -->--> SO2 

SO2 + 03 --> products 
SO2 --> deposition 
NO3 + OH --> HO2 + NO2 

DMS(sw) -> DMS(•r) 
H2S(sw) --> H2S(aio 
branching ratio for DMS 

oxidation (R89) 
O + 03 -> 202 

03 HNO2 -> 02 + HNO_• 
CH3OO + 03 •> products 
N205 + aerosols -> 

2HNO3m) 
CH3CO3 + NO2 -• PAN 
PAN -• NO2 + CH3CO3 

Alkenes + NO3 -> products 
SO2 + NO2 -• products 
Alkanes + NO3 -> products 
CH3OO + CH3OO -• 

CH3OH + CH20 + 02 

Table 2. (continued) 

k = 5.8 x 1046 (R87) 

k < 1.0 x 1048 (R88) 
ko = 2.2 x 10 '3 (T/300) 4'4 (R89) 

exp (-11,080/7) 
k• = 9.7 x 10 TM (T/300) øa 

exp (-11,080/7) 
k=l.3x10 '2t 

k = 1.2 x 1043 exp (-2450/7) 
k= 2.2 x 104• exp (120/7) 
k = 3.0 x 10 'x• exp (200/7) (R90) ' 
k = 1.4 x 1042 exp (-2000/7) 
k0 = (6.0 x 10 '34 (T/300) '2'3) (R91)c 

x[M] 
k•--... 

k = 4.2 x 1042 exp (-240/7) (R92) 
ko = 6.9 x 10 '3• (T/300) 'ø'8 
k•, -- 1.5 x 104• (R93) 
k = 1.2 x 1044 exp (-2630/7) (R94) 
ko = 9.0 x 10 '32 (T/300) 'L5 
k• = 3.0 x 1041 (R95) 
ko = 9.0 x 10 '32 (T/300) '2ø (R96) ' 
ko, = 2.2 x 1041 

k < 4.0 x 1049 (R97) 
k = 1.0 x 10 '12 exp (190/7) 

= 3.4 x 1041 exp (-1600/7) 
< 8.0 x 1046 

= 6.7 x 10 "5 exp (600/7) 
= 1.4 x 1040 exp (-470/7) 
=0.9(8.1 x 1041) 
= 7.8 x 10 'li exp (-3400/7) 
= 1.4 x 104• 
= 1.2 x 1040 
= 1.2 x 1040 

5.0 x 1047 
4.1 x1042 

k = 5..4 x 1042 exp (-220/7) 
ko = 3.0 x 10 '31 (T/300) '33 
k• = 1.5 x 1042 
k = 6.0 x 10 '12 exp (-75/7) 
k = 3.0 x 1042 exp (-7000/7) 
k = (0.87 x 10 '2 rn s4)/(BLH) 
k = 7.1 x 1041 
k = DMS sea-to-air flux 

k = H2S sea-to-air flux 

k = branching ratio 

k = 8.0 x 1042 exp (-2060/7) 
k < 5.0 X 10 '19 
k < 3.0 x 1047 
k = 304 

k = 4.7 x 1042 

k = 1.9 x 1016 exp (-13,543/7) 
k = 7.6 x 1045 
k< 2.0 x 104• 
k - 3.6 x 104? 

k = 0.71(1.1 x 1043 
exp (365/7)) 

Reaction Rate Coefficient 

NO2 + NO3 -• 
NO + NO2 + 02 

NO3 + DMS --> SO2 

OH + DMS --> products 

-> SO2 
-> MSA 

Alkenes + OH +M > 
HOCH2CH• 

O(•D) +N• +M > N20 

C2H•O• + C2H•O2 --> 

products 
SO2 + NO3 -->products 
UO2 + C2H502 -> 

C2H502H + 02 

OH + alkanes -> C2H5 

C2H5 + 02 +M ) C2H502 

C2H502 + NO -> 
C2H50 + NO2 

(R98) NO3 + CH3CHO -> 
HNO3 + CH3CO3 

(R99) O + CH3CHO -> 
OH + CH30 

(R100) CH3CHO + OH -> 
CH3CO3 + H20 

(R101) O + H2S -> OH + SH 
(R102) H +HO2 -> H20 + O 
(R103) H +HO2 -> H2 + 02 
(R104) O +H2 -> OH + H 
(R105) CH3CO3 + NO -> 

CH3 + CO2 + NO2 

(R106) C2H502H +OH -> 
C:CH202H + H20 

(R107) C2H502H +OH -> 
C2H502 + H20 

(R108) O + NO2 -> NO + 02 
(R109) O + NO3 -> 02 + NO2 
(R110) SO2 + aerosols -> H2804(ac0 
(R111) O + HNO3 -> OH + NO3 

(R112) HO2 + HO2 +M > 
H202 + 02 

(R113) PAN -> deposition 
(R114) C2H50 + 02 -> 

CH3CO3 + UO2 

(R115) C2H502H -> deposition 
(R116) CH3CHO -> deposition 
(R117) HO2CH302 -> 

HO2 + CH3 02 

(R118) arbitrary NO source flux 
(R119) HO2CH302 -> 

HO2CH302H + 02 
HO2CH302 -> 

HCO2H + 02 + H20 

k = 8.2 x 1044 exp (-1480/7) 

k = 1.1 x 1042 

k = (T exp (-234/7) + 8.4 x 
1040 exp (7230/7) + 2.68 
x 10 'lø exp (7810/7)) 
/(1.04 x 10 • T + 88.1 
exp (7460/7)) 

k = k76 k89 
/c = (1&76) 
ko = 1.5 x 10 '28 (T/300) 'ø'8 
k• = 8.8 x 1042 

ko = (3.5 x 10 '37 (T/300) 'ø'6) 
x[Ml 

k = 1.6 x 1043 exp (-300/7) 

k < 7.0 x 10 m 

k = 6.5 x 1043 exp (650/7) 

k = 1.1 x 1041 exp (-1100/7) 
ko = 2.0 x 10 '28 (T/300) '3'8 
k• = 5.0 x 10 '12 
k = 8.9 x 1042 

k = 1.4 x 1042 exp (-1900/7) 

k= 1.8 x 1041 exp (-1100/7) 

k = 6.0 x 1042 exp (250/7) 

k = 9.2 x 10 'l• exp (250/7) 
k = 0.02(8.1 x 1041) 
k = 0.08(8.1 x 10 'xi) 
k= 4.11 x 1048 
k = 2.38 x 1042 

k = 3.64 x 1042 

k = 5.95 x 1042 

k = 6.5 x 1042 exp (120/7) 
k = 1.0 x 104• 
k = user defined 

k = 3.0 x 1047 

k= (1.7 x 10 '33 exp (1000/7)) 
[M] (1 + 1.4 x 10m[H20] 
exp (2200/7) 

k = 2 x 10-6-1.07 x l0 '• 
k = 1 x l04• 

k = 2 x 10'L1.07 x l0 '• 
k = 2 x 10'6-1.07 x l0 '• 

k = 2.4 x l0 •2 exp (-7000/7) 

k = user defined 

k= 5.6 x l04• exp (230/7) 
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Table 2. (continued) 

Reaction Rate Coefficient 

(R120)a CH302 + NO2 +M > k0 = 1.5 x 10 © (T/300) '4'ø 
CH302NO2 k•o = 6.5 x 1042 (T/300) 'zø 

(R121)a CH302NO2 +N2 ko = 9.5 x 10 '5 exp(-9690/T) > 

CH302 NO2 k% = 1.1 x 10 •6 
exp (- 10,560/T) 

0.6 
b/c =/c0 + 

c k -- k 0 [M ] because k• is not available for this reaction. 
All rate constants are from NASA Evaluaaon 9 [1990] except: 

reactions (R72), (R81), (R82), (R83), and (R85), which are from 
Russell et. al. [1986], reaction (R89) which is from Hynes et al. [1986], 
reaction (R120) which is from Johnston et al. [1986], reactiota (R104)- 
(R107), (R109)-(Rlll), and (Rl14) which are from Thompson and 
Lenschow [1984], and reactions (R27), (R30), (R31), (R35), (R43) 
(R56), (R86), (RlI7), (Rl19), and (R121) whi& are updated from 
IUPAC Supplement IV [1992]. UniB for rme co•nB are • follows: 
unimolecular, s 4 and bimolecular and pseudo bimolecular. cm 3 
molecule 4 s 4. 

Table 4. Input Conditions for the Photochemical Model 
Calculations 

Parameter Value Source 

03, nmol mol 'l 9.3 

CO, nmol mol 4 60.0 

CH4, gmol mol 4 1.97 
H202, pmol mol 4 580 
NO•, pmol mol 4 3 

C2H4, pmol mol 4 200 

C2H6, pmol mol 4 800 

Temperature, K 301.5 

Total ozone column density, 
mmol m '2 118 

Relative humidity, % 72 

DMS flux, gmol m '2 d '1 16 
Boundary layer height, km 2.2 
Vertical entrainment velocity, 

cm s '1 

03 deposition velocity, cm s '1 

J. Johnson (personal. 
Communication, 1992) 

J. Johnson (personal. 
Communication, 1992) 

Bates et al. [ 1993] 
Thompson et al. [ 1993] 
D. Jaffe (personal. 

Communication, 992) Donahue and Prinn I 1993 ] 
and Atlas et al. [ 1993] 

Donahue and Prinn [ 1993] 
and Atlas et al. [ 1993] 

J. Johnson (personal. 
Communication, 1992) 

P. Newman (personal. 
Communication, 1992) 

J. Johnson (personal. 
Communication, 1992) 

Yvon et aL [this issue] 
estimated from radiosondes 

Yvon et al. [this issue] 
0.168 

0.053 Lenschow et al. [1982] 

the boundary layer height obtained from the radiosonde data, 2.2 
km. An O3 deposition velocity of 0.053 cm s 4 is assumed from 
Lenschow et al. [1982] 

The NOx concentration is estimated from previous 
measurements of NO made during SAGA 3 near 10øS, 145øW 
[Torres and Thompson, 1993], which had a mean value of 2.3 
pmol mol 4. NOx was calculated as 3 pmol mol 4 from the 
photostationary state assumption, using the 24-hour mean 
photolysis rate for NO2 and the observed mean 03 concentration 
of 8 nmol mol 4 [Thompson et al., 1993]. Measurements of NO 
were also made during this study, however the data yielded only 
an upper limit of 15 pmol mol 4 [D. Jaffe, personal 
communication, 1992]. In the model simulations discussed 
below, NO• is fixed throughout the model run but is distributed 

Table 3. Photolysis Rate Coefficients Calculated in the 
Model 

Reaction Rate Coefficient 

(RJ1) 03 + hv --> O(XD) J =dO3 
(RJ2) H202 + hv --> 2OH J =JH202 
(RJ3) HNO3 + hv --> OH + NO2 j =jHNO3 
(R J4) HO2NO2 + hv --> OH + NO3 j =jHO2NO2 
(RJ5) HNO2 + hv --> OH + NO j' =jHNO2 
(RJ6) CH3OOH + hv --> CH30 + OH j =jCH3OOH 
(RJ7) CH20 + hv --> HCO + H j =jCH20(a) 
(RJS) CH20 + hv --> CO + H2 J =jCH20(i,) 
(RJ9) NO2 + hv --> NO + O J =JNO2 
(RJ10) NO3 + hv --> NO2 + O J=JNO3(a) 
(RJ11) N205 + hv --> NO2 + NO3 J' =fiN•205 
(RJ12) C2H502H + hv --> OH + C2H50 .I =JC2H502H 
(RJ13) CH3CHO + hv --> CH3 + HCO J :jCH3CHO 
(RJ15) PAN (CH3CO3NO2) + hv --> .I =jPAN 

CH3CO3 + NO2 

(RJ16) NO3 + hv •> NO + 02 j =JNO3(/•) 

from Yvon and Saltzman, [1993] 

between the various reservoir species (NO, NO2, NO3, N205) 
kinetically. 

The total ozone colunto depth was obtained from the total 
ozone monitoring satellite (TOMS) (P. Newman, personal 
communication, 1992). The mean value for Julian days 63-71 at 
12øS, 135øW was 118 mmolm '2. As mentioned earlier, clear 
sky conditions are assumed tbr the determination of photolysis 
rate constants. 

Vertical entrainment of air into the marine boundary layer 
from the free troposphere is included in these model 
calculations. The vertical entrainment velocity is estimated from 
a mass balance of ozone in the marine boundary layer at the 
MAGE station. Photochemical destruction and surface losses of 

ozone exceed the in situ photochemical source in the boundary 
layer in this region of the Pacific [Johnson et al., 1990; 
Thompson et al., 1993]. We assume that the additional ozone 
needed to maintain the observed mean concentration (9.3 nmol 
tool 4) is provided via vertical entrainment and assume a free 
tropospheric 03 concentration of 30 nmol tool 4 [Routhier et al., 
1980; Carroll et al., 1990]. Using this approach results in an 
entrainment velocity which is a function of the model mixing 
depth. The entrainment velocity is 0.25 cm s 4 for a model 
mixing depth equal to the BLH of 2.2 krn. This calculated 
entrainment velocity is in good agreement with those suggested 
by Lenschow et al. [1988], which range from 0.1 to 0.5 cm s 4. 
For these model calculations the entrained air is assumed to 

contain no DMS [Andteac et al., 1988, Berresheim et al., 1990]. 
Model simulations. The photochemical model calculated a 

diel OH profile for the conditions observed at the MAGE station. 
The resulting midday maximum OH concentration for the 
M_AGE station is 3 x 106 molecules cm -3, and the 24-hour mean 
OH concentration is 7 x 105 molecules cm -3 (Figure 5). This 
value is lower than the mean OH concentration of 9 x 105 

molecules cm -3 calculated for SAGA 3 by Thompson et al. 
[1993] because the mean boundary layer ozone concentration 
measured during this cruise was at the low end of the ranges 
reported for SAGA 3. 
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Figure 5. Results from model calculations using the S-85 and 
the LM-86 relationships between wind speed and gas exchange. 
The BLH is fixed at 2.2 km. The solid circles represent the 
averaged atmospheric DMS data from the MAGE station 
adjusted for solar noon as shown in Figure 4. The OH curve is 
plotted along the fight-hand y axis and has a noontime 
maximum. 

The first two model runs examine the effect that the different 

fluxes (S-85 and LM-86) have on the calculated DMS 
concentrations (Figure 5). The LM-86 flux (9.7 pmol m '2 d 4) 
produces a mean atmospheric DMS mole fraction of 204 pmol 
mol 4, which is only 45% of the observed concentration. The 
LM-86 relationship appears to substantially underestimate the 
gas transfer velocity. The S-85 flux (18.4 pmol m '2 d 4) yields a 
mean atmospheric DMS mole fraction of 515 pmol mol 4 which 
is about 14% greater than the observed mole fraction. The tlux 
needed to produce a mean DMS mole fraction of 450 pmol mol 4 
is 16.0 pmol m '2 d '• (Figure 6). 

The diel profiles shown in Figure 6 illustrate that the model 
significantly underestimates the observed amplitude in the diel 
cycle in atmospheric DMS concentrations. This result implies 
that the photochemical oxidation rate of DMS is underestimated 
by the model. In order to carry out a simulation which achieves 
both the mean concentration and the observed amplitude we 
must increase the oxidation rate above the rate currently 
accepted in photochemical models, and balance this increased 
loss by either (1) increasing the sea-to-air flux or (2) decreasing 
the mixing depth assumed for the model. We carried out several 
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Figure 6. Results from model calculations assuming a 2.2 km 
BLH and a sea-to-air flux of 16.0 [tmol m '2 d 4. The solid circles 
represent the averaged atmospheric DMS data from the MAGE 
station adjusted for solar noon as shown in Figure 4. 
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Figure 7. Results from model calculations attempting to 
reproduce the observed DMS diel cycle: (a) results from model 
calculations assuming a 2.2-km BLH, a sea-to-air flux of 28.0 
pmol m '2 d 4, and a daytime oxidation rate twice that due to 
reaction with OH alone and (b) the results from a model run 
with the sea-to-air flux of DMS fixed at 16.0 pmol m '2 d 4, a 
BLH of 1.3 km, and a daytime oxidation rate twice that due to 
reaction with OH alone. The solid circles represent the averaged 
atmospheric DMS data from the MAGE station adjusted for 
solar noon as shown in Figure 4. 

simulations to explore the sensitivity of the result to these 
parameters. In the first set of simulations we kept the model 
mixing depth fixed at 2.2 km, while increasing both the sea-to- 
air flux and the daytime oxidation rate of DMS. The daytime 
oxidation rate must be increased by 100% over that due to 
reaction with OH alone and the sea-to-air flux increased to 28.0 

pmol m '2 d '• to approach the observed diel cycle (Figure 7a). 
In a second set of simulations we fixed the flux at 16.0 pmol 

m -2 d '• while lowering the model mixing depth and increasing 
the daytime oxidation rate. A lower limit for the model mixing 
depth is the height of the mixed layer, which is 0.6 km for this 
station, as discussed earlier. An upper limit is the height at the 
top of the cloud-containing layer, which has a mean of 2.2 km 
for this station. Mixing between the mixed layer and the cloud- 
containing layer does occur, but it is slower than that within the 
mixed layer itself. If it is sufficiently slow, a gradient in DMS 
concentrations would exist between the top of the mixed layer 
and the trade wind inversion. This scenario can be simulated 

with the box model by assuming a model mixing depth between 
the two limits. The most reasonable solution is obtained by 
maximizing the model mixing depth and minimizing the 
increase in daytime oxidation rate necessary for the model to 
produce a DMS diel profile similar to that observed. In this case 
the best solution requires a model mixing depth of 1.3 km and a 
100% increase in the daytime oxidation rate over that due to 
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reaction with OH alone to produce a diel cycle similar to that 
observed (Figure 7b). 

The observed amplitude in the DMS diel cycle can be 
approached only if either the sea-to-air flux is increased or the 
model mixing depth is lowered, and the daytime oxidation rate 
must be doubled in both cases. We suggest two possible 
explanations: (1) there is a diel cycle in vertical entrainment 
with a midday or late afternoon maximum, or (2) the rate of the 
photochemical oxidation of DMS is underestimated by current 
photochemical models. A recent modeling study has shown that 
temporal variability in vertical mixing is more likely to dampen 
the DMS diel profile than to accentuate it [Suhre and Rosset, 
1994]. There is some evidence from the diel profiles of 03 (J. 
Johnson, personal communication) and SO2 [Yvon and Saltzman, 
this issue] measured during this study that suggest a diel cycle in 
vertical entrainment with a nighttime maximum and a daytime 
minimum. Although there is no evidence from the radiosonde 
data to indicate the presence of a diel cycle in the vertical 
mixing, such a cycle could be used to explain the relatively 
constant levels of DMS observed between midnight and sunrise 
(Figure 4). However, this would also result in a dampening of 
the amplitude of the diel cycle in DMS. Thus the expected diel 
variation in vertical entrainment cannot explain the large 
amplitude of the DMS diel cycle. 

The fact that the photochemical model cannot simulate the 
observed amplitude of the diel cycle without a large increase in 
the oxidation rate of DMS implies one or more of the following 
possibilities: (1) the DMS + OH rate constant is underestimated, 
(2) the model-generated OH concentrations are too low, or (3) 
additional photochemical oxidants are present in the marine 
boundary layer which are not accounted for in current 
photochemical models. 

Hynes [1994] has noted that the rate constant for the reaction 
between DMS and OH may have been underestimated by up to 
20%. There are two pathways tbr the oxidation of DMS by OH: 
(1) H atom abstraction and (2) OH addition. In the OH addition 
pathway, OH reversibly forms an adduct with DMS. The short- 
lived adduct can decompose back to reactants or react with 02. 
Therefore the effective rate coefficient is dependent on the 
partial pressure of 02. It has been proposed that the products of 
the reaction between the adduct and 02 include dimethylsulfone 
(DMSO2) and OH [Barnes et al., 1988; Hynes, 1994]. The 
techniques used to directly determined the reaction rate constant 
tbr DMS + OH involve monitoring the psuedo-first-order decay 
of OH in the presence of excess DMS. Any regeneration of OH 
during the experiment would cause a reduction in the rate of 
decay of OH, resulting in a lower estimate for the Ibrward rate of 
DMS + OH adduct Ibrmation. This is not a limitation in studies 

where the rate constant is determined by using a competitive rate 
technique. Barnes et al. [1988] have determined a rate constant 
for DMS + OH of 8.0 x 10 -12 cm 3 molecule -1 s 4 at 298 K, using a 
competitive rate technique. This is 25% larger than the accepted 
value of 6.3 x 10 q2 cm 3 molecule -1 s -• at 298 K as determined 
from Hynes et al. [1986] on the basis of direct measurements. 
This discrepancy could be explained if OH regeneration were 
significant. However, if this hypothesis is true, the daytime 
oxidation rate would increase by only 25%, and we have shown 
in this study that the daytime oxidation rate must be increased 
by-100% in order to account for the observed diel cycle. 

Thompson and Stewart [1991] assessed the uncertainty in 
model OH calculations, using a Monte Carlo technique. Those 
workers concluded that the quoted uncertainties in the rate 
constants used in photochemical calculations gives rise to an 
uncertainty of +25% (lc 9. This uncertainty alone is not 

sufficient to explain the discrepancy between the DMS oxidation 
rates generated by the model and those needed to simulate the 
DMS diel amplitude. Of course, clean marine air OH 
calculations remain essentially unverified by experimental 
measurements, and there may be additional sources of 
uncertainty in the reaction scheme which are not known. 

Keene et al. [1990] suggested that reactive chlorine liberated 
from sea-salt aerosols may photolyze to generate C1 atoms in 
marine air. They suggested that if the process occurs, it could 
have a substantial impact on the oxidation rate of DMS in 
marine air, as the reaction between C1 and DMS is known to be 
extremely fast [Stickel et al., 1992]. However, the evidence for 
the presence of C1 atoms in marine air is indirect, derived from 
estimates of chloride loss from aerosols and from mist chamber 

collection of an unknown gaseous chlorine-containing species in 
coastal air [Pszenny et al., 1993]. If the precursor for C1 atoms 
is C12, as suggested by Keene et al. [1990], the production of C1 
atoms would have a significantly dif/brent diel profile from that 
of OH, with the maximum occurring just after sunrise. 
Theretbre we would expect to see the daytime minimum shifted 
earlier in the day, rather than in the late afternoon as predicted 
from OH-only chemistry. The data do not preclude oxidation of 
DMS via chlorine atoms or other, as yet unidentified, oxidants. 
However, the observed DMS diel profile requires that any 
additional oxidants must have a diel profile similar to that of 
OH. 

Summary and Conclusions 

Measurements of seawater and atmospheric DMS were made 
during an IGAC/MAGE cruise aboard the R/V John V. Vickers 
in the Tropical South Pacific Ocean in February and March of 
1992. The data presented here were obtained at a station at 
12øS, 135øW, which was occupied from March 3 to 10, 1992. In 
this study we presented measurements of the diel variability in 
DMS in the equatorial Pacific tropical trade wind regime and 
attempted to reconcile the measurements with photochemical 
model calculations. 

The major conclusions of this study are as follows 
1. The observed mean seawater concentration of 4.13 nM is 

higher than the 2.4 nM levels expected for tropical oligotrophic 
waters [Andteac, 1990]. The seawater DMS data exhibit a small 
diel cycle, while the atmospheric DMS data show a pronounced 
did cycle with a mean mole fraction of 453 pmol tool '1 and an 
amplitude of 85 pmol mol -•. 

2. The observed relationship between the mean oceanic and 
atmospheric DMS levels requires the use of an air-sea exchange 
coefficient which is at the upper limit end of the range of 
commonly used parameterizations. This study supports the gas 
transtbr velocity versus wind speed parameterization based on 
222Rn deficit [Smethie et al., 1985], but is not consistent with the 
Liss and M;erlivat [1986] relationship or the dual tracer results 
of Watson et al. [1991 ]. 

3. The amplitude of the diel cycle in atmospheric DMS is 
significantly larger than that predicted by a photochemical 
model. The most straightforward way to reconcile the model 
with the observations is to (1) decrease the effective mixing 
height from the top of the cloud-containing layer (2.2 km) to an 
intermediate height (1.3 kin) closer to the top of the mixed layer 
and (2) double the photochemical oxidation rate of DMS. This 
increase in the photochemical oxidation rate of DMS is greater 
than conventional estimates of the uncertainty in model 
estimates of OH and in the rate constant of the OH + DMS 
reaction. It does not appear likely that dynamical effbcts such as 
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diel variations in the vertical entrainment rate can account for 

the large diel cycle of DMS. 
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