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Abstract
Numerical Investigations of the Fluid Flows at Deep Oceanic and Arctic

Permafrost-Associated Gas Hydrate Deposits

by

Jennifer Mary Frederick

Doctor of Philosphy in Earth and Planetary Science

Designated Emphasis in Computational Science and Engineering

University of California, Berkeley

Professor Bruce Buffett, Chair

Methane hydrate is an ice-like solid which sequesters large quantities of methane gas
within its crystal structure. The source of methane is typically derived from organic matter
broken down by thermogenic or biogenic activity. Methane hydrate (or more simply, hy-
drate) is found around the globe within marine sediments along most continental margins
where thermodynamic conditions and methane gas (in excess of local solubility) permit its
formation. Hydrate deposits are quite possibly the largest reservoir of fossil fuel on Earth,
however, their formation and evolution in response to changing thermodynamic conditions,
such as global warming, are poorly understood.

Upward fluid flow (relative to the seafloor) is thought to be important for the formation
of methane hydrate deposits, which are typically found beneath topographic features on the
seafloor. However, one-dimensional models predict downward flow relative to the seafloor
in compacting marine sediments. The presence of upward flow in a passive margin setting
can be explained by fluid focusing beneath topography when sediments have anisotropic
permeability due to sediment bedding layers. Even small slopes (10◦) in bedding planes
produce upward fluid velocity, with focusing becoming more effective as slopes increase.
Additionally, focusing causes high excess pore pressure to develop below topographic highs,
promoting high-angle fracturing at the ridge axis. Magnitudes of upward pore fluid velocity
are much larger in fractured zones, particularly when the surrounding sediment matrix is
anisotropic in permeability. Enhanced flow of methane-bearing fluids from depth provides a
simple explanation for preferential accumulation of hydrate under topographic highs.

Models of fluid flow at large hydrate provinces can be constrained by measurements of
naturally-occurring radioactive tracers. Concentrations of cosmogenic iodine, 129I, in the
pore fluid of marine sediments often indicate that the pore fluid is much older than the
host sediment. Old pore fluid age may reflect complex flow patterns, such a fluid focusing,
which can cause significant lateral migration as well as regions where downward flow reverses
direction and returns toward the seafloor. Longer pathlines can produce pore fluid ages much
older than that expected with a one-dimensional compaction model. For steady-state models
with geometry representative of Blake Ridge (USA), a well-studied hydrate province, pore
fluid ages beneath regions of topography and within fractured zones can be up to 70 Ma
old. Results suggest that the measurements of 129I/127I reflect a mixture of new and old
pore fluid. However, old pore fluid need not originate at great depths. Methane within pore
fluids can travel laterally several kilometers, implying an extensive source region around the
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deposit. Iodine age measurements support the existence of fluid focusing beneath regions of
seafloor topography at Blake Ridge, and suggest that the methane source at Blake Ridge is
likely shallow.

The response of methane hydrate reservoirs to warming is poorly understood. The great
depths may protect deep oceanic hydrates from climate change for the time being because
transfer of heat by conduction is slow, but warming will eventually be felt albeit in the far
future. On the other hand, unique permafrost-associated methane hydrate deposits exist at
shallow depths within the sediments of the circum-Arctic continental shelves. Arctic hydrates
are thought to be a relict of cold glacial periods, aggrading when sea levels are much lower
and shelf sediments are exposed to freezing air temperatures. During interglacial periods,
rising sea levels flood the shelf, bringing dramatic warming to the permafrost- and hydrate-
bearing sediments. Permafrost-associated methane hydrate deposits have been responding to
warming since the last glacial maximum ∼18 kaBP as a consequence of these natural glacial
cycles. This ‘experiment,’ set into motion by nature itself, allows us a unique opportunity
to study the response of methane hydrate deposits to warming.

Gas hydrate stability in the Arctic and the permeability of the shelf sediments to gas
migration is thought to be closely linked with relict submarine permafrost. Submarine per-
mafrost extent depends on several environmental factors, such as the shelf lithology, sea
level variations, mean annual air temperature, ocean bottom water temperature, geothermal
heat flux, groundwater hydrology, and the salinity of the pore water. Effects of submarine
groundwater discharge, which introduces fresh terrestrial groundwater off-shore, can freshen
deep marine sediments and is an important control on the freezing point depression of ice
and methane hydrate. While several thermal modeling studies suggest the permafrost layer
should still be largely intact near-shore, many recent field studies have reported elevated
methane levels in Arctic coastal waters. The permafrost layer is thought to create an im-
permeable barrier to fluid and gas flow, however, talik formation (unfrozen regions within
otherwise continuous permafrost) below paleo-river channels can create permeable pathways
for gas migration from depth. This is the first study of its kind to make predictions of
the methane gas flux to the water column from the Arctic shelf sediments using a 2D multi-
phase fluid flow model. Model results show that the dissociation of methane hydrate deposits
through taliks can supersaturate the overlying water column at present-day relative to equi-
librium with the atmosphere when taliks are large (> 1 km width) or hydrate saturation
is high within hydrate layers (> 50% pore volume). Supersaturated waters likely drive a
net flux of methane into the atmosphere, a potent greenhouse gas. Effects of anthropogenic
global warming will certainly increase gas venting rates if ocean bottom water temperatures
increase, but likely won’t have immediately observable impacts due to the long response
times.
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Chapter 1

Introduction

Fluid motions arise in all aspects of the natural world and across all timescales. This disser-
tation is a summary of several projects which investigate the large-scale fluid flows associated
with methane hydrate reservoirs in the natural environment. The goal of this work has been
to advance our understanding of how fluid flows control the evolution of large deep oceanic
methane hydrate reservoirs, and how we can use measurements and other ‘observable fea-
tures’ to indirectly assess the current state of relict submarine permafrost and methane
hydrate deposits in the Arctic. The scientific contributions in this dissertation have been
made through the use of computational tools and the development of several numerical
models.

1.1 A Primer on Methane Hydrates

Methane hydrate is a mixture of water and methane gas which crystalizes into an icy solid
where thermodynamic conditions permit its formation. At the molecular level, methane
hydrate consists of methane gas molecules surrounded by a cage of water molecules (see
Figure 1.1). The water cage along with the methane gas inside is similar in structure to
water ice, and shares many similar physical properties with ice. However, unlike ice, methane
hydrate can be lit on fire and sustains a flame until all of the methane within it is consumed
(see Figure 1.1). Methane hydrate was first observed on Earth in an industrial setting, where
it often clogged natural gas pipelines in cold weather. Natural methane hydrates were only
recently discovered, found ‘on accident’ within marine sediments as a result of extensive
off-shore oil and gas drilling in the 1960s. Since then, scientists now know that methane
hydrate (or simply, hydrate) accumulates in vast reservoirs within deep marine sediments
(> 1 km water depth), beneath extremely deep and cold lakes (e.g., Lake Baikal in Siberian
Russia), and in the Arctic where deposits are associated with thick layers of continuous
permafrost. Hydrate can accumulate diffusely within the sediment pore space (e.g., pore-
filling), or in massive localized chunks and veins which are perhaps filled fracture spaces. A
methane hydrate stability zone, where pressure and temperature within marine sediments
permit hydrate formation, exists beneath most of the seafloor. However, only sediments with
an adequate methane supply can actually form hydrate. The methane gas required to form
hydrate is typically derived from terrestrial organic matter which has been broken down by
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Figure 1.1: Methane
hydrate consists of
methane gas molecules
surrounded by a cage
of water molecules. It
can be lit on fire and
sustains a flame until all
of the methane within
it is consumed. Figure
source: left NASA, right
USGS.

either thermogenic (deep) or biogenic (shallow) activity. Therefore, most hydrate deposits
are limited to deep continental margins, forming within the top kilometer of the sediments.
Figure 1.2 shows the locations of known methane hydrate deposits around the world.

Hydrate formation in the natural environment is not well understood, but fluid flows are
thought to play a large role because of the enhancement of methane transport. Hydrate can
only form when methane concentration within the sediment pore fluid is in excess of its local
solubility. Because methane solubility in seawater increases with depth, downward fluid flow
does not favor hydrate formation. Alternatively, upward fluid flow aids hydrate formation
because methane carried by the pore fluid moves towards its solubility limit as it ascends,
and can become supersaturated with no additional source of methane.

Methane hydrates are significant today because of their capacity to sequester large vol-
umes of natural gas within its chemical structure. At standard temperature and pressure
conditions (STP), one liter of methane hydrate can release roughly 168 liters of methane
gas! It has been estimated that hydrates store more carbon within marine sediments than
all of the world’s oil, coal, and conventional natural gas reservoirs known today [Kvenvolden
, 1988]. Hydrates represent an enormous reserve of fossil fuel energy, but attempts to extract
the natural gas they store on a commercial level have so far proved uneconomical. Inter-
estingly, the method used to extract the methane is to first inject carbon dioxide into the
hydrate bearing formation. Because the hydrate molecular structure has a higher affinity for
carbon dioxide gas molecules than methane, the methane is chemically replaced, freeing it
and allowing it to be produced to the surface. As a result, hydrate bearing sediments have
also been a target for carbon capture and storage projects.

Methane hydrate is stable only within a relatively narrow temperature and pressure range
which is not constant in time and space. High pressures tend to stabilize its chemical struc-
ture, but high pressure is not necessary if the temperature is very cold. Like ice, hydrate’s
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Figure 1.2: A map
of the world’s known
methane hydrate de-
posits compiled by
the USGS. Hydrate
is most often located
along continental
margins where an
adequate amount of
methane is available
and thermodynamic
conditions permit its
formation.

melting temperature also depends on dissolved salts, an important consideration given the
marine environment. Methane hydrate reservoirs are constantly responding to Earth’s evolv-
ing climate, a major factor controlling the temperature and pressure field beneath the sea
floor. As air and ocean temperatures increase due to global warming, heat transferred from
the surface to depth will eventually be felt by hydrate deposits. The large-scale dissociation
of methane hydrate reservoirs as they melt may in turn have a catastrophic feedback on the
Earth’s climate. Because methane is a potent greenhouse gas, the large volumes of methane
sequestered in hydrate reservoirs may accelerate global warming once a sufficient amount of
gas is released to the atmosphere. The climate feedback will depend on the rate of dissoci-
ation, and how the methane gas ultimately becomes oxidized (i.e., in the atmosphere or in
the ocean water column).

The response of methane hydrate reservoirs to warming is poorly understood. Transfer of
heat by conduction through marine sediments is extremely slow, and may take thousands of
years to reach deep oceanic hydrate deposits which typically lie beneath ∼2 km water depth.
Methane gas vented to the seafloor may never reach the atmosphere, instead becoming
oxidized within the ocean water column where its effect on climate may be rather limited.
On the other hand, permafrost-associated hydrate deposits found in the Arctic reside much
closer to the Earth’s surface, as shallow as ∼200 m sediment depth and submerged by water
depths on the order of only 10 m. The Arctic climate is projected to warm more extremely
than the rest of the Earth due to anthropogenic global warming. Moreover, the shallow and
cold Arctic waters limit bubble dissolution and oxidation, allowing methane to escape more
easily from the shelf sediments directly to the atmosphere. Although permafrost-associated
gas hydrate deposits likely make up only a small fraction of the global hydrate inventory, it
is their susceptibility to climate change which has shifted a disproportionate amount of the
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scientific community’s attention to them.
The unique permafrost-associated methane hydrate deposits which exist at shallow depths

within the sediments of the circum-Arctic continental shelves are thought to be a relict of
cold glacial periods, accumulating when sea levels are much lower and shelf sediments are
exposed to freezing air temperatures. During interglacial periods, rising sea levels flood
the shelf, bringing dramatic warming to the permafrost- and hydrate-bearing sediments.
Permafrost-associated methane hydrate deposits have been responding to warming since the
last glacial maximum ∼18 kaBP as a consequence of these natural glacial cycles. This ‘ex-
periment,’ set into motion by nature itself, allows us an unique opportunity to study the
response of methane hydrate deposits to warming.

For the first time, we have the power to decide the fate of our planet and ourselves.
- Carl Sagan

We are now beginning to understand how much of an impact our present and future
choices have on the fate of our planet, while at the same time, realizing how insignificant our
species is from a cosmic perspective. Understanding the role of methane hydrates in Earth’s
story has never been more important and relevant than today. Through science, we are slowly
uncovering the true impact we humans have on the environment because of our past choices.
We are also discovering how difficult it will be to undo what we have already set in motion
with respect to greenhouse gas emissions and other forms of pollution. How we deal with
methane hydrates, quite possibly the largest reservoir of fossil fuel on Earth, is no exception.
Advancing our knowledge will no doubt allow us to make better energy choices. Will we
eventually be successful in exploiting this natural gas resource, just in time to satisfy our
ever-increasing demand for fossil fuel energy, extracting one greenhouse gas (methane) while
sequestering another (carbon dioxide)? Will the large-scale dissociation of hydrate reservoirs,
perhaps caused by our own actions, catastrophically change the Earth as we know it, to the
point it is no longer habitable? Or will the degradation of hydrate reservoirs be more diffusive
and occur over long enough time scales that we can find justification to ‘ignore’ it? Ironically,
by extracting the energy methane hydrate deposits contain while continuing to burn fossil
fuels in unclean way, we may ultimately destroy them. Addressing these questions has never
been more pressing than today. Studying methane hydrate reservoirs and gaining a better
understanding of how they evolve in response to climate forcing will allow us to better judge
their contribution to the global methane budget, and allow us to gain perspective on the
anthropogenic impact we have already set in motion.

1.2 Chapter Summaries and Contributions

This dissertation advances the understanding of deep oceanic and Arctic permafrost associ-
ated methane hydrates through the use of numerical modeling and methods developed in the
field of scientific computing. The following is a chapter-by-chapter summary, where I have
highlighted how each project has contributed new knowledge to the scientific community.

Chapter Two explores the fluid flows within compacting marine sediments along con-
tinental margins where large methane hydrate deposits are found. Hydrate deposits are
often found beneath regions of seafloor topography, even in passive margin settings. Upward
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fluid flow is often invoked to explain the occurrence of methane hydrate in ocean sediments,
whereas one-dimensional compaction models predict downward flow relative to the seafloor.
Explaining the presence of upward flow requires a compaction model which captures more of
the physical environment. This chapter describes a two-dimensional model of compaction-
driven flow developed to quantify the focusing of pore fluids by topography and fractures
when sediments have anisotropic permeability. A bulk anisotropic permeability is used to
capture the effects of lithologic layering when the grid spacing is too coarse to resolve in-
dividual layers. Even small slopes (10◦) in bedding planes produce upward fluid velocity,
with focusing becoming more effective as slopes increase. Additionally, focusing causes high
excess pore pressure to develop below topographic highs, promoting high-angle fracturing at
the ridge axis. Magnitudes of upward pore fluid velocity are much larger in fractured zones,
particularly when the surrounding sediment matrix is anisotropic in permeability. Upward
flow can carry methane towards its solubility limit because methane solubility increases with
depth. Enhanced flow of methane-bearing fluids from depth provides a simple explanation
for preferential accumulation of hydrate under topographic highs.

Chapter Three investigates how fluid focusing within compacting marine sediments
affects the pore fluid age, which has been measured at several methane hydrate provinces
using naturally-occurring radioactive tracers. Concentrations of cosmogenic iodine, 129I, in
the pore fluid of marine sediments often indicate that the pore fluid is much older than the
host sediment, even when vertical flow due to sediment compaction is taken into account.
Old pore fluid has been used in previous studies to argue for pervasive upward fluid flow and
a deep methane source for hydrate deposits. Alternatively, old pore fluid age may reflect
more complex flow patterns, such a fluid focusing. This chapter describes a two-dimensional
numerical transport model that accounts for the effects of topography and fractures on
pore fluid pathlines when sediment permeability is anisotropic, and is an extension of the
model presented in the previous chapter. Model results show that fluid focusing can cause
significant lateral migration as well as regions where downward flow reverses direction and
returns toward the seafloor. Longer pathlines can produce pore fluid ages much older than
that expected with a one-dimensional compaction model. For steady-state models with
geometry representative of Blake Ridge (USA), a well-studied hydrate province, pore fluid
ages beneath regions of topography and within fractured zones can be up to 70 million years
old. Results suggest that the measurements of 129I/127I reflect a mixture of new and old
pore fluid. However, old pore fluid need not originate at great depths. Methane within pore
fluids can travel laterally several kilometers, implying an extensive source region around the
deposit. This study shows that the iodine age measurements support the existence of fluid
focusing beneath regions of seafloor topography at Blake Ridge. Additionally, model results
show that the source of methane at Blake Ridge is likely shallow, and is probably not carried
predominantly by fracture flow.

Chapter Four delves into the Arctic environment, where glacial cycles periodically ex-
pose and flood the continental shelf sediments. Exposure of the shelf forms a thick layer of
permafrost as sea levels drop, and can be thought of a seaward extension of the terrestrial
permafrost layer. Sub-freezing temperatures permit the formation of methane hydrate de-
posits within and below the permafrost layer. During interglacials, rising sea levels flood
the shelf, bringing dramatic warming to the permafrost and gas hydrate bearing sediments.
Degradation of this shallow-water reservoir has the potential to release large quantities of
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methane gas directly to the atmosphere. The permafrost layer is thought to create an im-
permeable barrier to fluid and gas flow, however, talik formation (unfrozen regions within
otherwise continuous permafrost) below paleo-river channels can create permeable pathways
for gas migration from depth. The work in this chapter is motivated by several recent field
studies which report elevated methane levels in Arctic coastal waters, where thermal model-
ing studies suggest submarine permafrost should still be largely intact. This chapter explores
the role of taliks as a pathway for methane gas escape due to decomposing relict permafrost-
associated methane hydrate deposits, and is the first study of its kind to make predictions of
the methane gas flux to the water column using a 2D multi-phase fluid flow model. Model
results show that the dissociation of methane hydrate deposits through taliks can supersat-
urate the overlying water column at present-day relative to equilibrium with the atmosphere
when taliks are large (> 1 km width) or hydrate saturation is high within hydrate layers
(> 50% pore volume). Supersaturated waters likely drive a net flux of methane into the at-
mosphere, a potent greenhouse gas. The current venting rates predicted by the model, and
likely those of the observations, are due solely to the effects of natural climate change (e.g.,
sea level and air temperature variations caused by natural glacial cycles), as anthropogenic
effects have not been included in this model. Effects of anthropogenic global warming will
certainly increase gas venting rates if ocean bottom water temperatures increase, but likely
won’t have immediately observable impacts due to the long response times. Our model re-
sults support the idea that permafrost taliks formed by paleo-river channels can facilitate
the release of large quantities of methane gas derived from degrading Arctic gas hydrates at
levels similar to those reported in the field.

Chapter Five numerically investigates the response of submarine permafrost and per-
mafrost associated methane hydrate deposits to warming on a shelf-scale. This project ad-
dresses the need to better understand the present-day extent of relict submarine permafrost
and the associated methane hydrate deposits at the North American Beaufort Sea. Gas
hydrate stability and the permeability of the shelf sediments to gas migration is thought to
be closely linked with relict submarine permafrost. Submarine permafrost extent depends
on several environmental factors, such as the shelf lithology, sea level variations, mean an-
nual air temperature, ocean bottom water temperature, geothermal heat flux, groundwater
hydrology, and the salinity of the pore water. Effects of submarine groundwater discharge,
which introduces fresh terrestrial groundwater off-shore, can freshen deep marine sediments
and is an important control on the freezing point depression of ice and methane hydrate. A
freshwater-saltwater interface is located∼55 km off-shore by the present day and significantly
effects submarine permafrost evolution and gas hydrate stability. Ocean transgression since
the last glacial maximum has degraded much of the relict submarine permafrost and gas
hydrate deposits seaward of the brackish interface, but permafrost within fresh marine sed-
iments remains largely intact. Present-day relict permafrost and hydrate deposits (assumed
to occupy 2.5% pore volume) extend no further than ∼50 km off-shore. Widespread methane
gas venting is predicted due to hydrate dissociation between 49-71 km off-shore (where per-
mafrost degradation is significant due to saline pore water) at an average present-day flux of
10 kg yr−1 up to a maximum of 60 kg yr−1 at the sediment surface. While methane derived
from other sources (deep thermogenic or biogenic activity) are likely contributing to the
observations of elevated greenhouse gas levels in the shallow Arctic waters, results suggest
that dissociation of even a conservative amount of gas hydrates can explain observations of
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gas venting at the sediment surface. A goal of this study is to highlight several ‘observable
features’ which are indicative of permafrost degradation or gas hydrate dissociation. Such
features can be used by scientists in future Arctic expeditions to assess the current state of
relict permafrost-associated gas hydrate deposits.

Chapter Six describes the methodology of how the system of equations generated in
the numerical models within this dissertation are solved. The goal of this project was to
understand how certain iterative methods work to solve large sparse linear sets of equations
(i.e., Ax = b), which arise from the discretization of partial differential equations. When
modeling natural physics systems, it is not uncommon for the matrix A to have diagonal
components which vary widely in magnitude as a result of large spatial permeability contrasts
(e.g., flow through permafrost vs loosely consolidated marine sediments) and fluid density
variations (e.g., sediment pore fluid vs methane gas), for example. The resulting matrix
becomes ill-conditioned (i.e., matrix A has a large condition number) and difficult to solve
without large numerical errors. This chapter explores the concept of preconditioners, which
are often necessary for any iterative method to converge to a solution within a reasonable
amount of iterations. The choice of iterative method and preconditioner is problem specific.
This chapter describes the methodology used to choose the iterative method and precondi-
tioner pair which resulted in the best performance for the solution of the partial differential
equations in the numerical model. The work in this chapter was a practical extension of
the material learned from the coursework required to complete a designated emphasis in the
Computational Science and Engineering program.

Chapter Seven provides a list of the major conclusions drawn from the studies in this
dissertation, with some concluding remarks to close.
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Chapter 2

Topography- and Fracture-driven
Fluid Focusing in Layered Ocean
Sediments

Frederick, J. M. and B. A. Buffett (2011), Topography- and fracture-driven fluid focusing in
layered ocean sediments, Geophysical Research Letters, 38, L08614, doi:10.1029/2010GL046027.

2.1 Background

Methane hydrate, a frozen mixture of water ice and methane gas, has been found within
ocean sediments along continental margins. Its formation is controlled by many factors,
such as thermodynamic conditions and the availability of methane gas. Most of the methane
is produced by biogenic conversion of organic matter present in the sediments [Kvenvolden,
1998]. Many studies have invoked upward fluid flow to explain the observed abundance of
hydrate [Hyndman & Davis , 1992; Xu & Ruppel , 1999; Egeberg & Dickens , 1999; Ruppel
& Kinoshita, 2000; Pecher et al., 2001; Davie & Buffett , 2003]. Moreover, the occurrence
of hydrate appears to be correlated with the lithology, implying an influence of physical
properties such as the grain size [Malinverno, 2010] or permeability [Weinberger et al., 2005;
Tréhu et al., 2006; Torres et al., 2008] on hydrate formation. There is also evidence that
many deposits seem to preferentially accumulate beneath topographic highs [Fink & Spence,
1999; Paull et al., 2000]. Based on these observations, pore fluid focusing due to topography
or high-angle fractures have been proposed as ways to supply additional methane into the
hydrate stability zone [Pecher et al., 2001; Weinberger & Brown, 2006; Cook et al., 2008].
The goal of this study is to quantitatively assess the feasibility of these mechanisms.

2.2 Compaction-Driven Fluid Flow

When sediments settle onto the ocean floor with a sedimentation rate Ṡ, fluid is trapped
between the particles. As the sediments become compacted due to the weight of overlying
layers, the porosity φ is reduced, causing some of the trapped pore fluid to be expelled, much
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Figure 2.1: A. Averaged fluid fluxes relative to the seafloor through fractured zones which
span a range of the percentage of the seafloor area. Fractured zones extend 1km into the
sediment column. Fractured zones occupying smaller percentages of seafloor area produce
larger upward fluid flux. B. Sediment permeability as given by a modified form of the
Kozeny-Carman relation which takes into account a percolation porosity, φc.

like squeezing a sponge saturated with water. The porosity profile with depth (y increasing)
is often described empirically by Athy’s Law [Athy , 1930] as

φ(y) = φ(0)e−y/L (2.1)

where φ(0) is the sediment porosity at the seafloor and L is the characteristic length scale
for compaction. Sediment permeability often depends on porosity, and can be described
by a modified Kozeny-Carman relation [Carman, 1961; Mavko & Nur , 1997]. Figure 2.1B
shows the modified form of the Kozeny-Carman relationship used and the resulting sediment
permeability profile with depth. The percolation porosity φc is the fraction of porosity which
is disconnected and does not contribute to flow through a porous media. The value of φc
typically ranges from 0 to 0.05. Ko and φo are the sediment permeability and porosity at
the seafloor, respectively.

The equations that describe compaction-driven flow are derived from conservation prin-
ciples for both the sediments and water. With the assumption that the fluid and solid are
incompressible, and that the porosity profile with depth is steady relative to the seafloor,
the equations simplify to

∇ · (vs(1− φ)) = 0 (2.2)

∇ · (vfφ) = 0 (2.3)

where vs and vf are the sediment and fluid interstitial velocity, respectively. Eqs. (2.2) and
(2.3) can be integrated for vs and vf in a reference frame fixed to the seafloor, assuming that
the velocities are only a function of depth, and that vs = vf at a depth D where the fluid is
immobile. D is approximated by the sediment thickness above the basement oceanic crust
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at Blake Ridge, roughly 4 km [Tucholke et al., 1982]. The one-dimensional solution is

vs(y) =
Ṡ(1− φ(0))

1− φ(y)
(2.4)

vf (y) =
vs(D)φ(D)

φ(y)
(2.5)

Both the sediment and fluid velocity are positive, meaning the direction of flow is down-
ward relative to the seafloor. This flow carries dissolved methane downwards through the
hydrate stability zone. Because the methane solubility increases with depth in the stability
zone [Davie et al., 2004; Sun & Duan, 2007], the fluid becomes increasingly under-saturated
in methane. This would inhibit formation or lead to dissolution of hydrate (if present)
without additional sources of methane (e.g. biogenic production). Conversely, upward flow
promotes hydrate formation by supplying methane from below the stability zone.

2.3 Anisotropy in Darcy’s Law

Anisotropy in sediment permeability can arise in many ways. A typical cause is due to
variations in lithology. Distinct sedimentary layers with different permeability can produce
a strong anisotropy in the bulk permeability. Often, bulk permeability along the bedding
layers (Kh) is 100 or 1000 times larger than across the bedding layers (Kv) [Phillips , 1991].
The presence of fractures can also introduce anisotropy by enhancing the permeability in
the direction of fracture. When fluid is expelled from the sediment pore space into the
surroundings due to compaction, the fluid flux qc, or transport velocity, is described by
Darcy’s Law,

qc ≡ φ(vf − vs) =
−K

µ
· ∇P ∗ (2.6)

which is valid for incompressible and laminar flow through a porous media. Bulk sediment
permeability is described by K which is a tensor when permeability is anisotropic. The
gradient in excess (or non-hydrostatic) pore pressure ∇P ∗ due to sediment loading drives
the flow of fluid with a viscosity µ. Rearranging (3.5) for the velocity of the pore fluid relative
to the seafloor gives vf = qc/φ+vs. The direction of vf depends on the competition between
the upward fluid flux, qc, and the downward movement of sediments, vs. Many mechanisms
can cause qc/φ to locally exceed vs. Some examples include the dehydration reactions of clays
[Colten-Bradley , 1987], a decreasing sedimentation rate in time [Hyndman & Davis , 1992],
or an increase in pore pressure at the base of the stability zone due to hydrate dissociation
during burial [Xu & Germanovich, 2006]. Upward migration of free gas due to buoyancy may
also increase methane flux [Liu & Flemings , 2007]. In this study, we investigate topography-
and fracture-driven pore fluid focusing as mechanisms to cause upward velocity. If sediment
layers are sloped due to topography, a preferential flux qc along the bedding layers may focus
fluid into topographic highs. Furthermore, the topography itself may promote fractures
[Rowe & Gettrust , 1993], creating enhanced permeability pathways towards the seafloor. If
either of these two mechanisms cause qc/φ to locally exceed vs, upward flow relative to the
seafloor is possible.
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Table 2.1: Model Parameters Used

Symbol Parameter Value Units Reference
φ(0) seafloor porosity 0.71 Paull et al. [2000]
φc percolation porosity 0.02 Mavko & Nur [1997]
L e-folding depth of porosity 2000 m Davie & Buffett [2001]
D base of sediments 4000 m Tucholke et al. [1982]

Ṡ sedimentation rate 0.16 mm yr−1 Paull et al. [2000]
Kv(0) seafloor permeability 10−17 m2 Spinelli et al. [2004]

2.4 The Numerical Model

To characterize the conditions for upward fluid flow, we apply a numerical model based on
the finite volume method for the excess pore pressure distribution. Blake Ridge, a well-
studied gas hydrate province along the east coast of North America, motivates our choice of
physical parameters (see Table 4.1).

A no-flux boundary condition is enforced at depth D, while the excess pore pressure at
the seafloor (z=0) is set to zero. The excess pore pressure is governed by

∇ ·
{
−K

µ
· ∇P ∗

}
−∇ · {φ(vf − vs)} = 0 (2.7)

which is obtained from the divergence of (3.5). The second term in (2.7) represents the
source of compaction flux, which can be written entirely in terms of vs using (2.2) and (2.3)
as

∇ ·
{
−K

µ
· ∇P ∗

}
−∇ · vs = 0 (2.8)

The sediment velocity is expressed in terms of the observed porosity using (3.3). The solution
for P∗ is then used to calculate qc from (3.5), and the pore fluid velocity relative to the seafloor
is obtained from the expression vf = qc/φ + vs. An average sedimentation rate of 0.16 mm
yr−1 from Blake Ridge is assumed for all cases [Paull et al., 2000]. We do not allow for
feedback on the porosity profile with depth due to pore pressure changes.

Anisotropy in the sediment permeability is described with a ratio of horizontal to vertical
permeability Kh/Kv. The permeability along a fractured zone is similarily described by
the ratio Kf

v/Kv. Topography in the sediments is modeled as a cosine wave with height
h(x) = h̃coskx and wave number k. The slope of the sediment layers follow the topography
at all depths. Therefore, the local angle of the bedding planes,

θ =
dh

dx
= −kh̃ sin kx (2.9)

is used to rotate the permeability tensor K from the frame of the bedding planes into the
frame of the computations. The resulting off-diagonal terms in K couple the horizontal and
vertical components of flow.
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Figure 2.2: (A) Excess pore pres-
sure profile for bedding planes
(dashed curves) with a maxi-
mum slope of 20◦ and a sediment
permeability ratio Kh/Kv = 100.
Only the uppermost 2 km of the
model is shown, where z=0 rep-
resents the seafloor. The base of
the hydrate stability zone (solid
line) is assigned a nominal depth
of 500 mbsf. (B) Vertical compo-
nent of interstitial pore fluid ve-
locity relative to the seafloor at
a depth of 500 mbsf. The max-
imum slope in bedding planes
varies from 10◦ to 30◦. Wave-
length of topography is 4km.

2.5 Results

Topography causes focusing of pore fluid when the permeability permits preferential flow
parallel to bedding layers. For all slopes in bedding planes, focusing can produce upward
pore fluid velocities relative to the seafloor beneath the topographic high. However, larger
slopes produce more effective focusing, thus producing larger magnitudes in upward fluid
velocity than shallower slopes. Figure 2.2B shows the pore fluid velocity profile relative to
the seafloor across a sediment depth of 500 mbsf (roughly the base of the hydrate stability
zone at Blake Ridge [Paull et al., 2000]). Even for small slopes in bedding planes (10◦), a
maximum upward velocity of 0.010 mm yr−1 at the BSR is predicted directly beneath the
ridge crest. For a 30◦ slope, the maximum velocity increases to 0.097 mm yr−1 at a location
that is shifted from the ridge axis toward the flanks. The location of maximum velocity
shifts towards the region where the slope of the bedding planes in largest.

Moreover, pore fluid focusing due to sloped bedding planes creates lateral variations in
excess pore pressure distribution beneath the topographic high. For all slopes in bedding
planes, excess pore pressure is elevated beneath the ridge crest relative to the flanks (see
Figure 2.2A). In regions of topography where the maximum principle stress is oriented ver-
tically, elevated excess pore pressure along the ridge axis can promote tensional failure due
to the reduction in effective stress [Sibson, 1981]. This pressure anomaly is amplified as
the slope in bedding planes increases, and may tend to aid near-vertical fracturing, thereby
producing a stress-induced increase in the vertical permeability of the sediments [Bruno,
1994].

Enhancing vertical sediment permeability, due to the presence of high-angle fractures,
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is an efficient way of focusing pore fluids and produces strong upward fluid advection. The
strength of advection depends on the ratio of the vertical fracture permeability to the vertical
matrix permeability (Kf

v/Kv), as well as how easily fluid can be tapped from the surrounding
matrix (ie. Kh/Kv). For example, as the ratio Kf

v/Kv increases, the amount of fluid focused
into the fractured zone (and hence vf ) increases. However, once Kf

v/Kv becomes large
(>1000), vf no longer increases, and focusing is ultimately limited by the amount of fluid
that can be supplied from the surrounding sediment matrix (see Figure 2.3). The ease of
tapping pore fluids from the surrounding sediments is affected by the permeability structure.
For example, an anisotropic sediment matrix (Kh/Kv = 100) can produce an upward fluid
velocity within the fractured zone which is almost 4 times larger than an isotropic sediment
matrix (Kh/Kv = 1), as shown in Figure 2.3. This is because anisotropic sediments enhance
lateral fluid migration to the fracture.

The area of the seafloor which is fractured is also an important control on fluid velocity.
From the viewpoint of mass conservation, the Darcy flux qc taps a finite amount of fluid
that is squeezed from the sediments due to ∇· vs. If the width of the fractured zone is
small, transport velocities through it will be higher than through wider fractured zones.
When the entire domain is fractured (say Kf

v = Kv everywhere), the medium is effectively
homogeneous, thus no upward flow is expected.

2.6 Discussion

Our numerical model predicts that topography-driven fluid focusing can produce upward
fluid velocity relative to the seafloor. Previously published hydrate studies can give insight
to its relative significance at specific locations. For example, in order to match observed
bromide and iodide profiles in the sediment at Blake Ridge, Egeberg & Dickens (1999)
require an upward fluid velocity of 0.08 mm yr−1 at the seafloor. Upward fluid velocity
at 500 mbsf would need to be roughly 10% larger than those at the seafloor in order to
account for a decrease in porosity with depth. Our model predicts a maximum upward fluid
velocity of 0.097 mm yr−1 when bedding planes slope at 30◦ and sediment permeability is
anisotropic (Kh/Kv = 100). Based on these results, it is unlikely that topography-driven
fluid focusing acting alone is an effective mechanism at Blake Ridge, where slopes are much
smaller. However, stronger anisotropy in the sediments, effects of fluid buoyancy due to a
geothermal gradient, or the addition of transient effects, such as a decreasing sedimentation
rate in time, will increase upward flow.

Pore fluid focusing creates elevated excess pore pressures at the ridge axis, promoting
the formation of high-angle fractures within the sediments [Bruno, 1994]. For example,
Weinberger & Brown (2006) conclude that near-vertical fractures found near the crest at
Hydrate Ridge (Oregon, USA) were most likely formed due to the extensional stress regime
of the ridge undergoing gravitational collapse. Once fractures form, they are an efficient
mechanism to carry dissolved methane (or free gas [Flemings et al., 2003]) upward into the
hydrate stability zone from below. Highly localized methane hydrate deposits associated
with near-vertical faults and fractures have been found at Blake Ridge [Paull et al., 2000].
Such large deposits are often attributed to strong upward methane-bearing fluid advection
along the fractured regions. Magnitudes of upward fluid flux predicted by our model through
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Figure 2.3: Average interstitial pore fluid
velocity profile as a function of depth
within a fractured zone. The fractured
zone occupies 15% of the area of the
seafloor and extends to a depth of 1 km.
Several values are considered for the ra-
tio of the fracture to sediment permeabil-
ity ratio. (A) Isotropic sediment matrix
(Kh/Kv = 1) yields lower fluid velocity
as compared with (B) an anisotropic sed-
iment permeability (Kh/Kv = 100). In
both cases, the fluid velocity does not in-
crease once Kf

v/Kv > 1000.

a small fractured zone are within the range of fluid fluxes required at the base of the hydrate
stability zone to form hydrate by Xu & Ruppel (1999), namely 0.3-2.0 mm yr−1. For example,
our model predicts an upward fluid flux of 0.26 mm yr−1 and 1.3 mm yr−1 at 500 mbsf when
15% and 2.5% of the seafloor area is fractured, respectively (see Figure 2.1A). More recently,
high angle dendritic conduits have been mapped within the Blake Ridge gas hydrate province
by Hornbach et al. (2007), showing a distribution of distinct permeable zones within the
sediments.

A one-dimensional model of sedimentation and compaction implies downward pore fluid
migration through the hydrate stability zone, whereas many models of hydrate formation
require upward transport of methane-bearing pore fluid from below. We show that upward
flow relative to the seafloor is feasible in marine sediments with anisotropic permeability
beneath regions of topography and through high-angle fractures. Fracture formation may be
aided by high excess pore pressures when topography permits preferential flow along sloping
bedding planes.

14



Chapter 3

Use of Cosmogenic 129I to Constrain
Numerical Models of Fluid Flow in
Marine Sediments: Application to the
Blake Ridge Hydrate Province

Frederick J. M. and B. A. Buffett (2013), Use of cosmogenic 129I to constrain numerical
models of fluid flow in marine sediments: Application to the Blake Ridge Hydrate Province,
Geochemistry, Geophysics, Geosystems, 14, doi:10.1002/ggge.20059.

3.1 Background

Methane hydrate is an icy solid which can sequester large amounts of methane gas within
its crystal structure. Methane hydrate typically occurs naturally along many continental
margins, where deep water and cold temperatures provide the necessary thermodynamic
conditions. Organic rich sediments preferentially host hydrate by providing a source of
methane gas [Kvenvolden, 1998; Sloan & Koh, 2007].

It is currently thought that methane is transported to the hydrate stability zone by a
combination of fluid advection and bubble migration. One-dimensional sediment compaction
models predict pore fluid flow which is downward relative to the seafloor (e.g. [Hutchison,
1985]). Such a flow carries dissolved methane downwards through the hydrate stability zone.
Because the methane solubility increases with depth in the stability zone [Davie et al., 2004;
Sun & Duan, 2007], the fluid becomes increasingly under-saturated in methane. This would
inhibit formation or lead to dissolution of hydrate (if present) without additional sources of
methane (e.g. biogenic production). Conversely, upward flow promotes hydrate formation
by supplying methane from below the stability zone. Many hydrate modeling studies have
invoked a deep source of upward flowing methane-bearing fluid to explain the observed
abundance [Hyndman & Davis , 1992; Xu & Ruppel , 1999; Egeberg & Dickens , 1999; Ruppel
& Kinoshita, 2000; Davie & Buffett , 2001; Pecher et al., 2001].

The origin of the upward flow is not well understood. It is contradictory to the predictions
of a one-dimensional compaction model, which implies that more complex flows are necessary.
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Many complications exist in natural settings, including spatial variations in the lithology,
fractures, etc. In a previous publication [Frederick & Buffett , 2011], we have shown that
pore fluid focusing in compacting marine sediments is a possible mechanism to create local
upward flow when sediments have anisotropic permeability and bedding planes are sloped
due to seafloor topography. Fractures can cause similar fluid focusing because of the localized
enhancement of vertical sediment permeability.

The focusing of pore fluids beneath topographic highs or toward fractured zones causes
significant lateral migration through the host sediments. As a result, fluid parcels travel
substantially longer distances compared with vertical paths expected from a one-dimensional
compaction model. The age of the pore fluid increases with the distance travelled after
sediment deposition (i.e. when the pore space becomes isolated from seawater).

In natural settings, pore fluid age can be inferred from measurements of iodine isotope
concentrations. 127I is the only stable isotope of iodine, while 129I is a cosmogenic radioiso-
tope, produced either by spontaneous fission of 238U (e.g. in situ production) or cosmic
ray spallation of Xe isotopes in the atmosphere. Iodine is isotopically homogenous at the
surface of the Earth and within its oceans, and is readily incorporated into living tissues
at the surface ratio of (129I/127I)0 = 1500x10−15, ignoring recent anthropogenic disturbances
[Edwards , 1962]. Once the iodine (as part of organic matter) is deposited on the seafloor,
its isotopic ratio decreases as 129I decays radioactively. Iodine is released into the pore fluid
when the organic matter decomposes, and can then begin to migrate via fluid advection or
diffusion. By measuring the pore fluid’s 129I/127I ratio, an estimate of the parent organic
material’s age is obtained from,

129I/127I = (129I/127I)0 e
−λt (3.1)

where λ = 4.41e−8 yr−1 is the 129I decay constant, and t is time, in years, since deposition
at the seafloor. The iodine age can be used as a proxy for the pore fluid age with certain as-
sumptions. If iodine diffusion is small (e.g., iodine travels mainly by fluid advection), organic
matter decomposition is limited to very near the seafloor, and in situ iodine production is
negligible, the age of the pore fluid should be exactly the age of the parent organic material
(e.g., the iodine age). In such cases, the iodine isotope ratio can be treated as a conserva-
tive tracer. The assumption of no in situ production can be relaxed if the measured iodine
concentration is corrected using estimates of 238U abundance in the sediments. Without
correction, in situ iodine production tends to make the pore fluid appear younger.

Pore fluid ages have been measured at several methane hydrate provinces using 129I/127I
ratios [Fehn et al., 2000, 2003, 2006; Tomaru et al., 2007b, 2009]. These studies always find
that the pore fluid is much older than the host sediments. Although one-dimensional com-
paction models indicate that the pore fluid is expected to be older than the host sediments
due to fluid expulsion during sediment compaction, the observed age far exceeds this expec-
tation. For example, pore fluid ages measured at Blake Ridge site 997 by Fehn et al. (2000)
range between 40-70 Ma in the shallow sediments (300-700 mbsf). By comparison, Fehn et
al. (2000) expect a pore fluid age between 4-10 Ma based on a one-dimensional compaction
model.

The existence of more complicated flow patterns, such as fluid focusing, should be ob-
servable (although indirectly) due to its effect on iodine transport, and thus pore fluid age.

16



Pore fluid focusing beneath topographic features or towards fractured regions in the sedi-
ments can enhance fluid flow and solute transport from depth. Iodine’s strong association
with organic matter plausibly connects it to the methane source in marine sediments. Such
mechanisms provide a simple explanation for the preferential accumulation of hydrate under
topographic highs or within fractures, as has been reported at Blake Ridge [Paull et al.,
2000]. The goal of this study is to characterize the influence of fluid focusing on pore fluid
age, and investigate whether such flows can explain the observations at Blake Ridge.

3.2 Compaction-Driven Fluid Flow

The decrease in sediment porosity with depth, y, due to steady mechanical compaction is
often described empirically by a modified form of Athy’s Law [Athy , 1930] as

φ(y) = φ(∞) + [φ(0)− φ(∞)]e−y/L (3.2)

where φ(0) is the sediment porosity at the seafloor, φ(∞) is the fully compacted sediment
porosity at depth, and L is the characteristic length scale for compaction. We estimate L
by fitting (3.2) to observations at Blake Ridge and explore a range of values for φ(∞). We
chose a reference value of φ(∞) = 0.25, which is roughly equal to the minimum void space
in a dense arrangement of closely-packed spheres [Conway & Sloane, 1998], but note that
lower porosity can develop as the solid grains deform [Palciauskas & Domenico, 1989].

In a reference frame fixed to the seafloor, the one-dimensional solution for sediment vs
and fluid vf velocity is

vs(y) =
Ṡ(1− φ(0))

1− φ(y)
(3.3)

vf (y) =
vs(D)φ(D)

φ(y)
(3.4)

where Ṡ is the sedimentation rate and D represents the depth where fluid is immobile within
the sediments. A positive velocity indicates downward movement relative to the seafloor.
We adopt constant values for both Ṡ and D.

When fluid is expelled from the sediment pore space into the surroundings due to com-
paction, the fluid flux qc, or transport velocity, is described by Darcy’s Law,

qc ≡ φ(vf − vs) =
−K

µ
· ∇P ∗ (3.5)

which is valid for laminar flow through a porous media. The gradient in excess (or non-
hydrostatic) pore pressure ∇P ∗ due to sediment loading drives the flow of fluid with a
viscosity µ.

Bulk sediment permeability is described by K, which is a tensor when permeability is
anisotropic,

K =

[
Kh 0

0 Kv

]
(3.6)
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Bulk permeability along the bedding layers (Kh) can be several orders of magnitude larger
than that across the bedding layers (Kv) [Phillips , 1991]. The presence of fractures can also
introduce anisotropy by enhancing the permeability in the direction of fracture. We use K
to capture the effects of lithologic layering when the grid spacing is too coarse to resolve
individual layers or fractures. The ratio of horizontal to vertical permeability, Kh/Kv, gives
the strength of anisotropy. The local angle of the bedding planes is used to rotate the per-
meability tensor K from the frame of the bedding planes into the frame of the computations.
The resulting off-diagonal terms in K couple the horizontal and vertical components of flow.

Sediment permeability is often approximated as a function of porosity. We use a modified
Kozeny-Carman relation [Mavko & Nur , 1997] given by

K(y) = K(0)
(φ(y)− φc)3(1 + φc − φ(0))2

(φ(0)− φc)3(1 + φc − φ(y))2
(3.7)

where K(0) is the permeability of the sediments at the seafloor and φc is the percolation
porosity. The later represents the fraction of porosity which is disconnected and does not
contribute to flow through a porous media.

The velocity of the pore fluid relative to the seafloor can be found by rearranging (3.5).
This gives the expression

vf = qc/φ+ vs (3.8)

The direction of vf depends on the competition between the upward fluid flux relative to the
sediment grains, qc, and the downward movement of sediments, vs. In compacting marine
sediments, the one-dimensional solution for vf is downward relative to the seafloor. However,
pore fluid focusing is one mechanism that can cause qc/φ to locally exceed vs, thus creating
fluid flow that is locally upward relative to the seafloor. Within sediment layers that are
sloped due to topographic features, a preferential flux qc along the bedding layers may bring
excess fluid towards topographic highs. Fractured zones act similarly. This fluid flux is
drawn laterally from the surroundings and focused into a finite region, potentially increasing
the travel path of fluid parcels.

3.3 The Numerical Model

We apply a previously developed numerical model for the excess pore pressure distribution,
P∗, within compacting marine sediments (see Frederick & Buffett [2011]). The solution for
P∗ is then used to calculate qc from (3.5), and the pore fluid velocity relative to the seafloor
is obtained from the expression vf = qc/φ + vs. Pore fluid pathlines are calculated from vf
to visualize the flow field. Because the velocity field is steady, these pathlines are identical
to streamlines.

The age of the pore fluid is calculated using a ray tracing method that utilizes fluid
pathlines to track 129I and 127I transport throughout the sediments. The concentration of
each iodine isotope, CI , is governed by a two-dimensional advection-diffusion equation,

DCI
Dt

=
∂CI
∂t

+ u
∂CI
∂x

= De∇2CI +QI (3.9)
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Table 3.1: Model Parameters Used

Symbol Parameter Value Units Reference

Ṡ sedimentation rate 0.22, 0.1875, 0.16 mm yr−1 Paull et al. [2000]
φ(0) seafloor porosity 0.72, 0.71 Paull et al. [2000]
φ(∞) porosity at depth 0.43, 0.35, 0.25, 0.15
φc percolation porosity 0.02 Mavko & Nur [1997]
L e-folding depth of φ 500, 725, 1100, 1350 m
D base of sediments 6 km Tucholke et al. [1982]
W wavelength of topogra-

phy
24 km

Kv(0) seafloor permeability 10−17 m2 Spinelli et al. [2004]
λ 129I decay constant 4.41x10−8 yr−1 Edwards [1962]
129I/I0 seafloor 129I/I ratio 1500x10−15 Edwards [1962]
R depth of I release 0, 400, 600, 1000, 2000 mbsf
Dm molecular I diffusion 2.05x10−9 m2 s−1 ?

where t is the portion of time that iodine travels with the pore fluid at velocity u, and QI

is an iodine source. The effective diffusivity, De, depends on the molecular diffusivity in
seawater, Dm, and the sediment tortuosity, τ , according to [Berner , 1980],

De =
Dm

τ 2
(3.10)

The value for τ is difficult to measure directly, but can be estimated using Archie’s Law
[Archie, 1942]. We do not consider the additional effects of dispersion on De because fluid
velocities are typically very small. The formation resistivity factor, F = Rs/Rf , gives
the ratio of the electrical resistivity of the bulk saturated sediments, Rs, to the electrical
resistivity of the pore fluid, Rf , in absence of surface conductivity effects for homogeneous
granular material. Because sediment geometry creates a resistance to electrical flow through
the bulk relative to the pore fluid, the formation factor can give an estimate of sediment
tortuosity, assuming the solid is non-conducting relative to the fluid. Following Ullman &
Aller (1982), we relate the tortuosity to the porosity by

F =
τ 2

φ
=

1

φn
(3.11)

Because electrical conductance is analogous to mass diffusion, this relationship can be applied
to obtain the effective diffusion coefficient for iodine within marine sediments, giving

De = Dmφ
n−1 (3.12)

The exponent n is obtained empirically, and depends on the depositional environment. A
typical value for marine sediments is n = 3 [Archer et al., 1989]. We adopt a constant
and isotropic molecular diffusivity for iodine in seawater (Dm = 2.05x10−9 m2 s−1 at 25◦C
[Lide, 2004-2005]). Similarly, we use the average porosity (φavg = 0.5) in (3.12) so that De

is constant throughout the domain. While these parameters provide a reasonable value for
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De, they likely represent an upper bound. Values as large as n = 5.4 have been reported
for clay sediments by Atkins & Smith [1961], and the possibility of solute adsorption to clay
surfaces during transport [Li & Gregory , 1974] both act to substantially reduce De. Because
the typical fluid velocities and grain size distributions are small, we can neglect mechanical
dispersion effects when scaled against molecular diffusion.

The two-dimensional solution to (3.9) for the concentration of each iodine isotope is
approximated in a Lagrangian frame of reference that follows the fluid parcels. We approxi-
mate the solution to (3.9) by solving for the advective and diffusive components separately.
First, fluid pathlines are obtained from the velocity field (3.8), and then discretized into a
finite number of segments. Next, the average fluid velocity is calculated along each pathline
segment. A fluid parcel’s travel time along any finite segment is obtained by dividing the
segment length by the average fluid velocity along that segment. Finally, summing the travel
time along each segment of a pathline gives the accumulated time, tf , required to reach a
given point (X,Y) along the pathline, as defined by,

X(tf ) = xf +

∫ tf

0

u dt (3.13)

Y(tf ) = yf +

∫ tf

0

v dt (3.14)

where u = (u,v) is evaluated along the pathline, and the coordinate (xf , yf ) denotes the
initial position of the fluid parcel when iodine is released into the pore fluid at time tf = 0.
Thus, the coordinates (xf , yf ) define the start of each pathline.

Diffusion causes iodine to spread as the fluid parcel travels along the pathline. A general
solution to the diffusion equation for the concentration of iodine is

CI(x, y, t) =
MI

4πDet
e
−
[

(x−X)2

4Det

]
−
[

(y−Y)2

4Det

]
(3.15)

when the mass of iodine, MI (with units of kg m−1), is initially concentrated in a small
volume. In detail, we expect MI to be evenly distributed across a grid cell once iodine is
released from the organic matter in the sediments. A more representative initial condition is
obtained by evaluating CI(xf ,yf ,t) at t = ∆t, where ∆t = ∆x2/De is the time required for a
concentrated source of iodine to diffuse across a grid cell of dimension ∆x. Consequentially,
the solution for 127I composition for a single fluid parcel at later times is given by

C127I(x, y, tf ) =
M127I

4πDe(tf + ∆t)
e
−
[

(x−X)2

4De(tf+∆t)

]
−
[

(y−Y)2

4De(tf+∆t)

]
(3.16)

The concentration for 129I obeys the same equation, but the initial mass decreases with time
since deposition due to radioactive decay,

C129I(x, y, tf ) =
M129I(t)

4πDe(tf + ∆t)
e
−
[

(x−X)2

4De(tf+∆t)

]
−
[

(y−Y)2

4De(tf+∆t)

]
(3.17)

The initial value of M127I is set arbitrarily to 1 kg m−1. An appropriate mass of 129I is
also released, whose amount depends on the release location. In natural settings, iodine
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Figure 3.1: Schematic of iodine trans-
port through marine sediments in our
numerical model. Iodine starts as part
of organic material deposited on the
seafloor. Sediment compaction carries
it vertically downward until decomposi-
tion causes its release into the pore fluid
at (x=xf , y=yf , t=ts). Subsequent
travel with focused pore fluid along fluid
pathlines bring iodine particles towards
topographic highs or towards fractured
zones, while diffusion spreads them into
the surroundings. Iodine concentration
along the pathline decreases with time
tf and decreases with distance from the
parcel’s center. Iodine concentration is
shown before superposition with neigh-
boring streamlines.

release depth is a function of organic matter decomposition. However, because rate of de-
composition is currently uncertain, we adopt two end-member cases, assuming all iodine is
released immediately after sediment deposition (e.g., at the seafloor), or at great depth (e.g.,
2 kmbsf). For example, when release is at the seafloor, the amount of M129I released is such
that the isotopic ratio 129I/127I is equal to the surface isotopic ratio 1500x10−15. On the
other hand, iodine released at depth has been travelling with the sediments for some time
(e.g. ts). In this case, the amount of M129I initially released must be decreased due to decay,
and such that the isotopic ratio 129I/127I corresponds to the sediment age ts at the point of
release. We note that the actual value of MI initially released is unimportant because it is
the isotopic ratio that determines the pore fluid age, rather than the individual concentra-
tions. Additionally, we ignore any in situ production of 129I as a result of spontaneous 238U
fission in the sediments. While this approximation may be appropriate for the sediments at
Blake Ridge (see Fehn et al. (2000)), it cannot be broadly applied to all locations due to
variable natural uranium levels. At later times after release, M129I(t) = M129I(ts + tf ) due
to radioactive decay.

A linear superposition of (3.15) would be an exact solution of (3.9) if the velocity was
constant. An error is incurred in the linear superposition when the velocity field varies,
but this error is small when the velocity variations occur over a length scale which is large
compared with the diffusion distance (see Appendix A for details of the error estimate). In
addition, the error due to the velocity variation is the same for both 127I and 129I, so the
error in the ratio tends to cancel. Reliable pore fluid ages can be calculated using the ratio
of concentrations, where each concentration is calculated by linear superposition.

The resulting isotopic ratio is obtained by dividing the linear superposition of each iodine
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isotope composition as follows,

129I/127I(x, y, t) = C129I(x, y, t)/C127I(x, y, t) (3.18)

Finally, the pore fluid age is obtained by solving for t in (3.1)

t(x, y) =
ln
[

129I/127I(x,y,t)
(129I/127I)0

]
−λ

(3.19)

Solving for the distribution of iodine using streamlines to quantify the advective trans-
port is a computationally efficient alternative to a fully time-dependent model of coupled
advective-diffusive transport, which would otherwise be necessary to account for the time
dependence of 129I due to radioactive decay. This fully time-dependent model would need to
be advanced in time over millions of years of sediment accumulation. Instead, we solve di-
rectly for a steady-state distribution of iodine by treating the diffusive transport separately.
The small errors introduced by using this approximation (see Appendix) make this approach
sufficiently accurate for the objectives of this paper. A schematic of our method is shown in
Figure 3.1.

3.4 Results

3.4.1 Fluid Age in a 1-D Compaction Model

For one-dimensional sediment compaction, the sediment and fluid velocity are downward
relative to the seafloor, as described by (3.3) and (3.4). However, fluid expulsion causes
upward flow relative to the sediment grains, so the net fluid velocity is slower than the
sediments. This makes the pore fluid older than the host sediments. Additionally, the fluid
velocity is proportional to φ(∞), the porosity at depth. Therefore, the smaller the value for
φ(∞), the slower and older the fluid will be relative to the host sediments. Sediments that
compact more completely create the largest age difference between the pore fluid and the
host sediments.

The sedimentation rate Ṡ also determines the age of the pore fluid, although indirectly.
This is because the fluid velocity is proportional to the sediment velocity, which in turn
is proportional to Ṡ. Faster sedimentation rates mean faster sediment and fluid velocities,
which result in younger pore fluid ages. However, the relative age difference between the
pore fluid and its host sediments remains determined by the completeness of compaction
(e.g. φ(∞)).

The pore fluid age, as measured at natural sites, is determined from the isotopic ratio of
iodine, which is affected by both transport in the solid organic material and by subsequent
transport in the pore fluid. While all pore fluid originates as seawater trapped between
sediment grains at the seafloor, iodine may be released from organic matter into the pore
fluid at any depth. If iodine is released into the pore fluid at the seafloor, then the age of the
pore fluid and the age inferred from the iodine isotopes will be the same (neglecting the effects
of in situ iodine production or diffusion). On the other hand, when iodine is transported
below the seafloor in the organic material, the iodine age is equal to the sediment age. At the
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Figure 3.2: Sediment and pore fluid age for a 1-D compaction model. Dashed lines show the pore fluid age
due to iodine transport with fluid advection, while solid lines also include iodine diffusion (n = 3). Square
data points with error bars indicate measurements of the pore fluid age at Blake Ridge site 997 by Fehn et
al. (2000). (A) Dark bold dots indicate the predicted pore fluid age based on a 1-D compaction model as
presented by Fehn et al. (2000), and is analogous to iodine transport due to fluid advection only, with all
iodine release at the seafloor. More complete sediment compaction, indicated by smaller values for φ(∞),
increase the pore fluid age. Model parameters used (A): Kh/Kv = 100, R = 0 mbsf, φ(0) = 0.71, and Ṡ
= 0.16 mm yr−1, except for φ(∞) = 0.43 where Ṡ = 0.1875 mm yr−1, L = 500 m, and φ(0) = 0.72. (B)
Pore fluid age varies with the sedimentation rate Ṡ. Faster sedimentation rates produce younger pore fluid
age. Model parameters used (B): Kh/Kv = 100, R = 0 mbsf, φ(0) = 0.71, φ(∞) = 0.25, and L = 1100 m.
(C) Pore fluid age is also a function of the iodine release depth, R. The youngest pore fluid age coincides
with the iodine source location. Deep iodine sources make the shallow pore fluid appear very old. Model
parameters used (C): Kh/Kv = 100, φ(0) = 0.71, Ṡ = 0.16 mm yr−1, φ(∞) = 0.25, and L = 1100 m.
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moment of release, the pore fluid will inherit this iodine, making it appear to have the age of
the solid. However, due to pre-existing iodine in the pore fluid, this signal becomes somewhat
diluted. We account for this effect in the model, so the predictions can be compared with
observations using different assumptions about the depth of iodine release. It is important
to emphasize that we use ages based on iodine isotopes rather than the true pore fluid ages
to constrain and test models of fluid flow in the subsurface.

Figure 3.2A shows the results of our iodine transport model for one-dimensional sediment
compaction when all iodine release occurs at the seafloor. The observations presented by
Fehn et al. (2000) are also shown for comparison (square data points with error bars).
Sediment age appears as a dotted curve, and ranges between approximately 1-7 Ma in the
depth interval shown (200-750 mbsf) for Ṡ = 0.16 mm yr−1. As expected, sediment age
increases with depth. Additionally, the pore fluid age is shown as a range for several values
of φ(∞), which represents the completeness of sediment compaction at great depth. The age
range is bounded on the left (dashed line) given the iodine is transported by fluid advection
only. The right bound (solid line) is given the iodine can additionally be transported by
diffusion. In this case, allowing iodine diffusion produces older fluid ages, most likely because
iodine from depth, being slightly older, can migrate back upwards. However, we note that the
solution between the pore fluid age with and without iodine diffusion considered differs by
less than the largest error bar in the observations by Fehn et al. (2000). Consequently, small
errors in the model for effective diffusivity should not greatly influence the interpretation of
our results.

Fehn et al. (2000) argued that the pore fluid age at Blake Ridge, as predicted by a
one-dimensional compaction model, should be significantly younger than the observations
indicate. Our calculation supports this argument when sediment compaction is limited (i.e.
φ(∞) = 0.43) and iodine diffusion is not considered. The dark bold dots in Figure 3.2A
indicate the pore fluid age as presented by Fehn et al. (2000), whose model is analogous
to iodine transport by fluid advection only, with φ(∞) = 0.43, and Ṡ = 0.1875 mm yr−1.
However, as compaction becomes more complete, the pore fluid age departs further from
the age of the host sediments. When the value of φ(∞) < 0.15, pore fluid ages match those
observed at Blake Ridge.

Figure 3.2B shows the variation in pore fluid age for several values of Ṡ, while keeping
φ(∞) = 0.25. As compared to the sensitivity of the pore fluid age to φ(∞), variation between
plausible sedimentation rates at Blake Ridge makes much less difference.

Figure 3.2C shows the effect of iodine release location, R, on the pore fluid age for a
one-dimensional compaction model when φ(∞) = 0.25 and Ṡ = 0.16 mm yr−1. The solid
bold line gives the pore fluid age as a function of depth when all iodine release occurs at the
seafloor. The pore fluid age increases with depth, as the iodine is carried deeper by the fluid.
On the other hand, when iodine release occurs at depth, the surrounding local fluid will
appear to adapt the age of the solid (when no diffusion is considered), which is considerably
younger. This effect can be seen in the figure when the release depth is R = 400 and 600
mbsf, where a local minimum in the pore fluid age corresponds to the depth of release. In
addition, above the release location, the pore fluid age decreases with depth, as iodine can
only migrate upwards (against the flow) by diffusion when the Péclet number P é ∼ ul

De
is

less than unity, where u and l are characteristic velocity and length scales. As release depth
increases, the same pore fluid begins to appear very old. This is due to the great distance
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Figure 3.3: Pore fluid pathlines relative to the seafloor beneath a topographic feature where
the maximum angle in bedding planes is 1.5◦. Bold arrows show the direction of flow.
Background contour plot indicates the pore fluid age in millions of years for a shallow source
of iodine. Pore fluid age increases with depth, and is oldest along the ridge axis where pore
fluid is focused from an extensive source region. Flow has a significant lateral component,
as well as regions where its direction reverses and returns towards the seafloor. Model
parameters used: Kh/Kv = 100, Ṡ = 0.16 mm yr−1, R = 0 mbsf, n = 3, φ(0) = 0.71, φ(∞)
= 0.25, and L = 1100 m.

that iodine must travel back up to the shallow sediments by diffusion. Matching the pore
fluid age with one-dimensional flow requires an iodine release depth of R ∼ 2 kmbsf.

Although our calculations predict that pore fluid ages can match the observations at Blake
Ridge for a deep iodine release or nearly complete compaction, these results were obtained
with a one-dimensional compaction model. As such, both sediment and fluid velocity are
downward. Thus iodine can only migrate upwards by diffusion. In natural settings, fluid flow
is likely more complex due to variations in the lithography, and not truly one-dimensional. To
this end, we next explore the effect of anisotropic sediment permeability, seafloor topography,
and fractures on the pore fluid age.

3.4.2 Age Due to Topography-Driven Fluid Focusing

Topographic features can cause focusing of pore fluids when the permeability permits pref-
erential flow along sloped bedding layers. Even for small slopes (i.e. < 10◦), focusing causes
flow that is upward relative to the seafloor beneath the topographic feature. The larger the
slope, the more effective the focusing becomes, causing an increased magnitude and spatial
extent of upward fluid velocity [Frederick & Buffett , 2011].

Focusing beneath topographic features can significantly change the fluid migration rel-
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ative to a one-dimensional compaction model. Figure 3.3 shows the flow field in the top 1
km of the sediments when bedding layers are sloped 1.5◦. Fluid pathlines, which originate
throughout the sediments every 200 mbsf, illustrate the movement of pore fluids. The com-
bination of lateral motion and reversals in direction can substantially increase the length of
a fluid parcel’s path relative to a one-dimensional compaction model. Focusing ultimately
brings many pathlines towards the axis of topographic features.

The contour plot in the background of Figure 3.3 shows the spatial distribution of pore
fluid age within the sediments when all iodine release occurs at the seafloor. The complex
spatial distribution is a result of iodine movement in the sediments along pathlines, or by
diffusion. When topographic features cause pathlines to converge, pore fluid age tends to
be oldest at the focal region, reflecting the fluid path. Moreover, the signature of iodine
diffusion is two-fold. Diffusion can act to simply ‘smear’ or homogenize the fluid age over
short distances, but in certain cases, it may be the only transport mechanism able to move
iodine over long distances. For example, diffusion is the only mechanism that can bring
deep iodine up to the shallow sediments in regions where both fluid and sediment velocity
is downward.

Figure 3.4A shows the pore fluid age as a function of depth at 0, 1, 2, and 4 km off
the ridge axis for the same model parameters (e.g. θ = 1.5◦, R = 0 mbsf). The pore fluid
age is clearly the oldest at the ridge axis (i.e. at 0 km) which is the focal region, and gets
progressively younger towards the flanks. Because of the complex pattern of iodine transport,
there is a large age variation between sites just a few kilometers apart. For example, the age
difference between fluid at the ridge axis and that 4 km away varies by more than 20 Ma.
Such large age differences predicted by our model suggest that measurements taken at only
a single location may not be sufficient to characterize the fluid transport. Unfortunately,
only one site at Blake Ridge has been measured for the iodine isotope ratio (e.g. site 997
by Fehn et al. (2000) which was near the ridge axis). However, other large gas hydrate
provinces, such as the Nankai Trough in Japan, do show substantial age variation between
sites measured [Tomaru et al., 2007a]. Although the geological setting is different from the
present study (Nankai Trough is an active margin), Tomaru et al. (2007a) report pore fluid
ages which differ by ∼ 10-20 Ma between the forearc basin and the outer ridge sites.

When all iodine release occurs at the seafloor and is transported by fluid advection and
diffusion, the pore fluid age at the ridge axis is roughly 10 Ma older than the age predicted
by a one-dimensional compaction model for the same model parameters (e.g. θ = 1.5◦;
see comparison between Figure 3.4A and 3.2A). Decreasing the effects of diffusion by using
n = 5 in (3.12) increases the pore fluid age by ∼ 5-10 Ma. Additionally, allowing more
complete compaction by decreasing φ(∞) from 0.25 to 0.15, increases the pore fluid age
in the shallow sediments by another ∼ 10 Ma. The result of both these modifications are
shown in Figure 3.4B. For topography-driven fluid focusing to produce fluid ages similar
to the observations requires only small (but not unreasonable) changes in the lithographic
parameters. Comparing Figure 3.4B with Figure 3.2A shows that the pore fluid age at the
ridge axis (for n = 5 and φ(∞) = 0.15) is now more than twice as old as the age predicted
by a one-dimensional compaction model for n = 3 and φ(∞) = 0.25. This represents an age
difference of roughly +30 Ma.

The pore fluid age, however, does not only depend on the distance a fluid parcel travels,
but also its speed along the pathline. Therefore, it is possible for age to vary, even though
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Figure 3.4: Sediment and pore fluid age for topography-driven fluid focusing with a shallow
iodine source. Solid lines indicate the pore fluid age for a maximum angle in the bedding
planes of 1.5◦ at 0, 1, 2, and 4 km off the ridge axis. Substantial age differences are predicted
for locations just a few kilometers apart. Square data points with error bars indicate mea-
surements of the pore fluid age at Blake Ridge site 997 by Fehn et al. (2000). (A) Dashed
lines show the pore fluid age at the ridge axis when the slope in the bedding planes increases
to 5 or 15 degrees. Larger slopes cause a decrease in the age due to more effective focusing
and faster velocity along pathlines. Model parameters used (A): Kh/Kv = 100, n = 3, R =
0 mbsf, φ(0) = 0.71, Ṡ = 0.16 mm yr−1, φ(∞) = 0.25 and L = 1100. (B) The pore fluid
age for a shallow source of iodine can approach the observations at the ridge axis when the
sediments are allowed to compact more completely (φ(∞) = 0.15) and the effective diffusion
coefficient is decreased by using n = 5 in (3.12).
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the pathline length stays relatively constant. We have previously shown that increasing the
strength of anisotropy in the sediment permeability (Kh/Kv) or increasing the angle of the
bedding planes, can act to increase the effectiveness of fluid focusing within compacting
marine sediments [Frederick & Buffett , 2011]. Figure 3.4A also shows the pore fluid age for
several angles in the bedding planes. For a shallow source of iodine, the oldest pore fluid ages
are predicted when the angle in the bedding planes is small. The two arrows in the figure
indicate how the age at the ridge axis decreases when the angle in bedding is increased from
1.5◦ to 5◦ or 15◦. While the overall pattern of flow remains similar over a range of slopes,
larger slopes produce more effective focusing. This causes the velocity along pathlines to
increase, and as a result, decreases the pore fluid age. In fact, focusing is so effective when
θ > 5◦ that the majority (if not all) of the pore fluid in the domain is younger than what is
predicted by a one-dimensional compaction model (see Figure 3.2 for comparison).

3.4.3 Age Due to Fracture-Driven Fluid Focusing

Fractured zones represent a region in the sediments where the vertical permeability is locally
enhanced. Focusing and upward flow through these fractured zones depends on their perme-
ability and spatial distribution. Figure 3.5 shows the pore fluid pathlines for a fractured zone
of width W within the sediments. In this particular example, the fractured zone occupies
15% of the seafloor area. Details of flow do not depend on the dimensions of the fractured
zone as long as the lateral position is defined relative to W. Pore fluid flows laterally as it is
drawn towards the fractured zone. Once inside the fractured area, flow abruptly reverses di-
rection, back towards the seafloor. We show a single (isolated) large fractured zone for easier
visualization, but note that this general flow pattern scales for any fracture distribution.

The contour plot in the background of Figure 3.5 shows the spatial distribution of pore
fluid age within the sediments when all iodine release occurs at the seafloor. Pore fluid age
is oldest within the fractured zone, as compared to fluid age within the surrounding matrix,
because of the long fluid pathlines that bring fluid back to the seafloor through the fractured
zones. Unlike the flow patterns due to topography-driven focusing, fractures that extend
to depth can tap old iodine, quickly bringing deep pressurized fluid and old iodine up to
the shallow sediments. When the source of iodine is deep, fluid within the fractured zone
appears younger than the surrounding matrix because deep iodine can quickly travel to the
shallow sediments via diffusion and advection through the fractures as compared to only
diffusion through the surrounding matrix.

We have previously shown that fractured zones surrounded by anisotropic sediments are
more effective at focusing pore fluids from the surroundings than those surrounded by sedi-
ments with isotropic permeability. In addition, increasing the strength of anisotropy of the
fracture permeability (in this case Kf

v/Kv) or decreasing fracture density can act to increase
the effectiveness of fluid focusing by draining a large volume of fluid through a smaller volume
of fractured zones [Frederick & Buffett , 2011]. More effective focusing produces faster veloc-
ities within the fractured zone, leading to younger ages. For example, fluid within fractured
zones with larger Kf

v/Kv permeability ratios will appear younger due to increased velocity
through the fractures. In terms of fracture density, the less of the seafloor that is fractured,
the faster fluid must travel through the fractures to relieve overpressure. However, if the
iodine particles must travel large distances before reaching an isolated fractured zone, the
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Figure 3.5: Pore fluid streamlines relative to the seafloor for a single isolated fractured zone
of width W occupying 15% of the seafloor area. Bold arrows show the direction of flow.
Background contour plot indicates the pore fluid age in millions of years for a shallow source
of iodine. Pore fluid age increases with depth, and is oldest within the fractured zone,
where pore fluid is focused from an extensive source region. Flow has a significant lateral
component, as well as regions where its direction reverses and returns towards the seafloor.
Model parameters used: Kh/Kv = 100, Kf

v/Kv = 100, Ṡ = 0.16 mm yr−1, fractured zone
depth = 2.5 km, n = 3, R = 0 mbsf, φ(0) = 0.71, φ(∞) = 0.25 and L = 1100 m.

extra distance covered may actually increase the pore fluid age within the fractured zone.
In natural settings, fractured zones are numerous and irregularly spaced throughout the

sediments. When fractures are spaced closely enough, diffusion will act to homogenize the
age difference between the fractures and surrounding matrix. Therefore, as fracture spacing
is reduced, so is any apparent age difference between the pore fluid inside or outside of a
fractured zone. Seismic reflection profiles of the Blake Ridge sediments detailed by Wood
and Gettrust (1998) show major fracture spacing at tens to hundreds of meters. Fractured
zones placed at these intervals in our model (∼ 200 m apart) are close enough that diffusion
homogenizes the pore fluid age between the fractures and surrounding matrix. Only if the
effects of diffusion are reduced or the fracture spacing is large will we expect an age difference
between the matrix and the fractured zone (as shown in Figure 3.5).

Figure 3.6 shows the pore fluid age as a result of several fractured zone densities within
the sediments, for two iodine release depths (0 and 2 kmbsf). The spacing between fractures
is held constant at 200 m, which allows diffusion to act between fractures, but fracture
width is varied to obtain several possible densities. For example, a 20% density corresponds
to fractured zone widths of 50 m with constant fractured zone spacings of 200 m. Although
we varied the density of fractured zones widely, pore fluid age throughout the sediments
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Figure 3.6: Sediment and pore fluid age for fracture-driven fluid focusing with a shallow
(R = 0 mbsf) or deep (R = 2 kmbsf) iodine source. Solid lines indicate the pore fluid age
for various fractured zone densities with a shallow iodine source. Fractured zones cause a
decrease in the pore fluid age relative to a one-dimensional compaction model due to effective
focusing and faster velocity along pathlines. When the iodine source is deep (dashed lines),
iodine transport is dominated by diffusion and shows dependency on the fractured zone
density. Square data points with error bars indicate measurements of the pore fluid age at
Blake Ridge site 997 by Fehn et al. (2000). A deep source of iodine is required to match
observations. Fracture spacing was held constant at 200m, while fracture width is varied to
obtain the various fractured zone densities. Model parameters used: Kh/Kv = 100, Kf

v/Kv

= 100, spacing between fractures = 200 m, fractured zone depth = 2.5 km, n = 3, φ(0) =
0.71, Ṡ = 0.16 mm yr−1, φ(∞) = 0.25 and L = 1100.

tends to reflect the pore fluid age of the matrix. This is because the majority of the iodine
is being transported through the matrix. When the iodine source is deep (dashed lines),
the majority of the iodine is instead transported upward through the fractured zones. As a
result, the pore fluid age is much older (due to the great distance the iodine must travel),
and shows dependency on fractured zone density. For example, as fracture density decreases,
the pore fluid age also decreases. This is a result of faster fluid advection when fracture
density decreases. For densities 50% or higher, the pore fluid age returns to that of the
one-dimensional compaction solution. The pore fluid age matches most closely with the
observations at Blake Ridge when the source of iodine in fractured sediments is deep.

3.5 Discussion

Our two-dimensional numerical model predicts the age of the pore fluid in compacting marine
sediments based on iodine isotope ratios when natural features of the geometry at Blake
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Ridge are considered. Due to complexities in the lithology, such as anisotropic sediment
permeability, topography, or fractures, fluid flow becomes focused with significant lateral
motion or large looping pathlines. As a result, iodine transport and pore fluid age distribution
become complex. A primary conclusion presented by Fehn et al. (2000) to explain their
observations was that methane and pore fluids migrated together to their current positions
from depths between 1-3 kmbsf. While our results do show that fracture-driven fluid focusing
can bring dissolved methane and pore fluid to the shallow sediments from those depths, the
release depth of the iodine source required to match the observations (∼ 2 kmbsf) is deep
enough for thermogenic breakdown of organic material, assuming a geothermal gradient
of 40◦C/km [Wood & Gettrust , 1998]. Iodine’s strong association with the breakdown of
organic matter plausibly connects it to the methane source in marine sediments. At Blake
Ridge, there is no evidence that the hydrate contains predominantly thermogenic sources
of methane. Rather, the biogenic nature of the methane source suggests that it originated
at much shallower depths [Paull et al., 2000]. A shallow iodine release, on the other hand,
produces ages that are too young when the sediments are fractured. This result is also
supported by the numerical model presented by Lu et al. (2008b), which suggests that local
release of young iodine (i.e. a shallow source) must be relatively minor in comparison to
the contribution of migrating fluids which can carry large amounts of old iodine from deep
sources.

However, our calculations show that a deep source is not necessary for the pore fluid age
to appear as old as the observations at Blake Ridge. Fluids focused beneath topographic
features can produce pore fluid ages which match the observations fairly well by tapping shal-
low iodine- and methane-rich pore waters from an extensive source region extending several
kilometers. Such focusing can transport iodine over great distances laterally, producing very
old pore fluid ages at the ridge axis.

Hydrate will form only when the methane concentration is in excess of the local solubility,
which increases with depth. This condition is easiest to achieve when flow is locally upward
relative to the seafloor, which is feasible in marine sediments with anisotropic permeability
beneath regions of topography and through high-angle fractures due to pore fluid focusing.
However, fluid focused by topography alone produces only weak upward fluid velocity which
is limited in spatial extent when compaction is not complete. For example, the maximum
upward fluid at the seafloor for the model parameters used in Figure 3.4B is 0.007 mm yr−1.
Additionally, upward flow is spatially limited to the top 100 m beneath the topographic
feature. In comparison, a minimum upward fluid velocity of 0.08 mm yr−1 (at the seafloor)
was required by Egeberg and Dickens (1999) to match observed bromide and iodide profiles
in the sediments in their numerical study. On the other hand, upward fluid velocity through
high-angle fractured zones is sufficiently fast enough to match those required by previous
modelling efforts [Frederick & Buffett , 2011].

These results seem to suggest that the role of fractures and the fast upward flow they
create is important for hydrate formation. However, the pore fluid age in fractured sediments
does not match the observations at Blake Ridge unless the iodine source (and therefore the
methane source) is deep. Perhaps the fracture network at Blake Ridge is poorly connected
and less effective than that assumed in our model, which would act to increase pore fluid age
while still creating upward flow. Alternatively, a much lower value for the effective iodine
diffusivity could increase the age, although the change required to explain the observations
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is unrealistic. The flow field as a result of topography-driven fluid focusing allows access
to a laterally extensive methane source region for hydrate deposits beneath the ridge axis.
This flow field enhances methane transport towards the ridge axis, but pure lateral fluid
movement should not result in any additional hydrate formation in the pore space due to
the depth dependence of the methane solubility curve. Allowing for more complete sediment
compaction can increase the spatial extent of the region with locally upward flow, while
still producing pore fluid ages in line with the observations. Moreover, some combination
of fractured zones and anisotropic sloped bedding planes no doubt exists within natural
settings. Future studies should investigate the effect of combining the two end member
cases presented here, and expand the model to include methane transport and the resulting
hydrate distribution.

3.6 Error Analysis

In order to calculate the pore fluid age according to (3.19), the time since iodine release
must be assigned as a property of the unstable iodine isotope 129I because of its time-
dependent decay. A Lagrangian scheme is adopted so that this property can easily be
tracked. While this method is beneficial for iodine advection, calculating the effects of
iodine diffusion is not straight forward and requires some approximation. We assume the
entire parcel of iodine initially released into the pore fluid at (x = xf , y = yf , tf = 0) is
advected with the velocity of its center (X,Y), and that the composition at later times is
determined by a linear superposition of (3.15). This is an exact solution to (3.9) if the
velocity field is constant. However, because the velocity field varies spatially, the resulting
iodine composition is only a good approximation to the exact solution when the length scale
over which velocity varies spatially is large compared to the diffusion distance, or the iodine
composition after superposition is nearly uniform. We use the solution to (3.9), for constant
u, to approximate the iodine mass distribution when the velocity field is quasi-steady over the
diffusion distance. We define the iodine mass distribution at each point along the pathline
as a weighted average,

M127I(x, y, t) =

∑
M127I iwi(x, y, t)∑

wi(x, y, t)
=

∑
C127I i∑

wi(x, y, t)
(3.20)

M129I(x, y, t) =

∑
M129I i(t)wi(x, y, t)∑

wi(x, y, t)
=

∑
C129I i∑

wi(x, y, t)
(3.21)

where the weights, wi(x, y, tf ), are simply based on the bell shape of the diffusion solution,
e.g.,

wi(x, y, tf ) =
1

4πDe(tf + ∆t)
e
−
[

(x−X)2

4De(tf+∆t)

]
−
[

(y−Y)2

4De(tf+∆t)

]
(3.22)

We use order of magnitude estimates to quantify the error in this approximation as follows.
When tf becomes large, strain in the flow can cause the increasingly larger spread of iodine

particles (with radius r ∼
√
De(tf + ∆t) ) to become distorted. A measure of distortion can

be estimated by comparing the radius of the growing parcel to the characteristic length scale
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of the variations in the velocity field, Lu, which is obtained from

Lu ∼
|u|√

1
2
Ėij : Ėij

(3.23)

Here, the numerator is the local magnitude of velocity and the denominator is the local
second invariant of the strain rate. For a single parcel of iodine, the error due to parcel
distortion is small when the ratio r/Lu < 1. However, the solution for iodine composition
is a superposition of the mass distribution based on the concentration at each point along
every pathline. Parcel distortion will not contribute any error to the solution of iodine mass
distribution if the concentration of iodine is uniform throughout the domain, which may be
the case after superposition. Therefore, the ratio r/Lu alone clearly does not capture the
whole story.

When particle distribution is nearly homogeneous, the net diffusive flux, J = De∇C, is
essentially zero. A characteristic length scale for variation in the mass distribution M can
be estimated by

Lm ∼
M

|∇M |
(3.24)

where the denominator is the magnitude of the local gradient of the mass distribution. For
an isolated parcel, we expect Lm to equal r. However, the length scale cannot be estimated
by r ∼

√
De(tf + ∆t) as it can for a single spreading iodine parcel because the parcels which

make up the local superposed concentration field may each have different values of tf , for
example. Lm is large when the iodine concentration field approaches homogeneity. Therefore,
when the ratio r/Lm < 1, it means the resulting iodine composition is homogeneous over
the extent of the individual iodine parcels.

An iodine mass distribution which is nearly homogeneous reduces the error associated
with iodine parcel distortion due to strain in the flow field. Therefore, we estimate that the
total error due to our assumption that the entire parcel of iodine travels with the velocity of
its center is acceptably small as long as the ratio r2/(LuLm) remains less than unity. This is
the case when either Lu or Lm is large compared to r. We have ensured that r2/(LuLm) is
everywhere less than unity for all results presented. For flow in sediments with sloped bedding
planes, a typical value in the 200-700 mbsf depth range near the ridge axis is r2/(LuLm) ∼
0.30.
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Chapter 4

Taliks in Relict Submarine Permafrost
and Methane Hydrate Deposits:
Pathways for Gas Escape Under
Present and Future Conditions

Frederick J. M. and B. A. Buffett (2014), Taliks in relict permafrost and methane hydrate de-
posits: Pathways for gas escape under present and future conditions, Journal of Geophysical
Research Earth Surface, accepted.

4.1 Introduction

Permafrost-associated methane hydrate deposits exist at shallow depths within the sediments
of the Arctic continental shelves. This icy carbon reservoir is thought to be a relict of cold
glacial periods, when sea levels are much lower, and shelf sediments are exposed to freezing
air temperatures. During interglacials, rising sea levels flood the shelf, bringing dramatic
warming to the permafrost and gas hydrate bearing sediments. Degradation of this shallow-
water reservoir has the potential to release large quantities of methane gas directly to the
atmosphere (see review by Collett [1994]).

Several thermal modelling studies have shown that relict offshore permafrost and gas
hydrates should still exist on vast regions of the Arctic shelf of Siberia [e.g., Delisle, 2000;
Romanovskii et al., 2005; Nicolsky et al., 2012] and North America [e.g., Judge & Majorowicz ,
1992; Taylor et al., 1996a,b] at present-day. Because field studies in the Arctic are difficult
to conduct, only a few observations have been made which infer or confirm the presence
of relict offshore permafrost [Judge et al., 1981; Weaver & Stuart , 1982; Osterkamp, 1989;
Kassens et al., 2000; Rachold et al., 2007; Brothers et al., 2012] or permafrost-associated gas
hydrates [Weaver & Stuart , 1982; Smith & Judge, 1993; Dallimore & Collett , 1995]. The
scarcity of observations means the actual extent of relict permafrost-associated gas hydrate
deposits on the circum-Arctic shelves remains controversial.

Although relict permafrost-associated gas hydrate deposits likely make up only a small
fraction of the global hydrate inventory [Ruppel , 2011], they have received a disproportionate
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amount of attention recently because of their susceptibility to climate change. This paper
is motivated by several recent field studies which report elevated methane levels in Arctic
coastal waters. Along the East Siberian Arctic Shelf (ESAS), large gas plumes and seeps are
venting methane to the water column, resulting in supersaturated dissolved methane concen-
trations relative to atmospheric equilibrium [Shakhova et al., 2010a; Sergienko et al., 2012;
Shakhova et al., 2013], while vigorous gas plumes are observed along the Canadian Beaufort
mid-shelf and shelf-edge [Paull et al., 2011]. At the Alaskan Beaufort shelf, sampled seawa-
ter was supersaturated in methane under winter sea ice due to venting from the sediments
[Kvenvolden et al., 1993], and areas of high seawater methane concentrations were found
near-shore, located near the Colville River Delta [Pohlman et al., 2012]. While these obser-
vations are consistent with methane release as a result of decomposing submarine permafrost
and gas hydrates, the source of gas cannot easily be distinguished from other possibilities,
including the escape of deep thermogenic gas through permeable pathways such as faults, or
microbial activity on thawing organic matter within the shelf sediments, clearly documented
terrestrial processes (e.g., [Walter Anthony et al., 2012]). Regardless of the source of gas,
ebullition is of special concern in the Arctic, where shallow and cold waters limit bubble
dissolution and oxidation, allowing methane, a potent greenhouse gas, to escape more easily
from the shelf sediments directly to the atmosphere [Archer , 2007; Ruppel , 2011; Shakhova
et al., 2013].

Permafrost distribution in the Arctic is complex and far from homogeneous. Even in
regions of so-called continuous permafrost, unfrozen portions of the sediments, or taliks, are
found near anomalous sources of heat in the environment. Taliks can form beneath bodies
of water that do not completely freeze in winter, such as large thermokarst lakes and major
river channels, or near faults where heat flux is elevated [Walker , 1998; Romanovskii et al.,
2000, 2004; Hubberten & Romanovskii , 2003]. Some taliks can extend deep enough to pene-
trate through the base of the ice-bearing permafrost layer, conceivably making the sediments
permeable to fluids where permafrost should otherwise still be largely intact [Delisle, 2000;
Hubberten & Romanovskii , 2003; Nicolsky & Shakhova, 2010]. Moreover, complex distribu-
tions of salt within the pore fluids, such as brine pockets or layers, or the development of
thermokarst features before ocean transgression began, can also locally increase submarine
permafrost permeability to fluids and gases [Shakhova et al., 2009a]. As a result, gas escape
through taliks has been proposed as an explanation for the observations of elevated near-
shore gas venting, where the permafrost layer should otherwise still be stable [Romanovskii
et al., 2004; Shakhova & Semiletov , 2007; Shakhova et al., 2009b; Nicolsky & Shakhova, 2010;
Shakhova et al., 2010b; Sergienko et al., 2012; Shakhova et al., 2013].

The large spatial variations in bottom water methane concentrations (see Figure 4.1,
modified from Shakhova et al. [2010a]) show that gas venting is localized and may possibly
be connected to gas escape through taliks. Because methane concentration tends to be
highest near rivers, and was shown to be distinct from riverine methane sources [Shakhova et
al., 2009b, 2010b], gas venting through taliks formed by paleo-river channels may provide a
possible explanation [Shakhova et al., 2009b; Anisimov et al., 2012; Shakhova & Semiletov ,
2012]. As sea level receded during the last glacial period, the great Arctic rivers would have
extended their course over the newly exposed ground, as is evidenced today in the bathymetry
[Holmes & Creager , 1974]. Therefore, the warming influence of the river bed would have
been present over most of the glacial period. Assuming the river did not completely freeze,
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Figure 4.1: Bottom water methane concentration as reported by Shakhova et al. [2010a] in
the ESAS. The approximate location of four major Siberian rivers are shown, along with
proposed paleo-river channels extending off-shore (derived from [Holmes & Creager , 1974]).
A white star marks the 20-m isobath along each paleo-river channel (added by author).
Modified from Shakhova et al. [2010a]. Reprinted with permission from AAAS.

permafrost would not develop beneath these regions. At present-day, the paleo-river beds
are submerged, and the taliks beneath them may provide a permeable pathway for methane
gas escape.

In this paper, we quantitatively assess the response of submarine permafrost and gas
hydrate deposits to warming. We investigate the role of taliks as a pathway for methane gas
escape and make predictions of gas flux to the water column as a result of relict permafrost-
associated gas hydrate dissociation due to natural climate variations. A desired outcome
of this study is to provide a framework for assessing the potential magnitude of methane
release that might be attributed to relict permafrost-associated hydrate deposits in regions
where the submarine permafrost has been compromised.

4.2 Numerical Methods

4.2.1 Numerical Model Formulation

We use a numerical model to evaluate the temperature and salinity fields, fluid and gas flow
patterns, and permafrost and gas hydrate evolution within a two-dimensional transect of the
shallow Arctic shelf sediments. The model is time-dependent and based on the finite volume
method.

The temperature field T is solved according to the energy equation,

ρcp

[
∂T

∂t
+∇ · (uT )

]
= ∇ · (K∇T ) + ϕ (4.1)
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where ρ is the density, cp is the specific heat, u is the transport velocity, K is the thermal
conductivity, and ϕ = ϕi + ϕh is the combined effect of latent heat of ice ϕi and hydrate ϕh
formation. The density and specific heat within each computational grid cell are determined
by a volume average of components (denoted by an overbar), while the thermal conductivity
is obtained via a mixture model,

K = K(1−φ)
s K

(Sf )

f K
(Sh)
h K

(Si)
i K(Sg)

g (4.2)

which defines an effective value K based on the volume fraction S of each component (e.g.,
rock (Ss = 1 − φ), pore fluid (Sf = φf), ice (Si = φi), hydrate (Sh = φh), or methane gas
(Sg = φg)), where f , i, h, and g indicate the fluid, ice, hydrate, and gas saturation within
the pore space, respectively. A steady and spatially uniform geothermal gradient is applied
as a boundary condition at the bottom of the domain, and both vertical sides of the domain
are insulating.

For numerical stability, the latent heat source is treated as an anomaly in the local
specific heat (e.g., Bonacina et al. [1973]). The phase change component in each source term
is expanded as

ρiLi
∂Si
∂t

= ρiLi
∂Si
∂T

∂T

∂t
(4.3)

ρhLh
∂Sh
∂t

= ρhLh
∂Sh
∂T

∂T

∂t
(4.4)

where Si(T ) and Sh(T ) are prescribed functions of temperature that vary linearly from zero
to the maximum allowable value over a narrow 1◦C temperature interval around the melting
or equilibrium temperature, which is a prescribed function of salinity and pressure following
UNESCO [1983]. In this form, the latent heat can be treated as an anomaly in specific heat
as follows,

ρCp
′
= ρCp − ρiLi

∂Si
∂T
− ρhLh

∂Sh
∂T

(4.5)

where ρ is the density, and L is the latent heat, of either ice or hydrate as indicated by the
subscript. For hydrate, we determine the equilibrium temperature following the empirical
relationship given by de Roo et al. [1983] using the local salinity and pressure.

The salinity field C is solved via the advection-diffusion equation,

∂C
∂t

+∇ · (uC) = D∇2C +Q (4.6)

where D is the diffusion coefficient for salt (assumed constant), and Q is a salt source term,
which represents the influence of ice or hydrate formation.

A two-phase variant of Darcy’s Law for fluid flux, or the transport velocity u, through a
porous media with buoyancy [Andler & Brenner , 1988] is given by,

uj = −
krjk(φ)

µj
∇ [P −∆ρjgez] (4.7)

where the subscript j indicates the phase (pore water or methane gas). Here P is the non-
hydrostatic pressure and the density perturbation ∆ρj is defined relative to pure water. The
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fluid viscosity is µ and the sediment permeability k(φ) is a function of porosity, based on
a modified Kozeny-Carman relation [Mavko & Nur , 1997]. The phase permeability factor
kr ranges between 0 and 1, and depends linearly on the phase saturation within the pore
space (e.g., f or g). When gas saturation is below 0.10, we set krg = 0 to account for gas
immobility at low saturation.

Fluid volume fractions Sj are updated in time by,

∂Sj
∂t

+∇ · uj = Φj (4.8)

where Φj represents a source of methane gas when hydrate dissociates, or a source/sink of
fluid when ice or hydrate melts/forms, respectively. Because the mass fraction of methane
in seawater in equilibrium with hydrate is much smaller than the mass fraction of gas in
hydrate Xg, the gas source term due to hydrate dissociation can be simplified to,

Φg = −
(
Xg
ρh
ρg

)
∂Sh
∂t

(4.9)

The fluid source term is given by,

Φf = −
(
Xf

ρh
ρf

)
∂Sh
∂t
−
(
ρi
ρf

)
∂Si
∂t

(4.10)

where Xf is the mass fraction of water in hydrate. We assume ρh/ρf ≈ 1 and ρi/ρf ≈ 1,
which neglects the small volume change when water changes phase from ice or hydrate.

Pressure P is computed from conservation of mass,∑
j

(∇ · uj − Φj) = 0 (4.11)

where Φj are defined in (5.10) and (5.11). We no not consider capillary effects when com-
puting the pressure, which means the pressure within a grid cell is the same for each fluid
component within the sediment pore space.

The coupled equations are solved iteratively using a pre-conditioned general minimum
residual method (GMRES) at each time step. The model is run over 130 ka, beginning with
the onset of the last glacial cycle, and extending 10 ka beyond present-day. We assume an
initial temperature field that is in equilibrium with marine transgression, thus permafrost
does not exist within the sediments at the start of the initial ‘spin-up’. All model parameters
are listed in Table 4.1, with further detail provided in the following section.

4.2.2 Modeled Geographic Setting

We model two-dimensional transects oriented parallel to the present-day shoreline at the 20
m isobath. The transects are 6 km long and extend vertically 2 km into the shelf sediments.
The numerical model is driven by the boundary conditions at the sediment surface, which
depend on the computational transect location (e.g., the North American Beaufort and the
ESAS). A sea level curve, based on the models of Peltier [2004] and Kendall et al. [2005]
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Figure 4.2: A sea level curve (based on the models of Peltier [2004] and Kendall et al.
[2005] and provided by Jerry Mitrovica, personal communication, 2013) determines the time
interval for inundation and exposure to air for a transect located at the 20 m isobath in the
North American Beaufort. When the transect is exposed, the mean annual air temperature
is applied as a top boundary condition, based on the Vostok ice core deuterium data set by
Petit et al. [1999]. When the transect is submerged, an ocean bottom water temperature of
0◦C is applied instead.

and provided by Jerry Mitrovica (personal communication, 2013), determines the timing of
submergence and exposure of the sediments to seawater or the atmosphere (see Figures 4.2
and 4.3). The sea level curves account for the effects of regional isostatic adjustments and
self-gravity on the global sea level variations, making each curve site-specific. Over the last
glacial cycle, the sediments at the 20 m isobath at the North American Beaufort have been
exposed to the air for roughly 70 ka, with ocean transgression as recent as ∼4 kaBP. At the
ESAS, the sediments at the 20 m isobath have been exposed to the air for roughly 105.5 ka,
with ocean transgression as recent as ∼6 kaBP. At this shallow water depth, observations
show that relict submarine permafrost is still present at the Beaufort Sea and ESAS [Weaver
& Stuart , 1982; Brothers et al., 2012; Kassens et al., 2000].

We use the Vostok ice core deuterium data set by Petit et al. [1999] to provide a rough
mean annual air temperature reconstruction over the last glacial cycle. We apply the air
temperature anomaly in [Petit et al., 2001] to the present-day mean annual air temperature
at the locations of the computational transect to obtain the top temperature boundary
condition when shelf sediments are exposed to the atmosphere (see Figures 4.2 and 4.3).
The mean annual air temperature for the period from 1987-1992 compiled by Zhang et al.
[1996] near the Alaskan Beaufort Sea coast averages -12.4◦C, while temperatures are slightly
colder today along the coast of the ESAS, roughly -14 ◦C [Romanovskii et al., 2005]. The
warming influence of a river bed is modeled by applying a localized 1◦C surface temperature
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Figure 4.3: A sea level curve (based on the models of Peltier [2004] and Kendall et al.
[2005] and provided by Jerry Mitrovica, personal communication, 2013) determines the time
interval for inundation and exposure to air for a transect located at the 20 m isobath in the
ESAS. When the transect is exposed, the mean annual air temperature is applied as a top
boundary condition, based on the Vostok ice core deuterium data set by Petit et al. [1999].
When the transect is submerged, an ocean bottom water temperature of 0◦C is applied
instead.

boundary condition over the river’s cross section when the transect is exposed to air. Because
the river water temperature is just above freezing, its presence should prevent permafrost
from forming under it, as is observed today beneath modern Arctic rivers [Walker , 1998].
We explore several typical Arctic river widths (0.5, 1, 1.5, and 2 km) in this study.

Ocean bottom water temperatures are typically below 0◦C in the near-shore Arctic Ocean.
For example, in the Alaskan Beaufort, bottom waters range between -0.5◦C and -1.7◦C, while
at the Laptev Sea, temperatures can be as low as -2◦C [Osterkamp, 2001]. However, in regions
nearby riverine input, bottom water temperatures can be as high as 3◦C, as observed during
summer near the Lena River delta on the ESAS [Shakhova et al., 2010b]. We apply an
ocean bottom water temperature of 0◦C as a boundary condition when shelf sediments are
submerged, reflecting the assumption that the transect is near a modern river output.

Because direct observations of the lithology, pore fluid salinity, and gas hydrate distribu-
tion within near-shore Arctic sediments are scarce, some approximation is necessary when
choosing model parameters. We use the available well log data compiled by Collett et al.
[2011] at the Alaskan North Slope, Weaver & Stuart [1982] and Sellmann & Chamberlain
[1980] at the North American Beaufort Sea, and the overview of observations detailed by
Nicolsky et al. [2012], to provide guidance. Off-shore well log data indicate the sediments of
the Canadian Beaufort are remarkably fresh between 200 - 2000 m depth, with a salinity of
only 0.01 ppt [Weaver & Stuart , 1982]. Drilling and cone penetrometer data beneath the
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Beaufort Sea near Prudhoe Bay show that the salinity of the shallow sediments (less than 65
m depth) is similar to that of sea water due to infiltration of saline waters into the surface
layer of sediments [Sellmann & Chamberlain, 1980]. Measurements of pore water salinity
at the ESAS have not been made deeper than 70 m, but the shallow observations indicate
that near-surface sediments also have sea water salinity values [Nicolsky et al., 2012]. In
the absence of deeper observations, we assume the same salinity for the deep sediments at
the ESAS as at the Beaufort (i.e., 0.01 ppt). Additionally, neutron log calculated porosity
values reported by Collett et al. [2011] at the Alaskan North Slope are roughly constant with
depth in the top 1km of the sediment column and range between 22% and 48%. Hydrate
deposits are found only in discrete sandstone units occurring at 50-100 m intervals and up to
30 m thick. These units are almost completely saturated with methane hydrate (∼85% pore
volume), but deposits with such high hydrate saturation are likely not common. Although
these observations are on-shore, they are reasonable values to use given the uncertainties
and the long terrestrial history over the last glacial cycle at the locations of the computation
transects. Moreover, qualitatively similar hydrate distribution patterns were found in off-
shore wells at the Canadian Beaufort [Weaver & Stuart , 1982]. We explore a range of initial
gas hydrate saturation levels (i.e., 80%, 50%, and 20% pore volume) in 25 m thick horizontal
units separated by 75 m vertical intervals within the calculated hydrate stability zone at the
last glacial maximum. We assume an average and constant porosity of 35% for both the
North American Beaufort and ESAS transects. Due to the absence of hydrate distribution
observations at the ESAS, we assume the same initial hydrate distribution at both locations.

4.3 Model Results

4.3.1 Continuous Permafrost and Hydrate Extent

Sustained exposure of the shelf sediments to air temperatures below the freezing point forms
a thick layer of continuous ice-bearing permafrost (hereafter more simply called ‘permafrost’)
far from the river’s thermal influence. Figure 4.4 presents a 1D time history of the continuous
permafrost layer extent at each transect location. At the last glacial maximum (assumed 18
kaBP), model results predict the base of the permafrost layer at 600 m below the sediment
surface along the modeled transect at the North American Beaufort and 700 m at the ESAS.
Permafrost extends deeper into the sediments at the ESAS because of the longer duration
of exposure to sub-freezing air temperatures (∼ 70 ka at the Beaufort vs. ∼ 105.5 ka at the
ESAS). While observations of the off-shore permafrost extent are scarce at the ESAS, several
records exist in off-shore wells drilled at the Canadian Beaufort Sea (e.g., Weaver & Stuart
[1982]; Hitchon et al. [1990]; Hu et al. [2013]). Although permafrost varies by location, well
records near the 20 m isobath show the submarine permafrost base at 400 - 780 m depth.

Figure 4.5 presents a 1D time history of the sediment temperature for both transect
locations in a continuous permafrost region. Rising air temperatures since the onset of
the Holocene interglacial warmed the ground, slightly reducing the ice saturation of the
permafrost layer near the surface and at the base, but not its overall vertical extent at the
time the transect became submerged (∼ 4 and ∼ 6 kaBP at the Beaufort and the ESAS,
respectively). Further and more dramatic warming after submergence has caused melting
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Figure 4.4: Time history of continuous permafrost (ice) saturation vs. depth within the
sediment pore space far from paleo-river channel at (A) the North American Beaufort and
(B) the ESAS transect locations. Permafrost saturation and extent decrease under the effects
of warming. The majority of ice loss occurs at the surface and at depth.

within the permafrost layer. The greatest ice loss has occurred near the surface and at depth.
However, temperature and permafrost depth have stayed relatively constant due to the large
amount of latent heat, or ‘thermal inertia,’ required to melt the permafrost layer.

Beneath and within this protective permafrost layer, methane hydrate is thermodynam-
ically stable. Figure 4.6 shows the methane hydrate stability zone in regions of continuous
permafrost for both the North American Beaufort and ESAS transect locations. The depth
to the base of the methane hydrate stability (MHS) zone far from the river’s influence has
actually been increasing in recent time at both locations, and has not changed since transect
submergence at present-day. Moreover, the spatial extent of the MHS zone is at its largest at
present-day. At the last glacial maximum, model results predict hydrate stability to 850 m
depth at the Beaufort and 1050 m depth at the ESAS, while the present-day depth extends
to 925 m and 1100 m below the seafloor, respectively. The increase in size of the MHS
zone, even though the sediment surface is warming, can be explained by the time lag in heat
propagation through the sediments and the fact that the permafrost above absorbs much of
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Figure 4.5: Time history of sediment temperature vs. depth within far from paleo-river
channel at (A) the North American Beaufort and (B) the ESAS transect locations. Temper-
ature increases with time since the last glacial maximum. Line labels are the same as those
presented in Figure 4.4.

the heat input from the surface during phase change.
Moreover, model results predict that the continuous permafrost layer and MHS zone

should persist well into the future in regions of continuous permafrost. For example, after an
additional 10 ka of sustained submergence, the continuous permafrost layer is present down
to ∼400 m and ∼500 m depth (at the Beaufort and the ESAS, respectively; see Figure 4.4),
although at lower ice saturations. The thickness of the MHS zone decreases as permafrost
degrades and the geothermal gradient begins to warm the sediments from below, but not
until roughly 2 ka into the future at the Beaufort transect location, and longer still at the
ESAS.

These results suggest that near-shore submarine permafrost should exist today and well
into the future in regimes away from anomalous sources of heat, such as the thermal influence
of the river. Based on this numerical study, hydrate deposits should also be stable within and
below intact continuous permafrost layers. The fact that the MHS zone actually increased in
vertical extent since the glacial maximum, and is not expected to change for several thousands
of years after submergence, indicates its resilience. However, permafrost distribution in the
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Figure 4.6: Time history of methane hydrate stability zone in regions of continuous per-
mafrost far from paleo-river channel at the North American Beaufort and the ESAS transect
locations. The stability zone is smaller at the Beaufort than the ESAS due to the difference
thermal histories, but shows the same trend. In both cases, the stability zone does not begin
to shrink until several thousands of years after transect submergence.

field may differ from the continuous permafrost modeling results due to local variations
in the salinity field (such as brine pockets or layers), or regions of elevated bottom water
temperatures, for example.

4.3.2 Talik Formation and Methane Gas Venting

Permafrost and the associated methane hydrate deposits within the calculated MHS zone are
allowed to evolve within the computational transects over the duration of the last glacial cycle
(i.e. spin-up period of roughly 100 ka), and continuing 10 ka into the future, as described in
Section (5.2). The warming influence of a modeled paleo-river channel prevents the formation
of permafrost beneath it, creating a talik in the otherwise continuous permafrost. Figures 4.7
and 4.8 show the permafrost and hydrate structure at the glacial maximum for each paleo-
river channel width simulated. The width of the paleo-river channel controls the spatial
extent of the talik, and whether the talik is open or closed. The surrounding continuous
permafrost bulges out slightly beneath the river bed, reducing the talik width near the
sediment surface. A paleo-river channel which is 1.0 km wide or smaller fails to form an
open talik because of this bulging effect at the ESAS transect location. However, river beds
larger than 1.0 km wide do form a pathway from depth that is entirely free from ice or
hydrate. At the North American Beaufort transect location, only the smallest river width
simulated (0.5 km) failed to create an open talik. The taliks (open or closed) persist beneath
the river bed for the entire glacial cycle and do not refreeze upon submergence. In natural
settings, the three-dimensional structure may be more complex than what is simulated in
our two-dimensional model, as river width is typically not constant along its entire path,
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and the effects of meander have not been taken into account.
Transect submergence dramatically warms the sediments from above, in addition to the

strong warming from below due to geothermal heat flux. Talik width increases, and ice
saturation within the pore space decreases as submarine permafrost begins to melt. Warming
due to ocean transgression is also felt within the MHS zone at depth, but only near the talik
edges at first. As hydrates begin to dissociate, methane gas is released into the sediment pore
space. Buoyancy drives gas towards the sediment surface according to Darcy’s Law, where it
vents into the overlying water column. Several snapshots of the permafrost, methane hydrate,
and methane gas saturation within the computational transect are shown in Figures 4.9 and
4.10 for each river width modeled at present-day. Gas charged regions (semi-transparent
areas highlighted in yellow) exist near the talik edges and are formed from gas which is
presently dissociating, or from a trail of gas left over from previous venting events. Gas
saturation in the highlighted region ranges between 0.09 to 0.11 pore volume. Sediments
which have been charged by gas but not currently venting are still vulnerable to later gas
venting events. For example, ice scouring which disturbs the seafloor can potentially release
this gas, and these old gas migration pathways can help facilitate new rapid release.

Our model does not account for the effects of possible gas traps or sinks, such as the
sulfate reduction zone near the sediment surface, or permeability seals to gas such as regions
of fine grained sediments, which would limit the amount of gas that can reach the sediment
surface. However, gas within the sediment pore space must build up to a minimum of
0.10 saturation before it becomes mobile due to gas relative permeability. This results in
a considerable amount of gas left behind in the sediments. Including gas sinks or allowing
larger volumes of trapped gas would decrease gas venting, so our predictions provide an
upper bound on what is possible given the initial hydrate saturations explored.

Gas Venting History at the ESAS

Figure 4.11 shows a time history of methane gas venting rate in kg yr−1 (on the left axis)
at the ESAS transect location since the last glacial maximum to 10 ka in the future. The
venting rate is obtained by integrating the flux across the channel, so the total gas flow
depends on the downstream length of the channel. Several initial hydrate saturation values
(indicated by the line stroke) and river widths (indicated by the line color) are shown. The
onset of gas venting depends both on the hydrate saturation within the pore volume at the
glacial maximum and the paleo-river (talik) width. In general, larger talik widths and larger
gas hydrate deposits will begin venting gas to the sediment surface first. For example, for
an initial hydrate saturation of 80% pore volume within the sandy layers (corresponding to
28% by volume within a hydrate layer, or 7% by volume within the entire stability zone),
venting begins roughly 4 kaBP at the ESAS transect location for the largest river widths
considered (2 and 1.5 km wide), 2 ka after the transect becomes submerged. Smaller river
widths create thinner taliks, delaying the effects of warming, and hence delaying hydrate
dissociation and gas venting. For a 1 km wide river, venting is not predicted until 2 kaBP,
which is roughly 4 ka after the transect has been submerged.

Model results also show that small hydrate deposits or small paleo-river channels do not
produce observable gas venting at the present day. When the initial hydrate saturation is
20% (corresponding to 1.75% by volume within the entire stability zone), venting is not
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Figure 4.7: Permafrost and hydrate saturation at the last glacial maximum for each paleo-
river channel width simulated: (A) 0.5 km, (B) 1.0 km, (C) 1.5 km, and (D) 2.0 km. Con-
ditions for the ESAS transect are assumed and only the results for 20% hydrate saturation
are shown. The location of the paleo-river channel is marked with a red thick line at the top
and center of the domain. The warming influence of the river channel prevent permafrost
and hydrate formation below the river channel when river width is large (> 1 km), forming
an open talik. For smaller river widths, the talik formed is closed by either permafrost or
hydrate layers.
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Figure 4.8: Permafrost and hydrate saturation at the last glacial maximum for each paleo-
river channel width simulated: (A) 0.5 km, (B) 1.0 km, (C) 1.5 km, and (D) 2.0 km.
Conditions for the North American Beaufort transect are assumed and only the results for
20% hydrate saturation are shown. The location of the paleo-river channel is marked with
a red thick line at the top and center of the domain. The warming influence of the river
channel prevent permafrost and hydrate formation below the river channel when river width
is large (> 0.5 km), forming an open talik. For smallest river width, the talik formed is
closed by both permafrost and hydrate layers.
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Figure 4.9: Permafrost and hydrate saturation at the present-day for each paleo-river channel
width simulated: (A) 0.5 km, (B) 1.0 km, (C) 1.5 km, and (D) 2.0 km. Conditions for the
ESAS transect are assumed and only the results for 50% hydrate saturation are shown. The
location of the paleo-river channel is marked with a red thick line at the top and center
of the domain. Semi-transparent yellow regions indicate where the sediments are charged
with methane gas (0.09 - 0.11 pore volume) due to dissociating gas hydrate. Although all
simulations show some portion of the hydrate reservoir has dissociated at depth, only taliks
> 0.5 km in width allow the gas to reach the sediment surface at present-day.
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Figure 4.10: Permafrost and hydrate saturation at the present-day for each paleo-river chan-
nel width simulated: (A) 0.5 km, (B) 1.0 km, (C) 1.5 km, and (D) 2.0 km. Conditions for
the North American Beaufort transect are assumed and only the results for 50% hydrate
saturation are shown. The location of the paleo-river channel is marked with a red thick
line at the top and center of the domain. Semi-transparent yellow regions indicate where
the sediments are charged with methane gas (0.09 - 0.11 pore volume) due to dissociating
gas hydrate. Although all simulations show some portion of the hydrate reservoir has disso-
ciated at depth, only taliks > 0.5 km in width allow the gas to reach the sediment surface
at present-day.
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Figure 4.11: A time history of methane gas venting at the sediment surface for several values
of initial hydrate saturation levels and river widths at the ESAS transect location. The left
axis measures venting in kg yr−1 and the right axis shows the equivalent present-day water
column methane concentration in nM, assuming an average current of 4 cm/s along the
transect. Methane venting is significant enough to supersaturate the water column above
taliks at present-day (ocean water methane solubility in equilibrium with the atmosphere is
∼ 3.5 nM).

predicted until 1.5 ka into the future for the largest river width (2 km). A river width
of 0.5 km or less fails to create an open talik in the permafrost, therefore gas venting is
only observed once the warming of submergence penetrates the thinned permafrost directly
below the river bed. This delays gas venting to the sediment surface until nearly 10 ka after
transect submergence (or ∼4 ka in the future) for an initial hydrate saturation of 80%. For
the smallest hydrate deposits, no gas venting is observed even after 10 ka beyond present-day.

As a general trend, gas flux to the sediment surface depends mostly on talik size near the
onset of venting. However, as warming penetrates into the continuous permafrost, gas flux
accelerates exponentially and shifts its dependence to the initial hydrate inventory instead.
After a sufficiently long time, so much submarine permafrost has been compromised that
the majority of the transect becomes permeable to gas, and the system loses memory of
the original permafrost-talik structure. Widespread venting, no longer associated with the
original location or size of the talik, is expected ∼ 7 ka into the future at the ESAS transect
location. As shown in Figure 4.4, this corresponds to an ice saturation level below 50%
within the continuous permafrost region. An exception to this trend is observed for the
largest river width simulated (2 km). This exception suggests a critical talik width, where
taliks larger than 2 km wide would not necessarily cause more gas venting.

On the right axis in Figure 4.11, the methane gas venting rates in kg yr−1 per meter along
the paleo-river channel are converted to an equivalent water column methane concentration
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overlying the venting talik. The water column methane concentration value is useful when
comparing model results with measurements taken in the field. The model calculation is
based on a constant water depth of 20 m, and an average current of 4 cm s−1 along the
transect [e.g., Dmitrenko et al., 2010]. For example, at the present time for the ESAS
transect location, 33 kg yr−1 of methane would mix in a seawater volume of 2.52 x 107 m3

yr−1 above a 2 km wide talik with an initial hydrate saturation value of 50% (solid green
line, see inset in Figure 4.11). Assuming a constant methane flux, complete dissolution into
seawater with no pre-existing methane, and no methane oxidation in the water column, the
resulting methane concentration in the water column overlying the talik would be ∼ 82 nM.
Ebullition (gas bubbling) would probably reduce the dissolved concentration, but pre-existing
dissolved methane would have the opposite effect. We also note that water currents do vary
by location, as does the water depth over time, thus the methane concentration values are
only an approximation to aid in the comparison between model results and measurements
in the field as they are most often reported. This approximation does not apply to the gas
venting rates (on the left axis), as they are a direct quantification of the gas flux from the
sediment surface.

The inset in Figure 4.11 shows part of the same venting plot magnified near the present
day. The maximum water column methane concentration that can be expected due to
hydrate dissociation through taliks at the ESAS is about 150 nM, given a large talik underlaid
with high hydrate saturation values. No venting is expected at the present for taliks less
than 1 km in width underlaid by any value of hydrate saturation. Similarly, no venting
would be expected at the present for any talik size underlaid by a hydrate saturation of
less than 20% pore volume within hydrate layers. Bottom water methane concentrations
reported by Shakhova et al. [2010b] during summer range between 2.1 - 298 nM with a mean
of 50 nM (also see Figure 4.1). Methane venting hot-spots, where the highest dissolved
methane concentrations were measured, tend to be near rivers. Although the source of gas
in the ESAS observations remains uncertain, our model suggests that a large portion of
the dissolved methane can be explained by gas venting through taliks from decomposing
hydrates, however, large taliks (> 1 km wide) and large hydrate deposits (> 50% pore
volume within sandy layers) are required. Additionally, observations indicate bottom water
methane concentration tends to increase in the downstream direction of the proposed paleo-
river channel. Model results are consistent with this pattern, as sediments in the downstream
direction have been submerged longer, causing stronger venting rates.

Gas Venting History at the Beaufort

Figure 4.12 shows the corresponding time history of methane gas venting rate in kg yr−1 per
meter along the paleo-river channel (on the left axis) at the Beaufort transect location since
the last glacial maximum to 10 ka in the future. On the right axis, the gas venting rates have
been converted to an equivalent water column methane concentration overlying the venting
talik according to the same method described in the previous section. Gas venting at the
North American Beaufort transect location follows the same trends as previously described
at the ESAS location. However, because of the warmer air temperatures and shorter duration
of exposure, the onset of gas venting occurs sooner after submergence at the Beaufort (1 ka)
than at the ESAS (2 ka). For the same reason, the onset of widespread venting which is no
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Figure 4.12: A time history of methane gas venting at the sediment surface for several values
of initial hydrate saturation levels and river widths at the North American Beaufort transect
location. The left axis measures venting in kg yr−1 and the right axis shows the equivalent
present-day water column methane concentration in nM, assuming an average current of 4
cm/s along the transect. Methane venting is significant enough to supersaturate the water
column above taliks at present-day (ocean water methane solubility in equilibrium with the
atmosphere is ∼ 3.5 nM).

longer associated with the original size of the talik is expected much earlier at the Beaufort,
∼ 5 ka into the future. The difference in thermal history results in a more narrow MHS zone
which shrinks more quickly at the Beaufort location than at the ESAS (see Figure 4.6).

The inset in Figure 4.12 shows a portion of the same venting plot magnified near the
present day. The maximum water column methane concentration that can be expected due
to hydrate dissociation through taliks is about 80 nM, given a large talik underlaid with high
hydrate saturation values. This is nearly half the value expected at the ESAS. No venting
is expected at present for talik widths less than 1 km in width underlaid by any value in
hydrate saturation. Similarly, no venting would be expected at the present for any talik size
underlaid by a hydrate saturation of less than 20% pore volume within hydrate layers. In
general, gas venting at the Beaufort is less than at the ESAS because submergence at the
Beaufort has been more recent, by roughly 2 ka. However, shifting the inset plot in Figure
4.11 by 2 ka does not yield a match to the results for the ESAS. If submergence history
was the same, gas venting rates at the Beaufort would actually be larger due to the shorter
duration of exposure and slightly warmer mean annual air temperature.

Water column methane concentration measurements are few and far between at the
Beaufort Sea. Preliminary USGS data from the Alaskan Beaufort has revealed a possible
methane hot-spot near the Colville Delta [Pohlman et al., 2012]. Older measurements by
Kvenvolden et al. [1993] report the bottom water methane concentration at 21 m water depth
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near the Colville River was 94 nM under winter ice cover. During ice-free conditions at the
Canadian Beaufort offshore from the Mackenzie River Delta, Macdonald [1976] measured
the largest bottom water methane concentration at 51 nM near the 20 m isobath, and in
general, most measurements were between 5 - 27 nM. While the source of methane in these
measurements cannot be determined (although they are distinct from the Mackenzie River),
they are in range of the predictions made by the model at present-day and are consistent
with the possibility of gas venting through taliks due to decomposing gas hydrates.

4.4 Discussion & Conclusion

Because of their shallow depth, permafrost-associated methane hydrate deposits along the
Arctic continental shelf are much more susceptible to climate change and warming than
deep oceanic hydrates. While many previous thermal modeling studies show that regions
of relict submarine permafrost should persist today and well into the future, several field
observations report elevated dissolved methane levels in the circum-Arctic Ocean. In this
study, we have assessed the role of taliks (unfrozen portions within the continuous submarine
permafrost) in creating permeable pathways which can facilitate methane gas escape from
dissociating hydrate deposits at depth, and quantified the expected gas flux to the water
column due to natural climate variation. Our model results reconcile and support both
seemingly conflicting observations in the literature. Taliks that form beneath presently
submerged paleo-river channels provide a pathway for gas flow from depth. Warming during
interglacial periods reaches hydrate layers near talik edges first, resulting in methane gas
venting to the sediment surface through talik openings. Hydrate deposits further away from
the taliks are buffered by the thick layer of continuous permafrost, which absorbs much of
the surface warming as latent heat during phase change.

Model results predict the maximum water column methane concentration that can be
expected due to hydrate dissociation through taliks is about 80 nM at the Beaufort, or 150
nM at the ESAS, given a large talik underlaid with high hydrate saturation values. Methane
solubility in ocean water at 0◦C in equilibrium with the atmosphere is roughly 3.5 nM.
Bearing this in mind, model results show the present venting rate through large taliks and
high initial hydrate saturations is high enough to supersaturate the overlying water column
as it flows past the talik, by several orders of magnitude. Methane supersaturated waters
likely drive a net flux of methane into the atmosphere.

We stress that the current venting rates predicted by the model, and likely those of
the observations, are due solely to the effects of natural climate change, as anthropogenic
effects have not been included in this model. Effects of anthropogenic global warming will
certainly increase gas venting rates if ocean bottom water temperatures increase, but likely
won’t have immediately observable impacts due to the long response times. Our model
results support the idea that permafrost taliks formed by paleo-river channels can facilitate
the release of large quantities of methane gas derived from degrading Arctic permafrost-
associated gas hydrates at levels similar to those reported in the field. However, the actual
inventory of relict permafrost-associated gas hydrate deposits on the circum-Arctic shelves
remains controversial due to a lack of observations. Moreover, the source of methane, which
has been observed in the field at elevated levels, is not known for certain. While many studies
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support the idea that the gas is derived from the sediments, a variety of possible methane
sources exist other than gas hydrates. Deep thermogenic gas seeps, or biogenic activity
in the sediments may also be bringing similar amounts of methane to the water column.
Future work should focus on including additional talik formation mechanisms, due to faults
or thermokarst features, additional methane gas sources, and the effects of anthropogenic
warming trends. Continuing studies on permafrost-associated gas hydrate reservoirs will
allow us to better understand the Arctic’s contribution to the global methane budget and
global warming.

Table 4.1: All model parameters used are listed in the table below and are assumed constant.
The references listed provided guidance in our choice of parameter values.
∗ A geothermal gradient boundary condition of 25 C km−1 was required to recover a present
day geothermal gradient below the IBP layer matching observations in Weaver & Stuart
[1982].
∗∗ The average gas density is used for typical conditions at 1 km sediment depth.
† Typical values used for marine sediments.

Symbol Parameter Value Units Reference
C0 initial pore water salinity 0.01 ppt [Weaver & Stuart , 1982]
Cw sea water salinity b.c. 32 ppt
φ sediment porosity 0.35 [Collett et al., 2011]
φ0 percolation porosity† 0.05
k sediment permeability† 1015 m2

∂T
∂z

geothermal gradient b.c.* 25 C km−1 [Weaver & Stuart , 1982]
paleo-river channel width 0.5,1.0,1.5,2.0 km [Walker , 1998]

Xf mass fraction of H2O in hydrate 0.86 [Handa, 1986]
Xf mass fraction of CH4 in hydrate 0.14 [Handa, 1986]
µf pore water viscosity 1.8x10−3 Pa s [Lide, 2013-2014]
µg methane gas viscosity 1.018x10−5 Pa s [Lide, 2013-2014]
ρf density of pore water 1000 kg m3 [Lide, 2013-2014]
ρg density of methane gas** 20 kg m3 [Lide, 2013-2014]
ρi density of ice 920 kg m3 [Lide, 2013-2014]
ρh density of hydrate 900 kg m3 [Sloan & Koh, 2007]
ρs density of sediments† 2700 kg m3

Cpf heat capacity of pore water 4.18 kJ kg−1 C−1 [Lide, 2013-2014]
Cpg heat capacity of methane gas 2.23 kJ kg−1 C−1 [Lide, 2013-2014]
Cpi heat capacity of ice 2.09 kJ kg−1 C−1 [Lide, 2013-2014]
Cph heat capacity of hydrate 2.08 kJ kg−1 C−1 [Handa, 1986]
Cps heat capacity of sediments† 1.38 kJ kg−1 C−1

Lf latent heat of pore water 334 kJ kg−1 [Lide, 2013-2014]
Lh enthalpy of hydrate dissociation 430 kJ kg−1 [Rueff et al., 2004]
Kf thermal conductivity of pore water 0.58 W C−1 m−1 [Lide, 2013-2014]
Kg thermal conductivity of methane gas 0.03 W C−1 m−1 [Lide, 2013-2014]
Ki thermal conductivity of ice 2.18 W C−1 m−1 [Lide, 2013-2014]
Kh thermal conductivity of hydrate 0.50 W C−1 m−1 [Lide, 2013-2014]
Ks thermal conductivity of sediments† 5.50 W C−1 m−1
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Chapter 5

Present-day Extent of Relict
Submarine Permafrost and Gas
Hydrate on the North American
Beaufort Shelf

Frederick J. M. and B. A. Buffett (2014), Effects of submarine groundwater discharge on
the present-day extent of relict submarine permafrost and gas hydrate derived methane gas
venting on the Alaskan Beaufort Shelf, Journal of Geophysical Research, in prep.

5.1 Introduction

Methane hydrate is an ice-like solid which sequesters large quantities of methane gas in
marine sediments along most continental margins where thermodynamic conditions permit
its formation. Because methane hydrate is stable only within a specific temperature and
pressure range, hydrate inventory evolves with Earth’s shifting climate. If hydrate-bearing
sediments warm to a degree which drives dissociation, methane gas is released to the environ-
ment. Large-scale dissociation of gas hydrate deposits due to anthropogenic global warming
may have an immediate and strong positive feedback (e.g., the clathrate gun hypothesis,
[Kennett et al., 2003]). On the other hand, the response may be slow and gas release diffuse,
with little to no impact on the climate. Which bound will be closer to the truth is uncertain
today because the response of methane hydrate deposits to warming is poorly understood.

Unique permafrost-associated methane hydrate deposits exist at shallow depths within
the sediments of the circum-Arctic continental shelves. This icy carbon reservoir is thought
to be a relict of cold glacial periods, aggrading when sea levels are much lower and shelf
sediments are exposed to freezing air temperatures. During interglacial periods, rising sea
levels flood the shelf, bringing dramatic warming to the permafrost- and hydrate-bearing
sediments. Permafrost-associated methane hydrate deposits have been responding to warm-
ing since the last glacial maximum ∼18 kaBP as a consequence of these natural glacial cycles.
Degradation of this shallow-water reservoir has the potential to release large quantities of
methane gas directly to the atmosphere. This ‘experiment,’ set into motion by nature it-
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self, allows us an unique opportunity to study the response of methane hydrate deposits to
warming.

Although relict permafrost-associated gas hydrate deposits likely make up only a small
fraction of the global hydrate inventory [Ruppel , 2011], their susceptibility to climate change
necessitates a better understanding of their role in the Arctic methane budget. This paper
is motivated by recent field studies which report elevated methane levels in North American
Arctic coastal waters. Vigorous gas plumes, as well as diffuse methane venting from the
sediments, have been observed along the Canadian Beaufort mid-shelf and shelf-edge [Paull
et al., 2007, 2011]. For example, localized gas venting from a pingo-like feature on the
mid-shelf was measured at ∼ 5 L hr−1 in 2003 [Paull et al., 2007], and was still venting
methane when observed again in 2010 [Paull et al., 2011]. At the Alaskan Beaufort shelf,
sampled seawater was saturated in methane under winter sea ice due to venting from the
sediments [Kvenvolden et al., 1993], and average surface water methane concentrations were
supersaturated relative to equilibrium with the atmosphere [Pohlman et al., 2012]. While
these observations are consistent with methane release as a result of decomposing submarine
permafrost and gas hydrates, the source of gas cannot easily be distinguished from other
possibilities, including the escape of deep thermogenic gas through permeable pathways
such as faults, or microbial activity on thawing organic matter within the shelf sediments,
clearly documented terrestrial processes (e.g., [Walter Anthony et al., 2012]).

Gas hydrate stability and the permeability of the shelf sediments to gas migration is
thought to be closely linked with relict submarine permafrost. Submarine permafrost extent
depends on several environmental factors. The shelf lithology, sea level variations, mean
annual air temperature, ocean bottom water temperature, geothermal heat flux, groundwater
hydrology, and the salinity of the pore water are all important controls, to name a few
[Osterkamp, 2001]. However, the difficulty of taking such measurements in the field today, in
addition to understanding the paleo-climatic values, makes modelling submarine permafrost
and gas hydrate deposits difficult without some approximation. Several thermal modelling
studies have shown that relict submarine permafrost and gas hydrates should still exist on
vast regions of the circum-Arctic continental shelf at present-day [Judge & Majorowicz , 1992;
Taylor et al., 1996a,b; Delisle, 2000; Romanovskii et al., 2005; Nicolsky et al., 2012; Taylor
et al., 2013]. However, these studies have been incomplete in many aspects. For example,
early models were one-dimensional for simplicity [e.g., Judge & Majorowicz , 1992; Taylor et
al., 1996a,b], but more recent work [e.g., Delisle, 2000; Romanovskii et al., 2005; Nicolsky
et al., 2012; Taylor et al., 2013] indicates that two-dimensions and explicit treatment of
heat and solute (salt) transfer by advection, groundwater hydrology, and buoyancy driven
flows is needed. Moreover, estimating the amount of methane gas released as a result of gas
hydrate dissociation due to warming requires a model for gas hydrate inventory. Only a few
observations have been made which infer or confirm the presence of relict Arctic off-shore
permafrost [Judge et al., 1981; Weaver & Stuart , 1982; Osterkamp, 1989; Kassens et al., 2000;
Rachold et al., 2007; Brothers et al., 2012] or permafrost-associated gas hydrates [Weaver
& Stuart , 1982; Smith & Judge, 1993; Dallimore & Collett , 1995; Paull et al., 2011]. The
scarcity of observations means the actual extent of relict permafrost-associated gas hydrate
deposits on the circum-Arctic shelves remains controversial.

The salinity of the pore water partially controls the freezing point depression for both ice
and gas hydrate. When sediments are first deposited, the pore fluid takes on the salinity of
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the depositional environment. Drill cores show the stratigraphy of the Canadian Beaufort
shelf is controlled by regressive/transgressive cycles which deposit fresh fluvial sand or saline
marine mud, respectively [Osterkamp, 2001]. The salinity of the pore water may evolve
from the depositional environment in time by solute transport via advection or diffusion.
For example, drilling and cone penetrometer data beneath the Beaufort Sea near Prudhoe
Bay show that the salinity of the shallow sediments (less than 65 m depth) is similar to
that of sea water due to infiltration of saline waters into the surface layer of sediments
[Sellmann & Chamberlain, 1980]. However, off-shore well log data indicate the sediments of
the Canadian Beaufort are remarkably fresh between 200 - 2000 m depth, with a salinity of
only 0.01 ppt [Weaver & Stuart , 1982]. Submarine discharge of fresh terrestrial groundwater
may explain the deep off-shore freshening. Because submarine permafrost creates a relatively
impermeable barrier to fluid movement, confinement imparts a sort of anisotropy to the shelf
sediment system [Williams , 1970]. Fresh terrestrial groundwater discharge will tend to travel
horizontally off-shore beneath the shallowest submarine confining unit (e.g., the impermeable
permafrost layer), and a freshwater-saltwater interface is typically located where the fresh
terrestrial groundwater discharge meets the seaward edge of the confining unit [Bratton,
2010]. However, in the case of relict submarine permafrost, the extent of the confining unit
off-shore is constantly evolving in time, making the location of the brackish mixing zone
difficult to predict without numerical techniques.

In this study, we quantitatively assess the response of submarine permafrost and per-
mafrost associated gas hydrate deposits to warming on the North American Beaufort Shelf
with a two-dimensional numerical model which resolves many important physical aspects of
the natural system. We make predictions of the location and magnitude of gas flux that
might be expected as a result of relict permafrost-associated gas hydrate decomposition.
In addition, we investigate the role of terrestrial submarine ground water discharge on the
salinity field and show how the location of the freshwater-saltwater interface is related to the
seaward permafrost extent on the circum-Arctic shelf. A goal of this study is to highlight
several ‘observable features’ which are indicative of permafrost degradation or gas hydrate
dissociation. Such features can be used by scientists in future Arctic expeditions to assess
the current state of relict permafrost-associated gas hydrate deposits.

5.2 Numerical Methods

5.2.1 Numerical Model Formulation

We use a numerical model to evaluate the temperature and salinity fields, fluid and gas flow
patterns, and permafrost and gas hydrate evolution within a two-dimensional transect of the
shallow Arctic shelf sediments. The model is time-dependent and based on the finite volume
method previously presented by Frederick & Buffett [2014].

The temperature field T is solved according to the energy equation,

ρcp

[
∂T

∂t
+∇ · (uT )

]
= ∇ · (K∇T ) + ϕ (5.1)

where ρ is the density, cp is the specific heat, u is the transport velocity, K is the thermal
conductivity, and ϕ = ϕi + ϕh is the combined effect of latent heat of ice ϕi and hydrate ϕh
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formation. The density and specific heat within each computational grid cell are determined
by a volume average of components (denoted by an overbar), while the thermal conductivity
is obtained via a mixture model,

K = K(1−φ)
s K

(Sf )

f K
(Sh)
h K

(Si)
i K(Sg)

g (5.2)

which defines an effective value K based on the volume fraction S of each component (e.g.,
rock (Ss = 1 − φ), pore fluid (Sf = φf), ice (Si = φi), hydrate (Sh = φh), or methane
gas (Sg = φg)). A spatially and temporally constant geothermal gradient is applied as a
boundary condition at the bottom of the domain, while a no-heat flux (insulating) boundary
condition is applied at the two vertical sides.

For numerical stability, the latent heat source is treated as an anomaly in the local
specific heat (e.g., Bonacina et al. [1973]). The phase change component in each source term
is expanded as

ρiLi
∂Si
∂t

= ρiLi
∂Si
∂T

∂T

∂t
(5.3)

ρhLh
∂Sh
∂t

= ρhLh
∂Sh
∂T

∂T

∂t
(5.4)

where Si(T ) and Sh(T ) are prescribed functions of temperature that vary linearly from zero
to the maximum allowable value over a narrow 1◦C temperature interval around the melting
or equilibrium temperature, which is a prescribed function of salinity and pressure following
UNESCO [1983]. In this form, the latent heat can be treated as an anomaly in specific heat
as follows,

ρCp
′
= ρCp − ρiLi

∂Si
∂T
− ρhLh

∂Sh
∂T

(5.5)

For hydrate, we determine the equilibrium temperature following the empirical relationship
given by de Roo et al. [1983] using the local salinity and pressure.

The salinity field C is solved via the advection-diffusion equation,

∂C
∂t

+∇ · (uC) = D∇2C +Q (5.6)

where D is the diffusion coefficient for salt (assumed constant), and Q is a salt source term,
which represents the influence of ice or hydrate formation.

A two-phase variant of Darcy’s Law for fluid flux, or the transport velocity u, through a
porous media with buoyancy [Andler & Brenner , 1988] is given by,

uj = −
krjk(φ)

µj
∇
[
Ptotal −

(
ρjgz + P z=0

h

)]
(5.7)

where the subscript j indicates the phase (pore water or methane gas). Here P is the non-
hydrostatic pressure, and the density perturbation ∆ρj is defined relative to pure water. The
fluid viscosity is µ and the sediment permeability k(φ) is a function of porosity, based on
a modified Kozeny-Carman relation [Mavko & Nur , 1997]. The phase permeability factor
kr ranges between 0 and 1, and depends linearly on the phase saturation within the pore
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space (e.g., f or g). When gas saturation is below 0.10, we set krg = 0 to account for gas
immobility at low saturation. P z=0

h is the hydrostatic pressure at the sediment surface,

P z=0
h = ρfgH(x, t) (5.8)

where H(x, t) is the water depth above the sediment surface as a function of the distance
off-shore, and ρf takes the value for sea water.

Fluid volume fractions Sj are updated in time by,

∂Sj
∂t

+∇ · uj = Φj (5.9)

where Φj represents a source of methane gas when hydrate dissociates, or a source/sink of
fluid when ice or hydrate melts/forms, respectively. Because the mass fraction of methane
in seawater in equilibrium with hydrate is much smaller than the mass fraction of gas in
hydrate Xg, the gas source term due to hydrate dissociation can be simplified to,

Φg = −
(
Xg
ρh
ρg

)
∂Sh
∂t

(5.10)

The fluid source term is given by,

Φf = −
(
Xf

ρh
ρf

)
∂Sh
∂t
−
(
ρi
ρf

)
∂Si
∂t

(5.11)

where Xf is the mass fraction of water in hydrate. We assume ρh/ρf ≈ 1 and ρi/ρf ≈ 1,
which neglects the small volume change when water changes phase from ice or hydrate.

Pressure P is computed from conservation of mass,∑
j

(∇ · uj − Φj) = 0 (5.12)

where Φj are defined in (5.10) and (5.11). We set a constant pressure boundary condi-
tion (representing a pressure head due a topographically-controlled water table height) at
the location of the present-day shoreline. This boundary condition drives a non-constant
submarine ground water discharge into the computational transect and introduces fresh ter-
restrial pore water into the marine sediments. We do not consider capillary effects when
computing the pressure, which means the pressure within a grid cell is the same for each
fluid component within the sediment pore space.

The coupled equations are solved iteratively using a pre-conditioned general minimum
residual method (GMRES) at each explicit time step. The model is run over 125 ka, be-
ginning with the onset of the last glacial cycle, and extending 5 ka into the future. The
initial conditions are determined by running the model (at a more coarse discretization) over
28 100-ka equivalent glacial cycles, and future calculations are determined by holding the
present-day conditions constant. This means that no anthropogenic effects are included in
the simulations. All model parameters are listed in Table 5.1, with further detail provided
in the following section.
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Figure 5.1: A sea level curve (based on the models of Peltier [2004] and Kendall et al. [2005]
and provided by Jerry Mitrovica, personal communication, 2013) determines the time interval
for inundation and exposure to air for the computational transect oriented perpendicular to
shore in the North American Beaufort. When the transect is exposed, the mean annual air
temperature is applied as a top boundary condition, based on the Vostok ice core deuterium
data set by Petit et al. [1999]. When the transect is submerged, an ocean bottom water
temperature of -1.1◦C is applied instead.

5.2.2 Modeled Geographic Setting

We model a two-dimensional transect oriented perpendicular to the present-day shoreline at
the U.S. (Alaskan) Beaufort Sea. The transect extends from the present-day shoreline to
the shelf edge, ∼80 km off-shore [Blasco et al., 2010], and to 2 km depth below the sediment
surface. The numerical model is driven by the boundary conditions at the sediment surface.
A sea level curve, based on the models of Peltier [2004] and Kendall et al. [2005] and provided
by Jerry Mitrovica (personal communication, 2013), determines the timing of submergence
and expose of the sediments to seawater or the atmosphere (see Figure 5.1). The sea level
curve accounts for the effects of regional isostatic adjustments and self-gravity on the global
sea level variations, making the curve site-specific. The sediments of the North American
Beaufort shelf have been exposed to the air for up to 115 ka, with the lowest sea level
occurring about 14 kaBP.

We use the Vostok ice core deuterium data set by Petit et al. [1999] to provide a rough
mean annual air temperature reconstruction over the last glacial cycle. We apply the air
temperature anomaly in [Petit et al., 2001] to the present-day mean annual air temperature
at the locations of the computational transect to obtain the top temperature boundary
condition when shelf sediments are exposed to the atmosphere (see Figure 5.1). The mean

60



annual air temperature for the period from 1987-1992 compiled by Zhang et al. [1996] near the
Alaskan Beaufort Sea coast averages -12.4◦C. Therefore, the mean annual air temperatures
applied range between -10.4◦C and -21.9◦C. Ocean bottom water temperatures are typically
below 0◦C in the near-shore Arctic Ocean. For example, in the Alaskan Beaufort, bottom
waters range between -0.5◦C and -1.7◦C [Osterkamp, 2001]. We apply a median ocean bottom
water temperature of -1.1◦C as a boundary condition when shelf sediments are submerged.

Because direct observations of the lithology, pore fluid salinity, and gas hydrate distribu-
tion within the shallow Arctic sediments are scarce, some approximation is necessary when
choosing model parameters. At the Alaskan North Slope, Deming et al. [1992] determined an
effective basin-scale permeability on the order of 10−14 m2. The same study also estimated
an average ground-water Darcy velocity on the order of 100 mm yr−1. We use this Darcy
velocity to constrain the pressure head boundary condition at the location of the present-
day shoreline in the numerical model. In order to drive a Darcy flux of fresh ground-water
into the domain at a magnitude of 100 mm yr−1, a pressure head on order of 1000 m is
required. This value is consistent with a topographically driven ground-water flow system,
which transports fresh ground water from areas of high elevation (e.g., the Brooks range, el-
evation ∼2000 m) to the coastal plains, and has likely existed on the order of tens of millions
of years [Deming et al., 1992]. Neutron log calculated porosity values reported by Collett
et al. [2011], also at the Alaskan North Slope, are roughly constant with depth in the top
1km of the sediment column and range between 22% and 48%. We assume a median and
constant porosity of 35% in the numerical model. Hydrate deposits are typically found only
in discrete sandstone units occurring at 50-100 m intervals and up to 30 m thick. These
units may be nearly completely saturated with methane hydrate (∼85% pore volume), but
deposits with such high hydrate saturation are likely not common. Although these obser-
vations are on-shore, they are reasonable values to use given the uncertainties and the long
terrestrial history over the last glacial cycle at the location of the computation transect.
Moreover, qualitatively similar hydrate distribution patterns were found in off-shore wells
at the Canadian Beaufort [Weaver & Stuart , 1982]. We model gas hydrate deposits in 25
m thick horizontal units separated by 75 m vertical intervals. This structure is consistent
with how hydrate deposits have been recovered in the field. We limit the maximum hydrate
saturation within the pore volume within the sandy layers to 10%, a conservative value, but
one that may be more plausibly found shelf-wide. We represent the hydrate inventory in the
model by evenly distributing the hydrate over the entire stability zone (equivalent to 2.5%
saturation within the pore volume) due to spatial resolution limits in the computation.

5.3 Model Results

5.3.1 Off-shore Freshening via Submarine Groundwater Discharge

The salinity of the pore water is an important control on the freezing temperature and
therefore has a large effect on the evolution of relict submarine permafrost. We investigate
submarine discharge of fresh terrestrial groundwater as a mechanism to explain deep off-
shore freshening in the Beaufort shelf sediments, as reported by Weaver & Stuart [1982].
When the fluid-confining unit is steady, the freshwater-saltwater interface is typically located
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where the fresh terrestrial groundwater discharge meets the seaward edge of the confining
unit [Bratton, 2010]. However, because the off-shore extent of relict submarine permafrost
evolves over each glacial cycle, the location of the brackish mixing zone is difficult to predict.

The numerical model was run over several glacial cycles, allowing the periodic fluid-
confining permafrost layer to evolve under repeated climate forcing. The location of the
center of the freshwater-saltwater interface off-shore was recorded at the beginning of each
new glacial cycle (e.g., the position beneath the permafrost where the pore water salinity
was 16 ppt). Figure 5.2 shows the location of the saltwater-freshwater transition distance
for 40 equivalent 100-ka glacial cycles. The off-shore position of the freshwater-saltwater
interface increases with each glacial cycle, but the distance the transition travels off-shore
during each successive glacial cycle diminishes. This is because the transition can only be
advected further off-shore when a fluid-confining permafrost layer exists above the saltwater-
freshwater transition location. In the absence of a permafrost confining layer, or when the
pore fluid reaches the seaward edge of the permafrost layer, the pore fluid flows vertically,
producing a submarine spring at the sediment surface. Purely vertical pore fluid flow no
longer advects the saltwater-freshwater transition horizontally off-shore. Therefore, it is
unlikely that the transition distance will be advected beyond the maximum permafrost extent
off-shore. Moreover, as the transition location moves further off-shore, the amount of time
spent beneath the permafrost layer decreases, because shelf sediments further off-shore are
exposed to sub-freezing temperatures for a shorter period of time during each glacial cycle.
This is reflected by the asymptotic behavior in the model results.

The circum-Arctic shelf has been experiencing cyclic glacial cycles for roughly 2.75 Ma
[Lisiecki & Raymo, 2005], with 100 ka and 41 ka cyclicity. The black arrow in Figure
5.2 indicates the position of the saltwater-freshwater transition after 28 equivalent 100-ka
cycles. After 28 100-ka glacial cycles, the position of the interface reaches 55 km off-shore,
approximately midway between the average and maximum off-shore submarine permafrost
extent over a single glacial cycle. The position of the saltwater-freshwater interface predicted
by the model at present-day is in agreement with the few existing observations. For example,
well log records reported by Weaver & Stuart [1982] at the Canadian Beaufort show that deep
pore fluid as far off-shore as 60 m water depth (∼60 km off-shore) was fresh. Unfortunately,
we are not aware of available well log data which report deep pore fluid salinity from wells
further off-shore, or at the Alaskan Beaufort.

5.3.2 Submarine Permafrost Extent

The salinity field greatly influences the evolution of submarine permafrost. Dissolved solutes
depress the freezing temperature for water, therefore salty sediments take longer to freeze
after exposure to freezing air temperatures than fresh sediments, and melt sooner after ocean
transgression. Additionally, salty sediments do not freeze as completely as fresh sediments
because of salt exclusion during the freezing process. As a result, salty marine sediments
host less permafrost over a shorter portion of the glacial cycle than fresh sediments can.
Permafrost located seaward of the saltwater-freshwater transition is subject to such influences
of salt.
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Figure 5.2: The position of the freshwater-saltwater interface off-shore increases with each
glacial cycle. Large green dots indicate model data for the Canadian Beaufort shelf, while
slightly smaller blue dots indicate model data for the Alaskan Beaufort shelf (relevant to this
study). Over 28 100-ky equivalent glacial cycles (marked by a black arrow), the transition
distance is similar between the two continental shelves (61.1 and 55.3 km off-shore for Canada
and Alaska, respectively), even though the maximum permafrost extent differs significantly
(133.4 and 76.0 km off-shore for Canada and Alaska, respectively).

Figure 5.3 shows several snapshots in time (last glacial maximum, present-day, and 5
ka into the future) of the salinity field and submarine permafrost extent at the Alaskan
Beaufort. The location of the saltwater-freshwater transition corresponds to its location in
Figure 5.2 after 28 equivalent 100-ka glacial cycles. Permafrost is near its furthest off-shore
extent at the glacial maximum (Figure 5.3A), when the majority of the shelf sediments
would have been exposed to the atmosphere. Permafrost depth decreases with distance
off-shore at the glacial maximum, due to the shorter period of exposure time with distance
off-shore. Additionally, ice saturation decreases near the base of the permafrost layer seaward
of the saltwater-freshwater transition location because of the influence of salt on permafrost
formation. Our results predict that permafrost extended as far as ∼71 km off-shore at the
Alaskan Beaufort at the glacial maximum.

Ocean transgression, which began approximately 14 kaBP at the North American Beau-
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Figure 5.3: Permafrost extent, salinity field, gas hydrate stability zone, and free gas extent
within the 2D transect at (A) the glacial maximum, (B) present-day, and (C) 5 ka into
the future. Ocean transgression since the last glacial maximum has significantly reduced
the permafrost and gas hydrate stability zone by the present-day seaward of the saltwater-
freshwater transition, resulting in widespread methane gas venting. Fresh marine sediments
still host permafrost and gas hydrates, with little degradation predicted into the future.

fort, has since warmed the sediments, reducing the permafrost extent off-shore by the present-
day. Effects of warming are more pronounced seaward of the saltwater-freshwater transition.
Permafrost is significantly reduced by the present-day in the salty sediments, but the majority
remains within the fresh sediments because of the subzero bottom water temperature (Figure
5.3B). Permafrost depth stays relatively constant in the fresh sediments, while significant
thinning is predicted seaward of the salt-water-freshwater transition. Permafrost extent and
depth does not change significantly within the fresh sediments into the far future, although
permafrost thinning continues within the salty sediments (Figure 5.3C).

Results suggest that the present-day permafrost extent is closely correlated with the
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location of the freshwater-saltwater transition, illustrating the importance of understanding
the deep off-shore salinty field. At the present-day, our model predicts that submarine
permafrost should still exist out to ∼50 km off-shore (or approximately the 88 m isobath),
with very low ice saturation extending as far as 60 km off-shore (or approximately the 105
m isobath) at the Alaskan Beaufort. This represents only a 30% loss in the permafrost
extent offshore since inundation, where the majority of ice loss has occurred seaward of the
freshwater-saltwater transition. The water depth predictions assume the shelf sediments
slope at a constant angle from the present-day shoreline to the shelf edge.

Model results for the submarine permafrost extent agree well with existing observations
at the North American Beaufort. At the Alaskan Beaufort, Brothers et al. [2012] conclude
that submarine permafrost extends at least out to the 20 m isobath based on analysis of pre-
stack records of seismic data, and may extend further off-shore in fine-grained sediments.
For the Canadian Beaufort, Hu et al. [2013] have compiled a map of the depth to ice-bearing
permafrost based on several geophysical well logs and well seismic surveys. Permafrost
extends no further than approximately the 80 m water depth west of the Mackenzie Trough.
Permafrost depth varies between 500-700 m near-shore, with rapid degradation beginning
∼50 m off-shore [Hu et al., 2013]. Our model results are similar to a numerical study of
the submarine permafrost at the Canadian Beaufort, which experienced a similar thermal
history. Taylor et al. [2013] predict the seaward extent of the submarine permafrost layer in
the Canadian Beaufort at the ∼95 m water depth.

5.3.3 Methane Hydrate and Gas Venting

The extension of terrestrial permafrost within the Alaskan Beaufort shelf sediments over the
last glacial period allows thermodynamic stability of methane hydrates within and below
the permafrost layer. Figure 5.3 shows the spatial extent of the methane hydrate stability
zone, outlined in black, at the last glacial maximum, present-day, and 5 ka into the future.
At the last glacial maximum (Figure 5.3A), the methane hydrate stability zone extended as
far as 70 km off-shore, nearly out to the shelf edge. The stability zone was thickest near the
present-day shoreline (300-1400 m), where the duration of exposure to the atmosphere was
the longest, and sediments are fresh. Seaward of the saltwater-freshwater transition location,
the methane hydrate stability zone thins significantly (300-400 m).

Just as ocean transgression degrades the permafrost layer, warming also reduces the
methane hydrate stability zone by the present-day (Figure 5.3B). As the methane hydrate
deposits dissociate, methane gas is released, and accumulates within the pore space until
gas saturation reaches the critical value (0.10 pore volume), marked by the semi-transparent
yellow outlined regions in Figure 5.3B and 5.3C. Once critically saturated, gas migrates
upward and vents to the sediment surface according to Darcy’s Law. Most of the gas release
is associated with the regions where the permafrost layer has significantly degraded, and at
depth near the seaward edge of the stability zone. After an additional 5 ka of sustained
submergence, there is no significant change to the methane hydrate stability zone, nor the
extent of gas hydrate destabilization, except for a slow and steady accumulation of gas at
the base of the stability zone.
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Figure 5.4 provides a quantitative estimate of the mass flux of methane gas vented to
the sediment surface as a function of the distance off-shore. We note that these quantitative
estimates do not include the effects of gas sinks or methane oxidation in the sediments, such
as the sulfate reduction zone, which would reduce the amount of methane able to reach
the sediment surface. The series of figure panels provide a history of gas venting since the
last glacial maximum to 5 ka beyond the present. The time interval between panels was
chosen to show how venting progresses, thus figure panels are not spaced equally in time.
Gas venting at the sediment surface begins abruptly about 10 kaBP, just seaward of the
saltwater-freshwater transition location. Over the next 10 ka, gas venting increases spatially
in both the seaward and landward directions, but is limited to the regions where sediments are
salty, i.e. where permafrost degradation is most pronounced. Although hydrate dissociation
occurs first in the deposits located furthest off-shore, gas venting is not observed between
60-70 km off-shore until ∼3 kaBP due to the lower hydrate inventory, resulting in smaller gas
saturation values within the pore volume and slower upward gas flux through the sediment
pore spaces. Once gas venting has been established, flux remains relatively constant (even
far into the foreseeable future), and does not occur where the submarine permafrost is intact
within the fresh sediments. Spikes in the gas venting rate are thought to be an artefact of the
computation, relating to the discretization length and the resulting increase in the thickness
of hydrate dissociation at the seaward leading edges of the stability zone. In reality, gas
venting does exhibit large spatial variability due to the possibility of gas channeling within
permeable regions of the sediment, however, there is no reason for this behavior to develop
in the computation because sediment permeability was assumed homogeneous and isotropic.
Reducing the discretization length would spatially smooth the gas venting results, but should
not change the integrated mass flux.

Shelf-scale observations of gas venting rate are not yet available on the Alaskan Beaufort
Shelf, although several cruises have recently been completed by the USGS where seawater
methane concentration samples have been taken [Ruppel et al., 2013]. Preliminary results
indicate the presence of ubiquitous shallow gas within the shelf sediments, with elevated
seawater methane concentrations occurring near-shore and at the shelf edge (upper conti-
nental slope) only. This preliminary data may indicate an absence of gas hydrate on the
Alaskan Beaufort Shelf, with the source of gas in the observations derived from shallow
biogenic activity instead. On the other hand, a pingo-like feature located between 50-60 m
water depth at the Canadian Beaufort (where gas hydrate deposits have been inferred) has
been venting gas at approximately 5 L hr−1 since first observed in 2003 [Paull et al., 2007].
Assuming standard temperature and pressure conditions (i.e. STP), and a constant venting
rate, this corresponds to 31 kg yr−1 of gas being vented near the seaward edge of the sub-
marine permafrost at present-day. The model results suggest that the observed venting may
be explained entirely by dissociating gas hydrates present at conservative saturations (e.g.,
2.5% pore volume), however, other sources of methane cannot be excluded. Furthermore,
hundreds of pingo-like features and seafloor pockmarks have been mapped at the Canadian
Beaufort, with the majority of them located between the 50-120 m isobaths [Blasco et al.,
2010]. This water depth corresponds to a distance of approximately 30-70 km off-shore at
the Alaskan Beaufort, where the relict submarine permafrost layer is most likely significantly
degraded at present-day. Seafloor pockmarks and pingo-like features may be an indication
of violent past gas venting events from dissociating gas hydrates [Paull et al., 2007]. The
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abrupt onset of venting, as predicted by our model, may result in the formation of pock-
marks such as those observed in the field. Near-shore gas venting in regions of continuous
submarine permafrost (as observed by the USGS [Ruppel et al., 2013]) is possible through
taliks (localized unfrozen portions of the permafrost layer), which are not considered in this
paper, but the topic of a previous related study by Frederick & Buffett [2014].

5.4 Conclusion

In this study, we quantitatively assess the response of submarine permafrost and permafrost
associated gas hydrate deposits to warming on the North American Beaufort Shelf. We
investigate the role of terrestrial submarine ground water discharge on the salinity field
and show how the location of the freshwater-saltwater interface is related to the maximum
seaward permafrost extent on the circum-Arctic shelf at the present-day, and the location
and magnitude of gas flux that might be expected as a result of relict permafrost-associated
gas hydrate decomposition.

Results imply that topography-driven fresh groundwater discharge from areas of high ele-
vation to the coastal plains can freshen deep marine sediments on the order of tens of millions
of years when an impermeable submarine permafrost layer is present. Because the permafrost
layer evolves in time under the thermal influence of glacial cycles, the saltwater-freshwater
transition distance is slower to move off-shore than it would be under a more permanent con-
fining layer. At the seaward terminus of submarine permafrost, a spring is expected at the
sediment surface. Because the formation of permafrost depends on dissolved solutes within
the pore fluid of marine sediments, the location of the saltwater-freshwater transition has
a significant influence on the present-day submarine permafrost extent off-shore. Warming
since ocean transgression, which began roughly 14 kaBP at the North American Beaufort,
has significantly degraded the submarine permafrost and methane hydrate deposits seaward
of the saltwater-freshwater transition, which has migrated ∼55 km off-shore by the present
day. However, where marine sediments are fresh, permafrost and hydrate deposits remain
intact and stable. Our results predict that relict submarine permafrost should still exist
out to ∼50 km off-shore (or approximately the 88 m isobath), with very low ice saturation
extending as far as 60 km off-shore (or approximately the 105 m isobath) at the Alaskan
Beaufort. The actual extent of submarine permafrost will depend on the details of the lithol-
ogy, as ice tends to form more readily in coarse-grain sediments, such as sand. Gas venting
as a result of gas hydrate dissociation seaward of the saltwater-freshwater transition begins
abruptly ∼10 kaBP. Widespread gas venting between 49-71 km off-shore is predicted at the
present-day with an average mass flux of 10 kg yr−1 and a maximum of 60 kg yr−1. Gas
venting is associated only with the regions where permafrost has significantly degraded or
is entirely absent. Where permafrost is intact, no gas venting is predicted. However, taliks
(localized unfrozen sediments within the submarine permafrost layer) can cause gas venting
near-shore where permafrost should otherwise still be continuous [Frederick & Buffett , 2014].

We note that our model predictions do not include the effect of anthropogenic warming,
as the future results have been calculated holding the present-day conditions constant. Gas
venting rates will likely increase as bottom water temperatures warm. The predictions for gas
mass flux do not consider methane oxidation within the sediments, for example in the sulfate
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reduction zone, which would tend to decrease the amount of gas which can reach the sediment
surface. On the other hand, if gas migration is vigorous, or the shallow sediments become
disturbed by ice scour or violent storms [Shakhova et al., 2013], gas may travel through the
shallow sediments largely unaltered. Our model results suggest that holocene warming due
to ocean transgression has already begun to destabilize methane hydrate deposits located
far off-shore (>50 km) where gas venting at the sediment surface due to hydrate dissociation
can be observed at the present-day. Our model assumes a conservative 2.5% gas hydrate
saturation within the sediment pore space in the stability zone, however, the actual extent
of relict permafrost-associated gas hydrate deposits on the circum-Arctic shelves remains
controversial due to a lack of observations. Moreover, the source of methane, which has
been observed in the field at elevated levels (relative to equilibrium with the atmosphere),
is not known. A variety of other possible methane sources exist, such as deep thermogenic
gas seeps, or methanogenesis due to biogenic activity in recently thawed sediments. Future
work should focus on including additional methane sources in numerical models to tease
out the relative contributions from each possible source. Studying these unique permafrost-
associated gas hydrate reservoirs will allow us to better understand the Arctic’s contribution
to the global methane budget and global warming.
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Table 5.1: All model parameters used are listed in the table below and are assumed constant.
The references listed provided guidance in our choice of parameter values.
∗ A geothermal gradient boundary condition of 25 C km−1 was required to recover a present
day geothermal gradient below the permafrost layer matching observations in Weaver &
Stuart [1982].
∗∗ The average gas density is used for typical conditions at 1 km sediment depth.
† Typical values used for marine sediments.

Symbol Parameter Value Units Reference
Cw sea water salinity b.c. 32 ppt
φ sediment porosity 0.35 [Collett et al., 2011]
φ0 percolation porosity† 0.05
k sediment permeability 1014 m2 [Deming et al., 1992]

∂T
∂z

geothermal gradient b.c.* 25 C km−1 [Weaver & Stuart , 1982]
Xf mass fraction of H2O in hydrate 27/31 [Handa, 1986]
Xf mass fraction of CH4 in hydrate 4/31 [Handa, 1986]
µf pore water viscosity 1.8x10−3 Pa s [Lide, 2013-2014]
µg methane gas viscosity 1.018x10−5 Pa s [Lide, 2013-2014]
ρf density of pore water 1000 kg m3 [Lide, 2013-2014]
ρg density of methane gas** 20 kg m3 [Lide, 2013-2014]
ρi density of ice 920 kg m3 [Lide, 2013-2014]
ρh density of hydrate 900 kg m3 [Sloan & Koh, 2007]
ρs density of sediments† 2700 kg m3

Cpf heat capacity of pore water 4.18 kJ kg−1 C−1 [Lide, 2013-2014]
Cpg heat capacity of methane gas 2.23 kJ kg−1 C−1 [Lide, 2013-2014]
Cpi heat capacity of ice 2.09 kJ kg−1 C−1 [Lide, 2013-2014]
Cph heat capacity of hydrate 2.08 kJ kg−1 C−1 [Handa, 1986]
Cps heat capacity of sediments† 1.38 kJ kg−1 C−1

Lf latent heat of pore water 334 kJ kg−1 [Lide, 2013-2014]
Lh enthalpy of hydrate dissociation 430 kJ kg−1 [Rueff et al., 2004]
Kf thermal conductivity of pore water 0.58 W C−1 m−1 [Lide, 2013-2014]
Kg thermal conductivity of methane gas 0.03 W C−1 m−1 [Lide, 2013-2014]
Ki thermal conductivity of ice 2.18 W C−1 m−1 [Lide, 2013-2014]
Kh thermal conductivity of hydrate 0.50 W C−1 m−1 [Lide, 2013-2014]
Ks thermal conductivity of sediments† 5.50 W C−1 m−1
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Figure 5.4: Each figure panel shows the predicted mass flux of methane gas (in kg yr−1) at
the sediment surface as a function of distance off-shore along the transect. Figure panels
are chosen to show gas venting progression, and are not spaced equally in time. Venting
occurs where submarine permafrost is significantly degraded (>50 km off-shore), seaward of
the saltwater-freshwater transition. Venting begins abruptly about 10 kaBP, and remains
relatively steady once fully developed.
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Chapter 6

Preconditioned Iterative Methods for
the Solution of a Large System of
Equations

This chapter is based on an independent project completed while taking Math221 under Pro-
fessor John Strain during the Fall 2012 semester at U.C. Berkeley. This was a partial
requirement for the Designated Emphasis in Computational Science and Engineering.

6.1 Introduction

Numerical models of subsurface two-phase flow in marine sediments can aid us in studying
the evolution of permafrost and methane hydrate deposits within the circum-Arctic shelf
sediments on time scales over several ice ages. The natural physical environment necessitates
large spatial permeability contrasts (e.g., flow through permafrost vs loosely consolidated
marine sediments) and fluid density variations (e.g., sediment pore fluid vs methane gas).
The resulting matrix which represents the equations that must be solved to obtain the flow
field (e.g., the pressure) becomes ill-conditioned and difficult to solve.

The goal of this project is to understand how certain iterative methods work to solve
large sparse linear sets of equations (i.e., Ax=b), which arise from the discretization of
partial differential equations. These systems tend to be ill-conditioned (for reasons mentioned
above), preconditioning the matrix A is often necessary for any iterative method to converge
to a solution within a reasonable amount of iterations. This project is a practical extension
of the concepts and methods taught in Math221.

6.2 A System of Equations

6.2.1 The Model Problem

The research presented within this dissertation involves modeling the submarine relict per-
mafrost extent along the coast of the Arctic Ocean. This is the region where the first natural
methane hydrates were found - icy solids which can sequester large amounts of methane gas
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within their crystal structure. Methane hydrate deposits occur abundantly in nature where
thermodynamic conditions favor the formation, and where a sufficient supply of methane is
available [Sloan & Koh, 2007]. Typically, such conditions are found within sediments de-
posited on the ocean floor along continental shelves that contain high amounts of organic
material. Hydrates are particularly stable near the Earth’s surface (200-1500 m below the
sediment surface) where they are associated with relict submarine permafrost due to the cold
temperatures.

Hydrate deposits have been estimated to hold as much carbon as all of Earth’s recoverable
coal, oil, and natural gas reservoirs combined [Kvenvolden , 1988]. It is for this reason that
methane hydrates have the potential to (temporarily) solve the world’s energy crisis, if the
methane can be economically extracted. However, warming will ultimately destabilize these
deposits, allowing large amounts of methane gas to dissociate, a potent greenhouse gas. An
estimate of methane hydrate’s contribution to global warming cannot be currently made
because the stability of the hydrate deposits to warming is poorly understood. As part
of my dissertation research, I have developed a numerical model of subsurface two-phase
flow in marine sediments to study the response of Arctic permafrost-associated methane
hydrate deposits to warming. Permeability of the sediments to fluid flow evolves as submarine
permafrost forms or melts. As existing hydrate deposits melt, methane gas is released and
may vent into the water column above. The ultimate goal is to make an estimate of hydrate’s
contribution to the Arctic’s methane budget, and to anthropogenic climate change.

6.2.2 The System of Equations

The fluid flux, q, or transport velocity, for multi-phase flow through a porous media with
permeability K is described by Darcy’s Law,

qi =
−Kkri
µi
∇(P ∗ + ρigz) (6.1)

which is valid for incompressible and laminar flow. The gradient in excess (or non-hydrostatic)
pore pressure ∇P ∗ drives the flow of each fluid with a viscosity µi, density ρi, and relative
permeability for each phase, kri.

The finite volume method is used to solve for the excess pressure field, P ∗(x, y). This
involves taking the divergence of the entire equation,

∇ · qi = ∇ ·
{
−Kkri
µi
∇(P ∗ + ρigz)

}
= 0 (6.2)

and setting it equal to zero, or equal to the source/sink terms, to impose conservation of
mass. The next step is to integrate the resulting equation for pressure over a control volume,
and use the divergence theorem to obtain an integral over the surface,∫

S

{
−Kkri
µi
∇(P ∗ + ρigz)

}
· ndA = 0 (6.3)

This equation is discretized into a system of equations over a grid of size (n x m). For
example, the integral over the surface becomes a discrete sum over each of the four sides
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of a cell (e.g. the discretized control volume whose centers are nodes (i,j) on a grid). The
pressure gradient over each cell surface is approximated as a second-order central difference.
Scalar values such as the pressure are defined inside the grid cell on the nodes, while vector
valued quantities such as the velocity are defined on each cell face. This type of set-up
is called a staggered grid, because the vectors (such as the velocity) are defined staggered
relative to the scalar values (such as the pressure) inside the grid cell. The resulting system
of equations takes the form,

Ax = b (6.4)

where A is a (nm x nm) matrix which contains coefficients such as −Kkri
µi

, x is the solution
vector of pressure values, P ∗, and b is the right hand side vector of known quantities, such
as terms resulting from boundary conditions or density gradients controlling buoyancy.

Because of the limited connectivity between cells and points on the grid, the structure of
matrix A is sparse, meaning most of the entries Aij are zero. The non-zero pattern depends
on the discretization stencil. For a simple 5-point stencil representing two dimensions, a
penta-diagonal structure results, where the diagonal and first upper and lower sub-diagonal
of A are non-zero, as well as one other upper and lower band of distance 2n or 2m away. As
a result, the maximum number of non-zeros entries per row or per column is ≤ 5.

6.3 Solving the Model Problem, Ax=b

6.3.1 Methods of Solution

Two major approaches can be used to solve large systems of equations, namely direct meth-
ods or iterative methods. Direct methods can solve for the solution exactly (in the absence
of round-off error that arises due to floating point arithmetic) in a finite number of steps.
However, due to the large number of entries in matrix A, the system of equations cannot
be solved practically by a direct method. For example, when modeling the continental shelf
sediments of the Canadian Arctic along the Beaufort Sea, the region of interest itself is large.
To model a two-dimensional slice perpendicular to the shoreline which extends 120 km off-
shore and to a depth of 2 km into the sediments (a 240 km2 area) with a spatial resolution
of 50 m requires a grid that contains (n =40 x m =2400) points. This means the size of
matrix A is (nm x nm) = (N =96000 x N =96000). This resolution is a reasonable goal to
aim for, however, decreasing it further would allow the modeling of smaller-scale details and
variations in the lithology and stratigraphy, for example.

If one were to use a direct method like Gaussian elimination to solve Ax=b for x, it
would require O(N3) floating point operations (flops), assuming we treat the matrix A as
dense. That is roughly 1015 flops. Assuming a modern computer can perform 1010 flops
per second, it would take the computer a little over one whole day to solve the problem. If
instead we take advantage of the sparsity of A and perform Gaussian elimination, one can
obtain a solution in O(Nab) flops, where a and b are the number of non-zero bands above
and below the diagonal, respectively (see LeVeque [2007] for additional details). This is
roughly equal to O(m4) ≈ 1013 flops, which would take about 5 minutes. While this is a
huge improvement, it is still not fast enough. This is because the solution for the pressure
P ∗ must be solved for at each time step. In addition, the same must be done to solve for
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the temperature and salinity fields at each time step. This would take the model at least
15 minutes per time step. Running the model over an entire ice age (roughly 120,000 years)
with a time step of 0.5 years would take the model 2,500 days to run, or almost 7 years!

On the other hand, iterative methods allow the solution to be obtained in a matter
of seconds instead of minutes. This is because they do not solve for the solution exactly,
as a direct method does. Rather iterative methods converge to a solution within a set
tolerance specified by the user. In addition, iterative methods often take advantage of the
sparsity pattern of A, and do not need to know more information about A than is needed
to multiply by it. The goal with iterative methods is to reduce the error in the solution as
much as possible per iteration, while keeping the work necessary per iteration to a minimum
[Demmel , 1997]. For example, a desirable iterative method would reduce the work per step
from O(N2) to O(N) (the bare minimum) and the number of iterations or steps from O(N)
to O(1) (again, the bare minimum), reducing the overall amount of work from O(N3) to
O(N). However, as Trefethen & Bau [1997] point out, in practice, the amount of work per
step usually depends on the structure of the matrix and if the iterative method can take
advantage of it. Moreover, the condition number of the matrix also plays a big role in how
quickly the solution can converge to a set tolerance, thus preconditioning the matrix A is
often necessary. This typically means that the work is reduced from O(N3) to O(N2), or
perhaps O(Nlog(N)) at the best.

6.3.2 Sparsity and SPD-ness

The sparse structure of the matrix A in question is shown in Figure 6.1. Note the penta-
diagonal structure, although the three center diagonals look as one single diagonal in this
figure due to the large size of the matrix. Even though the number of entries is large (22,000
x 22,000), there are only 107,760 non-zero entries due to the limited connectivity between
grid cells in the finite volume discretization of Darcy’s Law for pressure.

Additionally, the matrix A is symmetric and positive-definite. Symmetry can be verified
by passing A into MATLAB and checking if AT is equal to A. A Cholesky factorization
is called with the command [R,p] = chol(A). If the output p is zero, then the matrix is
positive-definite. The following is MATLAB code which performed these two checks:

> disp(‘Is A symmetric?’)

> symm = isequal(A,A.’);

> if (symm == 1)

> disp(‘Yes, A is symmetric.’)

> else

> disp(‘No, A is NOT symmetric.’)

> end

> disp(‘ ’)

> disp(‘Is A positive-definite?’);

> [R,p] = chol(A);

> if (p == 0)

> disp(‘Yes, A is pos-def.’)

> else
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Figure 6.1: The sparse structure of matrix A reveals that it is penta-diagonal (the three
center diagonals look as one single diagonal in this figure due to the large size of the matrix).
Although the matrix has a total of 22,000 x 22,000 entries, only 107,760 are non-zero. This
figure was created using MATLAB’s spy(A).

> disp(‘No, A is NOT pos-def.’)

> end

The output received was:
> Yes, A is symmetric.

>
> Yes, A is pos-def.

6.3.3 Condition Number

The condition number of a matrix is an estimate of how well its inverse can be calculated.
For example, if the condition number is one, the matrix is well conditioned and its inverse
can be computed with good accuracy. Ill-conditioned matrices have large condition numbers,
and are generally almost singular. The solution of a linear system of equations with large
condition number is prone to numerical errors. The condition number can be obtained by
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Figure 6.2: Un-preconditioned and preconditioned condition number for the system Ax=b
using the Arnoldi algorithm with PETSc.

looking at the ratio of the largest and smallest eigenvalue within the spectrum of A,

κ(A) =
λm
λ1

(6.5)
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It is not uncommon for the matrices generated from finite difference or finite volume algo-
rithms to have large condition numbers, on the order of 106. This number can increase if
the coefficients in A (which correspond to the coefficients −Kkri

µi
or the buoyancy terms in

the model problem) vary widely over the domain. Such is the case in the model problem,
where the sporadic permafrost distribution, salinity field, and methane gas pockets create a
spatially varying permeability field and non-uniform density gradients.

The condition number of A for the model problem can be checked in MATLAB, using
two methods. The first method is to use the MATLAB function eigs(A,n,s) to get the n
largest (if s is omitted) and n smallest (if s is set to 0) eigenvalues of A. The second method
is to call the MATLAB function condest(A), which computes the 1-norm matrix condition
number estimate. The condition number can also be calculated using a third method with
PETSc (see section 6.5), but details of this method are described in a later section. The
following is the MATLAB code:

> minEigA = eigs(A,1,0);

> maxEigA = eigs(A,1);

> disp(‘Condition number of A’);

> K = maxEigA/minEigA

> disp(‘Condition number of A’);

> K = condest(A)

The following is the output received:
> Condition number of A

> K = 1.2370e17

> Condition number of A

> K = 1.6543e17

Although these numbers are not the same, the fact is that they are both very large!
In terms of solving Ax=b by an iterative method, GMRES for example, the number of
iterations it takes to get a fixed error reduction is O(κ(A)). If A is symmetric and positive
definite (which it is), then the number of iterations it takes to get a fixed error reduction is
O(
√
κ(A)) using CG, which is still very large. Thus, implementing an iterative method to

solve Ax=b with such a large condition number would be worse than using a direct method
such as Gaussian elimination! However, there exists a solution, which is to precondition the
matrix A as to reduce the condition number.

6.4 Preconditioning

The goal of preconditioning is to multiply the system of equations by a non-singular, inex-
pensive matrix M called the preconditioner,

M−1Ax = M−1b (6.6)

such that M−1A has a small condition number so that convergence is accelerated for an
iterative method. Typically, M is derived from A in some way. For example, if M = A,
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Figure 6.3: Un-preconditioned and preconditioned condition number for the system Ax=b
using the Lanczos algorithm with PETSc.

then the product M−1A = A−1A is perfectly conditioned (e.g., κ(M−1A) = 1). However, if
we could compute A−1 so that we can form M−1A = A−1A, then we would not need to use
an iterative method in the first place. At the other extreme, if we were to set M = I, the
identity matrix, then this would have no effect on reducing the condition number of M−1A, as
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M−1A = I−1A = A. Some middle ground if often chosen, keeping in mind that M should be
formed so that systems involving M are easier to solve than those involving A. For example,
a good simple preconditioner might be to set M = diag(A). Many popular preconditioners
perform a few steps of the Jacobi algorithm on A, or successive over-relaxation, and use
that to form M . Still others perform incomplete factorizations of A, such as an incomplete
LU factorization or incomplete Cholesky factorization, keeping only the elements within the
original non-zero structure of A, or throwing away elements smaller than some threshold
value.

The correct or best preconditioner for the model problem is typically unknown. Precon-
ditioning is very problem-specific, thus testing different solver/preconditioner combinations
is a simple way of optimizing code to run faster. After all, solving the system of equations
is probably the slowest part of many applications.

6.5 Using PETSC to Implement Several Preconditioned

Iterative Methods

In this project, a third party software package was used called PETSc [PETSc Webpage
, 2012], the Portable Extensible Toolkit for Scientific Computation (PETSc), to solve the
linear system Ax=b using various preconditioned iterative methods. PETSc is a suite of
data structures and routines written in C language that provide the building blocks for the
implementation of large-scale application codes on parallel and serial computers, and links
to linear algebra libraries such as BLAS and LAPACK. It has been developed by researchers
and scientists at Argonne National Lab, is open-source, and is available for free at the website
http://www.mcs.anl.gov/petsc/.

In order to use the features provided by PETSc (namely the linear solvers), parts of the
existing code in the model had to be rewritten to use the PETSc architecture instead. For
example, assembly of the matrix A required using the PETSc sparse matrix class Mat and
vectors x and b required using the PETSc class Vec. The next step required the creation
of linear solver ‘contexts’ called KSP ’s (which stands for Krylov subspace), to which A, b
and an initial guess for x (a zero vector) were passed. This allows PETSc subroutines to be
called for solving the linear system within the KSP context, such as GMRES or CG with
various preconditioners.

The Krylov subspace based iterative methods tried were the minimum residual method
(MINRES), the generalized minimum residual method (GMRES), conjugate gradient (CG),
and conjugate gradient squared (CGN). Each linear solver was run with no preconditioner
at first, followed by preconditioning the system using a Jacobi method, successive over-
relaxation, incomplete Cholesky factorization, and incomplete LU factorization. This rep-
resented 20 possible solver/preconditioner combinations. Additionally, when using the GM-
RES or CG KSP contexts, PETSc was able to compute the extreme eigenvalues of the un-
preconditioned or preconditioned system using the Arnoldi or Lanczos process, respectively.
This made it possible to obtain an estimate of the condition number of the preconditioned
systems using PETSc.

The following subsections describe the results of the solver/preconditioner combinations
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Figure 6.4: Number of floating point operations, and convergence curve for the GMRES
algorithm with several preconditioners. In the flops bar graph, the top of the yellow region
measures out N flops, the green region measures out Nlog(N) flops, the light blue N2 flops,
and the top of the dark blue N3 flops, for reference.

tried, starting from the most general Krylov subspace method, in terms of the structure and
properties of A. For all cases, the maximum number of iterations was set to 10,000 and
convergence was defined when the relative residual norm dropped below 10−6.

6.5.1 Generalized Minimum Residual Method (GMRES)

No information about A is assumed in order to use GMRES (see original paper by Saad &
Schultz [1986]). In other words, the matrix A does not need to be symmetric or positive-
definite. For this reason, PETSc uses GMRES as the default linear solver for its KSP
contexts unless the user specifies otherwise. GMRES minimizes the norm of the residual rn =
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b−Axn for all vectors xn. These vectors xn exist within a Krylov subspace κn which is built
using Gram-Schmidt orthonormalization (PETSc uses classical GS). The current solution x
is approximated by the vector xn ∈ κn that minimizes the residual, which is found using
the Arnoldi process [Trefethen & Bau , 1997]. Interestingly, the residual can be calculated
without explicitly forming the iterate xn, which is expensive. Therefore it can be postponed
until the residual drops below a user-supplied threshold value. In practical application, the
amount of work and memory storage required by GMRES at each iteration increases linearly.
As a work-around, PETSc uses restarts, where it periodically clears accumulated data and
the intermediate results are used as the initial data for the next m iterations. The restart
value was set to m = 30, the PETSc default.

When using GMRES, PETSc also allows the user the option to use the Arnoldi process to
calculate several extreme eigenvalues of the preconditioned system, one for each iteration that
has passed since the last restart. The condition number of the matrix was calculated after
the last restart. If no preconditioner is used, the conditioner number should be representative
of the original matrix A.

Figure 6.2 shows the un-preconditioned and the preconditioned condition number for the
system Ax=b with various preconditioners. Interestingly, the condition number calculated
from the extreme eigenvalues of the Arnoldi process for no preconditioner indicate that it is
much smaller than the condition number calculated from MATLAB. For example, MATLAB
produced κ(A) = 1017 while PETSc produced κ(A) = 105. The lower condition number
might reflect the fact that the Arnoldi process did not actually compute the very extreme
eigenvalues, so the condition number calculated might not be correct. Preconditioning A with
incomplete LU factorization (ILU) seemed to have no effect at reducing the condition number.
This is reflected in the convergence curve, shown in the lower plot of Figure 6.4, where the
un-preconditioned and ILU preconditioned systems are slow to converge. In fact, they do
not converge even after 10,000 iterations. On the other hand, the system preconditioned
with successive over-relaxation (SOR using Gauss-Seidel with omega set to 1.1), incomplete
Cholesky factorization (ICC), or the Jacobi method, all converge much more rapidly. For
example, using GMRES with the SOR or ICC preconditioners gave the fastest convergence,
after about 35 iterations, but with the Jacobi preconditioner, convergence was reached after
60 iterations. These three preconditioners were able to reduce the condition number of the
system to about κ(A) = 100, which is pretty low.

According to theory, GMRES should converge in O(κ(A)) iterations. This is reflected well
in the results. The Jacobi, SOR, and ICC preconditioned systems had condition numbers of
about 100, and they took less than 100 iterations to converge. On the other hand, ILU and
un-preconditioned systems had condition numbers more than 105, and they did not converge
even by the 10,000 iteration limit.

The top bar graph in Figure 6.4 shows the number of flops performed to reach conver-
gence, or before reaching the 10,000 iteration limit. The colors in the background represent
several reference values. For example, the top of the yellow region measures out N flops (the
bare minimum that can be achieved), the top of the green region measures out Nlog(N)
flops, the light blue N2 flops, and the top of the dark blue N3 flops. Results show that none
of the methods reach the top of the graph, N3 flops, the amount of work it would take a
direct method, due to the fact that the iteration limit was cut off at 10,000 which is less than
N = 22,000. The three preconditioned systems with the smallest flops were also the ones
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Figure 6.5: Number of floating point operations, and convergence curve for the MINRES
algorithm with several preconditioners. In the flops bar graph, the top of the yellow region
measures out N flops, the green region measures out Nlog(N) flops, the light blue N2 flops,
and the top of the dark blue N3 flops, for reference.

with the smallest condition number and took the least amount of iterations to converge. For
example, solving Ax=b using GMRES with ICC preconditioning took only 108 flops, slightly
less than O(N2) work.

6.5.2 Minimum Residual Method (MINRES)

MINRES is the ‘original’ minimum residual method (although after CG), of which GMRES
was a later more generalized variant (see original paper by Paige & Saunders [1975]). In
order to use MINRES, the matrix A must be symmetric, but it can be indefinite. Similar
to GMRES, MINRES approximates the current solution x by the vector xn ∈ κn that
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minimizes the residual in the 2-norm, but it uses a Lanczos process, which takes advantage
of the symmetry. PETSc did not provide the ability to compute the extreme eigenvalues
when using a MINRES KSP context. Figure 6.5 shows the convergence curve and the
number of flops performed to reach convergence for the MINRES algorithm with several
preconditioners.

Taking a look at the un-preconditioned MINRES system, its convergence rate was much
faster than with the un-preconditioned GMRES system, although it did not actually converge
by the 10,000 iteration limit (as expected). Even though the un-preconditioned MINRES
system went through 10,000 iterations, the total number of flops performed is less than the
un-preconditioned GMRES system due to the shorter recurrence the Lanczos processes uses
(also as expected). Somewhat surprisingly, even though the matrix A is symmetric, all the
MINRES preconditioned systems performed worse than GMRES preconditioned systems,
despite the fact that MINRES should have taken advantage of the symmetry. It may be the
case that the preconditioners actually destroyed the symmetry somehow, giving no advan-
tage. It is curious to notice the sudden increase in convergence for the Jacobi, SOR, and
ICC preconditioned systems, which were also the three that converged most rapidly with
the GMRES algorithm. When the system converged (e.g., for the Jacobi, ICC, and SOR
preconditioners), using MINRES still had the advantage of reducing the total number of
flops to O(N2) over a direct method.

6.5.3 Conjugate Gradients (CG)

The CG algorithm is perhaps the most restrictive of all, because it assumes A is symmetric
and it must be positive-definite (see original paper by Hestenes & Stiefel [1952]). However,
producing an A that is both symmetric and positive-definite is typical when discretizing
ODEs or PDEs using the finite difference or finite volume methods. Similarly to the MINRES
algorithm, CG uses the Lanczos process to build an orthonormal basis in the Krylov subspace
κn, but the basis vectors (search directions) are A-conjugate or A-orthogonal. In other words,
the CG algorithm approximates the current solution x by the vector xn ∈ κn that minimizes
the residual, but it does so in a different norm.

When utilizing the CG KSP context, PETSc provides the ability to use the Lanczos
process to calculate the extreme eigenvalues of the un-preconditioned and preconditioned
system. The condition number calculated for the various systems are shown in Figure 6.3. For
example, the condition number of the un-preconditioned system was κ(A) = 107, whereas the
GMRES solver produced κ(A) = 105 with the Arnoldi process (while MATLAB calculated
κ(A) = 1017). Again, the variation in condition number might reflect the fact that the
Lanczos or Arnoldi process did not actually compute the very extreme eigenvalues, so the
condition numbers calculated might not be correct. However, the same trend is seen between
preconditioners, namely that the ILU preconditioned system is no better in terms of condition
number than no preconditioner at all. The SOR, ICC, and Jacobi preconditioners again
produce the smallest condition numbers (although much larger than the estimates given by
the Arnoldi process with the GMRES KSP context).

Figure 6.6 shows the convergence curve for each preconditioned system. It is surprising
to see how poorly the CG algorithm performs, especially since the matrix A was both sym-
metric and positive definite. Almost every system shows oscillatory behavior as the solutions
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Figure 6.6: Number of floating point operations, and convergence curve for the CG algorithm
with several preconditioners. In the flops bar graph, the top of the yellow region measures
out N flops, the green region measures out Nlog(N) flops, the light blue N2 flops, and the
top of the dark blue N3 flops, for reference.

converge. Moreover, the solutions are very slow to converge until they do so very suddenly.
Similarly to the other Krylov subspace based methods analyzed so far, the ICC and SOR
preconditioners seem to work the best. In this case, the solution converges after about 500
iterations, whereas it takes the Jacobi preconditioned system about 1000 iterations to con-
verge. This time, the un-preconditioned system does not show up on the convergence curve
due to the fact that it diverges instead of converges!

According to theory, CG should converge in O(
√
κ(A)) iterations. This is again reflected

well in the results. For example, the condition number for both the SOR and ICC pre-
conditioned systems was κ(A) = 105, which indicates they should converge within O(102)
iterations. The larger condition number of the Jacobi preconditioned system indicates it
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should have converged within O(103), which it did. The even larger condition numbers of
the un-preconditioned and the ILU preconditioned system point to the fact that convergence
will not happen in a practical time frame.

Figure 6.6 also shows the number of flops each preconditioned system performed before
converging or before reaching the iteration limit. Because of the large number of iterations it
required for any of the systems of converge, the number of flops is at least O(N2). Although
it is better than a direct method, CG clearly does not seem to be the algorithm of choice for
the model problem, quite surprisingly!

6.5.4 Conjugate Gradients Squared (CGS)

The CGS algorithm is the same as the CG algorithm except that it does not require the
matrix A to be symmetric (see original paper by Sonneveld [1989]). It gets its name from
the fact that it applies a constriction operator twice, to take advantage of the constrictor’s
ability to shrink the residual at each iteration. This method is known to converge twice as
fast as the biconjugate gradients (BiCG) method even though it does not need to use the
transpose of A to operate. However, it has a tendency to converge sporadically. This linear
solver was tried mainly to test an alternative to CG, since CG proved to have such poor
performance. However, little documentation on how it works was available for review.

The CGS algorithm performed very differently than the CG algorithm. Figure 6.7 shows
the convergence curve for the un-preconditioned as well as preconditioned CGS algorithm.
Note the smaller x-axis scale for the number of iterations. Although slightly sporadic, the
ICC and SOR preconditioned systems converged in roughly 30 iterations, while the Jacobi
preconditioned system was not far behind at 35 iterations. This is slightly better than
the performance of the ICC, SOR, and Jacobi preconditioned systems solved using GM-
RES. However, the ILU preconditioned system never converged due to extreme oscillatory
behavior, and the un-preconditioned CGS algorithm also never converged. In fact, the un-
preconditioned convergence curve cannot be seen on the plot due to the fact that it diverged
instead of converged! It is also curious that there was a spike in the value for the residual
norm right before convergence for the SOR preconditioner.

In terms of the work required to obtain a solution, CGS required the least amount of work
for the Jacobi, ICC, and SOR preconditioned systems, well under O(N2) flops. However,
do not be fooled by the small number of flops shown in Figure 6.7 for the ILU and un-
preconditioned systems. Due to the divergent behavior, the iterations were cut off well
before the iteration limit.

6.6 Conclusion

Overall, this project has revealed many surprising and somewhat unexpected results. Be-
cause the matrix A was symmetric and positive-definite, theory predicts the CG algorithm
should be the best in terms of performance. I was also advised in the past that an ILU
preconditioner would work almost 99% of the time, and that it should be my first choice.
This could not have been more wrong, and truly illustrates how problem specific the choice
of solver and preconditioner really are! What the results showed instead, was that the CG
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Figure 6.7: Number of floating point operations, and convergence curve for the CGS al-
gorithm with several preconditioners. In the flops bar graph, the top of the yellow region
measures out N flops, the green region measures out Nlog(N) flops, the light blue N2 flops,
and the top of the dark blue N3 flops, for reference.

algorithm was hands down the worst in terms of convergence rate, and the ILU precondi-
tioner did not reduce the condition number substantially (or at all). As a result, the ILU
preconditioned systems showed the worst performance of all the preconditioners tested. Ad-
ditionally, this series of tests show the importance of preconditioning a system. In fact, what
these results have revealed, is that a preconditioner is absolutely necessary in order for the
solution to converge within a reasonable amount of iterations (say, less than 500). Every
un-preconditioned system failed to converge before the 10,000 iteration limit.

After analyzing these results, the GMRES algorithm with an SOR or ICC preconditioner
is the safest and best choice to use for the model problem. A Jacobi preconditioner with
GMRES is also good, but it takes twice as long to converge. Although the CGS algorithm
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also converged just as quickly when preconditioned with SOR, Jacobi, or ICC, the residual
norm showed sporadic oscillations as the solution converged. The MINRES algorithm had
the advantage that it required less work per iteration, but overall it took many more iterations
to converge, negating the original advantage. As was mentioned by Trefethen & Bau [1997],
the work required to obtain a solution by an iterative method could potentially be as low as
O(N), but in practice it is usually O(N2). Many of the solver/preconditioner combinations
that converged within a reasonable amount of iterations had to perform a total of O(N2)
flops, which supports Trefethen & Bau [1997].

A pattern found to be true for all the solver/preconditioner trials was that the precon-
ditioned systems with the smallest condition number converged after the least amount of
iterations. In general, the preconditioner did reduce the condition number (except for ILU).
However, it is still difficult to explain why there was such a huge difference between the con-
dition numbers computed by MATLAB, and those computed in PETSc using the Arnoldi
or Lanczos process.
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Chapter 7

Concluding Remarks

The work contained within this dissertation is motivated by a need to advance our under-
standing of how fluid flows control the evolution of large deep oceanic methane hydrate
reservoirs, and how scientists can use measurements and other ‘observable features’ to indi-
rectly assess the current state of relict submarine permafrost and methane hydrate deposits
in the Arctic. Understanding methane hydrates is important because they are arguably the
largest natural gas reservoir on Earth, and play an important role in the Arctic methane
cycle. This dissertation has advanced our understanding of deep oceanic and permafrost-
associated methane hydrate deposits, illustrated by the following major conclusions:

Chapter Two

• Anisotropic sediment permeability due to sediment bedding or layering can cause fluid
focusing beneath topographic features on the seafloor under sediment compaction.

• Fluid focusing beneath seafloor topography can cause significant lateral migration as
well as regions where downward flow (relative to the seafloor) reverses direction and
returns toward the seafloor

• Larger slopes in topography and stronger anisotropy in sediment permeability causes
faster pore fluid velocity relative to sediment grains, resulting in stronger fluid focusing.

• Fluid focusing causes high excess pore pressure to develop beneath the ridge axis,
promoting high-angle fractures.

• Magnitudes of upward pore fluid velocity are much larger in fractured zones, particu-
larly when the surrounding sediment matrix is anisotropic in permeability.

• Enhanced flow of methane-bearing fluids from depth provides a simple explanation for
preferential accumulation of hydrate under topographic highs.

Chapter Three

• Measurements of cosmogenic iodine isotope 129I can help constrain models of fluid flow
at large gas hydrate provinces and the location of the methane source via the pore
fluid age.
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• One-dimensional compaction models can match observations of pore fluid age when
sediment compaction is nearly complete and the methane source is shallow, however,
all fluid flow is downward relative to the seafloor when flow is one-dimensional.

• Topography-driven focusing results in pore fluid age that varies significantly as a func-
tion of distance from the ridge axis, with the oldest pore fluid age expected near the
ridge axis, and younger ages expected towards the flanks.

• Smaller angles in topography and weaker anisotropy in sediment permeability creates
older pore fluid ages due to weaker topography-driven focusing (slower pore fluid ve-
locity).

• Fracture-driven fluid focusing can create pore fluid ages that match observations when
the methane source is deep, but not when the source is shallow.

• Deep methane sources are unlikely at Blake Ridge, which means topography-driven
fluid focusing may be the dominant transport mechanism, or fractures in large hydrate
reservoirs are not major conduits for flow (e.g., due to fracture healing, for example).

Chapter Four

• At the circum-Arctic shelf, paleo-river channels can create taliks in the continuous
permafrost zone, which can enhance the flow of fluids from depth.

• Only large paleo-river channels (> 1 km width at the ESAS, or > 0.5 km at the
Beaufort) can create open taliks, forming a pathway from depth that is completely free
of permafrost or methane hydrate.

• The dissociation of methane hydrate deposits through taliks can supersaturate the
overlying water column relative to equilibrium with the atmosphere when taliks are
large (> 1 km width) or hydrate saturation is high within hydrate layers (> 50% pore
volume).

• Shallow sediments are charged with residual methane gas after venting events.

• While the observations of elevated methane venting in coastal Arctic waters are con-
sistent with dissociating gas hydrates, the actual hydrate inventory and the source of
gas in the observations remains uncertain.

• Effects of anthropogenic global warming will certainly increase gas venting rates if
ocean bottom water temperatures increase, but likely won’t have immediately observ-
able impacts due to the long response times.

Chapter Five

• Submarine discharge of fresh terrestrial groundwater can explain the freshening of
deep marine sediments far off-shore on the circum-Arctic shelf due to the presence of
impermeable relict submarine permafrost.
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• A saltwater-freshwater transition occurs at between the average and maximum subma-
rine permafrost extent off-shore by present-day, but the pore fluid salinity field takes
several glacial cycles to become quasi-steady.

• Warming due to ocean transgression at the Alaskan Beaufort shelve has significantly
degraded submarine permafrost and gas hydrate deposits seaward of the saltwater-
freshwater transition location (approximately ∼55 km off-shore), but permafrost and
gas hydrate deposits remain stable within fresh sediments.

Chapter Six

• Solving the large system of equations generated by the numerical models in this disser-
tation require preconditioned iterative methods of solution in order to converge within
a reasonable about of time.

• The best performance in obtaining a solution was found using a generalized mini-
mum residual (GMRES) method of solution with a preconditioner based on incomplete
Cholesky factorization (ICC).

Future Work

• Flow focusing in natural settings is inherently three-dimensional, thus increasing sed-
iment compaction models to account for three-dimensionality may reveal stronger fo-
cusing effects.

• Model results show that pore fluid age depends on the distance from the axis of topog-
raphy, but few field measurements have been made that can test this model prediction.
Measuring pore fluid chemistry at multiple sites will allow us to better constrain fluid
flows.

• Hydrate inventory is poorly constrained on the shallow Arctic continental shelves.
Model results show that the magnitude and timing of methane gas release into the
water column due to warming depends on hydrate inventory. Arctic drilling expeditions
are needed to better understand hydrate inventory.

• The present-day extent of relict submarine permafrost is very dependent on the salinity
of the pore fluids at depth on the Arctic continental shelf. Future Arctic expeditions
should focus on drilling deeper wells which measure pore fluid salinity, not just tem-
perature.

• Understanding what the source of methane is in the observations can be aided by in-
cluding additional talik formation mechanisms (such as faults or thermokarst features),
and additional methane sources (such as biogenic production or known thermogenic
gas seeps) when modeling permafrost-associated hydrate deposits in the Arctic.
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