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Aerosol-Ice-Cloud Interactions in a Perturbed Parameter Ensemble

BranDON M. DuraN, ® Nicuoras J. Lutsko, ® AND Casey J. WaLL €

2 Scripps Institution of Oceanography, University of California at San Diego, La Jolla, CA, USA
b Department of Meteorology, Stockholm University, Stockholm, Sweden
¢ Bolin Center for Climate Research, Stockholm University, Stockholm, Sweden

ABSTRACT: The effective radiative forcing (ERF) from aerosol-cloud interactions (ERFaci) remains poorly constrained and increases
uncertainty in future warming projections. While aerosol effects on liquid clouds have been studied extensively in both models and
observations, less attention has been paid to the ERF from aerosol-ice-cloud interactions (ERFaci;c.). We introduce a new method
for isolating the shortwave (SW) ERFaci; . in global climate models (GCMs) using histograms of monthly averaged ice cloud fraction
partitioned by ice crystal effective radius (r.) and ice water path (IWP). Combining the cloud histograms with radiative kernels enables
estimation of the total SW ERFaci;.., which can be further decomposed into contributions from r., IWP, and cloud amount changes. The
approach is illustrated with a new perturbed parameter ensemble (PPE) using the Community Atmosphere Model, version 6 (CAM6). The
overall cooling effect from SW ERFaci; . is estimated to be -0.43 Wm? in the ensemble mean, a non-negligible contribution to the total
ERFaci. A pathway is proposed that relates aerosol-induced subtropical low cloud changes to tropical ice cloud changes via changes in
boundary layer moisture. The PPE results demonstrate that dynamical changes can drive the SW aerosol forcing on ice clouds in certain

regions, adding another dimension of complexity to aerosol-cloud interactions.

SIGNIFICANCE STATEMENT: Aerosols can affect
Earth’s climate through their interactions with clouds, and
their effects on ice clouds remain highly uncertain. Here,
we develop a standardized approach for quantifying the
impact of aerosols on ice clouds in global climate models.
We find that ice cloud changes from aerosols have likely
cooled the planet, but that adjustments in how a model
represents aerosol and cloud processes can lead to very
different ice cloud responses. Our work shows that low
cloud changes can trigger ice clouds shifts in faraway re-
gions, underscoring the importance of viewing aerosol and
cloud interactions through the lens of a coupled system.

1. Introduction

Aerosol-cloud interactions (ACI) have remained highly
uncertain despite concerted efforts to understand and quan-
tify them. The IPCC’s Sixth Assessment Report estimated
an overall cooling from ACI of -1.0 Wm2, but provided
wide bounds on the magnitude of cooling (-1.45 to -0.25
WmZ, 90% confidence; Forster et al. 2021). The cooling
from ACI offsets almost none to over half of the 2.16 Wm
of warming associated with CO,. The degree to which
cooling from ACI has masked the warming effects of CO,
has clear implications for the evolution of global temper-
atures. Stronger aerosol masking would imply more his-
torical cooling from aerosols, hence accelerated warming
as aerosol emissions decline in the future, and vice versa.
Without better constraints on how much aerosol-cloud in-
teractions have offset the warming effects of greenhouse
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gases, the uncertainty in our projections of future warming
cannot be significantly narrowed.

Efforts to reduce uncertainty in the historical ERFaci
have mostly concentrated on aerosol-liquid-cloud inter-
actions. As a result, aerosol-ice-cloud interactions re-
main understudied despite their potential importance to
the planetary radiative balance (Storelvmo 2017). It is
known that aerosol impacts on ice clouds are both aerosol-
type and nucleation-mode specific. Ice crystals may form
through homogeneous freezing of sulfate haze droplets at
upper-tropospheric temperatures and high supersaturations
(Koop et al. 2000), while mineral dust can serve as an effec-
tive ice nucleating particle (INP) for heterogeneous nucle-
ation at lower supersaturations (Cantrell and Heymsfield
2005; Hoose and Mohler 2012). Increases in sulfate from
anthropogenic emissions lead to increases in ice crystal
number (N;; Gryspeerdt et al. 2018; Mitchell et al. 2018),
implying greater reflectivity. In the shortwave (SW), this
enhanced reflectivity can be thought of as a corollary of
the Twomey effect (Twomey 1977). However, depending
on the particle size and number distributions, increased N;
can enhance longwave (LW) emissivity and act to partially
or entirely counteract SW effects (Gryspeerdt et al. 2020).
In contrast, perturbations to insoluble INPs, like dust, have
impacts that vary as a function of the dominant ice nucle-
ation mode. In a heterogeneous freezing-dominated envi-
ronment, where NV; is often aerosol-limited, more INPs can
increase N; by providing more particles that induce ice nu-
cleation; conversely, in conditions where homogeneous nu-
cleation is dominant, more INPs can deplete the available
supersaturation below the homogeneous freezing threshold
by activating at lower supersaturations, decreasing N; in a
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“negative Twomey effect” (Kédrcher and Lohmann 2003;
Gryspeerdt et al. 2018; Hawker et al. 2021). The sensitiv-
ity of the ice crystal response to the dominant nucleation
mode suggests that the sign and magnitude of ERFaci;c,
may vary depending on the background nucleation balance
and base state N;.

The few global estimates of ERFaci;., from GCMs
demonstrate substantial disagreement in both the magni-
tude and sign of aerosol forcing on ice clouds. It remains
difficult to separate the instantaneous forcing (Twomey ef-
fect, r. changes) from macrophysical cloud adjustments
(changes in ice water path and cloud amount) that occur on
longer timescales, and very few predictions of the latter ex-
ist. Past studies have produced a spectrum of estimates for
ERFaci;.. (e.g., Gettelman et al. 2012; Gryspeerdt et al.
2020; Nishant et al. 2019; Penner et al. 2009), though
comparisons are not straightforward due to the variety of
GCMs, ice microphysical schemes, and INP species con-
sidered across them. This was summed up well by Heyn
et al. (2017), who highlighted both the variability in pre-
dicted ERFaci;.. as well as the lack of CMIP5 GCMs that
parameterize aerosol effects on ice clouds. Zelinka et al.
(2014, 2023) showed that in CMIP5 and CMIP6, models
that do parameterize aerosol-ice-cloud interactions tend to
have more-negative SW ERFaci that is partially compen-
sated by more-positive LW ERFaci. However, in-depth
analysis of each model’s high cloud response to aerosol is
limited and suggests varying mechanisms may be at play
(see Fig. 8 in Zelinka et al. 2014; Oshima et al. 2020). De-
veloping new model parameterizations is confounded by a
lack of INP and ice cloud observations, without which it is
impossible to bound the contribution of aerosol-ice-cloud
interactions to the total ERFaci.

Addressing the existing uncertainty in SW ERFaci; .
thus requires a standardized technique for estimating
aerosol effects on ice clouds, especially considering the
diversity in how aerosol-ice-cloud interactions are param-
eterized across GCMs. Furthermore, there is a pressing
need to understand which processes contribute the most
uncertainty in the total SW ERFaci; .., which is facilitated
by decomposing the total forcing into instantaneous micro-
physical changes and rapid cloud adjustments. Reducing
uncertainty in the individual physical processes that con-
tribute to SW ERFaci; .. can then enable tighter constraints
on estimates of historical aerosol forcing.

Here, we modify the recently developed MODIS-based
cloud radiative kernel method (MODIS CRK) for liquid
clouds (Duran et al. 2025) to quantify aerosol effects on
ice clouds in GCMs. The technique enables us to es-
timate the radiative effects tied to the ice Twomey ef-
fect, IWP, and ICF adjustments, yielding insight into how
each component contributes to the overall radiative re-
sponse. A new aerosol- and microphysics-based perturbed
parameter ensemble is generated to explore uncertainty in

SW ERFaci;.. in a GCM with an advanced treatment of
aerosol-ice-cloud interactions.

In what follows, we present a new methodology for esti-
mating the total SW ERFaci;.. and its decomposition into
changes in ice crystal effective radius, ice water path, and
ice cloud amount, and introduce the new aerosol and mi-
crophysics perturbed parameter ensemble (PPE) that serves
as the testbed for our approach (section 2). Next, in sec-
tion 3, we apply the MODIS CRK method to the new
CAMBG6 PPE, assess the validity of the technique with re-
spect to more established methods, and frame the analysis
according to two subsets of the PPE. In section 4, we
outline how subtropical low cloud responses to aerosols
influence the tropical atmosphere, and connect stability
and ascent changes to ice cloud changes over the tropi-
cal Pacific. Observationally-constrained estimates of SW
ERFaci;., are shown in section 5. Concluding thoughts
and implications of our findings are discussed in section 6.

2. Data and methods
a. GCM simulations

We generate a new PPE using the Community Atmo-
sphere Model version 6 (CAM6). Nineteen parameters re-
lated to aerosol and microphysics processes are perturbed
to produce 162 ensemble members. A control member
uses the default parameter values for CAM6, while the re-
maining 161 ensemble members differ in the 19 parameter
values. The control setup of CAMG6 is referred to as the
default throughout the text. Latin hypercube sampling is
used to generate the other 161 parameter sets following the
methodology of Eidhammer et al. (2024). The parameters
and their ranges are listed in Table C1. The majority of the
parameter ranges are left unchanged from Eidhammer et al.
(2024), although we extend the ranges of two parameters
relating to autoconversion. Only aerosol and microphysics
parameters are perturbed to explore the sensitivity of the
cloud response to aerosols without considering additional
uncertainty from convective parameterizations.

For each set of parameter combinations, a pair of
atmosphere-only simulations are run with imposed cli-
matological SST and sea ice cover. The prescribed SST
and sea ice cover have an annual cycle but lack interan-
nual variability and represent climatological averages over
2005-2015. Preindustrial (PI) and present-day (PD) simu-
lations are generated and are identical to each other, except
for varying aerosol precursors and emissions. Preindustrial
aerosol emissions are derived from representative 1850 val-
ues used for CMIP6 (Hoesly et al. 2018). The prescribed
aerosol emissions in PD represent a climatological average
over the 2006-2014 time period. Dust emissions differ
between ensemble members, as they are linearly scaled
by the parameter dust_emis_fact (higher values reduce dust
loading).



Horizontal wind (U, V) fields are nudged to Modern-Era
Retrospective analysis for Research and Applications, Ver-
sion 2 (MERRA2; Koster et al. 2015) reanalysis over the
2010-2011 period. 3-hourly reanalysis data are used and a
12-hour relaxation is applied, as recommended for CAM6
(Buchholz and Emmons 2024). Nudging is employed to
damp the effects of large-scale variability in the simula-
tions, so we can attribute different cloud responses to the
aerosol perturbation alone (Kooperman et al. 2012). Nudg-
ing is applied above around 2 km in the simulations because
many of our parameters affect meteorological conditions
and cloud adjustments within the boundary layer (Regayre
et al. 2023). Further details about model configuration
can be found in appendix A. Due to the volume of data
generated by the PPE, we analyze monthly mean output.

Our method relies on joint histograms that represent ice-
topped clouds partitioned by r. and IWP (Fig. 1la). The
histograms are produced by the MODIS satellite instru-
ment simulator component of the COSP satellite simulator
package (Bodas-Salcedo et al. 2011; Swales et al. 2018)
and are designed to align with observed satellite retrievals
(Pincus et al. 2023). The MODIS simulator determines
cloud phase by assessing how much liquid and ice inde-
pendently contribute to the optical thickness between the
top of the highest cloud and one optical depth unit below,
to best mimic phase classification by the satellite (Wind
et al. 2010). Only clouds whose visible extinction over this
interval is at least 70% from ice crystals, which are clas-
sified as ice, are analyzed. Evidence suggests that GCMs
simulate 7, ;.. larger than the bounds on the observational
histograms (Y. Qin, personal communication), so an addi-
tional r, bin is added to the joint histograms (60-90 um
range) to ensure the cloud histograms capture the majority
of ice clouds simulated in the model. Over 20% of ice
clouds fall in the 60-90 um range of the histogram in the
CAMBG6 PPE. Prior works (Wall et al. 2023, 2025; Duran
et al. 2025) have used the observed or satellite simulator-
produced joint histograms to estimate aerosol indirect ef-
fects on liquid clouds and cloud feedbacks, but this work
demonstrates the first use of the new MODIS r.—IWP joint
histograms.

b. Shortwave cloud radiative kernel

We use the RRTMG radiative model (Clough et al. 2005)
to compute shortwave (SW) cloud radiative kernels (CRK)
for the MODIS r,—IWP joint histograms. The kernels
represent the SW radiative flux anomaly at the top of the
atmosphere (TOA) that would occur due to a 1% increase in
ice cloud fraction in a given histogram bin. The r, and IWP
bin edges are 5.0, 10.0, 20.0, 30.0, 40.0, 50.0, 60.0, and
90.0 um and 0, 20, 50, 100, 200, 400, 1000, and 20000
gm, respectively. For the cloudy-sky radiative transfer
calculations, the cloud top is fixed at the 250 hPa pressure
level. This value is chosen to best match the modal value
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for ice-topped clouds in the global MODIS observations,
and the SW CRK is insensitive to minor changes in the
chosen pressure level.

Let R represent the SW radiative flux at the top of the
atmosphere, and let Cp,; be the ice cloud fraction in the
r. bin p and IWP bin i. For a specified latitude, surface
albedo, and calendar month, the kernel K measures how
anomalies of Cp; change R while holding all non-cloud
factors fixed: R

K= Fpi ¢))

For each r,—IWP bin, TOA fluxes are calculated for four
synthetic clouds with properties prescribed by each bin
corner. The four cloudy-sky flux values are then averaged
to produce a representative cloudy-sky value for each bin,
which is subtracted from the bin’s clear-sky flux to yield the
cloud radiative effect for an overcast sky. For the smallest
IWP bins, the cloudy-sky flux is equal to the clear-sky flux
for the bottom two bin corners (IWP = 0), hence the cloud
radiative effect for these two bin corners is zero. Next, the
climatological seasonal cycle of clear-sky surface albedo
from the PI simulation of each ensemble member is used to
linearly interpolate K from latitude-surface-albedo space
to latitude-longitude space (Fig. 1b). The interpolation
yields a transformed cloud radiative kernel for each PPE
member which is a function of calendar month, latitude,
longitude, r. and IWP, with units of Wm2%! (Watts per
square meter per percentage of cloud fraction). The re-
maining kernel methodology is identical to that outlined
in Duran et al. (2025). A similar process is followed to
generate a longwave (LW) cloud radiative kernel that can
be used to estimate LW ERFaci; ., although that is not the
focus of this work.

One source of uncertainty in developing the radiative
kernel is the choice of ice crystal shape parameterization.
Given that cloud scattering properties are highly depen-
dent on particle size (r.), the choice of ice crystal shape
parameterization can have substantial radiative impacts.
The kernel uses the default Fu (1996) parameterization in
RRTMGQG, but the alternative schemes of Ebert and Curry
(1992) and Key and Schweiger (1998) are also tested.

Figure C1 demonstrates the impact of ice crystal shape
parameterization on the cloud radiative kernel. Generally,
the default kernel is less negative than the Ebert and Curry
(1992) kernel for all r,—IWP bins other than the upper-
most IWP bins (1000-20000 gm™2; Fig. Cla), whereas it is
more negative than the Key and Schweiger (1998) kernel
for all histogram bins (Fig. C1b). The Fu (1996) parame-
terization thus yields a middle-of-the-road estimate of the
radiative impacts of ice cloud changes compared to the
other two schemes. Additionally, the Fu (1996) parame-
terization leads to the best agreement between overall SW
ERFaci (liquid+ice clouds) from the MODIS CRK method
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FiG. 1. Example of the global-mean MODIS ice cloud fraction histogram and radiative kernel. (a) Diftference in cloud histograms between the
PD and PI simulations for ice-topped clouds in one ensemble member pair. (b) SW cloud radiative kernel for ice-topped clouds. The kernel has
been interpolated to latitude-longitude space using the preindustrial climatological surface albedo. The cloud histograms and radiative kernels are
functions of IWP, r., calendar month, latitude, and longitude, but have been spatially and temporally averaged for demonstration purposes.

(Duran et al. 2025) and established methods for estimating
the total SW ERFaci, further validating its use.

1) APPROPRIATENESS OF THE SW CLOUD RADIATIVE KER-
NEL

We propose to use cloud radiative kernels to diagnose
SW ERFaci;.., and discuss our reasoning here. While
GCMs tend to simulate a net (SW+LW) negative ERFaci
from ice clouds as a result of stronger negative SW forcing
outcompeting weakly positive LW forcing (Zelinka et al.
2014, 2023), the reason(s) behind this are poorly under-
stood. Approaches for diagnosing ERFaci; . differ in their
complexity (Gettelman et al. 2012; Gryspeerdt et al. 2020
Penner et al. 2009) and are not straightforward to compare,
further hindering this picture. In contrast, cloud radia-
tive kernels, which rely on a standard definition of cloud
and a standard radiative transfer code, provide an appeal-
ing approach applicable across different models. Their
uniformity enables intermodel differences in ERFaci; .. to
be directly attributed to different cloud responses. Fur-
thermore, only monthly mean satellite simulator output is
required for the kernel approach (Zelinka et al. 2012; Du-
ran et al. 2025). These advantages provide a compelling
case for our proposed cloud radiative kernel approach, but
additional details warrant attention.

The cloud radiative kernel approach simplifies the diver-
sity of cloud regimes and instead focuses on the radiative
effects of clouds based on their gross properties (e.g., 7.,
IWP), an issue discussed at length in Zelinka et al. (2016).

Ambiguity may be introduced when interpreting the stan-
dard MODIS CRK decomposition because the response of
a single cloud type in a specific region of r,—IWP space
is considered collectively across the entire cloud popula-
tion, thus obscuring attribution of the radiative changes.
In regions like the deep tropics, where thick deep con-
vective cores and thin anvils coexist, distinct responses in
either cloud regime will manifest themselves across the
entire r,—IWP distribution, hindering interpretation. Nev-
ertheless, radiatively, we expect ice clouds with an albedo
near 0.5 to exhibit the greatest albedo susceptibility to
changes in ice crystal number concentration, and clouds
with albedo much greater or less than 0.5 to be less sus-
ceptible (Twomey 1991), regardless of their cloud type.
The kernel captures this feature by estimating the radiative
impacts of changes in r, with the IWP fixed to its clima-
tological distribution, and vice versa: regions where the
cloud climatology is near this optimum albedo will exhibit
the highest radiative sensitivity to cloud changes, with the
sensitivity falling off with increasing or decreasing cloud
albedo. Thus, the main issue of the collective nature of the
kernel approach is interpreting the ice cloud response to
forcing, not its quantification. The strong agreement be-
tween the CRK approach and other methods for estimating
SW ERFaci (see Section 4b) further supports the claim that
the kernel generates a reasonable first estimate. Separating
the MODIS CRK decomposition of ice clouds into thin
and thick cloud responses based on IWP (e.g., Gasparini
et al. 2019; Sokol et al. 2024; Deutloff et al. 2025; Lutsko



et al. 2026) is beyond the scope of this paper but should be
the topic of future work.

The advantages of the kernel technique notwithstanding,
the emphasis on SW, instead of LW or net, ERFaci is not as
clear when examining ice clouds instead of liquid clouds.
Located low in the atmosphere, liquid clouds typically
have cloud-top temperatures similar to the temperature at
the surface, implying a weak impact on LW radiation and
motivating the large body of work that examines the SW
forcing from aerosol-induced cloud changes. However, un-
like liquid clouds, ice clouds can exert significant impacts
on outgoing LW radiation due to the temperature contrast
between their cool tops and the surface. Therefore, it is
unclear whether ERFaci; . is dominated by the SW compo-
nent of the forcing. Since we are concerned with effective
radii changes and subsequent macrophysical cloud adjust-
ments in response to anthropogenic aerosols, the r,.—[WP
histograms and kernels are useful for interpreting the dif-
ferent components of aerosol forcing, but the fixed CTP
assumption (see Section 2b) required to generate the CRK
poses a challenge for diagnosing LW ERFaci;... Assuming
a CTP of 250 hPa when generating the LW kernel will lead
to an overestimation of the LW cloud radiative effect (CRE)
for ice clouds situated below this level in the atmosphere,
and underestimate the LWCRE of ice clouds located above
this pressure level. While joint histograms of optical depth
(1) and CTP could be used to estimate SW ERFaci; ., their
interpretability is limited: the radiative impacts of changes
in 7 could arise from changes in r, or IWP, or both. Thus,
given our focus on aerosol forcing and its components, this
work necessarily focuses on SW ERFaci;.; details about
how the global-mean LW ERFaci;, is estimated are found
in Appendix C.

c. SW ERFaci;.. decomposition

For each ensemble member, the SW radiative flux
anomaly at TOA induced by changes in ice-topped clouds
between PD and PI is decomposed into contributions from
re, IWP, and cloud amount changes. For a specific lat-
itude, longitude, and month, the total ice-cloud-induced
SW radiative flux anomaly at TOA, R’, is generated by
multiplying the cloud radiative kernel K by the change in
ice cloud fraction histogram C” and summing over all r,
and IWP bins:

R = i 27: (KpiCli). @

where C’ represents the change in ice cloud fraction
between PD and PI. R’ gives an estimate of the contribu-
tion of ice-topped clouds to the change in TOA radiation
associated with an aerosol perturbation. R’ is calculated
for each calendar month and then averaged over the full
seasonal cycle.
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We decompose the right-hand side of Equation 2 to esti-
mate how much r,., IWP and cloud amount anomalies con-
tribute to R, following Duran et al. (2025). The decom-
position is re-derived in appendix B, since the approach
is identical, but swaps . ;c. and IWP for r, ;;, and LWP.
The decomposition of SW ERFaci; .. enables the partition-
ing of ice cloud changes into more physically-interpretable
micro- and macrophysical changes.

d. Observations

Observations of cloud properties are taken from the lat-
est MODIS global dataset (Pincus et al. 2023). The raw
data are passed through the Collection 6.1 data-processing
stream to produce a dataset that facilitates a like-for-like
comparison between observations and satellite simulator-
derived output from GCMs. Pixelscale observations from
Terra (MODO06_L2) and Aqua (MYDO06_L2) are com-
bined on daily and monthly timescales to generate the
MCDO6COSP Level-3 data product (Pincus et al. 2023)
used here. Observations from 2002-2024 are used.

Observations of radiative fluxes are taken from the
CERES (Clouds and the Earth’s Radiant Energy Sys-
tem) satellite Energy Balanced and Filled (EBAF) prod-
ucts (Loeb et al. 2018) version 4.1. Data from 2001-2024
are used, which overlaps with the averaging period for the
climatological SSTs (2005-2015) in the model setup.

3. Applying the new MODIS ice CRK method
a. SW ERFaci;.. and its components across the PPE

The PPE ensemble mean estimates of the total SW
ERFaci;.., the ice Twomey effect, and ice cloud adjust-
ments are shown in Figure 2. Global mean values of the
total SW ERFaci;.. and the three components of the ice
MODIS CRK decomposition are compared in Figure 3.

The method estimates an ensemble- and global-mean
cooling of -0.43 Wm2 in the SW for ice clouds, which
is partially offset by about 35% from LW warming (0.16
Wm?2; see Appendix C for details). There is substantial
spread within the PPE (10 range of 0.75 Wm™), with over
20% of ensemble members simulating an overall warm-
ing in the SW from ERFaci;., (Fig. 3). The default
CAMG setup (-0.25 Wm) is close to the ensemble-mean
estimate. The total SW ERFaci;., in CAMG6 is character-
ized by a dipole of cooling over Asia that extends into the
North Pacific and concentrated warming over the tropical
West Pacific (Fig. 2a). A local net warming effect from
aerosol-cloud interactions is not seen for liquid clouds in
an ensemble of CMIP6 GCMs (Figure 2a; Duran et al.
2025). The warming response in the tropical Pacific is
also surprising given the lack of an anthropogenic aerosol
signal in the region. The mechanisms behind this response
are addressed in section 4.
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FiG. 2. Ensemble mean SW ERFaci;.. and its components. (a) Total SW ERFaci;c.. Contribution to SW ERFaci;.. from the (b) ice Twomey
effect, (c) ICF adjustment, and (d) IWP adjustment. Ensemble- and global-mean values of each component are indicated in brackets.
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ERFaci;c, in the ensemble mean. Its spatial pattern is
highly correlated (r = 0.86) with the total SW aerosol forc-
ing from ice clouds. The strongest cooling is concentrated
over South Asia, where the largest increases in sulfate emis-
sions are present, but to a lesser extent can also be seen off
the eastern coasts of North and South America, and Africa.

ICF L The aerosol perturbation, hence cooling, over North Amer-

ica and Europe is smaller than that over Asia due to the
use of climatological emissions from 2006-2014. A small
warming signal, indicating increases in effective radius, is
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Fic. 3. Estimates of global-mean SW ERFaci;.. and its components
across the PPE. Global-mean estimates of the total SW ERFaci; e,
ice Twomey effect, ice cloud fraction (ICF) and ice water path (IWP)
adjustments. Thin and thick lines represent the 90% and 66% confidence
intervals, respectively. The thick vertical line denotes the median value
of each quantity.

The ice Twomey effect (Fig. 2b) is the dominant con-
tributor (-0.30 Wm™) to the overall negative total SW

seen over the tropical West Pacific, but the shifts in 7, are
not large. An overall negative Twomey-like increase in SW
ice cloud albedo was also found in five CMIPS models in
Gryspeerdt et al. (2020), although they could not separate
r. changes from IWP adjustments.

The ICF adjustment (Fig. 2c) reflects changes in ice
cloud amount, and shows the strongest spatial variability of
the three components as well as the most spread (1o range
of 0.52 Wm; Fig. 3). Large variations in the high cloud
amount in response to aerosol were also found in several
AeroCom and CMIP5 models (Gryspeerdt et al. 2020). As
with the Twomey effect, it is strongly correlated (r = 0.89)



with the total SW ERFaci;... However, in the ensemble
mean the SW radiative effects of ice cloud amount changes
are near zero (-0.04 Wm™). It is not immediately obvious
why the radiative effects of the cloud amount dipole should
approximately balance, which they do in nearly a quarter
of ensemble members. Nevertheless, the spatial similarity
between Fig. 2b and Fig. 2c suggests thatice cloud amount
adjustments are closely tied to microphysical (r.) changes
in the model.

The IWP adjustment (Fig. 2d) is weakly negative (-0.09
Wm2) across the ensemble, but its spatial pattern differs
from the other components and the total SW ERFaci;.,.
The low spatial correlation with the Twomey effect and
ICF adjustment indicates that detectable shifts in the IWP
distribution of ice clouds occur separately from shifts in r,
and cloud amount (pattern correlation of -0.24 and -0.07,
respectively). The IWP adjustment is the strongest compo-
nent in the default simulation, generating a cooling effect
of -0.24 Wm™. In the global mean, the IWP adjustment
tends to be anti-correlated with both the Twomey effect
(r = —0.54) and ICF adjustment (r = —0.37), with little re-
lationship to the total SW ERFaci;., (r = —0.11). Due to
the relatively weak IWP changes, it is not the focus of our
work here.

b. Validation of total SW ERFaci estimates

Having introduced the ensemble mean decomposition
of SW ERFaci; .., we validate the CRK approach by com-
paring our estimates of SW ERFaci to other methods. The
technique is compared with the widely-used Ghan (2013)
and approximate radiative perturbation (APRP) methods
(Taylor et al. 2007). Both methods have their own draw-
backs: the former relies on specialized aerosol-free diag-
nostics that are not always output from models and cannot
decompose the total SW ERFaci, and the latter cannot par-
tition ACI by cloud-phase nor separate the instantaneous
forcing (r, changes) from the cloud water adjustment. Nev-
ertheless, these methods have been used in numerous stud-
ies assessing aerosol forcing across generations of CMIP
models (e.g., Zelinka et al. 2014, 2023; Smith et al. 2020).

Direct comparison with these methods is not possible
for SW ERFaci;.. because both derive estimates of SW
ERFaci from all cloud phases. Here, we add the above es-
timates of SW ERFaci; . to estimates of SW ERFaciy;, de-
rived using the approach developed in Duran et al. (2025).
While discussing the SW ERFaciy;, results in the PPE is
beyond the scope of this paper, it is necessary to utilize
them here to validate the new method.

The combined liquid+ice MODIS CRK method demon-
strates excellent agreement with both the Ghan (2013) and
APRP methods in the global mean (Fig. C2aandb). While
relying on simulated cloud data from passive satellite re-
trievals has its own limitations (Zelinka et al. 2025), the
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strong consistency with common techniques for estimat-
ing ERFaci provides support for the use of the MODIS
CRK approach, which also confers the benefits of phase-
separation and process-based decomposition of ACI. A
more thorough examination of spatial differences in esti-
mates of ERFaci is left to a future work.

To further validate the CRK approach, the MODIS SW
ERFaci;.. estimates are compared to the two-term decom-
position of Gryspeerdt et al. (2020). Their decomposi-
tion separates SW ERFaci;,. into cloud fraction and cloud
albedo terms; the former is directly comparable to the ICF
adjustment, while the latter is compared to the combined
Twomey effect and IWP adjustment. The two techniques
demonstrate strong agreement (Fig. C2c and d), further
reinforcing the suitability of the MODIS CRK decomposi-
tion.

4. Unraveling the drivers of the cloud response
a. Identifying distinct ice cloud changes across the PPE

We seek to understand the drivers of the tropical Pacific-
Southeast Asia dipole pattern in Figure 2 by analyzing
the most extreme members in the PPE. To this end, we
focus on the ten ensemble members with the strongest
(COOL) and weakest (WARM) global-mean cooling from
SW ERFaci;... While representing the tail ends of the
modeled response, the COOL and WARM composites are
employed to give the best chance at identifying a plausible
systematic driver of the ice cloud response across the PPE,
which can be challenging given the amount of parameters
perturbed. The results are insensitive to changes in the size
of these subsets.

Figure 4a-b show the 10-member composites of total
SW ERFaci;., for COOL and WARM, respectively. The
COOL group response is an amplified version of the en-
semble mean (Fig. 2a), but the WARM group demonstrates
anear-opposite response, with slight cooling in the tropical
Pacific, and warming over South Asia and other tropical
regions. The overall pattern of total SW ERFaci; . in both
COOL and WARM is shaped by the ice Twomey effect and
ICF adjustment, just as in the ensemble mean. The IWP
adjustment is muted except for a large loss in cloud ice
over the tropical Pacific in COOL. The large differences in
the ice cloud response between COOL and WARM moti-
vates us to investigate the source of this diverging model
behavior.

Figure C3 identifies the most distinct parameters be-
tween COOL and WARM, as determined by a two-
tailed significance test, and Figure 4c demonstrates the
two most significant parameters and their relationship
to the total SW ERFaci;..: micro_mg_autocon_Iwp_exp
(x-axis) and microp_aero_wsubi_scale (y-axis). Mi-
cro_mg_autocon_lwp_exp is the cloud-to-rain autoconver-
sion exponent that modifies the cloud water mass mix-
ing ratio (q4) in the Khairoutdinov and Kogan (2000)
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scheme. Higher values correspond to weaker autocon-
version rates, hence greater retention of cloud water. Mi-
crop_aero_wsubi_scale linearly scales the subgrid vertical
velocity passed into the ice nucleation routine. Higher
values imply more ice activation, all else being equal.

The COOL group is characterized by weak autocon-
version (larger micro_mg_autocon_lwp_exp) and strong ice
updrafts (larger microp_aero_wsubi_scale); vice versa for
WARM. While it is not surprising that a parameter directly
affecting ice nucleation is relevant to SW ERFaci;,, it is
unclear why a parameter controlling stratiform autoconver-
sion rates defines the COOL and WARM groups. COOL
and WARM cloud changes diverge substantially in the trop-
ics, where we would expect micro_mg_autocon_Iwp_exp to
be of reduced importance. The roles of these parameters
in shaping the ice cloud responses to aerosol in the PPE
are subsequently investigated.

b. COOL group response

The COOL group response is used to understand
the ensemble mean ice cloud response. =~ We focus
on the two parameters outlined in section 3a: mi-
cro_mg-autocon_Ilwp_exp and microp-aero_wsubi_scale.
The extensive emphasis on COOL is due to its spatial
similarity with the ensemble mean response (Fig. 2a).

Moreover, when individual ensemble members are clus-
tered into COOL- and WARM-like subsets based on their
spatial pattern of total SW ERFaci; ., over 80% (n=130)
of simulations fall in the COOL-like group.

Large increases in sulfate from PI to PD dominate the
overall ice cloud response in COOL. Figure 5a demon-
strates the large contribution of homogeneous nucleation
to increases in N;, which is most pronounced over Asia
and the Eastern U.S., where anthropogenic aerosol emis-
sions are highest. The regions of enhanced homoge-
neous nucleation, chiefly Southeast Asia and South Amer-
ica, are coincident with the regions of strongest cool-
ing from SW ERFaci;., in both COOL (Fig. 4a) and
the ensemble-mean (Fig. 2a). The nucleation changes
occur despite reduced updraft speeds in these regions
(Fig. 5c), which alone would weaken homogeneous nu-
cleation. The increased upper-tropospheric sulfate from
anthropogenic aerosol emissions overwhelms the muted
dynamical changes and greatly enhances homogeneous ice
nucleation (Gettelman et al. 2012): we consider these re-
gions to be in an “aerosol-limited” regime in PI.

The tropical Pacific is the sole region in COOL that
undergoes substantial decreases in homogeneous nucle-
ation in PD (Fig. 5a). The reduction in homogeneous
nucleation occurs despite increases in upper-tropospheric
sulfate (not shown), and is collocated with the region of



(a)

COOL group

~120 0

—360

—240

120

AINhom [m~3]

(d)

12 0.0

12

Awsoo [hPa d_l]

F1G. 5. Changes in ascent lead ice nucleation changes in tropics. Change in activated ice number concentration due to homogeneous freezing
for (a) COOL and (b) WARM, averaged over model layers between 150 and 250 hPa. Change in vertical pressure velocity at 500 hPa (wsgp) for (c)
COOL and (d) WARM. (a) and (b) are output from the CAM6 ice nucleation scheme (Liu and Penner 2005; Liu et al. 2007). Statistical significance

at the 95% confidence level is stippled.

weakened ascent in the tropical Pacific (Fig. 5c). The pris-
tine conditions of the upper-tropospheric tropical Pacific,
as well as the cold temperatures and high updraft speeds
that encourage homogeneous nucleation (Kércher et al.
2006), yield a region where dynamics are not secondary to
aerosol changes, even in nudged simulations. These factors
all point to a dynamics-driven, rather than aerosol-driven,
tropical high cloud response, which we investigate below.

1) CHANGES IN LARGE-SCALE ASCENT AMPLIFIED BY MI-
CROP_AERO_WSUBI_SCALE

To test our hypothesis that tropical Pacific cloud changes
are not aerosol driven, we assess the PD aerosol response
over this region. We might suspect that increases in sulfate
or dust aerosol would help explain ice cloud changes in this
region through affecting nucleation processes. As men-
tioned, a strong weakening of homogeneous nucleation in
COOL (x10-20%, Fig. 5a) is evident at upper levels over
the Pacific, coincident with the region of substantial ice

cloud loss (Fig. 4a). The weakening of homogeneous
nucleation occurs despite increases in sulfate. In the trop-
ical upper-troposphere, coarse mode dust concentrations
increase in COOL, which decrease available water vapor,
suppress supersaturations, and weaken homogeneous nu-
cleation. By activating at lower supersaturations, the dust
changes largely negate increases in sulfate, which alone
would strengthen homogeneous nucleation. Nevertheless,
decreases in homogeneous nucleation strength are not sys-
tematically explained by increased dust loading and en-
hanced heterogeneous nucleation in PD. In general, dust
changes in COOL act to weaken homogeneous nucleation
over the tropical Pacific, but they are not the primary driver
of ice cloud loss in the region across the PPE.

The weakening of homogeneous nucleation evident in
Figure 5a could also be driven by environmental changes.
Cooler temperatures and greater relative humidity both
would increase the frequency of homogeneous nucleation.
The tropical upper troposphere warms and dries in COOL,
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both of which are unfavorable to homogeneous nucle-
ation. However, these changes are relatively small (percent
change < 5) and unlikely to fully explain the nucleation and
ice cloud response, but they contribute to the nucleation
changes we seek to explain.

Updraft speeds play a pivotal role in the loss of ice
clouds over the tropical Pacific in COOL. Faster updrafts
create higher supersaturations and enable greater homoge-
neous freezing (Kircher and Lohmann 2002). The strong
ascending motion in the tropics, coupled with the low tem-
peratures of the tropical upper-troposphere, creates an envi-
ronment favorable for abundant homogeneous nucleation.
In the base state, the effect of microp_aero_wsubi_scale is
to either dampen (< 1) or enhance (> 1) homogeneous nu-
cleation by scaling the vertical velocity used for ice nucle-
ation, which is derived from the sub-grid vertical velocity
variance associated with turbulent kinetic energy (TKE).
Indeed, microp_aero_wsubi_scale closely correlates with
the ice number concentration activated via homogeneous
freezing in the tropics in PI. Therefore, members of COOL
have very active homogeneous nucleation in the tropical
upper-troposphere in the base state due to their high values
of microp_aero_wsubi_scale.

The scaling of vertical velocity for ice nucleation by mi-
crop_aero_wsubi_scale not only sets base state nucleation
in the tropics, but also controls the response to aerosol
in PD. For values greater than 1, microp_aero_wsubi_scale
will intensify the effects of simulated changes in ascent
on ice nucleation. This is relevant because large-scale as-
cent weakens over the tropical Pacific in COOL (Fig. 5c¢)
and in the ensemble mean. Alone, reduced updraft speeds
weaken homogeneous nucleation in the upper-troposphere,
which occurs in the majority of ensemble members. Mi-
crop_aero_wsubi_scale is then responsible for setting the
degree to which homogeneous nucleation weakens in re-
sponse to these slower updrafts. Given their high mi-
crop_aero_wsubi_scale values (Fig. 4c), COOL group
members show the largest nucleation changes in response
to diminished updraft speeds over the tropical Pacific. It
is clear that microp_aero_wsubi_scale controls the strength
of nucleation changes over the tropical Pacific, but we now
seek to understand what drives the weakening of large-
scale ascent in the PPE.

2) SUBTROPICAL AND TROPICAL CLOUD RESPONSE LINKED
VIA BOUNDARY LAYER HUMIDIFICATION

We now investigate the mechanisms governing the weak-
ening of large-scale ascent in COOL and seek to con-
nect them to micro_mg_autocon_Iwp_exp. This parameter
is highly influential in determining the preindustrial base
state because it controls the overall cloud-to-rain autocon-
version rate, hence it plays a key role in setting the mean
cloud state. For example, members with weak autocon-
version (high micro_mg_autocon_lwp_exp) have enhanced

moisture in the cloud layer in PI due to greater retention of
cloud water, whereas members with strong autoconversion
quickly rain out cloud water, resulting in small amounts of
low clouds globally.

Similar to microp-aero_wsubi_scale, mi-
cro_mg_autocon_lwp_exp is relevant for setting both
the base state and the response to the aerosol perturbation.
With the addition of aerosol, which slows down autocon-
version by increasing Ny, thus prolonging cloud lifetime,
we would expect stronger increases in cloud water in
members with weaker autoconversion. Figure 6 confirms
this intuition: changes in subtropical boundary layer
(BL) specific humidity are more pronounced in COOL,
notably off the western coasts of continents. In contrast,
BL moisture changes in WARM are muted, with the
aerosol-induced enhancement of cloud water insufficient
in overcoming the strong autoconversion set by low
values of micro_mg_autocon_lwp_exp. The subtropical
regions with large near-surface moisture increases in
COOL are characterized by extensive low cloud cover;
therefore, we’d anticipate observing the strongest effects
of precipitation suppression from aerosols there. But how
does this connect to the deep tropics?

Increases in subtropical boundary layer specific humid-
ity in COOL are advected to the deep tropics, leading to a
buildup of BL moisture in the tropical West Pacific (Fig.
7a). While fixed-SSTs provide a boundary condition on
lower-level temperature and potential temperature (ATpgy,
A@p1, = 0), the moisture buildup causes an increase in BL
equivalent potential temperature (6.; Fig. 7b). 6, ac-
counts for moisture changes by considering the additional
latent heat released by condensing all the moisture in the
parcel. It is relevant in the deep convecting regions of
the tropics where the atmosphere closely follows a moist
adiabat whose profile is tied to the moisture content in the
boundary layer (Bretherton et al. 2005; Held and Soden
2006). Therefore, it follows that increases in the bound-
ary layer moisture content in the tropical West Pacific will
force the local tropical atmosphere to follow a more sta-
ble, warmer moist adiabat (Sokol and Hartmann 2022).
Gravity waves then efficiently communicate this perturbed
temperature profile imposed by deep convection across the
tropics (Bretherton and Smolarkiewicz 1989; Neelin and
Held 1987; Pierrehumbert 1995), increasing temperature
throughout the free troposphere. Upper-tropospheric static
stability increases in response to this adiabatic adjustment
(Fig. 7c), suppressing convection and rainfall (Fig. 7d).
Stabilization of the tropical atmosphere in response to el-
evated near-surface moisture explains the weakening of
large-scale ascent in COOL (Fig. 5c¢) and points to a pos-
sible pathway by which subtropical low cloud changes can
induce changes in tropical high clouds.

Alone, the increase in subtropical near-surface moisture
results in greater moisture transport to the Warm Pool re-
gion via advection by mean winds; however, this response
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is obscured by the dynamic response, whereby weaken- in the model because nudging is not applied within the
ing trade winds deliver less moisture to the tropical Pa- boundary layer. To square our results, we use a mois-
cific. Weakening of low level winds is permitted to evolve  ture balance argument (Betts 1998; Held and Soden 2006;
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Williams and Jeevanjee 2025). The initial increase in qpr,
in the subtropics is advected along climatological winds
to the deep tropics and induces stabilization of the tropi-
cal atmosphere through a moist adiabatic adjustment. The
perturbed tropical temperature profile is more stable and
results in weakened ascent over the equatorial Pacific, as
well as weakened subsidence over the subtropical North
Pacific (Fig. 5¢). The slowdown of the overturning circu-
lation triggered by the initial increase in moisture advection
from the subtropics to the tropics weakens NH trade winds,
resulting in a decrease in moisture convergence in the west
Pacific. However, the decreased moisture convergence is
outweighed by the strong reductions in ascent, which se-
quester moisture in the BL more effectively, as shown by
the vertical dipole in specific humidity over the Warm Pool
region (Fig. 8c). The close correspondence of tropical
precipitation changes with competing near-surface mois-
ture and ascent changes confirms that the latter dictate the
overall response and are most evident in COOL (Fig. 8a
and b).

These results depart from prior work on the connection
between subtropical cloud responses to aerosol and circula-
tion changes in the tropics. Large-eddy simulations (LES)
with idealized aerosol forcing show an increase in tropical
precipitation and associated strengthening of the overturn-
ing Hadley circulation in response to subtropical aerosols
(e.g., Dagan and Chemke 2016; Dagan et al. 2023; Yam-
aguchi et al. 2026; Sokol and Wright 2026). The PPE and
idealized simulations agree that higher subtropical aerosol
loading suppresses local precipitation and enhances mois-
ture flux to the tropics. However, in these studies, tropical
precipitation increases with this near-surface moistening,
resulting in more latent heat release that amplifies the over-
turning circulation, and changes in stability are less impor-
tant. Nevertheless, other studies find that changes in static
stability play an important role in the observed weakening
of the NH Hadley Circulation (Hess and Chemke 2024),
supporting the stability-induced circulation pathway pre-
sented.

Through nudging, adjustments in tropical ascent are re-
stricted; therefore, the circulation response is most sen-
sitive to the strengthening of upper-tropospheric stability.
Nevertheless, the discrepancy with prior work outlines the
challenges associated with using nudging to diagnose ACI,
given how it inhibits circulation adjustments, although
LES studies are not without their own issues (Abbott and
Cronin 2021; Dagan et al. 2022; Anber et al. 2019). Future
work should address whether the effect of the stability-
induced circulation adjustments shown here is present in
free-running simulations. Some ensemble members in the
free-running CAM6 PPE (Eidhammer et al. 2024) show
similar ice cloud loss in the tropical Pacific; this is dis-
cussed in section 6.

3) TROPICAL HIGH CLOUD RESPONSE TO CIRCULATION AND
NUCLEATION CHANGES

Thus far, we have demonstrated how two key parame-
ters in the PPE drive the atmospheric response in the trop-
ics through amplification of ascent changes and enhanced
boundary layer moisture. Now, we link stability and ice
nucleation changes to the reduction of high clouds over the
tropical Pacific in COOL.

Decreases in homogeneous freezing as a result of weak-
ened ascent lead to microphysical changes that impact
cloud formation and lifetime. A reduction in ice crys-
tal number (N;) and corresponding increase in ice crystal
effective radius are evident in response to weakened ho-
mogeneous nucleation (Fig. 9a-b). A shift to fewer, larger
ice crystals increases sedimentation velocities, leading to a
loss of cloud ice (Fig. 9¢) and shorter cloud lifetimes. As
a result, ice cloud fraction decreases substantially over the
tropical Pacific (Fig. 9d).

The nucleation-driven cloud changes explain the strong
warming response in SW ERFaci;.. over the tropical Pa-
cific seen in COOL (Fig. 4a) and in the ensemble mean
(Fig. 2a). Figure 9 highlights how the tropical Pacific
changes in N; and r, are relatively small compared to their
changes outside the tropics. This is likely due to them
being driven by dynamical changes, which are small when
evaluated against the strong anthropogenic aerosol pertur-
bation elsewhere. Large decreases in ice crystal size due to
anthropogenic aerosols in the extratropics, especially over
Southeast Asia, outcompete small tropical 7, increases to
drive the overall cooling response of the ice Twomey ef-
fect (Fig. 2b). Conversely, tropical ice cloud loss driven
by the slowdown of the overturning circulation is substan-
tial enough to balance ice cloud gain over industrialized
regions and produce a radiatively-neutral ICF adjustment
(Fig. 2c). The associated tropical high cloud changes
are important for SW ERFaci;.., demonstrating the sig-
nificance of considering the effects of both aerosol- and
dynamics-driven cloud responses.

c. WARM group response

A small proportion (<20%) of the PPE exhibits a qualita-
tively different ice cloud response from the ensemble mean.
The WARM group members display small increases in ice
cloud over the tropical Pacific and large ice cloud loss cen-
tered over the tropical Indian Ocean. Ice cloud loss can also
be seen over much of the tropics outside of the Pacific basin
and extending eastward from East Asia (Fig. 4b). Just as
in COOL, weakening of ascent is responsible for ice cloud
loss in the tropics, but in WARM the ascent changes are
confined to the Indian basin (Fig. 5d). We argue that base
state aerosol burdens help explain these differences, but do
not to focus in-depth on the WARM response because few
ensemble members display this behavior and those that do
have unrealistically high ice- and low liquid-cloud fraction.
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WARM is characterized by stronger dust loading glob-
ally in PI (Fig. C4a). The aerosol optical depth (AOD)
from dust is almost twice as large in WARM compared to
COOL. As a result, base state cloud-top r. and N; in the
tropics are smaller and larger in WARM, respectively. A
peak in NV; is observed just south of India in WARM, about
40° west of the peak in N; in COOL. This shift in N; cor-
responds to a westward-shifted peak in tropical ice cloud
fraction and higher IWP over the Indian Ocean. We sus-
pect that dust, an important natural aerosol, is modulating
the center of tropical convection in WARM.

Greater dust loading impacts both the base state and the
response to the PD aerosol perturbation in WARM. The
higher amounts of coarse mode dust enhance heteroge-
neous nucleation in PI globally, activating at lower super-
saturations, hence restricting homogeneous nucleation. As
a result, base state homogeneous nucleation over the tropi-
cal Pacific is weak and not prone to decreasing dramatically
as in COOL, which helps to explain both the lower amounts
of ice clouds in this region in the base state, and the lack
of cloud changes in PD. Additionally, updrafts strengthen
over the tropical Pacific in WARM (Fig. 5d), generating
stronger cooling and higher supersaturations favorable to
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cloud formation. Outside of this region, we suspect that
large increases in sulfate are decoupled from cloud changes
because heterogeneous nucleation is sufficiently strong to
maintain supersaturations below the homogeneous nucle-
ation threshold.

d. Realistic ensemble members resemble COOL response,
but weaker

The mechanisms governing the distinct ice cloud re-
sponses across the PPE are evident in the COOL and
WARM composites, but may differ in less extreme en-
semble members. The majority of ensemble members
simulate much more ice cloud than is observed (Fig. 10a),
which could suggest the model behavior is not represen-
tative of realistic ice cloud responses to aerosol forcing.
The consistent overestimation of ice cloud fraction in the
PPE may indicate a systematic model bias; we leave this
to future work, but suggest that CAM6 may simulate ice
clouds that are too low (cloud-top pressure bias) and/or
too thick (emissivity bias). Excessive ice cloud fraction
was also found in the free-running CAMG6 PPE (Song et al.
2024). We turn to subsets of the PPE which best capture the
present-day ice cloud state to verify whether the responses
outlined above are active in the most realistic climates.

Only 12 and 24 ensemble members fall within the
20 range (spatiotemporal standard deviation) of observed
MODIS ICF and CERES LW cloud forcing, respectively:
we dub these subsets the MODIS and CERES groups. Both
subsets have strong pattern correlations with the COOL
group with respect to SW ERFaci; ., albeit with substan-
tially weaker global-mean cooling (-0.21 and -0.45 Wm™2,
respectively). The MODIS and CERES groups share weak
autoconversion values with COOL, hence they exhibit spa-
tially similar, but weaker, increases in boundary layer mois-
ture in the subtropical stratocumulus regions (pattern corre-
lation of r = 0.7 and 0.81 with COOL, respectively). More-
over, the groups share qualitatively similar microphysical
responses with COOL, notably the decreases in ice crystal
effective radius over Southeast Asia and increases over the
tropical Pacific. The microphysical changes are of reduced
magnitude compared to COOL due to lower values of mi-
crop_aero_wsubi_scale, implying that this parameter acts
as an amplifier, rather than a driver, of the typical ice cloud
response to aerosol in CAM6. The strong resemblance
of both the MODIS and CERES groups with the COOL
composite strongly suggests that the proposed atmospheric
pathway is active in ensemble members with realistic mean
state climates.



5. Using observations to constrain estimates of SW
ERFaci; ..

The parametric uncertainty generated through the PPE
leads us to ask whether we can constrain SW ERFaci; ..
To explore this, observations are leveraged to narrow our
ensemble to members that produce realistic ice cloud
amounts. By constraining the PPE, we can assess whether
the ice cloud response is sensitive to the mean climate state.
Since this work is concerned with high cloud changes, ice
cloud retrievals from MODIS (ICF) and LW cloud radia-
tive effects (LWCRE) from CERES are used as constraints.

We use a distance function to quantify how closely en-
semble members match observations, with added weight
given to simulations that best match present-day climate,
loosely following Brient and Schneider (2016). Obser-
vational constraints are applied to the ensemble to assess
how it influences the estimate of SW ERFaci;.. in Fig-
ure 10b. A normalized Euclidean Distance (ED) is used
as the weighting function, such that simulations that best
match observations yield more influence on the posterior
distribution of SW ERFaci;.:
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The constraint based on only two observational metrics
is motivated by a desire to evaluate whether estimates of
SW ERFaci;.. exhibit a base state dependence on ICF in
the PPE. However, recent work by Carslaw et al. (2026)
and others has highlighted the importance of using a com-
prehensive set of observations to constrain PPEs. In light
of this, we further test the sensitivity of our constraint
to three additional observational metrics: MODIS liquid
cloud fraction, and CERES SW cloud forcing and net
TOA flux. With these five constraints, the central esti-
mate shifts slightly more negative (-0.37 to -0.39 Wm™2)
and the spread does not change significantly. Thus, the
global-mean constraint on the SW ERFaci; . appears ro-
bust. Future work could use a calibrated physics ensemble
(CPE; Elsaesser et al. 2025) to test whether SW ERFaci; ...
can be constrained to a greater degree in an ensemble that
produces improved representations of the mean ice cloud
state.

6. Conclusions

A new method for isolating aerosol-ice-cloud interac-

LWCRE; - LWCRECEgRrEs —ICFmopis

OULWCRE JICF

2
| J o[

3
where LWCRE; and ICF; are the global-mean values for the
i-th ensemble member, LWCREcgrgs and ICFyopis are
the spatiotemporal means from observations, and o1 wcrg
and ocr are the PPE ensemble standard deviations of the
longwave cloud radiative effect and ice cloud fraction, re-
spectively.

Next, we create weights for each ensemble member using
the normalized ED:
ED;

“4)

wi=e

and normalize these weights such that

Ziwi.

The observationally-weighted posterior PDF of SW
ERFaci; . (black; Fig. 10b) is narrower than the PPE prior
(red; Fig. 10b). The observational constraints reduce the
spread in total SW ERFaci;.. by 35%, from (-1.05, 0.26)
in the prior to (-0.79, 0.05 Wm?) in the posterior (68%
confidence interval), suggesting that aerosol-ice-cloud in-
teractions have an overall cooling effect in the SW over the
historical period. The constraints do not strongly affect
the central estimate: the mean of the posterior PDF (-0.37
Wm) is slightly less negative than the PPE prior (-0.43
Wm'2). We do not show this here, but our constraints
strongly support a net (SW+LW) overall cooling from ice
clouds, with a 10 range of (-0.37, -0.12) Wm2, due to the
offsetting nature of SW and LW effects for high clouds.

&)

Wi

|

j‘ions using MODIS joint histograms of ice-cloud fraction

partitioned by r.—IWP is introduced, extending the work
in Duran et al. (2025) beyond liquid clouds. The technique
is applied in a new perturbed parameter ensemble, using
monthly output to decompose the SW ERFaci from ice
clouds into contributions from cloud amount changes and
shifts in cloud properties (r., IWP). The PPE ensemble
mean estimate of SW ERFaci;c. (-0.43 Wm2) contributes
to an overall ERFaci estimate (-0.98 Wm2) that closely
aligns with both the central estimate from the IPCC AR6
(-1.0 Wm™, Forster et al. 2021) and the CMIP6-mean (-
0.88 Wm2, Zelinka et al. 2023). This close correspon-
dence indicates that the PPE is useful for understanding
uncertainty in ERFaci, which can be uniquely explored
with the MODIS CRK approach and the decomposition of
SW ERFaci; . it enables.

In the global mean, the MODIS CRK approach demon-
strates strong agreement with prior methods of estimating
ERFaci. This further confirms the benefits of the CRK
method, which provides added value through decomposing
aerosol-induced cloud changes into microphysical changes
and cloud adjustments. Future work could examine the
spatial differences between the different estimates of ER-
Faci which, while likely not relevant at the global scale,
may have implications for regional forcing. For example,
the subtleties of how MODIS classifies clouds influences
estimates of ERFaci in certain regions, just as the partition-
ing of indirect and surface albedo forcing in Ghan (2013)
is unreliable in ice-covered regions.

Next, we show the parametric uncertainty in the PPE can
produce a spectrum of ice cloud responses to aerosols. The
disparate ice cloud changes are traced to variations in two
parameters: one controlling ice nucleation rates through
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FiG. 10. Observational constraints reduce uncertainty in SW ERFacijc.. (a) Global-mean MODIS ice cloud fraction (x-axis) and LW cloud
radiative effect (y-axis). Each dot represents one member. Default CAM6 simulation is indicated by the pink star. COOL and WARM members are
colored red and blue, respectively. Observational PDFs of monthly-mean ICF and LWCRE from MODIS and CERES are shown in pink on the x-
and y-axis, respectively. (b) The PDF of SW ERFaci; . from the PPE (shaded histogram), the PPE prior (red), and the observationally-constrained
posterior (black). The default CAM6 value is indicated by the vertical dashed red line. Gaussian kernel density estimates are calculated with
the scipy.stats.gaussian_kde function (Virtanen et al. 2020). 10 ranges for the PPE (red) and observationally-constrained (black) PDFs of SW

ERFaci; .. are listed in the upper-right corner.

scaling vertical velocities (microp_aero_wsubi_scale), and
one that influences the cloud-to-rain autoconversion rate
(micro_mg_autocon_lwp_exp). High cloud loss in the trop-
ical Pacific is tied to a slowdown in large-scale ascent,
which is amplified by microp_aero_wsubi_scale in COOL
and substantially weakens homogeneous nucleation. We
argue that the weakened tropical ascent is due to the remote
influence of the low cloud response to enhanced aerosol
loading in the subtropics, which humidifies the boundary
layer through precipitation suppression. The advection of
BL moisture from the subtropics increases 6. gy in the
deep tropics and forces an adjustment to a warmer moist
adiabat that stabilizes the tropical atmosphere and inhibits
ascent and convection. Despite the many parameters per-
turbed, the majority of the ensemble (> 80%) display this
response of cloud loss in the tropical Pacific.

We propose that base state differences in aerosol loading
are responsible for driving the contrasting cloud changes in
WARM. Weakening of ascent appears responsible for re-
ductions in tropical ice clouds, butin WARM these changes
are confined to the Indian Ocean, where the peak in tropical
ICF is located. Ice clouds decrease in WARM even over
Southeast Asia and its outflows, where sulfate increases are
strong, likely due to a combination of strong heterogeneous
nucleation and low values of microp_aero_wsubi_scale.
The base state differences in WARM, and corresponding
differences in SW ERFaci; ., provide more evidence that
ice cloud responses to aerosol may be sensitive to the dom-
inant nucleation mode (Penner et al. 2018). This sensitiv-

ity may become more pronounced as models incorporate
the effects of subgrid-scale orographic gravity wave tem-
perature perturbations (Lyu et al. 2023; Tully et al. 2021;
Weimer et al. 2023; Yook et al. 2025), as well as more ad-
vanced treatments of convective microphysics (Song et al.
2025), both of which influence the mean background mi-
crophysical state.

MODIS and CERES observations are applied to our en-
semble to reduce spread in the estimate of SW ERFaci; ..
When ensemble members that best capture present-day
ice cloudiness are given more weight, the model evidence
strongly suggests that SW ERFaci;. is negative, and the
spread in the forcing is reduced by over 30%. The cen-
tral estimate of SW ERFaci;., is largely insensitive to
these constraints (-0.43 to -0.37 Wm2, unconstrained to
constrained) and remains close to the CAM6 default (-
0.24 Wm2). There is even stronger support for a nega-
tive net (SW+LW) ERFaci;., due to greater negative SW
forcing outpacing more positive LW forcing, in line with
Gryspeerdt et al. (2020). These results should be further
tested in other models, as the PPE produces too much ice
cloud, and variations in LWCRE among members with
realistic ICF suggest CAM6 often simulates high clouds
that are too thin, but the insensitivity of the constraint to
additional observational constraints is promising.

Scarce prior analysis of aerosol-ice-cloud interactions
prohibits generalization of our results. However, the
simulated SW cooling from aerosol-ice-cloud interactions
found here contextualizes why the CMIP6 models that pa-



rameterized aerosol effects on ice clouds have stronger-
than-average SW ERFaci (see Table 2 in Zelinka et al.
2023). Each of these models differs in what aerosol species
it considers as INPs, which prevents us from drawing fur-
ther conclusions; for instance, MRI-ESM2.0 demonstrates
a strong SW cooling from ice clouds over the tropical In-
dian Ocean, but this is largely driven by the effects of black
carbon, which are not included in our study (Fig. 3 in
Oshima et al. 2020). This illustrates the difficulty in ac-
curately assessing the structural uncertainty produced by
aerosol-ice-cloud interactions and motivates the adoption
of the systematic, model-agnostic approach presented in
this work.

Our findings raise questions surrounding the use of
nudging in ACI studies. Some prior work has shown that
circulation changes differ drastically between nudged and
free-running simulations (see Fig. 5 in Johnson et al.
2019), while other studies find that nudging is critical for
statistical significance (Kooperman et al. 2012; Zhang et al.
2014) and that nudged and free-running simulations yield
comparable results for assessing the impact of INPs on cir-
rus clouds in an aerosol-climate model (Beer et al. 2024).
In the PPE, even small changes in ascent can produce large
shifts in ice clouds which can be amplified by aerosol and
microphysics parameters, especially in regions with mini-
mal aerosol changes. It is surprising that within a nudging
framework, dynamics are at the forefront of the cloud re-
sponse.

Prior studies employ idealized models (e.g., Dagan and
Chemke 2016; Dagan et al. 2023) to argue that subtropi-
cal aerosol loading should increase equatorial precipitation
and amplify the overturning strength of the Hadley circu-
lation. Here, decreases in precipitation over the central
Pacific with higher aerosol loading are simulated, empha-
sizing the need to investigate aerosol-induced changes to
circulation and their subsequent implications for aerosol
forcing. There is evidence of free-running CAM6 simu-
lations with boundary layer humidification, weakened as-
cent over the Pacific, and corresponding ice clouds loss
(Fig. CS), which hints at the relevance of our proposed
mechanism. To robustly test the pathway presented in this
work, comparisons between free-running and nudged sim-
ulations could be conducted. Whether SW ERFaci; .. is
sensitive to the effects of different relaxation timescales
or where nudging is applied in the vertical should also be
tested.

While some ensemble members from the original CAM6
PPE show fingerprints of the atmospheric pathway dis-
cussed here, the ensemble ice cloud response differs be-
tween the two ensembles, raising questions about the uni-
versality of our findings (Eidhammer et al. 2024). No-
tably, their PPE perturbed parameters relating to shal-
low and deep convection, in addition to the aerosol
and microphysics parameters perturbed here. Many
of these parameters exert substantial influence on the
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cloud response to warming (Duffy et al. 2024), sup-
pressing the influence of the parameters perturbed in
this study. The subtropics-to-tropics pathway hinges on
two key parameters, micro-mg_autocon_lwp_exp and mi-
crop-aero_wsubi_scale, and their deep tropics-mediated in-
teraction: simultaneously perturbing convective parame-
ters that generate spread in the tropical mean state would
likely diminish, or entirely obscure, the parameter interde-
pendencies found here. A targeted, one-at-a-time PPE fo-
cusing on a handful of key aerosol, microphysics, and con-
vective parameters that have now been identified in broader
PPE studies could be developed to assess the robustness of
our findings. A smaller parameter selection would also fa-
cilitate an intermodel PPE comparison among GCMs that
parameterize aerosol-ice-cloud interactions, which would
assess whether low clouds influence the high cloud re-
sponse to aerosol forcing beyond CAM6.

The COOL v WARM dichotomy and the observational
constraints confront us with questions about the CAM6
parameter ranges. In-depth analysis of “plausible” param-
eter values is left to future work; however, given the crit-
ical role of microp_aero_wsubi_scale, we briefly address
its range. In both PPE and emulator output (not shown),
applying observational constraints on various cloud and
radiation metrics favors simulations with low values of mi-
crop-aero_wsubi_scale (< 2, upper range is 5). Duffy et al.
(2024) found this parameter to be highly correlated with
the anomalously strong, positive high-cloud altitude feed-
back in the original CAM6 PPE, and Watson-Parris (2025)
found that lower values of microp_aero_wsubi_scale were
most compatible with both energetic and process-based
constraints on aerosol forcing. Prior results and inter-PPE
comparison strongly suggest that large values of this pa-
rameter yield unrealistic high cloud changes that skew both
ACI and cloud feedbacks. In future PPEs, the upper range
of microp-aero_wsubi_scale should be reduced to assess the
influence of other aerosol and microphysics parameters.

This work contributes a previously-unexplored dimen-
sion to the existing efforts to constrain our estimates of ER-
Faci. A standardized technique for estimating the SW ER-
Faci from ice clouds in GCMs is introduced, and the results
indicate an overall cooling in the SW from ice clouds that is
partly offset by LW warming. The results provide context
to the spread in ERFaci in CMIP6 GCMs that parameter-
ize aerosol-ice-cloud interactions. The MODIS CRK de-
composition also suggests that microphysical changes and
cloud amount changes are closely coupled in CAM6. We
emphasize the need to revisit the ramifications of nudging
for ACI studies by demonstrating that ascent changes drive
the tropical ice cloud response, even when circulation is
constrained. Further work is needed to explore the struc-
tural uncertainty in aerosol-ice-cloud interactions among
the few CMIP models that parameterize their effects. Sub-
sequent studies should standardize additional forcing de-
tails, such as the aerosol species considered as INPs, to
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facilitate intermodel comparison. A unified approach for
assessing the ice cloud response to aerosol would aid our
efforts to better constrain the historical effective radiative

forcing.
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APPENDIX A
GCM description

CAMG is the atmospheric component of the Community
Earth System Model version 2 (Danabasoglu et al. 2020).
The Cloud Layers Unified by Binormals (CLUBB; Golaz
et al. 2002; Larson 2017) scheme is a high-order closure
representation of moist turbulence that unifies the descrip-
tion of the planetary boundary layer, cloud macrophysics,
and shallow convection. The microphysical scheme is the
two-moment Morrison and Gettelman, version 2 (MG2)
scheme, that predicts the mass and number concentra-
tion of cloud and precipitation particles (Gettelman et al.
2015). Deep convection is treated by the Zhang and Mc-
Farlane (1995) scheme. Ice nucleation is treated according
to Liu et al. (2007) and Liu and Penner (2005). In-situ
ice nucleation and detrainment from convective clouds are
the sources of cloud ice for cirrus. The parameterization
represents homogeneous freezing of sulfate aerosols and
heterogeneous nucleation on dust, as well as competition
between the two nucleation types and the effects of pre-
existing ice on activation of new ice crystals (Shi et al.
2015). Cirrus N; is a function of sub-grid updraft veloc-
ity, relative humidity, temperature, and sulfate and dust
number concentrations (Liu and Penner 2005). Sub-grid
vertical velocity variance associated with turbulent kinetic
energy (TKE) from CLUBB is utilized by the ice nucleation
scheme. Notably, CAM6 does not consider other aerosol
species (such as black carbon) for ice nucleation by default.
We use tag cam_cesm2_1 _rel_60 with the appropriate mod-
ifications for the PPE in order to accommodate the COSP
changes needed for the MODIS joint histograms.

APPENDIX B
Derivation of SW ERFaci; .

Combining the MODIS joint histograms with our radiative
kernels enables us to estimate SW ERFaci;.. and its com-
ponents. We decompose the right-hand side of Eq. (2)
to estimate how much r., IWP, and cloud-amount anoma-
lies contribute to the total ice-cloud-induced SW radiative
flux anomaly at TOA, R’. As noted in the text, the ap-
proach is identical to Duran et al. (2025), but focused on
ice clouds. First, we decompose the cloud fraction anomaly
into two terms. Let Cy represent the total ice-cloud frac-
tion summed over all histogram bins:

7
Ciot = Z Z Cpi-

(B1)
p=1i=1
We express the cloud fraction anomaly as
. T
C,i==Ci+Cp (B2)

tot

where overbars indicate values from the climatological
seasonal cycle. The first term on the right-hand side of
Eq. (B2) represents the contribution to C;n. from a change

in cloud cover if C[/Ot were distributed across the r.—IWP
bins such that the normalized cloud distribution in 7.—IWP
space remains the same as the climatology. This term
accounts for the change in total ice-cloud fraction, propor-
tioned according to the climatological distribution (assume
no shift in cloud properties, just amount). The second term
on the right-hand side captures any anomalies of C,; that
remain after removing (fpi /EtOt)Cl/ot; i.e., shifts in the
cloud distribution across r. and IWP, holding total ice-
cloud fraction fixed. C; ; vanishes when summed over all
re—IWP bins.

Next, we decompose the radiative kernel into two terms:
Kpi=Ko+Kpi. (B3)

Ky is the average of K,; weighted by the climatological
cloud fraction,

i | (B4)

and I%pi = K,; — Ko. Combining the relationships from
Egs. (2)-(B4), the ice-cloud-induced SW flux anomaly at
TOA is given by

7
R/EZ

7
p=1i=1

7
(RpiCy,). (BS)
=1

7
(Kpicjm) = KoCiot + Z
p=li
KOC;Ot represents the ice-cloud-induced SW flux
anomaly at TOA that would occur given a change in to-
tal ice-cloud fraction, distributed across the climatological
distribution of clouds in the 7.—IWP joint-histogram space.
This term is the cloud fraction adjustment, also known as
the “proportionate change in cloud fraction” from Zelinka
et al. (2012).
Next, we decompose K pi into three terms:

Kpi = Kp+ K + Kes, (B6)
where
7 7 6
A A 1
Ry= > |Kpi ), =2, (B7)
i=1 p=1 “tot
7 7 E
A A 13
Ri=) |Rpi ), _—"), (BS)
p=1 i=1 “tot
and
Kies :Kpi_Kp_Kl (B9)
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We can then express R as the MODIS estimates and ALWCRE in the global-mean
support the use of the MODIS CRK approach for comput-

7 L - 7 ing LW ERFaci;... Further details about the LW kernel
R =KoCyy +Z Z +Z K; Z C,i |+ Z Z(Kreaﬂzizﬁs generation can be found in Wall et al. (2025).
p=1 i=1 i=1 p=1 p=li=1
(B10)
or

R = RCF+R + Riyp + Ries. (BID)

The first term on the right-hand side of Eqs. (B10) and
(B11), R’CF represents the contribution of changes in the

total ice-cloud fraction to the SW flux anomaly R’. The
second term is generated by multiplying an effective kernel
that accounts for variations in r. by the change in cloud
fraction at each r. bin, and represents the contribution of
re anomalies to the SW flux anomaly R” with IWP and total
ice-cloud fraction held fixed. The third term on the right-
hand side of Eqs. (B10) and (B11) is similar to the second,
but represents the contribution of IWP anomalies to R with
re and total ice-cloud fraction held fixed. These terms are
computed from the differences between PD and PI, where
SSTs are identical but aerosol emissions differ, hence they
represent the ICF adjustment, ice Twomey effect, and IWP
adjustment, respectively. Each term is computed with the
other properties held fixed, and the last term on the right-
hand side (R.,,) is the residual of the decomposition. In
this way, we are able to capture the distinct roles of changes
in different cloud properties to the overall SW ERFaci; .

APPENDIX C
Estimation of LW ERFaci; ..

MODIS joint histograms of ICF partitioned by optical
depth (7) and cloud-top pressure (CTP) are combined with
radiative kernels to estimate LW ERFaci;.. in this work
(see Sections a and 5). While the r,—IWP joint histograms
can be used to estimate LW ERFaci;.., a fixed CTP of
250hPa is assumed when calculating the LW cloudy-sky
forcing to generate the kernel. The LW kernel in r,— WP
space is sensitive to this CTP assumption, given that it de-
termines cloud-top temperature and emission. Thus, the
7—CTP kernel, which does not assume a fixed CTP, is pre-
ferred. A decomposition of LW ERFaci;., similar to that
for SW ERFaci;.. (see Appendix B) can be performed,
but is not included here since we rely solely on the total
LW ERFaci;... For the T—-CTP decomposition, there is an
identical ICF adjustment term, as well as an altitude (CTP
changes) and thickness term (7 changes).

The MODIS estimates of LW ERFaci; . are highly cor-
related (#2=0.91) with the change in LW cloud radiative
effect (LWCRE). We expect the total LW ERFaci to be
dominated by ice clouds, since the cloud-top temperatures
of liquid clouds are much closer to the surface temperature;
hence, LW forcing from warm clouds should be small com-
pared to cold clouds. The strong correspondence between
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Fig. C1. SW ice-cloud radiative kernel sensitivity to ice crystal shape parameterization. Difference between the default Fu (1996) and the (a)
Ebert and Curry (1992) and (b) Key and Schweiger (1998) schemes. The ice-cloud radiative kernels are functions of IWP, r., calendar month,
latitude, and surface albedo, but have been spatially and temporally averaged in the example above for demonstration purposes.

TaBLE Cl. A description of the parameters perturbed in the PPE, with their ranges. Asterisks indicate parameters with modified ranges compared
to Eidhammer et al. (2024). Daggers indicate new parameters.

Parameter Description Default Min Max Units
micro_mg_accre_enhan fact Accretion enhancing factor 1 0.1 10 -
micro_mg_autocon_fact Autoconversion factor 0.01 Se-3 0.2 -
micro_mg_autocon_Iwp_exp” KK2000 LWP exponent 247 1.8 3.6 -
micro_mg_autocon_nd_exp” KK2000 autoconversion factor -1.1 -2.5 0 -
micro_mg_berg_eff_factor Bergeron efficiency factor 1 0.1 1 -
micro_mg_dcs Autoconversion size threshold ice-snow Se-4 5e-5 le-3 m
micro_mg_effi_factor Scale effective radius for optics calculation 1 0.1 2 -
micro_-mg_homog_size Homogeneous freezing ice particle size 2.5e-5 le-05 2e-4 m
micro_mg_iaccr_factor Scaling ice/snow accretion 1 0.2 1 -
micro_mg_max_nicons Max ice number concentration 1e8 le5 lel0 #/kg
micro_mg-_vtrmi_factor Ice fall speed scaling 1 0.2 5 m/s
seasalt_emis_scale Seasalt emission scaling factor 1 0.5 2.5 -
microp-aero_npccn_scale Scale activated liquid number 1 0.33 3 -
microp-aero_wsub_min Min subgrid velocity for liquid activation 0.2 0 0.5 m/s
microp_aero_wsubi_min Min subgrid velocity for ice activation le-3 0 0.2 m/s
microp_aero_wsub_scale Subgrid velocity for liquid activation scaling 1 0.1 5 -
microp-aero_wsubi_scale Subgrid velocity for ice activation scaling 1 0.1 5. -
dust_emis_fact Dust emissions scaling factor 0.7 0.1 1.2 -
sol_facti_cloud_borne’ In-cloud scavenging of cloud-borne modal aerosols 1 0.5 1 -
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Fic. C2. Comparing the MODIS CRK estimates of SW ERFaci to established methods. Global-mean estimates of SW ERFaci derived from the
MODIS CRK (x-axis), (a) Ghan (2013), and (b) APRP (y-axes) methods. (c) Estimates of the MODIS Twomey effect and IWP adjustment (x-axis)
versus the intrinsic forcing from Gryspeerdt et al. (2020). (d) Estimates of the MODIS ICF adjustment (x-axis) versus the ice cloud albedo term
from Gryspeerdt et al. (2020). Each dot is an ensemble member. Dashed black lines represent the one-to-one line. The top left corner indicates the
squared coefficient of determination for the ordinary least-squares linear-regression fit (#2) and the slope of the fit (7). The MODIS CRK method
represents the sum of SW ERFacij;; and SW ERFaci;c.. APRP is calculated following Zelinka (2023).
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Fi. C3. Determining parameter differences between COOL and WARM groups. Histograms of normalized parameter values across the PPE.
Default CAMG6 parameter value indicated by the vertical black line. COOL and WARM group-mean parameter values indicated by the blue and red
vertical lines, respectively. A Welch’s t-test is used to determine whether the parameters are significantly different between the COOL and WARM
groups. P-values (p) from the t-test are indicated in the title. Parameters not significantly different at the 90% confidence level (p > 0.1) are not
shown. Parameters are sorted by their significance from left to right (ascending p-value).
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Fi. C4. Comparing dust and sulfate aerosol burdens between WARM and COOL. Ratio of WARM-to-COOL (a) dust and (b) aerosol burden in
the PI simulation. Aerosol burdens are in units of kgm™2, and the ratio is unitless. Values greater than 1 (red) indicate greater aerosol loading in
WARM.
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Fic. C5. Similar ice cloud response in free-running CAM6 simulations. Change in (a) MODIS ice cloud fraction, (b) boundary layer specific
humidity, and (c) vertical pressure velocity from the original CAM6 PPE (Eidhammer et al. 2024). Ensemble members are first ranked by the
strength of ice cloud loss in the tropical Pacific (10°S-10°N, 140°-190°E), and then the fifteen members with the strongest reduction of ice cloud in
this region are selected. Spatial patterns are robust to changes in the number of members chosen.
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